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Abstract

Martian dust lifting, transport and associated processes

David Mulholland St. Anne’s College

Submitted for the degree of Doctor of Philosophy Trinity 2012

The dust lifting capacity of the UK Mars General Circulation Model has been extended

through the development of a new wind stress lifting parameterisation, and the simulation of

a finite, variable surface dust layer. This second addition, which was represented by the use

of lifting thresholds that were adjusted at each surface gridpoint in response to the removal

or deposition of dust, led to enhanced variability in the timing and peak magnitude of major

dust storms produced in the model. These dust storms were realistic in many respects, and

the observed global dust storm frequency of occurrence of roughly one in every three years

was approximately reproduced by the model, but an artificial threshold decrease rate was

required to maintain dust lifting on a multiannual timescale — this was believed to be due

to inaccuracies in the net cross-equatorial dust flux, which showed a strong bias towards

the northern hemisphere. Significant changes were seen in model dust lifting rates when

the influence of a heterogeneous surface roughness length was included in the wind stress

scheme, and the need for more sophisticated sub-gridscale methods in future dust lifting

schemes, to cope with this and other effects, was noted. The inclusion of radiatively active

water clouds in model runs also affected dust lifting rates, particularly in the vicinity of

the polar caps in autumn, winter and spring. The dynamics behind the formation of small,

cap-edge dust storms during these periods were examined in detail, and it was found that

a cessation in dust lifting activity that occurs around winter solstice does so due to a

combination of the radiative effects of global dust loading and polar hood ice clouds, and

zonal variations in midlatitude topography. The direct interaction between dust and ice, in

the form of nucleation and scavenging, was investigated. It was found that scavenging by

water ice, if it is suitably efficient, could significantly reduce the dust content of the winter

polar regions. However, the dust and ice vertical profiles measured in the aphelion cloud

belt by Mars Climate Sounder were not reproduced by the model with any of the possible

scavenging efficiencies used. It appears that scavenging cannot provide an explanation for

the existence of sharply defined, elevated dust layers at low latitudes.
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Chapter 1

Introduction

1.1 Mars’ principal climate features

Mars, like Earth, can be classed as a rapidly rotating planet, and is in many ways the planet

in our solar system with an atmosphere that is most similar to our own. This similarity,

its close proximity to Earth and the possibility of it being habitable in the past, present or

future have meant that it has been the most closely studied of the planets (other than the

Earth) since the space age began. There are, however, some striking differences between

Mars and Earth. Mars’ atmosphere is thin — surface pressure is around 6mb, more than a

hundred times lower than that of Earth — and it is cold, with summer surface temperatures

rarely exceeding 0◦C (273K). The atmosphere is predominantly carbon dioxide (∼ 95% by

mass; other minor constituents include N2, Ar, O and CO), which freezes out in winter

when temperatures drop to ∼ 140K, forming polar ice caps that can extend as far as the

midlatitudes.

Progress through the Martian year is usually described using the solar longitude, Ls,

the angle the Mars-Sun vector makes with a reference vector, Ls = 0◦, taken to occur at

northern hemisphere (NH) spring equinox. In this way the year can be conveniently divided

into seasons each spanning 90◦ of Ls, or ‘months’ each 30◦ in length. A Martian solar day,

or sol, is very similar in length to the Earth day at 24.66 hours, but the year lasts for

just less than 669 sols, making it almost twice as long as a year on Earth. Martian years

are numbered according to the standard defined by Clancy et al. (2000) in which Martian

7



8 CHAPTER 1. INTRODUCTION

Figure 1.1: Zonal-mean circulation from the UKMars General Circulation Model, in northern sum-
mer (left) and southern summer (right). Solid (dashed) contours denote anticlockwise (clockwise)
motion.

year 1 (MY1) began on 11 April 1955, marking the beginning of modern-day, co-ordinated

observations, coinciding with a Martian opposition and the detection of a major dust storm

(see §1.2.2). The current Mars year (in 2012) is MY31, while the majority of observations

referred to in this work are from MY24–29.

In a global-mean sense, the Martian climate can be divided into two distinct seasonal

regimes, separated by northern autumn equinox. The northern spring and summer sea-

sons, covering solar longitudes Ls = 0–180◦, show relatively low atmospheric temperatures,

low dust opacities, and high water vapour and ice abundances, while autumn and winter,

Ls = 180–360◦, are notably warmer, dustier and drier (Liu et al., 2003). This asymme-

try is thought to derive both from the large meridional topographic gradient — most of

the southern hemisphere (SH) sits several kilometres higher than the northern hemisphere

(Zuber et al., 2000) — and from the eccentricity of the planet’s orbit (e ∼ 0.09, compared

to e ∼ 0.02 for Earth) coupled with the current timing of perihelion1, which occurs at

Ls = 251◦ in late southern spring. The climate of the aphelion season is extremely repeat-

able from year to year — globally averaged atmospheric temperatures over several years

compared by Liu et al. (2003) agreed to within ∼ 1K — whereas the perihelion season

displays significant variability.

The two rather different solsticial circulations are shown in Figure 1.1. Both periods

are dominated, in a zonal-mean sense, by a cross-equatorial ‘Hadley’-like cell, henceforth

referred to as the principal meridional overturning cell (PMOC), extending to midlatitudes

1The closest approach of the planet to the Sun.
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in both hemispheres with upwelling in the summer and downwelling in the winter hemi-

sphere. The PMOC is stronger at Ls = 270◦ than at Ls = 90◦, however, which Richardson

and Wilson (2002a) found to be primarily due to the topographic slope (see Figure 1.3),

rather than the difference in insolation received between the two seasons. For the same

reasons, zonal winds in the winter westerly jet are strongest during northern autumn and

winter (McCleese et al., 2010).

1.1.1 Surface and atmospheric dust

The seasonal asymmetry manifests itself in a number of ways, most notably by providing

winds strong enough to activate large-scale dust lifting away from the polar cap edges

only during southern spring and summer. Dust storms initiated between Ls = 180◦ and

∼ 330◦ have the potential to expand rapidly, taking advantage of strong flow in both the

meridional and zonal directions, and with the added possibility of secondary lifting sites

becoming activated, large portions of the atmosphere below ∼ 50 km can be supplied with

dust on a timescale of a few sols. A positive feedback is present here, as the increased

dust loading warms the atmosphere and strengthens the PMOC, increasing the likelihood

of further lifting (Haberle et al., 1982). Martian dust storms are described more fully in

the next section.

1.1.2 Water vapour and ice clouds

The zonally averaged water cycle is shown in Figure 1.2, where the wet/dry annual pattern

can clearly be seen. The Thermal Emission Spectrometer (TES) (Christensen et al., 1992)

on board Mars Global Surveyor (MGS) is one of several modern instruments that has

provided extended periods of continuous retrievals of vertically integrated water and ice

abundances (Smith, 2002), supplementing earlier orbiter (Jakosky and Farmer, 1982) and

ground-based measurements (Barker et al., 1970). There are some discrepancies between

these various datasets concerning absolute abundance values, but all agree with the general

picture seen here of a large vapour maximum at the north pole around summer solstice, and

a smaller peak at the southern summer pole. In an annually averaged sense, the atmosphere

of the northern hemisphere contains about 70% more water than the southern hemisphere

(Smith, 2002). The prominent north polar vapour maximum forms as a residual water ice
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Figure 1.2: Zonally averaged infrared water ice optical depth (top) and water vapour column
abundance (precipitable microns) for the duration of the TES observation period (from Ls ∼ 120◦

in MY24 to ∼ 80◦ in MY27), from Smith (2008).

cap is exposed to incoming solar radiation, following the disappearance of the seasonal CO2

ice cap that covers it during the rest of the year, and sublimes, releasing vapour into the

atmosphere. During spring and summer, some of the vapour in the northern hemisphere is

advected into the rising branch of the PMOC, where it ascends to colder altitudes until the

atmosphere becomes saturated, at which point (∼ 20 km) an ice cloud layer forms, made

of particles typically of radii 3–4µm (Wolff and Clancy, 2003). This feature can be seen at

0–30◦N in Figure 1.2, and is known as the aphelion cloud belt (ACB).

It has been pointed out (by Clancy et al. (1996)) that the level of saturation around aphe-

lion prevents water vapour from spreading through the full height of the PMOC, thereby

limiting the amount of water that is advected southwards. Around perihelion, on the other

hand, the warmer atmosphere raises the level of condensation (to ∼ 40 km (Smith, 2002)),

so that vapour in the southern hemisphere can be freely transported northwards by the

(stronger) PMOC and returned to the northern hemisphere. Evidence for this can be seen

in the vapour ‘tongue’ formed at 0–30◦N at Ls = 180–300◦. This phenomenon is clearly

dependent on the solar longitude of perihelion, and since this is known to precess with

a period of 50 kyr (Ward, 1974), the so-called ‘Clancy effect’ has important implications

for the long-term transfer of water between hemispheres (Montmessin et al., 2007). This

involves an interplay with atmospheric dust, which helps to set saturation heights through

the warming it causes in the atmosphere, but which could also be limited in its vertical
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motion (and therefore also its meridional advection) by cloud formation, which occurs solely

through heterogeneous nucleation around dust particles (Määttänen et al., 2005). The ex-

tent to which dust particles are scavenged — removed from the atmosphere or shielded

from view — during ice nucleation is not known, but possible evidence for the effect was

reported by Vincendon et al. (2008), who observed an anti-correlation between dust and

ice abundances in parts of the south polar region during autumn.

The other significant cloud formation regions are the winter polar hoods, opacities for

which were not retrieved by TES but have since become available through more recent ob-

servations (Benson et al., 2010, 2011). Peak IR opacities at each winter pole are comparable

to the ACB opacity (∼ 0.1) and again there are differences between the two winter seasons.

Factors important for polar hood cloud formation appear to be temperature, availability of

water vapour in the vicinity of the polar region, and cap-edge wave activity (Montmessin

et al., 2004). Precipitating ice has recently been observed at northern high latitudes by the

Phoenix lander’s LIDAR instrument (Whiteway et al., 2009), which detected particularly

large ice radii (up to 40µm) near the surface.

The radiative impact of water ice clouds is complex and exhibits significant diurnal,

and possibly seasonal, variation, but ice clouds are known to be responsible for tempera-

ture inversions in the lower atmosphere (Colaprete and Toon, 2000). Wilson et al. (2007)

found modelled surface temperatures, when ice clouds were neglected, to be too cold at

nighttime and too warm in daytime in cloudy parts of the Tharsis region, highlighting a

nighttime warming effect from cloud IR emission, of > 10K in places. Further work esti-

mated a warming of 5–10K at and above the ACB, confirming that water ice clouds exert

a significant impact on the large-scale temperature structure (Wilson et al., 2008). How-

ever, near-surface clouds at higher latitudes may induce a net cooling (Wilson et al., 2008),

and further indirect temperature changes may be possible through vertical redistribution

of dust.

The north polar residual cap covers an area of 106 km2 (from the pole to 80–85◦N, with

considerable zonal asymmetry) with a thickness of up to a few km (Zuber et al., 1998) — a

vast reserve of water. What surface deposits may be present at the south pole are relatively

unknown, as there is currently a CO2 ice cap present there all year round, possibly due to

the higher elevation of the south pole relative to the north, and/or because of a higher cap
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albedo. This explains the significantly smaller vapour maximum seen at the south pole, as

it forms from a combination of sublimation of ice deposited onto the seasonal cap during

winter, transport from the northern hemisphere, and perhaps release from the regolith

(Smith, 2002). Some of the interannual variability suggested in measurements of this peak

(for example, compare MY24 and MY25 in Figure 1.2) is likely to be caused by variability

in SH dust activity (Smith et al., 2009). The perennial CO2 cap has been observed to be

gradually shrinking (Malin et al., 2001), a potential example of the long-term cycling of

condensable material between hemispheres that is believed to occur in response to changes

in orbital forcing, such as the precession of the longitude of perihelion. Evidence of this

transport has been left behind in the polar layered deposits, striped patterns in the polar

regions believed to be a result of variation in dust-ice ratios during periods of deposition

onto the poles (Cutts and Lewis, 1982).

1.2 Martian dust storms

As the simulation of Martian dust storms is a key component of the work presented here,

it is important to review what is currently known about such storms, much of which comes

from a multidecadal observational record, supported by theoretical models of increasing

complexity.

1.2.1 Spatial variation

To facilitate discussion of regions of dust storm initiation and expansion, a labelled map of

the spatial and topographic layout of Mars is shown in Figure 1.3. Martian surface altitude,

referenced to the areoid2, covers an extremely large range, from the volcanoes of the Tharsis

range (including Olympus Mons, which at almost 22 km is the highest known peak in the

solar system) to the deep craters of Hellas and Argyre. The meridional gradient mentioned

above is evident from the figure. Of considerable importance to the circulation is the zonal

wavenumber-three pattern in topography at ∼ 30◦N, which directs northern midlatitude

disturbances into three channels (Acidalia-Chryse, Utopia-Isidis and Arcadia-Amazonis),

each flanked by high topography to the west (Hollingsworth et al., 1996). Near the solstices,

western boundary currents (WBC) form against these ridges as an intensification of the

2A geopotential surface analogous to Earth’s sea level.
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Figure 1.3: Map showing the areographic locations of regions mentioned during this work. Shading
shows surface topography, as deviation from the areoid, in kilometres.

return-flow branch of the PMOC (Joshi et al., 1995); around northern winter solstice, this

favours southward advection of disturbances — which can include frontal dust storms (of

significant meridional extent) formed along the edge of the polar cap — along the three

lowland channels.

Examples of how dust storms develop in relation to the topographic features shown

above are provided in Figure 1.4. The plot shows dust optical depth output from TES data

assimilated into a Mars General Circulation Model (GCM; alternatively Global Climate

Model), focusing on the largest dust storm that occurred during southern spring in each

of the three years assimilated (MY24–26). In MY24 and MY26, this storm was regional

in scale; that is, it covered an area larger than ∼ 106 km2 at its greatest extent (following

Cantor et al. (2001)) but did not significantly increase the atmospheric dust loading over

the majority of the planet3. The sequence shown for MY24 actually features two storms

that formed in quick succession: the first began in the northern Chryse region, moved

3The classification of storms is somewhat ambiguous; some storms classed as regional may in fact cover
most or all longitudes, but in a limited latitude range. The term planet-encircling is often used in the
present discussion as a conservative description of large, zonally extensive dust storms that may not qualify
as being truly ‘global’.
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Figure 1.4: Progression of assimilated visible dust opacity at 610 Pa over several weeks in each of
the three years seen by TES, showing regional and global storm development (from Montabone
et al. (2005)).

southward and was dispersed zonally upon reaching 30◦S (Liu et al., 2003), by which point

a second peak in opacity had formed at Amazonis (180◦E, 0–30◦N). This storm also travelled

southward and spread in the zonal direction, at 60◦S, dying out in the process. Both of

these events are examples of flushing storms, which form when frontal systems at the edge

of the seasonal north polar cap raise dust and are subsequently advected southward by the

mean flow, along one of the topographically steered WBC channels identified above. The

path of a dust front is dependent on the local time of day, and the amplitude and dominant

wavenumber of baroclinic eddies active in the region, as significant equatorward advection

is achieved through successive instances of positive interference between tidal and travelling
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waves (Wang et al., 2003). Flushing storms are observed only in early-to-mid autumn and

mid-to-late winter, and are notably absent during the period Ls ∼ 240–300◦ (Wang et al.,

2005).

In contrast to the other two years shown, MY25 contained a period in which visible

opacity was raised significantly over virtually the entire planet: a global dust storm (GDS).

The storm of MY25 was in fact the earliest GDS ever seen, beginning just after Ls = 180◦.

The initiation of this storm occurred with dust lifting on the northwestern rim of the Hellas

basin (not shown in Figure 1.4; see e.g. Liu et al. (2003)), which spread eastwards around

the basin. Through a combination of transport and further dust lifting away from the initial

source, the storm cloud reached Daedalia Planum, where a secondary lifting site had already

activated (Ls ∼ 190◦), and the storm soon became planet-encircling. Opacities peaked at

Ls = 195◦ but remained elevated globally past 240◦ (Cantor, 2007). Reasons suggested

for the decay of large dust storms such as this have included an exhaustion of surface dust

in source regions, and a decrease in peak near-surface windspeeds (i.e. weakened eddies)

caused by an increased atmospheric static stability under conditions of high dust loading

(Basu et al., 2006).

A comparison of MY25 and MY26 makes it clear that superficially similar storm ini-

tiation phases can lead to very different development. Both of these years saw opacity

anomalies form in the Northern Hellas/Isidis region in early spring, yet after around 20

sols, one had grown into a global storm while the other had largely decayed after failing to

expand away from Hellas. The factors affecting the growth or non-growth of major dust

storms are currently the focus of much research and speculation, and are likely to include

seasonal factors in the form of circulation patterns and CO2 cap extent, transient wave

activity (Basu et al., 2006) and surface dust cover (Szwast et al., 2006).

1.2.2 History of dust storm observations

The three years presented in Figure 1.4 alone give a sense of the very large interannual

variability that characterises Martian dust storm activity. While the occurrence of some

dust lifting in each year appears to be inevitable, global or planet-encircling storms are

seen in certain years only, and not in others. To learn something about the likelihood of

a GDS occurring in a given year, at least in a statistical sense, it is necessary to examine
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the long-term trend in atmospheric opacity. As it is only in recent years that continuous

spacecraft coverage of the Martian atmosphere has been possible, gathering a significant

number of years of dust storm data requires drawing on the various observational methods

that have been used to study Mars over the past century.

Early observations

Records of seasonal changes in the visible appearance of Mars began as early as the 19th

century, courtesy of astronomers such as Percival Lowell and E. M. Antoniadi. However,

observations were limited in their clarity by the apparent size of Mars even at its closest

approach (opposition), and by confusion between the emergence of dust clouds or hazes and

albedo changes at the surface (Martin and Zurek, 1993); thus, the only observed pre-war

storm believed with some confidence to have encircled the planet was in 1924, starting at

Ls = 310◦ (Phillips, 1924). A major dust storm that was certainly planet-encircling was

widely observed in 1956, in the Mars year denoted MY1 (de Vaucouleurs, 1958). The storm

began at Ls = 254◦, featured active regions both at Hellespontus and near Argyre (Heintz,

1958), and lasted until Ls ∼ 304◦.

The spacecraft era

In 1971 (when viewing conditions once again became favourable) a huge global storm that

spanned Ls = 260–329◦ (MY9) was observed from Earth. It originated in the Hellespontus

region and expanded to the west and south, forming a secondary core at Argyre (Martin,

1974b). Earlier in the year, it was noted, a regional storm had also formed at Hellespontus,

but did not become global (Capen, 1974). A summary of the active regions during the

1971 global storm is shown in Figure 1.5. Very rapid expansion was noted by Martin

(1974b) from about the fifth day of the storm, enabling it to encircle the globe within 15

sols. Derived cloud advancement speeds of as much as 700 km/h strongly indicated that

the propagation of the storm involved significant additional lifting, rather than simply the

dispersion of dust from the initial site.

The Mariner 9 spacecraft, the first to successfully orbit Mars, arrived midway through

the 1971 storm, and was able to map temperature and dust opacity data during the decay

period of the storm using its InfraRed Interferometer Spectrometer (IRIS) (Hanel et al.,
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Figure 1.5: Latitude-longitude map showing the lifting centres of the 1971 global storm (taken
from Martin (1974b)). Shading represents surface albedo.

1972). Work utilising this data (though now known to come from an abnormally dusty

period) led to a modified-gamma distribution fit to dust particle sizes between 1 and 10µm

(Toon et al., 1977), and a reference vertical profile of mixing ratio that has been used by

modellers ever since (Conrath, 1975). The following Mars year (MY10), after the termi-

nation of Mariner 9’s mission, another planet-encircling storm was observed from Earth.

Largely confined to the southern hemisphere, it apparently began (at Ls ∼ 300◦) with the

almost-simultaneous formation of dust clouds at Solis Planum, Noachis and Hellas (Martin,

1974a).

The 1975 Viking mission was launched in two stages in quick succession, and in 1976

(MY12) a pair of orbiters, Viking 1 and 2, reached Mars. Each satellite also sent a lander

to the surface; both were stationed in the northern hemisphere: Viking 1 (VL1) at Chryse

Planitia (∼ 22◦N) and Viking 2 (VL2) at Utopia (∼ 48◦N). Between them, the orbiters

returned enough data to cover (for the first time) an entire Mars year, over MY12–13;

meanwhile, VL1 remained operational until November 1982, extending the mission into

MY15. Two planet-encircling dust storms were recorded in 1977, through visible opacity

measurements from cameras on the two landers (e.g. Colburn et al. (1989)) and from the

Infrared Radiometers for Thermal Mapping (IRTM) on the two orbiters (Martin et al.,

1979) (as well as visual observations by the orbiters). The first storm began at Ls ∼ 202◦,

and the second, larger storm at ∼ 269◦, both at or to the west of Argyre (Thorpe, 1979).

The second 1977 storm produced low-latitude 9µm opacities as large as 2 (Martin et al.,

1979). Although the orbiters had failed and visual data was no longer available from the
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Figure 1.6: Timeline highlighting the major dust storms observed before 1990, and the changes in
viewing conditions that occurred over this period (from Zurek and Martin (1993)).

landers by 1979/80, a further planet-encircling dust storm was detected in 1982 (MY15),

occurring at a similar seasonal date to the first storm of 1977 (e.g. Tillman (1988)). The

identification was done using the semidiurnal signal recorded by VL1’s pressure sensor,

which was shown to be a robust indicator of the onset of large dust storms (Zurek, 1981).

The observational record up to and including the late 1980s was neatly summarised by

Zurek and Martin (1993) in the timeline shown in Figure 1.6. The group of very large

storms seen during the Mariner and Viking missions in the 1970s led to the suggestion

that such events were common and perhaps occurred every year (Zurek, 1982); on the

other hand, Martin (1984) noticed that very few storms of comparable size had been seen

from Earth over the preceding century, raising the possibility of a long-term climatic shift on

Mars, from largely dust-free to highly dusty. However, Zurek and Martin (1993) highlighted

the restriction on identifying changes in opacity that has been imposed historically by the

cyclically varying angular size of Mars — in some years, it only briefly covered more than

∼ 10 arcseconds of sky, making visual observation and photography from Earth difficult or

impossible. In addition, oppositions during these ‘distant’ years are timed to occur during



1.2. MARTIAN DUST STORMS 19

the Martian aphelion season, away from the potential occurrence of any dust storms4. It

can be seen from Figure 1.6 that those storms that have been detected from Earth, such

as the one in 1924, occurred while favourable viewing conditions existed, i.e. near perihelic

oppositions, which occur every 15–17 years5. The conclusion of Zurek and Martin (1993)

was that it is not possible to comment on dust storm activity during many of the years

in the Earth observational record. Taking this bias into account, the authors calculated

that the probability of a planet-encircling dust storm occurring in a given Mars year is

around one in three, and most likely between 18% and 55%. While some basic properties

of Martian dust storms were known by this stage, it was clear that a much greater density

of observational coverage over successive years would be needed to determine the true

frequency of occurrence of global and regional storms.

Modern methods

In the past decade, this has become a reality. In addition to further opacity observations

from ground-based and space-based telescopes (James and Lee, 1999) (though both are often

still limited in their view of the perihelion season), since 1996 there has been a continuous

orbiter presence around Mars, beginning with MGS and followed up by Mars Odyssey, Mars

Express (MEx) and most recently Mars Reconnaissance Orbiter (MRO). Each of these has

carried instruments to map aerosol (dust and/or water) optical depth, and the missions

have been invaluable in providing a near-unbroken record of tropical and midlatitude dust

opacities that now covers more than six full Mars years.

MGS reached Mars in September 1997 and began its full science mission in early 1999,

which included high-resolution visible imaging of dust storms (including local events) from

Mars Orbiter Camera (MOC) (Malin et al., 1998), supplementing TES maps of temperature

and column-integrated dust opacity. In addition to the dust storms of MY24–26 described

above, TES was able, during its aerobraking phase, to observe in detail a large regional

storm in southern spring of MY23, beginning at Ls = 225◦ in the Noachis region. This

storm could reasonably be described to have been planet-encircling, as opacities above

0.5 were detected at all longitudes south of 40◦S, though it was certainly not ‘global’. A

4Note that, for this reason, the confinement of major dust storms to the period Ls = 180–360◦ could
only be confirmed as fact when the Viking mission observed several full Martian years in situ.

5As an example of the limitations of the ground-based telescopic method, note that none of the large
Viking-era storms (in 1977 or 1982) could be detected from Earth.
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Figure 1.7: A summary of 60◦N–60◦S-mean 15 micron brightness temperature, representative of
air temperatures in the lower/middle atmosphere, from multiple years of spacecraft observations
(MY9–10, 12–14, 23–26) (taken from Liu et al. (2003)).

similar, more compact regional storm was seen later in the year, at Ls = 309◦, forming

northwest of Argyre (Smith et al., 2000). Thus, MY23, along with MY24 and MY26 (both

of which also featured late-season regional storms), was a year without a GDS. The four

TES years (MY23–26) are compared to the earlier periods observed by spacecraft in Figure

1.7. It can be seen that daytime atmospheric temperatures were greatly enhanced during

the major storms of MY9, 12 and 25. Smaller responses to the various regional storms can

also be detected (note that data from the second half of MY26 are not included in the plot).

The figure also illustrates the high (low) degree of interannual variability that exists over

Ls = 180–360◦ (0–180◦).

Concurrent with the end of the MGS lifetime, Mars Odyssey arrived in 2001 and be-

gan mapping dust opacity in late-MY25, using the THermal EMission Imaging System

(THEMIS), a visible/IR multiband camera (Christensen et al., 2004). The overlap in view-

ing time of THEMIS and TES allowed comparison of the two sets of opacity measurements,

between which close agreement was found (Smith et al., 2003). THEMIS has been observ-

ing for over five Mars years (though with more selective latitudinal coverage than TES)

and has allowed monitoring of dust storm activity beyond the end of the TES observations

in early MY27 (Figure 1.8). Like several preceding years, MY27 featured a regional storm
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both before (Ls = 225◦) and after (Ls = 310◦) southern summer solstice. By contrast, a

planet-encircling storm occurred in MY28 — it began at Ls ∼ 265◦ at Meridiani/Chryse

and moved southward, enveloping most of the southern hemisphere before spreading north-

ward. It was noted that regional storm activity around Ls = 220◦ was less intense than

in previous years, and there was an absence of significant dust lifting in the later part of

MY28, while the planet-encircling storm was still decaying (Smith, 2009).

MEx dust opacity measurements have been made using the OMEGA imaging spectrom-

eter, focusing on the south polar region (e.g. Vincendon et al. (2008)). MRO has recently

provided important global-scale aerosol vertical structure through Mars Climate Sounder

(MCS) (McCleese et al., 2007), covering multiple Mars years, allowing detailed study of

seasonal variations in dust loading and the associated temperature response. MCS data

are utilised in Chapter 6, where they are described further. Today, Martian dust activity

is monitored more closely than ever before, by three orbiting satellites (Odyssey, MEx and

MRO) and by the still-active Opportunity Rover (Lemmon et al., 2004).

1.2.3 Dust storm climatology

Through decades of observations of varying detail and coverage, a climatology of dust storm

activity is in the first stages of being formulated. The basic features of this, as described

throughout this section, are the following:

• dust storms of regional size or greater occur almost exclusively during the period Ls =

180–360◦, but show a wide range of variability in their timing and peak magnitude

• global dust storms (with some uncertainty over precise size classification) occur in

approximately one of every three Mars years

• the largest dust storms tend to originate somewhere in the 30–60◦S zone; Hellespontus

appears to be the most popular initiation region

• significant dust storms regularly form near Ls = 220◦ and 315◦, at least in years

without a GDS, and flushing storms are often at the heart of these events

• cap-edge dust lifting occurs throughout both autumn/winter seasons but shows dis-

tinct minima near the winter solstices
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Figure 1.8: Zonally averaged visible (9 micron) dust optical depth from TES (Smith, 2008) and
THEMIS (Smith, 2009), covering more than five Mars years, from Ls = 120◦ of MY24 to 180◦ of
MY29 (MY26 was observed by both instruments).

• elevated opacities following dust storms always decay fully by Ls = 0◦, leaving low

opacities (∼ 0.1) away from the poles during Ls = 0–180◦

Models of the Martian atmosphere must look to replicate as many as possible of these

features, in order to be confident of giving a realistic representation of the important pro-

cesses involved in dust storms.

1.3 Martian atmospheric modelling

Numerical simulation of the Martian atmosphere began with the fully nonlinear, two-layer

model of Leovy and Mintz (1969), which produced quite realistic stationary waves and

synoptic weather systems, and which for more than a decade was the only model of its

kind. The model has today evolved into the NASA-Ames Mars General Circulation Model

(MGCM) (e.g. (Pollack et al., 1990)). In the late 1980s and early 1990s several other models,

which remain at the forefront of Mars atmospheric research today, were initiated, at the

Geophysical Fluid Dynamics Laboratory at Princeton, USA (Wilson and Hamilton, 1996),

the Laboratoire de Météorologie Dynamique in Paris, France (Hourdin et al., 1993), and at

the University of Oxford, UK (Collins et al., 1996). Each of the models was converted from

a terrestrial GCM: in the case of the Oxford model, that of Hoskins and Simmons (1975),

which forms the dynamical core of the GCM (see §2.1).

Early modelling work focused on the effects of topography (Pollack et al., 1981) and

atmospheric dust (using a prescribed spatial distribution, in a zonally symmetric model)

(Haberle et al., 1982) on the large-scale circulation, with a view to explaining observations
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such as those taken by the pressure sensors on the Viking landers. The first 3-D MGCM dust

transport simulations came from Murphy et al. (1995), using the NASA-Ames MGCM, and

included a particle size distribution and radiative feedbacks, but with a simple prescribed

source of dust. Newman et al. (2002a) introduced a dust lifting and transport scheme to

the Oxford MGCM, by parameterising the two main mechanisms proposed for dust lifting,

namely dust devils (convective lifting) and near-surface wind stress. This approach has

become the standard method used by other dust lifting MGCMs.

Typically, such dust-transporting runs now use radiatively active dust (Newman et al.,

2002b) and some size dependence. Kahre et al. (2008), using a ten-bin particle size distribu-

tion in the NASA-Ames MGCM, showed that observed variations in atmospheric effective

radius (namely, an increase during large storms) could be replicated without requiring any

temporal variation in the size distribution lifted. The same model was used to consider a

possible limit on the amount of dust available for lifting from the surface (Kahre et al., 2005).

While such a constraint obviously does exist in reality, the use of finite dust amounts at each

model gridpoint failed to produce a realistic multi-year dust cycle — areas important for

wind stress lifting became depleted over several model years, without sufficient replenish-

ment through deposition of dust carried from other regions. Therefore, dust storms ceased

to occur after several model years. Basu et al. (2006), using the GFDL MGCM, ‘tuned’

several lifting parameters in order to best reproduce recent optical depth measurements,

and found that a sufficiently high threshold for wind stress lifting can prompt the model to

exhibit some interannual variability, with global dust storms produced in some but not all

model years. However, these storms appeared, particularly in their decay phase, too closely

linked to the annual insolation cycle, and there was limited spatial variation in initiation

sites.

Modelling the water cycle has arguably been more successful in recent years, perhaps

because the first-order features that must be (and have been) reproduced, the north polar

vapour maximum and the ACB, show very little interannual variability. The approach has

been to carry both water vapour and ice as tracers, with mass transferred from the former

to the latter under conditions of supersaturation, either simply so as to keep the gridbox at

saturation (Richardson and Wilson, 2002b) or utilising a microphysical scheme to calculate

condensation rates (Montmessin et al., 2004). It has been found that allowing the ice
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particle radius to vary, depending on supersaturation ratio and/or ice nuclei abundance,

is necessary to accurately model cloud optical depths (Montmessin et al., 2004). The ice

nuclei distribution has so far been prescribed to reproduce climatological dust opacities

(Nelli et al., 2009). Most commonly, clouds have been radiatively inactive in model runs to

date. Diffusion of water into and out of the subsurface regolith has been considered (Zent

et al., 1993; Böttger et al., 2005), but is generally not included in current MGCMs.

1.4 Key questions

This project focuses on dust storm variability, both spatial and temporal, and the relation-

ship between atmospheric dust and water ice clouds. Questions that it seeks to address can

be summarised as:

1. How do dust cover and other surface properties affect major dust storm occurrence,

and its interannual variability?

2. Why do cap-edge dust lifting rates vary as they do through autumn and winter, can

models reproduce this variation, and is it related to the occurrence of larger dust

storms?

3. How important is the interaction between atmospheric dust and water ice clouds, and

what effect does this have on dust lifting and transport in the winter hemisphere?

The first of these is guided by the list of observed dust cycle characteristics presented

in §1.2, several of which have not been satisfactorily simulated by free-running dust lifting

GCMs thus far. In particular, no single model run has produced anything close to the

range of storm sizes, timings and initiation regions seen within even a few Mars years.

An important reason for this is likely to be the models’ assumption that dust lifting is

not constrained by the availability of surface dust at key locations, one which seems very

dubious, for reasons discussed in Chapter 4. Another significant factor in determining the

spatial distribution of common dust lifting sites could be a variation in surface properties,

in particular the size distribution of dust and rocks present. The potential importance of

such variation is explored later in Chapter 4, drawing on a substantial body of experimental

and theoretical literature that exists concerning the modification of the near-surface flow
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by nonerodible obstacles, and its effect on dust lifting. Preceding this, Chapters 2 and 3

introduce the model used in this work, review the previous dust lifting formulations and

describe initial dust lifting work, highlighting some of the limitations of the ‘infinite surface

dust’ approach mentioned above.

The occurrence of flushing dust storms during northern autumn and winter, and of

circumpolar dust lifting in general, is strongly dependent on baroclinic wave activity along

the boundaries of the seasonal polar caps. The weakening of these waves around winter

solstice can have a significant impact on global dust loading, and therefore the reasons for

the formation of this solsticial pause are the focus of Chapter 5. At this point, radiatively-

active water ice clouds — mostly neglected until recently by models, but now appreciated to

exert a significant impact on the winter polar atmosphere in particular — are introduced to

the model, in a series of prescribed dust opacity simulations. Chapter 6 combines the water

ice clouds with the dust transport model of earlier chapters, and investigates the effects

on dust lifting patterns. The incorporation of atmospheric dust particles into nucleating

ice crystals is also modelled, and the possible efficiency of the process is discussed. Mars

Climate Sounder aerosol data is used in this section to assess the new dual-transport model’s

accuracy. Of particular interest is the ability of the model to reproduce the very clear winter

poles seen by MCS. Finally, Chapter 7 draws together the results of the project and suggests

some future directions for modelling of the Martian tracer cycles, particularly with respect

to dust lifting.



Chapter 2

Dust lifting in a GCM

2.1 The UK Mars General Circulation Model

The model used in this project was the UK version of a Mars General Circulation Model

shared between teams at LMD, Oxford, the Open University and the Instituto de Astrof́ısica

de Andalućıa in Spain, henceforth referred to as the UK Mars GCM, or UKMGCM. There

are two versions, the other based at LMD, each with a distinct dynamical core. The

physics package is the common element between the models, and includes contributions

from all four groups. While the LMD model uses finite-difference methods for solving the

hydrodynamical equations, by discretisation onto a longitude-latitude grid, the UKMGCM

uses a pseudo-spectral dynamical solver, in which horizontal fields are represented by a series

of spherical harmonic basis functions. The differing model cores provide a useful means of

comparison to identify any weaknesses or idiosyncrasies inherent in either numerical method

(Forget et al., 1999).

2.1.1 Dynamics

The dynamics of the UKMGCM involve solution of the hydrostatic primitive equations, dis-

cretised spectrally as mentioned above, for the variables temperature, ln(pressure), absolute

vorticity and divergence, based on the model of Hoskins and Simmons (1975). Temperature,

pressure and wind fields are then transformed onto a finite-difference physical grid, their

increments are calculated for the physical timestep, and the tendencies (rates of change)

26
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of each are transformed back into spectral space. An advantage of the spectral method is

that derivatives and interpolations can be accurately calculated from the smoothly varying

variable fields; the pseudo-spectral model also avoids the ‘pole problem’ suffered by finite

difference models.

The model uses the terrain-following sigma system as the vertical coordinate (in finite

difference form, with typically twenty-five levels, unevenly spaced so as to put more levels

close together near the surface), where sigma is defined as σ =
p

ps
, the pressure at a

particular height divided by the surface pressure. Model geometric height then varies

with surface elevation and atmospheric conditions, but typically extends to around 100km.

In the upper levels, a sponge layer is used to reduce unphysical reflections of vertically

propagating waves from the top boundary. Horizontal resolution is determined by the

number of basis functions retained in the calculation of the spectral fields, and with the

triangular truncation method used here, resolutions are referred to by the notation Tn,

where n is the total wavenumber. Resolutions used in this work range from T21 (5◦ × 5◦

dynamical gridpoint dimensions) to T63 (1.875◦ × 1.875◦). Physical grids are of slightly

lower resolution than the dynamical grids.

2.1.2 Physics

There are two distinct builds of the UKMGCM used during the work described in this

thesis, the difference between the two being in the physics package used. The older model

version was used in Chapter 3 and most of Chapter 4, after which point the physics were

upgraded, and the newer model adopted. The changes principally concerned the radiation

scheme and the handling of tracers. The two model versions are referred to within the UK

team as v3 (older physics) and v5 (newer physics), so these titles will be used in this thesis

to make clear when each has been used.

Radiative transfer

The radiative transfer scheme in the UKMGCM calculates atmospheric absorption and

emission due to carbon dioxide, dust and, in the latest version, water ice. The CO2 radiative

code uses an improved version of the wideband 15-µm scheme from Hourdin (1992). Near-

infrared CO2 absorption of incoming solar radiation, including non-local-thermodynamic-
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equilibrium effects, becomes significant at altitudes greater than 50km, and is calculated by

the model using a parameterised form of the radiative transfer calculations of Lopez-Puertas

and Lopez-Valverde (1995).

The effect of solar radiation on atmospheric dust is calculated following methods used

in terrestrial GCMs, with upward and downward fluxes at each level found using the Delta-

Eddington approximation. Two visible and two infrared (IR) bands are used, in addition

to the 15 micron band, in which only dust absorption is considered (no scattering). In

v3, dust single scattering properties from Ockert-Bell et al. (1997) and Forget (1998) are

used in the visible and IR bands, respectively, and the two datasets are merged by fixing

the ratio of visible to IR opacity, τ0.67µm/τ9µm, at a value of 2. Using these data, model

atmospheric temperatures are too warm, so column opacities must be scaled accordingly.

Subsequent measurements (Wolff et al., 2006) revealed atmospheric dust to be brighter than

previously thought, and updated scattering parameters, including a larger single scattering

albedo, are used in v5, removing the warm bias (Madeleine et al., 2011). In this version,

scattering parameters corresponding to a gamma distribution of dust particle sizes, with

effective radius 1.5µm and effective variance 0.3, may be used, or effective radius can be

calculated at each gridpoint (when transporting dust) and scattering parameters retrieved

from a look-up table. In this second case, then, τ0.67µm/τ9µm also varies in space and time.

Water ice clouds can also be included in the radiative transfer scheme, using optical

data from Warren (1984). Heating rates are again calculated in visible and IR bands,

using scattering parameters calculated for the ice crystal effective radius in each gridbox

via interpolation of a look-up table.

Boundary layer mixing

Since the horizontal resolution of GCMs is on the order of 100 km, only large-scale atmo-

spheric motion is simulated directly, and localised phenomena, which can affect the general

circulation, must be parameterised (Forget et al., 1999). Convection is accounted for using

a simple adjustment scheme, which corrects unstable potential temperature profiles (where

∂θ

∂z
< 0) back to the adiabatic lapse rate and estimates the vertical fluxes that would result

from this instability. Turbulence within the boundary layer is handled using a turbulent

closure scheme, allowing momentum, potential temperature and tracers to be mixed realis-
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tically through the boundary layer. Newman (2001) found that vertical diffusion is crucial

for raising a significant fraction of the dust lifted at the surface through the lowest model

layers and into the bulk atmosphere, where it can be advected by the large-scale circulation.

Other physical parameterisations

Unlike terrestrial GCMs, models of Mars must include the periodic condensation and subli-

mation of a significant portion (up to a third) of the CO2 atmosphere. Condensation occurs

whenever a gridpoint falls below the CO2 condensation temperature (∼ 140K at Martian

pressures), and latent heat is released to keep the gridbox at the condensation point. Under

warming, sublimation occurs to keep the remaining CO2 at the frost point. CO2 snowfall

is simulated, with descending solid particles allowed to resublime if they reach a sufficiently

warmer lower gridbox, though CO2 snow particles are not transported horizontally (their

downward passage is assumed to be completed within a model physics timestep, which is

at present an acceptable simplification given that the majority of CO2 condensation occurs

within the isolation of the winter polar vortices; however, the 3-dimensional transport of

CO2 ice particles is a likely addition to the model in the near future). It is assumed that

snow particles are formed through heterogeneous nucleation and that there are abundant

dust particles available to act as ice nuclei (the feedback on the dust particles is considered

in Chapter 6 only). Surface albedo is increased where there is CO2 ice cover, and emissivity

is decreased during condensation to simulate freshly deposited snow and ice cloud effects

(Forget et al., 1998).

Surface temperature is determined not only by incoming and outgoing radiation fluxes

but also by thermal conduction in the soil beneath. The UKMGCM includes an 11- or

18-layer soil diffusion scheme, extending down to depths of order 10m (depending on the

thermal inertia of the surface gridpoint), so as to accommodate the penetration of the ther-

mal wave on diurnal and annual timescales. Soil thermal inertia is vertically homogeneous

in all the work presented here, and does not vary in response to the presence of surface

ice. Gravity wave generation and topographic drag on the low-level flow, due to fine-scale

topography within a surface gridpoint, are also parameterised, using the scheme of Lott

and Miller (1997). Gravity waves propagate upwards and eventually break in the middle

or upper atmosphere (according to the Lindzen (1981) saturation method that acts to keep



30 CHAPTER 2. DUST LIFTING IN A GCM

the Richardson number at critical value), exerting a force on the mean flow that is in the

direction of the surface wind stress. Surface topography uses the data from Mars Orbiter

Laser Altimeter (MOLA) (Zuber et al., 1992), and maps of surface albedo and thermal

inertia (TI) come from TES (Mellon et al., 2000; Christensen et al., 2001).

2.1.3 Tracers

An atmospheric tracer is any component that moves with the circulation, possibly influ-

encing it (active) or simply following the flow (passive). The UKMGCM contains a tracer

transport scheme, and the associated physics necessary to model dust, water vapour, water

ice, and a variety of chemical species. Tracers are advected using a semi-Lagrangian numer-

ical method (Newman, 2001), including Priestley’s method of mass conservation (Priestley,

1993).

Dust

The transport of radiatively active dust forms a major part of the work in this thesis.

However, since atmospheric optical depth is such an important model forcing, a number

of alternative methods of supplying this forcing are available to the model user, primarily

to reduce the errors introduced into a simulation via the dust field by constraining it to

observational data. Some amount of forcing by observations is also necessary if a comparison

to data from a particular Mars year is desired, since dust opacity varies so dramatically

from year to year.

The approach which has been used as standard in Martian GCMs for several years is to

‘prescribe’ an opacity field, either as a constant value (in this case, measured in the visible,

at a reference pressure of 610Pa) or as function of one or more of longitude, latitude

and time. The function commonly used in this work replicates the observations of TES

during one of three Martian years: MY24, MY25 or MY26. These fields were obtained

from the results of the data assimilation project in which TES temperatures and column

optical depths were inserted into the UKMGCM, using the technique of Analysis Correction

(Lorenc et al., 1991; Lewis and Read, 1995; Lewis et al., 2007).

The ‘MY24’ opacity function, shown in Figure 2.1, actually includes values from MY25

during Ls = 0–140◦, as TES data were not available for this period in MY24. Data were
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Figure 2.1: The ‘MY24’ dust scenario, zonally averaged: visible dust (extinction) optical depth at
610 Pa for a full Martian year, used as a model forcing in the absence of transported, radiatively
active dust.

also not available at high latitudes during winter, due to operational constraints of the

TES instrument: the approach used in this case was to keep the opacity at each gridpoint

constant at the value it had when an observation was last available. This is likely to

introduce significant error into the dataset, since some gridpoints necessarily retain the same

opacity for almost half of the year; however the impact of this error on model circulation

should be largely confined to the winter polar regions. Away from these areas, the MY24

dust scenario can be extremely useful, as results from model runs using the scenario may

be compared directly to observations or assimilation results from the same year, and with

the accurate column dust opacity forcing provided, any differences between model and

observation point to other missing or incorrect physics.

When using this approach, the radiation code ‘sees’ a dust field made up of particles

of radius 1.5µm, whose mixing ratios q decay with decreasing pressure according to the

standard ‘Conrath function’ (Conrath, 1975) (this is shown in Figure 6.8),

q

q0
= exp

0.007

(

1−max

[

(
p0
p
)
70 km

zmax ,1

])

, (2.1)

where p is pressure, q0 is the mass mixing ratio at a reference pressure p0, and zmax defines

the dust top height (in km), at which point dust mixing ratios have fallen to near-zero.
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zmax is currently given by a simple analytic function that varies the height of the dust field

in latitude and in time as a rough match to available observations, producing dust tops

from 20km in the clear season to around 70 km in the dusty season (Forget et al., 1999).

Mixing ratios are then scaled so as to return the prescribed column optical depths. While

the Conrath function was designed to best represent observations from Mariner 9, recent

results from Mars Climate Sounder have suggested that it might not always be a good

representation of Martian dust vertical profiles (Heavens et al., 2011).

A second, improved method utilises the TES dust scenarios but includes transport as

well — dust is lifted at every surface gridpoint, at a constant rate, and transported both

horizontally and vertically. However, at each timestep, before the dust field is passed to the

radiative transfer scheme, mixing ratios are scaled at each gridpoint to fit column opacities

to the TES observations. An advantage is that the vertical profile, both in mixing ratio

and in particle size, is allowed to evolve naturally in the model, rather than being forced

into the form described by equation (2.1); at the same time, the column-integrated dust

optical depth is closely tied to observations.

The third and final option for model dust is full lifting and transport of radiatively

active dust (Newman et al., 2002b). In this case, the intensity of surface dust emission

is calculated using parameterised dust lifting equations, encompassing two different lifting

processes (see next section). Once airborne, the dust is mixed upwards, advected, and

settles under gravity. Heating and cooling rates are calculated at each physics timestep

based on the mixing ratios of the freely evolving atmospheric dust field. This is the method

that has been focused on in this work, and the following sections and chapters describe

the development and use of lifting and other parameterisations related to dust transport,

intended to improve both the stability and the variability of the modelled dust cycle.

The model may either transport one or more discrete particle sizes, or a particle size

distribution, using a two-moment method in which a lognormal size distribution is assumed

and dust mass mixing ratio and number mixing ratio are the two tracers used. The second

method is newer and more efficient, though early runs in this work used the discrete-sizes

method (see §3.1.3). Particles are mixed vertically by turbulent diffusion and convective

adjustment, and sediment at a terminal velocity found by equating the Stokes drag force,

scaled by the Cunningham slip-flow correction (Rossow, 1978), with the gravitational force
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experienced by the particles:

wsed =
2g(ρd − ρ)

9µ

(

Dp

2

)2(

1 +
8λ

3Dp

)

, (2.2)

where g is acceleration due to gravity (= 3.72m s−2 on Mars), ρd and ρ are particle density

and atmospheric density respectively, µ is the gas molecular viscosity, Dp is particle diam-

eter and λ is the atmospheric mean free path. Sedimentation is calculated using a 1-D,

mass-conserving Van Leer I advection scheme (Hourdin and Armengaud, 1999).

Water

The model simulates the Martian water cycle (Böttger et al., 2005) using two tracers, water

vapour and water ice mass mixing ratios, which undergo the same transport and (in the

case of ice) settling processes as dust. The source of water for a model run is a prescribed

residual polar ice cap occupying one-and-a-half of the northern-most latitude bands on the

model grid, in a zonally asymmetric distribution. This surface ice sublimes in summertime

to provide an upward vapour flux of

F = ρCd|u|(q − qsat) (2.3)

where ρ, u and q are the atmospheric density, wind velocity and vapour mass mixing ratio,

all in the lowest model level, qsat is the saturation vapour mixing ratio at the temperature

of the surface and Cd is the drag coefficient. Vapour is then, like dust, vertically diffused

up through the boundary layer, and transported by the advection scheme. If the vapour

pressure of a particular gridbox is greater than the saturation vapour pressure, water vapour

is converted into ice using a microphysical cloud scheme (Montmessin et al., 2002), which

takes into account the number of ice nuclei available in the form of dust particles, whether

as derived from the prescribed opacity field or as part of a transported dust field. Clouds

may be radiatively active or inactive. Further details on this scheme are given in Chapter

6. Ice particles sediment under gravity and may resublime at a lower model level or reach

the surface. Where surface water ice has formed to a depth greater than 5µm, the surface

albedo is adjusted to a value representative of water ice, unless CO2 ice is already present.
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Photochemistry

The model is also capable of simulating photochemical reactions, occurring primarily in the

upper atmosphere, by carrying a range of chemical tracers, along with water vapour and ice

(Lefèvre et al., 2004). The inclusion of CO2 means that, if desired, the relative enrichment

of non-condensable species at the winter poles (as a portion of the atmosphere is removed

onto the surface causing the CO2 mixing ratio to become significantly less than unity) can

be simulated.

2.2 Previous dust lifting work

A dust lifting and transport scheme was first added to the UK model by Newman (2001).

This was a thorough investigation into possible causes and mechanisms of emission of dust

into the atmosphere, focusing on two lifting methods: convective lifting (dust devils) and

near-surface wind stress.

2.2.1 Near-surface wind stress lifting

The theory behind the emission of dust particles from the surface due to the action of

near-surface winds has been developed over the past seventy years, starting with the work

of Bagnold (1954), with the primary goal of understanding and accurately modelling dust

emission on Earth. A combination of experimental measurements of dust flux, from both

field campaigns and wind-tunnel experiments (e.g. Gillette (1978)), and theoretical anal-

ysis of the physics involved in the process (e.g. Marticorena and Bergametti (1995)) has

contributed to the formulation of semi-empirical expressions for the calculation of emitted

dust flux, as a function of local surface wind velocity and a variety of other quantities.

Wind stress dust lifting has been observed to be a threshold-dependent process, occur-

ring only when the drag velocity u∗ exceeds a threshold value, ut
∗
. Drag velocity is related

to the atmospheric wind velocity near the ground — in the case of a global climate model,

the velocity in the lowest model level, u(z1) — through

u∗ =
κu(z1)

ln
(

z1
z0

) (2.4)
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where κ is von Kármán’s constant (= 0.4), z1 is height of the lowest model level (∼ 5m

in the UKMGCM) and z0 is the surface roughness length (see §4.7). When the wind is

strong enough, the process of saltation, in which larger sand particles flow across the soil

bed, is initiated. During saltation, the particles collide with one another, and some are

ejected upwards from the surface; however, since these particles are too massive to enter

into suspension in the atmosphere, they return to the surface and, upon impact, give up

their kinetic energy. Depending on the particle size distribution present at the surface and

the properties of the soil, this can cause the ejection of micron-sized particles which are

able to remain in suspension — this process is called sandblasting.

It is the combination of saltation and sandblasting that is assumed to be responsible

for dust emission both on Earth and on Mars, because empirical and theoretical formulae

for threshold drag velocity exhibit a minimum for sand-sized particles (∼ 75µm on Earth

(Shao and Lu, 2000)), and surface windspeeds are generally too weak to raise micron-sized

dust directly. Therefore, the vertical flux of micron-sized dust particles F may generally be

expressed as

F (u∗, z0) = αN (u∗)E(z0)H(u∗, z0)

where H is the horizontal (saltation) flux, αN is the lifting efficiency and E is the fraction

of the surface that is erodible (capable of emitting dust). The variables F , H and αN

technically also have a dependence on the size distribution of particles present on the

surface; however, since no size-dependent parameterisation has yet been used for Mars (see

§3.1.3), this has been omitted here for simplicity. Any size dependency can be thought of

as being approximated by an implicit integration over particle size, with the assumption

that the size distribution is homogeneous across the planet.

Newman (2001) assumed a uniform value of 1 cm for the roughness length z0, and used

a constant value of αN , tuned to reproduce observed opacities. Therefore, the scheme of

Newman (2001) can be further simplified to

F (u∗) = αNH(u∗).
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The function chosen for H was that of White (1979):

H = max

[

0, 2.61
ρ

g
(u∗)

3

(

1−
ut
∗

u∗

)(

1 +
ut
∗

u∗

)2
]

. (2.5)

Lifted flux F is therefore non-zero only when u∗ > ut
∗
. The threshold drag velocity ut

∗
was

calculated using the semi-empirical formula of Greeley and Iversen (1985):

ut
∗
= A

√

gDp
ρd − ρ

ρ
(2.6)

where ρd is the density of Martian dust (∼ 2500kgm−3), Dp is the particle diameter and

A is a factor with dependence on atmospheric density, particle density and diameter, and

the interparticle cohesion parameter, Ip, which measures the tendency of small particles to

stick together, as well as ut
∗
itself. Calculation of A therefore required solving an equation

(derived semi-empirically by Greeley and Iversen (1985)) using iterative methods. The

result of this calculation is that high thresholds are predicted both for large and for very

small particles, and lifting is predicted to be easiest for sand-sized particles with a diameter

of order 10–100µm. The size dependency (implied by the presence of Dp in the threshold

expression) was removed by using the value of Dp for which ut
∗
is lowest (i.e. Dp ∼ 100µm).

2.2.2 Dust devil lifting

The second dust lifting mechanism considered was that of dust devils. These are convective

vortices with low-pressure centers and strong updrafts capable of picking up dust and raising

it as high as the top of the convective boundary layer (∼ 1 km). Their horizontal extent can

reach of order 100 metres. Martian dust devils have been observed by orbiting satellites

(Fisher et al., 2005) and by surface landers (Greeley et al., 2006) (Figure 2.2).

Dust devils have been parameterised by modelling them as convective heat engines, fol-

lowing Rennó et al. (1998). Two different dust devil schemes were developed, one threshold-

independent and the other threshold-dependent. In the first, vertical dust flux is given by

VD = αDηFs,

where αD is a lifting efficiency (similar to αN ) η is the thermodynamic efficiency of the
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Figure 2.2: A Martian dust devil in Gusev Crater in spring, as seen by the Spirit Rover (image
courtesy of NASA/JPL/Texas A&M).

heat engine and Fs is the surface sensible heat flux. η depends on the pressure at the top

of the convective boundary layer, and is largest when the boundary layer is deep. Fs is

proportional to the temperature difference between the surface and the first atmospheric

model layer.

The threshold-dependent method calculates the threshold vortex tangential velocity

required to initiate lifting by using an empirical expression derived from laboratory ex-

periments, and uses cyclostrophic balance to estimate the tangential velocity vtang as

vtang
2 ≈

∆p

ρ
, where ∆p is the difference in pressure between the centre of the vortex

and the surrounding atmosphere. ∆p can be calculated as a function of η, and it is possible

to derive an expression for the lifted flux:

VD = αD
(ρvtang

2)− 15

g
.

2.3 Successes and limitations of the existing scheme

The implementation of these schemes, using a single particle size and an unlimited sur-

face dust supply, was described in Newman et al. (2002a,b). Various simulations were

attempted, and some produced broadly realistic annual dust cycles, with low opacity dur-

ing northern spring and summer and stronger lifting in southern spring and summer. The

most successful setup used the non-threshold-dependent dust devil scheme to provide the

aphelion background haze, and heavily threshold-dependent wind stress lifting to generate

dust storms during the perihelion season. These included regional storms beginning at Hel-

las shortly after southern spring equinox (at a similar Ls and somewhat-similar location to

the 2001 GDS) and flushing storms originating near Chryse (not dissimilar to the regional
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storm of MY24, though occurring closer to summer solstice). Important wind stress lifting

mechanisms were found to include the rising branch of the meridional overturning cell at

∼ 30◦S around southern summer solstice, western boundary currents in the major flush-

ing storm channels at Chryse and Isidis Planitia, and slope winds at Tharsis and Hellas,

including a thermal contrast contribution on the partially ice-covered slopes of the latter.

Lifting thresholds (and specifically high thresholds) were necessary to achieve the rapid

increases in opacity seen at the onset of dust storms. Similarly, dust storm decay through

atmospheric stabilisation was found to be a viable shutdown mechanism for dust storms,

provided dust lifting was sufficiently spatially limited by means of a high lifting threshold.

Dust devil lifting was found to follow the seasonal variation in the subsolar point due

to the dependence of the parameterisation on the surface-air temperature difference, and

annually averaged lifting rates showed peaks at 30◦N and 30◦S. The threshold-dependent

version of the scheme resulted in more spatially confined lifting, as only gridpoints with

a sufficiently deep convective boundary layer (high thermodynamic efficiency) were able

to contribute. Attempts to recreate dust storm opacities in southern spring and summer

using either of the dust devil mechanisms encountered the problem of generating overly

large opacities in the aphelion season (using a constant lifting efficiency αD), and so it was

concluded that dust devils were unlikely to be responsible for storm generation. This has

since been confirmed, as no correlation between dust devil activity and dust storm formation

has been found in the observational record (Montabone et al., 2005; Cantor et al., 2006).

An important finding of the radiatively active simulations was the identification of feed-

back effects associated with each of the lifting mechanisms. For wind stress lifting, a strong

positive feedback was noted — as dust is lifted, it warms the atmosphere and strengthens

the PMOC and thermal tides, causing an increase in near-surface wind strengths, leading

to further dust lifting (though slope winds and thermal contrast flows are weakened by a

more isothermal, dusty near-surface atmosphere). Dust devil lifting, however, exhibits a

negative feedback, since dust raised into the boundary layer causes the atmosphere near

the surface to heat up, reducing the surface-atmosphere temperature gradient, and thereby

reducing the heat input at the base of any convective vortices. The positive feedback that

applies to wind stress lifting means it can initiate rapid increases in dust opacity during

dust storms, while the negative feedback associated with dust devil lifting means it is a
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self-limiting process, capable of providing a steady supply of dust to the atmosphere but

not likely to be a major factor in dust storm generation and growth.

The work of Newman (2001) was a considerable step towards establishing an autonomous

dust lifting and transport scheme within the UKMGCM, and the reproduction of several

major features of the observed dust cycle is encouraging. However, the lack of interannual

variability produced by multi-year model runs represents an important component of the

Martian climate system that was missed by the model; as noted by Newman et al. (2002b),

this could have been due to the neglected interaction with the water/ice and CO2 cycles,

the use of an unlimited surface dust reservoir, or unresolved local processes important for

dust lifting. A greater catalogue of observational evidence is now available, and interannual

variability can begin to be addressed through use of at least five continuous Mars years of

column dust opacities. Also, useful lessons have been learned from other GCM dust lifting

studies in recent years, concerning the use of particle size distributions and finite surface

reservoirs. It was therefore timely to refine the existing dust lifting schemes, using the extra

data available to constrain the model more closely and to evaluate its performance. This

is done in Chapter 3, before new components are added to the lifting schemes in Chapter

4, and the interaction with water ice is implemented in Chapter 6.



Chapter 3

Initial dust lifting work

Since the work of Newman (2001), knowledge of the Martian dust cycle has increased, al-

lowing greater constraints to be placed upon model parameterisations. Also, advances in

computing power in the intervening years have made carrying more than one dust particle

size a much more feasible option, and performing simulations at higher resolutions a pos-

sibility. A general evaluation of work done to date on the dust-transporting UKMGCM

was carried out, resulting in the development of a new wind stress lifting scheme, which is

described in the first section below. Other physical parameterisations remained the same

as used by Newman et al. (2002a), but dust was now treated as a radiatively active tracer

throughout, as in Newman et al. (2002b) and in subsequent work by other groups. The

new parameterisation was tested through several multiannual simulations, each spun up

from rest and each carrying a size distribution of dust particles, the results of which are

summarised in §3.2. Horizontal spectral resolutions from T21 (as used by Newman et al.

(2002b)) to T63 were used. A strong dependence of dust lifting rates on model resolution

was discovered, and this is explored further in §3.3.

3.1 Developing the wind stress lifting scheme

It is now widely accepted that dust devils do not play an important role in the initiation

of large dust storms (Basu et al., 2004; Cantor et al., 2006). This fact makes the setting

of the dust devil lifting efficiency parameter considerably easier, since the most important

contribution of dust devil lifting (in the model at least) is during northern spring and sum-

40
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mer, Ls = 0–180◦. The threshold-independent version of the dust devil parameterisation

has been predominantly used during this work, but results with the threshold-dependent

version were not greatly different — the role of dust devil lifting in the model dust cycle

is to provide a fairly constant, low rate of lifting throughout the year, in order to maintain

an appropriate atmospheric opacity during the aphelion season, when the model predicts

little or no wind stress lifting.

Considerably more attention was given to the near-surface wind stress lifting parame-

terisation, since this is very likely to be the more important lifting mechanism for producing

dust storms. The following parameterisation ignores the effect of surface roughness — this

modification was added later (§4.7).

3.1.1 Calculation of lifting threshold

The estimation of the threshold wind velocity required for dust lifting and its application

to the model are the most important considerations in a GCM dust lifting scheme. Ideally,

the lifting threshold should be derived from physical principles, yet it must also be set at a

level attainable by model winds with sufficient regularity to broadly reproduce the amount

of dust lifting that is observed to occur.

As was explained in §2.2, it is assumed that saltation of sand particles is essential for

the lifting of micron-sized dust particles; therefore, the minimum wind velocity required for

dust lifting can be estimated by calculating the mobilisation threshold for particles with

a diameter Dp of order 100µm. In the work of Newman (2001), this threshold, in the

form of a drag velocity, was given by equation (2.6). Several problems existed with this

formulation. The interparticle cohesion parameter Ip has not been measured for Mars, but

values of around 6 × 10−7Nm−1/2 are commonly used for both Earth and Mars (Greeley

and Iversen, 1985). To allow any lifting at all it was necessary to use a value towards

the lower end of allowed values; otherwise predicted thresholds were too high. Then, in

subsequent years, it became apparent that the timing (within the model code) of calculation

of the surface drag velocity needed to be corrected — it should be calculated after, rather

than before, the vertical diffusion module is applied. This had the effect of lowering surface

winds (due to upward turbulent mixing), making lifting more difficult. It was found that

extremely small values of Ip were now necessary to allow lifting to take place.
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A simpler method, which avoids the iterative calculation required previously, was found

using the approach of Shao and Lu (2000). In their model of saltation, Ip is assumed to

be a function of particle size, so does not explicitly appear in the formulae. It nonetheless

produces a similar size dependence to the Greeley and Iversen (1985) method, with a

minimum threshold for sand-sized particles in agreement with experimental studies (such

as Fletcher (1976)). The threshold drag velocity for lifting is expressed as

ut
∗
=

√

AN

(

σpgDp +
γ

ρDp

)

, (3.1)

where σp =
ρd
ρ
, γ ≈ 3×10−4 kg s−2 and AN ≈ 0.0123. The constants γ and AN encompass

particle arrangement, particle Reynolds number at threshold drag velocity and the inter-

particle electrostatic force, and their values, which are not Earth-specific, were determined

empirically by fitting to wind tunnel data. This formula can be differentiated with respect

to particle diameter to find the minimum threshold velocity, for sand particles:

(ut
∗
)min =

√

2AN

(

γρdg

ρ2

)
1

4

, (3.2)

which applies for particles of diameter

Dp =

√

γ

ρdg
,

or around 180µm.

The dependence of the threshold velocity on near-surface atmospheric density (∼ ρ−1/2)

means that this is referred to as a ‘constant threshold stress’ approach, since surface stress is

defined as ζ = ρu∗

2, so that threshold stress ζt is not a function of ρ. The previous method

of calculating the threshold at each gridpoint had a more complex functional dependence on

ρ, but actually produced relatively little deviation from a constant threshold assumption, so

this simpler method sacrifices little accuracy. Indeed, Newman et al. (2005) reverted to such

a method (though with a prescribed ζt), for experiments using altered orbital parameters,

as did Kahre et al. (2006). In addition, using the Shao and Lu (2000) threshold requires

no unrealistic assumptions of parameter values, as was previously the case with Ip.

However, thresholds calculated using equation (3.2) still proved to be too high for lifting
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by model surface winds, except in very rare cases. This is not unexpected — two consid-

erations, detailed below, can explain this discrepancy, and allow for reduction of these

predicted thresholds to values more amenable to producing lifting in the GCM.

Sub-gridscale gustiness

General circulation models have typical horizontal resolutions of order 100 km, and physical

timesteps of around 30 minutes, so miss the large degree of variability that exists on smaller

scales, both spatial and temporal — surface wind is represented only by one (mean) value,

so any local peaks or transient gusts in wind velocity at the surface are neglected. This is

an important consideration for lifting, as it is a threshold-dependent process, so any lifting

that does occur will depend only on the strongest winds that exist within a gridbox and

during a timestep.

To account for this, an approach tried by Newman (2001) was to describe surface wind

at each gridpoint using a Weibull probability distribution, applying some knowledge gained

from Viking lander wind data. The total saltation (horizontal) flux was estimated by inte-

grating over the probability density function, from threshold velocity to infinity. In this way,

even if the mean surface wind was lower than the threshold, some fraction of the gridpoint

still contributed a dust flux. The downside of this method was that lifting became ubiqui-

tous, regardless of the surface wind speed, since there was always some contribution from

the high-velocity tail of the distribution. This effect weakened the threshold dependence

of the dust lifting parameterisation, and reduced interannual variability. The probability

distribution approach also failed to reproduce the rapid increases in opacity observed dur-

ing Martian dust storm initiation. For these reasons, it was removed from the wind stress

lifting scheme (the issue of parameterising gustiness is returned to in §4.9).

Fluid and impact thresholds

Another factor requiring consideration is the difference in the effect of surface wind on

stationary particles compared with its effect on particles in saltation. One may speak both

of a fluid threshold, which is the drag velocity required to directly move/lift particles off the

surface, and an impact threshold, which is the drag velocity needed to lift particles through

collisions with other particles, or alternatively the drag velocity needed to sustain a flux of
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saltating particles after they have been set in motion. The impact threshold is the lower

of the two, since the contribution of the saltation flux enhances lifting, but on Earth the

difference between the two thresholds is not thought to be very great (uit
∗
/uft

∗ is around

0.8) (Kok, 2010).

Recent numerical studies (Almeida et al., 2008; Claudin and Andreotti, 2006; Kok, 2010)

have found that the situation on Mars may be quite different, due to the combination of

stronger windspeeds required for saltation and lower gravity allowing saltating grains to

follow steeper trajectories and travel faster than on Earth. It has been estimated that the

impact threshold may be less than 50% of the fluid threshold1. The Shao and Lu (2000)

calculation applies to the fluid threshold, so using equation (3.2) as the criterion for dust

lifting will overestimate the difficulty of lifting — in fact, surface wind need only exceed

the fluid threshold briefly for saltation to begin, after which lifting can continue so long as

the wind stays above the lower impact threshold. It seems, therefore, that a considerable

hysteresis effect may be at work for Martian dust lifting, in which the occurrence of lifting

at a particularly point in time is dependent upon the recent history of the wind stress at

that point. This will apply particularly in areas where the temporal variability of surface

windspeed is high, as even a relatively low time-mean windspeed may contain within it

several gusts large enough for the drag velocity to exceed uft
∗ and allow dust lifting to

continue for a significant period of time. However, this is a recent modelling development,

and the implication of these numerical results is not yet clear.

Reduction to the calculated threshold

The lifting threshold formulation used at this point was therefore an approximation to both

the issues mentioned above, applied in such a way as to remain simple whilst allowing some

temporal variability in lifting. Both sub-gridscale gustiness and the effect of a low impact

threshold should lead to more dust lifting than would result from their neglect, so the

approach taken was to combine both these considerations into a single scaling factor that

is applied to the fluid threshold (equation (3.2)). This is obviously a major simplification

of what are undoubtedly important effects in Martian dust lifting, but at present it seems

the most logical approach to take for a coarse-resolution GCM lifting scheme, until further

1uit
∗
/uft

∗ ≈ 0.48 according to Almeida et al. (2008); ∼ 0.3 according to Claudin and Andreotti (2006);
and ∼ 0.1 according to Kok (2010).
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information is available. In practice, the threshold was lowered until a reasonable amount of

dust lifting became possible during a Martian year. The value of this scaling factor depends

somewhat on resolution (§3.3), but at T31 a value of 0.7 was found to be sufficient to allow

southern spring and summer dust storms to develop. This value is arguably close enough to

unity to provide some confidence in the model mean drag velocities as being representative

of the larger gusts within the gridbox that are actually responsible for dust lifting, through

what may be a significantly localised (and time-dependent) saltation mechanism.

At T31, it was found that the range of scaling factor values that produced dust loadings

that were at all realistic was fairly narrow. A value of & 0.75 restricted dust lifting to only

a few gridpoints for a brief period in southern spring, and did not permit the production of

regional or global dust storms. Although storms could perhaps be produced by increasing

αN so as to allow the positive lifting feedback to take effect, the lack of wind stress lifting

at other times in the year would remain, since the value of αN only becomes relevant when

model winds are strong enough to exceed the threshold. Using a threshold scaling factor of

0.6 or lower caused the production of dust storms during every year, as climatological model

winds in southern spring midlatitudes exceeded the threshold for a sufficient length of time.

Interannual variability in global dust opacity was small, because the internal variability of

the surface wind field was unable to interact with the threshold value in such a way as

to amplify this variability (through dust storm growth), as the threshold was set too low

relative to the climatological wind stress. There was little benefit in attempting any further

‘tuning’ (attempting to fit resulting model dust loadings to observed climatology) around

the compromise value of 0.7, given the simplifications mentioned above and the fact that,

in reality, the threshold is unlikely to be spatially or temporally homogeneous. Instead,

tuning was performed for a fixed threshold by varying αN .

This end result is not dissimilar to the thresholds used in other models. Kahre et al.

(2006) took a threshold stress value of 0.035Pa from Greeley and Iversen (1985) and reduced

it to 0.0225Pa under similar considerations to those described above. In this work, the

calculated threshold drag velocity equates to a threshold stress of ∼ 0.041Pa, which is

then multiplied by (0.7)2 to give 0.020Pa. Basu et al. (2006) used a threshold of 0.055Pa

in order to maximise the interannual variability produced by the GFDL model — this is

significantly higher than the other two figures, and apparently limited lifting in their model
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(other than during dust storms, when the positive radiative feedback became active) to a

very select number of gridpoints.

It is noted that an alternative theory on wind stress lifting, based on more recent

visual observations (Sullivan et al., 2008), invokes direct lifting rather than saltation as the

relevant process, by supposing that the clumping together of micron-sized dust particles

on the surface produces larger, low-density aggregates that require lower wind stresses for

lifting than individual dust particles (this is discussed further in §4.1). Using a density

ρd = 750 kgm−3 and particle size Dp = 500µm in equation (3.1) produces a threshold

velocity ∼ 20% lower than the value given by equation (3.2). This theory thus offers an

alternative explanation for the need to reduce the threshold (3.2) for use in the model.

3.1.2 Saltation flux

When the surface wind stress at a particular gridpoint exceeds the threshold described pre-

viously (after it has been scaled appropriately), saltation and consequently dust lifting are

assumed to occur. The commonly used relationship between sand flux H and drag velocity

has been equation (2.5) (White, 1979). Experimental evidence (Iversen and Rasmussen,

1999) and more recent numerical modelling studies (Almeida et al., 2008) have suggested

that the true dependence on wind shear may be slightly different, however. In particular,

the numerical model of Kok and Renno (2008) was able to match a range of experimental

results, and found a stronger saltation flux at wind speeds just above threshold than are

produced by the White formula.

In addition, they considered the effects of electrostatic interactions between saltating

particles and the surface, and found that this leads to a reduction in saltation intensity at

higher near-surface wind velocities. During saltation, particles that are lifted, on average,

acquire a negative charge, while the surface tends to become positively charged. The

attraction between the saltating layer and the ground then acts to reduce the height of

the saltating layer, reduces the saltating particles’ velocities, and actually allows a greater

concentration of particles near the surface, but overall reduces the intensity (measured as

the height integrated mass flux) of the saltation, compared to the non-electrostatic case.

An approximate fit to the results of Kok and Renno (2008), including electrostatics, was
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Figure 3.1: Various saltation flux functions, from White (1979); Sorensen (2004); Almeida et al.
(2008) and Kok and Renno (2008) (with and without electrostatic effects), converted into a dimen-

sionless flux Q0 = H(
g

ρdu3
∗

) and plotted against dimensionless shear velocity u∗/u
t
∗. The red curve

is the one used in the UKMGCM lifting scheme throughout this work. (Note that the difference
between the red and black curves at low u∗/u

t
∗ is not a ‘real’ effect and is merely an artefact of

the analytic functions fitted to each set of results.)

found (by modifying the functional form of Sorensen (2004)) as

H = max
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0, 0.25
ρ
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(u∗)

3
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∗

u∗

)2
)(
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(
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∗

u∗

)2
)]

(3.3)

and inserted into the model dust lifting routine, to be activated whenever surface wind

stress exceeds the threshold value.

A comparison of the functions (2.5) and (3.3), as well as several other forms suggested in

the literature, is shown in Figure 3.1. Since the overall flux of dust lifted into the atmosphere

is set proportional to the saltation flux using a tunable ‘lifting efficiency’ parameter, it is

the shape, rather than the absolute magnitude, of the dimensionless flux curve shown that

will determine the behaviour of the lifted dust flux. Therefore, it seems that the Kok &

Renno function (the red curve) provides slightly more ‘explosive’ dust lifting than the White

function when winds move just above threshold, while at higher velocities, perhaps 1.5ut
∗

or greater, the effect of electrostatic interactions comes into play, limiting saltation and

lifting somewhat. Model winds rarely reach this strength, so this seems unlikely to be an

important effect for model (or actual) dust storm growth.
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With a large degree of tuning involved in producing realistic model lifting, and a lack

of detailed, in situ data on dust fluxes, asserting the validity of one saltation flux function

over another is extremely difficult (even for dust emission on Earth) and seems not to be of

primary importance in obtaining a first-order accuracy in the modelled dust cycle. Similar

performance, including the possibility of interannual variability, was obtained using the

White and the Kok & Renno functions (after adjusting αN ), indicating that the choice

of function is not crucial at this stage, while other simplifications remain in the lifting

parameterisation. The same could be said of the relationship between vertical (lifted) dust

flux and horizontal (saltating) sand flux. Here, as in all other Martian lifting studies to

date, the upward flux has been set proportional to saltation flux, with the constant of

proportionality (the lifting efficiency, αN ) tuned to match resulting column dust opacities

with those observed (seen in e.g. Figure 1.8). αN may vary with drag velocity and/or

location in reality (and ‘effective’ αN must surely vary with time, as surface dust cover

changes), but sufficient data on soil properties is not available with which to attempt to

model these effects. The magnitude of αN was largely deduced by tuning model wind stress

lifting rates, given the threshold value explained previously. Again, this choice depends on

model resolution as well as the particle size distribution being used (see below), and the

possible use of a variable threshold (see §4.3), but values used for the work in this and

following chapters were generally in the range (1–50)×10−5m−1 — at least of the same

order as the terrestrial values of ∼ (2–5)×10−5m−1 suggested by Gomes et al. (2003) or

2.75× 10−4m−1 measured by Gillette et al. (1997).

3.1.3 Size dependence

The work of Newman (2001) was carried out predominantly using a single particle size

of 2µm radius, but it included a preliminary attempt at carrying a more complete size

distribution. This work has continued that approach. The majority of simulations described

in this chapter and the next used six particle size bins, populated in one of two ways, as

listed in Table 3.1. Here, using the older model physics of v3, the shortwave extinction

coefficient, Qext(0.67µm), was the only radiative parameter set to vary with particle size

(as shown in the table). Sizes were chosen to fulfil a volume-ratio size distribution, i.e. for

bin j, particle radius rj satisfied
rj

3

rj−1
3
= constant.
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Radius / µm Qext(0.67µm) Lifted by
0.1 0.228 Both
0.251 2.27 Both
0.631 3.05 Both
1.58 2.39 Both
3.98 2.19 Both
10.0 2.10 Both

Radius / µm Qext(0.67µm) Lifted by
0.251 2.27 Nsws
1.58 2.39 Nsws
10.0 2.10 Nsws
0.251 2.27 Ddev
1.58 2.39 Ddev
10.0 2.10 Ddev

Table 3.1: The two particle size distributions used when running with six size bins. The second
was used to separate the effects of dust lifted by the two different mechanisms.

Martian atmospheric dust spectra have typically been fitted by observers (e.g. Tomasko

et al. (1999)) by assuming either a modified-gamma or lognormal particle size distribution,

with an effective radius reff ∼ 1.6µm, fairly uniformly outside of large dust storms. An

increase in average particle size, with reff = 1.8–2.5µm, has been noted during global

storms such as that which occurred in 2001 (Wolff and Clancy, 2003). Assuming that the

removal of dust particles from the atmosphere occurs primarily through their sedimentation

under gravity, larger particles will be removed more quickly than smaller particles, since

settling velocity is approximately proportional to particle size, for radii smaller than a few

microns. This means that to produce the observed particle size for suspended dust, the

distribution of dust as it is lifted from the surface must be shifted towards larger particle

radii, in order to counteract the differential sedimentation that occurs once particles have

been raised. Indeed, it was found during testing with the UKMGCM that a gamma-modified

distribution with reff ∼ 2.5–3.0µm for lifted dust could produce realistic atmospheric

effective radii in both storm and non-storm conditions, similar to what was reported by

Kahre et al. (2008).

The work of Chapter 6 used model v5, with a two-moment scheme for carrying a size

distribution of dust particles. For this formulation, an effective radius and variance were

specified for the lifted dust distribution (of 2.75µm and 0.5 respectively), and a lognormal

distribution was assumed (Hansen and Travis (1974) showed that lognormal and modified-

gamma distributions give the same single scattering properties, provided the effective radii

and variances are the same). The physics of v5 allow the use of size-dependent scattering

properties, calculated online during simulation; however, the feature has not been used

as standard in this work. Instead, when using the two-moment scheme, a single set of
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scattering parameters were used for all gridpoints, corresponding to a lognormal distribution

with effective radius 1.5µm and effective variance 0.3. This was predominantly used in

Chapter 6, where it did lead to a problem with atmospheric temperatures in the upper

atmosphere — this is discussed in §6.2.3.

It is quite possible that the lifting mechanisms of dust devils and near-surface wind stress

in fact tend to lift distinctly different particle sizes, but a lack of detailed observations of

lifted dust flux leaves us without any knowledge of this relationship. Therefore, the same

lifted size distribution was set for each of the lifting methods — a seasonal variation in

atmospheric effective radius is still produced, as a consequence of the more concentrated

nature of wind stress lifting during the dust storm season. The lifted size distribution

included no dependence on drag velocity, due to the lack of information regarding regional

or temporal variation of surface particle populations.

3.1.4 Summary of dust lifting scheme

Several aspects of parameterising dust lifting for an MGCM have been addressed. For

estimating the threshold drag velocity necessary to initiate saltation, the formula of Shao

and Lu (2000) was used, due to its simplicity in comparison with expressions previously

proposed. Since model dust lifting using these threshold values was predicted to be very

rare, the threshold velocities were reduced by around 30% to allow a suitable degree of lifting

over the year. This was intended to account heuristically for the effects of sub-gridscale

gustiness (since transient high-speed surface winds will tend to dominate dust emission)

and the existence of a low impact threshold on Mars. The threshold choice and the overall

scheme have a strong physical basis. The choice of saltation flux expression followed Kok

and Renno (2008). While it is difficult at present to verify this flux dependence, particularly

on Mars, it does slightly favour more explosive dust lifting in comparison with the previously

used White (1979) formula, which would appear to be in qualitative agreement with what

is observed in Martian GDS initiation. No size dependence has been used in the dust lifting

calculations, due to a lack of knowledge of Martian soil properties, but the use of a fixed

size distribution for lifted dust does replicate the general seasonal trend in atmospheric

effective radius.
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Figure 3.2: Six year series of globally averaged visible dust opacity, referenced to a 610 Pa pressure
level, from a model run at T21, in which the threshold drag velocity was multiplied by 0.675, and
lifting efficiencies αN = 1.2 × 10−4 m−1 and αD = 9.1× 10−9 kg J−1 were used.

3.2 Simulations with unlimited surface dust

3.2.1 Choice of standard model resolution

Early dust-transporting model runs were performed at T21 (5◦ × 5◦ dynamical grid) res-

olution. The precise parameter values for the lifting efficiency and lifting threshold were

obtained via a tuning process which aimed to

(a) sufficiently limit dust lifting in the aphelion season while allowing an increase in dust

lifting and atmospheric opacity after Ls = 180◦

(b) produce dust storms with an initiation phase displaying a rapid increase in opacity, and

(c) generate variability in storm magnitude and timing from one model year to the next.

In practice, this placed on the lifting threshold a lower limit, such that no dust storms were

created north of the Tharsis range during northern spring/summer, and an upper limit due

to the need for a minimal amount of lifting to be possible during the year. The lifting

efficiency was constrained by demanding rapid increases in opacity upon the initiation of

storms as well as limiting peak dust opacities to realistic levels. This last condition proved

to be particularly vital, and model runs frequently crashed if αN was set too high, as there
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was not a ‘shutdown’ mechanism strong enough to overcome the intense lifting, which is

further boosted by the positive radiative feedback.

With the ‘correct’ tuning, the model was able to produce reasonable globally aver-

aged opacities throughout the Martian year, as well as some variability between years, as

displayed in Figure 3.2. However, at T21 resolution, all the storms that were generated be-

gan in the Daedalia/Solis Planum region (around 120◦W, 30◦S), whereas the observational

record over the past decades suggests multiple sites in the southern hemisphere are capable

of initiating large dust storms. In the model, around perihelion, surface winds tended to

become particularly strong at a very limited number of gridpoints at Daedalia, due to the

crude representation of the complex topography present (Figure 3.3(a)). A larger peak in

surface stress appeared in SW Hellas, and its effect can be seen in the regular peak in dust

opacity around Ls = 210◦ in Figure 3.2; however, unlike lifting at Daedalia, this did not

grow into a larger dust storm, perhaps due in part to its occurrence earlier in the year.

It was found that an increase in resolution to T31 (3.75◦) significantly reduced this

wind anomaly relative to other SH peak winds such as those at Hellas, Argyre and Noachis

(Figure 3.3(b)). This meant that a larger αN could be used, which allowed other regions in

the southern hemisphere to become potential dust storm sources. In unlimited surface dust

runs such as these, optimum settings for the lifting parameters are effectively determined

by that part of the southern hemisphere midlatitudes which sees the largest surface stress,

since that is where storms will most readily form; therefore, the approach is vulnerable to

gridpoints like those at Daedalia in the T21 model, where due to a lack of resolution winds

are probably unrealistically high (at least compared to other gridpoints at that resolution).

Another consequence of the increased resolution was a significant increase in peak wind

stresses in the northern mid-/high latitudes, extending southward along the topographic

channels at Acidalia-Chryse (∼ 50◦W) and Utopia Planitia (∼ 100◦E), causing an increase

in cap-edge dust lifting in autumn/winter and in the frequency of flushing storms. This

suggests that the step from T21 to T31 leads to a significant improvement in the resolution

of transient baroclinic waves along the cap edge, which provides the means to lift dust

at these latitudes. At 45◦N, gridbox widths on the model’s dynamical grid are ∼ 400 km

and 300km at T21 and T31 respectively, which can be compared to the Rossby radius of

deformation, Ld ∼ 1000 km, which controls the size of synoptic weather systems. The
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Figure 3.3: Maximum surface stress (in Nm−2
≡ Pa) from a year without dust lifting using the MY24 dust opacity scenario, at (a) T21, (b) T31 and (c)

T63. Surface topography is overlaid in black contours.
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Figure 3.4: Globally averaged 610 Pa visible dust opacity from six years at T31, with threshold
drag velocity multiplied by 0.7, and αN = 1.4× 10−4 m−1 and αD = 9.1× 10−9 kg J−1.

improved resolution is then perhaps due to the increase in model gridpoints per deformation

radius from ∼ 2 to ∼ 3 when moving from T21 to T31. Further increases in peak wind

stress in northern midlatitudes were seen when resolution was increased to T42 and T63

(Figure 3.3(c)), but for computational speed, T31 was adopted as the base resolution at

which to perform the majority of the simulations described in this work.

3.2.2 T31 results

Similar globally averaged opacities to those at T21 were obtained for the higher T31 res-

olution (Figure 3.4). Again, some interannual variability was observed, but storms were

mainly limited to the pre-solstice period, around Ls = 210–250◦, and the prolonged, very

large opacities typical of major global storms (such as the 2001 storm) were missing. There

was also an absence of any significant storms in late summer (Ls ∼ 310◦), a time of year

at which several regional storms have been observed, although one of the years shown here

(year 5) did include two regional storms in the same year (at Ls = 230◦ and 280◦). The

preferred region for initiation of large storms shifted from Daedalia Planum, and showed

some spatial variability. The majority of simulated storms occurred when a flushing event

began at Utopia Planitia, travelled southward through Isidis, and reached the northern

flank of Hellas, where it sparked lifting that could quickly escalate into a planet-encircling
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storm. This pattern of storm development is shown in Figure 3.5 — in this example, lifting

occurred as the flushing storm travelled southward, continued at Hellas then spread to the

east at sols ∼ 467–469, reaching Daedalia as the storm became planet-encircling. The storm

shown was relatively small, and lifting had ceased by ∼ sol 473 (not shown). In some other

model years, a similar process occurred in the Chryse-Noachis regions.

Figure 3.5: Progression in 610 Pa visible dust opacity for a typical Utopia-Hellas-type storm (circled
in the first two panels), beginning at Ls = 233◦. (In this example, another flushing storm occurred
simultaneously at Acidalia, but had little obvious effect on the development of the Hellas storm —
single flushing storms are more typically seen in the model.)

This kind of storm initiation has been observed on a slightly smaller scale, and may be

the dominant mechanism for the development of regional dust storms. A good example is
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Figure 3.6: Wide angle red filter MOC images of the flushing storm in early southern hemisphere
spring of MY26, from Cantor (2007). The storm originated in northern Isidis at Ls = 211◦ and
dissipated by 220◦, leaving behind a planet-encircling dust haze in the SH. Panels d and e cover a
latitude range of 40◦N–60◦S.

given in Figure 3.6. These MOC images from SH spring of MY26 show a flushing storm that

moved southward along the Isidis channel and spread zonally upon reaching northern Hellas,

initiating further cap-edge dust lifting that reached ‘as far west as 0◦W at Ls = 215.6◦’,

and created a dust haze that encircled ‘the southern hemisphere between 30.0◦–65.0◦S by

Ls = 220.5◦’ (Cantor, 2007). So, the notion of a SH response to the arrival of a flushing

storm has some observational backing; however, in the MY26 example the resulting dust

haze was much more diffuse than most of the cases seen in the model. In fact, as described

in Chapter 1, observations strongly suggest that larger dust storms, of the magnitudes seen

in several of the years in Figure 3.4, usually begin in the southern hemisphere, rather than

as a consequence of a cross-equatorial flushing event.

Basu et al. (2006), using a finite-difference grid horizontal resolution of 5◦×6◦, reported

that most dust storms in their model formed in the Hellas region, with variability in timing

affecting the size to which the storm could grow. Early storms developed in SW Hellas but

were limited in size, similar to what was seen above for the UKMGCM. Storms developing

after Ls ∼ 240◦ tended to begin in northern Hellas and grew to global size; during these
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events, lifting was dominated by an area on the northern rim of the Hellas basin, suggesting

a similar behaviour to that seen at Daedalia in the UKMGCM T21 runs. Strong wind

stresses persisted in this location until after Ls = 300◦, which prevented the GDS from

decaying and tied global opacities to the annual insolation cycle. By contrast, the T31 dust

storms shown in Figure 3.4 shut down much more rapidly. In part this was because global

opacities did not grow as large as in Basu et al. (2006), (though they could be made to do so

by slightly increasing αN ). It was also possibly due to the different initiation mechanisms

of storms in the two models — the UKMGCM did not produce a wind stress peak in

northern Hellas of similar magnitude and duration, so that large storms were only sparked

whenever a disturbance entered the Isidis/Hellas region from the north, and subsequently

these storms were not sustained so effectively by lifting in northern Hellas. The GFDL

model also produced storms at Chryse, but again these were larger and lasted longer than

any events observed in the region. Chryse storms in the UKMGCM had lower peak opacities

and were shorter in duration, though sometimes led to the development of larger storms

in the southern hemisphere (an example of a Chryse flushing storm can be seen in Figure

3.5).

Simulations with the NASA-Ames model by Kahre et al. (2006), also on a 5◦×6◦ finite-

difference grid, did not show similar interannual variability, and rather were split into two

types, ‘baseline’ and ‘dusty’, by using a different lifting efficiency for each. In both cases

the annual dust opacity cycle featured a broad primary peak at Ls ∼ 300◦ and a secondary

peak at Ls ∼ 210◦, and southern hemispheric lifting was concentrated quite strongly on

the north and southwest rims of the Hellas basin.

3.3 Dependence of dust lifting on resolution

To explore the sensitivity of dust lifting to model horizontal resolution, several month-long

comparative simulations were carried out, using either radiatively passive or radiatively

active lifted dust. Each set of simulations included runs at T31 (3.75◦), T42 (2.5◦) and T63

(1.875◦) resolutions, and model variables were output every 6 hours. The ‘passive’ runs

used the MY24 dust opacity scenario and included wind stress lifting only, and were used

to compare basic wind strengths and wave amplitudes away from the influence of altered

dust loadings; conversely, the active runs used both lifting mechanisms, with dust opacities
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Figure 3.7: 610 Pa visible opacity, averaged between 45◦N and 45◦S, from runs using only dust
devil lifting with values of αD as shown (in units of kg J−1). The three black lines show opacities
(averaged over the same region) from the TES reanalysis of MY24 (solid), MY25 (dotted) and
MY26 (dashed) (though ‘MY24’ actually uses MY25 values until Ls = 140◦).

computed from the transported field, and provided information on dust lifting feedbacks.

3.3.1 Dust devil lifting

The resolution dependence of the threshold-independent dust devil scheme was assessed

by tuning the dust devil lifting efficiency at each resolution in order to best match dust

opacity over Ls = 0–180◦ — when dust devil lifting is the dominant contributor to total

opacity in the model (though perhaps not in reality) — to the three years in the TES

reanalysis dataset, which show relatively little interannual variation during this part of the

year (Montabone et al., 2005). As can be seen from Figure 3.7, dust devil lifting strength

increased with increasing resolution — perhaps due to better resolution of gridpoints par-

ticularly favourable for convective lifting — so a progressively smaller αD was needed. The

negative feedback inherent to the scheme is also evident; for example, at T31, a doubling

of αD produced only a ∼ 70% rise in opacity. The discrepancies between model and as-

similation at Ls = 0–30◦ and 150–180◦ were mainly due to local dust storms at the edge

of the polar caps produced by wind stress lifting, which was not activated in these runs.

The scaling of αD identified here was applied to all subsequent simulations (including the

active runs below), so that model dust devil opacity became approximately independent of
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(a) (b)

(c)

Figure 3.8: Total dust mass lifted at each gridpoint over the length of the passive 210◦ simulations,
divided by the global mean in each case, at resolution (a) T31, (b) T42 and (c) T63.

horizontal resolution.

3.3.2 Wind stress lifting: northern autumn

The first experiment with wind stress lifting included was a passive run over Ls = 210–240◦,

a season in which dust lifting can typically occur both in southern midlatitudes and along

the edges of both polar caps. The spatial distributions of lifting activity — total lifted mass

at each gridpoint, normalised by the global-mean total — are shown in Figure 3.8, where

it is apparent that as the resolution was increased, a greater fraction of gridpoints became

able to take part in lifting. This resulted in more than twice as much total lifted dust mass

at T63 than at T31. The reason for this was an increase in the frequency of occurrence of

surface winds above the lifting threshold, through a combination of increased mean u∗ and

increased variability, as measured by the standard deviation σ(u∗).

Intercomparison was more difficult in the active case at Ls = 210–240◦, as (in this
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particular year) dust storms of different sizes were produced after Ls = 230◦ at T31 and

T63, while at T42, no storm was produced at all, even though in the passive example,

more lifting was produced before Ls = 230◦ than was the case at T31. This illustrates

the unpredictable manner in which storms can develop in the model — the system is

highly nonlinear, and although a strong positive feedback exists for the wind stress lifting

mechanism more generally (as a large dust loading causes deep atmospheric heating), lifting

can also be sensitive to changes in near-surface lateral temperature gradients, such as can

be produced on a more rapid timescale following injections of dust into the boundary layer.

In this way, stronger lifting in one area can actually inhibit further lifting and reduce the

total lifted mass. Nevertheless, considering the no-storm period Ls = 210–230◦, the same

trend was seen as in the passive case: increasing lifted dust mass with increasing resolution.

Figure 3.9 shows that, when resolution was increased from T31 to T63, mean u∗ increased

over much of the planet, but particularly at the region of complex topography in the Tharsis

range at 0–30◦S, 120◦W, and near other large topographic slopes such as to the north of

Alba Patera, around Elysium Mons and on the northern and southern edges of Hellas.

Similar results were obtained from the passive runs, except for the increase at 0–60◦E,

30◦S, which was unique to the active runs and can be attributed to a strengthening of the

PMOC, and the summer subtropical westerly jet, under greater dust loading. Increases in

u∗ were seen across the 60◦S band, which marks the edge of the seasonal CO2 cap in this

season. Mesoscale-resolution simulations by Toigo et al. (2002) produced dust lifting in

this region, and it was attributed mainly to the thermal contrast flow set up by the strong

temperature gradient at the cap edge (similar to the terrestrial ‘sea breeze’ circulation),

which was evidently best resolved at T63 in the present case. At the southern rims of the

Argyre and Hellas basins, this thermal contrast flow can combine with downslope winds

to produce particularly favourable dust lifting conditions, which may be the reason that

several large storms have been observed to originate in these regions. While increases in

σ(u∗) were seen around NE Argyre and NW Hellas, a strong decrease was seen to the NE of

Hellas (100◦E, 30◦S) (similar changes were seen in the passive case, meaning that they were

not a result of increased dust opacities). This might suggest that the Utopia-Isidis-Hellas

storm initiation mechanism (see §3.2.2, Figure 3.5), seen regularly at T31 but less so in

observations, will be less effective at higher model resolutions.
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Figure 3.9: From the active 210◦ simulations, the change (T63 − T31) in average u∗ (top) and
average standard deviation σ(u∗) (bottom) (both in ms−1).

3.3.3 Wind stress lifting: northern summer

A second set of model runs were performed at Ls = 150–180◦, to further examine the

potential for dust storm production along the edge of the receding south polar cap, as

observed at this time of year by Cantor et al. (2001). Again, u∗ increased with resolution,

but at all resolutions lifting was only possible at one southern hemisphere site, on the

southwestern rim of Hellas. In the northern hemisphere, travelling wave strength increased

with increasing resolution (as it did in the previous set of runs). This is shown in Figure 3.10

in root-mean-square (RMS) variance of meridional velocity v at 2.5 km above the ground,

filtered to include only waves with periods of between 1.5 and 10 sols. A different travelling
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Figure 3.10: RMS meridional velocity, filtered to include only waves with period 1.5–10 sols, from
the passive 150◦ runs, at 2.5 km height in the north polar region. Resolutions are T31 (left), T42
(middle) and T63 (right). Topography is shown in black contours.

wave behaviour was seen in the southern hemisphere (top row of Figure 3.11): waves were

weaker at T63, relative to T42. This appears to have been due to the stronger numerical

dissipation that was used at T63 in order to retain model stability, as the peak near-surface

Eady growth rate (see §5.3.3) in the southern hemisphere (which occurred near the south

pole) increased slightly at T63 relative to T42, suggesting that eddy activity should have

increased, as it did in the northern hemisphere. However, it is then surprising that the

dissipation did not have the same effect in the northern hemisphere. The increases in peak

wave amplitude in the NH (both at Ls = 150◦ and at Ls = 210◦) suggest that springtime

midlatitude dust lifting will be enhanced at higher model resolutions, but the same cannot

necessarily be said for the SH, based on these results.

In the active case, lifting in the SH remained spatially confined, though it was activated

at the edge of the Argyre basin at T42 and at further gridpoints in north and west Hellas

at T63. Transient waves in meridional velocity, as shown in the bottom row of Figure 3.11,

were rather different than in the passive results. Wave amplitude was larger and peaked in

midlatitudes, particularly on the western rims of the basins, where the waves contributed

to maxima in u∗. The differences here highlight the errors that could be introduced by

the use of the prescribed opacity scenario, since TES observations were not available at

the south pole at this time of year, requiring assumptions to made in the creation of the

scenario. Again, transient waves weakened from T42 to T63.

It has been seen here that, even at T63, the model did not predict cap-edge dust storms

to be as widespread as those observed by Cantor et al. (2001), who noted a particular

concentration of storms in the Noachis region, where no dust lifting occurred in these runs.

Model lifting at this time was mainly restricted to SW Hellas. These results suggest that
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Figure 3.11: Top row: transient RMS V (as in Figure 3.10) from the passive 150◦ runs at T31
(left), T42 (middle) and T63 (right). Bottom row: the same from the active 150◦ runs. Note the
different colour scales for each row. Topography is shown in black contours.

to properly model cap-edge flow in the southern hemisphere, at least near equinox when

the seasonal cap still extends to midlatitudes, requires a resolution close to that of Toigo

et al. (2002) (i.e. mesoscale, . 1◦); the differences between hemispheres seen here may be

due to a particular feature of the surface topography. However, the issue of SH cap-edge

dust lifting is returned to in Chapter 6, when water ice clouds are added.

3.3.4 Resolution dependence summary

The results of the resolution sensitivity experiments are summarised in Figure 3.12. Total

mass lifted increased with resolution, but did so less steeply when dust was radiatively

active. This suggests that although dust lifting exhibits a positive radiative feedback during

the initiation of regional-scale storms, when lifting is more localised (note that the storms

after Ls = 230◦ were excluded from these calculations) the feedback tends to be negative,

most likely due to an increase in static stability as dust induces a warming throughout the

boundary layer. The decrease in temporal variability of the surface wind at T63 in the

active 150◦ run can be attributed to a large increase in dust opacity over T42.

Theoretically, the scaling factor applied to the threshold drag velocity should be marginally

increased as resolution increases, since the model is resolving a greater amount (spatially)
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Figure 3.12: Total dust mass lifted (in kg, left) and average σ(u∗) (in m s−1, right) from the four
simulations described — open squares are from the 210◦ runs and stars are from the 150◦ runs.
The active 210◦ values are averages covering 210–230◦ only.

of surface wind gustiness. However, the differences between the passive and active trends

in σ(u∗) make this very difficult to quantify. Calculating the scaling factors needed to

match total lifted masses in the active simulations above suggested a possible increase to

∼ 0.8 by T63 (from 0.7 at T31). On the other hand, having a greater fraction of gridpoints

possess the potential for dust lifting is probably a more realistic result, in which case an

alternative method to keep lifted mass constant would be to reduce αN ; the magnitude of

this reduction can be estimated from the active runs above, and a value of ∼ 0.6αN(T31)

was produced for T63.

3.4 Limitations of the unlimited surface dust method

Due to the wide range (with regard to timing and location) of dust storms that have been

observed on Mars, it is not easy to say how realistic storms of the kind described in §3.2.2

may be; what is certain, though, is that this variation in date of occurrence and areographic

origin was not fully captured by the model. The very large, sustained dust loadings of (for

example) the 2001 GDS were also missing from the multi-year sequence shown in Figure

3.4, which displayed a more moderate variation in peak opacity from year to year.

Another drawback of the current formulation is that a very precise level of tuning

of the lifting parameters (efficiency and threshold) is required in order to produce dust

lifting rates that are in any way realistic. While possible at T31 resolution, increasing the

model resolution or adding any new physics of significance would require a retuning of the

parameters, which would soon become a prohibitively lengthy process. Whilst there clearly
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exists a ‘true’ lifting efficiency, one would not expect that over- or under-estimating αN by

even a few percent should produce such a dramatic change in model output (huge GDSs

every year, or no GDSs at all, respectively). Other, similar, climate model parameters —

for example, cloud nucleation efficiency — do not in general produce this behaviour, and

the key difference is that a negative feedback usually exists to act against the error in the

parameter (if cloud nucleation efficiency is too high, the supply of atmospheric water vapour

rapidly becomes depleted, and nucleation rates decrease). In the case of dust lifting, the

negative feedback could be the supply of dust on the ground, and so the inclusion of this

feedback should allow greater flexibility in the αN setting.

Therefore, both to improve the variability produced by the model and to facilitate its

use at different resolutions, work was begun to link the surface state of the model to the

lifting processes, to include an explicit negative feedback on dust lifting and to represent

the spatial and temporal heterogeneity that exists in the ability of the Martian surface to

supply dust to the atmosphere.



Chapter 4

Surface improvements

4.1 Motivation for using a time-varying lifting thresh-

old

As discussed at the end of the previous chapter, the assumption of an infinite supply of

surface dust may lead to significant errors in the predictions of dust lifting schemes. In re-

ality, surface densities of dust on the planet’s surface are finite1, and probably small enough

in certain locations to limit the total amount of dust that is available to be lifted during

a large storm. The qualitative spatial distribution of surface dust (particles smaller than

∼ 100µm) was derived from Thermal Emission Spectrometer (TES) albedo measurements

by Ruff and Christensen (2002), who found the southern hemisphere to be, in general, more

sparsely covered by dust grains than the northern hemisphere. Periodic changes in surface

albedo, notably in the wake of major dust storms, were detected by Szwast et al. (2006), in-

dicating the redistribution of significant fractions of this surface dust (depth changes on the

order of a few microns). Furthermore, Strausberg et al. (2005) noted that during the 2001

global dust storm (GDS), dust lifting on the slopes of Hellas, the site of the initiation of the

storm, appeared to cease after ∼ 10◦ of Ls, while the storm was very much still in progress.

Local surface windspeeds remained large at this time (Montabone et al., 2005), raising the

possibility that the Hellas region was exhausted of surface dust, preventing further emis-

1The rate of erosion is not well known but the phenomenon may be assumed to be negligible on inter-
annual timescales.
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sion from taking place. These changes in surface dust may also play an integral role in

driving the strong interannual variability that has been observed in dust storm occurrence

and intensity, by introducing into the climate system a long-term memory (as surface dust

distributions can persist indefinitely, in the absence of significant wind stress), something

that the Martian atmosphere, with a radiative timescale of a few sols, does not possess.

The idea that a time-varying threshold for wind-stress dust lifting might be appropriate

for Mars was first put forward by Pankine and Ingersoll (2004), who found that adding

such a parameter prompted hitherto-unseen interannual variability in their (very) simplified

global Mars model. Specifically, they used a threshold which increased following a large

dust storm, and decreased gradually in the absence of any dust lifting. Suitable tuning

of the increase and decrease rates allowed global dust storm frequency to be adjusted to

approximately match that currently observed. They suggested that this ‘self-organised

criticality’ (in which a system regulates itself so as to remain close to a threshold point)

could be an explanation as to why Mars appears to be finely tuned to produce GDSs

only under certain favourable conditions. However, with the use of a low-order model

(a zonally symmetric model with simplified dynamics), with effectively only two surface

gridpoints (one in each hemisphere), they were unable to examine storm development or

the redistribution process, or ascertain whether or not the approach would work equally

well in a fully-fledged GCM. A first attempt at adapting this idea for a GCM was made

by Wilson and Kahre (2010), and did produce increased interannual variability in the

magnitude of dust storms produced in their model, though not in the initiation dates of the

storms. Also, model GDSs were frequently too large, and occurred in groups every twenty

or so years, rather than with a frequency of one every three years, as was estimated by

Zurek and Martin (1993) and as has continued to hold true over MY23–28 (§1.2.2).

The physical rationale offered for the Pankine and Ingersoll parameterisation is that

the local threshold lifting stress in a particular location should vary according to the ra-

tio of ‘erodible’ dust particles (sitting out in the open) to nonerodible elements (namely

rocks or pebbles too large to be moved by wind, but which absorb a fraction of the wind

momentum). It may be anticipated that after a burst of emission from a certain site, the

dust particles that remain will be those that are sheltered by nonerodible elements (lead-

ing to the formation of so-called ‘desert pavements’), and that moving these will require
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larger wind stresses. In this way, areas may not become totally depleted of surface dust,

while nonetheless ceasing to be viable regions for intense lifting: it has been observed that

the rate of dust removal from an area containing a mixture of dust/sand and nonerodibles

decreases over time as the nonerodibles are uncovered and begin to shelter the remaining

erodible material (Greeley and Iversen, 1985). To reverse this trend, either dust is returned

to the area from elsewhere and deposited on or around the nonerodibles, or small-scale

processes (dust devils, perhaps) release the dust from under the roughness features, leading

to a reduction in threshold stress and improved conditions for dust lifting.

An alternative yet — in the context of the lifting scheme being used — complementary

interpretation comes from more recent suggestions that saltation does not occur particularly

often on Mars. This is suspected to be the case because of a lack of long-term movement

seen in sand dunes (Zimbelman, 2000; Malin and Edgett, 2001). Instead, dust may be

lifted directly from the surface. While the wind stress required for the lofting of micron-

sized particles is much higher than is usually experienced on Mars, if the dust on the

surface exists rather as larger, loosely-packed agglomerates, with a mass density lower

than that of the dust particles themselves, the threshold for lifting of these objects would

be significantly lower, perhaps making direct detachment a viable mechanism on Mars

(Sullivan et al., 2008). Once airborne, it is proposed that the dust aggregates separate into

the observed micron-sized components. Support for the use of a time-varying threshold in

this context comes from the experimental work of Merrison et al. (2007), using a Martian

dust analogue material in a wind tunnel, under Martian conditons. The authors claimed

that the aggregation of surface dust grains could require the presence of a surface dust layer

of some minimum depth. Therefore, as dust is introduced to a certain location, particles

lying on the surface could more easily form mobilisable aggregates, creating an inverse

relationship between dust surface density and gridbox-average lifting threshold.

The low-density aggregate hypothesis for dust lifting on Mars is interesting, although

it has not been investigated in detail in this work. It is not clear that applying it to the

UKMGCM would alter results much, since the reduction in lifting threshold caused by

the use of a lower dust density has, in the present case, been replicated by a prescribed

reduction in the model lifting threshold (§3.1.1). Without any knowledge of how quickly the

sand-sized dust aggregates form on the surface or break up once in the atmosphere, their
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invocation in the model would merely provide a different physical justification for using a

low threshold stress, one within reach of wind stresses generated in model simulations. The

variable threshold approach taken in this chapter can be justified for either of the ‘saltation’

or ‘aggregates’ models of dust lifting.

4.2 Implementation of the variable threshold scheme

4.2.1 Threshold response to dust lifting and deposition

The wind stress threshold for dust lifting, ζt = ρ(ut
∗
)2, was therefore programmed to vary in

response to the change in dust surface density at a particular gridpoint, at a rate ζtinc (with

units of Pa (kgm−2)−1) linearly proportional to the amount of dust removed or deposited in

a physical timestep; that is, the threshold increases as dust is removed from the gridpoint,

and decreases whenever dust is deposited onto the gridpoint (the ‘inc’ suffix is used because,

as will be seen later, the dominant effect imparted by this term in key dust source regions

in the southern hemisphere is a threshold increase). The true behaviour of stress threshold

with changing surface density is unknown, so the value of ζtinc was chosen simply so that

thresholds were raised enough in the course of a large storm to cut off further lifting from

at least some gridpoints; similarly, the linear rate of increase was used purely for simplicity.

The lifting efficiency αN (now set larger than before, to counteract the higher thresholds

which result from the use of this method) and ζtinc could to some extent be varied in

tandem, as more efficient lifting required faster-growing thresholds to prevent runaway

lifting. Various combinations of these two parameters were tested.

To prevent the possibility of lifting outside of the storm season, through year-on-year

threshold reduction in dust sink regions, a minimum threshold stress was specified, equal to

the original threshold value of ρ(0.7ut
∗
)2 = 0.020Pa, with ut

∗
again given by (3.2). Thus, the

new parameterisation acted only to increase surface lifting thresholds from the previously

used value. Following the Pankine and Ingersoll argument, this minimum represents a

saturation of dust cover in the unsheltered areas of a gridbox, such that adding more dust

does not decrease the effective lifting threshold any further. In terms of the aggregate model,

it corresponds to a saturation surface dust depth above which lifting does not become any

easier, probably due to a limit on the size and density of dust aggregates that can form.
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4.2.2 Need for an artificial ‘resupply rate’

When the scheme as described so far was applied in a multi-year simulation (with thresholds

at each gridpoint initialised at the minimum value of 0.020Pa), the results were very similar

to those of Kahre et al. (2005) (see their Fig. 3), which used a ‘straight’ finite surface dust

method (i.e. without threshold changes). That is, for several model years, major dust

storms were produced in a manner largely similar to that seen in previous infinite surface

dust work, but dust storms then ceased to occur, and the model became ‘locked’ into a state

that did not feature a significant amount of wind stress lifting in the southern hemisphere.

This shut-down of lifting was a result of the threshold increases produced in parts of the

southern hemisphere following the removal of surface dust during the storms that occurred

in the initial years of the simulation, as dust deposition in these regions evidently did not

occur at a rate sufficient to counteract this loss. The time taken to reach this shut-down

point decreased as ζtinc was increased, since this parameter controls the extent to which

thresholds are affected by the removal of a given dust amount (a similar result was shown

by Kahre et al. (2005), whereby the decline in global dust opacity could be delayed for a

number of years by initialising gridpoints with a deep dust reservoir).

This net movement of dust away from key source regions is a symptom of a more general

interhemispheric transport bias, in which dust is transferred from southern to northern

hemisphere, that exists in the model, as discussed later (§4.4.2). To correct for this bias, so

as to allow to continuation of dust storms over multiple model years, another parameter,

ζtdec (units of Pa s
−1), was added, applying a constant rate of decrease to surface thresholds

at every gridpoint, in addition to any decreases that occur ‘naturally’ in the model through

deposition of atmospheric dust. This may be interpreted as the continual addition of extra

dust to each gridpoint that is above the minimum threshold, so is clearly a crude way

in which to counteract the interhemispheric bias. In fact, there is reason to believe that

such a term could be justified even in a model without this transport bias, by virtue of

redistribution of surface within a gridbox. (see §4.4.2). The value for this parameter was

set by requiring that some dust lifting remain possible each year and that global dust

storms occur approximately every three years. As would be expected, increasing the rate
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of resupply increases the frequency of large dust storms in the model — approximately,

ζtinc
ζtdec

=
gap between successive GDSs

dust surface density reduction at initiation sites during a GDS
.

Thus, through these parameters the model could be tuned to try to reproduce the long-term

dust storm behaviour that is observed in reality.

4.2.3 Treatment of dust devils

Szwast et al. (2006) determined, from MGS surface albedo measurements, that dust devil

lifting probably plays little or no role in the redistribution of surface dust. Model parameter-

isation of dust devil lifting, however, does show a net annual dust movement. Furthermore,

among the regions that are depleted in this way are those that are important in storm

generation — surface dust removal by dust devils, though relatively weak, is particularly

noticeable along the 30◦S latitude band, and on the Acidalia-Chryse and Utopia-Isidis storm

tracks. With this in mind it seemed sensible to separate the two lifting methods, allowing

dust lifted by convective processes to provide the background opacity while ignoring its

effect on the surface dust distribution. In part this was motivated by a suspicion that dust

devil lifting in the model could be overestimated, in order to make up for unresolved wind

stress lifting events, particularly at Ls = 0–180◦.

This is one area where the different versions of the model used required a slightly

different approach. In the work described in this chapter, using v3, dust transport involved

six tracers (‘three plus three’, with each size bin duplicated) as listed in Table 3.1, and so the

effects of the two lifting methods could easily be kept apart (lifting thresholds were affected

only by the removal/deposition of one set of three tracers). In v5, with the two-moment

transport scheme available, the transported dust field represents the combination of the two

types of lifting, and so the desired situation of having only dust lifted by wind stress affect

the thresholds was not possible to achieve. Attempts were made to accommodate dust

devil lifting into this formulation, either by allowing dust devil lifting to raise thresholds

and combined sedimentation to lower them, or by only allowing sedimentation to affect

thresholds. Both of these methods were problematic, due to the changes imparted to

the threshold field by the convective lifting — in the first case, regions around the 30◦S

zone, potentially important for lifting, lost significant amounts of dust year-on-year, raising
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thresholds much too high, and in the second case thresholds were decreased too rapidly

through the sedimentation of dust lifted by dust devils. It was evident that significant

quantities of dust raised by dust devils tended not to sediment back to the location from

which it was lifted.

Ideally, dust devil lifting should have been subjected to the effects of the changing

surface dust distribution as well, since dust availability clearly affects lifting by dust devils

as much as wind stress lifting, but it was not at all obvious how this should be implemented,

particularly since the commonly used dust devil scheme does not feature any thresholds.

Including dust devil lifting in the variable threshold scheme would have required adding a

further unconstrained parameter, which was undesirable with respect to the simplicity and

illustrative ability of the scheme. Moreover, the background dust haze provided in the model

by this mechanism does not need to vary interannually in order to match observations, and

it is unknown how much convective lifting varies between years in reality. In the end,

the approach used within v5 was to create a second two-moment tracer denomination to

carry dust lifted by dust devils. Thus, the two dust mechanisms were separated as before,

and surface thresholds were affected only by (and affected only) dust lifted by wind stress.

In reality, it may be that dust devils play an important role in moving dust out from

underneath nonerodibles, so a future form of this scheme could try to vary the size of the

resupply term depending on local dust devil activity.

The results presented in §4.3–4.6 come from the earlier implementation (v3); the transfer

of the scheme to v5 is covered briefly in §4.9 and in Chapter 6.

4.3 Effects of use of the scheme

4.3.1 Improved variability

The variable threshold scheme was employed in a multidecadal model integration, using a

value for ζtinc large enough that the increase in lifting thresholds at a GDS source region

was sufficient to shut off further dust lifting at some of these gridpoints during the course

of the storm, a value for ζtdec chosen to provide the desired GDS frequency of around

one every three model years, and using a higher efficiency αN than before to counteract

the larger thresholds (recall that thresholds were allowed only to increase relative to their
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Figure 4.1: Globally averaged optical depth over several years at T31 (αN = 4 × 10−4 m−1,
ζtinc = 0.5 Pa (kgm−2)−1, ζtdec = 1 × 10−10 Pa s−1), showing the variation in timing of storm
initiation. Year numbering began when the model surface threshold stress field was properly spun-
up (Figure 4.3); only the last twelve years of the run are shown.

original value). The stability of the model was greatly improved by the negative feedback on

lifting provided by ζtinc; however, runaway dust lifting, causing a model crash, was still an

occasional occurrence, due to very rapid regional opacity increases during the initiation of

major storms in certain cases. In order to successfully carry out the multidecadal simulation,

a condition was added to the wind stress lifting scheme to shut off dust lifting at any

gridpoint where the column visible opacity exceeded 10, as a last resort to prevent a crash

in these select instances. This condition therefore slightly limited the rate of expansion of

GDSs in a few years of this long run, but is not expected to have affected the peak global

opacity attained or the decay phase of the storms, since such large local opacities are only

possible during an explosive lifting phase at the beginning of a storm.

Figure 4.1 shows a 12-year sample of the longer, multidecadal simulation, which was

begun after a number of spin-up years during which the threshold field reached a quasi-

equilibrated state (see Figures 4.3(a) & 4.4). Interannual variability in dust storm mag-

nitude and initiation date increased dramatically, in comparison to the unlimited surface

dust simulation seen in Figure 3.4. Over the full duration of the run, large dust storms

(those producing a globally averaged visible opacity of greater than ∼ 1) began at dates in

the range Ls = 205◦–280◦. This represents a significant portion of the observed window for
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Figure 4.2: Globally averaged optical depth over a period of thirty model years, from the same run
as in Figure 4.1.

global storm occurrence: the only GDS known to have initiated later than Ls = 280◦ was

that of 1924 (Phillips, 1924). Even the largest model storms decayed sufficiently rapidly —

through a combination of lifting being made more difficult by increasing threshold stresses

and a reduction in surface winds due to increased atmospheric static stability under high

dust loadings — so as to return global opacity levels to their standard ‘background’ state

of ∼ 0.2 by Ls = 0◦, in agreement with observations. Also, two sizeable storms could occur

in the same year, such as at Ls = 205◦ and 250◦ in year 27, which bears a resemblance to

MY12, in which storms began at around Ls = (202◦, 269◦).

Figure 4.2 shows the chronological progression of globally averaged opacity over thirty

model years. The peak opacity attained in a given year clearly depends strongly on the size

of the storm that was produced in the previous year, as the largest storms tended not to

occur in successive years. A rough periodicity of 4–7 years can be discerned from the plot.

If global dust storms are defined as those for which global opacity reaches ∼ 2, then the

‘1 in 3’ observed frequency of occurrence was roughly replicated by the model in this case.

However, also present were a significant number of model years in which opacity exceeded

1 (19 of the 30 years shown), resulting from dust loadings which were too large to be said

to be typical of the regional storms that usually occur in non-GDS Martian years (see Fig.

4, Montabone et al. (2005)). Observations seem to indicate a separation in size between
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global and regional dust storm peak opacities (though not decisively so, as yet), which the

model did not simulate.

4.3.2 Surface dust redistribution

Within a few model years, the threshold stress field evolved, following dust lifting and

deposition, towards a ‘climatological’ state, as shown in Figure 4.3(a) (in which is plotted

the threshold field averaged over the final six years of the simulation), about which anomalies

occurred from year to year, affecting the ability of various source regions to supply dust

to the atmosphere. This mean state featured significant threshold increases over 15–45◦S

(the location of the summer subtropical jet), and along the topographic channels at Chryse,

Isidis and Amazonis, denoting persistent dust lifting. Conversely, the low-TI ‘continents’

at Amazonis/Tharsis, Arabia and Elysium were net accumulators of dust (gridpoints that

remain at the minimum allowed threshold can be inferred to be sink regions), particularly

on their eastern edges. Differences between this spatial pattern and the peak wind stress

distribution shown in Figure 3.3(b), taken from a non-storm, passive dust run, highlight

the effect of lifting feedbacks, principally an intensification of the southern subtropical jet

during spring/summer dust storms.

The source regions seen here correlate well with those implied by the Dust Cover Index

(DCI) (Figure 4.3(b)), as derived from TES data by Ruff and Christensen (2002). Though

only a qualitative measure of surface dust depth, it indicates that the low-TI continents

are very dusty, while most of the southern hemisphere and the Chryse and Utopia flushing

channels are relatively depleted of dust. The similarities between the model surface dust

field and the observed DCI over most of the planet suggest that the current surface dust

field can be explained in terms of present-day wind regimes, rather than requiring the

invocation of a past climate state to redistribute dust so as to produce the present DCI.

However, possible transport due to dust devil lifting is not considered in this reasoning.

The contribution of various locations on the planet to storm generation and the variation

of threshold stresses about their climatologies are highlighted in Figure 4.4, which shows the

threshold stress variation in response to dust lifting from several key regions. Large storms

still generally began when a flushing storm from the northern hemisphere (originating in

Acidalia or Utopia) crossed the equator, whereupon lifting was initiated in the southern
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(a)

(b)

Figure 4.3: (a) The climatological threshold stress field, estimated using the model field averaged
over 6 years. Thresholds in sink regions are always close to the minimum allowed value of ∼ 0.02 Pa,
while source region thresholds are permanently elevated. (b) The ‘Dust Cover Index’ for Mars,
from Ruff and Christensen (2002) (blue areas have low dust surface density, suggesting that they
act as source regions).
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Figure 4.4: Behaviour of effective threshold stresses averaged at key SH lifting regions and at
Tharsis in the NH, over a portion of the run (the first nine years shown in Figure 4.2).

midlatitudes, usually either near Daedalia Planum or northeast of the Hellas basin. Often

lifting was subsequently activated over large parts of the southern midlatitudes, as seen in

the coincident rising of thresholds at the three southern hemisphere sites shown, during

certain years. During other years (e.g. in the fourth year plotted), smaller events began at

one of the sites (again, usually sparked by a flushing storm, though not always), but failed

to become planet-encircling, at least in part due to the thresholds at the other sites being

too high to allow the sites to become involved in dust lifting.

The value used for ζtinc was 0.5Pa (kgm−2)−1, which led to rises of up to 0.005Pa in

the effective (i.e. following the reduction by a factor of (0.7)2) threshold stresses at the SH

lifting sites (area-averaged; individual points could increase by 0.015Pa during an intense

burst of lifting). Threshold stresses fluctuated about a mean value of ∼ 0.025Pa, as seen in

Figure 4.4. Thus, variations of no more than ±15% about this mean value were sufficient

to affect drastically the resulting dust storm behaviour. For one thing, this illustrates the

sensitivity of the lifting scheme to the precise choice of threshold. The value for ζtdec was

then chosen to counteract the threshold increases caused by ζtinc, so as to allow GDS to

form with the desired frequency. This was found to require ζtdec ∼ 1× 10−10Pa s−1, which

equates to a dust resupply rate of 4.75µmyr−1. Compared to estimated settling rates of

∼ 12µmyr−1 (Rover Team, 1997), this is a high rate of dust ‘creation’ in the model, much
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more than is needed to balance loss to the polar regions, or the forced loss of dust through

the use of the minimum threshold, which was estimated as being only ∼ 0.1µmyr−1. This

term is discussed further in §4.4.2.

4.4 Analysis of selected model years

4.4.1 Dust storm characteristics

The interannual variability produced can be understood better by examining the dust lifting

activity of individual model years. Figure 4.5 shows the progression of a dust storm in each

of two successive years (years 25 & 26 above). In both cases, the storm began in the pre-

solstice period (Ls = 230–245◦) as a flushing event in the Chryse region, but the subsequent

developments were very different. In the first year shown, a burst of dust lifting occurred

at 55◦N, 45◦W at Ls = 243◦, coincident with a local increase in transient wave activity,

producing a local visible opacity of > 2, and the resulting storm moved southward from

Chryse towards Solis Planum. It reached ∼ 60◦S, south of Daedalia, and dissipated after

10 sols. A second lifting event was seen soon after, again at Chryse, but failed to develop

into a flushing storm.

In the second year, the lifting that led to storm formation occurred earlier (Ls = 231◦)

but in the same location as in the previous year. The peak in opacity was larger in magni-

tude and spatial extent than before, but flushed southward along a similar path. However,

on this occasion the storm grew in strength as it crossed the equator, and upon reaching

Solis Planum it sparked intense dust lifting at a number of gridpoints (sol 459). The storm

then grew rapidly, spreading westward by activating further lifting sites around Daedalia

and Sirenum (∼ 45◦S, 150◦W), and also moving eastward into northern Noachis. The initial

SH lifting at Solis Planum only lasted for a few sols before dropping out, by which time

neighbouring regions had taken over as dust sources. The storm became planet-encircling

at around Ls = 238◦, 10 sols after initiation, and covered most of the globe at its max-

imum extent. Global opacity began to decline as early as Ls = 240◦, when lifting had

largely stopped at the Solis/Daedalia sites, but did not return to the ‘background’ level

until Ls = 330◦.

The effect of these dust storms on the threshold surface stress field is shown in Figure
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Figure 4.5: Progression in 610 Pa opacity for sections of years 25 and 26 of the longer series: (a) Ls = 241–255◦ of year 25, and (b) Ls = 230–244◦ of year
26. White contours mark where wind stress dust lifting is occurring — contour levels are (10−8, 10−7) kgm−2 s−1.
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Figure 4.6: Change in the threshold stress field (in Pa) between Ls = 240◦ and 260◦ in year 25
(left) and between Ls = 230◦ and 260◦ in year 26 (right). Note the different colour scales used.

4.6 (note that different scales are used for each of the plots). As expected, surface dust

removal in the first of the two years occurred primarily in the northern hemisphere, while

in the second year much of the western hemisphere between 20◦S and 60◦S lost dust. It was

the large increases in threshold stress at Solis Planum, representing a significant depletion

of surface dust, that caused the cessation of lifting seen there a few sols into the storm.

Figure 4.7 shows the spatial distribution of mean and transient RMS surface wind

stresses for the two years during the pre-storm periods, at Ls = 230–240◦ in year 25 and

Ls = 220–230◦ in year 26. Both measures of surface stress were very similar between the

two years. If anything, mean stresses were slightly stronger in the first year at 30◦S, due

to the more developed subtropical jet that had formed by the later date shown. Travelling

waves were also stronger at ∼ 70◦N in the first year than in the second. Despite this, it

was the second year which produced a planet-encircling storm following the period shown,

whereas the flushing storm that occurred in the first year dissipated upon reaching the

southern hemisphere.

The effect of increased dust opacity on transient waves, a topic that is addressed in more

detail in Chapter 5, is demonstrated in Figure 4.8. In the first year, the main increase to

dust loading around perihelion occurred due to the seasonal increase in dust devil lifting,

and surface transient waves remained relatively strong at 60–80◦N, particularly at Acidalia.

In the second year, the global dust storm was underway by Ls = 250◦, greatly weakening

transient waves at high latitudes in both hemispheres. Note that waves were suppressed at

60–80◦N even though increases in dust opacity were more limited at these latitudes than

over the rest of the planet (Figure 4.5(b)).
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Figure 4.7: Mean (top row) and transient (bottom row) surface stress, averaged over 10◦ of Ls

prior to the storms that occurred in year 25 (left column) and year 26 (right column).

Figure 4.8: Transient RMS surface stress (in mPa), averaged over Ls = 250–260◦ in years 25 (left)
and 26 (right), showing the weakening of eddies that occurs during a GDS (year 26).



82 CHAPTER 4. SURFACE IMPROVEMENTS

The evolution of both mean and wave components of surface stress during a GDS is

shown in more detail in Figure 4.9, which covers the same period as Figure 4.5(b). Mean

stress (and surface wind magnitude) increased as the storm grew and dust opacity increased,

first west of Daedalia, then in northern Noachis and Eridania. By sol 475, stresses were

raised across the 30◦S band and along the flushing storm channels, signifying a global

strengthening of the PMOC. Transient stresses responded in a similar way, but increases

around Daedalia were more widely spread in area than those of the mean stress, which were

limited to narrow bands at 30◦S and 60◦S. By sol 475 a decrease in eddy activity due to

high dust loading had begun; it evidently proceeded rapidly after this point, to give way,

within ∼ 10◦ of Ls, to the field shown in Figure 4.8(b).

Rather than distinct wind regimes, in this case the key difference between the pre-

solstice periods of the two years was found in the threshold stress field, which declined

slowly over time due to the resupply term used. Since increases to threshold stresses due

to lifting were small in year 25 (Figure 4.6), by the time the storm season arrived in year

26 thresholds were generally lower than they were before the storm of the previous year.

Figure 4.10 shows that much of the 30◦S band saw thresholds fall by more than 0.005Pa,

which represents a significant change in the context of the long-term evolution of southern

hemisphere thresholds (c.f. Figure 4.4). This change made lifting at Daedalia much more

likely, and also facilitated the growth of the dust storm, as this initially occurred along

the 30–60◦S band through the activation of secondary dust lifting sites. The importance

of the threshold stress to the development of large dust storms was tested by rerunning

year 26 after replacing the threshold stress field at the start of the year with the (larger)

values from the start of year 25 (i.e. negating the action of the resupply term and any dust

deposition over the course of the first year). The resulting storm again began near Chryse,

but was much more limited than the original year 26 storm, with a peak globally averaged

opacity of less than 1. The magnitude of this storm lay between the magnitudes of the

storms in the two years above, indicating that dust lifting is controlled by a combination

of interannual variability in wind stresses and variation in the threshold stress.

In Figure 4.9(b), there is the hint of an increase in eddy stresses in the western hemi-

sphere at 20–50◦S slightly before the arrival of the dust cloud (panels at 231◦ and 233◦).

This could be explained if the radiative heating anomaly at the location of the dust cloud
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Figure 4.9: Time series of mean (left, in Pa) and transient (right, in mPa) surface stress during the development of the dust storm in year 26. The timing
coincides with that shown in Figure 4.5(b). In the right plot, the white contour marks 610 Pa optical depth values of 1, to show the progression of the dust
cloud.
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Figure 4.10: Difference in threshold stress (Pa) between Ls = 230◦ in year 26 and 240◦ in year 25,
showing the enhanced potential for lifting in the SH at the beginning the second storm season, in
comparison to the first.

Figure 4.11: Daily (∼ 0.5◦ of Ls) averaged local transient surface stress and 610 Pa dust opacity
values at several gridpoints in the Daedalia and Eridania regions, from year 26. A flushing storm
began in Chryse at Ls = 231◦, and reached 30◦S at 234◦.
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when it first formed, at 40◦N, were to excite planetary waves, with wavetrains extending

meridionally as well as zonally. The situation is shown in more detail for several gridpoints

in Daedalia and Eridania, in Figure 4.11. The separation in time between increases in eddy

wind stress and in opacity is small — at most 2 sols — but an advance wave response may

indeed be present, and may then contribute to the rapid growth of the dust storm when it

does arrive in the southern midlatitudes. The effect is clearest in longer-period (> 5 sols)

waves, and can also be detected in the TES reanalysis dataset; for example, in Noachis at

Ls = 223 − 224◦ ahead of the arrival of the MY24 flushing storm. This may be evidence

of a teleconnection pattern, like those that have been extensively analysed on Earth (e.g.

Trenberth et al., 1998), but with a wave response that is excited on a much shorter timescale

(. 5 sols), which is plausible given the differences in radiative timescale between the two

planets. The importance of the phenomenon in this model example is uncertain, however,

as it was swamped by the more substantial increases in eddy activity that occurred upon

the arrival of the flushing storm in the southern hemisphere (at Ls = 234◦).

4.4.2 Dust mass transport and deposition

Cross-equatorial transport

It is instructive to examine the net cross-equatorial dust transport simulated by the model

during the above years, both to potentially justify the use of the artificial resupply rate and

to investigate the role of dust transport in maintaining the GDS frequency of around one

in three years. Several authors (e.g. Haberle (1986), Szwast et al. (2006)) have sought to

explain the observed variation in dust storm intensity through a periodic redistribution of

dust between the two hemispheres: it has been assumed that a global storm, originating

in the southern hemisphere at a time when the upper branch of the PMOC is directed

northward, causes a net transfer of dust into the northern hemisphere, which must be

returned in subsequent years in order to allow initiation of another GDS. Dust may be

transported southward by the upper PMOC branch during northern spring/summer, and

potentially via the flushing storm channels, along the western boundaries of which flows the

lower branch of the PMOC, later in the year. It is not known exactly on what timescale this

replenishment takes place, but Christensen (1988) observed a brightening in the northern

hemisphere following the dust storms of 1977, and Putzig and Mellon (2007) showed that
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Figure 4.12: The net rate of transfer of dust from the southern hemisphere to the northern hemi-
sphere (in 1010 kg yr−1), in each of six model years (solid line), and the contributions to this from
dust devil lifting (pink bars) and wind stress lifting (blue bars). The error bars attached to the
overall values represent the level of accuracy in the calculation allowed by the less-than-perfect
mass conservation in the model (cross-equatorial fluxes are of order 1% of the annual global dust
lifting and deposition rates). The individual contributions are slightly more approximate as they
were calculated neglecting a possible change in atmospheric dust mass between the beginning and
the end of the year, except in years 28 and 29, where the fluxes due to each mechanism were
recalculated to include the atmospheric mass change of each dust ‘type’ (lifted by dust devils or
wind stress), to ensure that the direction of the wind stress flux was robust.

significant changes in surface albedo occurred in both hemispheres between MY24 and

MY26.

The annual cross-equatorial dust flux was calculated for the final six years of the se-

quence shown previously, by comparing the total masses of dust lifted and deposited in

each hemisphere during the year, and adding a correction to account for any change in

atmospheric dust loading between the beginning and end of the year. The results are dis-

played in Figure 4.12. In each of the years, the net mass transfer when considering both

lifting mechanisms was northward, at an average rate of 7× 1010 kg yr−1. Since the period

chosen contained both GDS and non-GDS years, this sustained loss of dust from the south-

ern hemisphere is at odds with the multiannual dust redistribution process outlined above.

However, as mentioned earlier, transport of convectively lifted dust — with a northward

flux of ∼ 4× 1010 kg yr−1 — appears to be more consequential in the model than observa-

tions would suggest (and is resolution-dependent: see §4.5). Such a regular northward dust

flux seems hard to justify, unless wind stress lifting is vastly underestimated at present, as
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it would make it very difficult to keep the SH supplied with dust. In any case, dust lifted

convectively did not take part in the redistribution simulated by the model, as the dust

devil scheme was not constrained by a finite dust surface density.

For dust lifted by near-surface wind stress only, the net annual transport was dependent

on the dust storm activity of the year in question, but was northward overall, at a rate of

∼ 3× 1010 kg yr−1. In only two of the six years (years 1 and 4), neither of which featured

a major dust storm, was the net transport southward, and it was certainly not sufficient to

balance the loss to the NH during the other (dust storm) years. Most of this lost dust ended

up in the low-TI regions or in northern high latitudes (see Figure 4.3(a)). This explains

why the resupply term was needed: southern hemisphere dust cover, vital for the formation

of regional and global storms, was not being replenished rapidly enough during non-storm

years to lower thresholds after a period of lifting in the SH. The southward flux of the first

year (the largest storm during which was the flushing storm shown in Figure 4.5(a)) does,

however, provide an indication that replenishment of SH dust sources during years without

any major storms could be possible. This issue is discussed further in §4.5, in light of results

at higher horizontal resolution.

Seasonally, it was found that the direction of cross-equatorial flux (for dust lifted by both

mechanisms) followed the direction of the upper branch of PMOC: accordingly, it reversed

at Ls ∼ 180◦. During northern spring/summer, some of the dust lifted by dust devils

(0.4–0.8% of the total) was advected across the equator from the northern to the southern

hemisphere, by a combination of stationary waves (found to be the largest contributor

to cross-equatorial flux during this period) and the mean flow; cross-equatorial flux due

to wind stress lifting was negligible during this period. During southern spring/summer,

transport was in the opposite direction, was dominated by the PMOC and was generally

much stronger. Over this period, both forms of lifting were active in each hemisphere, but

both were stronger in the SH than in the NH. The stronger PMOC at this time of year led

to more efficient cross-equatorial transport: 2–5% of the total lifted was transferred between

hemispheres, depending on the year. The differences in transport between the four ‘dust

storm’ years were surprisingly large, and net interhemispheric mass transport did not simply

depend on peak storm magnitude. What can be said is that the most efficient south-north

transport occurred during Ls ∼ 210–240◦, and flux tended to be higher when the dust storm
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began in Noachis or Daedalia than when it began at other longitudes (Hellas/Eridania).

These results are quite different to those reported by Haberle et al. (2006) for the Ames

model — their runs, which contained a dust storm around Ls = 270◦, produced a northward

flux of dust lifted by wind stress, but this was approximately cancelled by a southward

flux of dust lifted convectively (of ∼ 1011 kg yr−1), leading to an annual cross-equatorial

transport that was beneath the level of mass conservation in their model2. It is surprising

that the Ames model produced a dust devil flux so different to that in the UKMGCM,

since both used effectively the same parameterisation for dust devil lifting (Kahre et al.,

2006). One reason may be that the regular southern solsticial dust storm in their model

tended to reduce dust devil lifting when it would normally be at its strongest in the SH,

thus limiting the potential for northward transport (dust devil dust flux over Ls = 0–180◦

in the UKMGCM was indeed directed north-south). Another could be that dust is less

efficiently mixed up through the boundary layer after being lifted, which would affect its

ability to enter the upper branch of the PMOC rather than the lower branch (see §6.6.1).

If nothing else, this discrepancy indicates that the global-scale effects of dust devil lifting

and transport are not well constrained at present, and therefore justifies the decision to

exclude its influence from much of the discussion in this chapter.

The resupply term

It is appropriate to say a little more about possible justification for the use of the resupply

term, ζtdec, by interpreting its physical meaning. As stated previously, the term was intro-

duced for pragmatic reasons, to prevent the model from becoming locked in an unrealistic,

low-dust state during a multiannual simulation. The reason for its need has been identified

as the long-term model mass transport bias towards the northern hemisphere, which must

inevitably lead to the cessation of dust storms in the southern hemisphere if a finite surface

dust reservoir is used.

The proper way to correct this model transport bias, if it is indeed a bias, is through

model improvement. However, the need for a parameterised reduction in threshold (equiv-

alent to an increase in available dust) can extend beyond the crude correction of transport

bias. The introduction of the scheme by Pankine and Ingersoll (2004) suggested that a

2The level of mass conservation in the UKMGCM has been estimated at ∼0.2% of the total dust lifted,
so the results discussed here should be robust.
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decrease in threshold over time could be caused by a redistribution of the surface dust

layer on a microscale level, as dust is shifted out from sheltered locations (near nonerodible

elements) into areas from which it can more easily be mobilised by winds. In a GCM, such

a process would occur within a single gridbox, and must therefore be parameterised. A

similar argument can be made if dust lifting in fact occurs by the direct detachment of

sand-sized aggregates (§4.1), as the availability of dust for lifting from a particular grid-

point would then be contingent upon the formation of these aggregates, a process which

again must be parameterised, occurs on some characteristic timescale, and is in this case

represented by ζtdec. In either case, then, there exists a plausible mechanism by which the

‘effective dust cover’ of a gridpoint may increase over time without the input of any extra

dust through deposition.

Polar dust deposition

A further area of interest is the rate of dust deposition in the polar regions, due to its effect

on ice cap albedo (though not yet in the model) and its significant role in the formation

of the polar layered deposits. Annually, deposition in the north polar region was greater

by around a factor of two than at the south pole. North polar deposition peaked after

Ls = 180◦ each year as cap-edge lifting began, but as no such storms were produced in the

model around the south pole, the only supply of dust to the south pole was from dust lifted

at more northerly latitudes and transported via the global circulation. South polar dust

deposition peaked during large storms, due to expansion of the PMOC and of a secondary

reverse cell present at 40–70◦S, as well as the increase in atmospheric dust content. It is

not clear how efficiently dust is exported to the south pole during dust storms in reality

(Wang, 2007).

Deposition rates for 60–90◦ latitude, averaged over each of the three years, were 0.011–

0.016kgm−2 yr−1 (or 4.4–6.4µmyr−1) in the NH, and 0.005–0.012kgm−2 yr−1 (or 2.0–

4.8µmyr−1) in the SH. Assuming that some of this dust became isolated from the rest of

the planet (since very little lifting occurs poleward of ∼ 75◦), these figures provide only a

small part of the justification for the resupply rate (of 4.75µmyr−1), as the polar region

accounts for a small fraction of the overall surface area. Pollack et al. (1979) estimated

a settling rate for the north polar region of ∼ 0.2 kgm−2 yr−1 from Viking data, but this
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is likely to be an overestimate, as discussed in Chapter 6 — their global average rate of

0.02 kgm−2 yr−1 may be closer to the true polar deposition rate, and is certainly closer to

the values estimated here for the model. Another settling rate estimate was made by Drube

et al. (2010) for the Phoenix lander, situated at 68◦N — the value is rather uncertain, and

comes from a limited period during summertime, but they estimated 0.05 ± 0.04µm per

sol, which puts the annual rate at anything between 0.005–0.15kgm−2 yr−1, depending on

the density of dust assumed.

A comparison of the surface deposition rates of dust and CO2 ice during periods of CO2

condensation implied a dust content in the southern seasonal cap of ∼ 10−6 kg/kg, and a

higher dust content in the northern cap of ∼ 10−5 kg/kg. The ice caps were dustier during

the initial stages of their formation, as condensation rates were lower. Deposition onto the

north polar cap was enhanced by up to an order of magnitude during major dust storms,

producing temporary dust contents of ∼ 10−4 by mass (the south polar cap was subliming

and receding at this time of year). Observations of the dust content of the seasonal caps are

few, but indicate substantial spatio-temporal variability. Langevin et al. (2007) estimated

no more than ∼ 10 ppm by volume (∼ 10−5–10−4 kg/kg) of dust in the upper layer of bright

regions of the southern seasonal cap, but suggested that this could increase towards the end

of the recession of the cap — such an increase in dust content was simulated by the model,

at Ls = 150–180◦. Langevin et al. (2006) identified a (temporarily) very dusty upper layer

in the low-albedo ‘cryptic region’ of the south pole around Ls = 220◦. They attributed this

to inflow from nearby local dust storms, which are severely under-represented in the model,

so it is not surprising that the model failed to simulate any peaks in dust content of this

magnitude during southern spring.

4.5 At higher resolution

Three model years were run at T63 resolution (a 1.875◦ dynamical grid), with atmospheric

and surface variables (including threshold stress) initialised by interpolating the fields out-

put at the end of the T31 simulation above. The same lifting and threshold change param-

eters as above were used, though for stability, dust lifting was shut off at any gridpoints

with a visible opacity greater than 5 (a higher limit of 10 was used for the third year). Some

caution is required with the interpretation of wind stress lifting patterns in these results,
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Figure 4.13: Logarithm of the zonally-averaged dust lifting rate, in kgm−2 s−1, for a year without
a major dust storm at T31 (left) and T63 (right), using the same lifting parameters.

as the simulation was not continued for long enough to allow the threshold field to adjust

to the wind stress lifting patterns of the higher resolution model (i.e. there exists at T63

a different mean threshold state to the one shown in Figure 4.3(a)). Nonetheless, some

significant changes to both types of lifting were apparent. As expected from the testing

in Chapter 3, dust lifting occurred more readily than at the lower resolution, not least

in the NH baroclinic zone, as seen in Figure 4.13, which shows the first of the years run.

At least five flushing storms were produced during this year. While this number may be

unrealistically high (Wang et al., 2005) (suggesting NH thresholds were a little too low in

this first year), it is clear that a better resolution of frontal systems at the northern cap

edge was achieved at this resolution. In particular, late summer storms appear to have

been produced more readily than previously. Figure 4.13 also illustrates the absence of a

solsticial pause (see Chapter 5) in cap-edge dust lifting in the current model, at least when-

ever global opacities have not been raised by a pre-solstice dust storm: in the T63 run,

flushing storms occurred at Ls = 252◦ and 288◦, when no such storms are usually observed

in reality. Cap-edge lifting in the southern hemisphere was increased somewhat by the

increase in resolution in the first year, though the lifting at Ls = 0–60◦ was not repeated

in the next two years, due to the increase in thresholds caused (as the model adjusted to

its new climatology). In the second year (not shown), two dust storms occurred during NH

spring and summer, confirming that higher minimum lifting thresholds should be used at

this higher resolution.

Obtaining reliable cross-equatorial transport figures was difficult at this resolution, due

to the prohibitive computational cost of running for more than a few Martian years. How-
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ever, several important results were noted. In the first year, which featured no major dust

storm, the transport was strongly southward, even when considering both lifting mecha-

nisms (5×1010 kg yr−1). In addition to the southward transport occurring due to the series

of flushing storms, the situation was helped by a weakening, by around 50%, of the net

northward transport due to dust devil lifting, which occurred primarily through stronger

southward transport over Ls = 0–180◦, produced by a combination of a decrease in SH

dust lifting relative to the NH and a slightly expanded PMOC.

The wind stress lifting fluxes from both these and the T31 results of the previous section

allow an evaluation of the plausibility of transport during non-GDS years (primarily via

flushing storms) being rapid enough to offset GDS loss to the northern hemisphere within

a few Martian years. Given the typical observed ratio of two non-GDS years to every one

GDS year, the southward flux during the former would need to be around half as large as

the northward flux in the latter, in order to support continued GDSs in the model without

the need for the resupply term. Taking the average of the four dust storm years at T31

(each featured a peak visible opacity of at least 1) as a rough estimate of the northward

wind stress transport during a GDS year gives a value of ∼ 4.5×1010 kg yr−1, while the two

non-storm years provided a transport of only ∼ 0.6×1010 kg yr−1 in the opposite direction.

Therefore, an increase of a factor of 3–4 in flushing storm transport would be required if

the GDS frequency were to be explained in this way.

However, cap-edge lifting and flushing storm frequency were almost certainly underes-

timated at T31 resolution (1–3 flushing storms were produced per year), and a much larger

southward wind stress flux of ∼ 7× 1010 kg yr−1 was recorded in the non-GDS year at T63

resolution. The occurrence of five flushing storms in a single year is probably unrealistic

(Wang et al., 2005), so a more reasonable estimate of the north-south mass transfer rate

due to flushing storms might be (3–4)×1010 kg yr−1. By contrast, the GDS transport at

T63 resolution, estimated from two available years of dust storms, was ∼ 6 × 1010 kg yr−1

northward — only a slight increase over the T31 values. Therefore, had the ratio of dust

storm to non-storm years in the model matched the observed value of one in three (it was

closer to two in three), these figures suggest that the net flux over multiple years would

have been close to zero (in a very rough sense), and the resupply term would not have been

needed.
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As an explanation of the observed GDS frequency, a potential flaw in this argument is

the neglect of cross-equatorial transport due to dust devil lifting. However, the significant

change in the rate of this transport caused by an increase in resolution highlights the current

lack of certainty regarding it. In particular, dust devil transport during Ls = 0–180◦ should

depend very much on the vertical distribution of dust mass in the tropics, and in this regard

the cross-equatorial transport was most likely biased towards the northern hemisphere, since

the model did not adequately reproduce the dust mass mixing ratio profiles seen around

aphelion by Mars Climate Sounder (Heavens et al., 2011) (this is explained further in

§6.6.2). In reality, it may be that a significant amount of southward dust transport occurs

over Ls = 0–180◦, further assisting the return to the southern hemisphere of dust lost

during a GDS. Considering wind stress transport only, there is reason to believe that the

northward dust flux resulting from a typical GDS (with some uncertainty as to exactly how

large this may be) could be balanced by transport in the reverse direction during non-GDS

years, over a period of around three Martian years.

4.6 Summary and comparison with dust storm clima-

tology

Interannual variability in dust storm magnitude and timing of initiation was greatly in-

creased by the addition of temporally varying dust lifting thresholds, and a range of dust

loadings during southern spring and summer were produced during a single multi-year sim-

ulation. The increase in variability was attributed to the oscillation of surface thresholds

at several important sites in the southern hemisphere, in response to emission and depo-

sition of dust mass. In fact, the initiation of a major dust storm at one of these sites in

a given year was primarily determined by its surface dust supply, implied through local

threshold magnitudes. It is not known, in reality, how strongly the distribution of surface

dust controls the generation of large dust storms in the SH, but this does illustrate the

great sensitivity of modelled dust lifting to the precise choice of threshold, and, therefore,

the importance of estimating thresholds accurately.

After several years of simulation, the dust surface density field showed good qualitative

agreement with the observed pattern of Martian surface dust cover. The model produced



94 CHAPTER 4. SURFACE IMPROVEMENTS

a net northward cross-equatorial dust mass flux, which necessitated the addition of an

artificial threshold decrease rate in order to allow the continued generation of dust storms

over the course of a multi-year simulation. At standard model resolution, for the southward

mass flux due to cross-equatorial flushing storms to offset the northward flux due to GDSs

on a timescale of ∼ 3 years would have required an increase in the former by a factor of

3–4. However, results at higher model resolution and uncertainties in dust vertical profiles

provided evidence that this could be a plausible explanation for a GDS frequency of one

every three years.

The variable threshold model generated storms with a range of initiation dates, but its

behaviour can be broken into several broad categories, and evaluated against the observed

dust storm climatology, as identified in §1.2.3. Firstly, no storms were produced in the

model as early as the GDS of 2001, during Ls = 180–205◦. The model regularly produced

a peak in surface stress in SW Hellas around Ls = 180◦, but with the threshold and lifting

efficiency chosen, this was never sufficient to initiate anything larger than a local storm. As

suggested by Basu et al. (2006), this is likely to be partly a result of unresolved mesoscale

circulation patterns that are important around Hellas and other regions: it should be

recalled from §3.3 that the model appears to miss out significant quantities of lifting along

the SH cap edge, perhaps due to the importance of local slope and/or thermal contrast flows

in this process. However, the absence of a 2001-like storm in the model is neither surprising

nor of great concern, as the evidence so far suggests it was an exceptional event. The

2001 GDS occurred about 20◦ earlier than any other planet-encircling storm on record, and

expanded rapidly even though the southern subtropical jet should have been fairly weak at

that time of year. It is likely that thermal contrast and/or topographically influenced flows

are particularly important for dust storms beginning in early spring, as the extension of the

south polar cap puts the baroclinic zone close to the basins near 60◦S over Ls ∼ 180–220◦.

The model often produced either a regional or global storm during Ls = 210–240◦, which

is known to be a particularly dusty time of year (Liu et al., 2003). However, modelled global

storms after 240◦ were fairly rare, while several of those observed (MY9, MY12, MY28)

have begun around Ls = 260–270◦. The most obvious explanation for this deficiency is that

the model had usually produced a large storm earlier in the year, after which the decrease

in surface winds in the dusty, isothermal atmosphere made it difficult to produce any more
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dust storms until the original event had cleared. None of the three years mentioned above

are known to have featured a large dust storm beginning as late as Ls ∼ 230◦, as generally

occurred in the model; furthermore, it is interesting that the one example of a post-240◦

GDS in Figure 4.1 (in year 27) was preceded by a storm that began unusually early, at

Ls ∼ 205◦, and had almost fully decayed by 250◦. It is also notable that no recorded planet-

encircling storm has begun during 210–240◦. This period generally sees high flushing storm

activity in the northern hemisphere, which may actually increase stability in the southern

hemisphere and prevent GDS initiation there until flushing storms have ceased (see Chapter

5). This suggests that many of the storms shown during Ls = 210–240◦ in Figure 4.1 tended

to grow too large (which contributed to the net northward dust flux), and highlights the

fact that their genesis, from flushing events that cross the equator, was unrealistic.

There was also a lack of late-summer (post-300◦) storms in the simulation described

above. In some years this can again be explained by elevated dust opacities following on

from global storms earlier in the year; in other years though, opacities had returned to close

to the background level, and the lack of further dust lifting is harder to justify. It is quite

possible that the post-solstice rise in eddy activity, which is responsible for the resumption

of NH flushing storms, was too weak in the model, and dust lifting may also have been

hindered by increases to the thresholds in the NH, caused by the removal of dust earlier

in the year, that had not yet been reversed by dust replenishment. The T63 simulation

showed enhanced late-summer dust lifting, presumably as fronts were better resolved along

the north polar cap edge. An improvement was also seen in test runs using the newer model

physics (v5), including the two-moment dust transport scheme and updated scattering

properties: several flushing storms were produced around Ls = 330◦. These cases featured

slightly lower dust opacities in late summer than those seen above — as the two-moment

scheme resulted in faster mass sedimentation rates than the size bin technique, allowing

major storms to decay more completely by ∼ 330◦ — which led to stronger waves in the

NH. The development of late-summer regional storms may therefore be a quite subtle effect,

but it is one that is close to being captured by the standard resolution model at present.

The most serious deficiency in the simulation presented above was the rarity of dust

storms that originated in the southern hemisphere, independent of a NH flushing storm, as

SH storm initiation has been observed in multiple instances in reality. As noted already,
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poor resolution of topographic flows was probably one reason for this, since several of those

storms observed began in the vicinity of the Hellas or Argyre basins. SH storm initiation

was seen occasionally in the model, in Noachis or Daedalia, but these storms never grew

particularly large. To investigate the importance of the threshold level in allowing storm

generation in the southern hemisphere, another multi-year run was performed using a lower

minimum threshold of 0.015Pa. This did cause the occurrence of three SH storms in

nine model years (each beginning at Daedalia Planum), but it also led to the unrealistic

development of storms at Ls = 60–120◦ during several of the years simulated. These

formed due to persistent wind stresses in the northern Tharsis region, south of Alba Patera,

which allowed lifting to take place when the local thresholds returned (mainly via ζtdec) to

values near their minimum. Previously, with the higher minimum threshold, this lifting was

prohibited. The lower threshold run also produced a large storm at 210◦ (usually beginning

as a NH flushing storm) with increased regularity, meaning that interannual variability

was reduced. The choice of threshold (or in this case, minimum threshold) clearly has a

significant effect on dust lifting magnitude and variability, but the use of a lower minimum

alone does not appear to be a viable approach by which to prompt the model to generate

large storms spontaneously in the southern hemisphere.

4.7 Heterogeneous surface roughness

4.7.1 Background

For many years, the only measure of the aerodynamic roughness length, z0, of the Martian

surface came from the Viking landers, for which a value in the range 0.1–1 cm was estimated

(Sutton et al., 1978); as a result, values within this range have typically been assumed

globally in MGCMs thus far. Other surface landers have made similar estimates of z0,

including 3 cm at the Mars Pathfinder landing site (Sullivan et al., 2000), and a range of

values z0 = 0.07–0.60 cm along the path of the Spirit Rover (Greeley et al., 2008), indicating

significant variation in roughness length over the planet’s surface.

Recently, a collaboration between workers at LMD, the Laboratoire ATmosphères,

Milieux, Observations Spatiales (LATMOS), and the Laboratoire Interuniversitaire des

Systèmes Atmosphériques (LISA) (all in Paris) has yielded a global z0 map covering the
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full Martian surface, at a resolution (18
◦

× 1
8

◦

) well in excess of typical MGCM resolutions.

The dataset was derived from rock abundance maps obtained from TES thermal inertia

data (Nowicki and Christensen, 2007), as explained in Hèbrard et al. (2012).

The completed z0 map is displayed in Figure 4.14. At full resolution, values of z0 range

from ∼ 0.001 cm to 2 cm. The southern hemisphere, particularly in the key lifting band

at 30–60◦S, is characterised by large roughness lengths, > 0.5 cm, with a large number of

pixels around 1 cm. By contrast, the northern hemisphere is largely smooth, with values

of z0 . 0.1 cm over much of the low-TI plains at 15◦S–30◦N. The flushing storm chan-

nels of Acidalia-Chryse and Utopia-Isidis, however, exhibit fairly large roughness lengths.

The polar regions, when smoothed to a lower (model) resolution, feature mainly moderate

roughness values of 0.1 < z0 < 0.5 cm, along with some pixels with high values of thermal

inertia, assumed to be ice-covered, at which z0 was set to 0.01 cm. This setting was also

used poleward of 87◦, where no data were available. The number of pixels with z0 around

1 cm means that this value was a good choice for use in the UKMGCM until now, but the z0

field is certainly not homogeneous, and exhibits a wide range of values (around three orders

of magnitude) over the planet’s surface. The map is consistent with the original Viking

estimate of 0.1–1 cm, as it includes values of 0.3 and 0.9 cm at the two Viking landing sites.

There are greater discrepancies between map and in situ z0 at the Pathfinder site and at

some of the Spirit locations, but these may be due to microscale surface variations below

the resolution of the map (∼ km).

The distribution of roughness on the Martian surface has important implications for

dust lifting, as described in the following subsection.

4.7.2 Lifting theory with variable surface roughness

The roughness length of the surface is of importance in the MGCM as it is needed to

define the drag coefficient used to calculate surface turbulent fluxes, and to determine how

much drag is exerted on the atmosphere by the surface, and vice versa. With regard to

the near-surface wind stress dust lifting scheme, it is necessary to know how much of the

atmospheric drag is exerted on the underlying erodible surface itself, and how much of it

is ‘lost’ on the roughness elements. The raising of dust is therefore easiest from a smooth

surface, where the wind flow is unimpeded by nonerodible elements. For rough surfaces,
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Figure 4.14: Martian surface roughness length (in cm) at 1

8

◦

resolution (top), and the distribution
of pixel values, binned in equal widths of log-z0 (bottom).
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a larger drag velocity is required to achieve the same saltation flux as that which would

occur if the surface were smooth (free from nonerodible elements); thus, the threshold drag

velocity ut
∗
increases as surface roughness increases. This is expressed through the drag

partition function, feff , defined as the square root of the fraction of the total surface stress

that is imparted to the erodible surface, and which is also equal to the ratio of the threshold

drag velocity for a smooth surface to the threshold drag velocity for the rough surface:

feff =

(

ζs
ζ

)
1

2

=
ut
∗s

ut
∗

The threshold drag velocity is therefore given by

ut
∗
=

ut
∗s

feff
= feff

−1

√

AN

(

σpgDp +
γ

ρDp

)

(4.1)

where now it is the threshold for a smooth surface, ut
∗s, that is given by the formula of Shao

and Lu (2000), equation (3.2). feff is always less than one, so the threshold velocity for a

rough surface is increased from its calculated value for a smooth surface. Before now, feff

had been implicitly set equal to one; therefore the lifting threshold at all gridpoints was

(quite significantly) lower than it should have been. Of course, since thresholds were scaled

to allow dust lifting to occur in the model (§3.1.1), this was not of absolute importance;

however, the inclusion of a heterogeneous z0 field implies that thresholds should not be

treated uniformly. While a uniform scaling (accounting for sub-gridscale gustiness, etc.) of

thresholds may still be used as a first guess, the initial threshold values, calculated from

equation (4.1), vary greatly over the planet.

Details on the calculation of feff as a function of z0 are provided in Appendix B. Its

use in Equation 4.1 results in substantial increases to the calculated lifting thresholds for

medium-to-large roughness lengths. At the same time, the drag velocity u∗ itself depends on

z0: rough surfaces feel a stronger drag force from a given surface wind than smooth surfaces

do. With regard to where on the planet wind stress dust lifting will be easiest, these two

effects are in opposition, as shown in Figure 4.15(a). Compared to the previous scheme

(which assumed z0 = 1 cm everywhere), for a given model surface wind u(5m), gridpoints

with z0 < 1 cm will feel a weaker drag velocity, while rougher areas will feel a stronger u∗.

However, the relative increase to the threshold drag velocity (∝ feff
−1) is always greater
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(a)

(b)

Figure 4.15: (a) Relative increases resulting from the use of a heterogeneous z0 field instead of a
uniform value of 1 cm when calculating the drag velocity (dashed), and from the inclusion of z0 in
the calculation of the threshold drag velocity (dash-dotted), and the relative increase in windspeed
in the lowest model level required to meet the new lifting threshold. The dotted vertical line marks
z0 = 1.8 cm, the largest value present in the roughness field at 1◦ resolution. (b) The relative
increase in windspeed in the lowest model level required to meet the lifting threshold, as a function
of longitude and latitude. The minimum increase needed is a doubling of u(5m).
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than one, since this effect was neglected previously. The increase in threshold is by far the

dominant effect for high z0, meaning that lifting at these gridpoints requires the largest

increase in model wind relative to the old model setup. All gridpoints now require at least

a doubling in model wind to reach the threshold for dust lifting (a further consideration,

neglected from the curve in Figure 4.15(a), is the change that may be caused to the model

wind u(5m) itself, as described below in §4.8.1).

The areographic distribution of this increase in required surface wind is shown in Fig-

ure 4.15(b), where it can be seen that, in general, lifting should now become much more

difficult in the southern hemisphere, while large parts of the northern hemisphere experi-

ence comparatively little change. It may be noted that this pattern is quite similar to the

dust cover field shown in Figure 4.3(b), implying, perhaps surprisingly, that dust lifting

should be most difficult in the areas (predominantly at 30–60◦S) that are low on surface

dust. Therefore, it must be true that Martian surface winds do become strong enough, on

occasion, to remove dust from these high-z0 regions; conversely, in the smooth northern

hemisphere plains, a high dust cover has persisted despite lifting being favoured by the low-

z0 conditions. This suggests that the distribution of surface dust (as a result of the lifting

that occurs) is determined primarily by surface wind strengths rather than the roughness

of the surface.

Figure 4.15(b) also shows similarities to the typical surface stress field resulting from

runs using the variable threshold scheme as described earlier (e.g. Figure 4.3(a)). Therefore,

it would seem that the increased difficulty caused by z0 in lifting dust from 30–60◦S has

already been partially captured by the model’s variable threshold scheme. However, the

correlation is not perfect, and the ability of various regions to provide dust for lifting must

depend on a combination of the roughness of the surface and the amount of surface dust

present.

A further effect of increased surface roughness was applied following Laurent et al.

(2008), who used an erodible fraction, E, which measures the areal fraction of each surface

gridpoint that can contribute to dust emission (with the rest of the total area being occupied

by nonerodible roughness elements). Lifted dust fluxes for both mechanisms are multiplied
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by this fraction, defined empirically by Laurent et al. (2008) as

E = 0.7304− 0.0804 log(z0) if z0 ≥ 0.003 cm, (4.2)

and E = 1 otherwise. Its effect is to further inhibit dust lifting from rough areas, though

the smallest value of E (for the largest z0) is ∼ 0.7, so the reduction to the emitted flux is

not dramatic.

4.8 Implementation of the roughness length map

4.8.1 Climatic changes

The roughness length map of Figure 4.14 was inserted into the UKMGCM, smoothed to the

model resolution in the same way as done for the other surface datasets, replacing the global

z0 value of 1 cm used previously. During simulations, a ‘smooth’ setting of z0 = 0.01 cm

was applied at any gridpoint with a thick (> 10 cm) covering of CO2 ice. Dust lifting is

prohibited at these gridpoints already, so the choice of roughness length here affected only

the drag exerted on the atmosphere by the surface. The newer model version, v5, was

used from this point onwards; however, in contrast to the runs of Chapter 6, the size-bin

approach to dust transport was retained for the remainder of the work in this chapter (i.e.

the two-moment tracer scheme of v5 was not utilised). A year-long run was performed

using prescribed dust (from MY24) to assess the impact of the change in surface roughness

on the climate in general, aside from its effect on dust lifting. Since the original z0 value

of 1 cm is near the upper end of the range of the map, most gridpoints obtained smoother

surfaces than were previously assumed, with the northern hemisphere plains seeing the

most dramatic change (an order of magnitude decrease in z0, at this resolution).

Figure 4.16 shows the change in daytime and nighttime temperatures in the lowest

model layer (a height of ∼ 5m) and in the sixth model layer (∼ 300m), averaged annually,

when using the z0 map compared to when using the uniform value of 1 cm. As expected,

the most noticeable changes were found where z0 is lowest. The decrease in near-surface

temperatures during the day, and increase at night, occurred due to a reduction in upward

mechanical mixing: turbulent diffusion, in the model parameterisation, is less efficient over
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(a) (b)

(c) (d)

Figure 4.16: Change in temperature (K), annually averaged, caused by use of the roughness map,
at the first model sigma level (∼ 5m above the ground) (a) during the day and (b) at night, and
at the sixth model sigma level (∼ 300m above ground) (c) during the day and (d) at night.

smooth surfaces, so heat and momentum (as well as any tracers present in the boundary

layer) tend to remain trapped near the surface. In daytime, when the surface is warmer

than the atmosphere, a lower z0 means that the near-surface atmosphere receives less heat

through turbulent mixing, and is therefore cooler, by a few K over the smoothest gridpoints.

Conversely, at nighttime, the colder surface means that a reduction to upward mixing warms

the near-surface atmosphere, again by several K in places. This warming was seen only in

the lowest few model layers, since the nighttime boundary layer is extremely shallow; during

the day, the cooling applied over several km.

The overall effect of a lower surface roughness was, then, a reduced near-surface diurnal

temperature range, as shown in the scatter plot of Figure 4.17. While the smoothest

gridpoints saw a reduction in range of around 3K, for an order of magnitude decrease in z0,

sensitivity studies showed that similar results were obtained if surface thermal inertia was

increased by around 10–20%. Therefore, z0 has rightly been assumed to be of secondary
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Figure 4.17: The change to the diurnal temperature range (K) at the lowest model level when
moving from a uniform roughness length of 1 cm, around northern summer solstice.

Figure 4.18: Annually averaged change (%) in (a) wind magnitude at the lowest model level (i.e.
u(5m)) and (b) drag velocity (note the different scales). Gridpoints containing CO2 ice have been
excluded from the average; at such points, surface wind was strongly increased due to the low value
of z0 (0.01 cm) applied.

importance in simulating the behaviour of the Martian boundary layer, in comparison to

other surface fields. The diurnally averaged effect of the temperature changes was a ∼ 1K

warming near the ground where z0 was lowest.

Vertical mixing of momentum was also reduced over smooth surfaces, leading to an

increase in wind magnitudes in the lowest model level (Figure 4.18(a)). Averaged over the

year, excluding any ice-covered gridpoints, near-surface winds increased by as much as 40–

50% over the low-z0 northern plains. Near-surface winds were strongly enhanced over the

polar caps, where the surface is assumed to be very smooth (not shown in Figure 4.18(a)).

The surface drag velocity, u∗, which is used to calculate the vertical flux of dust due to

wind stress lifting, is obtained from the lowest-level wind through equation (2.4), so a low
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z0 implies that a lower fraction of the near-surface momentum goes into exerting a drag

force on particles on the surface. Figure 4.18(b) shows that in the northern plains this

counteracted the increase in near-surface wind to produce a lower drag velocity, though

reductions were generally less than 10%. Therefore, the dust lifting ability of rough areas

(such as the band at 30–60◦S) was enhanced, in the sense that high-z0 gridpoints now

felt stronger drag velocities than they did previously. However, as shown above (§4.7.2),

the increase to the lifting threshold is the more important roughness-induced change, and

dust lifting on the whole becomes much more difficult at high-z0 gridpoints than at low-z0

gridpoints.

As a consequence of the weakened vertical mixing, daytime boundary layer height de-

creased by up to 1 km in the low-z0 regions, and turbulent kinetic energy decreased through-

out the boundary layer. Little change was seen in atmospheric static stability, suggesting

that convective adjustment, the other mechanism for vertical mixing in the model, is not

strongly affected by surface roughness.

4.8.2 Effect on dust devil lifting; comparison of lifting rates to

observations

The decrease in the daytime temperature gradient between the surface and the lowest model

layer over smooth surfaces, combined with the slight lowering of the boundary layer top,

reduced the efficiency of the heat engine used in the model’s dust devil parameterisation,

lowering global lifting rates (Figure 4.19). The parameterisation was most strongly affected

over areas of low z0; however, the negative feedback associated with model dust devil lifting

meant that resulting optical depths were not reduced by more than ∼ 30%. The addition of

the erodible fraction condition (4.2) reduced rates by a further 15%, fairly uniformly over

the course of the year.

Observations of dust devils agree with the model prediction that they are most frequent

in the southern hemisphere, during local spring and summer — perhaps an order of mag-

nitude more so than in the northern hemisphere (Whelley and Greeley, 2006). Dust devil

counting is usually done using the darkened tracks they leave behind as they remove surface

dust as a proxy, but not all dust devils leave tracks — it is thought that surface dust cover

needs to be low for the dust devil’s path to be seen (Fisher et al., 2005). Despite this
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Figure 4.19: Hemispheric averages of dust devil lifting rate for runs with uniform (solid) and
heterogeneous (dashed) surface roughness, using only dust devil lifting. In the latter, the effect
of the erodible fraction, E, was not included, so the differences between the solid and dashed
lines result only from changes to the surface-atmosphere temperature gradient and boundary layer
height forced by the use of the z0 map.

possible bias towards the southern hemisphere, where dust cover is lower, the latitudinal

variation in dust devil activity is believed to exist, driven by the eccentricity of Mars’ orbit

and the asymmetry in the strength of the solsticial overturning cells (Whelley and Greeley,

2006; Stanzel et al., 2008). In each hemisphere, the dust devil season begins in mid-spring

and ends in early autumn, and dust devils are most commonly found at ∼ 40–70◦ in latitude

(Whelley and Greeley, 2008). The model reproduces the preference for dust devil lifting

in local spring and summer, and the lifting peak in the southern hemisphere is larger (by

around a factor of two) than that in the northern hemisphere. The potentially problematic

aspect of model dust devil lifting is that northern hemisphere lifting remains significant

during local autumn and winter, in contrast to some observations, particularly those of

Cantor et al. (2006). On the other hand, Stanzel et al. (2008) found ‘frequent’ NH dust

devils during this period. Also, in comparison to most observations, lifting in the model

appears to peak too close to the equator throughout the year.

Neakrase and Greeley (2010) suggested, from laboratory simulations of dust devils, that

tangential wind velocity and lifted sediment flux may decrease considerably with increasing

roughness, and that the threshold tangential velocity may increase. However, their study
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involved only four different roughness densities, and did not produce a functional depen-

dence for any of these quantities on z0. Therefore, this effect could not be incorporated into

the dust devil lifting parameterisation at present (in fact, the only explicit dependence of

dust devil upward flux on surface roughness comes through the use of the erodible fraction).

If this relationship does hold true on Mars, dust devil lifting rates would be expected to

be most strongly reduced in the southern hemisphere, so the fact that dust devils are in

fact most commonly observed in the SH is perhaps surprising. As the best observational

estimate of the lifting ratio between the southern and northern hemispheres is that it is

probably . 10 (Whelley and Greeley, 2006), it is not possible to use the model to quanti-

tatively gauge the strength of the influence that z0 (and/or surface dust cover) must exert

on dust devil lifting rates.

Nevertheless, dust devil lifting in the second half of the year may be overestimated

by the model. Although global dust opacity does increase during this period in reality,

it does not appear to do so in the repeatable, solstice-centric manner produced by the

dust devil parameterisation (seen e.g. in year 28 in Figure 4.1); rather, increases in dust

optical depth appear to be associated with (wind-stress-initiated) regional dust storms, and

show some preference for occurrence either side of solstice (see e.g. Figure 2.1). Thus far,

the dust devil lifting scheme has been used to provide a realistic background dust loading

during northern spring and summer, when little or no wind stress lifting is produced by the

model. However, it has not been firmly established how much of the dust in the Martian

atmosphere is lifted by dust devils, and as a result of this, the dust devil lifting efficiency

αD had to be tuned to reproduce the resulting global dust opacity, rather than the dust

lifting rates themselves. The problem with this method is that the dust opacity observed

during northern spring/summer is not solely the result of dust devil lifting — Cantor

et al. (2006) observed that a significant number of dust storms occur during these seasons,

primarily along the southern polar cap edge at Ls = 0–60◦ and Ls = 120–180◦. It has been

seen already that the model (at least at standard resolution) currently underestimates the

amount of cap-edge dust lifting, particularly in the southern hemisphere, which means that

dust opacity during Ls = 0–180◦ is very low unless dust devils are included.

It is possible to make a tentative comparison of the model’s global annual dust devil lift-

ing rate with observational estimates that have been made. These vary significantly, due to
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the difficulty in reliably estimating dust devil frequency, in measuring the mass lifted by an

individual dust devil and in extending such a figure globally to cover the range of sizes of dust

devils that can form. Estimates at present are spread over an order of magnitude: Whelley

and Greeley (2008) calculated a global lifting rate of 0.0016kgm−2 yr−1, Cantor et al. (2006)

quoted a minimum bound of 0.004kgm−2 yr−1, and Greeley et al. (2006) extrapolated local

observations from the Spirit Rover to produce a global figure of 0.013kgm−2 yr−1. The

total dust devil flux in the years examined in §4.4 was ∼ 0.02 kgm−2 yr−1, which is larger

than these observational estimates. This is perhaps not surprising, given that small-scale

wind stress lifting events are underestimated by the model. Another way of judging the

accuracy of model dust devil lifting is by comparing the contribution of each of the two

types of lifting to the annual global dust load. Whelley and Greeley (2008) combined their

value for dust devil flux with the estimate made by Cantor et al. (2001) of the annual lifting

rate due to local and regional dust storms (0.0035kgm−2 yr−1) to conclude that dust devil

lifting contributes approximately half as much dust as wind stress lifting, or about a third

of the total annual flux. The average wind stress lifting rate from the last year of the series

in §4.4, which featured a pre-solstice regional dust storm, was 0.005kgm−2 yr−1, meaning

that dust devils provided 80% of the total lifted dust in this year. For years featuring global

dust storms, the dust devil percentage was as low as ∼ 50% — this is still higher than the

Whelley and Greeley (2008) estimate, but it should be noted that their estimate of annual

dust devil flux was low in comparison to other observations, and contained large error bars.

Kahre et al. (2006) similarly found that dust devils must provide around half of the total

lifted flux in order to best reproduce the observed trend in opacity in the Ames model.

4.9 Effect on wind stress lifting

It was immediately apparent that the significant threshold increases caused at high-z0

gridpoints meant that lifting would only be possible with a much bigger reduction to the

threshold of equation (3.2). Indeed, with a factor of 0.425 applied to the calculated ut
∗
,

only one gridpoint produced any lifting over a year. With the scaling factor lowered to 0.2,

lifting became more widespread, but (in a run with fixed threshold stresses) was dominated

by several gridpoints north of Tharsis following equinox at Ls = 180◦. This region was

particularly favoured for lifting due to the combination of strong wind stresses, aided by
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Figure 4.20: Globally averaged dust optical depth from a multiannual simulation using hetero-
geneous surface roughness and the variable threshold scheme, with model v5 (but still using the
size bin approach to dust transport). The minimum used was the calculated threshold velocity
multiplied by 0.2, and lifting parameters were αN = 2.2×10−4 m−1, αD = 1.3×10−8 kg J−1 (using
the threshold-dependent dust devil scheme), ζtinc = 2Pa (kgm−2)−1, and ζtdec = 1×10−10 Pa s−1.
Year numbering began when the model was properly spun-up with respect to the threshold stress
field.

the topographic slopes present, and low thresholds calculated for the relatively smooth

surface.

To avoid this unrealistic concentration of dust lifting at one northern hemisphere site,

the variable threshold scheme developed earlier in this chapter was employed. In this

formulation, a minimum threshold was used as before by choosing a base value of the

scaling factor for ut
∗
, though now the minimum threshold stress varied spatially through

the additional influence of the z0 field. A scaling factor of 0.2 was used. The resupply term

acted on the smooth lifting threshold, ut
∗s, rather than actual threshold ut

∗
. As before, a

multiannual run was performed, with initial years used to spin up the surface threshold

field. Results from the later years of the run are shown in Figure 4.20. It can be seen

that similar results to those of Figure 4.1 were obtained over the period Ls = 180–300◦,

with a range of storm sizes and initiation times produced over the years shown. A notable

difference was in the formation of regional storms in late summer (Ls = 320–340◦) in two

of the nine years, due to one of or both a change to the spatial distribution of lifting caused

by the use of z0, and the slightly lower opacities produced at this time by the model v5
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than seen in Figure 4.1. Both of these years also featured a pre-solstice regional event, and

were thus reminiscent of the no-storm TES years of MY24 or MY26.

The other notable feature of Figure 4.20 is the development of dust storms in late

northern spring in three of the years in the sequence, as was found earlier when using a

lower minimum threshold. These again formed in northern Tharsis whenever thresholds

had settled back down towards the minimum value. This highlights the problem with using

a single threshold scaling factor, which must be set very low to allow lifting to occur in the

southern hemisphere. The relation between calculated and effective threshold may actually

vary significantly from place to place, depending on various factors, as is discussed later in

this section.

Figure 4.21: Results, averaged over three model years, from simulations using model v5, without
(top row) and with (bottom row) the roughness length map. Appropriate scalings were applied
to the lifting threshold in each case. Plots in the left column show the logarithm of the zonally
averaged dust lifting rate, in kgm−2 s−1, and plots in the right column show the total dust mass
lifted at each gridpoint, normalised by the global mean.

The z0 field acts in combination with the wind regime to produce a spatial distribution

of preferred lifting areas that is different to that seen previously. Figure 4.21 compares dust

lifting rates between two three-year sequences, both using the variable threshold scheme
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and the model v5: the first neglected z0 when calculating the lifting threshold, and reduced

the resulting thresholds by a factor of 0.7, while the second used the z0 map as described

above, with a scaling factor of 0.2 applied to the calculated thresholds. While the model’s

interannual variability means individual years cannot be compared directly, a three-year

series is long enough to illustrate the general changes to lifting patterns that result from

using the z0 map. In the left-hand plots it can be seen that dust storms were still gener-

ally produced during Ls = 210–250◦, but there was more lifting at 180–210◦, both in the

southern hemisphere and at the NH polar cap edge, when the roughness map was used.

Late-summer lifting appeared to be stronger when using the roughness map (as was sug-

gested above), and this lifting was better sustained along the receding edge of the NH cap

in spring. The right-hand plots show that lifting was more evenly distributed across the

globe in the z0 run, with particular increases at Amazonis/Tharsis and at northern high

latitudes, due to the smooth surface found in those regions. Conversely, lifting was weaker

across the rough 30◦S band.

4.9.1 Sub-gridscale gustiness revisited

Such a large reduction to the calculated lifting threshold suggested that the approach used

so far to handle sub-gridscale effects (the use of a single scaling factor) is not suitable when

roughness lengths are included in the threshold drag velocity calculation. Gustiness is a

likely candidate for playing the dominant role in allowing lifting to take place when model-

resolved winds would suggest that no lifting should be possible over most of the planet.

Therefore, a fresh attempt at parameterising gustiness was needed, if the z0 map was to be

used in dust lifting simulations.

As noted in §3.1.1, Newman (2001) used a Weibull probability distribution — since

shown by Fenton and Michaels (2010) to provide a good fit to microscale wind variation in

large eddy simulation (LES) model runs — to model the sub-gridscale variation in surface

windspeed, but found that this significantly weakened the threshold dependence of the wind

stress lifting scheme and therefore the interannual variability in global dust opacity. With

a Weibull distribution, the fraction of the gridbox for which drag velocity is above the
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threshold ut
∗
can be expressed as

exp

[

−

(

ut
∗

u∗

)κ]

,

where u∗ is the drag velocity value for the gridbox and κ is the shape parameter. Therefore,

a larger κ leads to reduced lifting when the wind velocity is below the threshold, by focusing

the distribution more firmly on the mean wind and reducing the contribution of the high-u∗

tail. Newman used κ = 1.5, taken from Viking Lander data (Lorenz, 1996); however, this

data recorded variations on an hourly scale, whereas the model, with a timestep of 30min,

requires parameterised wind variation on a timescale of minutes, for which a smaller spread

of values would be expected. A higher value for the shape parameter, κ = 2.5–3, is more

appropriate (Fenton and Michaels, 2010). As an example of the effect of this on lifted fluxes,

with u∗ = 0.5m s−1 and ut
∗
= 2.5m s−1, integrating for the area under the probability

distribution curve results in an equivalent fraction of 10−5 of the gridbox producing dust

emission when κ = 1.5, but only 10−25 when κ = 2.5 is used (though the difference between

the two choices of κ is greatly reduced when the mean wind is closer to the threshold value).

The use of a larger shape parameter therefore returns a threshold dependence to the lifting

parameterisation, by weakening the lifting contribution of gridpoints with low mean wind

velocities.

Even with parameterised gustiness, thresholds at the roughest gridpoints remained out

of reach of model winds, so a reduction to the calculated threshold drag velocities was still

required. The factor used was now larger: ∼ 0.4–0.6 allowed a reasonable fraction of surface

gridpoints to reach the lifting threshold within a year, when using κ = 2.5. The use of the

Weibull distribution allowed storm-magnitude dust lifting to take place at higher values of

the scaling factor, but the value of 0.7 used previously at T31 remained too large whenever

z0 was included in the threshold calculation. A larger κ value of 3 required a factor smaller

than 0.4, as it represented lower amounts of gustiness.

The parameterised gustiness was spatially uniform, so the preferred lifting sites seen

above remained dominant. In reality, there are likely to be some regions that typically ex-

perience more gustiness than others, implying that a variable κ value should be used when

computing dust fluxes. In fact, one of the principal causes of variability in gustiness could

be the surface roughness, since it was observed earlier (§4.8.1) that turbulent KE decreased
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over low-z0 gridpoints. Cakmur et al. (2004) parameterised gustiness in a terrestrial atmo-

spheric GCM by modelling components u and v with normal distributions, whose standard

deviation was calculated online as a sum of contributions from three sources: PBL turbu-

lence, and dry and moist convection. They found that dry convection tended to dominate

in desert regions with strong surface heating, a situation that may be comparable to the

Martian environment. An outcome of modelling this gustiness was that higher thresholds

could be used in matching simulated and observed dust emissions, which is the aim in the

present case. It should be possible to estimate wind variability from the turbulent diffusion

scheme in the UKMGCM (as a function of TKE), and including the contribution from (dry)

convection may be possible in the near future, using a new flux-limited convection scheme

that is currently under development at LMD.

4.9.2 Sub-gridscale z0 variation

The results above offered some explanation, through wind velocity variations on small

spatial and temporal scales, for the low thresholds required to generate dust storms in the

model, but a significant reduction to the calculated threshold was still needed: at least

40% to the threshold drag velocity, equivalent to a > 60% reduction to the threshold stress.

Another sub-gridscale effect which could, if considered, enhance lifting in the model concerns

the z0 map itself, which is smoothed to model resolution using an arithmetic mean method

that will tend to bias the gridpoint z0 value towards the higher pixel values contained with

the gridpoint. Where dust lifting is concerned, any low-z0 pixels — perhaps as much as

an order of magnitude below the mean — within the gridpoint area would be preferred

locations in which for dust lifting to occur, due to their lower thresholds. This effect is part

of the explanation given by Gillette (1999) to explain the existence of dust emission ‘hot

spots’ on Earth.

Okin (2005) investigated the effect of sub-gridscale surface heterogeneity on dust emis-

sion parameterisations by using a stochastic approach to calculating the threshold drag

velocity. He used a normal distribution to sample parameters in the threshold velocity

expression controlling the soil and roughness characteristics (equivalent to ut
∗s in (4.1) and

β, σ in (B.2)), and found that emission was dominated by small areas with randomly low

lifting thresholds. Allowing for a spread in threshold values meant that more gridpoints
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were able to participate in emission, leading to a greater overall lifted flux. Okin also found

that including the variance of the parameters was roughly equivalent to lowering the single-

value threshold by a certain amount, dependent on the size of the spread in parameter

values assumed.

This result undoubtedly applies equally to dust lifting in the UKMGCM, since the same

threshold formulation and a similar flux expression are used. A further test of the influence

of sub-gridscale surface variations on estimated dust emission was carried out, focusing on

the variance in z0 itself, which directly affects both the threshold drag velocity and the

conversion from model wind velocity to drag velocity. The error in lifting flux estimates

at T31 resolution was calculated explicitly by applying a range of 5m-height windspeed

values to the full-resolution z0 map and to the 5◦ (the resolution of the physical grid at

T31) regridded version, and in each case calculating the saltation flux in the same way as

is done in the model. A near-surface atmospheric density of 0.02 kgm−3 was assumed. It

was found that the error was a function of windspeed, as total flux was underestimated

at T31 at relatively low u(5m) values, but became an overestimate once the wind was

increased beyond ∼ 18m s−1, due to the contribution of low-z0 gridpoints (Figure 4.22).

The behaviour at high u arose because once the windspeed at a T31 gridpoint exceeds

the threshold, the whole gridpoint takes part in dust lifting, while at full resolution there

remain portions of the area in which the threshold is not exceeded. The low-u situation is

the opposite, as T31 windspeed remains below the gridpoint threshold while saltation has

begun in parts of the gridpoint area at full resolution. (It was found that the two curves are

in closer agreement if the low-resolution map is derived using a geometric mean, rather than

an arithmetic mean, as was used for the calculations in this and the following figure, because

the geometric mean reduces the weighting of any large-z0 values within a T31 gridpoint.

For fields such as surface roughness, where variation over more than an order of magnitude

within a gridpoint can typically occur (at least in this particular map), the geometric mean

is probably more appropriate than the arithmetic mean; however, the problems caused by

smoothing the field to a lower resolution remain qualitatively the same.)

Saltation fluxes at T31 resolution were then recalculated using different threshold values

in order to find the threshold needed to match the T31 flux to the flux as calculated from the

full-resolution map; that is, the effective threshold drag velocity produced by considering
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Figure 4.22: Global saltation flux as a function of the 5m windspeed used to calculate drag
velocities and threshold drag velocities, for the 5◦ map (dashed), calculated using an arithmetic
mean, and the full-resolution, 0.125◦ map (solid).

sub-gridscale variations in z0. Fluxes were first matched on a global basis, for which it was

found that reductions of only a few percent were required to increase the T31 flux enough to

match the full-resolution value (when u(5m) was below ∼18m s−1; at greater windspeeds,

an increase to the threshold of up to 10% was needed). However, dust lifting occurs far from

uniformly across the planet, so a more relevant calculation is to match the fluxes at each

T31 gridpoint, by regridding the full-resolution fluxes accordingly for comparison. This was

done for a range of u(5m) values, and a sample of the results are shown in Figure 4.23. As

expected, larger threshold reductions were required in the high-z0, high-σ(z0) areas — as

much as 40–50% at times. The low-z0 northern plains generally required increases to the

calculated T31 thresholds, as they produced too great a saltating flux once the windspeed

became moderately large.

It is clear that using the gridpoint-mean value for z0 to compute the saltation flux

skews dust lifting rates towards low-z0 areas, which are predominantly found in the north-

ern hemisphere. Significant reductions to the calculated lifting thresholds can be justified

on the basis of sub-gridscale z0 variation, but may not be applied uniformly across the

surface; in fact, in some areas the threshold should generally be increased, to counteract

the overestimation of lifted flux. However, the threshold corrections required are also a

function of windspeed, due to the non-linear, threshold-dependent nature of the saltation

flux parameterisation.
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Figure 4.23: The scaling factor required for the threshold drag velocity at each T31 gridpoint to
replicate the true (0.125◦) saltation flux, for 5m windspeeds of 14, 16, 20 and 24m s−1 (which
equate to drag velocities of ∼ 0.9 − 1.3m s−1). Gridpoints marked with a dot are those at which
no saltation occurred, even at full resolution.

4.9.3 Conclusions on dust lifting using realistic z0

It is clear from the work in this second half of this chapter that the proper inclusion of

surface roughness length in the calculation of dust lifting thresholds has a huge effect on

modelled dust emission rates. Threshold stresses in the southern hemisphere in particular

are much larger than values previously used in dust lifting MGCMs, meaning that, without

proper handling of sub-gridscale effects, lifting becomes prohibitively difficult in southern

hemispheric areas known to be important sources of dust. At first, this necessitated the use

of significantly reduced thresholds: ut
∗
had to be lowered by more than 70% (which equates

to a 90% reduction in threshold stresses) to generate a storm season peak in dust opacity.

However, it was estimated that wind gustiness could account for a 10–30% threshold velocity

reduction, and that mesoscale (and potentially microscale) heterogeneity in z0 could be

responsible for a further 20–40% reduction, if it is assumed that in large dust storms most

dust is lifted in the southern hemisphere when winds are not far above threshold. Therefore,
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the calculated thresholds could be justifiably lowered in the UKMGCM so as to allow the

generation of realistic dust opacities during southern spring and summer. However, such

scaling factors would need to vary substantially in both space and time, and should ideally

be estimated online depending on the ambient conditions at each gridpoint. This would

be a complicated parameterisation, and as such is beyond the scope of this work, but the

findings of this chapter suggest that a correct treatment of the z0 field would bring the

spatial distribution of dust lifting back towards the form it took when the influence of z0

was ignored.

Due to uncertainty in the use of the roughness length z0 in the wind stress lifting param-

eterisation, this aspect of the dust lifting scheme was not carried forward into Chapter 6,

in which radiatively active water ice clouds are added to the model. The variable threshold

scheme was retained, as it was found that the presence of ice clouds quite strongly affected

dust lifting preferences, leading to a dominance of certain regions/periods that could not

be avoided with an unlimited surface dust approach. First, though, water ice clouds were

added to the model while using prescribed dust opacities instead of lifting and transport,

in the context of a dynamical analysis of winter polar and midlatitude baroclinic activity,

known to be vital in the formation of flushing dust storms.



Chapter 5

The Martian solsticial pause

Outside of regional and global dust storms, there is increasing evidence that the majority

of local storms, a result of wind stress lifting, occur along the edges of the polar caps that

are present in each hemisphere from autumn to spring (Cantor, 2007). The presence of

the sharp meridional temperature gradient at the ground makes the region baroclinically

unstable, and travelling waves, with zonal wavenumber 1–4, are commonly seen, extending

several scale heights above the surface (Banfield et al., 2004). However, the amplitude of the

eddies varies significantly in time. Near the surface (the lowest scale height or so), transient

eddy activity is strongest in early autumn and in late winter, and exhibits a minimum at

winter solstice, a phenomenon known as the ‘solsticial pause’, first noticed by Barnes (1980)

in Viking surface pressure data. Conversely, transient temperature perturbations at higher

levels have been observed to reach a maximum around solstice (Wang et al., 2005).

A similar phenomenon is seen on Earth (though not in all years), in the form of a

suppression of the northern Pacific storm track around midwinter, at a time when linear

baroclinic theory predicts a maximum in storminess (Nakamura, 1992). Several important

differences exist between the Earth and Mars cases, however: while transient perturbations

exhibit minima around the full latitude circle on Mars, the midwinter suppression on Earth

is limited to the Pacific Ocean (no such effect occurs over the Atlantic); also, the weak-

ening of eddy activity occurs only near the Martian surface, but does so throughout the

troposphere on Earth.

On Mars, this suppression exerts, through a reduction in surface windspeed variance and

118
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magnitude (Wang et al., 2005), a strong control over dust lifting along the seasonal polar

cap edge. The seasonal progression of frontal dust storm frequency in northern midlatitudes

has been seen to display a double-peaked structure, with a minimum in dust lifting activity

observed around solstice (Cantor, 2007). It was because of the important connection to dust

lifting that this phenomenon was investigated in more detail. It had been observed during

the work of the previous chapter that there was no pronounced weakening of travelling waves

around northern winter solstice seen in dust-lifting UKMGCM simulations, and the same

could be said of simulations using prescribed dust. However, a significant improvement

was seen upon the addition of a new radiatively active water ice cloud parameterisation,

so by examining the contribution of the ice clouds to the midlatitude and polar climate, it

was possible to investigate the mechanism(s) behind the formation of the solsticial pause.

The suppression of waves around winter solstice had previously only been analysed for the

idealised case of a dust loading appropriate for a GDS, either prescribed (Hourdin et al.,

1995; Kuroda et al., 2007) or in a transport simulation (Basu et al., 2006), though the

phenomenon is clearly not restricted to such instances (Wang et al., 2005).

5.1 Observational evidence and characteristics

Direct TES observations of winter eddy activity were presented by Wang et al. (2005),

but it was the availability of the 3-year TES reanalysis dataset, obtained by assimilating

temperature and dust opacity observations into the UKMGCM (Lewis et al., 2007) that

allowed a detailed examination of the nature of the phenomenon, to understand what

aspects the free-running model could and could not reproduce. Root-mean-square (RMS)

variance of temperature at 2.5 km above the surface is presented, for the full dataset, in

Figure 5.1. The data here and in many subsequent plots have been bandpass filtered to

remove the diurnal tide and any long-period, quasi-stationary waves, retaining only signals

with a period within the range 1.5–10 sols. For all plots of RMS, an averaging window of

length 20 sols was used. It can be seen that transient eddies were fairly weak (1–3K) in the

midlatitudes of each hemisphere at its winter solstice (Ls = 90◦ for the southern hemisphere

and Ls = 270◦ for the northern hemisphere), but showed peaks in activity either side of

solstice, in late autumn and in early spring (Ls = (0–60◦, 120–180◦) for the southern

hemisphere, Ls = (180–240◦, 300–360◦) for the northern hemisphere). Transient wave



120 CHAPTER 5. THE MARTIAN SOLSTICIAL PAUSE

Figure 5.1: Zonal-mean of root-mean-square transient temperature (in K) at 2.5 km above the
surface, from the TES reanalysis dataset.

activity was generally stronger in the northern hemisphere than the southern hemisphere;

peak RMS values in the northern hemisphere were 7–8K in each of the three years covered

by the assimilation.

None of the three TES years featured a large dust storm around winter solstice — MY25

did feature a global storm, but it had almost completely dissipated by Ls = 270◦, while

the other two years saw only regional dust storms, none occurring around winter solstice.

None of these years would have experienced the very strong enhancement to the solsticial

meridional circulation that would be caused by a Viking-like midwinter storm as used in

previous modelling studies, though there would certainly have been some strengthening of

the circulation due to the increase in background dust loading that occurs globally during

northern winter every year. Despite this, the northern hemisphere solsticial pause was seen

clearly, and covered at least 70◦ of Ls, in each of the years.

Figure 5.2 illustrates the vertically limited nature of the solsticial pause by showing the

variation of eddy heat flux with latitude and pressure, for the case of MY24, again from

the assimilation. Positive values of v′T ′ imply poleward (northward) eddy heat transport,

indicating that baroclinic instability was present in the northern hemisphere throughout

the autumn/winter seasons. While the solsticial pause can be easily identified in the v′T ′

minimum below ∼ 300Pa, above 20Pa, a maximum developed around solstice. This feature

is more easily understood, and occurred due to the large meridional temperature gradients
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Figure 5.2: Zonal-mean eddy heat flux v′T ′ (colours, in Km s−1) and temperature (dotted contours,
in K) from the reanalysis of MY24.

that existed in this part of the atmosphere around solstice, as a consequence of the middle

atmosphere polar warming (Deming et al., 1986; Kuroda et al., 2007). The fact that the

Martian solsticial pause is so clearly limited to ∼ 300Pa and below suggests that arguments

pertaining to the structure of the jet in the middle atmosphere that have been invoked to

explain the terrestrial suppression (e.g. Zhang and Held, 1999) may not be particularly

applicable to the Martian case. It is also worth noting that the solsticial pause developed

despite the presence of strong meridional temperature gradients near the ground, at 40–

60◦N.

The basic state of the atmosphere in the MY24 assimilated record is shown further

in Figure 5.3, during the pre-solstice (surface) eddy maximum, the solsticial minimum

and the post-solstice maximum. An extension of high temperatures into the polar middle

atmosphere was seen throughout this period, but was at its strongest at solstice. The

westerly jet exhibited a tilt, upwards towards the pole, during this period. Around solstice,

the core of the jet at 10Pa was strengthened and shifted ∼ 10◦ to the north, resulting in a

greater tilt (away from the vertical) in the lower part of the jet. By late winter, the body

of the jet had moved back towards the equator, its core had weakened and it had regained

a homogeneous tilt across its full height.
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Figure 5.3: Zonal-mean zonal wind (white contours, m s−1) and temperature (shading, K) from
the reanalysis of MY24.

5.2 Model simulations

To test whether or not the model reproduces the observations presented in the previous

section, and to investigate the conditions necessary for the formation of a solsticial pause,

a series of simulations were performed using a variety of model formulations, all with v5.

Prescribed dust opacities were used in this chapter (unless stated) in lieu of a transported

dust field, to enable more direct comparisons with observations and to fix the dust opacity

field so as to study the sensitivity of the solsticial pause to several other effects. The

simulations are named and summarised in Table 5.1. Two used the ‘MY24’ dust scenario

described earlier, one including the radiative effects of water ice clouds (τ∗MY 24) and the

other neglecting clouds (τMY 24). A similar pair of runs with (τ∗low) and without (τlow)

clouds used instead a constant visible dust opacity of 0.2, referenced to the 610Pa pressure

surface. Finally, τhigh simulated a large, perennial dust storm by using a constant 610Pa

dust opacity of 2 (and neglected water ice clouds). All model runs were carried out at T31

resolution, as was used for the data assimilation. The cloud scheme added to the model

at this point was a radiatively active version of the one presented in Montmessin et al.

(2004), which predicts ice particle sizes and growth rates, taking into account temperature,

humidity and local density of dust nuclei. It is described in more detail in the next chapter,

where its typical output is shown, but it is sufficient for the moment to say that the scheme
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Run name Dust opacity Clouds?
(TRMS)min

(TRMS)max

τMY 24 MY24 No 0.65

τ∗MY 24 MY24 Yes 0.35

τlow 0.2 No 0.84

τ∗low 0.2 Yes 0.74

τhigh 2.0 No 0.43

MY24 assimilation 0.31

Table 5.1: Details of the settings used in each of the simulations performed.

was able to represent the key features of the observed water cycle to an acceptable degree

of accuracy.

Table 5.1 includes a quantity
(TRMS)min

(TRMS)max
which measures, in a crude way, the extent

to which a solsticial pause was produced in the northern hemisphere for a particular run.

This quantity was calculated by finding the maximum value of the RMS temperature at a

height of 2.5 km within the region 30–90◦N at each point in time, and taking the ratio of the

minimum of this quantity during Ls = 240–300◦ and its maximum during Ls = (180–240◦,

300–360◦). Low values therefore signify a deep minimum in transient eddy activity. In

summary, four of the five runs, the exception being τlow , produced a discernible solsticial

minimum in near-surface eddy activity. τ∗MY 24 came closest to replicating the results of the

assimilation, while τMY 24 produced a weaker minimum, suggesting that both the presence

of water ice clouds and an increase in global dust loading close to solstice can contribute

to the development of a solsticial pause. A large dust storm (τhigh), with a greater dust

loading than the peak MY24 value, delivered a deeper solsticial minimum than τMY 24;

however, the minimum was shorter in duration than τ∗MY 24 and the assimilation of MY24.

5.2.1 Transient eddy activity in the GCM

The top row of Figure 5.4 shows the zonal mean of RMS transient temperature at 2.5 km

above the ground in the northern hemisphere from runs τlow and τMY 24, performed without

including the radiative impact of water ice clouds. The constant opacity case showed no

sign of a solsticial pause in the northern hemisphere, with a peak RMS of 7–8K throughout
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Figure 5.4: Zonal-mean RMS transient temperature (K) at a height of 2.5 km above the surface, output from the GCM from runs (a) τlow (b) τMY 24 (c)
τ∗

low (d) τ∗

MY 24. Meridional temperature gradient dT
dy

at 200m above the ground (10−6 Km−1) is overlaid in white contours.
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the period Ls = 180–360◦. With the MY24 dust scenario, a minimum in RMS developed

between Ls = 260◦ and Ls = 290◦, but it was much smaller in amplitude and shorter in

duration than those seen in the assimilation. The overlaid meridional temperature gradients

show that in both cases the peak in eddy activity lay to the north of the latitude where

the temperature gradient at 200m height was strongest, suggesting a strong meridional tilt

in the location of this peak gradient over the lowest few kilometres. Evidently the MY24

dust scenario, with elevated opacities over most of the planet from Ls ∼ 210◦ onwards, goes

some way towards forcing a solsticial pause, perhaps for a similar reason to that identified

by Kuroda et al. (2007) for a large solsticial dust storm; however, this realistic dust loading

fell short of reproducing the results from the assimilation for that year. The southern

hemisphere showed similar results, with fairly constant eddy activity for τlow and a short

(though otherwise quite realistic) minimum for τMY 24.

The bottom row of the same figure shows the results of a similar pair of runs to those

above, but with radiatively active clouds now switched on (τ∗low and τ∗MY 24). Focusing

again on the northern hemisphere, with MY24 dust opacity the solsticial pause was now

wider and deeper than before, and resembled the observed pause in the assimilated record.

Post-solstice eddy activity reached its peak value later in winter, and autumn eddy activity

began much earlier than it did in τMY 24, with an additional peak forming at Ls = 180◦.

The minimum was, however, of smaller magnitude and slightly shorter duration than the

observed solsticial pause, even with radiatively active ice clouds — RMS temperature did

not drop off sharply enough before Ls = 240◦. The southern hemisphere pause was also

enhanced, and now appeared wider than those in the assimilation. τ∗low also simulated

solsticial pauses in both hemispheres. The northern hemisphere pause was shallower than

that of τ∗MY 24 and was centred around Ls ∼ 280◦. In both simulations the peak RMS was

generally located at the latitude of strongest temperature gradient, meaning that in early

northern autumn and late winter the baroclinic zone sat 10–15◦ further south than it did

in the runs without water ice clouds.

For τ∗MY 24, zonal wavenumbers 1–3 were all reduced in strength at solstice, relative to

autumn and spring (Figure 5.5). s = 3 eddies did not exhibit the sharp peaks in pre- and

post-solstice activity seen in the TES data by Wang et al. (2005); instead the wavenumber

1–3 signals were rather coherent at 30–60◦N, while northward of this, wavenumbers 1 and
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Figure 5.5: Zonal-mean transient RMS temperature (K) at 2.5 km from τ∗

MY 24, averaged over
60–90◦N (left) and 30–60◦N (right) (compare with Figure 5.4(d)).

2 were dominant. The confinement of s = 3 perturbations equatorward of 60◦N and the

greater strength of s = 1 poleward of 50–60◦N are in agreement with Wang et al. (2005).

5.2.2 Dust transport simulations

It should be noted that the dust opacities used to construct the MY24 scenario, while

agreeing very well with direct observations over much of the year, are extremely uncer-

tain at mid- and high latitudes in both winter hemispheres, as TES opacity data in these

latitudes were not obtained for these periods. As a result of the approach taken in the

data assimilation procedure, dust opacities remain constant over a period without available

observations. The realism in the seasonal trend in eddy activity of τ∗MY 24 compared to the

assimilation provides some confidence that plausible polar dust opacities are being used;

moreover, the above results show that a solsticial minimum formed, at least for a limited

period, regardless of dust scenario used, provided that radiatively active water ice clouds

were included in the simulation.

To ascertain that the polar dust distribution is not of key importance, a pair of dust

lifting and transport simulations were performed, one with active water ice clouds and one

without. These runs did not use the variable threshold scheme described in the previous

chapter, but featured broadly realistic dust and ice opacities (see next chapter). In the

dust lifting run without clouds, even with a regional storm occurring at a similar time to

that of MY24, no strong minimum in northern hemisphere transient eddy activity was seen.

With clouds included, a much more realistic solsticial pause, similar to that of τMY 24, was
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produced. This result strengthens the argument that clouds, in the UKMGCM at least,

make an important contribution to the jet structure during northern autumn and winter,

and one which encourages the suppression of surface baroclinic instability around solstice.

5.3 Changes to atmospheric baroclinicity

Having found that the inclusion or removal of water ice clouds strongly affects the ability

of the GCM to simulate the solsticial pause, the model runs were analysed more closely

to determine the manner in which the clouds exert their influence. The most obvious

mechanism for this (with regard to the solsticial pause) is that the clouds alter the structure

of the atmosphere so as to reduce baroclinicity at low levels around solstice.

5.3.1 Basic atmospheric state

Figure 5.6(a) shows the zonal-mean state of τ∗MY 24, the model run which produced the

most realistic NH solsticial pause. The change to the zonal-mean zonal wind caused by the

addition of water ice clouds is shown in Figure 5.6(b). Polar hood clouds were confined

below 100Pa, and were generally thickest near the seasonal cap edge (which, for reference,

was located at approximately (60◦, 50◦, 50◦)N at Ls = (220◦, 270◦, 320◦)). Cloud optical

depth in this model run reached a maximum around the time of a regional dust storm at

Ls = 240◦, and declined thereafter. It is also notable that cloud optical depth dropped to a

minimum at Ls = 200◦ (not shown), coincident with the gap between the two pre-solstice

peaks seen for τ∗MY 24 in Figure 5.4(d).

The addition of clouds slowed the zonal wind by 5–10m s−1 near the ground at 60–80◦N

around solstice, and below 100Pa the jet was shifted equatorward in such a way as to en-

hance the poleward tilt of this lower section. The change to the thermal structure near the

ground around solstice encouraged this, as temperature contours at 40–70◦N were roughly

aligned with the vertical before and after solstice but sloped strongly around solstice as the

surface at 40–70◦N cooled. Since cloud formation is determined primarily by atmospheric

temperature (Benson et al., 2011), the clouds adopted approximately the same sloped struc-

ture. A cooling of up to 5–10K occurred in the vicinity of and below the clouds, the effect

of which was to reduce the meridional temperature gradient on the clouds’ poleward side,
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(a)

(b)

(c)

Figure 5.6: (a) Zonal-mean temperature T̄ (K, shading) and zonal wind ū (m s−1, contours) for
τ∗

MY 24; (b) change in ū, (τ∗

MY 24 − τMY 24) (m s−1, contours), and water ice cloud mixing ratio for
τ∗

MY 24 (10−6 kg/kg, shading); (c) Transient RMS temperature (K) for τ∗

MY 24.
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and strengthen it on the equatorward side. Above 10Pa, the jet core was weakened by 10–

20m s−1 before and after solstice, and shifted slightly equatorward around 1Pa at solstice.

In the MY24 assimilation, the reduction in zonal wind at 60–80◦N began earlier in the year

than it did in τ∗MY 24.

5.3.2 Near-surface temperature gradients

A comparison of Figures 5.4(b) and 5.4(d) shows that the maximum (most negative) merid-

ional temperature gradient very close to the ground in the northern hemisphere was weak-

ened by the addition of clouds (seen particularly during the pre-solstice period), since the

peak in clouds tended to lie to the south of the peak gradient, implying a reduction to the

peak gradient as explained above. The latitude of the peak gradient was moved ∼ 5◦ to the

north pre-solstice in τ∗MY 24, but reached ∼ 45–50◦N at solstice in both τMY 24 and τ∗MY 24,

in good agreement with the assimilation.

Eddy activity did not particularly follow the strength of the temperature gradient; for

example, compare the very similar gradients seen in southern midlatitudes at Ls = 120–210◦

in all four simulations shown in Figure 5.4, with the different temperature variances that

resulted. The assimilation itself (MY24, not shown) featured a 200m temperature gradient

that was fairly constant over Ls = 220–310◦, and was stronger at solstice than it was at

the time of the pre-solstice maximum (Ls = 200–220◦), though it did increase around the

time of the post-solstice maximum. Therefore, near-surface baroclinic eddy activity cannot

simply be explained in terms of the varying magnitude of the surface temperature gradients.

5.3.3 Linear growth rates

A better measure of the potential for baroclinic instability of the low atmosphere is provided

by the Eady growth rate, σ (e.g. James and Gray (1986)):

σ = 0.31
f

N

∂ū

∂z
(5.1)

where f is the Coriolis parameter, N is the atmospheric static stability and ū is the zonal-

mean zonal wind velocity. Since the baroclinic zone moves equatorward from autumn to

winter with the growth of the seasonal CO2 cap, the change in f (which is ∝ sin (latitude))
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(a)

(b)

Figure 5.7: Zonal mean vertical wind shear
∂ū

∂z
(shading, s−1) and zonal wind ū, (contours, m s−1)

near the surface, for runs (a) τMY 24 and (b) τ∗

MY 24.

will cause σ to decrease by a factor of ∼ 1.3 from 70◦ to 45◦ latitude. On the other

hand, Wang et al. (2005) found that in the TES data, N2, at a height of 2.5 km above the

north polar cap edge, peaked at Ls = 260◦, at around twice its value at 200◦, implying an

increase in N by a factor of ∼ 1.4 from autumn to winter (and these results were fairly well

reproduced by the model, both with and without ice clouds). Therefore, variations in f

and N may be expected to approximately cancel each other out with regard to baroclinic

growth rates, leaving the vertical wind shear as the most important term in the equation

for the present discussion.

The growth rate at 20Pa in τ∗MY 24 (not shown) exhibited a maximum around solstice,
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Figure 5.8: Top: Peak values of RMS transient eddy temperatures (solid) and Eady growth rates
(dashed) within 30–90◦N at 200m above the ground, and growth rate at the latitude of the peak
in RMS temperature (dotted), during northern autumn and winter, for τ∗

MY 24. Middle: The same
for τMY 24. Bottom: The same for MY24 of the assimilation.
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at ∼ 70◦N, in agreement with the simulated upper RMS temperature peak (Figure 5.6(c)).

The addition of clouds strengthened this upper maximum in comparison with τMY 24, by

increasing the polar warming and the associated vertical wind shear,
∂ū

∂z
. σ also maximised

at solstice at ∼ 50◦N at altitudes as low as 400Pa. However, the growth rates that are

important with respect to the solsticial pause are situated very near the ground, within the

lowest few hundred metres, and varied (in this case) primarily due to changes in vertical

wind shear. Without clouds (τMY 24), a relatively large near-surface wind shear of 0.02–

0.04 s−1 existed at 60–80◦N throughout the period shown (Figure 5.7(a)). It was slightly

reduced around solstice, compared to its values in late autumn and early spring. When

clouds were used, this reduction in shear around solstice was more substantial (Figure

5.7(b)). The jet also appeared sharper and tilted further from the vertical around 100Pa,

with an equatorward shift closer to the ground, at Ls = 270◦.

The correlation between Eady growth rate and RMS transient eddy temperature is seen

in Figure 5.8, which shows the maximum values of the two quantities at 200m above the

surface within 30–90◦N, along with the growth rate at the location of the (200m) RMS

temperature maximum. For τ∗MY 24, the peak temperature variance in the northern domain

showed a correlation with the maximum Eady growth rate, and both fell to half their

Ls = 210◦ values by 270◦. However, the locations of the two maxima differed somewhat

after Ls ∼ 210◦. As can be inferred from Figure 5.7(b), the peak Eady growth rate was

found at 60–80◦N throughout the season, whereas the maximum in temperature variance

was centred south of 60◦N after about Ls = 210◦ (Figure 5.6(c)). The post-solstice increase

in RMS temperature and eddy activity (Ls = 290–320◦) was not matched by a significant

local rise in growth rate, but rather by an increase to the growth rate to the north of this

location, at ∼ 70◦N. It is notable that the pre- and post-solstice maxima in peak Eady

growth rate were very sharp with respect to Ls, consistent with the limited periods of

strong NH eddy activity seen in Figure 5.4(d) (and Figure 5.1).

The same plot for τMY 24 shows that its more moderate solsticial RMS temperature

reduction was accompanied by reductions in both local and domain-maximum Eady growth

rates. The local growth rate at solstice again fell to less than half of its pre-solstice value,

suggesting that the maximum RMS temperature, which had only decreased to ∼ 2
3 of

its pre-solstice value, was to some extent being maintained by the presence of a larger
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growth rate, situated to the north, which displayed only a slight solsticial minimum. This

could be possible through equatorward propagation of disturbances from 60–70◦N, since

the meridional flow near the surface is relatively strong (along the topographic channels)

in the autumn period, as evidenced by the propagation of flushing dust storms in the same

direction.

For the assimilation, the situation appears more complicated, and RMS temperature

peaks were less well predicted by the Eady growth rate. While the maximum RMS tem-

perature fell to less than half of its peak value at solstice, the local growth rate decreased

by a smaller fraction, and this decrease was delayed by ∼ 30◦ of Ls. The latitude of peak

growth rate coincided more closely with peak eddy activity than it did in the model, as

peak growth rates moved southward to ∼ 60◦N over Ls = 220–330◦. The post-solstice rise

in RMS temperature at Ls = 315◦ was matched by a brief increase in local growth rate,

however, as the CO2 cap began to recede and the latitude of peak eddy activity moved

slightly northward. It should be noted that the quasi-geostrophic assumption behind the

Eady growth rate would be tested at such low altitudes, within the turbulent planetary

boundary layer.

5.3.4 Similarities with ‘dust storm’ simulation

Similar results were observed in the dust storm simulation τhigh, which produced a signifi-

cant northern hemisphere pause (see Table 5.1) despite not including water ice clouds. As

shown in other studies, an increased dust loading enhances the mean meridional circulation

and strongly increases the polar warming over northern high latitudes (as much as 60K

warming at the 10Pa level, in comparison to τlow) (Figure 5.9). This resulted in a stronger

tilt of the entire jet, which lead to a reduction in vertical shear near the surface at 60◦N,

similar to that seen previously. It was at winter solstice that the principal meridional over-

turning cell (PMOC) was strongest and the tilt of the jet most pronounced, and thus the

instability at the ground was suppressed. s = 1 waves were most strongly affected, and

s ≥ 3 less so, giving a decrease in the dominant wavelength, in agreement with Barnes et al.

(1993) and Kuroda et al. (2007).

In this simulation the variation in peak RMS temperature was well-matched by the local

Eady growth rate, as both dropped to around half their pre-solstice values at solstice (Figure
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Figure 5.9: As Figure 5.6(a), but for τhigh.

5.10). The maximum growth rate within the domain reached a minimum, at Ls = 280◦, of

around 1
3 of its pre-solstice value. By contrast, in τlow, a similar ∼ 50% solsticial reduction

in local Eady growth rate did not lead to any reduction in peak temperature variance.

Meanwhile, the maximum growth rate in the domain reached a maximum around solstice.

The differences between τlow and τhigh here lend support to the idea that consistently

high growth rates at higher latitudes can contribute to the maintenance of eddy activity

in the midlatitudes (along the polar cap edge, where the surface temperature gradient is

strongest).

It appears therefore that in each of τ∗MY 24, τMY 24 and τhigh (as well as τ∗low , not shown),

the simulated solsticial pause formed due to a meridional tilting of the westerly jet — for

the dust storm case this affected the whole jet and was due to the enhanced seasonal

expansion of the PMOC, whereas for the more typical non-storm case, the equatorward

shearing occurred primarily near the ground, due (in the model) to the influence of the

polar hood clouds.

5.3.5 Southern hemisphere

The southern hemisphere winter jet, though weaker than in the north, also exhibits a

poleward tilt over its full height, which is significant over Ls ∼ 30–150◦. A strong reduction

in windspeed poleward of 60◦ near the ground was seen in the model at this time, and it
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Figure 5.10: As in Figure 5.8, but for τhigh (top) and τlow (bottom).

was slightly enhanced when clouds were included. Clouds also reduced ū and
∂ū

∂z
at the

ground at 40–50◦S, giving a deeper solsticial pause in τ∗MY 24 than in τMY 24. By contrast,

the wind shear did not weaken around solstice for τlow, and no pause was produced.

The southern hemisphere minimum in τ∗MY 24 was seen despite consistently large Eady

growth rates at ∼ 70◦S (Figure 5.11). Variations in RMS temperature were in agreement

with the local predicted growth rates, as around solstice both fell to ∼ 1
3 of their pre-

solstice values, though the post-solstice rise in RMS temperature was not accompanied by

an increase in either the local or the peak growth rate. The fact that, unlike in the northern

hemisphere, the presence of larger Eady growth rates at higher latitudes did not sustain eddy

activity around solstice could be explained by the greater separation in latitude of the cap

edge and the peak growth rate region that existed around solstice — during Ls = 60–140◦,

the peak temperature variance was located at 30–40◦S (c.f. 40–50◦N), while the peak in
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Figure 5.11: As Figure 5.8, but for 30–90◦S during southern autumn/winter, in simulation τ∗

MY 24.

growth rate remained at 60–70◦S — or by the existence of less favourable conditions for the

equatorward propagation of disturbances. The 60–70◦S growth rates may have contributed

to the larger post-solstice RMS temperature maximum, which occurred in closer proximity,

over ∼ 40–60◦S, as the south polar cap contracted. In the assimilation of southern autumn

and winter of MY25 (not shown), the situation was quite different, as both measures of

growth rate at 200m minimised around solstice, along with temperature variance.

5.4 Other causes

In addition to the change to the basic state caused by the presence of water ice clouds,

several other potential causes of the solsticial pause were investigated, in part taking inspi-

ration from the mechanisms suggested for the terrestrial midwinter suppression. The first

such mechanism considered (which is closely related to the ideas presented in the previous

section) is an increase in the barotropic shear of the near-surface atmosphere, which may

suppress baroclinic activity via the ‘barotropic governor’ (James and Gray, 1986). Another

possibility is that heating/cooling caused by the presence of the clouds suppresses baroclinic

waves directly, through diabatic damping (Chang, 2001). In contrast to Earth, this would

not be through condensational heating, owing to the tenuous nature of ice clouds on Mars,

but could occur rather through the radiative impact of the clouds. Finally, the solsticial

pause could primarily be the result of a topographic effect, activated only when clouds are

present by means of a shift in the location of the region of peak baroclinicity.
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Figure 5.12: Left: Rate of generation of eddy kinetic energy (in Wm−2), integrated over the model
height and averaged over 30–90◦N, through baroclinic conversion from eddy available potential
energy (solid) and through barotropic conversion from zonal-mean kinetic energy (dashed), from
τ∗

MY 24. Right: the same from τMY 24.

5.4.1 Barotropic shear

James and Gray (1986) noted that flow with a substantial barotropic component can become

significantly stabilised with respect to baroclinic instability, due to deformation of any

disturbances which should occur at a rate proportional to the horizontal wind shear, ūy.

By comparing this rate to the expected linear growth rate, they suggested that instability

is significantly reduced when

Nūy

fūz
& 0.31 (5.2)

James and Gray envisaged the barotropic governor as converting eddy kinetic energy

(EKE) into zonal mean kinetic energy, and additionally reducing the rate of baroclinic

conversion from zonal available potential energy (APE) to EKE. The northern hemisphere

at winter solstice actually generated significant transient eddy energy barotropically in the

model (i.e. converting zonal mean KE into EKE), though not when clouds were neglected

(Figure 5.12). For both τ∗MY 24 and τMY 24, total barotropic and baroclinic conversion rates

over 30–90◦N were anticorrelated. MY24 of the assimilation displayed a similar pattern

to τ∗MY 24 of barotropic generation around solstice and dissipation before and after, though

there were differences in the timing of the switchover points, and pre- and post-solstice dis-

sipation rates were lower for the assimilation. These energy conversion rates were calculated



138 CHAPTER 5. THE MARTIAN SOLSTICIAL PAUSE

Figure 5.13: The dimensionless quantity
Nūy

fūz

, calculated for simulation τ∗

MY 24, during au-

tumn/winter in the northern hemisphere. The dashed contour shows where this quantity is equal
to 0.31, and the solid line marks the latitude of the strongest meridional temperature gradient
at each model height level. The volume within the 0.31 contour should be ‘protected’ from the
barotropic governor’s effect.

using the formulae from Peixoto and Oort (1992):

C(PE ,KE) = −

∫

ω′α′dm (5.3)

C(KM ,KE) ≈ −

∫

u′v′ cosφ
∂(ū/ cosφ)

R∂φ
dm (5.4)

where ω is the vertical pressure velocity, α is the inverse of the specific density, φ is lati-

tude, R is the planetary radius and m is the mass of the atmosphere per unit area; primed

quantities denote deviations from the time-mean and an overbar denotes a zonal average1.

The rates were integrated over the domain 30–90◦N. Baroclinic conversion was primarily re-

sponsible for the pre- and post-solstice surface eddy maxima, and the solsticial pause can be

identified as a minimum in the baroclinic conversion rate in Figure 5.12. Baroclinic contri-

butions to this mass-weighted total came predominantly from the lowest atmospheric scale

height. Barotropic conversion, however, was much less vertically limited, and the solsti-

cial maximum seen for τ∗MY 24 in Figure 5.12 contained energy conversion from throughout

the atmosphere, including near the location of the upper RMS temperature maximum.

Therefore, this increase in barotropicity represented changes in the atmosphere as a whole;

however, this did include a near-surface increase over 30–70◦N.

1Other terms in the Peixoto and Oort expression for C(KM ,KE) were found not to be significant, hence
the use of the ‘≈’ in (5.4); a boundary term (at 30◦N) was, however, included in the calculation.



5.4. OTHER CAUSES 139

It has already been seen that ūz decreases around solstice, which on its own leads to

reduced linear baroclinic growth rates; however, a further suppression would be suggested if

condition (5.2) were satisfied. Figure 5.13 shows that large portions of the low atmosphere

(outside the dashed region) did satisfy the condition, but at the latitude of strongest tem-

perature gradient it was generally not satisfied near the surface, implying that the most

unstable latitudes remained, to some extent, protected from any suppressive influence of

the barotropic wind shear. Although the volume of the atmosphere in which the condition

was not satisfied decreased around solstice, it remained largely intact at the surface. The

seasonal variation of this volume, and of its position with respect to the peak temperature

gradient, was very similar in the cloud and no-cloud (not shown) cases, which displayed

rather different solsticial pauses. Therefore it would seem that, while the barotropic gov-

ernor may be limiting baroclinic instability more generally, it is not primarily responsible

for the suppression near the surface during winter. The increase in the barotropicity of

the atmosphere seen around solstice for τ∗MY 24 does seem to be important — it was seen

consistently in each simulation that produced a solsticial pause, caused either by the pres-

ence of clouds or by a dust-enhanced circulation around solstice — but the transition from

baroclinic to barotropic conversion in the low atmosphere can be seen in the reduction of

vertical wind shear as presented in the previous section, and it does not seem necessary to

invoke any additional suppression to explain the observed reduction in eddy activity.

5.4.2 Diabatic heating/cooling

Chang (2001) found from a modelling study that a contribution to the midwinter suppres-

sion on Earth could be given by a diabatic dissipation of eddy APE, caused by surface

sensible heat flux. Away from winter solstice, he found that stronger generation of eddy

APE from condensational heating was enough to overwhelm the dissipation by the surface

heat flux, thereby increasing storminess.

Figure 5.14 shows the rate of generation of eddy APE in the northern hemisphere of the

two MY24 runs, due to diabatic heating and through baroclinic conversion from zonal-mean

APE. The diabatic generation rate is (following Peixoto and Oort (1992))

∫

ΓQ′T ′ dm,

where Q′ is the eddy diabatic heating rate and Γ is an inverse static stability parameter

defined as Γ = −

(

κθ

pT

)

(

∂θ̃

∂p

)

−1

, where θ̃ is the domain-mean potential temperature on
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Figure 5.14: Eddy available potential energy generation rates (in Wm−2), vertically integrated
and averaged over 30–90◦N, for τMY 24 (red) and τ∗

MY 24 (blue). Lines show contributions from
baroclinic conversion (dashed) and diabatic heating (dash-dotted), and their sum (solid).

a particular pressure surface. The rate includes contributions from direct heating by dust,

CO2 and water ice clouds, and the surface sensible heat flux. The contribution from latent

heat of condensation was several orders of magnitudes smaller, so was neglected. In both

cases diabatic effects dissipated eddy APE throughout the autumn/winter period, meaning

that perturbations in radiative cooling were positively correlated with positive temperature

perturbations, and thus acted to damp baroclinic waves. Since most of the winter polar

atmosphere receives little or no solar flux, this reflects the fact that warm regions tend to

cool faster than colder regions.

Diabatic destruction of eddy APE acted in opposition to, and primarily varied in re-

sponse to, its generation baroclinically from zonal APE, which peaked before and after

solstice in both cases. The net result (generation− loss) showed seasonal progressions that

agreed with the respective near-surface temperature variances, with a lower net APE gen-

eration rate over Ls = 240–300◦ for τ∗MY 24. Over ∼ 240–270◦, baroclinic conversion was at

least as rapid for τ∗MY 24 as for τMY 24, and the lower net rate was due to greater diabatic

dissipation. However, for ∼ 270–300◦, the lower net rate for τ∗MY 24 was the result of reduced

baroclinic conversion. From these domain-average figures, it appears that thermal damping

caused by water ice clouds could have been partly responsible for the deeper solsticial pause
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Figure 5.15: (Left) Height of the zonally averaged Martian surface above the areoid (m). (Right)
The standard deviation of surface height above the areoid around latitude circles (km).

produced in τ∗MY 24.

5.4.3 Topographic effects

Another important consideration which has been ignored thus far is the substantial and

complex topography that exists on Mars. Figure 5.15 shows the zonally averaged difference

between the Martian surface and the ‘areoid’ (the Martian equivalent of terrestrial sea level),

and its zonal standard deviation. Most of the northern hemisphere slopes downward towards

the pole, while the southern polar region slopes upward towards the pole. Blumsack and

Gierasch (1972) suggested that the northern hemispheric surface, with the lower boundary

sloping in the opposite sense to the isentropes, should reduce baroclinic instability and shift

the most unstable mode to shorter wavelengths, with the magnitude of the effect increasing

with the steepness of the gradient. The meridional topographic slope is steeper over ∼ 35–

50◦N than it is over 50–75◦N, which would suggest that eddy activity in the northern

hemisphere should be reduced if and when the baroclinic zone moves south of ∼ 50◦N.

Using the temperature gradients of Figure 5.4(d) as a guide, this progression to or beyond

50◦N appears to coincide with the duration of the solsticial pause. A similar argument

could be made for the southern hemisphere in the region just north of 60◦S, although the

meridional variation is more complicated than it is in the northern hemisphere.

The Martian surface is also notably more zonally symmetric poleward of ±60◦ than in

midlatitudes. Yu and Hartmann (1995) found that adding topographic features to a zonally

symmetric surface resulted in a transfer of wave energy from transient to stationary waves,
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and from high to low frequencies. In their paper, ‘high frequency’ was defined as those

waves with a period less than 7 days — therefore it is possible that most Martian transient

waves, having relatively short periods, will be suppressed to some extent by the presence

of the large zonal variations in topography that exist equatorward of ±60◦.

A critical latitude for suppression of instability can be hypothesised, situated at around

50–60◦ in each hemisphere. In the northern hemisphere, one or both of the increase in

meridional slope and the increase in zonal asymmetry south of 60◦N may act to limit

transient eddy activity. To investigate which, if either, of these effects exert an influence,

two further model runs were performed. One simulation used zonally averaged topography,

while the other had the mean meridional slope of the topography removed by subtracting

the zonal mean surface height from each gridpoint. Both were forced by the MY24 dust

scenario and included radiatively active water ice clouds. The dust scenario was not zonally

or meridionally smoothed; however, the scenario is defined relative to a reference pressure

level, so dust opacities do not retain a signal of the non-averaged Martian surface, only of

heterogeneities that existed in the opacity field at the reference level.

The results, which can be compared to those in Figure 5.4(d), are shown in Figure

5.16. For the zonally averaged topography run, temperature perturbations in the northern

hemisphere were increased over those from τ∗MY 24 throughout autumn/winter, and the

solsticial pause was no longer produced; in fact, there was now a solsticial maximum. This

was accompanied by a consistently large vertical wind shear (and therefore growth rate) at

60–75◦N. The region of peak temperature variance spread further south, as far as 30–40◦N,

where previously there was a strong s = 3 topographic forcing. In this run s = 3 eddies

were most active over Ls = 230–330◦, during the period of increased dust loading; s = 1

and s = 2 were also present around solstice and showed peaks post-solstice. However, these

variations may have been partly induced by any topographic signal present in the dust

scenario used.

A dramatic change was seen in the southern hemisphere, where peak RMS temperatures

increased and were now of comparable magnitude to those in the northern hemisphere.

Several short maxima and minima were seen but eddies remained fairly strong over Ls = 30–

150◦ at 30–50◦S, whereas in τ∗MY 24 they were absent from this region/season. It appears

that the zonal topographic asymmetry at these latitudes is a major reason for the weakness
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Figure 5.16: Transient RMS temperature (K) at 2.5 km for runs using the MY24 dust scenario with
radiatively active water ice clouds, and using (a) zonally averaged topography (b) topography with
the mean meridional slope removed. The meridional temperature gradient at 200m (10−6 Km−1)
is overlaid in white contours.



144 CHAPTER 5. THE MARTIAN SOLSTICIAL PAUSE

of eddy activity in the southern hemisphere, where RMS values & 3K are rarely seen north

of 60◦S. In this simulation with zonally averaged topography, s = 1 eddies were weak

throughout the autumn/winter period, s = 2 peaked at Ls = 0–30◦ and 120–180◦, while

s = 3 were strongest over 30–120◦. Peak 200m Eady growth rates at 60–70◦S were much

larger than for τ∗MY 24, though the peaks in RMS appeared to follow fluctuations in local

growth rate at ∼ 45◦S for much of the autumn/winter period.

The simulation with the meridional topographic slope removed produced a marginally

shallower minimum in the northern hemisphere than τ∗MY 24, implying that an increased

meridional slope at 35–50◦N does slightly suppress instability. There was also a general

reduction in temperature variance in the NH — with the exception of the pre-solstice

peak, Eady growth rates were larger than they were for τ∗MY 24, yet weaker waves resulted

throughout autumn and winter. This was possibly a result of the decreased surface pressure

in the northern hemisphere, as the surface now sat higher relative to the areoid than in

τ∗MY 24. Baroclinic activity at the most unstable latitude again followed the Eady growth

rate where it was strongest, north of 60◦N. The southern hemisphere saw very little change

from τ∗MY 24.

5.5 Summary and relevance to MY24–26

The Martian solsticial pause has been convincingly simulated by the UKMGCM, when run

with a realistic dust loading and the inclusion of radiatively active water ice clouds. Both

increased dustiness and ice clouds alter the thermal structure of the polar atmosphere,

lowering the zonal wind and its vertical shear near the surface at mid- and high latitudes

around winter solstice, causing a decrease in baroclinic growth rates. The suppression

occurs only very close to the surface and affects eddy activity in the lowest atmospheric scale

height, making this midwinter suppression quite different from the equivalent phenomenon

on Earth, in which transient eddies are seen to decrease around winter solstice in the

north Pacific throughout the troposphere, during certain years. Many of the explanations

suggested for the terrestrial suppression, including increased barotropic damping (Deng

and Mak, 2006) and an inverse correlation with the strength of the westerly jet (Zhang and

Held, 1999), do not apply to the Martian case, but are not needed to explain the observed

transient activity. The Martian solsticial pause appears, in fact, to be less mysterious
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than the terrestrial suppression, as baroclinicity at a particular location near the surface

is actually reduced around solstice. The Pacific solsticial suppression, on the other hand,

occurs as a localised effect at odds with an atmospheric baroclinicity that is at a maximum

(Nakamura, 1992).

5.5.1 Factors contributing to the solsticial pause

Baroclinic eddy activity near the surface in both hemispheres appears to be accurately

predicted by linear instability theory. In all model runs that produced a solsticial pause,

and to a lesser extent in the assimilation of MY24, variation in transient eddies was accom-

panied by changes in Eady growth rate, driven by changes in surface vertical wind shear.

Quantitative agreement was found between variations in growth rate and the amplitude of

temperature perturbations, though in some situations it was necessary to consider both the

growth rate at the location of the eddy maximum and the (often larger) rate elsewhere in

the hemisphere. There was evidence that a high wind shear at high latitudes could sus-

tain wave growth at midlatitudes, though the effect was seen not to apply in the southern

hemisphere, perhaps due to a larger spatial separation between the two regions.

The barotropic governor effect does not seem to play a significant role in the Martian

solsticial pause in either hemisphere. Diabatic dissipation, in the form of radiative damping,

appears to play a modest role, in concert with modulations in the local Eady growth

rate itself. The Martian topography, however, does suppress eddies particularly strongly

around solstice. Specifically, it is the zonal asymmetry of the midlatitude topography

which exerts a strong influence on transient activity in both hemispheres. In the case of the

southern hemisphere, the removal of this asymmetry increased model RMS temperature

during autumn and winter by around a factor of two, bringing magnitudes close to those

seen in the northern hemisphere. A difference between the two hemispheres might be

anticipated, based on the slightly weaker winter baroclinicity in the southern hemisphere

(owing to Mars’ orbital eccentricity), but as noted by Barnes et al. (1993), this difference

does not seem large enough to explain the significantly weaker transient eddies observed in

southern autumn and winter. The effect of removing the zonal asymmetry in the southern

hemisphere was to increase Eady growth rates near the surface over ∼ 40–80◦S — peak

growth rates were still located at 60–70◦S, but relatively large values reached as far north
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as 40◦S, producing waves at this latitude around solstice.

In the northern hemisphere, the absence of zonal variations in topography allowed a

large surface vertical wind shear to be maintained throughout autumn and winter at 60–

70◦N, where it would otherwise have tended to reduce around solstice. A secondary peak

in wind shear and growth rate at 10–30◦N was possibly also important in creating the

solsticial maximum seen for this simulation. Further altered-topography runs will be neces-

sary to determine why the zonal asymmetry in topography suppresses waves so much more

strongly in the southern hemisphere than in the northern hemisphere, as the variation of

this asymmetry with latitude is fairly similar in each of the two hemispheres (Figure 5.15).

This is pertinent to the occurrence of cap-edge dust storms (and potentially also larger

storms) during the recent history of Mars, since the precession of the solar longitude of

perihelion, which occurs with a period of ∼ 50 kyr (Ward, 1974), is roughly equivalent to

the flipping of the topography about the equator every ∼ 25 kyr.

The meridional topographic gradient did not have as strong an influence on model

results, as when it was removed, northern hemispheric eddy activity was slightly weakened,

when it might have been expected to increase due to the removal of a lower boundary that

slopes downwards towards the pole. As a result of the meridional averaging, the northern

hemisphere was raised to a higher altitude, which implies a lower CO2 frost point and greater

temperature inversions over the cold polar cap, making the atmosphere more statically

stable. It would appear that this had a greater effect on eddies than the change to the

slope of the lower boundary. The NH solsticial pause was, however, slightly shallower than

for τ∗MY 24, presumably because of the removal of the steeper meridional slope at 35–50◦N. In

the southern hemisphere, the magnitudes of the pre- and post-solstice peaks were essentially

unchanged, suggesting that the replacement of a boundary sloping upwards towards the

pole (at 50–60◦S and 75–90◦S) with a flat surface, which should reduce instability, was

roughly balanced by the decrease in surface pressure, which may enhance instability due to

weakened temperature inversions and static stability over the polar cap.

5.5.2 Interannual variability in surface travelling waves

This insight into the reasons behind the surface suppression in northern midlatitudes made

it possible to draw some conclusions regarding the interannual variability seen in northern
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Figure 5.17: Transient RMS temperature at 2.5 km, averaged between 40◦N and 80◦N, for MY24
(solid), MY25 (dotted) and MY26 (dashed), from the assimilation.

hemispheric travelling waves in the TES data (Figures 5.1 and 5.2), building on ideas

discussed in Wang (2007). Figure 5.17 illustrates more clearly the variation in the length

and depth of the solsticial pause at the surface in each of the three years.

The earlier reduction in transient eddy activity seen in MY26 compared to MY24 fol-

lowed the earlier development of the upper maximum and tilt of the westerly jet due to the

regional storm at Ls = 210◦ in MY26. Wang (2007) found that flushing storms, which dis-

appeared upon the onset of the 210◦ storm, did return briefly over Ls = 230–250◦ which, as

can be seen from Figure 5.1, was a period of moderate transient activity along the cap edge.

She attributed the eventual cessation of flushing storms at Ls = 250◦ to the progression into

the solsticial window, where the change in atmospheric state makes it impossible to sustain

flushing storm activity. The particular aspect of this change that is relevant, according to

the results shown in the previous section, is the tilt of the westerly jet, particularly near

the ground, which increases naturally around solstice, even without an increase in global

dust loading.

The pause seen in τ∗low would suggest that this seasonal change to the jet, when aug-

mented by the radiative impact of water ice clouds, is enough to effectively reduce the

vertical wind shear at the surface so as to inhibit low level baroclinic growth, and therefore
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that a solsticial pause should occur in each Martian year, regardless of global dust loading.

This makes sense particularly with regard to the southern hemisphere where, in contrast to

the NH, winter solstice is generally not accompanied by a rise in visible dust opacity much

beyond the value of 0.2 used in τ∗low and τlow. The fact that a solsticial pause was seen in

the SH for τ∗low but not τlow means that clouds do seem to play a role.

However, some caution is required, as the model currently overestimates polar hood

cloud thicknesses. Visible ice opacities in the model north polar hood were typically 0.2–0.5,

and reached values of around 1 at their peak at Ls ∼ 240◦, leading to a strong cooling near

the ground. Recent results fromMars Climate Sounder (McCleese et al., 2007; Benson et al.,

2011) found that typical north polar hood visible opacities are around 0.1–0.3, suggesting

significantly thinner clouds than simulated here by the model, particularly during mid-

autumn. Related to this, in comparison with the assimilation, it seems that the jet tilt in

autumn and winter (shown in Figure 5.6(a)) was overestimated near the ground. Southern

hemisphere visible cloud ice opacities were more realistic — 0.05–0.15 along the edge of

the polar cap from Ls = 30◦ to 120◦ — but a post-solstice thickening in polar hood cloud

observed by Benson et al. (2010) was absent, as was a solsticial minimum in ice opacity. If

cloud opacities were overestimated, they may have contributed too strongly to the surface

cooling and weakening of the near-surface zonal wind in mid- and high latitudes around

solstice. This appears to be true in the southern hemisphere, as the simulated pause of

τ∗MY 24 was too severe in comparison to the assimilation, which was arguably reproduced

better (in the SH) by τMY 24 (compare Figures 5.4(b) & 5.4(d) with Figure 5.1). This would

imply that the use of a realistic dust scenario is as at least as important in replicating the

observed SH pause as is the action of the clouds in the south polar hood. In the northern

hemisphere, the low dust optical depth may have been overcompensated for by the presence

of polar hood clouds, so that in reality such low dust loading conditions (should they ever

occur on Mars) would not produce such a significant solsticial pause as that seen in τ∗low.

Conversely, a large dust storm may not fully suppress surface transient eddies if it occurs

too early in the year. The pre-solstice peak in surface RMS temperature was lower in MY25

than in the other two years, but nevertheless values of ∼ 6K were present at Ls = 200◦,

while the global dust storm (GDS) was in progress — it seems that pre-210◦ is simply

too early to force a sufficient tilt in the jet near the ground to properly suppress surface



5.5. SUMMARY AND RELEVANCE TO MY24–26 149

instability, even with a storm as large as the one in MY25. This fits with the results of

simulation τhigh (Figure 5.10), in which eddy activity was not reduced until after Ls ∼ 220◦,

despite an equally high dust loading during Ls = 180–220◦.

The post-solsticial peak in eddy activity was delayed by ∼ 20◦ in MY26 compared to

the previous two years — this can be linked to the dramatic increase in dust loading seen

towards the end of that year (the 315◦ dust storm), which led to a temporary reversal of

the seasonal decrease in the magnitude of the polar warming, and associated tilt of the

jet, that usually occurs at this time of year. When the late-winter storm occurred, the

temperature at 10Pa, 60◦N, which had been declining since Ls = 270◦, increased again, by

∼ 10K, as the PMOC expanded in response to the increase in dust loading. The tilt that

this imparted to the jet allowed a renewed suppression of the near-surface vertical wind

shear and therefore of the eddy activity, which had been increasing in line with the other

two years until the occurrence of the storm.

Dust lifting in the northern midlatitudes appears to possess a self-limiting quality,

whereby the occurrence of a series of flushing storms is likely to inhibit the development

of further such storms through the strengthening of the PMOC (Wang, 2007). Periods of

flushing storm activity in early autumn and late winter seem certain to occur, however, as

outside Ls ∼ 210–330◦ it is very difficult to force the tilt in the lower part of the westerly

jet that is needed to reduce growth rates. What is less certain is that there must be an

annual window where no flushing storms occur. Whether or not these conditions occur in

a certain year may depend on there being a sufficiently large dust loading around northern

winter solstice, resulting either from the occurrence of a flushing storm or more simply by an

increase to the ‘background’ loading above some baseline level. The minimum simulated by

τ∗low suggests that this is actually not necessary (at least not to a visible opacity any larger

than 0.2), but as mentioned previously, this run may have overestimated the contribution

to eddy suppression of water ice clouds.



Chapter 6

Dust interaction with water ice

clouds

With a flexible dust lifting scheme (developed in Chapters 3 and 4) and radiatively active

water ice clouds (introduced in the previous chapter), it is possible to use the UKMGCM

to study the interaction between dust and water, a primary goal of the project. The key

areas in which this interaction is manifested include dust lifting at the cap edges, transport

into the winter polar regions and deposition onto the polar caps, cross-equatorial dust

transport, modifications to vertical dust mass profiles, and feedbacks on the water cycle. In

this chapter, the performance of the model’s cloud scheme is analysed using both prescribed

and transported dust, and the changes imposed upon dust lifting patterns by the addition

of active clouds are shown. Then, the effect of dust scavenging, due to both heterogeneous

cloud nucleation and CO2 snowfall, is introduced. The sensitivity of various climate features

to the efficiency of nucleation is investigated, with a view to gaining an insight as to what

the true efficiency of the process may be.

6.1 The UKMGCM cloud scheme

The cloud microphysics used in the model were formulated by Montmessin et al. (2004).

Briefly, the scheme calculates cloud ice growth rates at each timestep as a function both of

the saturation ratio and of the number of dust particles available to act as ice nuclei (IN).

150
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Two tracers, water vapour and water ice, are used, and mass is distributed between the two

modes. Ice particles are assumed to be monodisperse, and the mean radius at each gridpoint

is calculated by dividing the ice mass present among the number of IN, assuming that each

ice particle contains one dust particle at its core. Coagulation of ice particles is neglected,

as this is thought to involve only particles smaller than 0.1µm in radius (Montmessin et al.,

2002). Sedimentation velocities are calculated for the ice tracer only, and are adjusted to

account for an assumed lognormal size distribution with a prescribed effective variance νsed.

Nucleation is assumed to occur only heterogeneously, i.e. the presence of IN is essential for

cloud formation. The cloud ice mass mixing ratio tendency at each gridpoint, dMc, is

calculated, for a timestep of length dt, as

dMc = 4πN r2cdrc = 4πN rc
S − Seq

(Rc +Rd)
dt, (6.1)

where N is the IN number density, rc is the mean ice particle radius, S is the current water

vapour saturation ratio, Seq is its equilibrium value of 1, and Rc and Rd are terms account-

ing for the heat and molecular diffusion resistances to crystal growth (see Montmessin et al.

(2002)). Ice crystal growth is therefore favoured when the saturation S and IN number den-

sity N are large, and becomes progressively easier as rc increases. Initial crystal formation

is allowed only when S exceeds 1.4, which corresponds to a contact angle parameter of

0.95 (Michelangeli et al., 1993). This is higher than the saturation ratio required to begin

nucleation calculated by Määttänen et al. (2005) of 1.18, though it was found that results

were not particularly sensitive to this choice.

When using prescribed dust opacities, N must also be prescribed. This is done by

assuming for the vertical distribution of dust number density the same Conrath function

that is used to distribute the column opacity into each of the vertical layers in the model’s

radiation scheme (equation (2.1)), and constraining the total column abundance of dust

particles using the prescribed column opacity. Dust particle size, also required to calculate

rc, is taken as a constant 1.5µm in this case. The calculated IN number density is multiplied

by a tunable scaling factor, Rs, to account for the unknown fraction of dust particles that

become involved in cloud formation (this is later identified as the scavenging efficiency — see

§6.3). The setup of the scheme makes it easy to alternatively obtain N from a transported

dust field, if the dust cycle is being simulated. In this case, particle number density and
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radius are known at each gridpoint, and it is possible to select as IN only those particles

with radii greater than 100nm, found by Määttänen et al. (2005) to be an approximate

critical radius, below which nucleation rates decrease rapidly with decreasing size1. The

reduced dust number densities are further multiplied by Rs, to give N .

6.1.1 Water cycle results with the MY24 dust scenario

Using radiatively active clouds with the MY24 prescribed dust scenario, and with best-fit

settings for νsed and Rs (Madeleine, 2011) and a value of 0.45 for the visible albedo of

surface water ice, produced vapour abundance and cloud opacity fields as shown in Figure

6.1. Cloud opacity at low latitudes compares well with TES data (Figure 1.2), though

the aphelion cloud belt (ACB) was centred around 20◦ too early in solar longitude, and

there was too much cloud ice at the equator at Ls = 180–240◦. When polar hood opacities

are compared to those measured by MCS, several differences are apparent. South polar

hood cloud thickness and location during autumn match well with the data presented by

Benson et al. (2010), and a decline in opacity after the peak at Ls = 40◦ was captured.

However, the reformation of the south polar hood over Ls = 120–200◦ was not simulated by

the model. In the northern hemisphere, polar cloud opacity may exhibit some interannual

variability, dependent on dust storm activity, so the results using the MY24 dust scenario

need not necessarily match the MY29 MCS observations; nonetheless, peak model IR ice

opacity (∼ 1, at Ls = 230◦) significantly exceeded the maximum value of ∼ 0.1 reported by

Benson et al. (2011), so it is very likely that the model was overestimating north polar hood

cloud thickness at this time. Later in NH winter, cloud optical depths were in agreement

with Benson et al. (2011); however, the model north polar hood persisted too long into

spring, as MCS observed its disappearance at around Ls = 20◦, rather than the date of

∼ 60◦ seen here.

Vapour abundances, in comparison with TES (Smith, 2008), were too low by a factor

of ∼ 2 in this run (even moreso at the south pole in spring), although the qualitative

behaviour was largely correct, except for the strange feature seen in northern midlatitudes

around Ls = 210◦, which is not replicated in the observations. The north polar vapour

maximum could be increased by using a lower cap albedo (a value of 0.4 would not be

1The same phenomenon occurs on Earth: small ‘Aitken mode’ aerosol particles are known to be less
efficient as IN than larger particles (Pruppacher and Klett, 1978).
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Figure 6.1: Zonal-mean water vapour column abundance (pr µm, top) and water ice cloud 12
micron opacity (middle), for the best-fit water cycle simulation using prescribed (MY24) dust
opacity. In the latter, white contours mark opacity levels (0.2, 0.5 and 1) past the limit of the
colour scale, which is designed (in both plots) to be visually comparable to the TES observations
of Figure 1.2. Visible dust opacity from the MY24 scenario is shown in the bottom plot.
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unrealistic); however, the increase in supply of water to the atmosphere would lead to an

increase in cloudiness, and therefore further parameter changes may be necessary to retain

a realistic ACB.

It must be noted at this point that the variance assumed for the ice particle size dis-

tribution when computing sedimentation rates, νsed = 0.45, was significantly larger than

the value of 0.1 used by Clancy et al. (2003) and in the model’s radiation code. The larger

variance increases the effective ice sedimentation rate and thus reduces the atmospheric

ice content: without such a large νsed, cloud opacities produced were too large. A further

reduction to ice abundance comes in the form of Rs, which was set to 0.22; however, this is

not in disagreement with any measurements (of nucleation efficiency), since none currently

exist. Likely values of Rs are discussed further in later sections.

6.2 Dust lifting with radiatively active clouds

6.2.1 Effect of clouds on surface winds

The addition of radiatively active ice clouds to the model had a significant impact on the

thermal structure of the atmosphere, particularly near the surface, enough to affect winter

baroclinic wave activity (as seen in the previous chapter), and surface wind strengths at

various latitudes. This was explored using two of the simulations performed in Chapter

5 (τMY 24 and τ∗MY 24, each of which used the same initial conditions and was forced by

the MY24 dust scenario); one had no water cycle, and the other did have a water cycle,

including radiatively active clouds. The zonal-mean surface drag velocity from the former

is shown in Figure 6.2, along with the change due to the addition of clouds. In both cases,

winds were strongest in southern spring and summer, in the northern polar latitudes and

the southern subtropics. Without clouds, a minimum in windspeed formed in northern high

latitudes around Ls = 270◦, and when clouds were activated this minimum became more

pronounced. Cap-edge winds were maintained better in northern spring (Ls ∼ 0–60◦) with

active clouds. The inclusion of clouds also strengthened winds in the tropics and subtropics

near the solstices.

Eddy activity is also of relevance to dust lifting and transport. Since it is the peak wind

gusts which often are responsible for bursts of dust lifting, periods of strong wave activity
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Figure 6.2: Zonally averaged horizontal wind magnitude from the lowest model level (m s−1),
from the run without clouds (top) and the change due to the addition of radiatively active clouds
(bottom).

can result in intense lifting, if a suitable background wind is present; furthermore, it will

be shown later that eddy dust fluxes are the dominant means of meridional transport

in certain regions. The transient and stationary components of meridional velocity v at

a height of 2.5 km above the ground are plotted in Figure 6.3. As in Chapter 5, the

transient component has been filtered to include only waves with periods of 1.5–10 sols,

and stationary components were calculated using a time window of 20 sols. Differences

were seen in transient eddy activity in NH autumn and winter: the solsticial pause was

clearly produced when clouds were included, but was relatively weak without clouds. The

SH pause in transient RMS v was also much wider and deeper when clouds were included.
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Figure 6.3: The transient (top row) and stationary (bottom row) components of the meridional
wind field (m s−1) (filtering of each as explained in the text) at a height of 2.5 km above the ground,
from runs without (left) and with (right) ice clouds.

Differences in stationary wave amplitudes were more subtle, but a solsticial minimum could

be seen at 60◦S around Ls = 90◦ when clouds were used. Such a minimum can also be

found in the MY25 reanalysis (not shown), and it was noted that the lower right-hand plot

of Figure 6.3 matched very closely with the corresponding plot for MY25 in the SH over

Ls = 0–180◦. Southern hemisphere transient waves in the active cloud run over the same

period agreed qualitatively with the reanalysis, but were too weak over Ls = 0–60◦ and

120–180◦.

Dust lifting was then activated in the model, and the transported dust field used to pro-

vide the input IN for the cloud scheme (again with Rs = 0.22) instead of the prescribed IN

field. For this initial run, the variable threshold scheme was not used. Dust lifting output is

very sensitive to the choice of lifting threshold(s), so the results presented in this subsection

aim merely to show the general changes to dust lifting patterns and atmospheric transport

that radiatively active ice clouds induced, before scavenging effects were considered. The

use of a transported dust field to control water ice condensation, while computing the ra-
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diative contributions of both dust and ice, made the model considerably more unstable, so

some limits were imposed on the cloud and radiation schemes to prevent any unphysical

occurrences at isolated gridpoints and to limit the damage arising from numerical errors.

Upper and lower limits, of 10−10m and 5 × 10−4m, were imposed on the dust effective

radius, since this (in the two-moment scheme) was calculated using the mass and num-

ber mixing ratios, either of which could occasionally fall to zero or close to it without the

other doing so, as a consequence of the advection scheme. The lower limit then also acted

as a lower limit for the mixed (dust-ice) particle radius, by necessity. Runaway ice crystal

growth was a potential problem at specific sites, primarily around Alba Patera and Tharsis,

where dust lifting was particularly favoured and where a near-constant supply of IN was

provided to the cloud scheme, particularly at low levels. In an active-cloud simulation, the

buildup of ice at one gridpoint could lead to very large optical depths, causing the model to

crash. A (high) limit on ice mass mixing ratios of 0.002kg/kg was applied, and cloud ice IR

optical depths, as computed by the radiation scheme, were required to be ≤ 1.5 (without

further altering mixing ratios).

As before, a pair of year-long simulations were carried out, one with clouds active and

the other without. Dust lifting parameters were chosen to give a reasonable ’non-GDS’

opacity in both cases, and lifting parameters were identical in the two runs. Differences

in wind stress lifting rates were as expected, given the drag velocity and eddy activity

behaviour seen previously, and cap-edge dust lifting peaks in both hemispheres could be

directly related to variation in transient eddy meridional velocity (not shown). Key changes

in wind stress lifting rates when clouds were added included a deeper solsticial pause in

the SH, stronger lifting at the NH cap edge — particularly in early autumn — and its

persistence in springtime, and a lifting peak at 0–30◦N around Ls = 230◦. The principal

link between the presence of clouds and dust lifting was midlatitude eddy activity. The total

amounts of dust lifted by wind stress were 2.9 × 1012 kg without clouds and 4.2 × 1012 kg

with clouds, so the use of ice clouds in the model strengthened wind stress lifting overall.

Dust devil lifting was also slightly increased.
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Figure 6.4: Zonally averaged visible dust opacity from the run with active clouds, which assumed
infinite dust surface density.

6.2.2 Adjusting dust lifting thresholds

The changes to lifting caused by clouds were, in fact, such that the annual dust opacity cycle

became totally dominated by the pre-solstice peak in lifting in the northern hemisphere,

as seen in Figure 6.4. Although a peak in global opacity at this time of year is common

in observations, the morphology of the ‘storm’ that occurred in this run was not realistic

compared to any observed dust storms, as opacities increased somewhat uniformly across

the planet, beginning around 0–30◦N. Furthermore, the intrusion of such a large dust mass

into the north polar region in autumn is very much at odds with MCS data (see §6.6.1).

These results are another example of the inadequacy of an ‘infinite surface dust’ formulation:

lifting becomes dominated by those regions in which surface stresses are largest, even though

the regular raising of dust from some of the locations may be demonstrably unsustainable

and unrealistic. The development of a quite realistic post-solstice dust loading peak at

300–360◦ was, however, noted as a positive step resulting from the use of ice clouds (which

strengthened winds in the northern midlatitudes during this period).

The variable threshold scheme was therefore used once again. The model was provided

with an initial state of uniform baseline effective threshold 0.02Pa, as before, and was

run for several years with ζtdec = 0, so as to allow thresholds to increase as far as they

could before lifting became severely restricted. NH cap-edge lifting actually persisted for
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Figure 6.5: The threshold stress field after around ten years of simulation with αN = (5–
10)×10−5 m−1, ζtinc = 0.5 Pa (kgm−2)−1, ζtdec = 0. The colour scale is the same as in Figure
4.3(a).

several years, pushing thresholds much higher than had been seen previously in the model.

The threshold stress field that had formed by end of this procedure is shown in Figure

6.5, which can be directly compared to Figure 4.3(a). The strength of lifting in northern

midlatitudes during autumn can be inferred from the huge increases in threshold stress (to

more than 0.05Pa in parts, on the north and east flanks of Alba Patera and in Acidalia)

that were caused over several model years. Note that this threshold field, which should be

qualitatively equivalent to a map of inverse dust surface density if the possible existence

of reservoirs carried over from historic climate regimes is neglected, is still in agreement

with the DCI map of Figure 4.3(b) over most of the area for which data are provided;

exceptions are in northern Tharsis, where dust is believed to be more abundant than the

model would suggest, and at 60◦S, where the reverse is true, perhaps due to the lack of

model SH cap-edge lifting.

Using this method, pre-solstice dust lifting was reduced to more reasonable levels.

Achieving a realistic, variable multi-year opacity cycle like that seen in Chapter 4, how-

ever, may require significant changes to the lifting parameters, so was not attempted here.

Instead, a series of ‘low dust’ years, containing some small dust storms, was obtained by

continuing the run described here, with ζtdec reactivated. The aim in this chapter was not
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to examine further the factors affecting dust storm growth and variation, but to investigate

on a simpler level the effect of ice clouds on a transported dust field, for which it was re-

quired that the spatial and temporal distribution of the dust, pre-scavenging, be as realistic

as possible.

6.2.3 Water cycle results with transported dust

Producing a more sensible dust opacity output, the model was now able, for the first time,

to convincingly simulate both the dust and water cycles at the same time. The replacement

of the prescribed MY24 dust scenario with a transported dust field meant that different

forcings were presented to the cloud scheme, in the form of atmospheric temperatures, sur-

face radiative fluxes and IN number densities. There are a number of potential benefits

to using the transport method, such as the replacement of the prescribed vertical dust

profile with model-generated profiles (including variation in particle size with height) and

the replacement of the problematic winter polar prescribed dust opacities, but obtaining

realistic cloud opacities is challenging due to the sensitivity of condensation to atmospheric

temperature profiles, which are themselves heavily dependent on the transported dust dis-

tribution. As expected, there were a number of changes in the typical water vapour and

ice outputs — these are shown, along with dust optical depth, in Figure 6.6, which can be

compared to Figure 6.1 (obtained using prescribed dust).

Atmospheric temperatures

In order to most accurately reproduce the observed atmospheric state during northern

spring and summer, dust devil lifting efficiency αD was tuned to ensure that dust optical

depths — at least at low latitudes — agreed with those of the assimilation dataset (shown

earlier in Figure 3.7), as best as could be achieved. Although the model was then able to

produce realistic column dust opacities over Ls = 0–180◦, actual atmospheric temperatures

were subject to the vertical distribution of the dust mass, and of dust particle sizes (since

heating rate ∝
q

r
). Temperatures between latitudes 0◦ and 30◦N, the location of the

ACB, are plotted against those from the MY26 reanalysis, over Ls = 0–180◦ (during which

period there is little interannual variability between the reanalysis years), in Figure 6.7(a).

Temperatures in the lowest 1–2 scale heights agreed well with the reanalysis, except during
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Figure 6.6: As Figure 6.1, but from a well-tuned simulation using active, transported dust and
water ice clouds. The opacity fields have been smoothed using a 5-sol moving average.
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early spring and in late summer, when increases in small-scale wind stress dust lifting were

not adequately captured by the model. At the cloud level (∼ 100Pa), temperatures were

on occasion a little low, but higher up (above 10Pa) a temperature inversion was seen: the

atmosphere was much too warm. This was also the case when the dust-transporting results

were compared to the earlier run using prescribed dust, in which mass was distributed

vertically using a Conrath profile.

(a)

(b)

Figure 6.7: (a) Atmospheric temperatures, averaged over 0–30◦N, from the model (solid), using
size-independent dust scattering assuming a constant effective radius of 1.5µm, and from the
reanalysis of MY26 (dashed). Only three contour levels, at 160, 180 and 200K, are shown. (b)
The same from a model run using size-dependent dust scattering.

The reason for this was that a uniform extinction coefficient, corresponding to a dust
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effective radius of 1.5µm, was being used, regardless of actual particle size. In reality, the

extinction coefficient varies slowly over most typical dust sizes, but falls off sharply for

particles smaller than about 0.1µm, so that heating rates will have been overestimated for

small particles, such as are found at high altitudes. A more sophisticated scattering scheme,

in which coefficients are calculated depending on the effective radius in each gridbox, is

available in the newest version of the model physics, and upon its implementation, the

high-altitude temperature inversions were removed (Figure 6.7(b)). However, the size-

dependent scattering scheme led to further problems with the tuning of the dust lifting

model, so was not retained. There was evidence, in both types of run, that dust was

not being adequately mixed upwards at low latitudes (seen through the cold temperatures

above 100Pa in Figure 6.7(b), which formed despite column opacities being close to observed

values) meaning that with size-dependent scattering, obtaining realistic temperatures at the

cloud level required overestimating dust mass and temperature nearer the surface, which

had the tendency of prompting further dust lifting. With the uniform scattering coefficient,

the decrease in mixing ratio with pressure was partially offset by the overestimation of

heating rate (as effective radius decreased), allowing more reasonable temperatures to be

retained near the ground. The work throughout this chapter therefore used the simpler

size-independent radiation scheme, with the knowledge that the unrealistic temperature

inversions were confined above ∼ 10Pa, so that their direct influence on dust lifting and

vapour condensation and sublimation should have been fairly small.

The difference between the low latitude dust mass mixing ratio profiles obtained in the

transport run and the one used in prescribed dust runs is shown in Figure 6.8, from which

it is apparent that dust in the model tended not to be as well mixed up to 30–40km in

altitude as is assumed by the Conrath profile. Also shown are the corresponding model

number mixing ratio profiles, including those filtered to include only particles larger than

100nm, which are used to calculate N , the number density of IN. In the prescribed dust

approach, since particle radius is assumed uniform, the number density profile is identical

to the Conrath profile. When transporting dust, the decrease in effective radius with

increasing height lead to a rapid increase in number density, such that N , around the ACB

level (∼ 20 km), was enhanced by as much as a factor of ten over the prescribed case.
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Figure 6.8: Zonal-mean dust vertical profiles from the model, averaged over 0–30◦N and Ls = 90–
120◦: mass mixing ratio as solid blue-green lines, number mixing ratio as dash-dotted blue-green
lines, and IN number mixing ratio (particles with radii > 100 nm) as dash-dotted orange-red lines.
In each case the black solid or dash-dotted line shows the mean profile. The dashed line shows the
Conrath profile, using the dust top height assumed by the model to be appropriate for this date
and latitude.

Cloud ice and water vapour

Ice opacities in the aphelion cloud belt agreed well with the observed belt optical thickness,

using the same νsed and Rs settings as before. The 100 nm minimum size criterion was

applied when calculating N , and it was found that this contributed a reduction to ACB

thickness of around 20%. The belt formed later in the year than it did previously: it

peaked at around Ls = 100◦ but covered Ls ∼ 70–150◦, which actually agrees fairly well

with TES observations, except for the start date. The main reason for the ACB’s slow

formation appeared to be a lack of water vapour at low latitudes from the beginning of the

year onwards (compare the vapour plot to Figure 6.1). The present results were deemed to

provide a reasonably accurate reproduction of observed ice abundances, but were obtained

through a tuning process that was by no means an exhaustive exploration of the parameter

space available: such a search would be lengthy and perhaps ill-advised, given our relatively

poor knowledge of the physics governing both Martian cloud nucleation and surface dust

emission.

Polar hood ice opacity was significantly improved in the southern hemisphere: the

opacity decreased more rapidly at Ls ∼ 40◦, formed a minimum at winter solstice, then

built up again post-solstice, from ∼ 120◦. This compares well with MCS data, though
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observed IR cloud optical depths were generally lower (0.05–0.1 (Benson et al., 2010)) than

those produced by the model. The post-solstice clouds formed due to an increase in vapour

supply from lower latitudes, helped — in comparison to the prescribed dust case above —

by lower atmospheric temperatures in southern midlatitudes at 100Pa and below (where

the clouds were located). Vapour was carried over the cap boundary by a combination of

transient and stationary atmospheric waves; fluxes due to the former increased noticeably

after Ls = 120◦, and were much larger than in the prescribed case. The colder (by up

to 10K near the surface) atmosphere was caused by the lower local dust opacities in the

transport simulation: the prescribed opacities of the MY24 scenario are quite possibly too

large in southern winter mid- and high latitudes (at least over Ls ≈ 120–140◦), due to a

lack of TES observational coverage in the region.

Changes were also seen in the thickness of the north polar hood. Ice opacities were

reduced, generally, from their values in the prescribed dust run; however, there is clearly a

strong dependence on global dust loading, so care is required when making the comparison

between the two runs. The peak in opacity occurred at Ls = 230–290◦, when the global dust

loading was at a maximum and the PMOC was correspondingly strengthened; similarly,

the peak in polar hood opacity in the prescribed dust run coincided with the regional dust

storm of MY24. The transport run simulated a reasonable near-surface NH solsticial pause

in transient RMS temperature — with a min/max ratio, as defined in Chapter 5, of 0.67

— but evidently this did not stop vapour from being transported over the polar cap edge

around solstice, to thicken the polar hood.

Another important control exerted by the dust field with regard to the water cycle is

on the size of the vapour maxima at the summer poles. This is dependent primarily on the

incoming radiation flux reaching the polar surface, and therefore on the dust loading over

the pole (surface albedo (unchanged since the prescribed dust results shown earlier) and

atmospheric vapour abundance above the polar cap also play a role). Dust cover was lower

over the northern summer pole when using transported dust, enabling an increase in total

surface flux locally (the increase in shortwave flux outweighed a decrease in longwave flux),

and an increase in the vapour maximum to ∼ 30µm, closer to the observed value of ∼ 40µm

(Smith, 2008); however, the year was too dry, in general. In the southern hemisphere, the

summer pole was significantly clearer in this particular year, causing an increase in flux.



166 CHAPTER 6. DUST INTERACTION WITH WATER ICE CLOUDS

This increased the vapour maximum, bringing it much closer to observations of the feature,

but it still occurred too early in the season (Ls = 260◦ vs 280◦). The northern midlatitude

vapour peak seen previously was no longer produced, presumably due mainly to the lack

of a significant rise in pre-solstice dust opacity.

Outstanding issues

The results of the tuned dual-transport simulation were encouraging, and in several respects

the vapour and ice behaviour showed improvement over that seen when using prescribed

dust. However, several issues with the model’s performance remained, the most obvious of

which was the continued need for an unrealistically large value of the ice sedimentation vari-

ance (νsed = 0.45, as before) in order to keep ACB optical depths in line with observations.

This necessity may have stemmed from a number of model deficiencies, but it suggested

most simply that clouds were being formed too readily. Secondly, as is discussed further

later in this chapter, the ACB sat too low in the atmosphere for most of its lifetime, and

dust mixing ratios also peaked too near to the ground around aphelion. Finally, and most

relevant for the dust transport focus of this project, the dust mass loading in both winter

polar regions appeared to be too large, again in comparison to recent MCS observations. It

was hoped that the introduction of the scavenging interaction could address some of these

concerns, since the effect could broadly be expected to make cloud formation more difficult,

through a reduction in atmospheric dust mass and number density.

6.3 Introducing dust scavenging

6.3.1 Physical basis and theory

So far, the interaction between ice and dust particles had been in one direction only: dust

particles served as ice nuclei for cloud formation but were not directly affected in any way

themselves. This was inaccurate, as it meant that IN remained in abundant supply during

the onset of ice nucleation, even as the dust particles present became integrated within

the ice that was forming. This omission might have had the effect of overestimating ice

crystal growth rates, due to overly large IN number densities. Another problem with the

method was that the dust column was not reduced during ice nucleation; in reality, it
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Figure 6.9: A schematic view of the mechanisms involved in the coupling of dust and water ice.
A red (blue) arrow from box a to box b indicates that an increase in a will cause an increase
(decrease) in b. Arrows of different colour in opposing directions thus indicate a negative feedback,
while the continuous loop of red arrows between dust lifting rates, dust particle concentration and
temperature signifies the positive feedback on wind stress dust lifting identified in earlier chapters.

can be assumed that a dust particle at the centre of a larger ice crystal will have little or

no radiative impact on the surrounding atmosphere, and would thus be ‘hidden’ from the

point of view of the radiation scheme. Finally, a dust particle encased in ice could have a

rather different sedimentation velocity to one settling in an ice-free region; therefore, ice

nucleation around dust particles may alter vertical dust profiles, with a potential feedback

on ice profiles.

The schematic of Figure 6.9 gives an idea of the extent of the coupling between dust

and water ice. Ice particle growth rates and dust lifting rates are connected by atmospheric

temperature and dust number density. Notice that arrows of both colours are drawn from

‘dust particle number density’ to ‘temperature (gradients)’: while temperature is (locally)

always increased by the presence of dust, lateral temperature gradients may be increased or

decreased depending on the location of the dust heating. The impact on dust lifting rates

of reductions in the dust column due to cloud formation is, therefore, unclear at this point.

The removal of aerosol or dust particles from the atmosphere through their interaction

with clouds is known as scavenging (e.g. Pruppacher and Klett, 1978), and the subsequent

arrival of the particles at the surface is referred to terrestrially as wet deposition, in con-

trast to dry deposition, in which the particles fall to the surface under their own weight.

Dust/aerosol scavenging has received considerable recent attention in terrestrial climate re-
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search due to its effect on total aerosol deposition rates (e.g. Sportisse, 2007). It can occur

in two different ways. The first, in-cloud scavenging, is the result of heterogeneous cloud

nucleation, as described above. On Earth, this can apply to liquid, ice and mixed-phase

water clouds. The second mechanism is below-cloud scavenging, which is the removal from

the atmosphere of aerosol particles encountered by precipitating liquid drops or ice crystals.

On Mars, the situation is simplified somewhat as only ice cloud processes need be consid-

ered; however, these are less well understood than the liquid water equivalents, perhaps

as they are generally of secondary importance on Earth. Martian dust scavenging can be

further divided into removal by H2O ice and by CO2 ice, both of which are potentially

significant.

In-cloud scavenging by ice clouds can be described simply by a scavenging efficiency

Rs, which is the fraction of available dust (or aerosol) particles that act as IN. For an ice

mass growth rate of
dMc

dt
, the rate of change of ‘interstitial’ (not cloud-borne) dust mass

mixing ratio qint — equal in magnitude but opposite in sign to the rate of mass mixing

ratio increase within the forming ice crystals — is

dqint
dt

= −Rs
qint
Mw

dMc

dt
, (6.2)

where Mw is the mass of water vapour in the gridbox. The maximum possible value

for Rs is 1, which implies that all nuclei of sufficient size in the ice-forming part of a

gridbox will be scavenged. Stier et al. (2005) used such a method in a terrestrial GCM,

and used a value for Rs of 0.1 (taken from an experimental study) for stratiform ice clouds.

Size-dependent Rs were used for liquid and mixed-phase clouds, but there were evidently

insufficient experimental data to use anything other than an Rs that was uniform across

the various aerosol size modes used in the model.

Below-cloud scavenging is better understood theoretically, and several expressions have

been formulated to describe the efficiency of the process, for specified sizes of precipitate

and aerosol particles. It is known to vary strongly with dust particle size, as collection is

dominated by Brownian diffusion for small particles and inertial impaction for large par-

ticles, leaving a characteristic minimum in scavenging efficiency for particles intermediate

in size (Martin et al., 1980). The size dependence of the collection efficiency E can be
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modelled by the theoretical form of Dick (1990):

E =
mut

6πrηrc
+ 4Pe−1(1 + 0.4Re1/6Pe1/3) (6.3)

where m is the dust particle mass and r is its radius, ut is the ice or snow particle’s

(terminal) fall velocity, η is the absolute viscosity of air, Re is the Reynold’s number for the

ice particle, Re =
ρrcut

η
, and Pe is the Péclét number for the dust particle, Pe =

2rcut

D
,

where D is the diffusivity. The first and second terms in (6.3) measure the efficiency of

collection via collision and diffusion, respectively. A variation of 2–3 orders of magnitude

is predicted for dust sizes of 0.01–10µm. The collection efficiency is then converted to a

scavenging coefficient Rsbc (with dimensions of L2M−1): Rsbc =
πrc

2

Mc
E, so that the rate

of change of interstitial dust mass mixing ratio can be written

dqint
dt

= −RsbcqintFice, (6.4)

where Fice is the vertical ice flux.

The importance of below-cloud scavenging depends very much on the sizes and densi-

ties of the particles involved. For water ice crystals on Mars, downward fluxes are so low

(typically ∼ 10−10 kgm−2 s−1) that the process can be neglected, even with 100% collec-

tion efficiency. CO2 fluxes in the condensing winter polar atmosphere can, however, be

significantly larger, making below-cloud scavenging potentially important. Typical CO2

snow particle characteristics are not known with much certainty, but reasonable estimates

would be a radius of rc ∼ 10–100µm (Hayne and Paige, 2009) and a density of ∼ 100–

1000kgm−3 (Smith et al., 2001; Matsuo and Heki, 2009). Martian CO2 snow particles are

therefore smaller and more dense than the terrestrial particles of radius 500µm and density

∼ 50 kgm−3 used by Dick (1990). Both of these differences are such as to give larger collec-

tion efficiencies for the Martian snow particles, at least for dust sizes of ∼ 0.1µm. In fact,

the larger D and ut values for Mars mean that for a given ice particle size and density, both

terms in E are larger, so that the below-cloud scavenging process should be more efficient,

by up to an order of magnitude, than it is on Earth. However, if the snow particles are too

small, their velocity becomes comparable to the dust particles’ fall velocities, reducing the

efficiency of impaction scavenging and, in fact, invalidating the theory used: dust particles
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of radius 1 micron will only be efficiently scavenged if CO2 ice particle radii are & 50µm.

6.3.2 Implementation in the model

By water ice

The in-cloud scavenging interaction between dust and water ice was modelled by adding

another pair of dust tracers, using the two-moment transport scheme, to carry mass and

number mixing ratios of scavenged dust. A similar approach was recently used in a terres-

trial GCM by Hoose et al. (2008), but in fact the use of extra tracers will be seen to be more

important on Mars, because scavenged dust particles spend significant periods of time in

the atmosphere, within the cloud ice, rather than being rapidly removed by precipitation,

as on Earth. Dust mass was transferred between the two tracer pairs, interstitial and scav-

enged, during water vapour condensation and ice sublimation. For condensation, dust mass

transfer followed equation (6.2), while for sublimation, scavenged dust mass was released

in proportion to the fraction of the ice mass that was condensing during the timestep (i.e.

∝
dMc

Mc
). The latter choice was made assuming that ice particles typically grow over time

and scavenge additional dust as they do so, rather than simply nucleating around one ice

nucleus initially. Ice particle radii were calculated by dividing the ice mass among the total

IN present, both interstitial and scavenged2. As before, only dust particles larger than

100nm were allowed to act as IN, and the resulting number densities were multiplied by

the scavenging efficiency Rs to produce the IN density for use by the cloud scheme. Recall

that the reference runs above used Rs = 0.22, but neglected the feedback on the dust field.

Sedimentation rates were calculated for the mixed dust-ice particles, which contain a

dust mass mixing ratio qscav, using their overall density, which can be expressed as

ρmixed = ρice +
ρdust − ρice

ρdust

ρice

qice
qscav

+ 1
= ρice +

(

rscav
rmixed

)3

(ρdust − ρice).

The same velocities were applied to both the ice tracer and the scavenged dust tracer pair,

so that the two fields were transported identically, in both the horizontal and vertical direc-

tions. The extent to which the vertical distribution of dust mass is affected by scavenging

2It would be more physical to use only the in-cloud IN number, but numerical problems were encountered
using this approach, where small numbers of scavenged IN were present. The use of total IN does at least
mean that scavenging and non-scavenging runs with the same Rs are consistent, whereas ice particle radii
would have differed had they been calculated using scavenged IN only in the former case.
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depends on how much the sedimentation velocities for the mixed particles differ from those

for interstitial dust particles. For dust particle radii of around 5µm and above, fall veloc-

ities can be approximated as wsed ∝ ρprp
2, meaning that for scavenged dust to fall more

rapidly than interstitial dust requires

(

rscav
rmixed

)2

<
ρmixed

ρdust
. With ρice = 920 kgm−3 and

ρdust = 2500 kgm−3, this is found to be true for all possible values of
rscav
rmixed

, i.e. regardless

of the dust:ice mass ratio
qscav
qice

in the mixed particle. The enhancement to the fall velocity

is greatest when the mass ratio is small: for a ratio of 0.05, the fall velocity is increased by a

factor of more than 5. However, dust particles of this size generally have short atmospheric

lifetimes anyway, due to their large radii and interstitial fall velocities.

For more common dust sizes of a few microns or less (but larger than 0.1µm, the

minimum size that can be scavenged), fall velocities become better approximated by (see

Equation (2.2)) wsed ∝ ρprp: this results in a condition for increased dust velocity that

is only satisfied if
rscav
rmixed

< 0.42, which corresponds to a dust:ice ratio of less than 0.22.

This means that dust will be scavenged downwards only when it forms a relatively small

fraction of the dust-ice mixture. Although dust is much denser than water ice, it is the

larger radius experienced as part of an ice-rich mixture that gives it a larger fall velocity.

When the mass ratio is more than 0.22, the dust particles actually fall more slowly than

they would interstitially, as they are accompanied by the lower-density water ice. For a

dust:ice ratio of 0.5, fall speeds are decreased by around 10%, while for a ratio of 0.05 they

are increased by ∼ 50%. Therefore, the effect of scavenging on the dust vertical profile will

depend very much on how much dust becomes incorporated into the cloud ice. The fact

that large increases in settling velocity are only possible when small amounts of dust are

being scavenged would seem to place a limit on the extent of the vertical dust redistribution

that may occur through scavenging.

By CO2 ice

Scavenging by CO2 required a different approach, as the model does not explicitly simulate

CO2 ice clouds. Rather, condensation rates are calculated at each timestep, and the ice

mass that forms is assumed to fall vertically and either resublime at a warmer level or reach

the surface as ice, within the timestep. No additional tracers were used for this parame-

terisation. In-cloud scavenging by CO2 followed equation (6.2), again using only particles
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larger than 100 nm, but the mass lost from interstitial dust was either released again at a

lower level, or deposited onto the surface, depending on the behaviour of the falling ice. As

with water ice, dust release during sublimation occurred according to the fraction of the

ice in the gridbox that sublimed, rather than only upon the complete disappearance of the

ice. An additional below-cloud scavenging tendency was calculated as the CO2 descended

through the atmosphere, using equation (6.4). Dust scavenged in this way was assumed to

become evenly distributed throughout the snow particles, and was then allowed to resub-

lime at lower levels in the same manner as the dust scavenged by the in-cloud mechanism.

All sizes of dust particle were available for below-cloud scavenging.

Choice of efficiencies

The greatest amount of uncertainty in the accuracy of the parameterisations arose from the

choices of the scavenging efficiencies, denoted by Rs for in-cloud scavenging and by Rsbc

for below-cloud scavenging. Rs were varied between 0.01 and 1, in accordance with their

definition (a value of zero would have allowed no cloud formation, so was rejected). Rsbc,

applying only to CO2 ice, was even less well constrained: as discussed above, the value

calculated using equation (6.3) varies over several orders of magnitude depending on the

CO2 snow particle properties used and the size of the dust being scavenged. For simplicity,

several possible size-independent Rsbc values were used, from 0.1m2 kg−1 to 10m2 kg−1

(corresponding to collection efficiencies of E ≈ 0.001–0.1), which covered the range of likely

values for ice radii of 50–500 microns and dust radii of 0.1–10 microns.

6.4 Testing with passive dust

Radiatively active dust lifting runs are sensitive to changes in the near-surface atmospheric

state, so that, as will be seen in subsequent sections, altering the scavenging parameters can

dramatically affect dust lifting rates. This then has a knock-on effect on cloud formation

rates, due to the changes in IN concentrations in the atmosphere. To remove this compli-

cation in the first instance, several year-long simulations were performed using radiatively

passive dust, along with active clouds, IN for which were obtained from the prescribed dust

opacity scenario used (MY24). Using several illustrative scavenging efficiencies, the spatial

distributions of the resulting dust fields were studied, and compared to that of a control
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experiment which neglected the scavenging feedback on the dust field. The same lifting

settings were used for each run, and were chosen to provide plausible lifting rates, as far as

is possible in a passive dust simulation. These simulations therefore provided information

primarily on the effect of scavenging on the transport of dust particles, and not on its fur-

ther influence on the thermal structure of the atmosphere and on dust lifting rates. They

also served as a means of estimating the relative importance of each type of scavenging

process.

6.4.1 Water ice cloud radiative effects only

Before activating any dust scavenging, a run with passive dust and without active ice

clouds was performed, to examine the effect of the clouds themselves on dust transport

(following on from some of the results presented in §6.2). As expected, dust mixing ratios

in equatorial regions were reduced when clouds were removed, as this weakened dust lifting

rates. However, large increases in dustiness were produced in the south polar region during

winter (Ls = 45–135◦). This occurred due to greater eddy activity at the cap edge, to the

north of the region, which mixed dust down the meridional mixing ratio gradient — set up

since no dust lifting occurs over the polar cap — into the polar region. A comparison of

the dust mass in each polar region (beyond 60◦) for the two simulations is shown in Figure

6.10. In both cases, individual peaks in south polar dust mass over Ls = 0–180◦ could be

matched to peaks in transient eddy meridional velocity in the midlatitudes, which led to

bursts of dust lifting. The general decrease in south polar dust loading during winter when

clouds were used, by factors of ∼ 2–10, occurred due to the formation of a deeper solsticial

pause in transient eddy activity, as seen earlier in Figure 6.3.

Flux calculations showed that transport across the south polar cap edge occurred mainly

via stationary waves, in the lowest 10km of the atmosphere. Murphy et al. (1995) also found

stationary waves to be the dominant transport mechanism for dust in the southern high

latitudes. Mixing into the south polar region was particularly inhibited by the addition

of water ice clouds at Ls = 60–120◦, around winter solstice, as stationary waves near the

surface also became weaker at this time (in addition to the weakened transient waves).

This reduction in eddy mixing can be seen in Figure 6.11, which shows (in solid and dashed

contours) the residual mean streamfunction χ∗ at Ls = 90◦ for the simulation with active
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Figure 6.10: Total atmospheric dust mass (in kg, on a log scale) in each polar region, 60–90◦N
(red) and 60–90◦S (blue), for runs without (solid) and with (dotted) active water ice clouds.

clouds. χ∗ is defined at a log-pressure height Z ′ as (Andrews et al., 1987)
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where H is the atmospheric scale height, p0 is the reference pressure (700Pa), ρ0 is the

basic density, Z ′

T is the height at the top of the domain, and a subscript Z denotes a

derivative with respect to Z. Tracers should approximately travel along χ∗ streamlines, as

they are calculated including both mean and eddy transport components. Shown in colours

is the difference in χ∗ between the runs with and without clouds. It can be seen that the

addition of clouds strengthened the PMOC below 30 km, but it weakened the anticlockwise

circulation near the ground at 60◦S. This reduced the rates of transport of dust to higher

latitudes, making the south pole more dynamically isolated at this time. The weakening

in the SH included a contribution from the mean circulation (the first term in (6.5)) at

∼ 45◦S.

Transport into the NH winter polar region occurred through a combination of the zonal-

mean circulation (dominant at Ls ∼ 180–240◦) and travelling waves (of greatest importance

∼ 270–330◦). The two very large peaks in north polar dust loading seen above for the active

cloud case formed due to the pre- and post-solstice bursts of NH lifting identified in §6.2.2

as being commonplace in simulations with unlimited surface dust.
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Figure 6.11: Transformed Eulerian mean streamfunction χ∗ (in 109 kg s−1) from Ls = 85–95◦ of
the active cloud case (contours) and the change relative to the no-cloud case (shading). Positive
values represent anticlockwise motion.

So, in both hemispheres, it was clear that the radiative influence of water ice clouds can

strongly affect the quantities of dust mass in the polar region. In the SH, the presence of

clouds reduces the polar dust loading around winter solstice by weakening stationary wave

and mean circulation transport near the ground, and by suppressing transient eddies, which

reduces the cap-edge dust storm frequency.

6.4.2 Scavenging by water ice

With clouds once again radiatively active, in-cloud water ice scavenging was used for the

next simulation, and the results were compared to the control, which neglected scavenging

(Figure 6.12). The value used for Rs was 0.22, for consistency with the treatment of IN

(calculated from the MY24 dust scenario in both cases) by the cloud scheme, and as the

best guess at this stage. Reductions in dust mass were seen in both winter polar regions,

which this time was due solely to removal of interstitial dust through scavenging, as lifting

patterns were identical. In the SH, the region of dust removal followed the size of the CO2

cap, and reached ∼ 40◦S at winter solstice. The actual scavenging took place at the location

of the polar hood, along the cap edge, reducing the flux to higher latitudes.

With the efficiency used, scavenging reduced south polar (60–90◦S) dust mass by a

factor of around 3–10 at Ls ∼ 50–130◦, and by a factor of 2 or less outside of this range.
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Figure 6.12: Percentage change in zonal-mean dust mass mixing ratio from the run with no scav-
enging to the run with H2O ice scavenging with an efficiency of Rs = 0.22. Each panel is averaged
from 10◦ before to 10◦ after the date in Ls shown, except for the first, which covers 0–10◦. The
lowest contour level shown is actually −50%, and is marked with a dotted line.

So, with an efficiency of 0.22 or larger, scavenging by water ice clouds should be at least as

important as the radiative effect of the clouds in keeping the south polar region dust-free

around winter solstice. Scavenging in the NH winter polar region was strongest when there

was an abundance of dust available to scavenge, which occurred during the two large peaks

in lifting, pre- and post-solstice. Scavenging by the aphelion cloud belt can be seen at

Ls = 45–135◦. Dust was primarily removed within and above the cloud layer, which sits

just below 100Pa. This, then, is evidence of some ‘capping’ of the dust column by the ice

clouds. Although only a fifth of the dust particles were available for scavenging at each

timestep, overall mass reductions in the equatorial region of more than 50% were possible

(at Ls = 90◦). Some increases in dustiness can be seen higher up in the two polar regions

over Ls = 45–135◦, which must have been caused by changes in transport patterns induced

by the vertical redistribution of dust through scavenging.

6.4.3 Scavenging by CO2 ice

The final two simulations both neglected water ice scavenging and instead considered scav-

enging by CO2 ice clouds. The first of these used only in-cloud scavenging, for which the

maximum scavenging efficiency of Rs = 1 was chosen. Despite this choice, the effects of
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Figure 6.13: As Figure 6.12, but showing the change from the run with no scavenging to the run
with below-cloud CO2 ice scavenging with an efficiency of Rsbc = 1kgm−2.

in-cloud CO2 scavenging were relatively minor: dust mass reductions occurred only at high

latitudes, and did not exceed 10% of the control values.

The second simulation used only below-cloud CO2 scavenging, using a value of Rsbc =

1m2 kg−1 that is intermediate in the range of possible scavenging coefficients estimated

previously. As Figure 6.13 shows, this form of CO2 scavenging is potentially much more

effective at removing atmospheric dust. Large reductions in mass mixing ratio were pro-

duced at both winter poles, particularly at the north pole at Ls = 225◦, where dust was

readily available for scavenging. Interestingly, the effects of scavenging extended across the

whole planet, even though CO2 snow is largely limited to high latitudes (except for small

amounts of mesospheric equatorial clouds that form above 10Pa over Ls=0–180◦, scaveng-

ing and releasing small quantities of dust without greatly affecting the dust mass below).

Most of the changes away from the poles come as the result of the removal at the poles

of dust that would otherwise have subsequently been advected to lower latitudes. This is

seen most clearly at Ls = 225◦, from which it can be inferred that of the dust raised at the

north polar cap edge at this time, some first travels northward, penetrating some way into

the condensing polar region, and then moves southward to the equator (and beyond), if it

has avoided being scavenged while in the polar region.
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6.5 Scavenging simulations with active dust — CO2

Dust particle scavenging was then activated in a set of fully fledged simulations that included

radiatively active clouds and dust. The first number of these were focused on assessing the

possible effect of below-cloud scavenging by CO2 ice. A control simulation, which did not

include scavenging, was the same as was presented in §6.2.3. The same initial conditions

(including those for threshold surface stress) were then used for the scavenging runs, each

of which used a different value for Rsbc: respectively, 0.1, 1 and 10 m2 kg−1. The impact on

dust loading and temperatures away from the polar regions was non-negligible, as suggested

by the earlier passive test run. This included a reduction to the summer dust opacity peak at

low latitudes of up to 30% (in the strongest case, Rsbc = 10m2 kg−1) and, as a consequence

of the less dusty atmosphere, a reduction in north polar hood ice and an increase in the

south polar vapour maximum.

Figure 6.14(a) shows that the annual mean dust wet deposition rate due to CO2 scav-

enging increased as Rsbc was increased. The relationship between the two was close to

linear. In both hemispheres, wet deposition rates decreased in magnitude moving away

from the pole; however, the distributions about the poles were asymmetric, especially in

the southern hemisphere, where two lobes of high deposition rate were seen, centered at

45◦W and 135◦E. Dry deposition, by contrast, displayed a wave-1 pattern, with a mini-

mum south of the Hellas basin, at ∼ 60◦E, 60–90◦S, and in the area between the Hellas and

Argyre basins at 45–60◦S, simply matching the average distribution of dust mass near the

ground. The different wet deposition pattern reflects preferred areas for CO2 condensation,

over the lowest 20 km of the atmosphere, which produce enhancements in wet deposition

only. It should be noted, though, that the UKMGCM fails to predict the existence of the

perennial south polar ice cap; therefore, the simulated climate of the region may be some-

what different to the true climate. In this context, results concerning deposition patterns

in the region should be interpreted with caution. In the northern hemisphere, average wet

deposition rates were an order of magnitude higher than in the southern hemisphere, due to

the greater dust loading over the winter polar region. A wave-1 structure was seen in both

wet and dry deposition rates, with a maximum at 0◦E due both to colder near-surface tem-

peratures (favouring greater ice condensation) and a similar peak in average autumn/winter

dust optical depth. In the northern hemisphere, therefore, the addition of CO2 scavenging
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(a)

(b)

Figure 6.14: (a) Annually averaged wet deposition rates at the north and south poles from the four
runs: the control case (upper left), and Rsbc values of 0.1m2 kg−1 (upper right), 1m2 kg−1 (lower
left) and 10m2 kg−1 (lower right). (b) Zonally averaged dust content (%) of condensing CO2 ice,
calculated by including both deposition processes, for the same simulations as (a).
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Figure 6.15: Dust mass dry deposition rates (kg s−1) over 60–90◦ in each hemisphere, from the
control run.

did not alter the spatial distribution of deposited dust.

Wet deposition occurred significantly more slowly than dry deposition, except in the

north polar region when Rsbc was large (10m
2 kg−1). This can be seen through the marginal

increases in the dust content of sedimenting ice that resulted as Rsbc was increased, shown

in Figure 6.14(b). The exception was at 60–90◦N, Ls = 180–270◦, where dust content

increased by up to a factor of ten. The plots also show the greater dust fraction produced

in north polar cap ice, in comparison to the SH cap, and that dust penetrated more fully to

the pole during northern winter (in the SH it was generally limited to the cap-edge region).

Polar dry deposition rates (similar in each of the four runs here, and shown in Figure

6.15) were altered more fundamentally by the inclusion of radiatively active water ice clouds.

In comparison to the results of §4.4.2, the magnitude of the south polar deposition rate at its

lowest point was unchanged, but rates were increased either side of winter solstice, helped

by strong eddy activity during these periods, to create a pronounced solsticial minimum in

polar dust deposition that appears to be in better agreement with atmospheric observations.

Increases of up to an order of magnitude were seen at both poles throughout most of the

rest of the year, signifying dustier polar regions in general. Particularly in the SH, this

was a result of increased cap-edge lifting activity, so while the Chapter 4 simulations did

feature clearer polar regions, they were also too clear in midlatitudes and therefore lacked
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the necessary meridional gradient in dust concentration seen in MCS observations (§6.6.1).

The north/south ratio in polar mass deposition was largely unchanged, as rates at both

poles, averaged over the year, were increased by factors of ∼ 2–5 over those of Chapter 4.

The mean dust contents of condensing CO2 ice were of the order 10
−5 kg/kg and 10−4 kg/kg

for the north and south poles, respectively. This is still in rough agreement with the available

observations, limited as they are.

6.6 Scavenging simulations with active dust — H2O

Scavenging by water ice was then, separately, activated in a second set of simulations, again

using the existing no-scavenging year as the control. The only difference between each of

the simulations initially was the value of Rs: as in the passive case, the initial value used

was 0.22, following the control simulation, and further runs were performed using values

of 0.1 and 0.5 (as well as an incomplete year with Rs = 1). As water ice scavenging takes

place over a much larger portion of the planet than CO2 scavenging, its use affected more

significantly the overall simulated climate. Dust lifting was strengthened in the scavenging

runs, particularly at Ls ∼ 120–180◦, which in turn led to rapid cloud ice growth; intense

dust lifting was also possible in the second part of the year, possibly sparked by increases

in ice and dust lifting at the edge of the receding south polar cap. The magnitude of the

problem increased with increasing Rs, such that the simulation with Rs = 0.5 was not

particularly useful beyond Ls ∼ 120◦. Therefore, only limited insights could be drawn

from the first year of each scavenging simulation through direct comparison to the control

run. To complete the analysis, the 0.22 run was continued for three further years, using

the variable threshold scheme to allow the surface dust field to adjust to the new climate

produced through the inclusion of dust scavenging. Years with Rs = 0.1 and 0.5 were then

run using the same initial conditions as the final year of the Rs = 0.22 series, so that the

different values of Rs could be compared with one another.

Near-surface wind stress lifting rates are shown in Figure 6.16, for the control and

Rs = 0.22 (first year) runs. With scavenging, dust lifting rates were increased at the north

polar cap edge at Ls = 0–60◦, at northern low latitudes at Ls = 80–130◦, at the southern

cap edge in early spring, and later in the year, when a GDS was produced. Once again,

the sensitivity of the dust lifting scheme to changes in the basic model state is clear to see.
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Figure 6.16: Logarithm of zonal-mean dust lifting rate for simulations without (left) and with
(right) scavenging, using Rs = 0.22 in both cases. Initial conditions, including the threshold stress
field, were the same for each simulation.

Figure 6.17: Difference in zonal-mean temperature (K) between the control simulation and the
same year with scavenging activated, with Rs = 0.22.

The increases in lifting at 30◦N over Ls = 80–130◦ were focused at Tharsis and Arabia,

apparently in response to the high ice opacities that formed there as part of the aphelion

cloud belt. The increased cap-edge lifting on the other hand was attributed to the clearing

of dust from the polar regions through scavenging, which reduced temperatures in the polar

regions. This is seen in Figure 6.17, particularly at the north pole at Ls = 30◦, and at 40–

70◦S at Ls = 150◦. Meridional temperature gradients were thus increased along the cap

edges, which led to stronger travelling waves and enhanced dust lifting. Therefore, in answer

to the question raised in Figure 6.9, it appears that the dominant effect of scavenging on

dust lifting rates is to increase them, converse to what might have been expected following

the removal of atmospheric dust and the associated decrease in temperatures.
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These increases in dust lifting rates should be regarded as a real effect of the inclusion

of dust scavenging — particularly if the efficiency is relatively high — and although lifting

rates were reduced somewhat by the fourth year of the 0.22 run, due to the response of

the threshold field, cap-edge lifting was still more intense than in the control simulation.

Strong waves along the edges of the autumn/winter polar regions are a natural consequence

of the sharp meridional gradients in dust mixing ratio and temperature that evidently exist

in reality, and the fact that these gradients were presumably too weak in the southern

winter polar region in the work of Chapters 3 and 4 (due to the neglect of both clouds

and scavenging) offers a further reason for the weak SH cap-edge lifting produced in those

simulations.

After three more years of running with the variable threshold scheme (with resupply

turned off), the scavenging simulation with Rs = 0.22 acquired a threshold stress field

that was able to prevent the large dust storm and, to some extent, the unwanted lifting

at Ls = 120◦, that were seen in the first year. The results of this fourth year, shown in

Figure 6.18, thus moved back towards the control case, and were broadly realistic, with the

exception of cloud ice at certain points. The dependence of ice opacity at the equator and in

northern high latitudes over Ls = 180–360◦ on extra-polar dust opacity is obvious, but polar

hood optical depths were nonetheless too high (by perhaps a factor of 5) during the dust

storm, and the spurious equatorial cloud ice at Ls = 270–360◦ can be only partly explained

by the low dust loading after 300◦, which made the atmosphere too cold — temperatures

at 270–300◦ were actually quite realistic. South polar hood ice was also overestimated, by

a factor of at least 2 during Ls = 120–180◦, and even moreso with Rs = 0.5. These features

suggested cloud ice continued to form too readily, i.e. that Rs was too large and/or too

much dust was present in cloud-forming regions. Direct comparisons between these dust

opacity results and the control simulation of Figure 6.6 should not be made, owing to the

different initial conditions and allowing for interannual variability in model dust lifting; one

robust difference to note, however, is the lower dust opacity over the autumn/winter polar

regions, particularly at the north pole, once scavenging was added.

The north polar vapour maximum seen in Figure 6.18 was larger than that shown earlier

for the control run, bringing it closer still in magnitude to the observed vapour peak. The

maximum was increased when scavenging was activated due to the radiative shielding (in
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Figure 6.18: As in Figure 6.6, but for the fourth year of the simulation with scavenging activated,
with Rs = 0.22.
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(a) (b)

Figure 6.19: (a) Total atmospheric ice mass (kg) for three different scavenging efficiencies. (b)
Globally averaged dust content (as percentage by mass) of mixed particles, weighted by ice mass
in each gridbox, for the same simulations.

addition to some accelerated removal) of dust over the pole — though polar clouds were

fairly thin at the time — which led to an increase in the shortwave flux received by the cap.

As before, the south polar maximum was strongly controlled by the dust storm activity

around perihelion, which, as seen already, can be affected by the inclusion of scavenging. In

this case, the timing of the main dust event was very similar to the control run, but a small

amount of scavenging took place over the south pole around summer solstice, increasing

the magnitude of the vapour maximum. The second peak in south polar hood ice from

Ls = 120◦ became increasingly large as Rs was increased, due to stronger eddy mixing of

vapour from the tropics.

The sensitivity of the total atmospheric ice mass to the efficiency of dust scavenging

used is plotted in Figure 6.19(a). Ice mass growth rates, which in the UKMGCM scheme

are proportional to N , were enhanced by the availability of more nuclei as Rs was increased;

however, ice mass increased much less than linearly with increasing Rs, as interstitial dust

particles were depleted roughly proportional to Rs
2, and since growth rates were ultimately

limited by the availability of supersaturated water vapour. Other potentially important,

competing effects occurring as Rs increases include (see Figure 6.9) increasing dust lifting

rates, which would increase IN densities but also increase temperatures, probably hindering

cloud formation, and decreasing temperatures due to removal of interstitial dust, which

would promote further ice growth; also, the radiative effect of increasing cloud thickness (a

slight local warming). The net result of all these on ice mass appears to be an increase with
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increasing scavenging efficiency, but one which is limited, certainly by vapour availability,

and perhaps also by a negative feedback arising from the interactions mentioned.

Globally averaged, mass-weighted dust content of the mixed (dust/ice) particles for each

choice of scavenging efficiency is plotted in Figure 6.19(b), where it is seen that dust content

increased with Rs: N increased, allowing more dust to be scavenged, and though ice growth

rates also increased, they did so partly at the expense of growth that might have occurred

at a later timestep anyway, as S became larger. The increase was less than linear in Rs, by

the same token, but dust mass fraction showed greater sensitivity to Rs over Ls = 0–180◦

than did total ice mass. Dust mass content formed a two-peaked pattern in Ls, with one

maximum during the dustiest part of the year at 240◦, and another at ∼ 0◦ when clouds

formed in the presence of dust lifting in the two polar regions.

During Ls = 0–180◦, dust mass content for Rs = 0.22 was higher in the southern

midlatitudes (up to 15%) than it was in the ACB (. 6%), due to a greater availability

of dust and lower height of cloud formation. This fits with the observation of smaller ice

particle radii at 0–45◦S than in northern low latitudes by Clancy et al. (2003). The authors

also noted that the two types of ice particle displayed distinctly different phase functions

— the difference in cleanness of the water ice produced here is a possible explanation for

this.

6.6.1 Dust in the polar regions

One of the important developments in recent Martian atmospheric dust observation has

been the retrieval of concentrations over both polar regions throughout the whole year

(at least to within one or two scale heights of the surface), by Mars Climate Sounder3

(McCleese et al., 2010). A surprising feature of the data was the remarkably low dust

density-scaled opacity (a quantity proportional to mass mixing ratio) in the winter polar

regions, particularly at the south pole (60–90◦S) around solstice. To date, dust transport

models have not been able to adequately simulate the rapid drop-off in dust mixing ratio

that occurs from low to high winter latitudes (Heavens et al., 2011). Reasons for this could

include overestimated flux towards the pole from the principal meridional overturning cell

or from eddy mixing, and the neglect of scavenging. A goal of this part of the project

3TES winter polar retrievals have also been made recently from limb profiles (McConnochie and Smith,
2008)
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was to assess to what degree the third reason is important, and if it was, how efficient the

scavenging process would need to be to produce such clear polar regions.

The MCS nightside data for MY29 are shown in Figure 6.20(a). The data have been

collated and binned — at a horizontal resolution that is roughly comparable to the (T31)

model resolution, and over 105 pressure levels — as part of an ongoing project within the

LMD-UK collaboration to create new dust opacity scenarios for model runs and for use

in 3-D data assimilation. The data were also filtered to remove CO2 ice detections made

spuriously by the MCS dust retrieval method, by excluding points at which the temperature

lay below the CO2 frost point at that pressure level. The result of this approach made the

clarity of the south pole especially evident — note the reductions in density-scaled opacity

of three orders of magnitude or more from low to high southern latitudes around winter

solstice (Ls = 90◦).

The same plot for model data from the control run, though for diurnally averaged data4,

(Figure 6.20(b)) displays significant ‘leakage’ of dust into both winter polar regions, most

obviously near the ground but also noticeably so at the higher altitudes viewed by MCS.

Both polar regions were clearest at winter solstice, which, as identified earlier (§6.2, §6.4, and

the previous chapter), is at least partly a result of weakened eddy mixing at the cap edge.

Dust exclusion from the polar vortices, at 100–50Pa above the autumn/winter poles, can

be observed, signifying the existence of a transport barrier around these regions (there are

hints of this phenomenon in the MCS data too, e.g. at the north pole at Ls = 270◦). When

scavenging was used, near-surface dust mixing ratios were reduced near each pole during

autumn and winter (Figure 6.20(c)), by an order of magnitude in places (the differences

away from the north pole near perihelion were mainly due to interannual variability in dust

storm size, since the scavenging year used occurred three years later in the multi-year series

than the control run). For Rs = 0.5, the winter polar mass loadings approached the levels

seen in the MCS data (at least judging from a by-eye comparison).

It is also notable that in both model cases, away from the poles, dust was much more

confined to the near-surface than the observations suggest it should be. For example, in

northern midlatitudes at Ls = 45◦, dust opacities were approximately the same between

model and observation at 500Pa, but by 100Pa model opacities were too low by at least

4Using nighttime data only does not greatly alter the results of the comparisons between model and
observation here.
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(a)

(b)

(c)

Figure 6.20: Logarithm of the zonally averaged density-scaled dust opacity (m2 kg−1) from (a) MCS
data from nightside retrievals; (b) the model control run; (c) the scavenging run with Rs = 0.22.
(b) and (c) show diurnal averages. The lowest contour level shown is −10. No MCS data was
available in the white regions of (a).
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a factor of ten. No significant elevated dust maxima (Heavens et al., 2011) (seen most

clearly in the MCS data at Ls = 135◦) were produced, at least below 10Pa; instead dust

mixing ratio decreased monotonically with increasing height above the boundary layer,

with a scale height of ∼ 15 km. The increases in mixing ratio above 10Pa are, however,

surprising, and require comment. They were not present at the beginning of these long

simulations, but instead built up over the 10+ model years, apparently as some of the

smaller particles carried by the two-moment method became ‘trapped’ at high levels due

to their low sedimentation velocities. While they represent relatively small masses of dust,

they are surely unphysical and would have had an unwanted influence on IN densities (as

used by the cloud scheme) and atmospheric temperatures (part of the reason for the problem

discussed in §6.2.3) at high altitudes. This effect will require attention if any multiannual

dust transport simulations are to be performed in future; it may be that it is mitigated by

scavenging in the long term, as is hinted at by a comparison of the bottom rows of Figures

6.20(b) and 6.20(c).

To compare the dust content of the model and actual polar regions more quantitatively,

since a direct latitude-height difference plot was not suitable due to the different vertical

distributions of mass in model and observed data, estimates of the total dust mass in the

60–90◦ regions were made. The MCS data do not extend all the way to the surface, so it

was necessary to use a restricted pressure range; unfortunately, the coverage is such that

the largest range that could be used to calculate the 60–90◦ dust mass over a substantial

part of the year was 150–50Pa. Within this range, the number of datapoints obtained

was increased by using either nightside or dayside values wherever only one was available,

and taking the average of the two at points at which both were available. The use of

this crude day-night mean also makes the results more directly comparable to model data.

The outcome of the calculation using this method is shown in Figure 6.21(a) (using only

dayside data resulted in broadly similar values, but with sparser coverage, particularly

around Ls = 150–240◦). The purpose here was to illustrate the relative changes in polar

mass over the year, rather than estimate absolute totals, since missing data from close to

the surface are sure to be vital for the latter. It was observed that in MY29 both polar

regions contained a larger dust loading during spring/summer than in autumn/winter, and

that the difference between the two solsticial loadings was much greater in the southern
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hemisphere, at 3–4 orders of magnitude, than in the north (1–2 orders). The dramatic

decline in south polar dust content around winter solstice fits with the solsticial isolation of

the polar region mentioned previously. The south pole is affected more strongly than the

north pole due to weaker cap-edge dust lifting and eddy activity, a weaker solsticial PMOC,

and the larger polar ice cap, which pushes the boundary of the dust lifting region further

towards the equator.

It is possible that the results shown, since they cover only a fairly narrow height range,

may be missing important dust mass nearer to the surface during the winter minima (this

is certainly true, for example, at both poles at Ls = 0◦). From visual inspection of the

available data, this cannot be ruled out; but, as far as can be seen, there is reason to

believe that reductions in 150–50Pa polar mass are representative of reductions in the total

polar atmospheric mass. By accepting poorer temporal coverage, the lower limit in the

mass calculation could be extended further, to around 350Pa for the southern hemisphere

over 0–180◦, and this once again suggested a 3–4 orders of magnitude reduction by winter

solstice. In the northern hemisphere, calculating the mass over 250–50Pa suggested a

slightly gentler decrease, of closer to one order of magnitude, from summer to winter than

is seen in Figure 6.21(a). The behaviour shown in the plot should therefore be regarded as

an approximation; however, this was sufficient for the level of comparison with the model

that was undertaken.

Model polar dust masses within the 150–50Pa window were generally lower than the

MCS equivalents, since dust was more strongly confined to the near-surface. Despite this,

the south polar mass at winter solstice was an order of magnitude larger than the MCS

data show, and the annual variation in the south polar mass total was less than 3 orders

of magnitude. However, the effects of an increased scavenging efficiency were not strongly

felt at these heights (except at the north pole, Ls = 240–360◦), as seen in Figure 6.21(b),

because the scavenging that occurred did so nearer the ground. A more useful measure of

the effect of scavenging in the polar regions was the dust mass between 60◦ and 90◦ over

the full height of the atmosphere, shown in Figure 6.21(c). Now a decrease in mass with

increasing Rs was seen in both winter polar regions, which became significant for Rs > 0.1.

Increasing Rs from 0.1 to 0.5 reduced SH polar dust mass by a factor of 5 over much of

autumn and winter, and had an even greater effect in the NH, reducing polar mass by an
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(a)

(b)

(c)

Figure 6.21: (a) Integrated dust mass (kg) between 150 and 50Pa at 60–90◦ in each hemisphere,
from the combined dayside and nightside MCS dataset. (b) The same quantity from the model,
from runs with Rs = 0.1 (solid), 0.22 (dashed) and 0.5 (dash-dotted). (c) Integrated dust mass
over the full height of the atmosphere at 60–90◦ from the model, showing interstitial mass from
the runs with Rs = 0.1 (solid) and 0.5 (dashed), and total mass for Rs = 0.5 (dotted).
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order of magnitude during Ls ∼ 240–330◦. For efficiencies of 0.5 and 0.22 (not shown, but

its behaviour was intermediate between the 0.1 and 0.5 cases), this created the post-180◦

decline in north polar mass seen in the MCS 150–50Pa data (though it is possible that a

lower efficiency may fit the data better, if the full atmospheric mass declined more gently

into autumn/winter, as hinted at above). So, as found in the passive test case, scavenging, if

it is efficient, could be of similar importance to the radiative effect of ice clouds in explaining

the low dust content of the polar regions around winter solstice.

If scavenging does play a significant role in keeping the winter polar regions dust-free,

a further question concerns whether it does so by accelerating the removal of polar atmo-

spheric dust through sedimentation or whether the bulk of the ‘missing’ dust is merely

hidden from view within the cloud ice. The dotted line in Figure 6.21(c) shows that differ-

ences in polar mass between the 0.1 and 0.5 cases were largely removed when the in-cloud

dust mass was added to the 0.5 interstitial total. This means that most of the extra scav-

enged dust in the 0.5 run was still present in the atmosphere, which suggests that the largest

increases to settling velocities estimated earlier do not apply to a particularly large mass of

dust. An exception was in the SH at Ls ∼ 60–120◦, when significant amounts of dust were

fully removed from the atmosphere by the stronger Rs = 0.5 scavenging. This coincided

with a minimum in dust content of mixed particles (Figure 6.19(b)), which favoured greater

increases to dust settling rates.

Annual mean dust wet deposition rates, for all values of Rs, were largest in those regions

where cloud coverage was frequently high; as a result, more dust was deposited as a result of

scavenging at the north pole than at the south pole, and wet deposition rates at low latitudes

exhibited the zonal wavenumber-3 pattern that exists also in ice opacity (see Figure 6.25),

forced by topographic variations. In comparison to dry dust deposition, wet deposition was

of relatively low importance in the vicinity of the ACB and at low latitudes in general, but

it made an important contribution to the total deposition rates over the winter polar caps:

with Rs = 0.1, wet deposition accounted for ∼ 40% of the total dust deposition over each

cap during periods of CO2 condensation, and for Rs = 0.5 this increased to 80–90%. The

total dust mass deposited as a result of scavenging increased with increasing Rs, but did

so less than linearly, as summarised in Table 6.1.
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Rs
Dry deposited Wet deposited

Wet/dry (Wet/dry)/Rsmass / 1012 kg mass / 1012 kg

0.1 8.84 0.77 0.08 0.80
0.22 8.90 1.33 0.13 0.60
0.5 8.92 2.01 0.18 0.37

Table 6.1: Global dust deposition rates from the scavenging simulations.

6.6.2 Vertical mass distributions

Mass and number profiles

Scavenging has the potential to alter the vertical distributions of both dust and ice, by

changing the sedimentation velocities of each and by the removal of dust at the altitude

of the cloud layer(s), which itself can reduce local ice growth rates due to a lack of IN.

Figures 6.22(a) and 6.22(b) show a series of zonally averaged vertical profiles of dust and

ice mass mixing ratio, in the vicinity of the ACB at Ls = 90◦ for MY29, taken from MCS

data, handled as described previously. Features to note in the displayed profiles include

the elevated dust maximum at 20–30km, and the rapid reduction in dust mixing ratio

above this, strongly suggesting a capping of dust in the vertical direction by the ice cloud

layer that peaks at 30–40km. A diurnal-mean plot of the same quantities from the control

simulation (Figure 6.22(c)) shows that the model, without scavenging, did not produce any

such elevated dust layer, and any vertical capping of dust by ice was weak (i.e. there was a

slow decline in mass mixing ratio with increasing height within the cloud), if it occurred at

all. It is also evident that the ACB formed 10–20km too low in the atmosphere, and that it

peaked much less sharply in the vertical than the MCS cloud layer does. The first of these

issues is addressed in detail below. With regard to the second, the increases in temperature

above 40 km were responsible for the drop-off in ice mixing ratio that did occur. Otherwise,

in the 20–40km region, cloud growth rates were maintained by a plentiful supply of IN at

those altitudes. The prescribed dust simulation shown earlier, which had no upper level

temperature inversions, actually produced a much sharper cloud layer, due to lower IN

number densities above 20 km (seen from Figure 6.8).

With scavenging activated, using an efficiency of 0.22, dust vertical profiles were only

marginally altered, through reductions in mixing ratio at 20 km and above (Figure 6.22(d)).
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Figure 6.22: Zonal-mean dust (black) and ice (green) mass mixing ratio profiles at northern summer solstice, from (a) MCS MY29 nightside data; (b) MCS
MY29 dayside data; (c) the control simulation; (d) the scavenging case with Rs = 0.22; (e) the scavenging case with Rs = 1; (f) the simplified scavenging
simulation, with Rs = 0.22, which assumed instantaneous sedimentation of scavenged dust. MCS profiles are plotted against log-pressure height defined
relative to a 610 Pa surface.
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(a) (b)

Figure 6.23: Saturation ratio profiles (blue, bottom axis) from each model point within 0–45◦N,
each averaged over Ls = 80–100◦ , with the mean profile shown as a dotted line, from (a) the
control run and (b) the simulation with Rs = 0.5. Zonally averaged ice mixing ratio profiles from
the same region (green, top axis, in kg/kg) show the location of the cloud layer.

There was some sign of a sharpening of the cloud layer in the vertical, though its peak height

was unchanged. With more efficient scavenging, these two effects were strengthened (Figure

6.22(e)), but the rapid in-cloud drop-off in dust mass mixing ratio seen in the MCS data

was not matched even with the highest possible efficiency of Rs = 1.

Figure 6.22(f) shows the profiles produced by a further simulation in which no additional

tracers were used to model scavenging; instead, dust scavenged at a given model level

was assumed to sediment instantaneously (at least, within a model physics timestep of

30 minutes), and was either released at the first lower level at which ice sublimation was

occurring, or deposited on the surface. This approach therefore assumed that dust particles

settle very much faster when mixed with ice than they do independently. By comparing

Figures 6.22(d) and 6.22(f), each of which used Rs = 0.22, it can be seen that vertical

redistribution of dust was overestimated in the instant sedimentation case. A scavenging

parameterisation without extra tracers may be feasible, but it would need to account for

the more modest increases in settling velocity that tend to accompany the incorporation of

dust particles into cloud ice.

With a lack of dust nuclei of sufficient size for ice nucleation, ice growth rates decrease,

and supersaturated regions can develop in the atmosphere, if the vapour present cannot

condense fast enough. Recent analysis of SPICAM data by Maltagliati et al. (2011) has

provided evidence that supersaturation does occur on Mars, and in fact is potentially rel-

atively widespread at certain times of year. The authors found that more than half of the
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vertical water vapour profiles retrieved in northern midlatitudes in the range Ls = 50–120◦

contained supersaturated portions, at altitudes of 25–55km, and several had peak satura-

tion ratios of greater than 5, which they noted to be much higher ratios than are observed

in the Earth’s troposphere. The dust-transporting UKMGCM actually produced supersat-

urations without scavenging, as Figure 6.23(a) shows: saturation ratios of up to 2–3 were

common above the cloud layer, at 35–50km, in the control run. This must have been a

consequence of the slower ice growth rates that occur at low pressures (due to an increase in

Rd in the growth rate expression (6.1)). (It should be noted that the supersaturated region

would have continued up beyond 50 km, but for the temperature inversion that occurred.)

With scavenging activated, larger supersaturations became more common: shown in Fig-

ure 6.23(b) is the strong scavenging case of Rs = 0.5. Individual (i.e. not time-averaged)

profiles in early summer frequently peaked at S > 5. The observations of supersaturation

are as yet limited, but it is clear that the model was able to produce ratios as large as any

that have been seen.

The cause of the increased supersaturations for large Rs was, of course, the removal of

some of the IN during cloud formation. This modified the shape of the IN density profiles,

as shown in Figure 6.24. Significant reductions were produced in the interstitial population

at 20–50km, in and above the upper portion of the cloud layer, though the particles for

the most part remained present at those altitudes, within the cloud ice. Interstitial dust

mass was also reduced over the same vertical range, and in this case there was some vertical

redistribution seen in the scavenged dust mass, from the upper part of the cloud layer to

the lower part.

Cloud layer height

Aphelion belt cloud ice from the control run is shown in both early and late summer in Fig-

ure 6.25, along with temperatures and IN number densities. In both cases, a wavenumber-3

pattern in cloud ice formed, as a result of the topographic forcing in northern low latitudes.

The cloud layer was initially thickest at 100–200Pa, and by the end of summer it had

moved only slightly upwards, to ∼ 100Pa. The height of the cloud layer is most strongly

controlled by the combination of temperature and vapour abundance, and the peaks in ice

at both times sat just below the 180K isotherm, such that the upward shift reflects the
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(a) (b)

Figure 6.24: (a) Interstitial IN density profile from the control run, and interstitial and total
(interstitial plus scavenged) IN profiles from the Rs = 0.5 run. (b) Mass mixing ratio profiles from
the same cases.

Figure 6.25: Cloud ice mass mixing ratio (ppm, colours), temperature (red contours, at 160, 180
and 200K) and IN number density (black contours, drawn at (1,2,4)×(106 , 107, 108, 109) kg−1)
from the control simulation at 0–30◦N, in early (left) and late (right) summer.

increase in model temperatures that occurred in late summer.

MCS data, on the other hand, show a cloud layer centered — in a crude diurnally

averaged sense5 — at 10–50Pa in early summer, and rising to ∼ 10Pa or higher by late

summer (with some interannual variation between MY28 and MY29) (Heavens et al., 2010).

The principal reason for this rise during summer was probably a similar rise in the isotherms

around the height of the cloud layer, particularly on the nightside, which pushed the level

of saturation up to lower pressures. It was seen earlier that this atmospheric warming was

not adequately picked up by the dust-transporting model (see Figure 6.7(a)), which goes

some way to explaining the lack of movement of the cloud layer. However, this was not

the only problem, as the cloud layer was also too low at the beginning of summer, when

5Considering day-night variation in the model does not qualitatively alter the results.
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temperatures were reasonably close to reanalysis and MCS values. Clouds in the model

tended to form too readily at warmer layers: Heavens et al. (2010) showed an ice layer

throughout summer sitting comfortably above the altitude of the 180K isotherm, while in

the model the bulk of the ice formed below this line. The addition of scavenging did not

greatly alter the situation, aside from producing a slightly more vertically extended cloud

layer in late summer, associated with the warmer atmosphere that existed at this time, for

the efficient scavenging cases. Interestingly, the location of the largest cloud thickness in

early summer did shift from Tharsis to Arabia (60◦E) as Rs was increased, apparently due

to changes in the spatial distribution of peak dust lifting rates.

The differences between model and observation in early summer could be due to a

number of factors — an overestimation of the amount of water vapour present, either in

low levels only or in the atmosphere as a whole, a supersaturation condition for cloud

formation that was too lenient, the reduced lapse rate in the middle atmosphere due to the

use of size-independent scattering, or an IN profile that was biased towards lower levels.

Several separate simulations helped to narrow down the potential causes. The first of these

was the prescribed dust run shown earlier, which featured an early summer cloud layer

very similar to that of the control (dust-transporting) simulation, with ice mixing ratios

peaking below the 180K isotherm. This run, since it used dust opacities very similar to

observations, had a more realistic temperature structure, without an inversion above 10Pa,

yet this did not push clouds any higher in the atmosphere (they did rise to ∼ 50Pa in late

summer, following the rise in temperatures that occurred, but the peak of the cloud layer

remained below the 180K isotherm). Another MY24 scenario run was performed using

an altered vertical IN profile — instead of the Conrath function used before, a profile was

devised to replicate to some extent the shapes produced in transporting runs. It consisted

of an increase in number density from the surface to 40Pa, peaking at ten times the surface

concentration, and a decrease from there with decreasing pressure. This did not affect

the height of the peaks in cloud ice, though mixing ratios were increased a little above

this, at ∼ 100–20Pa, around the IN density maximum. It seems that much more extreme

variation in IN number density would have been required to force a genuine change in cloud

height. If the suggestion of Montmessin et al. (2002), that there exists a bimodal dust size

distribution, is correct, there could be a greater number of particles of radius 100–200nm
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above ∼ 30 km than simulated here by the model, which would boost the IN population in

the middle and upper atmosphere, but it is unlikely that this could suppress condensation

particularly strongly at lower altitudes. Finally, the amount of supersaturation required to

initiate cloud formation was, in a transporting simulation that was otherwise identical to

the control run, increased from 1.4 to 2.0, but this did not lead to significant changes in

ACB height. Recent experimental work has suggested that even higher saturation ratios

may sometimes be required for nucleation (Iraci et al., 2010), so it is still possible that

underestimated supersaturation in the present case is affecting cloud height.

Vertical transport

None of these alterations came close to producing a cloud layer at as high an altitude as the

one observed by Heavens et al. (2010), leaving overestimated water vapour amount as the

most likely explanation for the error. Compared to TES data, column vapour abundances

in northern low latitudes at this time were, if anything, lower in the model, so the problem

must rather have been the distribution of vapour in the vertical. Therefore, once again, weak

vertical mixing was the likely issue. To get around this temporarily, in order to determine

how the cloud height might be affected by stronger mixing, a short run (Ls = 90–100◦) was

performed using altered turbulent diffusion coefficients. Turbulent diffusion is one form of

parameterised mixing in the model (the other being convective adjustment) but is usually

strong only in the boundary layer (up to a few km above ground) and negligible above this.

Diffusion coefficient profiles were artificially altered to increase mixing over ∼ 0–30km by

multiplying by a Gaussian function centred around 20 km. It is of course unrealistic to

maintain such strong turbulent mixing up to these altitudes, but this adjustment provided

a convenient means of altering the tracer profiles; also, it allowed an assessment of whether

or not diffusive mixing could possibly explain some of the observed dust and ice profile

features.

As expected, it led to dust mass mixing ratios that were well-mixed up to ∼ 30 km.

Vapour profiles were also altered, but the cloud level was raised only slightly, to around

90Pa, and this was mainly because temperatures were increased within the mixed region,

which increased the holding capacity of the atmosphere at those altitudes (Figure 6.26); in

fact, the peak of the cloud layer still sat below the 180K temperature contour. Temperatures
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Figure 6.26: Zonal-mean vapour mixing ratio (green, top axis, in kg/kg) and saturation mixing
ratio (orange, top axis, in kg/kg) profiles over 0–45◦N, along with the saturation ratio averaged over
this latitude range (dashed, bottom axis), from the control (left) and enhanced diffusive mixing
(right) simulations.

were too high compared to the MY26 reanalysis, due to the exaggerated mixing of dust

from the surface at every gridpoint, so the large saturation mixing ratios of Figure 6.26(b)

cannot be the true means of avoiding cloud formation below 20 km. To remain below the

more accurate saturation curve of Figure 6.26(a), vapour mixing ratios must be reduced

below their values in that plot at ∼ 10–25km, and above this the vapour lapse rate must be

smaller than the saturation lapse rate. This does not necessarily require the production of

an elevated vapour maximum, so a well-mixed vapour profile could be capable of producing

a higher cloud layer, but in that situation one would expect dust to be well-mixed as well,

which leads to the unrealistic temperature structure produced in the simulation shown in

Figure 6.26(b). Therefore, a local vapour enhancement around the cloud level seems more

likely. It is clear that diffusive mixing as prescribed in this case could not produce such

tracer profiles, and that another vertical transport process is required to explain both the

elevated dust layers and the height of the ACB.

A similar enhanced-diffusion simulation with scavenging (Rs = 0.5) did not produce a

drop-off in dust mass mixing ratio quite as sharp as those of Figures 6.22(a) and 6.22(b),

and did not produce any elevated dust maxima below the clouds (Figure 6.27). So, the dust

capping of inadequate strength seen earlier appears not to have arisen merely because it

was taking place so close to the ground. It may be that the capping seen is predominantly

caused by a sharp decline in dust mixing ratio that occurs independently of the presence of

an ice layer, as a consequence of the vertical transport processes acting. Furthermore, the

scavenging process, even if it is very efficient, does not seem to be capable of generating
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Figure 6.27: Dust and ice mass mixing ratio profiles, as in Figure 6.22, from the simulation with
enhanced diffusive mixing and scavenging (Rs = 0.5).

elevated dust maxima out of well-mixed dust profiles.

Another possible mechanism for production of these elevated dust and vapour maxima

is the thermal topographic circulation identified by Rafkin et al. (2002). Using a mesoscale

model centred on Arsia Mons, one of the planet’s largest mountains, they simulated strong

upslope winds on the flanks of the mountain that transported dust lifted near the base to

altitudes of 20–35km, whereupon winds diverged and the dust was advected away from

the mountain. The outflow plumes extended to more than a thousand kilometres in the

horizontal direction and created an elevated dust maximum away from the mountain, where

mixing ratios below 20 km were much lower than above. This idea is attractive, because the

five highest peaks on Mars are all located near the equator, where the elevated dust layers

have been observed. None of the topographic peaks lie within 60◦W–120◦E, which appears

to present a problem as the elevated maxima were seen at virtually all longitudes; however,

some equivalent circulation could be produced near the large ridge at Arabia Terra, if

horizontal advection of dust from one of the mountains were not sufficient. At the very

least, topographic circulations offer a means of injecting vapour at lower pressures at the

locations of two of the three aphelion cloud ice peaks (over Tharsis and ElysiumMons). Such

circulations are not likely to be produced at T31 resolution: in fact, two adjacent volcanoes

in the Tharsis range, Arsia and Pavonis Mons, are not even resolved at this resolution. It

may be anticipated, however, that total vertical mixing will be strengthened as resolution

is increased, due to more effective upslope transport at appropriate locations. A simulation

at T42 resolution run over Ls = 60–90◦, using the initial conditions and settings from the



202 CHAPTER 6. DUST INTERACTION WITH WATER ICE CLOUDS

Figure 6.28: Top row: Longitude-pressure views of dust mixing ratio (kg/kg, colours) and zonal
wind (m s−1 eastward, solid contours; −30m s−1 is the lowest contour shown) at 15–20◦N from sim-
ulations using model v3 (left) and v5 (right), showing the difference in the vertical dust distribution.
Coordinates shown are in degrees east longitude; Olympus Mons can be seen in the bottom topog-
raphy at −135◦. The run with clouds was dustier at this time than the run without, so mixing ratios
in the right-hand plot were multiplied by 0.3 before plotting, to allow a fair comparison between the
two plots. Bottom row: the same mixing ratio field as before (solid contours, kg/kg) plotted over
the vertical pressure velocity ω (colours, contours are at ±(10−6, 10−5, 10−4, 10−3, 10−2 Pa s−1),
again from v3 (left) and v5 (right). Blue shading denotes negative values of ω (upward atmo-
spheric motion) and red shading denotes positive ω (downward motion).

control run, confirmed this to be the case. Dust mixing ratios at 0–45◦N were increased over

the control run above ∼ 10 km, though they still decreased monotonically with increasing

height above this level.

Upon closer inspection, interesting differences were found between the vertical dust

distributions in the current case and in simulations from Chapter 4, which used the older

model physics (v3). In the latter case, zonal-mean dust profiles were actually well-mixed up

to ∼ 15 km. An example of each, taken from the northern tropics around summer solstice,

is shown in the top row of Figure 6.28. In the new model, dust mixing ratios at 100Pa

were very low away from the three main topographic peaks (e.g. at 0–60◦W) — it appears

that at these longitudes, where wind stress lifting is not occurring, advection from dustier
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longitudes is necessary to maintain any significant dust loading above 300Pa or so. Zonal

winds at this height were reduced at these longitudes in the newer model run. Sensitivity

tests showed that while the inclusion of clouds was responsible for the shift of dust lifting

peak from Arabia to Tharsis, changes in the vertical distribution of dust occurred due to

both the switch to the two-moment scheme for transporting a dust size distribution and

the use of size-independent scattering in the newer run. In the older model, dust effective

radius showed little change from the ground to ∼ 100Pa, at 1.4–1.6 microns — this was

because the dust field in this height range was dominated by particles in the ‘middle’ size

bin (1.58µm), leading to a low effective variance for the distribution, and highlighting a

limitation of the use of a small number of dust size bins. When using the two-moment

scheme, effective radius was larger near the surface (> 2µm), and though effective radius

was similar to the previous case at 100–200Pa, effective variance was larger (it was fixed at

0.5), implying more rapid sedimentation. Therefore, mass sedimentation rates were larger

with the two-moment scheme, from the surface up to 100Pa and beyond.

Calculation of the vertical (pressure) velocity for each run, plotted in the bottom row

of Figure 6.28, shows that at the 100Pa level (e.g. at 0–40◦W) it was this more rapid

sedimentation rather than any increase in downward atmospheric motion that caused the

clearing of dust in the v5 case. However, differences in vertical velocity near the ground do

exist between the two runs, which must primarily be a result of differences in the vertical

distribution of dust heating. Further changes in vertical transport were seen when the more

accurate size-dependent scattering method was used (lower effective radii near the ground,

and larger mass mixing ratios around 100Pa), indicating that dust heating could play

an important role in forcing these mesoscale circulations. (The neglect of size-dependent

scattering was therefore not ideal, and introduced errors, but recall (Figure 6.7) that it was

necessary to obtain reasonable temperature structure below 10Pa.)

An important feature seen only in the older run was the development of an elevated dust

maximum, seen most prominently west of Arabia Terra. Although the enhancements to dust

mixing ratio were slighter than those observed by MCS, and the peak layer formed too low,

this nonetheless appears to be evidence that elevated dust maxima could be formed through

strong upward transport of dust at specific locations and its subsequent zonal advection

to other longitudes. What is particularly interesting is that in this case the feature was
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produced at longitudes near the prime meridian, rather than near the much larger peaks at

Olympus or Elysium Mons. On the other hand, slope winds were severely under-resolved

at the steep mountains, while the gentler slopes of Arabia were better represented at this

resolution, and the production of the dust plume was seemingly made possible by the low-

level convergence that occurred in the region. Caution is required, as the feature was not

seen in any simulations using the two-moment method for dust transport, which should

provide more accurate sedimentation rates. The vertical velocity plots suggest that the

feature was maintained in part by upward motion in the boundary layer in v3 that was not

present in v5 (Figure 6.28, bottom row), indicating the influence of changes in dust heating

profiles. Further work is clearly needed to investigate the effects on vertical transport of

topography and of the variation of dust mixing ratio and particle size with height (affecting

both sedimentation and heating rates).

Cross-equatorial flux

The changes seen in the IN profiles when using large Rs implied that dust transport was

affected by the presence of the cloud layer, through a mechanism closely related to the

Clancy effect that acts to limit the transport of water vapour out of the northern hemisphere.

In both cases, the limiting of the tracer species in the vertical during the aphelion season

prevents it from being lifted through the full height of the principal meridional overturning

cell, and thus limits its meridional advection, since southward winds at ∼ 20–40◦N are

found only in the upper portion of the PMOC (Clancy et al., 1996). This has implications

for the net annual cross-equatorial tracer flux, as a similar effect is not seen in the warmer

perihelion season. In the case of dust, since it appears to be insufficiently mixed upwards in

the UKMGCM at present, its southward transport around aphelion will have been limited

even without any scavenging by clouds. With these simulations, it was possible to analyse

the possible effect of scavenging on cross-equatorial transport, while bearing in mind that

any capping of the dust column that occurred did so too close to the ground.

The cross-equatorial dust flux, taken as the average of the fluxes in the model latitude

bands either side of the equator, was integrated over the height of the model atmosphere

and is shown for the control and Rs = 0.5 runs in Figure 6.29. In the control run, the

overall annual pattern (the red dotted line) was one of transport from summer to winter
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Figure 6.29: Vertically integrated dust mass transport across the equator from the control run (top)
and the Rs = 0.5 scavenging case, including both interstitial and scavenged dust mass (bottom).
Components shown are mean (solid), transient (dashed), stationary (dash-dotted) and total (red
dotted).

hemisphere, as expected. However, analysing the different components of this transport

(mean, transient and stationary) revealed that the mean circulation, except during the

dust storm of 240–280◦, acted to move dust in the opposite direction. This transport was

outweighed by stationary eddy transport out of the summer hemisphere. The dominant

part of the mean transport occurred in the lower branch of the PMOC, in the lowest

5 km of the atmosphere: therefore, this was potentially another consequence of dust being

inadequately mixed away from the surface. It is unknown quantitatively what bias this

introduced into the net cross-equatorial transport rates analysed in Chapter 4. Although

the vertical mixing appears to have been better in those simulations, dust profiles were

nonetheless weighted in favour of lower levels with respect to observations, as they did not

feature any significant elevated mixing ratio maxima.
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The strong variation of average meridional wind with altitude was also the reason for

changes in aphelion dust transport that occurred when scavenging was activated. Since

scavenging (away from the poles) occurred primarily within the cloud layer, above 300Pa,

the interstitial dust field was depleted solely at the level at which the average flux, due

both to stationary eddies and the PMOC, was southward. Meanwhile, the near-surface

flux was largely unaltered. This resulted in a weakening of the net southward integrated

dust transport over 0–180◦ as Rs was increased — for interstitial dust only, the transport

actually became strongly northward in the Rs = 0.5 case, but when the scavenged dust

mass was also included, a southward integrated transport was returned, though one that

was much (37%) weaker than in the control case. The fact that a weakening was still seen

when calculating the flux of the combined dust field shows that a vertical redistribution of

dust mass did occur, and acted in the downward direction.

Following this argument, a northward bias in annual dust transport, which becomes

stronger as Rs increases, seems inevitable. However, it was not possible to quantify this

effect while both dust and water were so vertically limited, and — as stated above —

calculations of net inter-hemispheric mass transfer should be treated with caution, as it is

unclear how accurately the overall efficiency of the overturning cells has been represented

in the model.

6.7 Estimation of H2O scavenging efficiency

It is clear that many features of the dust and water cycles could be strongly dependent on the

efficiency of the heterogeneous nucleation/scavenging process, even though several relevant

quantities, such as total ice mass, appear to have a substantially sub-linear relationship

with Rs. Efficiency Rs may, in fact, be significantly lower than the range of values studied

here: they were chosen, to some extent, to determine the upper limit of modification to the

dust field that could be possible through scavenging. Although ice opacities were tuned

at the beginning of this chapter with Rs = 0.22, it should be recalled that ice mass has

been ‘artificially’ reduced throughout this chapter by using a size distribution variance for

sedimentation of νsed = 0.45.

When this was reduced to the more likely value (for a unimodal ice size distribution) of

0.1, the correct ice opacities were then best reproduced by Rs ∼ 0.02. However, the actual
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Figure 6.30: Scavenged IN density (kg−1) profiles for different scavenging efficiencies at Ls = 120◦

averaged over 0–45◦N (solid lines). The densities estimated for observed ice particle sizes of 3
and 4 microns are marked. Dotted lines show the scavenged IN density that would be required to
produce 4 micron ice particles, given the model ice mixing ratio profiles — sufficient scavenged IN
were available where these lines lie to the left of their solid counterparts. Note that the run with
Rs = 0.02 used νsed = 0.1, while the other two cases used νsed = 0.45. This has little impact on
the solid lines but does affect the dotted lines: the latter two would be approximately doubled if
νsed = 0.1 had been used, raising the crossing points with the solid lines by ∼ 5 km.

ice mass present (increased by roughly a factor of two by the reduction in νsed, for Rs

constant) was probably too large, as opacities were kept artificially low by ice particle radii

that were also too large: 10–20µm within the ACB, which is well in excess of the 3–4µm

sizes reported by Clancy et al. (2003). Ice radii were set by dividing the ice mass among the

number of IN present, so to obtain smaller radii required greater IN concentrations at the

cloud level. Therefore, while a low scavenging efficiency is needed to keep ice growth rates

(and mass) down, this reduces the number of IN that are involved in nucleation, which

can lead to the formation of large ice particles, since condensation will inevitably occur as

S increases. Comparison among the Rs = (0.1, 0.22, 0.5) cases showed that the smallest

particle radii were obtained when Rs was largest, in spite of the increased ice mass produced

by this high efficiency (ACB ice radii were reasonable at 2–6µm in these simulations, but

this was helped by the large νsed used). However, model ice radii are also sensitive to the

height of cloud formation (too low at present) due to the variation of IN density with height.

It was possible, using MCS ice mixing ratios together with particle size measurements,

to estimate the number density of ice particles in the ACB, which should represent a lower
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limit on the in-cloud IN density, assuming that each ice particle contains at least one dust

nucleus. For a mean ice radius of 4 microns (Clancy et al., 2003) and a peak mixing ratio

in early summer of 5 × 10−6 kg/kg (Heavens et al., 2010), scavenged dust number density

should be around 2 × 107 kg−1. Plotted in Figure 6.30 (solid lines) are ACB profiles of

in-cloud dust number density for the various values of Rs used (it is worth remembering

that above ∼ 40 km, densities may be affected by the excess high-altitude dust discussed

earlier). Scavenged density increased with Rs, due to the increasing numbers of interstitial

IN made available in cloud formation. At the model cloud level (15 km), an efficiency of 0.5

was required to attain enough in-cloud nuclei to produce 4µm ice particles, but at the true

(observed) cloud level of ∼ 35 km, Rs = 0.02 was sufficient. However, it is the number of

nuclei in proportion to the ice mass that is more important: the dotted lines in the figure

show the nuclei density needed to produce 4µm ice particles. The high Rs case has the

solid line lying furthest to the right relative to the dotted line, indicating that more IN were

scavenged for a given mass of ice than for lower values of Rs. Rs = 0.02 did not scavenge at

a sufficient rate at 15km, but did so comfortably above 30 km, where the clouds should have

formed, and larger Rs produced in-cloud number densities that were much too large above

30 km (albeit assisted by large νsed). Clearly, the rate of scavenging depended as much on

the interstitial IN populations, all of which peaked at 20–40km, as on Rs. Therefore, any

constraints on Rs would be strongly affected by the uncertainty that exists in the model

dust profiles. A further complication is that the cloud layer, as seen in the dotted lines in

the figure, was too low in each case: if the ice layer was shifted upward by 20 km, there

would be insufficient scavenged IN with Rs = 0.02, and the Rs = 0.1 case would appear to

be more realistic (the dotted and solid green curves would roughly overlap at 30–40km).

The excess in cloud ice produced with Rs & 0.1 would seem to be strong evidence against

an efficient scavenging process. However, cloud formation would have proceeded more slowly

had saturation been exceeded at lower pressures, < 100Pa, where observations show the

ACB is actually located. At the very least, the best-fit value of Rs is likely to depend on the

particular assumptions used in this cloud scheme; other formulations that produce lower

condensation rates may be hypothesised. Therefore, no clear conclusions can yet be drawn

regarding the efficiency of the nucleation/scavenging process. In fact, existing terrestrial

literature suggests that the number of in-cloud nuclei tends to increase with decreasing
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temperature or increasing supersaturation (Meyers et al., 1992). A more complex function

for Rs is something that will likely be added to cloud microphysical schemes in future, as

more detailed observations of clouds and IN densities become available.

What can be said, based on the work of this chapter, is that for scavenging to exert any

significant influence on the dust field would require a moderately high efficiency: Rs > 0.1,

say. If scavenging is actually weaker than this, then the capping of the dust profile by

the ice layer and the clearings produced in both winter polar regions would not occur, and

other explanations would be required to justify their lack of presence in the non-scavenging

UKMGCM. It is possible that the sharp drop-off seen in the MCS dust profiles is not

primarily a result of scavenging: while strong scavenging certainly acts ‘in the right sense’

and could contribute to a capping of the dust column, inaccuracies in vertical transport of

tracers meant that even the use of high Rs values could not properly reproduce the observed

relationship between dust and ice vertical profiles. The very clear winter polar regions seem

harder to explain without some scavenging taking place, though due to the lack of MCS

data at the surface some uncertainty remains over precisely how dust-free these regions are.



Chapter 7

Conclusions

During this project, the dust lifting capability of the UKMGCM has been developed in

several areas, and an interaction with atmospheric water ice has been implemented. Sig-

nificant progress has been made in simulating important aspects of the Martian dust cycle,

though the addition of new physics uncovered further complications that will require more

attention in future dust lifting and tracer transport schemes.

7.1 Dust lifting, transport and redistribution

The first task involved an update of the original model dust lifting schemes, now a decade

old. Actually, in the intervening years, the approach to dust lifting taken by other models

has not changed from the method of Newman et al. (2002b), though observations have

since clarified the respective roles of dust devil and wind stress lifting in the overall dust

cycle, and transporting a particle size distribution rather than a single size has become

the norm. Wind stress lifting rates have always been calculated using a cubic function

of drag velocity, depending on its value relative to a threshold drag velocity ut
∗
, which

is heavily tuned to produce appropriate dust emission rates in GCM simulations. The

parameterisation described in Chapter 3 also fits into this category; however, the threshold

drag velocity is calculated theoretically and then reduced in order to account for sub-

gridscale effects. In this respect it is similar to the method of Kahre et al. (2006). The level

of threshold reduction needed is a tunable parameter in the scheme, but the magnitude of

this scaling factor must be justified physically, in order to give the parameterisation any

210
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more credibility than a simple prescribed threshold has. The scaling factor value of 0.7

used at T31 resolution appears to be easily justifiable, as it covers the averaging of physical

processes occurring on a sub-metre scale over a gridbox that is several hundred kilometres

in length (see also §7.2). The scheme also utilised a newer saltation flux formula, following

Kok and Renno (2008), and a radiatively active dust size distribution was lifted, using a

set of size bins or a two-moment mixing ratio method. Dust devil lifting was handled using

the threshold-independent scheme of Newman et al. (2002a), as it provided lifting rates

that were more evenly spread over the planet than the threshold-dependent version and

was therefore better at maintaining a global dust haze in the absence of any wind stress

lifting.

A significant resolution dependence of wind stress dust lifting rates was discovered, and

it was found that flushing storms, originating in the northern midlatitudes, were resolved

much better at T31 resolution than at the slightly lower T21 resolution. T31 was there-

fore adopted as the standard resolution for most of the work done, but it is clear that a

higher resolution, if it were more computationally feasible, would improve lifting predic-

tions. Topographic flows are very important in generating the high windspeeds needed for

dust lifting, and this is one reason why total lifted mass was seen to increase with increasing

resolution. This is a significant problem for a dust-lifting GCM, and it may be that higher

resolution simulations, at least in particular areas with complex topography, are essential

to properly capture some of the flow regimes crucial to the formation of dust storms. It

is evident that slope winds in and around the Hellas basin — the initiation site of several

major dust storms over the last few decades — were under-resolved by the model at T31 res-

olution. Cap-edge lifting was also underestimated, particularly in the southern hemisphere,

though this was improved by the inclusion of water ice and dust scavenging, through a

strengthening of baroclinic waves. The magnitude of the thermal contrast between the ice

cap and adjacent ground is perhaps of greatest importance for this type of dust lifting.

Early lifting runs with the above scheme produced some realistic dust storms, typi-

cally originating either at Utopia or Chryse Planitia, with a modest amount of interannual

variability. Rarely was more than one significant lifting event seen during a model year,

which was due in part to an under-resolution of the smaller frontal storms that are likely

to be responsible for the majority of wind stress lifting that occurs, especially during years
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without a global dust storm. However, a very precise tuning of the lifting parameters (ef-

ficiency and threshold) was required to allow the development of dust storms without the

problem of runaway growth occurring due to the strong positive feedback that applies to

wind stress lifting. The main reason for this was believed to be the use of an unlimited

surface dust supply, as this meant that storms were able to continue for extended periods

of time, fuelled by sustained lifting from a variety of sources that were activated by the

increase in surface windspeeds that can occur as dust opacity increases. While this is not

to say that Martian dust storms cannot shut down unless they run out of surface dust, the

difficulty in tuning the model to produce large storms that decayed at a suitable rate when

unlimited surface dust was used suggested that the cessation of lifting at key sites due to

surface dust depletion is a likely mechanism for preventing long-lasting global storms from

dominating the perihelion season in each Martian year.

When constraints were placed upon the amount of dust that was available for lifting,

runaway untempered storm growth became less of a problem and, more importantly, inter-

annual variability was greatly increased. A wide range of dust storm initiation dates and

peak magnitudes were produced, covering a large fraction of the range observed in each,

and displaying a greater variety within a single simulation than has been produced in other

MGCMs to date (Kahre et al., 2006; Basu et al., 2006). All of these storms decayed fully by

the end of the year, in accordance with observations, due to decreasing dust surface density

at initial lifting sites, probably helped by some reduction in surface windspeeds due to in-

creasing atmospheric static stability. A low-opacity background dust haze was maintained

by dust devil lifting over Ls = 0–180◦, during which very little wind stress lifting occurred.

Several differences remained between these simulations and observations, however, includ-

ing a lack of late summer (Ls = 300–330◦) regional storms and early spring (150–200◦) SH

cap-edge lifting, and the absence of a distinction between regional and global dust storm

morphologies. Though the observational record strongly suggests that the largest storms

usually begin in the southern hemisphere, almost all the model storms (of any size) began

as flushing storms forming at either Chryse or Utopia, some of which grew to global extent

when they reached a favourable lifting site in the SH. Dust lifting in the SH was most

active at Daedalia Planum, NE Hellas and Noachis, and the temporal variability at these

locations was strongly determined by the redistribution of surface dust among them, over
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several years.

The form used for the surface dust constraints was an increase in local surface thresh-

old stress (above the baseline value of 0.02Pa), linearly proportional to the mass of dust

removed from the gridpoint. In practice, this was not greatly different from the more

straightforward finite dust surface density simulations of Kahre et al. (2005), which failed

to maintain lifting beyond several model years of integration due to the depletion of dust

at key storm initiation regions, though the constraints were less stringent in the present

scheme as lifting was always possible at a given gridpoint, provided winds became strong

enough. This scheme also suffered from declining opacities during multiannual runs at first,

and a resupply term was needed to avoid this problem. Use of this term, which gradually

reduced thresholds back to the baseline value over time even without any dust deposition

at the gridpoint, was equivalent to the addition of more dust to the system. While there

were some effective dust sinks within the scheme, the threshold changes due to which would

require some offsetting, the main reason that this (perhaps) unphysical term was needed

was that a net motion of dust from the southern to northern hemisphere was simulated.

It is not known on what timescale the cycle of dust transfer between the hemispheres is

closed, but the simulations in Chapter 4 implicitly assumed that it was around three years,

since each initiation site in the SH could not support more than one GDS before requiring

replenishment in subsequent years (and each GDS usually involved at least two of the three

main SH sites).

The transport of dust into the NH during GDSs was so strong, relative to the reverse

transport during Ls = 0–180◦ and throughout years without a large storm, that southward

transport from flushing storms would have needed an enhancement by a factor of 3–4 at

T31 resolution, to balance the SH dust loss during GDS years. Such an enhancement was

seen at T63 resolution, suggesting that cross-equatorial transport (at least from wind stress

lifting) could potentially be balanced over ∼ 3 Mars years. At the same time, comparisons

of the dust vertical distribution to Mars Climate Sounder (MCS) observations revealed that

model dust was being inadequately mixed upwards around aphelion, which has implications

for this cross-equatorial transport problem. Transport at aphelion emerges as the net result

of southward transport in the upper branch of the PMOC and northward transport in the

lower branch, at heights of 0–5km, so a concentration of dust mass near the surface would
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have biased the flux in the northward direction, depriving the southern hemisphere of part

of a potential means of resupply. The modelled vertical distribution in the second part of

the year appeared to better match the MCS data, which enabled more efficient northward

transport and maintained the annual southward bias. Transport of dust lifted by dust devils,

which was not affected by the varying surface thresholds, was annually northward, but was

strongly dependent on model resolution, and differed significantly from the transport in

the NASA-Ames model reported by Haberle et al. (2006), highlighting the uncertainty that

exists in both the magnitude and the transport contribution of convective lifting.

7.2 Surface roughness and sub-gridscale variability

The implications of including an accurate, heterogeneous surface roughness length (z0) field

in a dust lifting MGCMwere investigated using a recently produced, high-resolution z0 map.

Theory predicts that threshold drag velocity varies significantly with z0: by up to a factor

of four, over the range of roughness values present in the Martian map. All thresholds

were raised over the baseline value previously used once z0 was considered, making dust

lifting generally more difficult, and since most of the high-z0 points were located in the

southern hemisphere, lifting from this region was most strongly inhibited, causing a change

in the spatial distribution of preferred dust lifting sites. This meant that lifting from

the smooth, sloping Tharsis region became especially prominent, causing the formation of

storms during NH spring/summer, even when the variable threshold scheme was activated.

More importantly, for dust lifting to continue at a realistic level required reducing threshold

velocities by more than 70% from their calculated values (up from 30% previously). While

a significant amount of this threshold scaling could be justified by considering sub-gridscale

wind variability (gustiness) and surface variation, the need for such significant reductions

raises the issues of whether or not it is appropriate to use a threshold such as this, which

applies to a sub-metre-scale process, across a GCM gridbox. There is reason to believe that

this approach is acceptable (Okin, 2005), but the threshold adjustment must be performed

with a great deal more care than has been used thus far. Work done in Chapter 4 suggested

that the effect of heterogeneities in z0 on gridbox emission rates depends on both the mean

windspeed and the sub-grid z0 variance, while gustiness may depend on one or more of

mean wind magnitude, z0 and microscale local topography. The heterogeneous roughness



7.3. DUST-ICE INTERACTION 215

map was not used in subsequent dust lifting simulations, due to the unresolved difficulties

described here.

7.3 Dust-ice interaction

Later dust lifting runs also included water vapour and radiatively active water ice clouds,

and the dust and water cycles were simultaneously reproduced to a reasonable degree of

accuracy. Dust storms were, however, less realistic than before, and the interannual vari-

ability seen previously was not retained. It is highly plausible that different tunings applied

to the variable threshold scheme could return some of this variability in dust storm charac-

teristics; however, this was not the goal of this part of the project. It was rather to study

the influences that the presence of ice clouds exerts on surface wind magnitudes and eddy

activity, and therefore on dust lifting, to develop a better understanding of how future dust

lifting schemes — which must include, for example, a z0 dependence — should operate.

These influences were most obvious in the autumn-to-spring midlatitudes: cap-edge winds

were strengthened in the NH in spring (Ls = 0–60◦) and weakened at winter solstice, and

travelling wave amplitudes, as measured by perturbations in v, were increased either side of

northern winter solstice, and decreased at ∼ 60◦S at southern winter solstice. As would be

expected, this greatly increased dust lifting intensity at the north polar cap edge in early

autumn, and the variable threshold scheme was required to reduce this lifting peak and

to push the spatio-temporal distribution in dust lifting towards something more realistic.

With respect to the water cycle, the use of transported dust was seen to offer some ad-

vantages over the current dust opacity scenario, including the development of a late-winter

south polar hood ice peak and reduced north polar hood ice opacities. However, cloud

formation (with transported or prescribed dust) was routinely too rapid, and ice opacities

needed to be reduced by increasing the sedimentation rates of the assumed ice particle size

distribution.

Dust scavenging by cloud ice was included in the model, and it was estimated that only

in-cloud H2O ice and below-cloud CO2 ice processes are likely to be of much consequence.

Scavenging by CO2 ice was found to increase dust deposition rates at both poles by an

amount roughly proportional to the efficiency of the process, Rsbc, which is extremely

uncertain. Relative to the existing dry deposition rates, these increases were generally
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small, except at the north pole in autumn, when the dust content of the CO2 ice cap was

significantly enhanced, by up to a factor of ten, if Rsbc was large. Ice cap dust fractions,

from both kinds of deposition combined, were an order of magnitude higher in the NH than

in the SH, reflecting the greater dust loading over the north pole.

Scavenging of dust by water ice clouds potentially has a more widespread impact on the

global dust field, but again, the efficiency of the process Rs is not well constrained. The

simulations of Chapter 6 showed increased cap-edge eddy activity and dust lifting rates,

which were produced following the clearing of some atmospheric dust from the winter polar

regions, where ice clouds had formed. This meant that scavenging, rather than limiting

the amount of ice nuclei (IN) available to allow heterogeneous cloud nucleation to proceed,

actually increased cloud formation rates in some regions, due to these enhanced dust lifting

rates. In this respect, cloud formation and scavenging were sensitive to the surface dust

lifting thresholds used, and there was clearly a strong interaction between atmospheric

dust and ice abundances. In reality, the strength of this link will depend on the extent to

which dust lifting is constrained by the availability of surface dust in key lifting regions,

particularly in midlatitudes.

With a high scavenging efficiency (Rs ≥ 0.5) interstitial dust abundances were reduced

within the aphelion cloud belt layer, altering the shape of the vertical dust mixing ratio

profiles, but even the Rs = 1 scavenging case did not simulate a capping of dust by the

cloud layer that was as severe as those observed by MCS. In contrast to scavenging on

Earth, dust sedimentation rates are not greatly enhanced by scavenging on Mars, reducing

the potential for modification to vertical dust profiles. The situation was complicated by

the discovery that the model produced an equatorial cloud layer that peaked at significantly

higher pressure than the one observed by MCS, throughout northern summer. The cloud

height was not affected by scavenging, and the discrepancy could only partly be explained

by temperature differences between model and observations. Since dust mixing ratio also

peaked too low in the model — at the surface, rather than just below the cloud layer at

20–30km — the problem appeared to be inadequate vertical mixing of tracers, affecting

both dust and water vapour. While it is possible that boundary layer mixing is currently

underestimated, diffusive processes could not produce the elevated dust maxima seen by

MCS in the aphelion season. Therefore, some more localised mechanism of entrainment and
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transport up to 20–30km is required, such as the thermal topographic circulation identified

by Rafkin et al. (2002). Model vertical mixing was improved when the horizontal resolution

was increased, supporting the idea that mesoscale circulations could be responsible for

a significant fraction of the net vertical dust transport that occurs, at least during the

aphelion season. However, vertical dust distributions were also found to vary with the

physical parameterisations used in the model, a result which will require further analysis

in future.

Reductions of up to an order of magnitude in winter polar dust loadings at 60–90◦

were seen for the larger Rs values, caused by scavenging by polar hood clouds (potentially

supplemented near the poles by scavenging by CO2 snowfall). This dust removal appeared

to be necessary to match the rapid decline in dust density-scaled opacity with increasing

latitude seen in MCS observations, though the lack of data near the surface did not permit

a measurement of the total dust content of the polar regions. The clearing of polar dust

was the strongest piece of evidence that the scavenging efficiency is actually fairly high

(> 0.1); if scavenging is less prevalent in reality, then another explanation is needed as

to why the non-scavenging model produced too much dust at the poles. Also, a certain

density of scavenged IN is required to provide enough dust cores to keep the effective radius

of ACB ice particles down to the sizes of a few microns that have been observed; though

uncertainty in the vertical IN profiles made it difficult to gauge how large Rs must be to

satisfy this. On the other hand, the amount of cloud ice produced by the model, particularly

over the north polar hood, suggested a lower efficiency would be more appropriate. For any

reasonable value of Rs, wet deposition due to scavenging by water ice made a non-negligible

contribution to the total dust deposition over the polar caps.

7.4 Winter polar meteorology

The autumn and winter midlatitude and polar regions were examined in more detail, in a

series of simulations using prescribed dust opacities, to determine the causes and charac-

teristics of the solsticial pause, a midwinter minimum in eddy activity that is the reason

behind the cessation of frontal cap-edge dust storms around this time. It was found that

both realistic time-varying dust opacities and the presence of radiatively active water ice

clouds were necessary for the model to best reproduce the length and depth of the solsticial
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pauses observed (in TES data, and through the assimilation of this into the UKMGCM)

in each hemisphere. In the model, the occurrence of the pause was linked to a reduction

in vertical wind shear near the surface, due both to an increased tilt of the westerly winter

jet forced by increased dust loading (in the NH) and by changes to its structure nearer the

ground in the presence of the polar hood clouds. This effect was seen to depend strongly

on the presence of zonal variations in topography in the midlatitudes of both hemispheres,

and in fact topographic suppression was identified as the primary reason for the weakness

in baroclinic activity in the southern hemisphere, relative to the NH.

The need for active ice clouds in order to correctly capture the dynamics of the winter

polar regions (at least in this model) illustrates the significant coupling that exists between

dust and water in this area of the Martian climate. In the southern hemisphere, the

solsticial pause in eddy activity affects not only dust lifting at the cap edge, but also cloud

ice formation over the cap, which relies on wave transport of water vapour from lower

latitudes, and dust penetration into the polar region, which requires both lifting and eddy

mixing over the cap boundary. Therefore, the pause can also be observed in south polar

hood ice opacity and in the dust content of the polar region. In the northern hemisphere,

the solsticial pause should lead to less near-surface dust over the pole at solstice, but cloud

ice formation appears to depend more strongly on the strength of vapour supply from the

PMOC. Through their thermal impact, and potentially through scavenging, the polar hood

clouds affect cap-edge baroclinic activity and, due to increasing recognition that cap-edge

frontal dust storms are responsible for a large fraction of the total lifting that takes place on

Mars, this means that understanding and correctly simulating ice clouds is vitally important

to dust lifting modelling.

7.5 Future work

7.5.1 Sub-gridscale dust lifting parameterisations

Much work on improving the dust lifting schemes used by Mars GCMs should, and can,

be done in the near future. It is my belief that parameterisations should focus on prop-

erly accounting for sub-gridscale (microscale) phenomena, which can drastically change

the lifting predictions within a model gridbox. As mentioned earlier (in Chapters 3 and
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4), these include temporal and spatial variability in windspeed, local variation in surface

roughness, and the existence of distinct impact and fluid thresholds on Mars. The first two

of these imply that as well as there being some gridpoints at which dust lifting is more

common than it is at others, there should also exist areas within each gridbox from which

dust is more easily raised than it is from the surrounding region. Because dust lifting is

a threshold-dependent process, and because it appears not to be routinely achieved under

typical Martian conditions, it is very likely that total emission will be dominated by certain

‘hotspots’, which is what is observed on Earth, and that the emission from such areas will be

significantly greater than would be expected when considering lifting conditions averaged

over a larger area. Some of these may be mesoscale regions with distinct circulations forced

by topographic variations or otherwise, while others may be extremely localised and rely

on favourable combinations of windspeed and surface properties such as roughness length

and albedo.

Scaling these small-scale variations in dust emission up to the resolution used by MGCMs

is a formidable challenge, but one which could be essential in order to accurately predict the

location of key dust sources. Information gained from mesoscale and LES models such as

those of Rafkin et al. (2001) or Spiga and Forget (2009) will be invaluable here: mesoscale

simulations can tell us more about the kinds of topographic or thermally driven circulations

that could be capable of producing particularly large surface winds, and LES models can

directly simulate wind gustiness and guide us towards parameterisations that predict its

strength as a function of, for example, boundary layer depth or mean windspeed. Results

of such simulations should be compared with future in situ measurements of near-surface

wind variability, such as will be made by the Curiosity Rover (Gómez-Elvira et al., 2009).

Stochastic approaches in GCMs may be useful, in particular for dealing with sub-gridscale

variations in z0 (a stochastic method has already been used here, to simulate gustiness). The

hysteresis effect that may result from the large difference between the two lifting thresholds

(fluid and impact) should also be studied using LES models. This is something that would

make dust lifting more commonplace than previously allowed by theory. It may be possible

to observe the effect from a surface vehicle or lander, by recording changes in local wind

velocity and correlating them with surface dust movement. It would be hoped that by

considering these kinds of phenomena, each of which are likely to vary from place to place,
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the spatial distribution of model dust lifting would shift from the results seen when the z0

map was added, to something more realistic.

7.5.2 Other dust lifting issues

The availability of surface dust is, of course, the other essential factor in predicting the

locations from which dust will be most readily emitted — no matter how good the conditions

for lifting are at a particular site, it cannot act as a regular dust source if it is not easily

resupplied with liftable dust particles. Clearly, this replenishment of surface dust does not

occur instantaneously, and so the most active lifting sites in a model that does not consider

the dust surface density are likely to be somewhat less active in reality, as they will quickly

clear themselves of surface dust. It has been shown in this work that the assumption

of an unlimited surface dust supply leads to unrealistic emission results (at least with a

lifting formulation at the current level of complexity) whenever ice clouds or the true z0

distribution are added to the model. A multiannual run using a variable threshold scheme

like the one used in Chapter 4 is one way to create a preference for dust lifting at sites

with a regular supply of dust, though it does assume that there are no deep reservoirs

of dust carried over from historic climate regimes from which dust can be steadily lifted

without the need for replenishment. An alternative approach for creating initial surface

density conditions would be to use some derivative of the TES Dust Cover Index, though

it is not clear how that field could be quantitatively converted into finite surface densities

or — acting as a proxy — lifting thresholds. The similarities between the threshold field

that was produced after several UKMGCM model years (particularly when clouds were

included) and the DCI suggest that the two methods are close to equivalent.

Having set up the surface dust field, it is then important to know how much redistri-

bution occurs on an annual timescale, and how strongly this affects the subsequent dust

storm behaviour. The variable threshold simulations of Chapter 4 derived their interan-

nual variability from a continual shifting of dust between several key source regions in the

southern hemisphere, and the largest storms were produced only whenever more than one

of these areas was well-stocked with dust. One would want to determine to what extent

this behaviour actually applies in reality. Some work has been done on this by Szwast et al.

(2006), by measuring changes in TES albedo maps, interannually and in comparison to the
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Viking era; this approach should be continued with post-TES data. As we are considering

the variability of events (GDSs) that occur only once every five Earth years or so, the main

issue at present is the amount of data available to analyse.

Our knowledge of dust lifting processes will be improved in future by utilising the

technique of data assimilation. In addition to the existing TES reanalysis dataset (used on

several occasions during this work), which was produced by assimilating 3-D temperature

and 2-D column dust opacity measurements into the UKMGCM, work is underway at

Oxford and at The Open University to produce further assimilation products using the

3-D temperature, dust opacity and ice opacity observations made by MCS over the past

three Mars years. By running the tracer cycles while assimilating temperature only, it is

possible to evaluate the performance of the dust lifting and cloud physics schemes when

forced with realistic atmospheric temperatures and wind velocities. More useful is the

simultaneous assimilation of the 3-D opacity fields, which corrects the model’s prediction

of mixing ratios at each gridpoint for which observations are available at that time. By

analysing the residuals from the correction step, one can determine where the model is over-

or under-predicting dust amounts. Although the lack of MCS data close to the surface will

present a problem, it should be possible to obtain quite robust information on where and

when surface dust emission is occurring, and at what rate. This can then be used to test

the model’s lifting parameterisations: I would expect that there will exist many points at

which dust emission is required by observations but not predicted by the model, due to

relatively low mean surface windspeeds. This technique could, therefore, help to address

the sub-gridscale problem described above. The combination of model and observation

in this way can also provide much information that may not be available directly from

satellite soundings, such as dust particle size distributions, and can ‘fill in the gaps’ in the

observational dataset, including — in the case of MCS — during periods of high opacity.

7.5.3 Vertical transport and dust-cloud interaction

A pressing concern, in the UKMGCM at least, is the discrepancy between simulated and

observed tracer vertical distributions during NH spring and summer. Work done in Chap-

ter 6 suggested that vertical mixing was being severely underestimated at T31 resolution,

though this improved with an increase in horizontal resolution. The problem affected not
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only dust profiles but also vertical atmospheric temperature structure, ACB height and

cross-equatorial dust and vapour transport. Getting the vertical distributions correct is

of vital importance in simulating the Martian tracer cycles; however, if upward transport

occurs primarily through the action of vertical winds forced by topographic slopes, it will

inevitably be poorly reproduced by standard ∼ 5◦ GCM simulations, and it is difficult

to imagine how it could be parameterised. If particular regions of complex topography

can be identified as dominant contributors to the net vertical transport of dust and to the

formation of ice clouds at relatively low pressures, it may be possible to conduct GCM

simulations with nested areas of increased resolution focused on these regions. However,

the same method would also be of value at SH dust storm initiation sites, and if it were ex-

tended to include, for example, the Hellas basin as well as areas in the NH, the total nested

area may end up covering a large fraction of the planet, which would be computationally

demanding.

The coupling of the dust and water cycles depends very much on the efficiency of

heterogeneous cloud nucleation, controlled in the UKMGCM cloud scheme by the parameter

Rs, whose value is currently unknown. Laboratory nucleation experiments under Martian

conditions (pressure, temperature) (e.g. Iraci et al., 2010) should reveal more about the

fraction of available dust particles that become activated as ice nuclei, as a function of

temperature and/or local supersaturation (i.e. suggesting a non-constant Rs), and confirm

whether or not the 100nm minimum size criterion for IN is in fact valid. Also, any in situ

measurement of the dust content of cloud ice particles on Mars would be extremely useful

for constraining Rs, as the work of Chapter 6 found that dust content is more sensitive to

Rs (particularly in northern spring) than is ice mass/opacity. The likely first step for these

measurements would be to look for large dust fractions (≥ 5%, say), allowing an upper limit

to be set on Rs through comparison with model predictions. In combination with further

theoretical work, this should lead to the development of more accurate cloud microphysical

schemes.

7.5.4 Paleoclimate studies

Finally, the ability to model the dust and water cycles in the manner described here will

be invaluable for future studies of Martian paleoclimate. Previous attempts at simulating
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the climates that existed under different configurations of Mars’ orbital parameters, such as

obliquity and solar longitude of perihelion, have focused solely on either dust lifting, using

unlimited dust surface densities, or water and ice, using prescribed dust opacity conditions.

The problem with the former is that lifting schemes tuned to replicate current conditions

could produce unrealistic behaviour when applied to different climate regimes. For example,

a finding of Newman et al. (2005) was that the stronger global circulation that would be

produced in an increased-obliquity situation should lead to more intense dust lifting and

more frequent and larger dust storms, perhaps with GDSs occurring every year. However, it

is not clear how the finite amount of dust available on the planet’s surface would affect this

prediction — as shown earlier, the presence of strong surface wind stresses is generally not

sufficient to cause continuous, intense dust lifting, and the depletion of source regions must

play a role at some point. Using a feedback scheme like the variable threshold method used

in this work provides a means of quantifying the effects of finite dust sources, but this would

not be straightforward, due to the presence of the resupply term, which could effectively

be tuned to allow any GDS frequency. A first guess would be to retain the setting found

to work best under present conditions, but as this appeared to be making up for defects

in annual cross-equatorial dust fluxes, an application to different climates would be quite

uncertain. Nevertheless, it should be possible to roughly estimate the net movement of

surface dust under different climate regimes, with the goal of determining the timescale on

which the global dust cycle is closed.

For water cycle paleoclimate simulations, which aim to understand the long-term trans-

port of water and the condensation and sublimation of surface ice deposits, the same prob-

lem of uncertainty over global dust opacities exists, whether these are prescribed — simply

matching current dust loadings or using the results of dust lifting paleoclimate runs — or

calculated online by simulating dust lifting and transport. Running the two tracer cycles

together (which has not yet been done in this context) is certainly preferable, as it means

the direct interaction between the two can be included, albeit with an uncertainty over the

scavenging efficiency. If dust transport into and deposition within the polar regions can

be accurately modelled for the present-day case (which will require a better knowledge of

Rs), it may be possible in future to gather evidence on dust-ice fractions from the polar

layered deposits, which have recorded information from a series of past climate regimes,
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and use this to determine observationally what kind of dust loadings must have occurred

at each stage in Mars’ recent history to produce these polar deposition rates. Working

backwards, it would be possible to infer past dust emission rates, and thus to understand

how strongly the presence of a finite amount of surface dust affected the production of

dust storms. The movement of water between deposits at the polar caps and elsewhere

may be strongly dependent on the interaction of dust particles with the surface ice, either

through changes to ice albedo caused by the presence of dust fractions within the ice or

through the formation of dust lag deposits on top of ice caps or glaciers that can inhibit

sublimation. The inclusion of dust transport and scavenging in water cycle simulations is

therefore important in determining the long-term stability of surface ice deposits and thus

in understanding Mars’ climate history more generally.

7.6 In summary

To review the work presented in this thesis, recall the important questions identified in the

opening chapter as providing the focus for the project:

1. How do dust cover and other surface properties affect major dust storm occurrence,

and its interannual variability?

2. Why do cap-edge dust lifting rates vary as they do through autumn and winter, can

models reproduce this variation, and is it related to the occurrence of larger dust

storms?

3. How important is the interaction between atmospheric dust and water ice clouds, and

what effect does this have on dust lifting and transport in the winter hemisphere?

To address the first of these, a variable threshold scheme was added to the UKMGCM

to simulate the redistribution of surface dust during storms. This had a significant effect

on dust storm production and allowed a much greater degree of interannual variability in

long model runs. Temporal change in the surface dust cover at key lifting sites in the

southern hemisphere therefore appears to be a plausible explanation for global dust storm

interannual variability, if indeed wind stress lifting thresholds are modulated by surface

dust availability. The timely return of dust to these sites has not yet been adequately
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simulated by the model, but there are signs that this could be possible if vertical dust

transport and cap-edge lifting were better represented. Dust lifting was found also to be

strongly dependent on the surface roughness length, z0, and the inclusion of a realistic map

of this quantity necessitated severe reductions to calculated lifting threshold values, in order

to maintain appropriate global dust lifting rates. It is suggested that attention should be

devoted to developing sub-gridscale parameterisations to handle this effect as well as other

small-scale effects that may be crucial in controlling dust lifting.

Concerning the second question, seasonal variation in cap-edge and flushing dust storms

was best reproduced when radiatively active water ice clouds were included in the simu-

lation. The cessation of dust lifting in northern midlatitudes around winter solstice was

linked to a change in the westerly jet structure and reduction in the vertical wind shear

close to the surface. This cessation was found to be assisted by the occurrence of a large

dust storm at more southerly latitudes, but appears to be forced on a more fundamental

level by zonal variations in the surface topography (in both hemispheres).

Lastly, water ice clouds, through their radiative impact, affect dust lifting rates more

generally, and their inclusion in the model made the need for a ‘finite surface dust’ lifting

approach more apparent. The direct interaction between dust and water ice, in-cloud

scavenging, was found to be capable of reducing polar dust loadings by up to an order of

magnitude; however, the efficiency of the process, Rs, is not well constrained. Determining

Rs on the basis of model ice opacity — particularly in the aphelion cloud belt — was not

possible because of the apparently inadequate vertical mixing of both dust nuclei and water

vapour/ice that occurred. The sharp decline in dust mass mixing ratio with decreasing

pressure seen at 10–50Pa by Mars Climate Sounder was not matched by the model, and it

appears unlikely that scavenging by water ice is capable of producing these kinds of dust

profiles.
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Selected list of symbols used

Symbol Description
Ls Degrees of solar longitude (0◦ = spring equinox)
g Gravitational acceleration (= 3.72m s−2)
ρd Dust particle density (= 2500 kgm−3)
Dp Dust particle diameter
wsed Particle sedimentation velocity
τ Column opacity
u∗ Drag velocity
ut
∗

Threshold drag velocity
ut
∗s Threshold drag velocity for a smooth surface
ζ Surface wind stress
ζt Threshold surface wind stress
F Vertical dust flux
H Horizontal sand (saltation) flux
αN Near-surface wind stress lifting efficiency
αD Dust devil lifting efficiency
E Erodible fraction of surface OR below-cloud scavenging collection

efficiency (Chapter 6)
ζtinc Threshold stress increase per unit dust surface density removed
ζtdec Threshold stress decrease rate
z0 Aerodynamic surface roughness length

feff Drag partition function (=
ut
∗s

ut
∗

)

rc Ice crystal radius
Mc Gridbox ice mass
S Water vapour saturation ratio
N Ice nuclei number density
reff Dust particle size distribution effective radius
νsed Ice crystal size distribution effective variance for sedimentation
Rs In-cloud scavenging efficiency
Rsbc Below-cloud scavenging efficiency
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Calculation of drag partition

coefficient feff

Several different formulations for feff have been suggested in the literature (Marticorena

and Bergametti, 1995; Raupach et al., 1993; Alfaro and Gomes, 1995; Okin, 2008). The

forms of Raupach et al. (1993) and Okin (2008) are given in terms of the roughness density,

λ, rather than roughness length z0, so it was necessary to obtain a conversion between these

two variables. The roughness density λ, also called the frontal area index, measures the

area projected in the direction of the mean wind by the roughness elements, and is defined,

for N roughness elements of average height H and width D sitting on a surface area S, as

λ =
NDH

S
.

Using relationships1 involving the average height and width of the roughness elements and

the rock abundance, ζa
2, namely:

λ = 0.3596
ζa
100

H = 0.3596D

D =

(

1.075
ζa
100

+ 0.201

)

× 100

1From Eric Hèbrard, private communication.
2Unrelated to surface stress, ζ.
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(a) (b)

Figure B.1: (a) The relation between λ and z0 used here (solid) and the linear relation, following
Wooding et al. (1973), z0 = λ × 10 cm (dotted). (b) Several different drag partition functions
suggested in the literature. The two Raupach et al. (1993) forms have been converted from functions
of λ to z0 using the relationship shown in (a) (explaining the kinks at 0.8 cm), and the form used
for this work was the Raupach, m = 1 (thick solid line).

which can be combined to give

H = (1.075λ+ 0.0723)× 100,

together with the empirical relationship between z0/H and λ3

z0/H =











101.31 log λ+0.66 if λ ≤ 0.0408

10−1.16 otherwise

a relation between λ and z0 was found (shown in Figure B.1(a)):

λ ≈











0.487z0
0.763 − 0.441z0

0.890 if z0 ≤0.8 cm

0.1345z0 − 0.0673 otherwise
(B.1)

In practice, this is not greatly different to the use of the form of Wooding et al. (1973),

z0 =
Hλ

2
, and assuming H ∼ 20 cm everywhere, which is a reasonable estimate of typical

rock size on the Martian surface.

The various forms of the drag partition function feff are presented in Figure B.1(b).

The Marticorena and Bergametti (1995) version can be ruled out immediately, as it applies

only for z0 ≤ 0.4 cm, a value that is exceeded over much of the Martian z0 map. Its

3From Eric Hèbrard, private communication.



229

prediction that no lifting whatsoever can occur for roughnesses > 0.4 cm seems untenable

for Mars; moreover, non-zero partition function values have been reported experimentally

for λ values roughly equivalent to z0 > 0.4 cm (λ > 0.04; see Gillies et al. (2007) for a

summary of field data). The function of Alfaro and Gomes (1995) came from a single

experimental study so was not considered as reliable as that of Raupach et al. (1993). The

Raupach function was selected for use, as it was a fit to several experimental studies, and

was verified by recent measurements by Gillies et al. (2007) over the range 0.01 < λ < 0.1.

Both Okin (2008) and Shao and Yang (2005) extended the curve past its original limit of

validity of λ = 0.1; however, below the largest value of z0 used here (≈ 2 cm), the correction

to Raupach required is small. The Raupach function is

feff =

[

1

(1 −mσλ)(1 +mβλ)

]
1

2

(B.2)

where (β, σ,m) = (170, 2, 1) were suggested as providing the best fit to available exper-

imental data. The value of m has been estimated experimentally at various values between

0 and 1, and its value depends on the type of roughness element involved. Vegetation on

Earth has a lower m value due to its porosity, whereas solid Martian rocks are likely to

require a large m, probably between 0.5 and 1 (Crawley and Nickling, 2003; Gillies et al.,

2007). Okin (2008) suggested that m actually varies with λ (0 ≤ m ≤ 1). Though clearly

uncertain, the value of m = 1 was retained. Use of m = 0.5 would result in lower lifting

thresholds, but since the curves in Figure B.1(b) are similar in shape, this difference would

be absorbed into the scaling factor applied to the threshold (see §4.9).
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