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Abstract

The direction and magnitude of magnesium (Mg) isotope fractionation attendant to the formation of clay minerals
is fundamental to the use of Mg isotopes to decipher the biogeochemical cycling of Mg in the critical zone and
for the oceanic Mg budget. This study provides experimental data on the Mg fractionation factor for two smectite-
group minerals (stevensite and saponite) at temperatures relevant for Earth surface processes. The resultant solids
were characterised by X-ray diffraction (XRD) and Fourier-transform infrared spectroscopy (FT-IR) to confirm the
mineralogy and crystallinity of the product. A series of experiments were performed to asses the impact of temperature
and pH on isotope fractionation. Bulk solid samples were treated with ammonium chloride to remove exchangeable
Mg in order to distinguish the Mg isotopic fractionation between these sites and octahedral sites.

All bulk and residual solids were enriched in >*Mg compared to the initial solution and §2°Mg values of the
exchangeable pool were lower than, or within error of, the initial solution. Final solutions were either within error
of, or enriched in, Mg compared to the initial solution, depending on the fraction of Mg removed from solution
(f mg)- For experiments with similar f ., increasing the pH resulted in a higher reaction rate and reduced fractionation
from the initial solution. This could point to a kinetic effect, but we note that the composition of the residual solid
(Li/Mg ratio) was also dependent on pH. The change in the Li/Mg ratio was reflected in the wavenumber of the Mg3-
OH stretch in FT-IR data, which is a proxy for bond strength, and suggests an equilibrium control. An equilibrium
control is further supported by the observation of reduced fractionation compared to the initial solution with increasing
temperature. Rayleigh and batch fractionation models were fitted to the data giving fractionation factors of 0.9991
and 0.9990 respectively.

We compare our results with existing field and experimental data and suggest that the apparent contradictions sur-
rounding the direction of Mg isotope fractionation into seeendary phyllosilicate minerals could be due to the similarity
of Mg bond lengths between elay octahedral sites and dissolved Mg. Thus small changes in elay mineral structure
or initial solution conditions may result in a change in bond length sufficient to alter the direction of fractionation,
implying that the magnitude and direction of Mg isotope fractionation into clay minerals could be dependent on local
field conditions. Alternatively, if the precipitation of secondary clay minerals in the field preferentially incorporates
light Mg, as observed in this experimental study, this implies the contribution of carbonate weathering to dissolved
Mg fluxes has been underestimated, with major implications for the global biogeochemical cycle of Mg.

Keywords:
Mg isotopes, Clay minerals, Clay synthesis, Biogeochemical cycles

1. Introduction

Magnesium (Mg) is the 8" most abundant mineral in the continental crust, 5" most abundant in the mantle and
the 4™ most abundant species in the hydrosphere (Teng, 2017). Further, Mg is an essential nutrient and plays a
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fundamental role in the carbon cycle via the sequestration of carbon dioxide in carbonate minerals (Berner et al.,
1983). The global biogeochemical cycle of Mg represents one of the major transfers of mass on Earth between the
lithosphere and hydrosphere via continental weathering and hydrothermal circulation (e.g. Lee et al., 2008). Clay
minerals, which form in both the continental and marine realms, contain appreciable amounts of MgO (up to 35
wt%, e.g. Eberl et al., 1982) and several recent studies have highlighted the formation of marine clays as being key
regulators of both the global cycle of Mg and the carbon cycle through reverse weathering processes (e.g. Higgins and
Schrag, 2015; Isson and Planavsky, 2018).

In recent decades measurements of the stable isotope ratios of Mg (**Mg/?*Mg and 2Mg/**Mg, reported as §°°Mg
and 62 Mg in delta notation) have demonstrated that there is a ~6%o range in §°°Mg values (Teng, 2017). This range
is induced by low temperature dissolution-precipitation reactions that fractionate Mg isotopes such as the formation
of secondary minerals e.g. carbonates and clays (Young and Galy, 2004). The distinct 6*°Mg values for different
sample types has heralded the promise of using Mg isotopes to fingerprint the global biogeochemical cycle of Mg
over geological time (e.g. Pogge von Strandmann et al., 2014; Higgins and Schrag, 2015; Dunlea et al., 2017). The
key to applying Mg isotopes as a quantitative tracer of processes at scales from a single mineral to the entire planet
is knowledge of the fractionation factors associated with the formation of secondary minerals. Studies of carbonates
(low-Mg and high-Mg calcite, dolomite and magnesite) have all unambiguously demonstrated that they are enriched
in the light isotope of Mg (**Mg) relative to the starting solution (e.g. Pearce et al., 2012; Mavromatis et al., 2013;
Schott et al., 2016; Oelkers et al., 2018).

In contrast, the direction of fractionation for clay minerals is not uniform. Whilst many field studies utilising Mg
isotopes have suggested that clay minerals are enriched in the heavy isotope of Mg (**Mg), the opposite sense of
fractionation compared to carbonates (e.g. Teng et al., 2010; Schuessler et al., 2018), other field studies (e.g. Pogge
von Strandmann et al., 2008; Ma et al., 2015; Gao et al., 2018b) have inferred that clays are enriched in the light
isotope of Mg. In a clay mineral, there are at least two potential mineralogical sites for Mg, 1) structurally bound in
octahedrally coordinated lattice sites and 2) loosely bound adsorbed or exchangeable sites associated with surface or
interlayer negative charges (Meunier, 2005). Some field studies have been able to distinguish fractionation attendant
to each mineralogical site (Huang et al., 2012; Opfergelt et al., 2014). However, frequently in field studies the identity
of the clay is not known and there is a fundamental ambiguity because of the potential dissolution and precipitation
of carbonate minerals and/or atmospheric inputs to rivers and soils (e.g. Tipper et al., 2012).

Experimental studies of Mg isotope fractionation during clay mineral formation have focussed on analogue com-
pounds with similar structure such as primary phyllosilicates and Mg hydroxide. To date, there are a handful of
experimental syntheses ef-elay-minerals in controlled laboratory conditions, but as with field studies, examples of
preferential incorporation of both 2*Mg and Mg have been reported (Li et al., 2014; Wimpenny et al., 2014; Ryu
et al., 2016). Recent theoretical modelling studies predict that brucite should preferentially incorporate Mg (Colla
et al., 2018; Gao et al., 2018a; Wang et al., 2019), in agreement with experimental results at high (80°C) temperature
(Wimpenny et al., 2014), but in contrast to the experimental results at low (<50°C) temperature (Li et al., 2014).
Additional experimental data are required from well constrained laboratory studies to address the directionality and
controls on Mg isotope isotope fractionation in clay minerals.

In the present study, we synthesised Mg-rich smectites common in the Earth surface environment at temperatures
relevant to the critical zone and marine realm where reverse weathering and diagenesis occur. Our key finding is
that the synthetic clays are enriched in the light isotope of Mg relative to the starting solution and that exchangeable
and structurally bound Mg are fractionated to differing degrees. We discuss our data in the context of experimental
variables (pH, temperature and solution composition), equilibrium and kinetic fractionation controls and explore the
implications of our findings for the global biogeochemical cycle of Mg.

1.1. Investigated clay minerals

In this study two types of smectite were synthesised experimentally: stevensite and saponite. Smectites
((Na,Ca)o3(Al,Mg),Si40;0(OH),-nH;,0) are phyllosilicate minerals comprised of layers of octahedra (Mg/Al bonded
to O or OH) sandwiched between two layers of Si tetrahedra (Si bonded to O or OH), referred to as “TOT’ or ‘2:1°
clay minerals. Different clay minerals are defined based on the spacing between each TOT layer and their chemical
composition. In some clay minerals, cation substitutions impart enough of a charge imbalance such that cations
(including Mg) may be incorporated into these readily exchangeable interlayer sites, in addition to octahedral sites.
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Stevensite is a trioctahedral smectite containing a Mg-rich octahedral sheet with vacancies and a Si-rich tetrahedral
sheet (Guggenheim, 2016). Stevensite has an interlayer spacing (dgo;) of ~14-15 A. Octahedral vacancies (~0.08-0.10
cation sites per unit) are thought to give rise to an overall layer charge which imparts swelling characteristics and inter-
layer ion accommodation similar to other members of the smectite group (Brindley et al., 1977). Natural stevensite is
often interstratified with a closely related, non-expandable phase called kerolite (Eberl et al., 1982). Kerolite exhibits
a basal spacing commonly measured by powder X-ray diffraction (uncorrected for polarisation effects) of ~10.1 A.
In this paper the term “stevensite” refers to this, rather than a pure stevensite end-member. Saponite has a similar
structure to stevensite but with AI** substitution in both octahedral and tetrahedral sites.

These minerals commonly occur in association as direct precipitates from the weathering of ultramafic litholo-
gies and during early diagenesis of marine and lacustrine sediments (e.g. Von Damm and Edmond, 1984). Since
they exhibit relatively rapid reaction kinetics yet contain all of the essential structural characteristics of smectite and
other TOT layer silicate minerals, the Mg-rich trioctahedral layer silicate minerals offer an ideal starting point for
investigating low temperature clay mineral precipitation.

2. Methods

2.1. Clay synthesis

Mg-rich trioctahedral clays forming at low temperature in nature have an effective particle size of hundreds of
nanometers and a low degree of crystallinity (Meunier, 2006). In order to target similar products we conducted
experiments at low-temperature. Clay minerals were synthesised using two different methods and the two different
clay minerals (stevensite and saponite) were targeted by adjusting the initial concentrations of Al in solution, as well
as pH and temperature.

The first method used 1 L PPE bottles with an electrolyte buffer and the second method used a reaction vessel
coupled to an autotitrator. These two setups are hereafter referred to as ‘bottle’ and ‘reaction vessel’ experiments.
Further details on the experimental conditions are reported in the Supplementary Information. Fourier Transform In-
frared (FT-IR) spectroscopy and powder X-ray diffraction (XRD) were used to characterise the nature of the synthetic
materials formed. Clay synthesis was conducted over a range of temperatures from 20 - 50°C (at constant pH), and a
range of pH (at constant temperature) from 9.0 to 10.4 (Table S2). Aliquots of the initial and final solution were col-
lected from all experiments and filtered at 0.22 um. Solids from all experiments were recovered by filtration through
0.1 um nitrocellulose filters. Part of the recovered clay sample was treated with ammonium chloride (1 M NH4Cl) in
erderto which will extract the Mg bound in exchangeable sites (Von Breymann and Suess, 1988). This is referred to
as the ‘exchangeable phase’. The residue and an untreated bulk aliquot were digested in a mixture of concentrated HF
and HNOs.

2.2. Mg concentrations and isotope measurements

Mg concentration and isotope measurements were performed on digested solids (residual and bulk) and solu-
tions (initial, final and supernatant of exchange procedure). Elemental concentrations were measured by inductively-
coupled plasma optical emission spectrometry (ICP-OES, Agilent Technologies 5100, University of Cambridge)
against synthetic calibration lines. Concentrations of the residual and exchangeable fractions are reported as mg
Mg per kg of bulk sample. Average precision was better than 3% (RSD).

Mg isotopes were separated from matrix elements using the procedure described in Tipper et al. (2008). Magne-
sium isotope ratios were measured on a Neptune Plus multi-collector ICP-MS using an APEX IR sample introduction
system. 2°Mg/**Mg and >Mg/**Mg ratios were normalised to DSM3 using standard-sample bracketing (Galy et al.,
2003). Analyses were performed on 100-200 ppb solutions using a 50 uL/min PFA nebuliser with a typical beam size
of 10 V on ?*Mg using medium resolution. Analyses of 2Mg were conducted on a peak shoulder free of interfer-
ences. Accuracy and precision were monitored using several mono-elemental standards. Long-term reproducibility
of DSM3 was 0.01+0.06%. (2SD, n=19) and the values of the mono-elemental standards Cambridge-1, Paris-1 and
Ziirich-1 are in agreement with previously published values (Table S3). To ensure there was no fractionation induced
during chemical separation, either seawater, a rock standard or a synthetic water standard (CCS2, Tipper et al., 2008)
was processed with every batch of 5 samples (Table S3). The typical 2SD external reproducibility for 6°°Mg was
0.11%o. All of the Mg isotope data show mass dependent behaviour, defining a line with a gradient of 0.513+0.001
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on a 6*Mg’ vs 6°°Mg ’ plot (not shown). Due to variable 6°°Mg in the starting solutions, all data is reported as the
difference between sample (x) and initial solution 6*°Mg values: A>Mg = 6*°Mg, - 6> Mginir_sin-

3. Results

3.1. Identity and crystallinity of solids precipitated

Transmission FT-IR and XRD spectra of the experiments targeting stevensite were described in Hindshaw et al.
(2019). FT-IR spectra of all products were characterised by principal Si-O stretches (~1000-1020 cm™!, Hindshaw
et al., 2019) consistent with a 2:1 layer structure and Mg occupancy in trioctahedral sheets (Mg3;-OH stretch at 3680
cm™!, Hindshaw et al., 2019). The spectra were also consistent with products which exhibited low crystallinity and
small particle size (Figs. S7 and S8). Typical powder XRD peak positions were commonly located at either ~10 A
or ~14 A for products from stevensite (Al-free) experiments (Table S4); samples in general were not responsive to
ethylene glycol treatment (discussed in further detail in Hindshaw et al. (2019)). The range of XRD peak positions
from 14 (stevensite) to 10 A (kerolite) indicates that stevensite was mixed, and likely interstratified, with kerolite.

Powder XRD peak positions for products from saponite experiments indicate the solids were generally less crys-
talline, likely resulting from the presence of Al in the experiments. These data indicate that basal 001 reflections are
not observable or very weak, which suggests that precipitates are largely 2-dimensional in nature and exhibit poor
layer stacking order along the crystallographic c-axis. However, the position and relative intensity of powder XRD
peaks from saponite experiments is consistent with a poorly crystalline layer silicate with a coherent scattering domain
of ~4 nm (Fig. $6). In addition, the composite reflection located at ~1.53 A indicates the presence of a trioctahedral
sheet. FT-IR spectra of saponite products correspond closely with natural and synthetic saponite produced at higher
temperatures (Farmer, 1974; Kloprogge and Frost, 2000). Specifically, these data further indicate that both Mg and
Al are located in the layer silicate structure: typical FT-IR spectra yield lattice vibrations located at 469 and 755 cm™!
(arising from AI-OH translation and deformation modes, respectively) and 533 and 656 cm™! (arising from Mg-OH
perpendicular and libration modes, respectively; Fig. S7; Farmer, 1974; Kloprogge and Frost, 2000).

In addition to the targeted layer silicates, gibbsite was detected in experiments conducted at temperatures greater
than 20°C (200315-G and 200315-H) and brucite was detected in the reaction vessel experiment 270415 (Fig. S6).

The experiments were not purged of carbon dioxide and therefore there is potential for carbonates to form which
would fractionate Mg isotopes. However, the speciation of Mg in solution, calculated using PHREEQC, was >96.9%
Mg?* with the remainder Mg(OH)*. There was negligible contribution from MgCOj3 in solution. In addition, we do
not observe carbonate peaks in XRD or FT-IR spectra despite the analysis techniques employed being sensitive to
carbonate (Fig. S8, Farmer, 1974), restricting the potential contribution of any carbonate to <1%.

3.2. Initial and final solutions

The Mg concentration of final solutions was lower than that of the initial solutions (Table 1). The decrease in [Mg]
between initial and final solution was most pronounced in the experiments with low initial [Mg] (< 60 ppm). In these
low [Mg] experiments the final solution was enriched in Mg compared to the initial solution by ~ 0.2%o (Table 1,
Fig 1). In one experiment (250117, Table 1), the [Mg] of the final solution was below the detection limit, consistent
with the complete removal of Mg to secondary phases.

3.3. Bulk solids, exchangeable and structural Mg

Bulk stevensite and saponite were enriched in >*Mg (with mean 6*Mg values of -0.68%y for stevensite and -0.58%o
for saponite, compared to the initial solution), consistent with the final solutions being enriched in Mg (Fig. 1, Table
1). For a given pH, solids precipitated from experiments with a high initial Mg concentration were less enriched in
2*Mg compared to those with low initial Mg (Fig. 2b).

Mg in bulk stevensite and saponite is a mixture of exchangeable (loosely bound) Mg and structural (octahedral
Mg). Exchangeable Mg comprised 17-33% of the bulk Mg whilst the residual solid contained 67-83% (Table 1, Fig.
1). Both the exchangeable pool and residual solids were enriched in >*Mg compared to the initial solution, by 0.47 and
0.75%o on average, respectively. The 6>°Mg values of the residual phases are lower than, or within error of, the bulk
solid (Fig. 1, Table 1). The sum of exchangeable and residue mass weighted concentrations were within 8% of the
measured bulk concentrations (excluding reaction vessel experiment 250117). Using the residual and exchangeable
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Figure 1: Summary of the Mg isotopic compositions for the exchangeable, residual, bulk and final solution phases for each of the experiments. All
Mg isotopic compositions are plotted relative to the initial solution which is at 0%o in this plot and highlighted by the dotted line. The calculated
A%Mg derived from mass balance is shown for comparison. The colour gradient of the exchangeable and residual Mg pools reflects the relative
proportion of those pools to the bulk. The arrows for the high and low [Mg] series of experiments indicate increasing pH towards the head of
the arrow. Left panel is for the stevensite (Al-free) experiments and the right panel is for the saponite (Al-containing) experiments. The 2SD
experimental error (0.11%o) is comparable to the symbol size.

5?°Mg values combined with the mass fractions of Mg, bulk §°°Mg values were calculated and were within 0.13%o of
the measured bulk values, demonstrating the robustness and self consistency of the data. For all phases measured, the
range of values measured in stevensite experiments overlapped with those measured in saponite experiments (Fig. 1).

"Li-NMR data demonstrated that the cation exchange fractions contained up to 21% octahedral Li (Hindshaw
et al., 2019). Modelling based on mass balance (see Supplementary Information) demonstrates that the exchangeable
fraction cannot solely be comprised of octahedral Mg. Hence it is most likely that the enrichment of >*Mg in the
exchangeable Mg fraction is not an artefact of sample processing and represents a pool of Mg that is isotopically
distinct from octahedral Mg.

3.4. Relationship between §*°Mg and temperature

The temperature dependance of Mg isotope fractionation during the precipitation of saponite was investigated by
conducting bottle experiments at pH 9 and with solutions of constant composition, but at variable temperatures of 20,
35 and 50°C (Table S2).

There is a relationship between A26Mg,.(,,j,-dw,,-m‘,‘S,)/n and the inverse square of temperature ( r2=0.46, Fig. 2a) as
would be expected for equilibrium isotope fractionation where apparent fractionation increases at lower temperatures
(Schauble, 2004; Colla et al., 2018). The significance of this was further investigated using a Monte-Carlo simulation
to take into account uncertainties in the measurements. The synthesised saponites were not treated with ammonium
chloride to remove exchangeable Mg, which likely induces noise in the data. Additionally, gibbsite was detected in
the experiments conducted at 35 and 50°C. Although gibbsite is not a Mg bearing mineral, it could impact solution
52°Mg values if Mg were to adsorb onto it with isotopic fractionation.

Although the magnitude of fractionation observed in this study is greater than that observed by Li et al. (2014)



A 00 . B @ low [Mg]
? H 0.0F © high [Mg]
. @ low [Mg] + [Na]
-0.2¢ < . A rxn vessel
3 A 8 @ o
R § . M ‘-’c —-05F 3
= 04} i o ¢ E &
g ¥ o
o -06} ; 2 i
2 2 g ] S8
< > @E efa‘\k
-0.8} “ <
A Saponite (rxn vessel) _15} I
B Saponite (bottle)
—10L O Brucite (Lietal. 2014) 25D 23D
109/T2 (K) pH
C 0.0F @ low [Mg] D 0.04r
@ high [Mg] A
@ low [Mg] + [Na] 2 A
A rxn vessel A0
) 5 A
2\.0/ (\{b 2
% ’ . 6@% \m 00
£ -05¢ =
3 B
2 @) 0.00 Equilibrium
=) N . tH
3 o o
< 4 X initial solution
1.0} HH final solution i
- & —0.02F @ bulk solid O75) <
© exchangeable
2SD A\ residual
0 5 10 15 20 -3 -2 -1 0 1
Rate (mg solid / day) 6%**Mg’

Figure 2: (A) Relationship between A?Mg and the inverse of the temperature squared. The saponite samples are bulk solids whereas the brucite
solids measured by Li et al. (2014) have been treated to remove exchangeable Mg. Relationship between A2Mg and pH (B) and A*Mg and
reaction rate (C). A linear regression was fitted to the high [Mg] set of experiments. Data from the other stevensite experiments are shown as faded
symbols for information. (D) AZ®Mg’ vs 6°°Mg’. APMg’ is defined as 6> Mg’ — 0.5216°°Mg’ (Young and Galy, 2004) and values greater than
zero are indicative of a component of kinetic fractionation. The I1SE error in 6°°Mg’ is smaller than the symbol size. In panels A-C Monte Carlo
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for brucite precipitates treated to remove exchangeable Mg, the slopes of the two sets of data are indistinguishable
(-0.094+0.027 (1SD), Li et al. (2014); -0.095+0.027 (1SD), this study; Fig. 2).

3.5. Relationship between §°°Mg and pH

The pH dependence of Mg isotope fraction during the precipitation of stevensite was investigated by conducting
two series of bottle experiments at 20°C but variable pH from 9 to 10.4 (Table S2). One series was conducted at low
[Mg] (2 mmol/kg) and the other at high [Mg] (20 mmol/kg) in the initial solution.

Whilst there are no clear relationships between either pH and bulk 6>°Mg values or pH and exchangeable 6°°Mg
values (Fig. S9), there is a strong relationship between pH and residual §?°Mg values (after ammonium chloride
extraction, Fig. 2b), where at higher pH there is a smaller difference between the 6°°Mg value of the residue and the
6?°Mg value of the starting solution. Part of the causation of this relationship is the isotopic evolution of the fluid
when a significant fraction of Mg has been removed from the fluid by precipitation of the solid (Fig. 3). This is
particularly evident for the bottle experiments conducted at 2 mmol/kg Mg. However, for the experiments conducted
at 20 mmol/kg Mg, the maximum difference in 6?°Mg values between final and initial solutions is < 0.10% (less than
the analytical uncertainty). There is also a relationship between the rate of precipitation (determined by the mass of
solid recovered normalised to the number of days the experiment was conducted), pH and the §°°Mg value of the
residual solid (Fig. 2c¢).

3.6. Relationship between §°°Mg and the chemical composition of the residue

For pairs of experiments conducted at similar pH, higher [Mg] is linked to reduced fractionation from the initial
solution and lower Li/Mg values in the residual solid (Table 1). Within the high [Mg] series of experiments (constant
starting solution but varying pH), higher pH was linked to an increase in the Mg/(Li+Mg) ratio of the residual solid
(Fig. 4a).

3.7. Distinguishing between kinetic and equilibrium fractionation

Distinguishing between kinetic and equilibrium fractionation mechanisms is non trivial. In principle, it is possible
to discriminate kinetic isotope fractionation from equilibrium isotope fractionation in stable isotope systems with
more than two isotopes because of small differences in kinetic isotope fractionation between the two ratios; for Mg
26Mg/**Mg and »Mg/**Mg (Young and Galy, 2004). These differences are usually expressed as A>Mg’, defined as
62 Mg’ — 0.521 - §*°Mg’, which describes the deviation from the equilibrium fractionation line (Table S5). Whilst
there is a large uncertainty associated with A>Mg’ values, there is a significant difference between the A>>Mg’ values
of the initial solutions and the bulk solid products at 95% confidence value (Student’s paired T-test), with the bulk
solids having higher A2’Mg’ values, consistent with at least a component of kinetic isotope fractionation (Fig. 2d).

4. Discussion

The most striking observation of the experimental data set is that the synthesised clay minerals are enriched in
24Mg in both structural and exchangeable Mg and this is in contrast to some field and experimental observations. In
the following, the controlling factors on the observed Mg isotope fractionation are discussed and their implications
for field studies explored.

4.1. Directionality of fractionation: Mg-O bond length

In isotopic equilibrium, the directionality of isotopic fractionation is predominantly set by the relative bond
strength between the product and the reactant. The bond strength and frequency scale with bond length with strong
bonds (high vibrational frequency), which favour the heavy isotope, being typically shorter (Bigeleisen, 1965). The
fractionation in the present study is occurring between octahedrally coordinated Mg in structural sites in the syn-
thetic clays and octahedrally coordinated Mg in an aquo complex where we assume there are two hydration shells
([Mg(H20)6](HZO)ﬁ’). The 2“Mg enrichment in the residual solid (treated to remove exchangeable Mg) compared
to the starting solution (Fig. 1) implies that the Mg—O bond in structural sites is longer than in aqueous Mg. This is
supported by bond-length data indicating the the Mg—O bond in stevensite (2.085 A, Table S6) is longer than in the
aqueous species (2.072 A, Table S6).
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Figure 3: Mg isotope data of final solutions and residual solids (bulk solids treated to remove exchangeable Mg). f s, is calculated using the initial
and final solution Mg concentrations. The data can be fitted by a batch (A) or Rayleigh (B) fractionation model (see Supplementary Information).
Two of the high [Mg] bottle experiments (240417H and L, indicated with a black dot) are outliers in both models and this may be because additional
factors, in addition to f s, are controlling the fractionation factor (see Fig. 4).

The ?*Mg enrichment observed in the exchangeable Mg fraction similarly implies longer Mg—O bonds in the
exchange complex compared to Mg in solution. This would also be consistent with bond length data. Mg is likely
bound in an outer-sphere complex (Meunier, 2005), with one layer of water molecules between the clay surface and
the cation (Mg(HzO)?). This species has a longer bond length of 2.08 A compared to 2.07 A for two hydration shells
(Pavlov et al., 1998).

4.2. Kinetic versus equilibrium fractionation and estimation of fractionation factors

The relationship between the inverse square of temperature and apparent fractionation factor (R>=0.46, Fig. 2a)
could be indicative of equilibrium fractionation. The slope and hence the direction of fractionation is the same as that
reported in Li et al. (2014) where a three-isotope method was employed to infer that equilibrium was reached. This

method, however is not poss1b1e when a solid is prec1p1tated d1rect1y out of solutlon asin the present study Alfheﬂgh
o and-A 25 N’ :

To further evaluate the role of kinetic versus equilibrium fractionation, a batch and Rayleigh model were fitted
through the stevensite and saponite data using a Monte-Carlo misfit method to determine the best-fit fractionation
factor (@pcr—water, Supplementary Information). Both the residues and final solutions can be fitted well with both a
batch and a Raylergh model (Flg 3 F1g Sl) hlghhghtlng the drfﬁculty of dlstrngmshmg equ111br1um from kinetic

there are two consplcuous outllers (Flg 3, 240417H and L) to the trends. These two samples may have a d1ﬂ“erent
fractionation factor linked to the composition of the residual solid formed (Section 4.3). The best fit @y¢s—yarer Values
were 0.99912 + 0.00005 and 0.99905 + 0.00006 for Rayleigh distillation and batch fractionation respectively. A
contribution from both kinetic and equilibrium processes is consistent with the fact that the gradient of the best fit
line in a plot of §2Mg’ vs 6°Mg’ (0.513+0.001) lies between the theoretical slopes for kinetic fractionation (0.511)
and equilibrium fractionation (0.521) (Young and Galy, 2004). If fractionation in a controlled laboratory setting can
have a component of kinetic fractionation, then kinetic fractionation almost certainly occurs in field settings (Bouchez
et al., 2013), likely depends on fluid residence times and may occur via a diffusive mechanism with 2*Mg transported
across mineral surfaces more efficiently than 2°Mg (Richter et al., 2008).
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Figure 4: (A) A26Mgm,-dug,,-m-,_sln versus the Mg/(Li+Mg) ratio of the residual solid. (B) A%Mgm,-dug,,-n,-mln versus the wavenumber of the Mgs-
OH stretch in FT-IR spectra. For (A) and (B), a linear regression was fitted to the high [Mg] set of experiments. Data from the other stevensite
experiments are shown as faded symbols for information. (C) Within the high [Mg] 240417’ series there is an inverse relationship between
APM, o sidue—init.sin A0d A7Liyegidue—init.sin- In panels A-C, symbol size is scaled to pH. (D) Data on Mg fractionation factor and bond lengths for
synthesised elay-minerals phyllosilicate minerals and brucite (Table S6). Literature sources: Kerolite (ker.) and Lizardite (liz.) - Ryu et al. (2016),
Chysotile (chrys.) - Wimpenny et al. (2010), Brucite (bru.W) - Wimpenny et al. (2014), Brucite (bru.L) - Li et al. (2014), stevensite (stev.) - this
study. When the Mg—O bond in elay the mineral is longer than that of the Mg-aquo complex, the etay mineral will be enriched in 2*Mg (e.g. brucite
(bru.L), chrysotile, stevensite). Conversely, when the Mg—O bond in elay the mineral is shorter than in the Mg-aquo complex, the elay mineral will
be enriched in 2°Mg (e.g. kerolite, lizardite).



241

242

243

244

245

246

247

248

249

250

251

252

253

254

255

256

257

258

259

260

261

262

263

264

265

266

267

268

269

270

271

272

273

274

275

276

277

278

279

280

281

282

283

284

285

286

287

288

289

290

4.3. Effect of changing pH: reaction rate and compositional controls on fractionation factor

Although the data set can to a first approximation be fitted by a single fractionation factor (Fig. 3), there is variation
in the high [Mg] series of experiments which results in two apparent outliers (240417H and L). The f ), of the high
[Mg] series if experiments exhibits little variation (0.84 to 0.96) and there must therefore be additional, secondary,
factors controlling fractionation. In this section we focus on this series of experiments.

An increase in pH can increase nucleation rate, growth rate and promotes better crystallisation. Therefore reaction
rates should depend on pH and a kinetic effect on the apparent fractionation of Mg during experimental synthesis of
minerals is common (e.g. Pearce et al., 2012; Mavromatis et al., 2013). In our data there is a relationship between
reaction rate, pH and 6°°Mg for the high [Mg] experiments. However, we consider it unlikely that this relationship is
caused by kinetic fractionation because the smallest isotopic fractionation is observed at the highest pH and reaction
rate (Fig. 2b). This is opposite to that normally observed for kinetic fractionation where fractionation factors increase
with increasing rate because of insufficient time for the back reaction (Nielsen et al., 2012).

Reaction rate is not the only variable dependent on pH. In addition, the elemental composition of the residual
solids changes with pH. In the high [Mg] ‘240417’ series of experiments the relative proportion of Li in the residual
solid increases (Mg/(Li+Mg): 0.999984 to 0.999687) as pH decreases (10.36 to 8.99). Thus a change in composition
may also contribute to the observed decrease in the magnitude of Mg isotope fractionation (A”°Mg,.idue—inir.sin -1.06
to -0.42) with increasing pH (Fig. 4a). The octahedral Mg bond length is determined by the chemical composition of
the octahedral layer. A change in the relative proportion of two or more elements in the octahedral layer is predicted
to affect isotope fractionation due to changes in bond lengths and vibrational frequencies (Wang et al., 2017) as the
crystal structure distorts to accommodate an ion with a different charge and/or radius (Laurora et al., 2011; Michalski
et al., 2015). For example, adding Mg to calcite (CaCO3 to (Mg,,Ca;_,)CO3) causes the Mg—O bond length to
change, directly impacting the fractionation factor (Wang et al., 2017) and increasing the Fe content of phyllosilicates
was shown to increase the octahedral metal-O bond length (Laurora et al., 2011; Michalski et al., 2015).

We tested the extent to which the Li content of stevensite controls the Mg—O bond length by measuring the
frequency of the Mg3;-OH stretch determined by FT-IR (Fig. 4b, Table S4). The position of the Mg3;-OH stretch is
a function of bond length, electronegativity of the Mg-OH bond, the ionic and electric charge of Mg and OH and
the coordination number. Within a controlled series of experiments (holding Mg, Na, Si, Al) constant, the latter
three factors remain constant and therefore any variation should be solely due to bond length variations, assuming
isotopic equilibrium. A higher frequency stretch implies a stronger, shorter bond. For the high [Mg] 240417’ series
of bottle experiments, there is a positive relationship between the frequency of the Mgz-OH stretch and A2°Mg values:
fractionation increases as the Mg—O bond lengthens (Fig. 4b). The solids are enriched in 2*Mg compared to the
starting solution (Fig. 1) implying that, in this case, the solid species has a longer bond compared to the aqueous
species. Thus if the Mg—O bond in the solid increases in length, the difference between solid and aqueous species
bond lengths will also increase, resulting in increased fractionation (Fig. 4d). Therefore the FT-IR data is consistent
with an equilibrium control whereby adding Li into the octahedral layer increases the length of the Mg—O bond and
increases the magnitude of the apparent fractionation factor (Fig. 4a,b).

In a modelling study of the calcite-aragonite system a change from CaCOj3; to (Mgp5,Ca5)COj3 increased Ca—O
bonds whilst Mg—O bonds decreased (Wang et al., 2017). Therefore we may expect a link between Mg—O and Li-O
bond lengths. We do not have a direct measure of the Li—O bond length but this mechanism would be consistent with
Li isotope data on the same sample set (Hindshaw et al., 2019). We observe that as the magnitude of Mg isotope
fractionation decreases that of Li increases (Fig. 4c). This implies that as octahedral Mg—O bonds shorten (tend
towards those in aqueous Mg, Fig. 4), Li-O octahedral bonds lengthen (tend away from those in aqueous Li). An
equilibrium isotope fractionation mechanism could also account for the observation that increasing the proportion of
Co in kerolite decreased the Mg fractionation factor (Ryu et al., 2016). The addition of Co could have changed the
Mg-O bond length and thus the fractionation factor.

4.4. Comparison with existing experimental data

The clay minerals stevensite and saponite can be compared to existing literature data on primary phyllosilicates and
brucite due to their similar structure. Based on recent experimental studies, Mg isotope fractionation into layer silicate
minerals and brucite is contradictory. Lizardite and kerolite have been shown to preferentially incorporate Mg (Ryu
etal., 2016), chrysotile 2*Mg (Wimpenny et al., 2010) and two experiments focussing on brucite precipitation reached

10



291

292

293

294

295

296

297

298

299

300

301

302

303

304

305

306

307

308

309

310

311

312

313

314

315

316

317

318

319

320

321

322

323

324

325

326

327

328

329

330

331

332

333

334

335

336

337

338

339

340

opposite conclusions as to the direction of fractionation (Wimpenny et al., 2010; Li et al., 2014). Li et al. (2014)
interpreted their data in terms of bond length controls on equilibrium isotope fractionation and in this section we
interpret our data in the same way.

Literature data suggests that the average Mg—O bond lengths in phyllosilicate minerals kerolite and lizardite are
shorter than the Mg—-O bonds in the aquo complex (Table S6). These clays are correspondingly enriched in 2°Mg
compared to the initial solution (Fig. 4d, Ryu et al., 2016). On the other hand, the average Mg—O bond in hectorite,
chrysotile and brucite is longer than the aqueous Mg—O bond (Table S6) and these clays are enriched in >*Mg (Fig.
4d, Wimpenny et al., 2010; Li et al., 2014). The one exception to this trend is the brucite experiments conducted by
Wimpenny et al. (2014) where they found that 2°Mg was preferentially incorporated into the solid. The discrepancy
between the direction of fractionation between Li et al. (2014) and Wimpenny et al. (2014) may be due to the different
synthesis procedures employed. Li et al. (2014) reacted MgO(y) with 0.20 M HCl 4, whereas Wimpenny et al. (2014)
reacted 0.1 M MgCly(4g with 0.1M NaOH,,. These differences may have resulted in non-identical Mg speciation
in the reactants and products. The similarity in Mg—O bond length between Mg in an octahedral site in a elay
phyllosilicate mineral and Mg in an aquo complex makes the directionality of Mg isotope fractionation sensitive to
small changes in the Mg—O bond length and thus sensitive to the chemical structure and composition of the solid
formed. The variable directionality of Mg isotope fractionation is worth contrasting with Li isotopes, where clays are
always enriched in the light isotope °Li. For Li the hydrated complex is 4-fold coordinated (Li(H,0),) and therefore
has a very different bond length to an octahedrally coordinated site (1.9 vs 2.1 A).

The sensitivity of Mg isotope fractionation to changes in elay phyllosilicate mineral structure is exemplified by
comparing chrysotile and lizardite. Chrysotile and lizardite are two serpentine group minerals with the same chemical
formula but differing crystal structures: lizardite is a 1:1 continuous layer silicate composed of a Mg-rich octahedral
layer coordinated to a Si-rich tetrahedral layer, and chrysotile is a modulated 1:1 layer silicate featuring extensive
curvature of the 1:1 sheets producing cylindrical or scroll-like structures. This affects the interlayer spacing and
thickness of the octahedral sheet. These two parameters are greater in chrysotile compared to lizardite (Guggenheim,
2016), resulting in a longer Mg—O bond in chrysotile. In chrysotile the clay Mg—O bond is longer than aqueous Mg
whereas in lizardite it is shorter. This results in these two elay phyllosilicate minerals having an opposite sense of
fractionation to each other (Fig. 4d).

To date Mg isotope fractionation has only been investigated in trioctahedral phyllosilicate minerals, yet the dioc-
tahedral phyllosilicate minerals such as montmorillonite and beidellite are more common in temperate weathering
environments. Dioctahedral phyllosilicates only have 2/3 octahedral sites filled and this results in a smaller unit cell
size (Meunier, 2005). Modelling results suggest that the Mg—O bond length in beidellite and dioctahedral smec-
tites is less than 2 A (Sainz-Diaz et al., 2001, 2002), which would result in the solid phase having a shorter bond
length compared to the aqueous phase (Fig. 4d). Based on bond length we would therefore predict that dioctahedral
phyllosilicates would be enriched in 2°Mg, consistent with field data from temperate environments.

In summary, there appears to be a broad trend relating Mg—O bond length to the direction of Mg isotope fraction-
ation. Further, the apparent sensitivity to bond length highlights the need to identify which clay minerals are forming
at a given field site.

4.5. Implications for field studies

There are two key results from the present study that are pertinent to the interpretation of natural data. Firstly,
the smectite mineral phases stevensite and saponite are enriched in ?*Mg, with an average fractionation factor (@) of
0.9990 (Table S6). The same isotopic enrichment has been observed intwe-other-experimental-stadies for chrysotile
and brucite (Wimpenny et al., 2010; Li et al., 2014). Secondly, exchangeable Mg is enriched in 2*Mg. The observation
that river waters are nearly always enriched **Mg relative to silicate rocks has been interpreted to result from clays
preferentially incorporating Mg (Fig. 5, e.g. Tipper et al., 2006a; Bolou-Bi et al., 2012; Schuessler et al., 2018),
an observation supported by some, but not all, measurements of bulk soils (Teng et al., 2010; Opfergelt et al., 2012;
Schuessler et al., 2018). The direction of isotopic fractionation inferred from field data is opposite to the experimental
data in the present study, prompting a series of questions for both experimental and field observations.

The inference that clay minerals preferentially incorporate Mg in silicate catchments was largely based on the
assumption that the chemical composition of natural waters is predominantly controlled by silicate mineral dissolution
(e.g. Tipper et al., 2006a), requiring a mineral phase that preferentially retains ?Mg in soil. However, even in silicate
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dominated catchments, trace carbonate can contribute significantly to riverine Mg (Wimpenny et al., 2011; Kimmig
et al., 2018). Since carbonates are significantly enriched in >*Mg relative to silicate rocks (Fig. 5), the preferential
incorporation of >*Mg into clay minerals from this source would result in river water enriched in Mg relative to
carbonate, but this water would appear enriched in >*Mg relative to bulk silicate rock. This mechanism could reconcile
the experimental results reported here with field observations. For example, the positive correlation observed between
Li and Mg isotopes in river water samples from the Mackenzie Basin would be consistent with a common controlling
mechanism: the formation of clay minerals (not determined) enriched in both °Li and **Mg, the light isotopes of Li
of Mg.

Other processes may be important for specific field sites. The enrichment of >*Mg in rivers compared to silicate
rocks could be due to the preferential release of Mg from primary minerals (Wimpenny et al., 2010; Maher et al.,
2016). However, this hypothesis is likely only valid for the initial stages of weathering when the system is far from
equilibrium and the enrichment of >*Mg in rivers compared to silicate rocks has been observed in both weathering-
limited and transport-limited field environments (Tipper et al., 2006b). In some field sites, 2’Mg-enriched soils ean
be-explained-by has been attributed to sorption of Mg onto non-clay phases (e.g. gibbsite) and low-Mg clay minerals
(e.g. kaolin minerals) rather than preferential uptake of 2°Mg into Mg-bearing clay minerals (Huang et al., 2012; Liu
etal., 2014). Not all soils are enriched in Mg (Fig. 5) and in these settings the enrichment of >*Mg in soils compared
to parent rock has been attributed to adsorption-desorption reactions, inputs from the atmosphere, biospheric cycling
and the exchange pool (e.g. Pogge von Strandmann et al., 2012; Opfergelt et al., 2014; Ma et al., 2015; Gao et al.,
2018b). The presence of organic chelates (Li et al., 2014) and bacteria (Oelkers et al., 2015; Balland-Bolou-Bi et al.,
2019) can also affect the magnitude and direction of Mg isotope fractionation. Whilst in natural systems the controls
on the exchange pool are myriad (adsorption, sea spray, litter decomposition etc.), and not solely due to secondary
mineral formation (Opfergelt et al., 2014), our data supports field evidence that the soil exchange pool has an affinity
for 2*Mg (Gao et al., 2018b).

If the formation of clay minerals in natural settings results in the preferential incorporation of **Mg as reported in
this study, but contrary to previous interpretations based on field data (Tipper et al., 2006a), then it would have major
implications for the source of Mg to the hydrosphere in the global biogeochemical cycle of Mg. If this hypothesis is
correct, the intermediate §°°Mg of seawater between carbonate and silicate sources (Fig. 5) could reflect a much more
significant input of Mg derived from carbonates than was previously considered. The implication is that carbonate
weathering may play a much more significant role in the global biogeochemical cycle of Mg with implications for
the carbon cycle since carbonate weathering is either CO, neutral or releases CO, depending on the weathering agent
(Calmels et al., 2007).

Finally, as alluded to in Section 4.4, the direction of fractionation may be dependent on the clay mineral structure.
A simple explanation for the discrepancy between field and experimental data would be that clays in question are dif-
ferent and therefore not directly comparable. Until the direction and magnitude of fractionation attendant to a greater
variety of clay types has been determined with greater certainty, interpretations of field data and the global biogeo-
chemical cycle of Mg will have an inherent ambiguity, highlighting the urgent need for additional field, experimental
and modelling studies.

5. Conclusions

We have synthesised Mg-rich layer silicate minerals at temperatures relevant for Earth surface processes, charac-
terising the mineralogy, structure and Mg isotopic composition. Both stevensite and saponite were enriched in >*Mg
in the bulk and residual phases, relative to the initial solution. The exchangeable phase had 6°°Mg values lower than,
or within error of, the initial solution. Due to the range in the fraction of Mg removed from the initial solution, a
fractionation factor could be calculated using a batch and a Rayleigh model. Both models fit the data well with similar
fractionation factors of 0.9990 (batch) and 0.9991 (Rayleigh).

Saponite was synthesised at a range of temperatures from 20-50°C. Fractionation decreased as temperature in-
creased, in agreement with equilibrium fractionation. Interestingly, although the magnitude of fractionation was
different, the direction of fractionation and relationship with temperature was similar to that observed for the fraction-
ation of brucite over a similar temperature range (Li et al., 2014). Stevensite experiments were conducted over a range
of pH values. Increased pH resulted in decreased fractionation relative to the initial solution. Although the reaction
rate increased with pH, suggesting a kinetic effect, we argue this is not the case because 1) smaller fractionations
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Figure 5: Mg isotope data from river water (n=332), silicate rock (n=319), carbonate rock (n=92), seawater (n=42), soil (n=133) and soil ex-
changeable Mg (n=18) compiled from field studies (see Supplementary Information for references). River water, seawater and soil exchangeable
fluids have Mg isotopic compositions intermediate between carbonate and silicate rocks. The shaded area indicates the §>°Mg range of river waters.
The dashed lines indicate the mean 626Mg values for carbonate (light blue) and silicate (grey) rocks. Two fractionation scenarios are highlighted.
In scenario 1, the initial solution is derived from silicate rocks. Secondary clays preferentially incorporate Mg resulting in rivers enriched in
24Mg relative to silicate rocks. In scenario 2 the initial solution is derived from carbonate rocks. Secondary clays preferentially incorporate >*Mg
resulting in rivers enriched in Mg relative to carbonate rocks.

are observed for greater reaction rates and 2) the composition of the product also changed. The wavenumber of the
Mg;-OH stretch in FT-IR spectra is a proxy for the octahedral Mg—O bond length and this data indicates that the
octahedral bond length decreased with increasing pH, suggesting an equilibrium control.

To date, experimental studies of Mg isotope fractionation into clay minerals have appeared contradictory, with
separate studies indicating that both heavy and light Mg can be incorporated into clay minerals. Unlike other metal
cations, such as Li, the octahedral Mg—O bond length is similar to that of Mg in the initial solution (assumed to be
an aquo-complex in these laboratory experiments). Small changes in structure between clay types determine whether
the octahedral bond is longer or shorter compared to the initial solution, with implications for the directionality of the
observed Mg fractionation factor. Our experimental data suggests that two Mg-layer silicate minerals, stevensite and
saponite, preferentially incorporate >*Mg. This questions the interpretation of some field studies which have suggested
that secondary minerals preferentially incorporate 2°Mg. Either carbonate weathering is a more significant source of
dissolved Mg than previously assumed or the similarity in bond length between Mg in clay minerals and Mg in an
aquo-complex (or other solute Mg species) means that the dominant sense of fractionation in the field is different
to that observed in this and other experimental studies. If the direction of fractionation in nature is the same as the
present study, then the global biogeochemical cycle of Mg will need to be significantly revised.
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