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Abstract
From observations, we identify a wave-like pattern associated with northwest-
ern European seasonal precipitation events. These events are associated with
tropical precipitation anomalies, prompting us to investigate if there are any
tropical–extratropical teleconnections, in particular the role of tropical anoma-
lies in driving extratropical dynamics through Rossby wave propagation. Using
a hierarchy of models from ray tracing to barotropic and baroclinic models,
we investigate the Rossby wave mechanism and test potential tropical drivers
and yield qualitative results. Using a barotropic model, we identify potential
Rossby wave source regions which are consistent between the observations and
the model. These regions include the tropical western and eastern Atlantic,
the subtropical eastern Atlantic and, to a smaller degree, the subtropical east-
ern Pacific. Zonal wavenumber 2 and 3 components of the barotropic model
responses match well with the observations and ray tracing supports the impor-
tance of these components. We use a baroclinic model to investigate the link
between the observed Rossby wave source anomalies and the observed tropi-
cal precipitation anomalies. The reduced precipitation observed in the tropical
Atlantic just north of the Equator can generate some of the observed Rossby
wave source anomalies in the tropical Atlantic, while the increased precipita-
tion observed in the tropical eastern Pacific can generate some of the observed
Rossby wave source anomalies in the subtropical eastern Pacific. Our results can
also be applied to European drought events because of the qualitative linearity
in the observations and in our linear methods.
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1 INTRODUCTION

Many studies have looked at recent wet European win-
ters. Scaife et al. (2017a) showed that seasonal forecasts

of the wet UK and northwestern Europe in the early win-
ter of December 2015 were likely driven by the extreme
El Niño of that winter. Knight et al. (2017) found that
the extratropical pattern associated with the record UK
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rainfall of winter 2013–2014 could be partly reproduced by
relaxing models especially over the tropical Atlantic, and
suggested that enhanced Amazonian convection could be
an atmospheric driver of the extratropical Rossby wave.
Their analysis might suggest similar atmospheric drivers
contributing to extreme precipitation events across neigh-
bouring regions in the North Atlantic–European sector.

The Quasi-Biennial Oscillation (QBO) also appears to
have contributed to the extreme conditions in 2013–2014
(Huntingford et al., 2014; Knight et al., 2017). The tropical
stratospheric signal propagates poleward then downward
to affect the North Atlantic surface climate (Anstey and
Shepherd, 2014), and is consistent with a strong Atlantic
jet stream in that winter. Studies have found predictability
in the QBO (Scaife et al., 2014b) and in its northern win-
ter teleconnection on seasonal time-scales(O'Reilly et al.,
2019).

The North Atlantic Oscillation (NAO) is a major source
of seasonal variability in the North Atlantic–European
region. Many potential sources of skill in NAO prediction
have been suggested (Smith et al., 2016). The NAO is a
phenomenon arising from midlatitude eddy–mean flow
interaction, but can be triggered by Rossby waves prop-
agating from the Tropics (Feldstein, 2003). Scaife et al.
(2014a) showed skilful seasonal prediction of the winter-
time NAO, and Scaife et al. (2017b) showed that tropical
rainfall explained 40% of the variance in the seasonal fore-
cast of the NAO through Rossby waves. Tropical sea sur-
face temperatures are also found to affect the NAO (Davini
et al., 2015). Manola et al. (2013) showed that tropical forc-
ings can account for 14% and 35% of the wind variance
associated with the positive and negative NAO respec-
tively, indicating a pronounced impact of tropical forcing
on the NAO.

While not many studies have looked at European dry
winters, Dunstone et al. (2018) looked at the recently
very dry European winter of 2016–2017. They found evi-
dence for a Rossby wave triggered by anomalous trop-
ical Atlantic precipitation and propagating into Europe.
Instead of investigating individual European wet and dry
winters, we investigate these events together. As we will
show, the seasonal anomalies between European dry and
wet winters show qualitative linearity. This motivates us
to look at dry and wet winters together in a linear frame-
work. We focus on the influence of stationary propagating
Rossby waves in the troposphere from the Tropics and
Subtropics, using a hierarchy of models from ray tracing,
barotropic model to baroclinic model. We emphasize that
we do not expect Rossby wave propagation from the Trop-
ics into the Extratropics to be the only mechanism for
these events. However, there is evidence that recurring
low-frequency atmospheric circulation anomalies orga-
nize storm track anomalies (Branstator, 1995), and these

low-frequency anomalies are strongly driven by the Trop-
ics. Here our aim is not to quantitatively reproduce the
observed anomalies, but to test the mechanisms of tropical
influence in idealised models with a restricted number of
processes.

2 METHODS

2.1 Barotropic model

The barotropic model (O'Reilly et al., 2018) is based on
Hoskins and Ambrizzi (1993). It integrates the damped
barotropic vorticity equation.

Without any forcing, the basic state is maintained by
the inverse initial tendency. The forcing is specified as
a Rossby wave source (RWS) and all of our experiments
apply a forcing which is constant in time. The RWS is
calculated using the expression from Sardeshmukh and
Hoskins (1988),

RWS = −∇ ⋅ (V𝜒𝜁) = −V𝜒 ⋅ ∇𝜁 − 𝜁∇ ⋅ V𝜒 , (1)

where the first term on the right is the vorticity advection
by the divergent wind and the second term is the vortex
stretching.

We multiply the RWS by 10−6 to make the calculation
effectively linear (Hoskins and Ambrizzi, 1993), and the
model response is scaled back up by 106. Scaling down
the forcing effectively makes the nonlinear terms negligi-
ble. This allows us to look at the most basic, linear wave
propagation without nonlinear complications, for example
the wave interacting with itself. However, our results are
found to be similar without scaling down the RWS. We
use the climatological basic states on 250 hPa from the
NCEP DOE Reanalysis 2 (Kanamitsu et al., 2002). This
set-up allows us to investigate the propagation of station-
ary Rossby waves from a tropical forcing that is station-
ary in time, on a basic state that is stationary in time.
We present the quasi-stationary results averaged between
days 7 and 10.

In the patch method, we run the experiment 544 times,
with each forced by an idealised RWS patch resembling
a Green's function. Similar to Barsugli and Sardeshmukh
(2002), each patch has a 2D cosine-square form

Pk(𝜆, 𝜙) = A cos2
(
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within the rectangle spanned by 𝜆k ± 𝜆w in longitude and
𝜙k ± 𝜙w in latitude, where 𝜆k and 𝜙k specify the cen-
tre of each patch, and 𝜆w and 𝜙w are the half-widths in
longitude and latitude respectively. Outside the rectangle,
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Pk is set to zero everywhere. The advantage is that the
distance between the centres of neighbouring patches
equals the half-width of the cosine-square, so that a uni-
form plateau of forcing can be achieved upon addition of
neighbouring patches. Each patch is around 11◦ wide zon-
ally (2 × 𝜆w) and 5◦ wide meridionally (2 × 𝜙w). Together
they cover all longitudes with 32 patches, and cover lat-
itudes from 45◦S to 45◦N with 17 patches, resulting in a
total of 544 experiments. We do not include more poleward
patches because we are interested in waves forced from
the Tropics and the Subtropics. We use an amplitude A
of 2×10−11s−2, which, when combined with neighbouring
patches, gives a uniform RWS amplitude similar to the
observed anomalies. We remove the zonal mean forcing at
each latitude before putting it into the barotropic model,
because we are interested in the forcing of Rossby waves
rather than zonal mean circulation anomalies.

While the observed teleconnections in this study are
measured at interannual time-scale, our models operate
at the daily time-scale. Our interpretation of the model
results is that, while the triggered waves from the Tropics
only take several days to propagate into the Extratrop-
ics, the persistency or the high frequency of occurrence
of anomalous tropical forcings keeps triggering the sta-
tionary waves in most days of the season, which show up
in the seasonal time-scale. While we specifically focus on
seasonal anomalies, further examination of intraseasonal
anomalies (e.g., Davies, 2015; Röthlisberger et al., 2019)
may provide complementary insights to our study.

2.2 Ray tracing

We take the linear barotropic dispersion relation with no
meridional basic flow. We use a 60◦ sectoral zonal averag-
ing on the climatological 250 hPa zonal wind from NCEP2.
The zonal averaging represents a typical wave scale (Scaife
et al., 2017a; Ayarzagüena et al., 2018). We calculate the
stationary wavenumber Ks at every gridpoint from this
smoothed climatological wind (Hoskins and Karoly, 1981).
To sample the sensitivity to the starting position of a ray, we
also plot an ensemble of eight other rays located around a
square of 5◦ in both longitude and latitude centred on the
first ray.

2.3 Baroclinic model

We use the Reading Intermediate Global Circula-
tion Model version 1 (IGCM1; Hoskins and Simmons,
1975), with a T42 horizontal spectral truncation and
15 vertical levels. Similar to the barotropic experiments,
we apply an inverse initial tendency forcing in all

prognostic equations to maintain the basic state, in
the absence of other forcing. We define the basic state
using ERA-Interim (ERA-I; Dee et al., 2011) reanalysis
1980–2017 December–January–February (DJF) climatol-
ogy, but little difference is found between the basic states
of ERA-I and NCEP2. Unlike specifying the RWS in the
barotropic model, we specify heating in the baroclinic
model (Hoskins and Karoly, 1981; Liu et al., 2007). We use
an elliptical heating on the horizontal tangent plane, with
a sine-squared half-wave vertical structure between the
surface and the tropopause, to give an upper-tropospheric
peak at around 400 hPa. Our vertical heating structure fol-
lows those used in Jin and Hoskins (1995) and Matthews
et al. (2004), which were shown to be consistent with anal-
ysed observational data. The heating is steady and is scaled
by 10−6 to focus on linear stationary Rossby wave prop-
agation, with the responses subsequently scaled back up
by 106. However, results are again similar without scaling
down the heating.

The observed vertically integrated heating is calcu-
lated based on a similar index to Li and Wettstein (2012),
where the heating is dominated by tropical convection
latent heating. We average the responses between days 10
and 14, similar to studies using the same model (Jin and
Hoskins, 1995; Matthews et al., 2004). This is longer than
the 7–10 days for the wave to develop in the barotropic
model. This is because, whereas the RWS is specified from
day 0 in the barotropic model, it takes time for the baro-
clinic model to set up the RWS from the imposed heating.

2.4 Significance testing

To evaluate the statistical significances of the linear regres-
sions in Figures 1 and 2, we apply the F-test to calculate
the p-values. To account for the multiple hypothesis tests
across all the gridpoints, we control the false discovery rate
(Wilks, 2016) by choosing 𝛼FDR to be 0.10.

3 OBSERVATIONAL ANALYSES

We first diagnose the atmospheric dynamics associated
with European precipitation events in DJF using the
ERA-20C reanalysis (Poli et al., 2016) available for the
whole Twentieth Century. We use the Climatic Research
Unit (CRU) land precipitation data (Harris et al., 2014)
to match the period from 1902 to 2010. Figure 1b shows
our northwestern European box (0◦E–20◦E, 45◦N–55◦N).
In addition to the CRU precipitation data which are
only available over land, we also use the Global Pre-
cipitation Climatology Project (GPCP) combined surface
precipitation data (Adler et al., 2003). The advantage of
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F I G U R E 1 Northwest European precipitation time series and the robustness of the wave pattern. (a) Precipitation time series over our
European box, using CRU (black) and GPCP (blue). (b) CRU precipitation regressed onto the CRU standardized European precipitation time
series (mm⋅day−1), with the black box indicating northwestern Europe. Black dots denote a significant linear regression relationship (Section
2.4). (c, d) 500 hPa geopotential heights regressed onto the CRU standardized European precipitation time series (m), and onto the GPCP
standardized European precipitation time series (m). (e) is as (d), but for 250 hPa

F I G U R E 2 Anomalies associated with European precipitation events. Colour shading shows the regressions onto the standardized
European region CRU precipitation time series between 1980 and 2010, for (a) geopotential height at 250 hPa (m), (b) zonal wind at 250 hPa
(m⋅s−1), (c) Rossby wave source at 250 hPa (s−2), (d) GPCP precipitation (mm⋅day−1), (e) sea surface temperature (C) and (f) vertically
integrated heating (W⋅m−2). Black dots denote a significant linear regression relationship (Section 2.4). Solid contours show the
climatologies, with contour intervals (a) 200 from 9,600 m, (b) 10 from 10 m⋅s−1, (c) 1×10−10 s−2 from zero with positive red and negative blue,
and with zero omitted, (d) 2 from 2 mm⋅day−1, (e) 1◦ from 25◦C, and (f) 50 from 50 W⋅m−2
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these over CRU is that they combine satellite observations
and therefore makes precipitation data available over the
ocean. This is useful in the Tropics where precipitation
over the oceans is important for extratropical teleconnec-
tions (Scaife et al., 2017b; Scaife et al., 2019). The disad-
vantage of GPCP is that it is only available for a shorter
period of time than CRU. Figure 1a shows that the GPCP
time series averaged over our European box correlates
well with CRU over their overlapping period of 1980–2010
(r = 0.84, significant at 95% confidence), although GPCP
is systematically wetter.

While much focus in the literature has been placed on
the NAO teleconnections and associated precipitation, and
also on the East Atlantic (EA) pattern to a lesser extent, not
much focus has been placed on subsequent modes of vari-
ability. Therefore, we have chosen our region such that it
has a weak projection onto the NAO and the EA precipi-
tation. There is no significant trend in our CRU European
precipitation in Figure 1a, so we do not detrend the precip-
itation data. The precipitation is more concentrated in the
southern flank of our box (Figure 1b). It also shows that
our European precipitation index is positively correlated
with precipitation over the Iberian Peninsula, the UK,
southern Sweden and western Russia, but anti-correlated
with precipitation over Norway and southern Greenland.
The above links still hold qualitatively with the twenty
driest and twenty wettest seasonal composites, suggesting
the precipitation and circulation show qualitative linear-
ity. Instead of just focusing on the European precipitation
events, we investigate both wet and dry seasons together.

To relate our European precipitation to the preferred
patterns of large-scale atmospheric dynamics, we per-
form empirical orthogonal function (EOF) analysis (Han-
nachi et al., 2007) on the ERA-20C 500 hPa geopotential
height (Z500) over the North Atlantic–European region
(90◦W–90◦E, 20◦N–90◦N). EOF1 is the NAO and EOF2
is the EA. Our northwestern European box precipitation
time series correlates with NAO+ at−0.44 and with EA+ at
0.20, both significant at 95% confidence, suggesting these
EOFs capture some but not the majority of the variability.

Figure 1c shows the 500 hPa geopotential height
regressed onto the standardized European precipitation
time series, for the period 1902 to 2010. It is suggestive
of an extratropical wave linking areas of statistical signif-
icance, for example the higher heights over northeastern
North America, lower heights over the UK, higher heights
over western Asia and lower heights over eastern Asia.
There are also significant anomalies in the Subtropics,
with lower heights over southeastern North America and
higher heights over northwestern Africa.

We also investigate the more recent period up to
2018. Since ERA-20C only spans the period 1902 to
2010, we make use of the NCEP2 dataset. The 500 hPa

height regression using GPCP precipitation and NCEP2
heights for 1980 to 2018 shows similar anomalies across
North America, the UK, western Asia and north Africa
(Figure 1d), but the significance is less robust for this more
recent shorter period. The 250 hPa height regression shows
an equivalent barotropic structure (Figure 1e). For the rest
of our study, we focus on the overlapping period of 1980 to
2010 from Figure 1a.

Figure 2a shows the NCEP2 250 hPa heights regressed
onto the standardized European region CRU precipita-
tion time series from 1980 to 2010. It is very similar to
the ERA-20C 500 hPa height regression in Figure 1c from
1902 to 2010. The zonal wind shows an extension in the
North Atlantic jet exit and a poleward shift in the Asian
jet entrance (Figure 2b). This reflects the aforementioned
partial correlation with the NAO. Figure 2c shows the
250 hPa RWS regression, calculated from the horizontal
winds. There are statistically significant RWS anomalies
in the tropical Atlantic below 15◦N. Wet and dry compos-
ites for both Z250 and RWS show qualitative linearity of
these anomalies. Although the RWS has a quadratic form,
Hardiman et al. (2019) also showed linearity in the RWS,
to different ENSO strengths.

Figure 2d shows the GPCP precipitation regression. In
the tropical Atlantic, the Intertropical Convergence Zone
(ITCZ) shifts southward when European precipitation is
high. The reduced precipitation just north of the Equator
is also observed on land in northeastern South America in
the longer period of 1902 to 2010 in Figure 1. The relation-
ship between the increased precipitation in the tropical
Atlantic just south of the Equator and the positive region of
RWS along 15◦N from 60◦W to 30◦W in Figure 2c has also
been reported in a seasonal forecast model study (Scaife
et al., 2017b, their figure 7d). The tropical Pacific ITCZ
also strengthens when European precipitation is high.
Since different precipitation datasets may show inconsis-
tent estimates (Sun et al., 2018), we repeat the precipitation
regression in Figure 2d using another satellite-related pre-
cipitation product – the Climate Prediction Center (CPC)
Merged Analysis of Precipitation (CMAP; Xie and Arkin,
1997) – as well as another global gauge-based product
from the Global Precipitation Climatology Centre (GPCC;
Schneider et al., 2016). The southward shift of the trop-
ical Atlantic ITCZ and the strengthening of the tropical
Pacific ITCZ are also seen in CMAP, and the reduced pre-
cipitation on land in northeastern South America is also
seen in both CMAP and GPCC (not shown). Related to the
reduced precipitation just north of the Equator in the trop-
ical Atlantic, upon closer inspection the Sahel also shows
a slight reduction in precipitation. The Sahel has been
linked to sea surface temperatures (SSTs) in the equatorial
Atlantic (Folland et al., 1986). Figure 2e shows higher SSTs
in the equatorial Atlantic and lower SSTs further north,
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F I G U R E 3 Barotropic model responses to observed forcings. 250 hPa geopotential height responses (m) from barotropic experiments,
using (a, b) the observed Rossby wave source and (c, d) the observed Rossby wave source where the sign agrees with the linearly combined
patches. Forcings up to 15◦N are used in (a, c), and up to 30◦N in (b, d)

consistent with Lamb (1978) who showed that a dry Sahel
is associated with tropical Atlantic SST maximum locating
south of its average position.

Figure 2f shows the vertically integrated heating, with
a similar pattern in the Tropics to the GPCP precipitation
because precipitation dominates the atmospheric heating
in the Tropics. The precipitation of around 0.4 mm⋅day−1

in the tropical Atlantic in Figure 2d corresponds to around
10 W⋅m−2 of heating in Figure 2f.

To summarize, we have identified a large-scale wave
pattern associated with seasonal European precipitation
events, which is qualitatively linear with respect to the
dry and wet events. We have also identified anomalous
tropical precipitation via a southward shift in the tropi-
cal Atlantic, and to a smaller extent a strengthening in
the tropical eastern Pacific. There are also statistically sig-
nificant RWS anomalies in the tropical Atlantic. In the
following sections, we drive waves from the Tropics in a
barotropic and a baroclinic model, as well as using ray
tracing, to investigate this teleconnection.

4 BAROTROPIC MODEL
EXPERIMENTS

4.1 Global forcing

We force the barotropic model using the observed
RWS anomalies isolated over the Tropics and the Sub-
tropics from Figure 2c. Forcing with the 15◦S–15◦N
observed RWS produces a very weak extratropical response
(Figure 3a), while forcing over 30◦S–30◦N produces a
stronger response (Figure 3b). However, both responses
match poorly to the observed heights in Figure 2a. One
possible reason is that the observed RWS is noisy. There-
fore, simply forcing the model with all the observed RWS
cannot reproduce the observations.

Next, we match the 250 hPa heights response of each of
our patch experiments to the observed 250 hPa heights. For
each of our 544 patch experiments (Section 2.1), we calcu-
late a weighting by taking the dot product in the Extratrop-
ics between the 250 hPa response from each patch forcing
and the observation, and standardize by dividing by the
dot product of the observed pattern with itself. We then
use this weighting to linearly combine all the patch exper-
iments, to get the best-match response to the observed
pattern achievable by the barotropic model, and the associ-
ated forcings needed to generate this best match. The met-
ric for deciding the best match is therefore by maximising
the area-weighted projection.

The linear combination of the patch experiments
response (Figure 4a) is able to match the observations
(Figure 2a) well, with lower heights over the UK, higher
heights over western Russia, lower heights south of the
Aleutian Islands and higher heights over the Hudson
Bay. The residual shows a zonal pattern over southern
and northern Europe (Figure 4b) which the patch experi-
ments cannot capture. This north–south height difference
partly projects onto the NAO, which is consistent with the
aforementioned partial temporal correlation between our
European precipitation and the NAO index. The NAO is
well-known to be forced by extratropical eddy activity, and
thus is not expected to be captured by the Rossby wave
mechanism in the patch experiments.

Forcings that can generate the best match
to the observed heights in this model show a
northwest–southeast tilted banded structure over the
Tropics and the Subtropics (Figure 4c), with strongest
signals in the eastern Pacific and the Atlantic. This tilt is
consistent with the phase tilt of Rossby waves propagat-
ing northeastward from the Tropics into the Extratropics.
To identify potential forcing regions that are consistent
between the observed RWS and the model, we compare
the linearly combined patches (Figure 4c) to the observed
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F I G U R E 4 Barotropic model patch method results. (a) Best match in 250 hPa geopotential height (m) from the barotropic model patch
experiments to the observation. Black lines indicate the patch forcings region. (b) Observed 250 hPa heights minus (a) (m). (c) Linearly
combined Rossby wave source from patch experiments (s−2). (d) Regions of observed Rossby wave source that are the same sign as the
linearly combined patches (s−2). Regions where the signs do not agree are set to zero and are dotted. (e) Standardized weightings of each
patch experiment. (f) is as (d), but with a weighting threshold applied to filter out small weightings

RWS (Figure 2c) to isolate regions where both agree in the
sign of the RWS.

There are some similarities between the observed
RWS and the linearly combined patches (red and blue in
Figure 4d). However, there are also many regions where
the observed RWS is of the opposite sign to the linearly
combined patches (black dots in Figure 4d). While this
means that in these many regions the observed RWS gen-
erates a response in the model with a negative projection
onto the observed wave, many of these projections are only
very weakly negative. Figure 4e shows the standardized
weighting of each patch experiment, which is similar to
the linearly combined patch RWS in Figure 4c. To focus
on regions where the standardized weighting is large,
we apply a weighting threshold in Figure 4d to produce
Figure 4f. As the maximum absolute value of the weight-
ings in Figure 4e is around 2, we can choose any threshold
less than 2 in absolute value and define large weightings as
having an absolute value above this threshold, and define a
weighting as small otherwise. Figure 4f shows results with
a threshold of 0.6 chosen, which is around one-third of
the maximum weighting. The red and blue regions show
the observed RWSs that agree in sign with the linearly
combined patches and with large weightings, the black
dotted regions show the observed RWS that do not agree

in sign with the linearly combined patches and with large
weightings, and the white regions show the remaining
small weightings with the observed RWS either agreeing
or disagreeing in sign with the linearly combined patches.
The main results are also not too sensitive to choosing a
more loose threshold of 0.5 or a more strict threshold of 0.7
(not shown).

Compared to the original in Figure 4d, a lot of the
black dotted regions have been filtered out. As the thresh-
old is applied as an absolute value to act on both positive
and negative weightings, some of the red and blue regions
in Figure 4d are also filtered out. Still, there are several
large regions remaining in Figure 4f where the observed
RWSs have the same sign as the patches. In the Trop-
ics up to 15◦N, these include the positive source in the
tropical western Atlantic and the negative source in the
tropical eastern Atlantic. In the Subtropics above 15◦N,
these include the positive source in the subtropical eastern
Pacific over the Gulf of California and the negative source
in the subtropical eastern Atlantic.

Next, we force the model with the RWS in Figure 4f
where we have set the RWS to zero over regions where the
sign of the observed RWS disagrees with the sign of the
linearly combined patches (the black dots). The responses
from forcing with 15◦S–15◦N and 30◦S–30◦N in Figure 4f
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are shown in Figures 3c,d respectively. By construction,
the response from each RWS in Figure 4c has a reason-
able projection onto the observed heights, therefore each
RWS in Figure 4c gives a response more or less similar
to Figure 4a. As the RWSs in Figure 4f are a subset of
the RWSs in Figure 4c, it is not too surprising that the
response from Figure 4f (as shown in Figure 3c,d) resem-
bles the response from Figure 4c (as shown in Figure 4a).
Compared with the responses using all the observed RWSs
as forcings (Figure 3a,b), the responses in Figures 3(c,d)
using the RWSs from Figure 4f match the observed heights
quite well.

Finally, we discuss the large regions in the tropical east-
ern Pacific and tropical Atlantic where the observed RWS
has an opposite sign to the linearly combined patches,
and which also produces heights with strong negative
projections onto the observed heights (black dots in
Figure 4f). A possible reason is that some of these observed
anomalies are consequences of the large-scale circulation
anomalies, which could be coming from the Walker cir-
culations or from the extratropical waves. The extratrop-
ical waves can generate anomalous vorticities and diver-
gent winds, which can propagate back into the Tropics
and affect the observed tropical RWS nonlinearly. A sec-
ond possibility is that the observed RWS is obtained from
regression, which does not imply causality. Other atmo-
spheric processes that are correlated with our European
precipitation time series are captured in the regression,
which may just be noise. In the baroclinic model section,
we will investigate the association of the RWS with tropi-
cal heating. However, further investigations into whether
some of the observed RWSs are feedbacks or are noise are
beyond our study.

4.2 Individual patches

To further investigate the importance of the tropical and
subtropical RWSs in the Atlantic and the Pacific, Figure 5
shows the responses from individual RWS patches selected
from Figure 4f where the observed RWS and the lin-
early combined patches are consistent. The four idealised
patches include the tropical western Atlantic, the tropical
eastern Atlantic, the subtropical eastern Atlantic and the
subtropical eastern Pacific. The amplitudes are chosen to
match the observed amplitudes in Figure 4f. For example,
area-averaging over the 2D cosine-squared patch in the
tropical western Atlantic gives an average amplitude of
2× 10−11 s−2, which matches the observation.

Figure 5a shows a wave emanating from the patch in
the tropical western Atlantic, crossing the North Atlantic

into Europe and Scandinavia. Although this response cap-
tures the lower heights over our European box, it does not
capture the higher heights downstream in western Rus-
sia or upstream in Baffin Bay. Figure 5b shows a wave
emanating from the patch in the tropical eastern Atlantic.
It crosses the Mediterranean Sea into western Russia. In
addition to capturing the lower heights over Europe, this
response captures the downstream higher heights over
western Russia. Combining both patches (Figure 5e) gives
a pattern more similar to the observation than from each
patch individually. This suggests that, when consider-
ing RWSs below 15◦N, these two patches in the tropical
Atlantic can together contribute to the observed pattern
over Europe and western Russia. There is another region of
large-amplitude RWS in the subtropical eastern Atlantic.
The response from this patch (Figure 5c) is similar to that
of the previous two patches within 15◦N. This suggests that
this patch at higher latitude can reinforce the response of
the patches at lower latitude in the tropical Atlantic, even if
it is a secondary source stimulated by the tropical sources.

In the subtropical eastern Pacific, Figure 5d shows
a wave propagating from the Gulf of California across
North America into the North Atlantic but this makes
only a small contribution. It captures the lower heights
over Europe and the higher heights in northwestern Rus-
sia and northern Canada. This response is weaker than
the combined responses from the three Atlantic forcings
in Figure 5f which reproduces most of the observed pat-
tern and amplitude. It resembles Figure 3d and shows
that our Atlantic patches already capture most of the
important same-sign RWSs in Figure 4f. The response
of lower heights over the UK also has an amplitude
which matches closely that of the observation. To summa-
rize, RWS anomalies in the tropical Atlantic (lower than
15◦N) can trigger the observed extratropical wave. Anoma-
lies in the subtropical Atlantic (between 15◦N and 30◦N)
can enhance the wave, and the subtropical Pacific RWS
anomaly appears to make a small additional contribu-
tion (Figure 5g). However, some of these subtropical RWS
anomalies are likely to be part of the wave itself.

As the observed pattern is quite zonal, we analyze
the contribution from each zonal wavenumber (k) of its
decomposition. Also, Fourier decomposition allows us to
compare with the ray tracing results later, which are per-
formed for each wavenumber separately. Figure 6 shows
the k2 and k3 components of the observed pattern, and
of the barotropic model responses to individual patches
from Figure 5. Only k2 and k3 are shown because these are
found to be the dominant components in midlatitudes, in
agreement with Scaife et al. (2017b).

The barotropic model with patches in the tropical
western Atlantic (Figure 6c,d) and the subtropical east-
ern Atlantic (Figure 6g,h) produce very similar k2 and k3
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F I G U R E 5 Barotropic model responses from selected individual RWS patches. Colour shading shows the 250 hPa geopotential height
response (m) from the barotropic experiment, using patches in (a) tropical western Atlantic with amplitude 8×10−11 s−2, (b) tropical eastern
Atlantic with amplitude −8 × 10−11 s−2, (c) subtropical eastern Atlantic with amplitude −16 × 10−11 s−2, (d) subtropical eastern Pacific with
amplitude 8×10−11 s−2. (e) shows the sum of (a, b), (f) the sum of (a, b, c), and (g) the sum of (a, b, c, d). Vorticity forcings are shown as solid
contours at ±2 × 10−11 s−2, with positive in red and negative in blue

patterns to those observed. While the k2 and k3 waves pro-
duced by the tropical eastern Atlantic patch (Figures 6e,f)
are more different from the observed, this is consistent
with the earlier finding that the tropical eastern Atlantic
patch should not be considered alone, but when combined
with the tropical western Atlantic patch gives a response
(Figure 5e) more similar to the observation than from each
patch individually. Finally, while the subtropical eastern
Pacific patch produces a k2 wave (Figure 6i) that is similar
to the observed, it produces a k3 wave (Figure 6j) with a
phase more different from the observed. To summarize,
barotropic experiments suggest regions – mainly in the
tropical and subtropical Atlantic, and to a lesser extent
the subtropical Pacific – force Rossby waves that can con-
tribute to European precipitation events, and the k2 and
k3 components seem particularly important. This indi-
cates potential for forcing from these regions in both the
barotropic model and in the observations, even though
the model is also sensitive to forcing in other regions.

5 RAY TRACING

To further investigate these teleconnections as Rossby
waves, we perform ray tracing for the four forcing locations

from the barotropic model section. Rays traced from
the tropical western Atlantic (Figure 7a,b) can propagate
across Europe for both k2 and k3, although the propaga-
tion is less robust for the k2 ensemble. Rays traced from
the tropical eastern Atlantic can propagate across Europe
robustly for k2 (Figure 7c). Rays traced from the subtropi-
cal eastern Atlantic can propagate across Europe robustly
for both k2 and k3 (Figure 7e,f). These are in agreement
with the barotropic model k2 and k3 responses resembling
the observations, and suggest that the observed pattern can
be explained by stationary long-wavelength Rossby waves
forced from these regions.

The k3 ray traced from the tropical eastern Atlantic
cannot propagate across Europe (Figure 7d), and this
result is robust across all starting locations. This may
be consistent with the aforementioned phase difference
in the barotropic k3 response compared to the observed,
and suggests that k3 wave propagation from this region
cannot robustly propagate. Finally, all rays traced from
the subtropical eastern Pacific do not reach Europe
(Figure 7g,h), suggesting that the Pacific forcing telecon-
nection to Europe is not as important as the Atlantic
forcings, again consistent with our barotropic model exper-
iments which emphasize the role of the tropical Atlantic.
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F I G U R E 6 Fourier analysis of the barotropic model responses from selected Rossby wave source patches. Colour shadings show the
zonal wavenumbers 2 and 3 components of 250 hPa geopotential height (m), of (a, b) the observed pattern, and barotropic model responses to
patches at (c, d) tropical western Atlantic, (e, f) tropical eastern Atlantic (g, h) subtropical eastern Atlantic and (i, j) subtropical eastern
Pacific. Vorticity forcings are shown as solid contour at ±2 × 10−11 s−2, with positive in red and negative in blue. Note the different colour
scales for observation and model

6 BAROCLINIC MODEL
EXPERIMENTS

In this section, we present baroclinic model responses
to tropical heating. Following from our conclusion with
the barotropic model, we first focus on the tropical Atlantic
as a potential atmospheric driver of European precipita-
tion events. From the heating coincidental with the Euro-
pean precipitation events (Figure 2f), we start by isolating
the region of cooling in the tropical Atlantic just north
of the Equator associated with reduced precipitation, to
match the prominent region in the observed forcing. We
use the radiative–convective equilibrium approximation
to convert the cooling amplitude from around –20 W⋅m−2

in the observation to –0.17 K⋅day−1 in the model. How-
ever, the height response to this cooling is about ten
times weaker than observed. This may be because we have
only included one small region of forcing. There are also

horizontal differences between the total observed forc-
ing and our single idealised forcing. We therefore present
results where the model cooling is ten times stronger
than the observed cooling. Figure 8a shows the response
in 250 hPa geopotential height to this idealised ellipti-
cal cooling in the model. A wave propagates into the
North Atlantic and shows some similarity to that observed,
with reduced height near the UK, increased height near
northwestern Russia, reduced height near the south of
the Aleutian Islands and increased height near northern
North America. However, it is far from an exact match,
with especially the wave response in the subtropical and
central North Atlantic is not seen in the observation. Still,
this idealised tropical Atlantic forcing experiment already
shows promising results.

Whereas the RWS in the barotropic model is specified,
the baroclinic model generates the RWS from the cool-
ing. Figure 8b shows the RWS response calculated from



LI et al. 11

F I G U R E 7 Ray tracing from the Atlantic and the Pacific. Ray tracing on 250 hPa climatological winds for zonal wavenumbers
(a, c, e, g) 2 and (b, d, f, h) 3, initiated from (a, b) tropical western Atlantic, (c, d) tropical eastern Atlantic, (e, f) subtropical eastern Atlantic
and (g, h) subtropical eastern Pacific. For each wavenumber traced, the corresponding stationary wavenumber contour is in black. Each
ensemble ray is in red, and black circles are superimposed daily on the central ray

the zonal and meridional wind responses. A meridionally
banded structure in RWS between 60◦W and 30◦W, with
positive source along 15◦N and negative source along
7◦N, is prominent in the tropical Atlantic. This dipole
agrees well with the observed RWS dipole in this region

in Figure 2c. In addition, the two same-sign forcing
regions in the tropical Atlantic from the barotropic model
patch experiment (Figure 4f) are also included in this
dipole, namely the positive source in the tropical western
Atlantic and the negative source in the tropical eastern
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F I G U R E 8 Baroclinic model responses to selected tropical cooling and heating. Colour shadings show the baroclinic experiment
responses in 250 hPa (a, c) geopotential height (m) and (b, d) Rossby wave source (s−2). Solid contours show the tropical forcing, with red for
heating and blue for cooling

Atlantic. When looking at the individual patches in the
barotropic experiments, we have shown that combining
both of these sources together give a more similar wave
pattern (Figure 5e) to the observed than from each source
individually (Figures 5a,b). This agrees with our baro-
clinic model result, which suggests that both of these
sources are generated together from the same region of
cooling.

The RWS shows some small-scale ripple-like struc-
tures, for example near 30◦N, 90◦E. We suspect these to
be associated with the nearby orographic features, namely
the Himalayas in northern India. These RWS ripples seen
in our responses could be artefacts of our model, since we
have applied a very strong constraint on the inverse initial
tendency. However, these should not affect our RWS con-
clusions in the baroclinic experiments, which are far away
from high orography.

We also perform an experiment using the region of
heating just south of the Equator. As this heating is close
to the previous region of cooling and is opposite in sign,
the response is a similar wave but with the opposite sign
(not shown). However, the two waves do not cancel out
completely, especially the low over the UK and Iceland,
because the region of heating is narrower meridionally
and also has a weaker amplitude on average spatially. To
summarize, results from the idealised cooling in the trop-
ical Atlantic agree with some of the main regions of RWS
in the tropical Atlantic from observations and from the
barotropic model patch experiment.

Next, we look into the Subtropics. The same-sign forc-
ing region identified in the subtropical eastern Atlantic
near 30◦W, 30◦N in Figure 4f is not present in the baro-
clinic model RWS, although there is a similarly negative
RWS just to the southwest of this region. A possible rea-
son is that this observed negative region is a consequence

of the wave itself, since it is in the Subtropics and close to
the Extratropics.

In the Pacific, there is another prominent region of
subtropical RWS in the Gulf of California in Figure 4f,
and Figure 2d shows a strengthened ITCZ in the tropi-
cal eastern Pacific. When heating is applied in this region,
the geopotential height response (Figure 8c) matches
partly with the observation over the UK and western
Russia. In the vicinity of the heating, positive RWS
is generated over the Gulf of California (Figure 8d),
which matches with both the observation and with
the result from the same-sign barotropic model patch
experiments. Therefore this suggests that, in addition
to the cooling in the tropical Atlantic, heating anoma-
lies in the tropical eastern Pacific may also contribute
to the observed pattern during European precipitation
events, but the contribution to the lower heights near
the UK is weaker from the Pacific than from the
Atlantic.

7 CONCLUSIONS
AND DISCUSSION

From observations, we have identified a wave-like pattern
associated with seasonal northwestern European precip-
itation events. It shows qualitative linearity with respect
to the dry and wet events. It is associated with tropical
precipitation anomalies, which prompted us to investi-
gate if there is a tropical–extratropical teleconnection. Our
barotropic model patch experiments isolate several regions
of the observed Rossby wave source, some of which are also
statistically significant, which can force a wave similar to
that observed. These regions include the tropical western
and eastern Atlantic, the subtropical eastern Atlantic and,
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to a smaller degree, the subtropical eastern Pacific. Zonal
wavenumber 2 and 3 components of the barotropic model
responses match well with observations and ray tracing
also supports the importance of these components.

Following up on these source regions, baroclinic model
experiments show that the observed cooling associated
with reduced precipitation in the tropical Atlantic can gen-
erate some of the observed Rossby wave sources in the
tropical Atlantic. The observed heating associated with
increased precipitation in the tropical eastern Pacific can
generate the observed Rossby wave source at the Gulf of
California. There may be a link between the simultane-
ous reduced precipitation in the tropical Atlantic and the
increased precipitation in the tropical eastern Pacific, as
shown by the regression coefficients of opposite signs in
both regions in the observed precipitation (Figure 2d).

While Scaife et al. (2019) found significant inter-basin
precipitation connections in observations to be due to
ENSO, the correlation between our European precipita-
tion time series and the ENSO index is only 0.18 and is
insignificant at 95% confidence, indicating ENSO has little
association with our events. Instead, our tropical precip-
itation anomalies resemble more those associated with
the NAO (not shown), consistent with the NAO index
correlating at –0.44 with our European precipitation time
series. Closer analysis of individual years reveals that
about 60% of our European wet and dry events were signif-
icantly influenced by our tropical precipitation anomalies.
While our results show more connection to the NAO than
to ENSO, the NAO cannot capture the majority of the
variability. Occasional strong ENSO events can also lead
to European wet and dry events through forcings and
mechanisms which are different from ours.

Dunstone et al. (2018) studied the 2016–2017 win-
ter, which was one of the driest on record for Europe
(Figure 1a). They found results for this dry year very
similar to our European dry events. Not only were the
heights similar in the North Atlantic–European region,
they also found a dipole in tropical precipitation over the
equatorial Atlantic indicating a northward shift of the
ITCZ (Dunstone et al., 2018, their figure 5e). The RWS also
showed a dipole structure in the tropical Atlantic, with
negative anomalies near 15◦N and positive anomalies just
south of it (Dunstone et al., 2018, their figure 5f). They also
compared 2016–2017 with 1994–1995 where Europe had
its wettest winter (Figure 1a). The 1994–1995 anomalies
in heights, in tropical Atlantic precipitation and in tropi-
cal Atlantic RWSs were opposite in sign to the 2016–2017
winter (Dunstone et al., 2018, their figure 4), and also in
agreement with the results of our wet events. Another
recent wet winter for the UK of 2013–2014 also showed
tropical Atlantic RWS anomalies similar to 1994–1995 and
opposite in sign to 2016–2017 (Knight et al., 2017, their

figure 4). They suggested increased Amazonian precipita-
tion could be a Rossby wave driver for that winter. While
the winter of 2013–2014 does not show significant precip-
itation over our northwestern European box in our recent
GPCP index (Figure 1a), our longer CRU index shows
increased Amazonian precipitation (Figure 1b), although
not statistically significant.

Rossby wave propagation is affected by both the forc-
ing and the basic state on which it propagates. So far, we
have looked only at the effect of anomalous tropical forc-
ings. However, the basic state is also important because
the zonal winds affect the waveguides (Hoskins and
Karoly, 1981). Associated with our European precipitation
events is a North Atlantic jet shift (Figure 2b). However,
we find only subtle differences in the waveguides and the
rays traced, when including the regressed wind anomalies
in the basic state (not shown). We therefore conclude that
the basic state anomalies are less important than the tropi-
cal forcing anomalies during these European precipitation
events.

Finally, while we have focused on the tropical forcing,
extratropical forcing may also play a role in the extratropi-
cal Rossby wave during our European precipitation events.
Using a model that can treat thermal forcing and transient
eddy forcing separately, Jung et al. (2017) showed that tem-
perature anomalies in the western North Atlantic Ocean
alter the transient eddy vorticity flux, which then acts as a
source for a Rossby wave propagating to the Barents–Kara
Seas. In this study, we have not investigated any possible
contributions from the large baroclinic eddy activities in
the North Atlantic.

To conclude, we have identified potential forcing
regions in the Tropics during northwestern European pre-
cipitation events, which are consistent between the obser-
vation and our models. We suggest that reduced precip-
itation in the tropical Atlantic, and to a smaller degree
increased precipitation in the tropical eastern Pacific, can
drive Rossby waves into the North Atlantic and contribute
to the dynamics observed in these European precipitation
events. Our results may also be applied to European
drought events, because of the qualitative linearity in the
observations and in our linear methods. Our idealised
models have proved useful for testing potential mecha-
nisms, but further work is needed to investigate the role of
these forcing regions in more complex models, including
those with interactive ocean and land components.
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