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Abstract Supraglacial lakes have been observed to drain within hours of each other, leading to the
hypothesis that stress transmission following one drainage may be sufficient to induce hydro‐fracture‐driven
drainages of other nearby lakes. However, available observations characterizing drainage‐induced stress
perturbations have been insufficient to evaluate this hypothesis. Here, we use ice‐sheet surface‐displacement
observations from a dense global positioning system array deployed in the Greenland Ice Sheet ablation zone to
investigate elastic stress transmission between three neighboring supraglacial lake basins. We find that drainage
of a central lake can place neighboring basins in either tensional or compressional stress relative to their hydro‐
fracture scarp orientations, either promoting or inhibiting hydro‐fracture initiation beneath those lakes. For two
lakes located within our array that drain close in time, we identify tensional surface stresses caused by ice‐sheet
uplift due to basal‐cavity opening as the physical explanation for these lakes' temporally clustered hydro‐
fracture‐driven drainages and frequent triggering behavior. However, lake‐drainage‐induced stresses in the up‐
flowline direction remain low beyond the margins of the drained lakes. This short stress‐coupling length scale is
consistent with idealized lake‐drainage scenarios for a range of lake volumes and ice‐sheet thicknesses. Thus, on
elastic timescales, our observations and idealized‐model results support a stress‐transmission hypothesis for
inducing hydro‐fracture‐driven drainage of lakes located within the region of basal cavity opening produced by
the initial drainage, but refute this hypothesis for distal lakes.

Plain Language Summary Mass loss from the Greenland Ice Sheet is accelerating, partly due to
increasing rates of ice flow to the ocean. Ongoing increases in ice‐sheet surface melting play a complex role in
this process: meltwater flows down through conduits and fractures to the ice‐sheet bed, lubricates the ice‐bed
interface, and modulates ice‐flow speeds on hourly to decadal timescales. Drainage of supraglacial lakes via
hydro‐fracture—water‐driven fracture propagation—produces the highest rates of meltwater flux to the ice‐
sheet bed. The geographical range of lakes on the ice sheet has expanded in recent decades, but not all
supraglacial lakes drain by hydro‐fracture: whether a hydro‐fracture‐driven drainage occurs in any particular
lake basin is controlled by the ice‐sheet stress state. Here, we investigate whether one lake drainage can generate
stress changes in neighboring lake basins that trigger hydro‐fracture initiation. We find that the drainage of one
lake does lead to tensional stresses that promote hydro‐fracture initiation in a neighboring lake basin, but also
that this initial lake drainage leads to a more compressive stress state that inhibits hydro‐fracture initiation in a
different neighboring lake basin.

1. Introduction
The inland migration of surface melt observed across the Greenland Ice Sheet over recent decades is unprece-
dented in the observational era, and controls on whether emerging surface meltwater can access the bed locally are
not fully understood (Culberg et al., 2021; MacFerrin et al., 2019). Although observational evidence (Chudley
et al., 2019; Das et al., 2008; Doyle et al., 2013; Stevens et al., 2015; Tedesco et al., 2013) and theoretical work
(Alley et al., 2005; Krawczynski et al., 2009; van der Veen, 2007) support the ability of water stored in supra-
glacial lakes to hydro‐fracture to the bed through thick ice, the likelihood of lake drainage via hydro‐fracture at
any particular location is controlled by the near‐surface stress state rather than by water volume alone (Stevens
et al., 2015). It has been hypothesized that an inland migration of surface melt that can access the bed could
destabilize significant regions of the ice sheet (Alley et al., 2005; Leeson et al., 2015); however, it is currently
unclear how vulnerable inland ice is to hydro‐fracture. The vulnerability of the inland ice‐sheet to increases in

RESEARCH ARTICLE
10.1029/2023JF007481

Key Points:
• Drainage of one lake can place

neighboring basins in tensional or
compressional stress, promoting or
inhibiting hydro‐fracture initiation

• Tensional surface stresses are
predominantly caused by basal cavity
opening, with smaller contributions
from basal slip

• The first‐order control on elastic stress‐
coupling length scales is the region of
the bed over which basal cavity open-
ing occurs

Supporting Information:
Supporting Information may be found in
the online version of this article.

Correspondence to:
L. A. Stevens,
laura.stevens@earth.ox.ac.uk

Citation:
Stevens, L. A., Das, S. B., Behn, M. D.,
McGuire, J. J., Lai, C.‐Y., Joughin, I., et al.
(2024). Elastic stress coupling between
supraglacial lakes. Journal of Geophysical
Research: Earth Surface, 129,
e2023JF007481. https://doi.org/10.1029/
2023JF007481

Received 6 OCT 2023
Accepted 22 APR 2024

Author Contributions:
Conceptualization: Laura A. Stevens,
Sarah B. Das, Mark D. Behn, Jeffrey
J. McGuire, Ching‐Yao Lai, Ian Joughin,
Meredith Nettles
Data curation: Laura A. Stevens, Sarah
B. Das, Mark D. Behn, Ian Joughin
Formal analysis: Laura A. Stevens,
Ching‐Yao Lai, Stacy Larochelle
Funding acquisition: Laura A. Stevens,
Sarah B. Das, Mark D. Behn, Ching‐
Yao Lai, Ian Joughin, Meredith Nettles
Investigation: Laura A. Stevens, Sarah
B. Das, Mark D. Behn, Ching‐Yao Lai,
Ian Joughin, Stacy Larochelle
Methodology: Laura A. Stevens, Sarah
B. Das, Mark D. Behn, Jeffrey J. McGuire,

© 2024. The Authors.
This is an open access article under the
terms of the Creative Commons
Attribution License, which permits use,
distribution and reproduction in any
medium, provided the original work is
properly cited.

STEVENS ET AL. 1 of 25

https://orcid.org/0000-0003-0480-8018
https://orcid.org/0000-0003-1410-628X
https://orcid.org/0000-0002-2001-1335
https://orcid.org/0000-0001-9235-2166
https://orcid.org/0000-0002-6552-7546
https://orcid.org/0000-0001-6229-679X
https://orcid.org/0000-0001-6161-5605
https://orcid.org/0000-0003-4613-4162
mailto:laura.stevens@earth.ox.ac.uk
https://doi.org/10.1029/2023JF007481
https://doi.org/10.1029/2023JF007481
http://creativecommons.org/licenses/by/4.0/
http://creativecommons.org/licenses/by/4.0/
http://crossmark.crossref.org/dialog/?doi=10.1029%2F2023JF007481&domain=pdf&date_stamp=2024-05-10


surface‐meltwater‐induced sliding depends, in part, on the ability of surface‐to‐bed meltwater pathways to
develop in regions of nascent lake formation (Hoffman et al., 2018; Poinar et al., 2015).

One method for determining whether fractures can initiate and propagate to the ice‐sheet bed beneath lakes is to
calculate where ice‐sheet tensile stresses and water pressures within fractures exceed the lithostatic stress and
fracture toughness of ice (van der Veen, 1998, 2007; Weertman, 1973). Nearly all Greenland supraglacial lakes
have sufficient water to keep a full‐thickness fracture filled with water (Krawczynski et al., 2009). However,
attempts to observe strain rates that could be used to estimate whether stresses within lake basins are sufficient to
initiate fracture have proven unsuccessful on a regional scale, owing to insufficient temporal sampling and the low
signal‐to‐noise ratio of satellite‐based velocity products (Poinar & Andrews, 2021).

Christoffersen et al. (2018) have hypothesized that the inland migration of surface‐to‐bed pathways can occur via
stress coupling between low‐ and high‐elevation lake basins over very large distances (∼80 km) during
“cascading lake drainage” events, where “many lakes drain collectively in a chain reaction.” They rely on a
catalog of remotely sensed lake‐drainage dates (Fitzpatrick et al., 2014), implicitly assuming that all lake
drainages in the catalog occur by hydrofractures. However, the remotely sensed observations lack the spatio-
temporal resolution required to determine whether the lake‐drainage events in question occur via a basin overspill
(e.g., Tedesco et al., 2013) or a hydro‐fracture (e.g., Das et al., 2008). Other studies show that 72%–86% of lakes
in southwest Greenland are observed to drain over durations that are too long (≥2 days) to occur via hydro‐
fracture (Fitzpatrick et al., 2014; Selmes et al., 2011).

Although drainage by overspill occurs when lake water height breaches the local lake‐basin elevation (Tedesco
et al., 2013), drainage by hydro‐fracture requires a change in ice‐sheet stress to initiate hydro‐fracture and
subsequent lake drainage (Stevens et al., 2015). Two leading mechanisms in which the drainage of one lake may
promote or inhibit another lake to drain via hydro‐fracture are: (a) ice‐sheet deformation and basal slip directly
associated with the initial lake drainage generates a change in ice‐sheet stress within a different lake basin, and (b)
hydraulic and bed‐traction changes along the ice‐sheet basal boundary, caused by evolving subglacial hydrologic
conditions following the initial drainage, generate a change in ice‐sheet stress within a different lake basin
(Andrews et al., 2018; Christofferson et al., 2018; Hoffman et al., 2018; Poinar & Andrews, 2021). Both of these
mechanisms act over elastic and viscous timescales of glacial‐ice deformation (Lai et al., 2021; Pimentel &
Flowers, 2011).

Here, we use a case study of adjacent lakes on the western margin of the Greenland Ice Sheet at an elevation of
∼1,000 m above sea level to test the first mechanism. These lakes are known from previous in situ observations to
drain via hydro‐fracture close in time (Das et al., 2008; Stevens et al., 2015). We observationally constrain elastic
ice‐sheet stresses in the three neighboring lake basins to investigate the likelihood that stress coupling during the
rapid drainage of a central lake could initiate the drainage of neighboring lakes via hydro‐fracture. Ice‐sheet
deformation is observed using an array of global positioning system (GPS) stations that operated during
2011–2012 surrounding “North Lake” (Das et al., 2008) (Figure 1a). The three lakes we consider will be referred
to as North Lake/L1A (68.72°N, 49.50°W; previously studied by Das et al. (2008), Stevens et al. (2015, 2016,
2018), and Lai et al. (2021)); L1B (68.70°N, 49.53°W); and L1C (68.75°N, 49.51°W) (Figures 1c–1f). North
Lake (L1A) is the central lake, which fills and drains annually. The two neighboring lakes, L1B and L1C, drain
together with L1A in some years but not in others. Using the GPS data, we calculate strain rates and derive
estimates of stress change for the three lake basins during two rapid drainages of L1A. Previous in situ efforts
have focused on the drainage dynamics of individual lakes (Chudley et al., 2019; Das et al., 2008; Doyle
et al., 2013; Stevens et al., 2015), but our data provide measurements of sufficient spatial density (1–2 km) and
extent (100 km2) to evaluate drainage dynamics for our population of neighboring lakes, spaced 2–4 km apart. We
consider our results for the 2011 and 2012 drainage events in the context of a 24‐year record of drainage timing
(Figure 1b), and analyze our findings together with idealized lake‐drainage scenarios to provide a physical
explanation for temporally clustered, hydro‐fracture‐driven drainages.

2. Data and Methods
2.1. GPS Data

An array of dual‐frequency Trimble NetR9 GPS receivers (Trimble, Westminster, Colorado) (15 in 2011 and 16 in
2012) surrounding the three neighboring lake basins recorded two melt seasons of ice‐sheet surface displacement,
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including the rapid drainage of North Lake (L1A) on day 169 of 2011 (2011/169) and day 161 of 2012 (2012/161).
In 2012, three additional GPS receivers were deployed up‐ and down‐flow of the central array (Figure 2a). GPS
data were processed as kinematic sites relative to the 30‐s resolution Greenland GPS Network KAGA base station
on bedrock ∼55 km away (Bevis et al., 2012) using the TRACK module (Chen, 1998) of the GAMIT/GLOBK (v.
10.4) software package (Herring et al., 2010). Formal uncertainties for horizontal position estimates are typically
∼0.02 m, for all stations and in both years (Stevens et al., 2015, 2016). The mean flow direction across the GPS
array—calculated as the direction of horizontal velocities averaged over all stations in the two days prior to lake
drainage—is 277° in 2011 (Figure S1a in Supporting Information S1) and 276° in 2012 (Figure 3a).

2.2. Strain Rates From GPS Surface‐Position Estimates

To determine the effect of rapid lake drainage on ice‐sheet surface strain rates at neighboring basins, we calculate
horizontal strain rates ε̇ between GPS stations from the horizontal components of surface‐position estimates. We
calculate horizontal strain rates both along and perpendicular to the ice‐sheet flow direction because field ob-
servations indicate hydro‐fractures can occur striking along or nearly orthogonal to the flow direction (Das
et al., 2008; Doyle et al., 2013). After rotating the horizontal position estimates into the along‐ and across‐flow
directions (e.g., Figures 2b and 2c), we calculate the components of the horizontal strain rate, averaged over the
distance between stations, in two dimensions according to Nye (1957):

ε̇ =

∂u̇x
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2

∂u̇y
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+
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( )
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ε̇yx ε̇yy
[ ], (1)

Figure 1. Neighboring supraglacial lakes on the Greenland Ice Sheet. (a) Supraglacial‐lake maximum extents (blue areas on ice sheet) during 2000–2010 from Yang
et al. (2015). Gray lines show ice‐sheet surface elevation 200‐m contours from BedMachine v3 (Morlighem et al., 2017). Red rectangle shows location of North Lake
region shown in panels (c–f). (b) Timeseries of lake‐drainage dates (symbols: see legend) and drainage‐date uncertainties (thin horizontal bars) for L1A–D compiled
from the Cooley and Christoffersen (2017) catalog from 2000 to 2015, and amended by GPS observations in 2006 and 2011–2013 (Das et al., 2008; Stevens et al., 2015)
and review of Sentinel‐1, Sentinel‐2, Landsat‐7, and Landsat‐8 imagery from 2000 to 2023 (Table S2 in Supporting Information S1). Drainage co‐occurrences within
the error of drainage‐date uncertainties are shown for L1A–L1B (blue arrows), L1A–L1C (gray arrows), and L1A–L1D (green arrows). (c)–(f) Sentinel‐2 images
showing L1A–D before, during, and after the drainage of L1A and L1B in late June, 2020. Final image shows the surface of L1C freezing over in mid‐September, 2020.
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Figure 2. Flowline, across‐flow, and vertical displacements of the GPS array during the 2012 L1A rapid drainage. (a) GPS station locations and ice‐sheet (gray, 100‐m
contours) surface and (colormap) bed elevations from BedMachine v3 (Morlighem et al., 2017); coordinates are relative to a prominent moulin along the L1A hydro‐
fracture (Stevens et al., 2015), with the x‐axis oriented east‐west. Red triangles indicate flowline GPS stations (FL01–FL04, FL06); gray triangles indicate the main GPS
array (NL01–NL13, NLBS). Lake outlines for L1A–C are shown in blue. (b) Flowline, (c) across‐flow, and (d) vertical displacements for main array (gray) and flowline
stations (red). Traces are offset by 0.5 m on the y‐axis. Stations are ordered roughly north to south for the main array and down‐to up‐flow for the flowline array.
Displacements more than 3σ from the mean are identified and removed, with the mean value determined using a moving‐average filter 4 days in width as in Lai
et al. (2021). A period of noisy data at all stations remains at day∼1.8. A station named “FL05” was installed between FL04 and FL06; data from FL05 are not available
on these days.
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Where u̇x and u̇y are the horizontal components of velocity in the along‐ and across‐flow directions, respectively;
ε̇xx is the strain rate in the along‐flow direction; ε̇yy is the strain rate in the across‐flow direction; and, ε̇xy is the
horizontal shear strain rate. Components of ε̇ between station pairs are calculated by differencing 20‐min‐
resolution position and velocity estimates. The 20‐min position estimates for each station are calculated by
smoothing the 30‐s positions (Figures 2b and 2c) with a centered boxcar filter 1‐hr in width and then extracting
positions every 20 min (Andrews et al., 2018). These 20‐min positions are then used to calculate 20‐min velocity
estimates for each station using central differences. Errors in ε̇xx and ε̇yy can be estimated with arithmetic error
propagation through Equation 1 yielding:

δε̇xx = |ε̇xx|

̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅
1

∂u̇2
x

δx2 Tn+1( )
2 + δx2 Tn− 1( )

2 + δx1 Tn+1( )
2 + δx1 Tn− 1( )

2
( ) +

1
∂x2 δx2 Tn+1( ) + δx2 Tn− 1( ) + δx1 Tn+1( ) + δx1 Tn− 1( )( ),

√

(2)

δε̇yy = |ε̇yy|
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,

(3)

where x1 is the position of the first GPS station, x2 is the position of the second GPS station, Tn+1 is the time of the
position estimate 20 min ahead in time, and Tn− 1 is the time of the position estimate 20 min earlier in time. One‐
standard‐deviation errors of the 30‐s horizontal position estimates from TRACK, δx and δy, are consistently near
0.02 m. Strain‐rate errors are on the order of 10− 5 yr− 1 (Figures S3 and S4 in Supporting Information S1).

During lake drainages, observations show changes in the direction of horizontal displacement over distances as
short as 2–3 km (2–3 ice thicknesses) within the GPS array (Figure 2), indicating that strain rates can be variable
over these short distances. Because the intersection of a crevasse and a lake is required for water from a lake to
drive hydro‐fracture (Krawczynski et al., 2009), we present strain rates for station pairs with inter‐station
baselines that cross a single lake. Strain rates for station pairs with inter‐station baselines that bisect two or
more lakes yield an averaged strain rate across those basins, and thus do not accurately resolve strain rates for
individual lakes. An example of this strain‐rate‐averaging effect for inter‐station baselines that bisect two lakes is
provided in Figure S5 of Supporting Information S1.

2.3. Modeled Stresses From Network Inversion Filter (NIF) Deformation Estimates

To determine the effect of rapid lake drainage on ice‐sheet stresses in neighboring basins, we (a) implement the
NIF algorithm (Segall & Matthews, 1997) to estimate the space‐time history of slip and opening along pre‐
defined planes within an isotropic, elastic half‐space (Okada, 1985) that best reproduces GPS observations of
ice‐sheet surface deformation (Stevens et al., 2015), and (b) use these slip and opening estimates to forward model
ice‐sheet englacial stresses, which we evaluate at the ice‐sheet surface (Stevens & Larochelle, 2024). Similar to
the NIF implementation in Stevens et al. (2015), three deformation sources are included within the half‐space: (a)
hydro‐fracture opening (due to water‐driven fracture propagation through the ice sheet), (b) basal cavity opening
(due to the rapid injection of meltwater at the ice‐bed interface), and (c) extra basal slip above the background rate
(due to enhanced basal lubrication) (Figure 3b–3d).

To estimate mode‐I hydro‐fracture opening, we define a vertical plane that strikes along the recurring L1A hydro‐
fracture scarp (Stevens et al., 2015). The vertical plane extends 1 km in length along dip, starting from a near‐
surface depth of 10− 9 m within the half‐space. The basal plane for estimating basal cavity opening (mode‐I
opening) and extra basal slip (dip‐slip motion) is a sub‐horizontal plane centered beneath L1A. In contrast to the
NIF implementation in Stevens et al. (2015), here we increase the extent of the basal plane from 100 to 400 km2 to
ensure that the L1B and L1C basins are well within the extent of the basal plane (e.g., Figure 3e). The 400 km2

basal plane is subdivided into 576 (24 × 24) subfaults to preserve the 0.83 km × 0.83 km size of subfault squares
in Stevens et al. (2015). Although the extended basal plane presents an opportunity to interpret basal cavity
opening and extra basal slip outside of the extent of the GPS array, we confine our analysis to stresses and lake
basins within the footprint of the GPS array because we do not have observational constraints on ice‐sheet
displacements outside of this region. We choose to extend the NIF to only 1 day after the time of maximum
L1A hydro‐fracture opening because the assumption that linear elastic behavior is the dominant mode of ice‐sheet
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deformation is not justified for timescales longer than the Maxwell relaxation time τ of glacial ice (6–24 hr)
(Krawczynski et al., 2009; van der Veen, 2007).

We use the NIF estimates of the space‐time distribution of slip and opening along the pre‐defined planes to
forward model ice‐sheet englacial (i.e., half‐space) stresses during L1A rapid drainages. Using the Okada (1985)
Green functions, we estimate x‐ and y‐direction displacement‐gradient components ∂ui

∂xj
for 1,681 locations at 500‐

m spacing over a 400‐km2 region at the ice‐sheet surface as a function of time t following

∂ui

∂xj
(t)[k,1] = Gij

[k,l] s(t)[l,1], (4)

where ui ∈ {ux, uy, uz}, xj ∈ {x, y, z}, and Gij
[k,l] is the elastic Green function for each displacement‐gradient

component for locations k on the half‐space surface due to slip (or opening) s on deformation‐plane subfaults l
comprising the hydro‐fracture and basal planes. Free‐surface boundary conditions at the half‐space surface
(εxz = εyz= 0 ; σxz = σyz = σzz = 0) result in displacement‐gradient components in the z‐direction of:

Figure 3. Forward modeling principal surface stresses from Network Inversion Filter (NIF) deformation estimates. (a) GPS network (triangles), lake outlines (blue), and
2009–2011 winter velocities derived from TerraSAR–X images (colormap) (Joughin et al., 2013), with the x‐axis oriented east–west. GPS station velocities (black
arrows) shown for the 2 days prior to the start of the lake drainage precursor (t1). NIF‐derived (b) hydro‐fracture opening, (c) extra basal slip, and (d) basal cavity
opening at the time of maximum L1A hydro‐fracture opening (t3) in 2012. L1A hydro‐fracture scarp shown in black. The horizontal extent of the vertical hydro‐fracture
plane in panel (b) is the length of the hydro‐fracture scarp in panels (c and d). On panel (c), black arrows show GPS observations of horizontal displacement from t1 to t3.
(e) Maximum σ1,winter and (f) minimum σ2,winter horizontal principal surface stresses calculated from TerraSAR–X velocities in panel (a), with the x‐axis oriented in the
along‐flow direction (277°). σ1,2 > 0 indicates tension. Gray square shows the extent of the NIF basal plane (panels c and d). (g) Maximum σ1,lake and (h) minimum σ2,lake
horizontal principal stresses coincident with lake‐drainage deformation in panels (b–d) for a shear modulus μ = 1.5 GPa. Total (i) σ1 and (j) σ2 from winter velocity
stresses (e and f) plus lake‐drainage stresses (g and h) for a shear modulus μ = 1.5 GPa. Panels (g–j) show 200‐kPa contours in stress for μ = 0.32 GPa (white line),
μ = 1.5 GPa (black line), and μ = 3.9 GPa (dashed black line). There are no values >200 kPa in panels (e and f).
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∂ux

∂z
= −

∂uz

∂x
∂uy

∂z
= −

∂uz

∂y

∂uz

∂z
= −

ν
1 − ν

∂ux

∂x
+

∂uy

∂y
( )

⎧⎪⎪⎪⎪⎪⎪⎪⎨

⎪⎪⎪⎪⎪⎪⎪⎩

, (5)

where ν is the Poisson ratio. The strain tensor εij is then computed from the displacement gradients as

εij =
1
2

∂ui

∂xj
+

∂uj

∂xi
( ). (6)

Strain components are calculated independently for the three deformation sources (i.e., hydro‐fracture opening,
basal cavity opening, and extra basal slip), and summed to obtain the total strain ε. The temporal resolution of ε(t)
is 2.5 min, equivalent to the temporal resolution of the GPS position timeseries used in the NIF by Stevens
et al. (2015), which is calculated by smoothing 30‐s positions with a centered boxcar filter 2.5‐min in width and
then extracting positions every 2.5 min (Stevens et al., 2015).

To evaluate whether stress conditions are favorable for crevasse initiation, half‐space stresses are calculated
following

σ(t) = Cε(t), (7)

where σ is the six‐component stress tensor and C is the fourth‐order stiffness matrix of material properties for an
isotropic linear elastic material. Equation 7 can be written as

σxx
σyy

σzz

σyz

σxz

σxy

⎡

⎢
⎢
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⎥
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⎥
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λ + 2μ
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0

0
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⎥
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⎥
⎥
⎥
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, (8)

where λ and μ are the Lamé constants. The Lamé constant λ is calculated as λ = 2μν/1 − 2ν, where μ is the shear
modulus. For these constants, we use values suitable for glacial ice, including ν= 0.3 and values of shear modulus
μ of [0.32, 1.5, 3.9] GPa (Hobbs, 1974; Krawczynski et al., 2009; Vaughan, 1993). These choices lead to values
λ = [0.48, 2.25, 5.85] GPa. Given the large uncertainty in the appropriate μ for glacial ice, we assume errors in σ
fall within the range of stresses estimated when μ = 0.32 GPa and μ = 3.9 GPa (Krawczynski et al., 2009).

We present σ in terms of the maximum σ1 (most tensile) and minimum σ2 (most compressive) principal stresses in
the horizontal plane following

σ1,2 =
σxx + σyy

2
±

̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅
σxx − σyy

2
( )

2
+ σxy

2

√

, (9)

where σxx is the normal stress in the along‐flow direction, σyy is the normal stress in the across‐flow direction, and
σxy is the horizontal shear stress. We focus on principal stresses in the horizontal plane because we are concerned
with stresses that promote the opening of vertical fractures. We use a sign convention such that σ1,2 > 0 indicates
tension. The direction of maximum principal stress θ1 is then given by tan 2θ1 = 2σxy/(σxx − σyy), with the di-
rection of minimum principal stress θ2 being θ1 ± 90°. Following the solid‐earth community convention
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(Hardebeck & Okada, 2018), principal stress orientations in map‐view are shown by the direction of θ2; mode‐I
fractures will open with a strike direction parallel to the plotted direction of maximum compression.

Though ice‐sheet stresses in the hours prior to hydro‐fracture opening are estimated to reach 100s of kPa across
the hydro‐fracture plane (Stevens et al., 2015), we consider elastic stress estimates generated by lake‐drainage
deformation in the context of lower‐magnitude ice‐sheet‐surface viscous stresses driven by long‐term patterns
of ice‐flow (Catania et al., 2008). Background, viscous ice‐sheet surface stresses are calculated using Glen's flow
law (Glen, 1955) to convert surface strain rates derived from 150‐m resolution TerraSAR‐X 2009–2011 winter
velocity observations (Joughin et al., 2013) (Figure 3a) to longitudinal σxx,winter and transverse σyy,winter stresses
according to Nye (1957) as presented in Cuffey and Paterson (2010):

σxx,winter = A−
1
nε̇[1− n]/n

E ε̇xx,winter (10)

and

σyy,winter = A−
1
nε̇[1− n]/n

E ε̇yy,winter, (11)

where A is the creep parameter, taken to be 3.5 × 10− 25 s− 1 Pa− 3 (Budd & Jacka, 1989); n is the creep exponent,
taken to be 3 (Cuffey & Paterson, 2010); and ε̇E is the two‐dimensional effective strain rate, given by

ε̇2
E =

1
2

ε̇2
xx + ε̇2

yy[ ] + ε̇2
xy. (12)

Background viscous stresses are presented as maximum and minimum principal stresses following Equation 9.

Finally, to obtain an estimate of total ice‐sheet stress during the lake‐drainage events (i.e., σ1,2; Figures 3i and 3j),
we add background winter stresses (i.e., σwinter; Figures 3e and 3f) to lake‐drainage deformation stresses summed
from each of the three NIF deformation sources (i.e., σlake = σHF + σbedslip + σbedopen, where “HF” is the hydro‐
fracture opening, “bedslip” is extra basal slip, and “bedopen” is basal cavity opening; Figures 3g and 3h). To
describe the spatial and temporal variability in σ1 explained by individual stress components, we calculate the
correlation coefficient r of linear regressions between individual decomposed fields and σ1 at every timepoint in
the inversion. We take a yield stress for glacial ice σc of 200 kPa as a lower bound for the stress required to initiate
surface crevassing (Vaughan, 1993). Recent work suggests this threshold could be as high as 1 MPa (Ultee
et al., 2020), though much smaller values could be required if pre‐existing surface cracks are present.

2.4. Idealized Deformation Simulations

To compare our findings from the ice‐sheet location within the GPS array to other ice‐sheet locations where lakes
drain at present or could drain in future, we use the forward‐modeling approach detailed in Section 2.3 to calculate
surface stresses for idealized lake‐drainage simulations over a range of ice‐sheet thicknesses H and lake‐drainage
volumes V. To simulate different ice‐sheet thicknesses, the depth of the basal plane within the elastic half‐space is
set to H. The 400 km2 basal plane for the idealized simulations is subdivided into 1,600 (40 × 40) subfaults to
achieve subfault squares 0.5 km × 0.5 km in size (Figures 4b and 4c). Similar to previous approaches (Dow
et al., 2015; Hewitt et al., 2018; Tsai & Rice, 2010), we model the geometry occupied by the drained lake at the
ice‐bed interface as a fluid‐filled radial blister (Chase et al., 2021; Lai et al., 2021) of volume V, which we
implement in the forward‐modeling framework as basal cavity opening (Figure 4b). Full details on our choices for
implementing basal cavity opening in these idealized simulations are provided in Text S1 of Supporting
Information S1.

Insights from field observations and laboratory experiments (Chase et al., 2021; Lai et al., 2021) show that blister
radius does not evolve substantially after the majority of the lake volume is injected into the ice‐bed interface. The
region of the bed over which basal slip occurs, however, is related to the region of the bed where water from the
blister permeates into the surrounding subglacial drainage system (Lai et al., 2021). The spatial extent of this
region evolves in the days following drainage (Stevens et al., 2015), with bed topography and subglacial hydraulic
gradients dictating the distribution of basal slip during this time (Dow et al., 2015; Doyle et al., 2013). These
observations inform our idealized simulations of basal‐plane slip distribution for the time period in which linear
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elastic behavior is the dominant mode of ice‐sheet deformation. We choose to mimic the slip distribution at the
time of maximum hydro‐fracture opening, when basal slip and basal cavity opening are roughly similar in
horizontal extent (Figures 3c and 3d). Taking an upper‐bound estimate for basal slip at the time of maximum
hydro‐fracture opening (Figure 3b), we impose 0.5 m of slip in the along‐flow direction (i.e., in the –x direction)
for all basal‐plane subfaults within the radius of the fluid‐filled blister (Figure 4c).

Figure 4 shows modeled displacements u (Figures 4d–4h) and maximum horizontal principal stresses σ1

(Figures 4i–4m) at the elastic half‐space surface for an idealized lake‐drainage scenario with an H of 1,250 m, the
largest‐simulated V of 0.01 km3, and a shear modulus μ of 1.5 GPa. Here, we also include an example of idealized,
full‐thickness hydro‐fracture opening by imposing 0.5 m of opening over a 4‐km‐long, 1250‐m‐deep vertical
plane striking east‐west (i.e., along the x‐axis; Figure 4a). This example illustrates that surface displacements
generated by basal cavity opening and basal slip (Figures 4e and 4f) extend over a much wider region than surface
displacements generated by hydro‐fracture opening (Figure 4d). With the maximum NIF‐estimated L1A vertical
crack opening width in 2011 and 2012 being 0.14 and 0.46 m, respectively (Figure 3b; Figure S1b in Supporting
Information S1), imposing 0.5 m of hydro‐fracture opening over the entire vertical plane provides an upper‐bound
estimate for the influence of hydro‐fracture opening on ice‐sheet surface displacement and stress.

The idealized hydro‐fracture opening example presents a common case for lake L1A where hydro‐fracture
opening occurs orthogonal to the ice‐flow direction; however, hydro‐fracture surface scarps are observed at
many angles to the ice‐flow direction in our study area (Figure 5a) and elsewhere (Chudley et al., 2019; Doyle

Figure 4. Forward modeling surface deformation and maximum principal surface stresses from idealized deformation distributions. (a) Plan‐view location of 4‐km‐long
vertical crack within the idealized Network Inversion Filter forward implementation. An opening of 0.5 m is imposed over the entire crack length and depth. Basal‐plane
subfaults are shown with gray squares. Idealized distributions of (b) basal cavity opening and (c) basal slip imposed on basal‐plane subfaults for an idealized lake‐
drainage volume V of 0.1 km3. Negative values of basal slip in panel c indicate 0.5 m of slip imposed in the along‐flow direction (i.e., in the − x direction). For a basal
plane at a depth H of 1,250 m within the elastic half‐space, surface displacements caused by (d) 0.5 m of opening along the vertical crack in panel (a); (e) the basal‐
cavity‐opening distribution in panel (b); (f) the basal slip distribution in panel (c); (g) basal cavity opening and basal slip in panels (b and c); and, (h) the vertical crack
opening, basal cavity opening, and basal slip in panels (a–c). Vectors show horizontal displacements; colormap shows vertical displacements. (i–m) Maximum
horizontal principal stress coincident with deformation in panels (d–h), respectively, for a shear modulus μ of 1.5 GPa. The 200‐kPa contour in stress is shown with a
navy line.
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et al., 2013). Given the diversity of observed hydro‐fracture scarp strikes, and the fact that stresses from hydro‐
fracture opening decay quickly moving away from the crack (Figure 4i), we do not include a hydro‐fracture
opening term in the final presented idealized lake‐drainage simulations. Instead, for the purposes of this study,
we calculate and interpret surface stresses from (a) blister opening alone (Figure 4j), (b) basal slip alone
(Figure 4k), and (c) the combination of these two deformation sources (Figure 4l), for 55 total combinations of H
(500, 750, 1,000, 1,250, 1,500, 1,750, 2,000, 2,250, 2,500, 2,750, and 3,000 m) and V (0.001, 0.005, 0.01, 0.05,
and 0.1 km3) that span the relevant physical scales of supraglacial lake drainage through ice sheets.

2.5. Timeseries of Lake‐Drainage Dates

To put our 2011 and 2012 GPS observations into a longer‐term context, we compiled lake onset and drainage
dates during 2000–2023 by reviewing satellite imagery and an existing catalog of lake‐drainage dates that covers
our study region (Cooley & Christoffersen, 2017). Cooley and Christoffersen (2017) used automated‐image
analysis to identify lake‐drainage timing over a wide area of the western margin, producing a catalog of lake
onset and drainage dates from 2000 to 2015 (Table S1 in Supporting Information S1). For this study, we focus on
the ice‐sheet footprint of lakes L1A–D (Figure 1c) from 2000 to 2023. In some years, the Cooley and Chris-
toffersen (2017) catalog does not identify lake onset or drainage dates for L1A–D, though these lakes are known
to have formed and drained from previously published studies (Stevens et al., 2015, 2016) using GPS observa-
tions and satellite imagery (Table S2 in Supporting Information S1). This inconsistency prompted us to review all
available Landsat and Sentinel imagery from 2000 to 2023 to (a) rectify discrepancies between lake onset and
drainage dates published in the Cooley and Christoffersen (2017) catalog and available imagery, and (b) extend
the drainage‐date record for these lakes through 2023 (Figure 1b; Table S2 in Supporting Information S1). Our
imagery review suggests that, although Cooley and Christoffersen (2017) report a lake onset and drainage date in
all years from 2000 to 2015 for L1C (Table S1 in Supporting Information S1), in roughly half of the years L1C
does not drain at the end of the melt season, but rather the surface of L1C freezes over. Our catalog thus also
differs from the Cooley and Christoffersen (2017) catalog because of our manual identification of years in which
L1C freezes over at the end of the melt season, rather than draining, and is thus already present at the beginning of

Figure 5. Neighboring lake basins experience contrasting observed horizontal strain rates during the 2012 rapid drainage of L1A. (a–c) GPS network (triangles), L1A–C
lake margins (gray), and L1A–C hydro‐fracture scarps (black). Solid lines show inter‐station baselines used to calculate strain rates. (d–f) ε̇xx and (g–i) ε̇yy between select
GPS station pairs. Dates are specified as day of year. Event timepoints t1–4 are shown as vertical gray lines and along the top x‐axis. The y‐axis limits differ between panels.
Strain‐rate errors are shown in Figure S4 of Supporting Information S1.
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the subsequent melt season. Where GPS data are available to constrain lake‐drainage dates, we set the error in
drainage date to zero days (Table S2 in Supporting Information S1).

3. Drainage Behavior Within the Study Area
North Lake (L1A), the central lake of the study cluster, has consistently formed and drained once per melt season
from 2000 to 2023, as shown by GPS data (Das et al., 2008; Lai et al., 2021; Stevens et al., 2015, 2016) and
satellite imagery (Cooley & Christoffersen, 2017) (Figure 1b). Drainage dynamics of North Lake were first
studied by Das et al. (2008), who observed a drainage in 2006 to occur in <2 hr, via water‐driven fracture
propagation to the ice‐sheet bed through 980 m of ice. A later study by Stevens et al. (2015) observed that hydro‐
fracture‐driven drainages of North Lake in 2011, 2012, and 2013 were preceded by ice‐sheet uplift and/or
enhanced basal slip in the hours leading to hydro‐fracture initiation. Ice‐sheet deformation during these lake‐
drainage precursors generated tensile stresses of sufficient magnitude normal to a recurring fracture plane
within the North Lake basin to temporarily overcome background compressive stresses and promote hydro‐
fracture beneath the lake (Stevens et al., 2015). The precursory ice‐sheet uplift and enhanced basal slip were
hypothesized to be caused by injection of water to the ice‐sheet bed via neighboring moulins or hydro‐fractures
(Stevens et al., 2015). Following North Lake rapid drainages, water‐filled blisters at the ice‐bed interface maintain
uplift for durations of 1–10 days, with the timescale of uplift relaxation driven by the transmissivity of the
surrounding subglacial drainage system (Lai et al., 2021).

Lakes L1B, L1C, and L1D are located∼2.0 km to the south,∼3.5 km to the north, and∼6.0 km to the northeast of
North Lake (L1A), respectively (Figure 1c). The lake to the south, L1B, formed in 14 out of 24 years from 2000 to
2023 (Figure 1b). In the years that L1B did not form, the same supraglacial‐stream network feeding the basin from
the southeast that is present in all years re‐activated one or more moulins within the lake basin without leading to
lake formation. L1B was observed to drain rapidly within hours of L1A in 2012 and 2013 when GPS data were
available (Table S2 in Supporting Information S1) (Stevens et al., 2015). In the 14 years that L1B formed during
2000–2023, L1B drained synchronously with L1A (i.e., within the 2–3‐day temporal uncertainty of remotely
sensed drainage dates) in exactly half of these years (Figure 1b; Table S2 in Supporting Information S1). The lake
to the north, L1C, is present annually and, in roughly half of the years from 2000 to 2023, remnant lake ice from
the previous winter persisted throughout the following melt season, indicating that the lake froze over without
draining at the end of the previous melt season (Figure 1b). During the study period, L1C drained synchronously
with L1A in 12.5% of years (Figure 1b; Table S2 in Supporting Information S1). In 2023, lakes L1A, L1B, and
L1C are observed to drain between images taken three days apart, alongside an overspill drainage of lake L1D;
this is the only quadruple‐drainage event observed over the 24‐year timeseries (Figure 1b; Table S2 in Supporting
Information S1).

Surface traces of kilometer‐scale fractures exist within L1A, L1B, and L1C basins in years of drainages, indi-
cating that all three lakes do, at times, drain rapidly via hydro‐fracture. The main L1A hydro‐fracture scarp has an
average strike of 281° (WNW), as digitized from a WorldView image taken on day 202 of 2011 (2011/202)
(Stevens et al., 2015). A fracture has existed in this lake in roughly the same orientation since at least 2006 (Das
et al., 2008). The L1B hydro‐fracture scarp in the same 2011/202 image has an average strike of 248° (WSW). An
empty L1C basin is not observable during the 7‐year period when L1C does not drain from 2009 to 2015. We
digitized an L1C hydro‐fracture scarp with an average strike of 230° (SW) from a Sentinel‐2 image in which a
scarp is clearly visible on 2019/224.

4. Results
The 2011 and 2012 North Lake (L1A) drainages via hydro‐fracture produce elastic stress changes in the L1B and
L1C basins that differ, with L1B experiencing tensional stresses and L1C experiencing compressional stresses
when L1A drains via hydro‐fracture. For the two L1A drainage events, we present observed strain rates from GPS
surface‐position estimates (Section 4.1) and modeled elastic stresses using NIF deformation estimates (Sec-
tion 4.2). In our analysis, we refer to four timepoints during the drainage events, as previously identified by
Stevens et al. (2015): t1, the start of the L1A drainage precursor; t2, L1A hydro‐fracture initiation; t3, maximum
L1A hydro‐fracture opening; and t4, one day following maximum L1A hydro‐fracture opening. Our ice‐sheet
surface strain‐rate observations and modeled stresses guide an idealized set of forward‐modeling simulations
of surface stresses over a range of lake‐drainage volumes and ice‐sheet thicknesses (Section 4.3).
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4.1. Observed Strain Rates From GPS Surface‐Position Estimates

During the two drainage events, short‐lived horizontal strain‐rate excursions in the two neighboring lake basins
coincide with the drainage of L1A. Depending on the sign of the excursion, we interpret these strain‐rate ex-
cursions as either promoting or inhibiting tensile crack opening compared to background strain rates observed
prior to drainage events. The 2011 L1A drainage occurred over ∼3 hr on 2011/169 (Figure S2 in Supporting
Information S1). In the days prior to drainage, longitudinal ε̇xx (Figures S2d–S2f in Supporting Information S1)
and across‐flow ε̇yy (Figures S2g–S2i in Supporting Information S1) strain rates are low (<|0.05| yr− 1) for all lake
basins. At L1A hydro‐fracture initiation (t2), L1A basin ε̇xx and ε̇yy are positive (extensional) and increase to 7
times the background rate (Figure S2e and S2h in Supporting Information S1), well above estimated error levels
(Figures S3e and S3h in Supporting Information S1), by the time of maximum L1A hydro‐fracture opening (t3).
L1A ε̇xx are >0.10 yr− 1 for 2.7 hr. Because the L1A hydro‐fracture scarp strikes 4° clockwise of the flow direction
in 2011 (Figure S2a in Supporting Information S1), we expect to see the clearest signature of crack opening and
closing in ε̇yy (Figure S2h in Supporting Information S1). The closing signature of the L1A hydro‐fracture is seen
in negative (compressional) ε̇yy immediately following the time of maximum L1A hydro‐fracture opening (t3;
Figure S2h in Supporting Information S1). L1A basin strain rates return to background values (<|0.05| yr− 1)
within a few hours after maximum opening and remain low during the following days.

From t2 to t3, GPS station pairs across L1C show neutral ε̇xx and compressional ε̇yy (Figures S2d and S2g in
Supporting Information S1). This strain‐rate pattern indicates that the L1C basin is in a state of greater
compression during the 2011 L1A drainage compared to pre‐drainage strain rates. With the L1C hydro‐fracture
scarp striking 230° (ice‐flow direction is 277°), either ε̇xx or ε̇yy would need to be extensional to promote opening
of the fracture. By contrast, in the L1B basin from t2 to t3, positive values of ε̇xx are observed (Figure S2f in
Supporting Information S1), with L1B ε̇xx > 0.10 yr− 1 for 3.6 hr (Figure S2f in Supporting Information S1). In ε̇yy

for L1B, a signature opposite that of the L1A hydro‐fracture crack opening‐and‐closing sequence is observed
(Figure S2i in Supporting Information S1). These observations indicate that, during the 2011 L1A drainage, strain
rates are extensional in the L1B basin.

Similar inter‐basin strain‐rate relationships were observed during the 2012 L1A drainage (Figure 5). This L1A
drainage occurred over a ∼5‐hr period on 2012/161. L1A basin ε̇xx and ε̇yy are elevated above pre‐event strain
rates from t2 to t3 (Figures 5e and 5h), well above estimated error levels (Figures S4e and S4h in Supporting
Information S1). L1A basin ε̇xx are >0.10 yr− 1 for 2.3 hr (Figure 5e). Simultaneously, neutral ε̇xx (Figure 5d) and
negative ε̇yy (Figure 5g) are observed in the L1C basin, and positive ε̇xx are observed in the L1B basin (Figure 5f),
with L1B ε̇xx > 0.10 yr− 1 for 2.6 hr (Figure 5f).

4.2. Modeled Surface Stress and Stress Orientation Using NIF Deformation Estimates

Similar to NIF‐derived deformation estimates at the time of maximum L1A hydro‐fracture opening (t3) in Stevens
et al. (2015), basal cavity opening at t3 in both the 2011 L1A drainage (Figure S1d in Supporting Information S1)
and 2012 L1A drainage (Figure 3d) is observed in the central and southern regions of the array, with extra basal
slip observed for most stations on the western (down‐flow) side of the array (Figure 3c; Figure S1c in Supporting
Information S1). Compared to Stevens et al. (2015), the extended size of the basal plane allows for extra basal slip
and basal cavity opening estimates beyond the extent of the GPS array, which are not well constrained but are
small in comparison to deformation estimates within the array. As described in Section 2.3, NIF‐derived
deformation estimates are used to model the lake‐drainage‐induced stresses σlake shown in Figures 3g and 3h
and Figures S1g and S1h in Supporting Information S1. Background viscous stresses σwinter (Figures 3e and 3f;
Figures S1e and S1f in Supporting Information S1) are added to the lake‐drainage‐induced stresses σlake

(Figures 3g and 3h; Figures S1g and S1h in Supporting Information S1) to obtain an estimate for total stress σ1,2

(Figures 3i and 3j; Figures S1i and S1j in Supporting Information S1) during the lake‐drainage events.

Time‐series decompositions of spatially varying maximum principal stresses σ1 (σ1 = σ1,winter + σ1,HF

+ σ1,bedopen+ σ1,bedslip) during the 2011 and 2012 L1A drainages show regions of both tension and compression in
the three lake basins (Figure 6). Compared to σ1,winter values, which are on the order of 0–100 kPa (Figure 6a),
deformation due to the L1A drainage results in regions of highly tensile principal stresses over the L1A and L1B
basins (i.e., where σ1 > σC) that are not radially symmetric (Figures 6e and 6m). By contrast, σ1 in the L1C basin is
at most − 100 kPa in 2011 (Figure 6i) and at most +100 kPa in 2012 (Figure 6q), indicating that the surface
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Figure 6. Modeled maximum principal stress during the 2011 and 2012 L1A drainages. (a) (gray bars) Orientation of θ1,winter and (colormap) σ1,winter for μ = 1.5 GPa.
Gray bars are plotted for the orientation of the maximum horizontal compressive stress, such that tensile stress across a hydro‐fracture scarp (thick black lines) plots with
the bars parallel to the hydro‐fracture scarp. (black triangles) GPS network and (blue) lake outlines are shown. (b)–(e) Equivalent to panel (a), but for (b) [σ, θ]1,HF,
(c) [σ, θ]1,bedopen, (d) [σ, θ]1,bedslip, and (e) [σ, θ]1 at maximum L1A hydro‐fracture opening (t3) during the 2011 L1A drainage. Black contours show 200‐kPa contour in
stress. (f)–(j) Timeseries of area‐averaged principal stress for each lake basin (green boxed areas in left‐column panels). Event timepoints t1–4 and the approximate lower
bound of 6‐hr for the Maxwell time τ for glacial ice are shown as vertical lines and along the top x‐axis. Thick center horizontal line shows area‐averaged stress for
μ = 1.5 GPa. Outer lines show average stress for μ = 0.32 GPa and μ = 3.9 GPa, with the 3.9 GPa estimate always the furthest line from the x‐axis. (k–t) Equivalent to
panels (a–j) but for the 2012 L1A drainage. To be viewed alongside Movies S1 and S2.
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stresses associated with L1A drainages are compressional to weakly tensile within the L1C basin. One day after
maximum L1A hydro‐fracture opening in 2011 and 2012, regions with σ1 > σC increase in spatial extent
(Movies S1 and S2). These regions intersect the L1C margin in 2012 but not in 2011, and L1C persists through
both the 2011 and 2012 melt seasons without draining (Figure 1b). The magnitude of σ1 varies with the assumed
value of μ, but the sense of the stress perturbation (i.e., positive or negative) is not sensitive to μ (Figures 3i and 6;
Figure S1i in Supporting Information S1).

The decomposed stress field shows that stress contributions from hydro‐fracture opening σ1,HF are spatially
localized to within 1 km of the L1A hydro‐fracture plane (Figures 6b and 6j) and occur in time from t2 onwards
(Figures 6f and 6n). Stress contributions from extra basal slip σ1,bedslip are low (− 50 to +100 kPa) from t1 to t3 in
2011 and 2012 (Figures 6h and 6p), and are on the order of σ1,winter (Figure 6a). Contributions from σ1,bedslip grow
gradually from t3 to t4 (Figures 6h and 6p) due to expansion of extra basal slip across the array. Stress from basal
cavity opening σ1,bedopen is the main contributor to total stress (σ1) after t2 (Figures 6c and 6k).

The spatial and temporal variability in σ1 explained by individual stress components is formally described by the
correlation coefficient r of linear regressions between individual decomposed fields and σ1 (Figure 7) for stress
values estimated within the x ≤ |6| km and y ≤ |6| km region plotted in Figure 6. For both drainages, the correlation
coefficient r [σ1,winter, σ1] decreases prior to and during the precursor (from t1 to t2; Figure 7) as deformation due
to the lake drainage occurs on the basal and hydro‐fracture planes. From t2 onward, variability in σ1 is increasingly
explained by σ1,bedopen, with r [σ1,bedopen, σ1] attaining maximum values of 0.98 (2011) and 0.94 (2012) in the
hours following t3 (Figure 7). Contributions to variability in σ1 from σ1,bedslip and σ1,HF are generally lower than
contributions from σ1,bedopen, although we observe that, in 2012, r [σ1,HF, σ1] increases during the time of hydro‐
fracture opening from t2 to t3 (Figure 7). These regressions confirm that regions of highly tensile σ1 track the
extent of basal cavity opening (Figures 6c and 6k), which is dominantly expressed in the GPS data as ice‐sheet
surface uplift (Stevens et al., 2015; Tsai & Rice, 2010).

GPS stations along the northern and inland up‐flow edges of the network (i.e., NL01–NL03, NL06, FL03, NL12,
and NL13) show little to no uplift during the drainage events (Figures 2a and 2d), and σ1 is consequently low in
this area of the network (Figures 6e and 6m). Although we do not have dense GPS observations of ice‐sheet
deformation up‐ or down‐flow of the central array, the stations located up‐ and down‐flow of the L1A origin
(FL06, at ∼26 km up‐flow, and FL01 and FL02 at ∼9 km and ∼16 km down‐flow) during the 2012 L1A drainage
show no step‐changes in along‐flow, across‐flow, or vertical displacements that are recorded by the central‐array
stations (i.e., NL04, NL05, NL07–NL10, and NLBS) (Figure 2).

During both L1A drainages, the orientation of maximum principal stress θ1 within all three basins rotates >10°
from estimated winter orientations (Figure S6 in Supporting Information S1). In the 2011 L1A drainage, L1B θ1

rotates 111° clockwise from the basin's winter θ1 by the time of maximum L1A hydro‐fracture opening (t3), while
the L1A and L1C basins show counterclockwise rotations of 32° and 52°, respectively, over this same time period
(Figures S6b and S6d in Supporting Information S1). Both L1A and L1B σ1,2 are tensile at this time (Figures S1i
and S1j in Supporting Information S1), such that the sign and orientation of σ1,2 would promote fracture opening
in roughly the direction of the mapped L1A and L1B hydro‐fracture scarps. By contrast, in L1C, the σ1,2 values at
t3 are compressive (Figures S1i and S1j in Supporting Information S1); this principal stress value and orientation
would place the L1C hydro‐fracture plane in compression. In the 2012 L1A drainage, L1A θ1 rotates 5° coun-
terclockwise from the basin's winter θ1 by t3, with L1B and L1C basins showing counterclockwise rotations of 76°
and 25°, respectively (Figures S6c and S6e in Supporting Information S1). The sign and orientation of σ1,2 in 2012
(Figures 3i and 3j) would promote fracture opening of L1A and L1B hydro‐fracture planes and place the L1C
hydro‐fracture plane weakly in tension.

4.3. Modeled Surface Stress From Idealized Simulations

To investigate stress‐coupling distances outside of the ice‐sheet setting of our GPS array, we analyze our findings
from the two L1A drainages alongside idealized lake‐drainage simulations for a range of ice‐sheet thicknesses H
and lake‐drainage volumes V given a shear modulus μ of 1.5 GPa (Figure 8). Stresses from equivalent idealized
simulations where μ = 0.32 GPa and μ = 3.9 GPa are shown in Figures S7 and S8 in Supporting Information S1.
For most of the tested parameter range, contributions to σ1 from basal cavity opening are approximately four times
larger than the contribution from basal slip. Pre‐drainage‐event ice‐sheet surface stresses are taken to be zero in
the idealized simulations, such that modeled values of σ1,bedopen+bedslip from idealized lake‐drainage simulations
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are most comparable to σ1,lake estimates at the time of maximum L1A hydro‐fracture opening (e.g., Figure 3g),
with the exception that idealized simulations in Figure 8; Figure S7 and S8 in Supporting Information S1 do not
include stresses generated by a hydro‐fracture opening term (e.g., Figure 4i).

While rapid drainages at L1A (Das et al., 2008; Lai et al., 2021; Stevens et al., 2015) and other lakes (Chudley
et al., 2019; Doyle et al., 2013; Tedesco et al., 2013) result in coincident vertical and horizontal deformation
driven by a combination of basal cavity opening and basal slip, idealized scenarios allow us to partition con-
tributions to σ1 from these different sources explicitly (Figures 4 and 8). For V ≥ 0.005 km3 and H ≥ 1,000 m, a
basal cavity opening of an equivalent volume to V yields a contribution to σ1 approximately four times larger than

Figure 7. Variability in modeled total stress σ1 explained by individual stress components during the 2011 and 2012 L1A
drainages. Correlation coefficient r between (gray) σ1,winter and σ1; (green) σ1,HF and σ1; (red) σ1,bedopen and σ1; and (blue)
σ1,bedslip and σ1 during the (a) 2011 and (b) 2012 L1A drainages. Values are plotted only when p‐values of the linear
regression are ≤0.01. The regression sample size is 625: the number of σ1 values within the x ≤ |6| km and y ≤ |6| km region in
Figure 6. Event timepoints t1–4 and the approximate lower bound of 6‐hr for the Maxwell time τ for glacial ice are shown as
vertical lines with labels along the upper x‐axes.
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Figure 8. Idealized lake‐drainage simulations for a range of ice‐sheet thicknesses and drainage volumes. Maximum horizontal principal stress σ1 from imposed
distributions of (a) basal cavity opening, (b) basal slip, and (c) both basal cavity opening and slip for idealized scenarios where H = 1,500 m, V = 0.05 km3, and
μ= 1.5 GPa. The direction of imposed basal slip in all simulations is in the − x direction. Black lines show 200‐kPa contour in σ1. Gray arrows point to rm, the distance to
the farthest up‐flowline point from the origin where σ1 > 200 kPa. Basal‐plane subfaults with non‐zero basal cavity opening and basal slip are shown with gray squares.
Modeled value of σ1 for different (d)–(f) V and (g)–(i) H along y= 0 km in panels (a–c). Cavity opening height h (imposed as basal cavity opening) for the five values of
V shown at the top right. (j–l) (circles) Ice thickness H versus rm for the full parameter space in H and V for μ= 1.5 GPa. Dotted lines show radius of imposed basal cavity
opening R for the five values of V. (squares, panel l) Estimates of rm at the time of maximum hydro‐fracture opening during the 2011 and 2012 L1A drainages
(H= 980 m, V= 0.008 km3) for μ= 1.5 GPa. Stresses from idealized lake‐drainage simulations where μ= 0.32 GPa and μ= 3.9 GPa are shown in Figures S7 and S8 of
Supporting Information S1.
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the contribution from 0.5 m of down‐flow (i.e., in the − x direction) basal slip (Figures 8a and 8b). When both
cavity opening and slip are included, σ1 remains dominated by stress contributions from basal cavity opening,
with basal‐slip contributions resulting in larger σ1 at the up‐flow edge of the slip patch (Figures 8c and 8f). This
idealized result is consistent with σ1 spatial patterns during L1A drainages, where maximum σ1 values occur in
regions of basal cavity opening and, to a lesser extent, basal slip within the first day following hydro‐fracture
opening (Figure 6).

For a given ice‐sheet thickness H of 1,500 m, lake‐drainage volume V exhibits a strong control on σ1 for sim-
ulations with just basal cavity opening, with the most tensile and most compressive values of σ1 generally
increasing with increasing V (Figure 8d). For a lake volume V of 0.05 km3, H does not exhibit a strong control on
the maximum tensile values of σ1, or radial extent of tensile σ1, when H ≥ 1,500 m (Figures 8g–8i). Along‐flow
asymmetries in σ1,bedopen+bedslip are apparent when H ≤ 1,000 m, but are greatly reduced when H ≥ 2,000 m
(Figure 8i).

We consider inter‐lake stress‐coupling length scales in the up‐flow direction for the idealized scenarios using the
metric rm: the distance to the farthest point inland from the blister center (i.e., the origin) where σ1 > σc (Figures 8a
and 8c). Variation in V exhibits a stronger control on rm than the tested variation in H, except for the smallest value
of V(0.001 km3) where rm decreases to zero with increasing H (Figures 8j–8l). For simulations with just basal slip,
modeled σ1 values do not exceed σc when H ≥ 1,750 m, for any value of V (Figure 8k). For simulations with basal
cavity opening and slip, rm remains relatively constant for a given V when H ≥ 750 m and V ≥ 0.005 km3

(Figure 8l). Comparing these idealized simulations to σ1,lake estimates at maximum L1A hydro‐fracture opening
(Figure 3g; Figure S1g in Supporting Information S1), we find that L1A drainages (V =∼0.008 km3; H= 980 m)
have an rm of 2.2 km in 2011 and 1.9 km in 2012 in the up‐flow direction for μ = 1.5 GPa. These distances are
roughly the distance from the L1A lake center to the eastern L1A lake margin and compare well with an rm value
of 2.3 km for the idealized simulation with V = 0.01 km3, H = 1,000 m, and μ = 1.5 GPa (Figure 8l).

Values of rm are much smaller for idealized simulations with μ = 0.32 GPa (Figure S7l in Supporting Infor-
mation S1) than for those with μ = 1.5 GPa, and slightly larger for those with μ = 3.9 GPa (Figure S8l in
Supporting Information S1). Across all μ and V for H ≥ 750 m, values of rm are no more than ∼1 km larger than
the radius of imposed basal cavity opening and basal slip R (Figure 8l; Figures S7l and S8l in Supporting In-
formation S1). For simulations with μ = 0.32 GPa, values of rm are all smaller than R (Figure S7l in Supporting
Information S1).

While rm estimates for the 2011 and 2012 L1A drainages are generated from ice‐sheet surface displacements from
melt injection to a topographically variable ice‐sheet bed (Figure 2a), the idealized simulations use a radially
symmetric blister geometry derived for a flat bed (Lai et al., 2021). Previous theoretical work suggests that
gradients in hydraulic potential for the largest bed slopes in our study area (∼0.04) are not large enough to affect
the initial blister‐relaxation dynamics, when compared to the elastic stresses of the deformed ice sheet due to the
blister (Lai et al., 2021).

5. Discussion
5.1. Stress Coupling Between Neighboring Supraglacial Lake Basins

Using in situ observations of ice‐sheet surface deformation at neighboring supraglacial lake basins spaced 2–4 km
apart in the mid‐ablation zone, we find that lakes can be placed in either tensional or compressional surface strain‐
rate and stress states during and immediately following the rapid drainage of a neighboring lake. The sense of
surface‐stress change is highly dependent on where surface uplift caused by the central lake drainage occurs.
Hydro‐fracture opening, basal‐cavity opening, and basal‐slip distributions caused by the L1A rapid drainage
place the L1C basin located 3.5 km to the north in compression in roughly the orientation of the L1C hydro‐
fracture scarp (Figure 6; Figure S6 in Supporting Information S1). Together with the relatively more compres-
sive background winter stresses in the L1C basin caused by large‐scale flow patterns (Figure 3e), this stress
change likely hinders the reactivation of existing fractures, and prevents the opening of new fractures that
otherwise might lead to hydro‐fracture initiation beneath L1C. These estimates of changes in ice‐sheet surface
stress are consistent with the non‐drainage of L1C in 2011, 2012, and other years in the study period (Figure 1b).

By contrast, the L1A drainages place the L1B basin located 2 km to the south in tension relative to the L1B hydro‐
fracture scarp (Figure 6; Figure S6 in Supporting Information S1), promoting fracture opening and hydro‐fracture
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initiation beneath L1B. Though a lake did not form in the L1B basin in 2011, our analysis suggests that in years
when both L1A and L1B form and drain close in time (e.g., 2012; Figure 5), the L1A drainage can lead to the
concentration of tensional stresses in the L1B basin. Together with the relatively more tensional background
winter stresses in the L1B basin (Figure S1e in Supporting Information S1), stress coupling between L1A and
L1B potentially explains why L1A has drained synchronously (i.e., within 1–3 days) with L1B in 50% of the years
that both lakes formed from 2000 to 2023, but has only drained synchronously with L1C in 12.5% of the years that
both lakes formed over the same time period (Figure 1b). Thus, based on our in situ observations in 2011 and 2012
and a 24‐year record of lake‐drainage timing, a rapid drainage of one lake may drive stress changes that promote
hydro‐fracture initiation and drainage in some neighboring basins, while simultaneously inhibiting hydro‐fracture
initiation and drainage in others.

The sign difference in the stress changes between the L1B and L1C basins is largely due to the geometry of ice‐
sheet uplift, on the southern side of the L1A lake‐draining fracture, generated by basal cavity opening (Figures 6c
and 6k). The fact that basal cavity opening occurs in this location is likely due to the specific lakes that drain (i.e.,
L1A and L1B) early in the melt season (Stevens et al., 2016), the lower basal topography beneath the L1A and
L1B basins (Figure 2a), and the resulting hydraulic gradient in the subglacial drainage system, which drives
subglacial water flow from beneath L1A toward the southwest (Chu et al., 2016; Stevens et al., 2018). As time
progresses during the 2011 and 2012 drainages, spatial variability in σ1 is increasingly explained by σ1,bedopen, the
stress component caused by basal cavity opening (Figure 7). Similarly, basal uplift is the dominant precursor
signal observed in the hours leading up to hydro‐fracture initiation (Chudley et al., 2019; Das et al., 2008; Doyle
et al., 2013; Stevens et al., 2015), likely because ice‐sheet surface vertical displacements (i.e., the doming of the
ice‐sheet surface) caused by basal cavity opening generate larger tensile stresses than basal slip on these elastic
timescales (Figure 4). Our idealized lake‐drainage simulations allow an explicit partitioning of contributions to σ1

from basal cavity opening and basal slip, and confirm that tensional surface stresses at the time of initial blister
formation are predominantly caused by ice‐sheet uplift (Figure 8).

5.2. Likelihood of Elastic Stress Coupling Between Distant Supraglacial Lakes

It has been proposed that hydro‐fracture beneath lakes in the upper ablation zone, up to ∼80 km inland, may be
triggered by the drainage of lakes near the ice‐sheet margin through a stress‐coupling mechanism (Christoffersen
et al., 2018) associated with a change in force balance following the loss of basal traction. In this framework,
changes in the ice‐sheet stress field result from the response of the viscous material to changes in the balance of
driving and resisting stresses; and, it is the immediate ice response to the change in force balance that is invoked to
explain apparent triggering of cascading lake drainage by “tensile shock and fracture” (Christoffersen
et al., 2018). Similarly, Hoffman et al. (2018) propose that the loss of basal traction associated with passage of
subglacial water, initially injected by lake drainages, changes surface stresses on the timescale of the water
passage (<1 day) to allow surface fracturing and moulin formation, with the change in stress again representing a
response to the change in force balance controlling viscous flow. As we have demonstrated here, a different
mechanism, the elastic deformation associated with lake drainage to the ice‐sheet bed, can produce large changes
in the surface stress field, sufficient to trigger drainage at nearby lakes. These stress changes, being elastic, are
nearly instantaneous, and will affect the ice sheet over timescales similar to those considered by Christoffersen
et al. (2018) and Hoffman et al. (2018). Here, we examine the likelihood that elastic stress coupling might lead to
triggering between distant lakes. We are cognizant that longitudinal‐coupling length scales for viscous defor-
mation of a fully relaxed ice sheet are likely to be longer than the elastic length scales (Kamb & Echel-
meyer, 1986; Price et al., 2008; Sergienko, 2013).

Our observations from the mid‐ablation zone suggest that, while elastic stress coupling may trigger hydro‐
fracture‐driven drainages at other nearby lakes within the region of ice‐sheet uplift driven by basal cavity
opening, elastic stress coupling is unlikely to trigger drainages at distal lakes. We find the extent of basal cavity
opening—and not ice thickness—to be the primary control on where regions of highly tensile σ1 occur
(Figures 6e, 6m, and 8). Following the two L1A drainages, regions of highly tensile σ1 track the extent of basal
cavity opening, which advances over time from the region beneath L1A and L1B to the southwest (Figures 6e and
6m). The limited extent of our GPS array prevents further investigation of whether L1A drainages can sufficiently
modulate elastic surface stresses to trigger hydro‐fracture‐driven drainages of lakes farther down the subglacial
hydraulic catchment than L1B as the drained water passes by. In our study area, two GPS stations (FL01 and
FL02) located ∼9 km and ∼16 km down‐flow from L1A in 2012 show no anomalous along‐flow, across‐flow, or
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vertical displacements during or following the 2012 L1A drainage, apart from a change in along‐flow velocity
(Figure 2). Because the inferred region of basal cavity opening and highly tensile σ1 expanded to the southwest of
L1A (Figures 6e and 6m), we hypothesize that it is most likely that the drained lake water flowed to the southwest,
following hydraulic gradients in the subglacial drainage system (Chu et al., 2016; Stevens et al., 2018), thereby
avoiding FL01 and FL02.

Within the extent of the GPS array in the up‐flow direction from L1A, regions of highly tensile σ1 extend <1 km
up‐flow of the eastern L1A lake margin (Figures 6e and 6m; Movies S1 and S2). We expect lower tensile stresses
in this region because GPS stations here record little to no uplift during drainage events (Figure 2d) (Stevens
et al., 2015). A single GPS station (FL06) located ∼26 km up‐flow from L1A in 2012 shows no anomalous
displacements during or in the days following the 2012 L1A drainage (Figure 2). Together, these observations
suggest that the up‐flow, elastic stress‐coupling length scale is short: no more than 3 km inland of the center of the
draining lake (Figures 6e and 6m).

The short up‐flow stress‐coupling length scale of a few ice thicknesses suggested by stresses modeled from our in
situ observations is consistent with the idealized simulations for a wider range of lake volumes and ice‐sheet
thicknesses. Across all tested μ and V for simulations where H ≥ 750 m, values of rm (the distance to the
farthest point inland from the origin where σ1 > σc) are no more than ∼1 km greater than the radius of imposed
basal cavity opening and basal slip (Figure 8l; Figures S7l and S8l in Supporting Information S1). These idealized
simulations show that—for this range in ice‐sheet thickness—the first‐order control on elastic stress‐coupling
length scales is the region of the bed over which basal cavity opening occurs. Within the initial hours
following lake drainage, this region is limited to the size of a fluid‐filled blister that can be generated by the
volume of the drained lake (Hewitt et al., 2018; Lai et al., 2021; Tsai & Rice, 2010).

The idealized simulations highlight the importance of the interplay between basal cavity opening and basal slip in
driving ice‐sheet deformation and stresses. The spatial pattern and magnitude of σ1 generated by basal slip alone
(Figures 4k and 8b) is strongly modified by the addition of basal cavity opening (Figures 4l and 8c) across all
simulated ice thicknesses and lake volumes. This finding indicates that attempts to model stresses ensuing from
lake drainages that do not consider vertical displacements (e.g., Christoffersen et al., 2018; Hoffman et al., 2018)
may exclude a leading source of tensional surface stress in the drainage region and along the path of a propagating
bolus of water, and mischaracterize the spatial pattern of surface stress. The importance of the contribution from
cavity opening also suggests that frameworks that require ice‐sheet surface displacements over seconds‐to‐
weekly timescales to be explained exclusively by changes in basal sliding may incorrectly estimate the
amount of sliding occurring at the bed, and thus may overestimate the importance of basal sliding in driving
tensile surface stresses. To better understand the likelihood of stress coupling between distant supraglacial lakes,
ice‐sheet stress estimates should consider both horizontal and vertical ice‐sheet deformation (e.g., Pimentel &
Flowers, 2011; Dow et al., 2015), and an evolving basal blister and slip distribution due to drainage‐imposed
changes in subglacial hydrology. Here, we have focused on constraining elastic deformation during the day of
the initial drainage; however, the consideration of viscoelastic deformation and temporal evolution of basal slip
are needed to fully understand stress evolution following lake drainages. While our observations and models show
that elastic stress changes due to lake drainage can be effective in triggering additional drainages nearby, we find
that they are unlikely to trigger drainages at lakes more than a few kilometers from the initially drained lake.

5.3. Rotations in Surface Stress Orientation

For faults in the Earth's lithosphere, rotations of principal stresses occur during earthquakes and imply back-
ground differential stresses that are on the order of earthquake stress drops (Hardebeck & Okada, 2018). We
observed similar stress changes during the lake drainages, where background ice‐sheet surface stresses are low
compared to the stresses induced by the lake drainage (Figure 6). During earthquakes, stress orientations rotate at
most 20° from pre‐event stress orientations (Hardebeck & Okada, 2018). We observed much larger stress ro-
tations, on the order of 25–52°, within the L1C basin, and 76–111° within the L1B basin, in both years studied
(Figure S6 in Supporting Information S1). These rotations are calculated relative to a background stress orien-
tation set by winter‐velocity fields (Figure 6a). We are not aware of any previous observations of rotations in ice‐
sheet surface stresses of this magnitude calculated using both horizontal and vertical ice‐sheet displacements.
Rotations in principal stresses were identified in modeled ice‐sheet surface stresses obtained from variations in
horizontal velocities observed in the Pâkitsoq region in western Greenland (Hoffman et al., 2018).
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In the months to years following earthquakes, crustal stresses rotate back to the pre‐event stress field, which is set
by long‐term plate motion (Hardebeck & Okada, 2018). A rotation back to pre‐event stress orientations must also
occur following the lake drainages, as ice flow is driven, on larger scales, by ice‐sheet geometry (Cuffey &
Paterson, 2010). Inter‐station horizontal strain rates return to pre‐event values within a few hours following the
drainages (Figure 5 and Figure S2 in Supporting Information S1), indicating that ice‐flow quickly reverts to its
pre‐drainage direction. Ice‐sheet‐surface vertical deformation, however, takes ∼10 days in 2011 and ∼2 days in
2012 (Figure 2d) to relax to pre‐event heights (Lai et al., 2021), delaying the return to pre‐event stress orienta-
tions. Over these time‐scales, NIF‐derived estimates are inappropriate for estimating stresses; methodologies
which incorporate viscoelastic deformation are required to quantify stress orientation rotations back to pre‐event
directions following rapid lake drainages.

5.4. Considering Hydro‐Fracture Likelihood Within a Triggering Framework

Our modeled estimates of stress invite the consideration of hydro‐fracture likelihood within frameworks
developed to investigate triggering relationships between terrestrial earthquakes (Harris, 1998; Scholz, 2019;
Stein, 1999). Here, we apply this framework as a lens for interrogating the utility of stress‐threshold criteria that
have emerged in recent years for identifying “triggered” supraglacial lake drainages (Andrews et al., 2018;
Christoffersen et al., 2018; Hoffman et al., 2018; Poinar & Andrews, 2021; Stevens et al., 2015; Williamson
et al., 2018).

During L1A drainages, the L1C basin experiences a change to more compressional surface stresses and L1C does
not drain in either year, providing strong support for the importance of the direction of stress change (Har-
ris, 1998). For the importance of the amount of stress, in this study, we considered 200 kPa as an estimate for the
yield stress of glacial ice σc, above which we expect surface fractures to open (van der Veen, 1998, 2007;
Weertman, 1973). We can use σ1 estimates at the two draining lakes in our study to test this chosen σc. At L1A
hydro‐fracture initiation (t2), L1A σ1 values are 288 kPa in 2011 and 160 kPa in 2012 when μ = 1.5 GPa
(Figures 6i and 6q). In 2012, when L1B also drains via hydro‐fracture, L1B σ1 values surpass these two L1A σ1(t2)
values (Figure 6q), supporting a tensile stress‐threshold criterion for hydro‐fracture initiation for the two lakes.
Increasing μ from 1.5 to 3.9 GPa more than doubles the estimates of L1A σ1(t2), but L1A σ1(t2) does not reach the
1 MPa order‐of‐magnitude threshold suggested by Ultee et al. (2020) in either year (Figures 6i and 6q).

The value of stress—or stress change—needed to initiate hydro‐fracture, however, may also depend on how close
the proto‐fracture is to failure (Stein, 1999), which may differ between lake basins. If one or multiple fractures
already exist in the lake basin, a lower σc for initiating hydro‐fracture is expected. The recurring fracture through
L1A is likely to be near this end member, as some portion of this fracture has reactivated nearly annually since at
least 2006 (Das et al., 2008). If hydro‐fracture‐driven drainage occurs through undamaged ice, the proto‐fracture
is further from failure and a higher σc is required for fracture initiation. This end member may be relevant for lakes
like L1C, which had a 7‐year stretch with no drainages from 2009 to 2016 (Figure 1b). By attempting to constrain
σc using observations of a fracture plane near failure, we risk defining σc to be too low for (a) lakes at equivalent
elevations with a lower drainage frequency via hydro‐fracture and (b) lakes at higher elevations where ice is
currently less damaged (Howat et al., 2013). Setting σc too low and applying the same σc across different lake
basins would lead to an over prediction of hydro‐fracture‐driven drainages.

In sum, using a fixed stress threshold as the criterion for predicting whether a particular hydro‐fracture‐driven
drainage could be triggered by another lake drainage may not be very useful, especially if this criterion is
applied independent of lake‐specific factors including, but not limited to, the degree of ice damage, the advection
and/or temporal evolution of surface‐to‐bed meltwater pathways, and the temporal spacing of hydro‐fracture
events along repeatedly used fracture planes. In the potentially analogous case of triggering relationships be-
tween earthquakes, various perturbing stresses have been observed to trigger or not to trigger earthquakes (Pollitz
et al., 2012; Prejean & Hill, 2014). The full picture for triggering relationships between lake drainages is likely
more complicated than can be treated in this study of three lakes. However, our demonstration that the drainage of
one lake can either promote or inhibit drainage of neighboring lakes via hydro‐fracture points toward the use of a
framework that quantifies the increased (or decreased) likelihood of hydro‐fracture initiation, rather than the
exclusive application of a uniform stress threshold.
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5.5. Open Challenges in Determining Lake‐Drainage Mechanisms

Several processes in addition to stress‐coupling triggers for hydro‐fracture‐driven drainage likely contribute to
temporal and spatial clustering of lake drainage (Yang & Smith, 2016). In this section, we use examples from the
lakes in our study to illustrate how lake‐filling synchronicity and temporal aliasing in remote‐sensing observa-
tions can lead to apparent clustering in which the lake‐drainage mechanism is unrelated to stress transmission
between lake basins. Correctly differentiating between the various processes, and a clear understanding of data
limitations that can lead to the observation of apparent drainage clusters, is required to apply the mechanism of
elastic stress coupling observed in this study to the evaluation of hydro‐fracture‐driven drainage dynamics of
other populations of lakes.

In our study area, the three lake basins lie at similar elevations and fill based on similar surface‐melt rates. Similar
rates of lake filling can lead to, or facilitate, drainage synchronicity for lakes of similar basin volumes and
supraglacial catchment areas (Yang & Smith, 2016). For example, from 2000 to 2023, lake‐filling onset syn-
chronicity in 88% of years and drainage synchronicity in 12.5% of years was observed between L1A and a lake
6 km to the northeast: L1D (68.77°N, 49.44°W; lake “B” in Kingslake et al. (2015); Table S2 in Supporting
Information S1). In most years, a prominent outflow stream exits from the western margin of L1D before flowing
into L1C (Kingslake et al., 2015) or into a crevasse field to the north (Figures 1c–1f), indicating that L1D drains
via overspill mechanisms not associated with surface‐stress changes. Interpreting L1D and L1A synchronous
drainages as mechanistic examples of stress coupling between the two lakes—or any lakes that drain synchro-
nously via outflow streams (e.g., Christoffersen et al., 2018)—would be inaccurate.

Compared to in situ GPS observations, temporal aliasing in remote‐sensing observations of horizontal strain rates
(Poinar & Andrews, 2021) and lake‐drainage dates (Yang & Smith, 2016) pose significant challenges for
confidently assessing lake‐drainage mechanisms. Our GPS data constrain the duration of lake‐drainage‐induced
strain rates outside of background conditions (>|0.05| yr− 1) in both years to be <4 hr in all three lake basins
(Figure 5 and Figure S2 in Supporting Information S1). Thus, the duration of horizontal strain‐rate coupling
during a rapid lake drainage event occurs over durations that are almost always too short to be observed in
remotely sensed surface velocities (Poinar & Andrews, 2021). Similarly, optical satellite‐imagery records with
temporal image spacing longer than the duration of rapid lake drainage (∼2–6 hr) will typically be insufficient to
distinguish between hydro‐fracture‐driven drainages and overspill drainages (Fitzpatrick et al., 2014; Morriss
et al., 2013; Selmes et al., 2011). With roughly a third of days being cloudy during the melt season (Cooley &
Christoffersen, 2017), drainage‐date catalogs compiled from optical images will almost always provide tempo-
rally aliased records of lake‐drainage dates. Determining the mechanisms of individual or temporally clustered
lake drainages from such records is problematic (Poinar & Andrews, 2021; Williamson et al., 2018), unless all
post‐drainage basins are inspected for evidence of drainage via overspill versus hydro‐fracture (e.g., Selmes
et al., 2011). Regular synthetic aperture radar (SAR) coverage can be used to monitor lake filling and draining
through clouds, with a consistent temporal sampling of 6 days (Lemos et al., 2018), but our GPS observations
suggest that this frequency is still too coarse.

The dense spatial sampling of our GPS array captures differences in ice‐sheet horizontal and vertical deformation
during lake‐drainage events that occur over inter‐station baselines as short as 2–3 km (Figures 2b–2d), indicating
that the length scale for coherent surface deformation in our study area can be as short as ∼2 ice thicknesses. We
observe sign differences in strain rates (Figure 5 and Figure S2 in Supporting Information S1) and modeled
stresses (Figure 6) over similar distances. With a reduced spatial density of observations, such as that we would
obtain from strain‐rate estimates across two lake basins (Figure S5 in Supporting Information S1), the basin‐
specific strain‐rate patterns observed to align with temporally evolving stresses would be obscured. These ob-
servations elucidate a critical point for studying inter‐lake drainage dynamics: multiple GPS observations are
needed at locations surrounding individual lake basins and at locations along subglacial‐flood pathways between
lake basins to accurately calculate strain rates and stresses between and within neighboring basins. Arrays that are
predominantly oriented along the flowline are not as well suited for the study of inter‐lake drainage dynamics
(Poinar & Andrews, 2021).

Finally, remotely sensed horizontal surface velocities cannot fully resolve components of elastic stress driven by
ice‐sheet uplift, which we find to be the strongest predictor of σ1 during drainages (Figure 7). Recent advances in
the analysis of differential SAR interferometry (DInSAR) Line‐of‐Sight velocity fields have constrained both
vertical and horizontal displacement fields during winter episodes of subglacial water movement beneath the
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Greenland Ice Sheet, highlighting that a substantial component of surface deformation due to this water move-
ment is vertical (Andersen et al., 2023; Maier et al., 2023). However, InSAR‐based approaches are unable to
coherently observe ice‐sheet surface deformation in the ablation zone during the melt season, as surface ablation
contributes to the vertical component of motion observed by DInSAR Line‐of‐Sight velocity fields (Andersen
et al., 2023).

6. Conclusions
A mechanistic understanding of meltwater pathways connecting the surface of the Greenland Ice Sheet to the
bed is required to estimate where future pathways are likely to form. Hydro‐fracture beneath supraglacial lakes
is one way to create new surface‐to‐bed pathways within and near lake basins. In this study, we have focused
on a group of three lakes that form <4 km apart in the ablation zone of the western margin of the Greenland
Ice Sheet, all of which experience drainage via hydro‐fracture in some years. We investigate whether elastic
stress transmission following the drainage of one lake is sufficient to induce hydro‐fracture‐driven drainages of
other lakes. We find that, when the central lake drains via hydro‐fracture, the two neighboring basins are
placed in, respectively, tensional and compressional surface stress relative to their individual basin hydro‐
fracture scarp orientations. In the basin receiving increased tensional stress, hydro‐fracture initiation and
drainage is thus promoted, while in the basin receiving compressional stress, fracture and drainage are
inhibited. In both years for which in situ observations are available, the sense of surface‐stress change is highly
dependent on where surface uplift caused by basal cavity opening occurs following drainage of the central
lake.

Our estimates of changes in ice‐sheet surface stress are consistent with the drainage timing of the three lakes from
2000 to 2023, with the lake that is placed in tension draining close in time to the central lake four times as often as
the lake placed in compression. We find that elastic stress changes caused by basal‐cavity opening provide a
physical explanation for these lakes' temporally clustered, hydro‐fracture‐driven drainages and their regular
triggering behavior. However, changes to the stress field during and immediately following drainages are
spatially complex, and we find a short, up‐flow stress‐coupling length scale of no more than a few ice thicknesses,
indicating that elastic deformation during a rapid lake drainage is unlikely to affect stresses far inland, and un-
likely to trigger distal inland lakes to drain via hydro‐fracture. Additional in situ observations between lake basins
located farther apart from one another, but still within the same subglacial hydrologic catchment, would enable
further testing of this hypothesis. Pairing such observations with ice‐sheet stress estimates that consider both (a)
the horizontal and vertical ice‐sheet deformation characteristics of lake drainages, and (b) an evolving basal
blister and slip distribution due to drainage‐imposed changes in subglacial hydrology, could further constrain the
length scales of stress and the potential hydrologic linkages between lower‐ and upper‐elevation lake basins. In
addition, our findings highlight the need for greater attention to identifying the drainage mechanism—hydro‐
fracture versus basin overspill—in catalogs of lake‐drainage dates in order to justify extending the observation
of stress transmission between lake basins shown in this local study to the evaluation of hydro‐fracture‐driven
drainage dynamics of other lakes.

Conflict of Interest
The authors declare no conflicts of interest relevant to this study.

Data Availability Statement
Sentinel‐2 Imagery from the European Space Agency were accessed via the U.S. Geological Survey Earth Ex-
plorer (https://earthexplorer.usgs.gov); the file names of images used here are listed in Table S3 of Supporting
Information S1. TerraSAR‐X velocity data are archived at the National Snow and Ice Data Center (https://nsidc.
org/data/nsidc‐0478/versions/2; Joughin et al., 2015). GPS data are archived at the GAGE Facility operated by the
EarthScope Consortium (https://www.unavco.org/data/doi/10.7283/T5222SJK; Das et al., 2018). The Cooley
and Christoffersen (2017) drainage‐date catalog for the North Lake region (Table S1 in Supporting Informa-
tion S1) was obtained from S. Cooley via personal communication. Data and model output underlying figures and
videos presented in this study are archived in a Zenodo repository (https://doi.org/10.5281/zenodo.10650188;

Journal of Geophysical Research: Earth Surface 10.1029/2023JF007481

STEVENS ET AL. 22 of 25

 21699011, 2024, 5, D
ow

nloaded from
 https://agupubs.onlinelibrary.w

iley.com
/doi/10.1029/2023JF007481 by T

est, W
iley O

nline L
ibrary on [27/06/2024]. See the T

erm
s and C

onditions (https://onlinelibrary.w
iley.com

/term
s-and-conditions) on W

iley O
nline L

ibrary for rules of use; O
A

 articles are governed by the applicable C
reative C

om
m

ons L
icense

https://earthexplorer.usgs.gov
https://nsidc.org/data/nsidc-0478/versions/2
https://nsidc.org/data/nsidc-0478/versions/2
https://www.unavco.org/data/doi/10.7283/T5222SJK
https://doi.org/10.5281/zenodo.10650188


Stevens & Larochelle, 2024). Multiple figures presented in this study use the “Dock at Eel Pond” palette of
PaletteWoodsHole (https://github.com/shu251/PaletteWoodsHole).
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