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Abstract

The warming induced by anthropogenic carbon emissions affects the climate

system through a multitude of physical mechanisms. Changes in the dynamics,

thermodynamics and biogeochemistry of the ocean alter the different ocean car-

bon reservoirs, potentially resulting in further carbon emissions and a climate-

carbon feedback. Surface wind stress and surface warming are two of the most

influential forcings acting on the ocean carbon system in past, present and fu-

ture climates due to their influence on the mixed layer dynamics and the large

scale ocean circulation.

This thesis quantifies the climate-carbon feedback of wind stress and surface

warming, with a particular focus on the mechanisms driving the feedbacks and

the role of the Southern Ocean and the North Atlantic. To study the feedbacks,

a set of theoretical scalings and a hierarchy of numerical simulations are used.

Of the climate feedbacks examined, increased surface warming is likely to result

in large atmospheric CO2 anomalies while the effects of North Atlantic wind

stress are likely to be negligible. The atmospheric feedback of surface warming

is constrained by compensating changes in separate ocean carbon reservoirs as

a result of warming-induced circulation changes. Southern Ocean winds affect

atmospheric CO2 through both local upwelling of carbon as well as the remote

modification of Equatorial and North Atlantic chemistry. As a result, the net

Southern Ocean wind stress feedback could be significant and even comparable

to the temperature feedback. This thesis provides a quantification of regional

and global climate-carbon feedbacks due to ocean dynamics. The estimates of

carbon-climate feedbacks are useful tools for understanding past, present and

future climates.
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1

Introduction

Since the start of the industrial era, atmospheric carbon dioxide concentrations have risen

from 280 ppm to breach 400 ppm in 2013, representing an increase of over 40%. Carbon

dioxide, CO2, is an important greenhouse gas so any increase in global concentrations has a

substantial impact on global temperatures. The increase in the atmospheric CO2 reservoir

only represents a part of the emitted anthropogenic carbon, since most of the carbon is

taken up and stored by the ocean. The ocean is by far the largest active reservoir of

carbon at 40,000 Gigatonnes (GtC), while the atmosphere contains only 750 GtC and the

biosphere just over 2000 GtC. On timescales of several centuries, around 80% of emitted

anthropogenic carbon will be mixed into the ocean [Solomon et al., 2009].

Fully appreciating the effect of anthropogenic CO2 on the climate requires under-

standing how ocean dynamics and the carbon cycle respond to climate change. Section

1.1 briefly discusses the key dynamical processes within the ocean that determine the in-

ternal distribution of carbon. Section 1.2 describes the different components of the ocean

carbon cycle and how they are affected by these dynamics. Section 1.3 outlines previous

work in quantifying dynamical feedbacks of the ocean carbon cycle on atmospheric CO2

and section 1.4 discusses how this thesis aims to further our understanding of climate

feedbacks.

1.1 Ocean processes controlling carbon storage

1.1.1 Mixed layer

The interaction between the ocean and atmosphere is dictated by the mixed layer, the

surface layer in the ocean stirred by the surface winds such that water density and tracers

are near-uniform within. The mixed layer’s carbon concentration and temperature set the

magnitude of the atmosphere-ocean exchange of carbon and heat at the ocean surface,

respectively. The main fluxes in and out of the mixed layer that set the local properties

are generally: air-sea surface fluxes, lateral and vertical advection, and lateral and vertical

diffusion. The heat flux is dictated by air-sea temperature differences and for carbon

by the air-sea disequilibrium in partial pressure of CO2, pCO2. The lateral advection is

1



given predominantly by the wind driven surface circulation. The lateral advection, which

depends on the background tracer gradient, can actively modify tracer concentrations in

the mixed layer if surface currents are across sloping mixed layer boundaries.

Vertical advection in the mixed layer is often thought about in terms of entrainment

due to changes in the mixed layer depth. Due to the seasonal changes in radiative and

freshwater forcing, the mixed layer depth exhibits a seasonal cycle of shallowing and deep-

ening. The two main drivers of mixed layer depth are density and wind stress. In the

winter, surface cooling leads to densification of mixed layer water and stronger winds cause

a deeper stirring, which deepens the mixed layer base. As a result, water underlying the

summer mixed layer is entrained and mixed into the winter mixed layer. Deep mixed

layers are a signature of a connection between the surface and deep ocean, exchanging

water properties between both. The driving processes of mixed layer deepening act as a

thermostat and stabilise mixed layer temperatures [e.g. Xie et al., 2010]. For example,

wind induced mixing in the Southern Ocean leads to deep mixed layers and brings deep

carbon-rich water to the surface. In regions of strong air-sea surface heat flux, e.g. the

Tropics, low surface densities cause shallow mixed layer and isolation of the surface ocean

from underlying waters.

Diffusive fluxes also need to be accounted for in the mixed layer, but are usually much

smaller compared to the other terms [e.g. Levy et al., 2013]. There are also tracer-specific

mixed layer fluxes that do not explicitly depend on the circulation such as a radiative heat

loss in the case of temperature or a biological flux in the case of carbon or oxygen. These

will be discussed later on.

1.1.2 Surface circulation

The ocean’s surface circulation is largely determined by the forcing of zonal surface winds,

which act as a source of momentum. Ocean gyres are created through Sverdrup balance1

[Sverdrup, 1947]: anti-cyclonic (clockwise in the Northern hemisphere) rotating gyres in

the sub-Tropics and cyclonic gyres in the sub-polar regions (see Fig. 1.1a). Through

Ekman transport [Ekman, 1905], there is net transport of water at right angles to the

surface current such that water is aggregated in the interior of the sub-tropical gyres and

1The balance arises from the conservation of total vorticity, whereby a change in relative vorticity due
to wind stress is balanced by a change in planetary vorticity.
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exported out of sub-polar gyre leading to convergence and divergence, respectively. The

net result is a rise in sea surface height in sub-tropical gyres and a sea surface depression

in sub-polar gyres. The surface gyres are in geostrophic balance such that time mean

surface currents mostly follow sea level height contours ( see Fig. 1.1).

(a)
(b)

Winds Oceanic Currents

W. E. Easterlies

Westerlies

Westerlies

Cyclonic Zone

Anticyclonic Zone

Anticyclonic Zone

Trade Winds

Trade Winds

Equatorial Calms
(the doldrums)

Polar Current

West Wind Drift

West Wind Drift

Subpolar Gyre

Subtropical Gyre

Subtropical Gyre

North Equatorial Current

South Equatorial Current

Equatorial Counter Current

Sea surface height anomaly (m)

Figure 1.1: a) Theoretical gyre circulation diagram; the arrows indicate the flow pattern;
b) Sea surface height anomalies relative to the global mean sea level for the period 1990-
2000.

Convergence in sub-tropical gyres causes a local depression of the thermocline2 causing

mixing of surface tracers with deeper waters. Similarly, the divergence in sub-polar gyres

raises the thermocline such that deep waters are entrained into the surface mixed layer

causing upwelling of tracers. The thickness of the thermocline determines the heat and

surface tracer content of the upper ocean, as well as the inertia of the interactions with the

atmosphere on seasonal timescales. The thermocline depression in sub-Tropical gyres is

visible in ocean tracers that are forced at the ocean’s surface, such as salinity (Fig. 1.2a),

where there is a depression of the signal in the mid-latitude sub-tropical gyres.

The vertical structure of the gyres in the stratified ocean also results in shoaling of

vorticity contours in the interior of the gyre that end on continental boundaries rather

than reaching the surface. As a result, there are regions in the eastern Tropics in each

2Generally defined as the depth of the maximum in the vertical gradient of temperature, signalling
strong stratification.
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ocean basin that are unventilated by the wind-driven circulation. These regions, generally

between 200-1000m depth, are referred to as shadow zones. Due to the low ventilation

(see Fig. 1.2b), shadow zones contain older water which accumulates organic tracers such

as carbon and phosphate, and are subsequently stripped of oxygen. Shadow zones are

therefore often measured in the real ocean through oxygen concentration and are referred

to as oxygen minimum zones. Sverdrup balance in the sub-tropical gyre results in net

equator-ward transport in the interior, balanced by a narrow western boundary current,

where frictional forces are large enough to break the vorticity balance. Due to the high

meridional transport and velocities, 30 Sv (1 Sv = 106m3/s) at 1-2 m/s for the Gulf

Stream approximately [Lund et al., 2006], there is strong heat flux out of the ocean (see

Fig. 1.6c). Due to the water exchanged between the sub-polar and sub-tropical gyres,

the western boundary currents and their extensions are vital in the meridional transport

of ocean heat and tracers.

In the Southern high latitudes, the Southern Ocean forms an open channel around

Antarctica. The westerly winds over the Southern Ocean accelerate a zonal Antarctic Cir-

cumpolar Current (ACC) of an average strength of 130 Sv. The ACC is constrained topo-

graphically mainly by Drake passage between Antarctica and South America, which forms

a 800-km wide sill. The zonal transport is also partly driven by the sill, which enhances

transport through zonal pressure gradients [Gill and Bryan, 1971] and by geostrophic

transport due to the meridional temperature gradient [Cai and Baines, 1996]. The mo-

mentum input by the wind is understood to be largely dissipated by form stress over

rough topography [Munk and Palmen, 1951] transferred downward through a turbulent

eddy field [Johnson and Bryden, 1989, Bryden and Cunningham, 2003]. Via Ekman pump-

ing, the westerly winds over the Southern Ocean transport water northwards that forces

water from depth up to the surface, causing shoaling of isopycnals (density surfaces). Due

to the northward volume transport of water, the Southern Ocean forms a key area in the

large scale overturning circulation in the ocean.
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(a)
(b)

Figure 1.2: a) Atlantic transect of salinity from 1993 [Oppo and Curry, 2012], with lines
showing sanity contours and red indicates a high salinity, b) ocean age determined from
tritium-helium decay on the 1026.5 kg/m3 density surface, from the Woods Hole Oceano-
graphic Institute [WHOI, 2015] (the years given are not accurate but are used to represent
relative age).

1.1.3 Meridional overturning circulation

Mixing of surface waters with sub-thermocline deep water requires the densification of

surface water parcels through temperature and salinity forcing. Similarly, the upwelling

of deep water to the surface requires mechanical forcing, so surface-deep water exchange

only occurs in specific places, most notably at the high latitudes.

In the Southern Ocean, Ekman pumping upwells deep water along isopycnals (see

Fig. 1.3a). Once upwelled, the majority of water is advected northwards and warmed.

Where the northward advected water meets warmer and more buoyant water from the sub-

tropical gyre boundary current, it sinks underneath forming Antarctic Intermediate Water,

AAIW, which is advected northward underneath the thermocline. AAIW is advected

mainly to the North Atlantic where it is mixed into the seasonal thermocline in the sub-

polar gyre. South of the ACC, there is strong cooling due to winds and ice formation

processes (most notably in the Ross and Weddell seas) such that deep convection and

vertical mixing are triggered in winter time [Gordon, 1978, Killworth, 1983, Orsi et al.,

2002].

Deep waters created South of the ACC form Antarctic Bottom Water, AABW, and

are lightened in the ocean interior through diapycnal mixing and upwelled again in the

Southern Ocean (e.g. Watson and Garabato [2006]). Due to both the upwelling and sinking
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of waters, there are regions of both ocean heat uptake and release (see Fig. 1.3a). Similarly,

carbon from deep waters is brought to the surface through upwelling along the ACC, while

North and South of the ACC, carbon is removed from the surface and transformed into

mode waters3 (e.g. Fig. 1.6). The result is a complex pattern of surface fluxes that exert

strong controls on the atmosphere-ocean balance of heat and carbon [e.g. Toggweiler, 1999,

Kuhlbrodt et al., 2007, Sigman et al., 2010, Skinner et al., 2010]. In the Northern high

latitudes, deep water formation occurs in the Arctic Ocean and Labrador Sea [Killworth,

1983, Rudels et al., 1991, Dickson and Brown, 1994] (see Fig. 1.3b). Strong surface cooling

in winter increases the density and leads to deep mixed layer, vertical mixing, convection

and deep water formation in the sub-polar and polar regions.

Due to the Atlantic Ocean’s high salinity, the water formed in the Labrador Sea and

Arctic Ocean, North Atlantic Deep Water, NADW, has a characteristically high salinity

(see Fig. 1.4a). The combination of deep convection and wind-induced divergence in the

sub-polar gyre results in a strong connection between the surface and deep ocean and

therefore is key in both ventilating sub-thermocline nutrients, as well as storing heat

and carbon in the deep ocean (e.g. Levitus et al. [2000], Sabine et al. [2004], Boccaletti

et al. [2005], Williams et al. [2011], Haekkinen et al. [2013]). Figure 1.4a shows observed

salinity in the Atlantic Ocean, and accordingly shows the distribution of the different

water masses of NADW, AAIW and AABW. Figure 1.4b shows the transport of water

masses in the Atlantic basin more simplistically and serves as a representation for the

global overturning circulation. We make a distinction between the bottom overturning

cell, containing AABW, and the upper overturning cell, formed mainly of NADW and

AAIW, often referred to as the Meridional Overturning Circulation, MOC. Despite the

distinction, the two cells are by no means separate since water masses are mixed in the

interior [Talley, 2013]. The global overturning circulation is a complex system and while

surface winds and thermohaline forcing are important drivers, they are certainly not the

only ones. Other processes such as diapycnal mixing and diffusion in the ocean interior

and Southern Ocean eddies are key components of the global mechanism [Wunsch and

Heimbach, 2013]. The ocean dynamics are non-linear, where advective processes often

dominate viscous ones.4 Particularly high eddy kinetic energies are observed in regions of

strong rotation, vertical shear and density gradients such as in ocean fronts [Orlanski and

3Mode waters are sub-surface water masses with characteristic temperature and salinity properties.
4Reynolds numbers in the ocean, given the average current speed and basin length scales can be on the

order of 1011.
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(a) (b)

Figure 1.3: a) Diagram of the Southern Ocean circulation, with the colours showing
temperature, from the Australian National University [ANU, 2015], b) diagram of the
simplified North Atlantic overturning circulation, with red showing warm surface waters
and blue showing colder deep waters in the southward return current. The transformation
of warm (red) to cold (blue) occurs in the Labrador Sea and the Arctic Ocean, from
Rahmstorf [1997].

Cox, 1973]. Such regions include the Gulf Stream, Kuroshio Current, equatorial currents

and the ACC. In the context of the large scale circulation, eddies are especially important

in the Southern Ocean and their role within the overturning has been described using

residual-mean theory [Marshall and Radko, 2003].

The upwelling of dense water and subsequent tilting of isopycnal in the Southern

Ocean raises the potential energy of the system. The density gradients induced by the

flow create baroclinic instabilities resulting in a mesoscale eddy field that acts to flatten the

isopycnal, effectively extracting potential energy from the baroclinic field and transporting

mass southward at the surface. The Ekman-induced northward surface velocities imply

a mean Eulerian overturning cell, Ψ, known as the Deacon cell [Doos and Webb, 1994].

However, the eddy field acts to transport mass in the opposite sense, implying an opposing

velocity field (the “bolus” velocity field) and opposing cell, Ψ∗. The total transport is given

by the sum of the two cells: Ψ = Ψ + Ψ∗, the residual circulation (see Fig. 1.5). Since

mesoscale eddies are 10 to 100 km in diameter, they are largely unresolved in coarse general

circulation models, so are accounted for by a bolus velocity parametrization that depends

on the sloping of isopycnals [Gent and McWilliams, 1990].
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Figure 1.4: a) Salinity (in practical salinity units) measured along ship track along 25W
in the Atlantic Ocean, where orange indicate high values and cyan low values (from Talley
[2014]), b) Schematic of the meridional overturning circulation (adapted from Fig. 2.4.10
in Sarmiento and Gruber [2006])
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FIG. 2. Schematic diagram of the Eulerian mean ( ) and eddy-C
induced transport (C*) components of the Southern Ocean meridional
overturning circulation driven by wind (t) and buoyancy (B) fluxes.
The associated velocity is computed from the streamfunction as (u,
y) 5 (2]C/]z, ]C/]y), where y is a coordinate pointing northward
and z points upward. The sloping lines mark mean buoyancy surfaces
. The eddy buoyancy flux is resolved into a component in theb y9b9
surface and a horizontal (diapycnal) component.b

]b ]b ] ] ]B
y 1 w 1 (y9b9) 1 (w9b9) 5 , (1)

]y ]z ]y ]z ]z

where ( , ) is the Eulerian mean velocity in the me-y w
ridional plane, is the mean buoyancy, and variablesb
have been separated into mean (zonal and time) quan-
tities and perturbations from this mean caused by tran-
sient eddies. Here, for simplicity, we have adopted a
Cartesian coordinate system (see Fig. 2). Note that we
are in the Southern Hemisphere: x increases eastward,
y increases equatorward, z increases upward, and the
Coriolis parameter f , 0. In Eq. (1) the buoyancy forc-
ing from air–sea interaction and small-scale mixing pro-
cesses has been written as the divergence of a buoyancy
flux B.
Our goal now is to express Eq. (1) in terms of the

residual circulation Cres:

C 5 C 1 C*,res (2)

where is the overturning streamfunction for the Eu-C
lerian mean flow and C* is the streamfunction for the
overturning circulation associated with eddies (see Fig.
2 and caption). The key step is to note that if the eddy
flux lies in the surface, then= · can be writtenv9b9 b v9b9
entirely as an advective transport, v* · = , where, fol-b
lowing Held and Schneider (1999), v* is defined in
terms of a streamfunction C* given by

w9b9
C* 5 2 . (3)

by

Here is the vertical eddy buoyancy flux and y isw9b9 b
the mean meridional buoyancy gradient.
In more precise terms, to express Eq. (1) in terms of

Cres, we eliminate ( , ) using Eqs. (2) and (3) to ob-y w
tain1

]B ]
J (C , b) 5 2 [(1 2 m)y9b9], (4)y,z res ]z ]y

where Jy,z(Cres, ) 5 (Cres)y z 2 (Cres)z y 5 v* · =b b b b
and m is given by

w9b9 1
m 5 . (5)1 21 2y9b9 sr

Here

s 5 2b /br y z (6)

is the slope of mean buoyancy surfaces. The parameter
m controls the magnitude of the diapycnal eddy flux: if
m 5 1, then the eddy flux is solely along surfaces,b
the diapycnal horizontal component vanishes, and the
advective transport captures the entire eddy flux; if m
5 0, horizontal diapycnal eddy transport makes a con-
tribution to the buoyancy budget. Diagnosis of the eddy-
resolving ‘‘polar cap’’ calculations presented in Karsten
et al. (2002) shows that the interior eddy flux is indeed
closely adiabatic but that, as the surface is approached,

tends to zero, leaving a horizontal eddy flux di-w9b9
rected across surfaces. The implications of these dia-b
batic eddy fluxes are studied in section 3f. Elsewhere
in our study we assume that all diabatic eddy fluxes are
zero.
Note the following.

1) Streamfunction C*, Eq. (3), is defined so that, in the
limit of adiabatic eddies, vanishing small-scale mix-
ing, and air–sea buoyancy fluxes (m 5 B 5 0), Eq.
(4) reduces to J(Cres, ) 5 0. Then is advected byb b
Cres, suggesting that classic inferences of overturn-
ing in the Southern Ocean based on tracer distri-
butions (see Fig. 1b) are sketches of the residual,
rather than of the Eulerian mean flow.

2) Streamfunctions C*, , and hence Cres unequivo-C
cally vanish at the surface because 5 w9 5 0 there.w

2) MOMENTUM

We now wish to express the momentum balance in
terms of residual, rather than Eulerian-mean velocities.
This is desirable because the buoyancy equation [Eq.

1 To arrive at Eq. (4) from Eq. (1), decompose the eddy fluxes
( , ) into an along- component ( /sr, ) and the re-y9b9 w9b9 b w9b9 w9b9
maining horizontal component ( 2 /sr, 0) (see Fig. 2). They9b9 w9b9
divergence of the along- component is then written as an advectiveb
transport

= · (w9b9/s , w9b9) 5 y *b 1 w*b 5 J(C*, b),r y z

where C* is given by Eq. (3). This is combined with mean flow
advection in Eq. (1) to yield the lhs of Eq. (4). The divergence of
the diapycnal (horizontal) eddy flux leads to the last term on the rhs
of Eq. (4).

Figure 1.5: Residual mean theory in the Southern Ocean: the residual circulation com-
prises the sum of the clockwise Eulerian Ψ circulation, driven by surface wind stress τ and
surface buoyancy forcing B, which steepens the isopycnals b. The anti-clockwise bolus cir-
culation Ψ∗ is driven by eddies and acts to flatten the isopycnals. The eddy field drives a
southward buoyancy flux v′b′. Figure from Marshall and Radko [2003], Lauderdale [2010].

The strength of the eddy field and bolus velocity depends on the tilting of isopycnals,

so it follows that as westerly winds over the Southern Ocean increase and the isopycnals
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are tilted more, the eddy response strengthens to flatten the isopycnals. The presence of

eddies therefore reduces the sensitivity of the Southern Ocean density field to wind stress

and buoyancy perturbations. The consequential reduction in sensitivity of the ACC and

Ekman transport with respect to wind stress perturbations is known as eddy saturation

or eddy compensation [Straub, 1993, Hallberg and Gnanadesikan, 2001]. It is generally

found in eddy-resolving models that the ACC’s strength is nearly insensitive to wind

stress perturbations, although the global residual overturning circulation is only partially

compensated [Dufour et al., 2012, Meredith et al., 2012, Munday et al., 2013].

1.2 Ocean biogeochemistry

The physical processes described have a defining role in setting the distribution of carbon

on the world’s ocean. The physical transfer of carbon between the atmosphere and surface

ocean and between the surface and deep ocean is largely determined by physical processes,

however the biological transfer of carbon is also affected by the advected nutrient field.

The details of the ocean carbon distribution are described below.

1.2.1 The air-sea carbon flux

Carbon anomalies enter the ocean via surface exchange with the atmosphere. The transfer

of CO2 from the atmosphere to the ocean occurs through turbulent and diffusive exchange

as well as bubbles formed by breaking waves. The process depends strongly on wind

speed and many empirical relationships between wind speed and the gas transfer velocity

have been proposed [Higbie, 1935, Liss and Merlivat, 1986, Tans et al., 1990, Erickson,

1993, Wanninkhof, 1992, Wanninkhof and McGillis, 1999, Nightingale et al., 2000, McGillis

et al., 2001b,a]. The most common parametrization of the air-sea carbon flux, Fair−sea,

follows Wanninkhof [1992] and takes the form:

Fair−sea = k(pCOa2 − pCOo2), (1.1)

where k = 0.39u2
w (Sc/660)−1/2 and pCOa

2 and pCOo
2 are the atmospheric and ocean partial

pressure of CO2 respectively, k is the gas transfer velocity, uw is the surface wind speed and

Sc is the Schmidt number which quantifies the thickness of the mass transfer boundary

layer (the constant 0.39 is determined empirically and 660 is the Schmidt number for

seawater at 20◦C). The air-sea flux of carbon is largely determined by the difference in

atmospheric and ocean partial pressure. Since atmospheric CO2 is generally well-mixed,
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the broad-scale pattern of the air-sea flux is determined by the ocean pCO2 and the air-sea

heat flux.

Figure 1.6a-b shows the result of gridded in-situ measurements of ocean pCO2 in 1990

in the form of the air-sea pCO2 difference in Boreal summer (panel a) and winter (panel

b). The pattern of sea-air heat flux is shown in panel c, and the yearly mean of sea-air

CO2 flux in 1990 is shown in Fig. 1.6d. The pattern of the sea-air CO2 flux is seen to

be largely dominated by the air-sea pCO2 difference with the sea-air heat flux playing an

important role at high latitudes.

pCO2-pCO2 August 1990 (ppm) pCO2-pCO2 February 1990 (ppm)

Sea-air heat flux 1979-2010 (W/m2) Sea-air CO2 flux 1990 (1012 g/yr/4x5° box)
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Figure 1.6: Observed yearly mean atmosphere-ocean pCO2 difference in 1990 (ppm) in a)
August and b) February from data [Takahashi, 2015]; c) mean sea-air heat flux between
1979 and 2010 (W/m2), from ERA-40 re-analysis [Uppala et al., 2005]; d) Yearly mean
sea-air CO2 flux in 1990 (1012g/yr/4x5◦ box) from data [Takahashi, 2015].

Ocean pCO2 is generally high in the Tropics since gases are less soluble at high tem-

peratures.5 Accordingly, ocean pCO2 is higher than atmospheric pCO2 causing ocean CO2

outgassing. Water parcels cool as they are advected to the poles along western boundary

currents, so pCO2 decreases and drives a flux of carbon from the atmosphere into the

5The ability of water to dissolve CO2 molecules, the solubility, decreases with temperature and increases
with salinity. Ocean carbon solubility is generally driven by temperature.
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ocean. The pattern of ocean CO2 outgassing in the Tropics and uptake at high latitudes

determines to a large extent the distribution of carbon in the ocean interior, alongside

sub-surface ocean dynamics.

1.2.2 The components of the ocean carbon cycle

Once dissolved in sea water, dissolved CO2, CO∗2, interacts with water molecules to form

bicarbonate HCO−3 and carbonate ions CO2−
3 . The total concentration of carbon, or

Dissolved Inorganic Carbon (DIC), is given by:

DIC = [CO∗2] + [HCO−3 ] + [CO2−
3 ], (1.2)

where square brackets indicate concentration. While numerical models solve for the indi-

vidual chemical components (see section 2.3), to better understand the ocean carbon cycle

and its response to forcings, DIC is often broken down into two main components, the

preformed, Cpre, and regenerated, Creg, carbon concentrations [Broecker, 1974, Broecker

and Peng., 1982, Broecker and Takahashi, 1985, Toggweiler et al., 2003b]. The preformed

component is the carbon concentration of a parcel of water when last in contact with

the atmosphere. The regenerated component is the accumulated DIC due to biological

processes after subduction.

The preformed carbon can be decomposed further into the concentration the water

parcel would have if it was at equilibrium with the atmosphere, the saturated carbon

concentration Csat and the disequilibrium concentration between the ocean and atmo-

sphere at the time of subduction, Cdis (i.e. the difference between Cpre and Csat). Csat

is a function of temperature, salinity, alkalinity (it is assumed these are conserved in the

ocean interior) and the atmospheric pCO2. Csat also comprises contributions from an-

thropogenic atmospheric CO2 anomalies, however, Csat is generally defined with respect

to pre-industrial atmospheric CO2 levels. The anthropogenic contribution is therefore

captured in a separate component, Cant.

The regenerated carbon concentration can be separated into contributions from the

respiration of soft organic tissue, Csoft and from the remineralization of calcium carbon-

ate shells, Ccarb. Respiration of organic matter utilises oxygen such that Csoft can be

calculated from the Apparent Oxygen Utilization (AOU), the measured undersaturation
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of oxygen6: Csoft = −rC:OAOU , where rC:O is the Redfield ratio between carbon and

oxygen7 [Redfield, 1934]. DIC can therefore be written as:

DIC = Csat + Cdis + Csoft + Ccarb + Cant. (1.3)

To illustrate the contributions of each of the terms, Fig. 1.7 shows the zonal average in the

Atlantic of total DIC (Fig. 1.7a) and each of the components Csat, Cdis, Csoft, Ccarb from

a realistic ocean-only pre-industrial control simulation such that Cant = 0 (the calculation

of the components requires preformed and regenerated alkalinity and oxygen data fields,

which are easily available in models but not in observations). The results are the following:

• Atmospheric CO2 is generally well-mixed such that the distribution of Csat con-

centration (Fig. 1.7b) broadly coincides with the density structure (Carbon is more

soluble at low temperatures and high salinities [Volk and Hoffert, 1985]).

• Cdis (Fig. 1.7c) represents the over- or under-saturation of water parcels with re-

spect to saturated carbon at the time of subduction. Mode water originating in the

Southern Ocean generally has positive Cdis concentrations, since the equilibration

timescale of ocean carbon with the atmosphere is shorter than the residence time of

water parcels [Ito and Follows, 2013]. Deep biological carbon-rich water upwelled in

the Southern Ocean has insufficient time to outgas the excess carbon and equilibrate

with the atmosphere before subduction, so it has a positive Cdis concentration. The

re-subducted regenerated carbon is therefore re-labeled as Cdis. Conversely, in the

North Atlantic, water parcels are in equilibrium with the atmosphere prior to being

advected to the high latitudes. In the sub-polar region, biological activity strips car-

bon from the surface waters before deep water formation and re-equilibration with

the atmosphere, resulting in negative Cdis concentrations.

• Csoft accumulates with time, leading to higher concentrations in older waters. Csoft

is therefore high in the Antarctic Bottom Water as shown in Fig. 1.7d. Due to

equatorial upwelling over the Eastern tropical shadow zone, Csoft also accumulates

below the mixed layer in equatorial regions. Upon remineralisation of soft tissue,

waters are stripped of dissolved oxygen, causing low oxygen concentrations leading to

oxygen minimum zones (OMZ) [Cline and Richards, 1972, Paulmier and Ruiz-Pino,

6Oxygen has an air-sea equilibration timescale of less than a month, so the oxygen concentration of
subducted water parcels are assumed to be equilibrium with the atmosphere.

7The Redfield ratio is the stoichiometric ratio between carbon, nitrogen, phosphate and oxygen in
organic matter
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2009, Stramma et al., 2012]. Measurements of the extent of OMZs in the Pacific

and Atlantic have shown these zones increasing over the past decades [Keeling et al.,

2010, Stramma et al., 2012] and models also project further expansions of the OMZs

due to anthropogenic climate change [Sarmiento et al., 1998, Oschlies et al., 2008].

• The depth of carbonate remineralisation is deeper than for soft organic tissue [Tsuno-

gai and Noriki, 1991, Anderson and Sarmiento, 1994]. The majority of carbonate

is therefore remineralised deep in the water column, showing a maximum in the

AABW cell (Fig. 1.7e).

Overall, 93.5% of DIC is stored as saturated carbon, 4.5% as Csoft, 1.5% as Ccarb and

0.5% as Cdis [Williams and Follows, 2011].

MITgcm Configuration and the Control Run 59

(a) (b)

(c) (d)

(e) (f)

Figure 2.9: Equilibrium MITgcm output for the control configuration at 20000 years. Merid-
ional sections of tracers in the Atlantic Ocean (left column) and in the Indo-Pacific Oceans
(right column) for (a) and (b) dissolved inorganic carbon (molCm−3), (c) and (d) phosphate

(mmolPm−3) and (e) and (f) dissolved iron (µmolFem−3).
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(a) (b)

Figure 2.14: Equilibrium MITgcm output for the control configuration at 20000 years. Air-sea
disequilibrium concentration of Dissolved Inorganic Carbon (molCm−3) in (a) the Atlantic and
(b) Indo-Pacific Oceans at the time interior water masses were last at the surface, diagnosed
as the di↵erence between the DIC concentration in equilibrium with the atmosphere and the
observed DIC concentration after “correction” for the e↵ects of organic carbon remineralisation
and calcium carbonate dissolution. Positive values indicates oversaturation with respect to the

atmosphere while negative values represent undersaturation.

The initial formulation of Equation 2.33 with estimated saturated and equilibrium fields

in order to disclose the anomalous increase in carbon due to uptake of anthropogenic CO2

by the ocean is motivated by availability of data, or more specifically, the unavailability

of the preindustrial distributions of DIC, alkalinity and dissolved oxygen concentrations

in the 1800’s before the anthropogenic perturbation to atmospheric CO2 levels. In

contrast, the model control state provides these initial conditions, which are substituted

instead of the estimated fields in Equation 2.31 to give Equation 2.35 and a modified

definition of �C∗ (Equation 2.36):

C∗ ctrl = DICctrl −RC ∶O2O
ctrl
2 − 1

2
�ALKctrl +RN ∶O2O

ctrl
2 � (2.35)

�C∗ = DIC −DICctrl −RC ∶O2�O2 −Octrl
2 �

− 1

2
�ALK −ALKctrl +RN ∶O2�O2 −Octrl

2 �� (2.36)

This formulation of �C∗ allows the increase or decrease in atmosphere-ocean CO2

disequilibrium concentration due to model perturbations to be directly calculated.
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Figure 1.7: Zonal averages of a) dissolved inorganic carbon, DIC, (colours) and potential
density (contours, in kg m−2), b) saturated carbon Csat, c) disequilibrium carbon Cdis, d)
soft tissue carbon Csoft and e) carbonate Ccarb concentrations in the Atlantic basin from
a realistic bathymetry ocean-only pre-industrial control simulation. a)-b) are taken from
Lauderdale [2010] and c)-e) from Lauderdale et al. [2013] (note the different units).
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The modelled DIC distribution shown in Fig. 1.7a matches recent observations of zonal

mean Atlantic DIC North of 40◦S (Fig. 1.8a). The total DIC comprises both natural and

anthropogenic components. However the anthropogenic carbon concentrations Cant are

estimated to be fairly small, generally less than 60 mmol/m3 (Fig. 1.8b). Since anthro-

pogenic carbon has only been measured in the atmosphere since the industrial revolution

in 1850, Cant is generally observed in the upper 1000m of the ocean. Methods for estimat-

ing Cant vary: in the past, the ∆C∗ tracer method [Gruber et al., 1996] was common8but

recently other methods such as Green’s function analysis have been used to map surface

signals into the ocean interior [Khatiwala et al., 2009].

(a) (b)

(mmol/m3)

(1) the air–sea disequilibrium is allowed to evolve and is estimated by
solving a nonlinear optimization problem, (2) the mixing of waters of
different ages is accounted for by using multiple transient and steady
tracers to constrain the age distribution, and (3) the mixing of dif-
ferent end-member water types is accounted for by constraining G
using multiple steady and transient tracers. Tests using tracers simu-
lated with a global ocean circulation model show that our method is
able to successfully recover the complex spatial distribution of Cant in
the model with a maximum error in the column inventory of
,2 mol m22 and an error in the global inventory of less than 2%
(Supplementary Information).

Using our new inverse method, we have reconstructed the first
three-dimensional, time-varying, history of anthropogenic carbon
in the ocean from AD 1765 to AD 2008. Figure 1a shows the column
inventory of Cant in 2008. The total inventory in that year was
,140 6 25 Pg C. This estimate excludes the Arctic Ocean and mar-
ginal seas not covered by the GLODAP database. Using a recent
estimate based on CFC-11 for the former15, and an area scaling
approach for the latter2, would increase our estimate of the global
inventory by ,11 Pg C. We have also partitioned this inventory
according to where at the surface the anthropogenic CO2 penetrated
the ocean. As is evident from Fig. 1b, the high latitude oceans, driven
by intermediate and deep water formation, constitute the most
intense sinks of Cant. In particular, the Southern Ocean is by far the
largest conduit by which anthropogenic CO2 enters the ocean:
roughly 40% of the Cant residing in the ocean in 2008 entered the
ocean south of 40u S.

It is useful to compare our result for 1994 to previous estimates
that are available for that year. The inventory estimated using the so-
called DC* method2 for 1994 is 106 6 21 Pg C. The 1994 inventory
estimated using the transit-time distribution (TTD) method11 is
107 Pg C, with a range of 94–121 Pg C. Both estimates are consistent
with our 1994 estimate of 114 6 22 Pg C. However, the previous
TTD-based estimate includes a 20% downward correction for the
fact that air–sea disequilibrium was incorrectly treated as being con-
stant. Such a correction, based on model simulations, is not necessary
for our estimate because our inverse method explicitly accounts for
changing air–sea disequilibrium. The spatial distribution we obtain is
quite different from that obtained with the DC* method, particularly
in the Southern Ocean. Relative to the DC*-based estimate, our
estimate of Cant, like the TTD-based estimate, is generally lower in
the upper ocean and higher in the deep ocean11. Two key aspects of

the DC* method are the use of a single tracer age to characterize
transport and the assumption of constant disequilibrium. These give
rise to competing biases10 that largely cancel out, leading to the close,
but fortuitous, agreement between our estimate of the total inventory
and that derived using the DC* method.

Figure 2 shows the uptake history over the industrial era (AD 1765 to
AD 2008) computed from the time-varying inventory. (The corres-
ponding space- and time-varying change in surface disequilibrium of
CO2 driving this uptake is also estimated by our inversion method.)
There has been a sharp increase in ocean uptake since the 1950s in
response to a higher growth rate of atmospheric CO2, although the
rate of increase has decreased somewhat in the last few decades. Our
estimated uptake rate for the 1990s, 2.0 6 0.6 Pg C yr21, agrees well
with the IPCC consensus estimate based on independent methods4

(Fig. 2 and Table 1).
Our work has important implications for the terrestrial carbon

budget, here computed as a residual between the main fossil fuel
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(c) (d)
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,2 mol m22 and an error in the global inventory of less than 2%
(Supplementary Information).
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roughly 40% of the Cant residing in the ocean in 2008 entered the
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the upper ocean and higher in the deep ocean11. Two key aspects of

the DC* method are the use of a single tracer age to characterize
transport and the assumption of constant disequilibrium. These give
rise to competing biases10 that largely cancel out, leading to the close,
but fortuitous, agreement between our estimate of the total inventory
and that derived using the DC* method.

Figure 2 shows the uptake history over the industrial era (AD 1765 to
AD 2008) computed from the time-varying inventory. (The corres-
ponding space- and time-varying change in surface disequilibrium of
CO2 driving this uptake is also estimated by our inversion method.)
There has been a sharp increase in ocean uptake since the 1950s in
response to a higher growth rate of atmospheric CO2, although the
rate of increase has decreased somewhat in the last few decades. Our
estimated uptake rate for the 1990s, 2.0 6 0.6 Pg C yr21, agrees well
with the IPCC consensus estimate based on independent methods4

(Fig. 2 and Table 1).
Our work has important implications for the terrestrial carbon

budget, here computed as a residual between the main fossil fuel
source and the ocean and atmosphere sinks. (Including the highly

0

20

40

60

80

100

120

140
Column inventory in 2008 (mol m–2)a

Longitude (degrees)

La
tit

ud
e 

(d
eg

re
es

)

0 60 120 180 240 300 360
−80

−60

−40

−20

0

20

40

60

80

0

10

20

30

40

50

60

70

80

Cumulative flux up to 2008 (mol m–2)

Longitude (degrees)

b

0 60 120 180 240 300 360

Figure 1 | Anthropogenic carbon in the ocean. a, Column inventory of Cant

in the ocean in 2008; the total inventory of Cant in 2008 was ,140 Pg C.
b, Cumulative Cant uptake intensity up to 2008 partitioned according to
surface region. The white lines delineate the 26 surface patches used in the
inversion. To estimate the uncertainties quoted in the text, we repeated the
analysis by randomly sampling the various parameters used in the inversion
from a uniform distribution centred about the observed value of the

parameter. The width of the distribution was set equal to the reported
uncertainties for the tracer observations, and 630% for the gas-transfer
coefficient. Sensitivity to the priorM (see Methods Summary) was
accounted for by similarly varying the inverse Gaussian D/C ratio between
0.5 and 1.5, and the value of C by 620%. The range of Cant computed using
this scheme is reported as the uncertainty.

3 400
Anthropogenic CO2 uptake

A
nt

hr
op

og
en

ic
 C

O
2 

up
ta

ke
 ra

te
 (P

g 
C

 y
r–

1 )

A
tm

os
ph

er
ic

 C
O

2 
(p

.p
.m

.)

Atmospheric CO2

IPCC consensus estimates
380

360

340

320

300

280

2.75

2.5

2.25

2

1.75

1.5

1.25

1

0.75

0.5

0.25

0
1775 1800 1825 1850 1875

Time (yr AD)
1900 1925 1950 1975 2000

Figure 2 | Anthropogenic carbon uptake rate from 1765 to 2008 (black
solid line). The shaded area represents the error envelope (see Fig. 1 legend).
Also shown are the decadal average uptake rates adopted by the IPCC fourth-
assessment report (AR4)4 (blue circles; vertical error bars are 61 s.d. and
horizontal error bars span the averaging period of years) and the
atmospheric CO2 mixing ratio29 used for the inversion (red dashed line).

NATURE | Vol 462 | 19 November 2009 LETTERS

347
 Macmillan Publishers Limited. All rights reserved©2009

Atlantic anthropogenic carbon 
1994

Figure 1.8: a) Zonal mean Atlantic total DIC in 1991-1993 from observations [NOAA,
1993], b) Zonal mean Atlantic anthropogenic carbon concentration in 2004, estimated
using the ∆C∗ method [Sabine et al., 2004], with black lines showing density contours, c)
Cumulative air-sea flux of Cant in 2008 since 1850 [Khatiwala et al., 2009], d) total column
inventory of Cant in 2008 since 1850 [Khatiwala et al., 2009] using Green’s functions.

8∆C∗ is calculated as the residual between the measured DIC in the ocean and the contributions from
all other reservoirs: ∆C∗ = DIC - Csat-Csoft-Ccarb-Cdis. In this case, Cdis is estimated using passive
tracer measurements along isopycnal surfaces [Sabine and Tanhua, 2010].
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Anthropogenic carbon is removed from the mixed layer due to the mixing between

surface and deep waters in the North Atlantic sub-polar gyre and Southern Ocean. As

a result, the removal of mixed layer Cant in these areas leads to a strong cumulative air-

sea flux of anthropogenic carbon (Fig. 1.8c). In the Southern Ocean, due to the lateral

advection of Antarctic Intermediate Water, the anthropogenic carbon is not stored locally

in the water column, unlike in the North Atlantic where the deep convection and mixing

cause Cant to accumulate in the water column (Fig. 1.8d) [Khatiwala et al., 2009].

1.3 Ocean-carbon feedbacks

1.3.1 Carbon pumps

An important controlling factor in the atmosphere-ocean balance of carbon is the global

vertical gradient of DIC, since DIC concentration increases with depth. The more carbon

is stored at depth, the lower atmospheric CO2. The physical and biological processes

setting the vertical DIC gradient in the ocean are known as the solubility and biological

carbon pumps, respectively [Volk and Hoffert, 1985].

The solubility pump:

The solubility pump refers to the physical storage of carbon at depth is and contolled by the

vertical temperature gradient. Patterns of ocean temperature therefore play an important

role in the solubility pump through the Csat reservoir. Increases in ocean temperatures

reduce ocean carbon solubility which reduces the physical storage of carbon at depth and

therefore increases atmospheric CO2 [Omta et al., 2011, Goodwin and Lenton, 2009]. The

solubility pump can therefore act as a positive feedback mechanism on atmospheric CO2:

atmospheric CO2 emissions strengthen the greenhouse effect, thereby raising atmospheric

and surface ocean temperatures, which decrease ocean carbon solubility and therefore

increase atmospheric CO2 further. The largest uncertainty in the strength of solubility

pump feedback is the relative importance of low and high latitudes, mainly due to the

inadequacies of models in representing local air-sea fluxes, along with ocean convection

and mixing [Broecker et al., 1999, Toggweiler et al., 2003a, Marinov and Gnanadesikan,

2011].

Physical mechanisms also contribute towards the solubility pump, particularly large

scale ocean circulation [Schwinger et al., 2014, Randerson et al., 2015]. Studies such as
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Goodwin and Lenton [2009] suggest that dynamically-induced changes in ocean circulation

in response to anthropogenic forcing in transient runs (such as a reduction in the Atlantic

MOC) have an impact of similar magnitude on atmospheric CO2 as does direct warming.

Atmospheric CO2 changes induced by changes in the overturning circulation are generally

a result of changes in the Cdis ocean carbon reservoir [DeVries and Primeau, 2009]. Fur-

thermore, an increase in wind-driven surface currents can amplify the importance of low

latitudes by advecting mid-latitude properties throughout the thermocline [Follows et al.,

1996, 2002].

The biological pump:

Biological activity in the ocean surface extracts carbon from the mixed layer and stores

it in the deep ocean, thereby lowering mixed layer ocean pCO2 and increasing the air-sea

CO2 flux. As carbon is removed from the surface ocean through biological activity, surface

ocean pCO2 is reduced which drives a flux of carbon from the atmosphere into the ocean,

and in doing so lowers atmospheric CO2 levels. The amount of ocean nutrients cycled

through biological activity varies linearly with biological carbon, so if more nutrients are

stored in the regenerated versus the preformed pool, atmospheric CO2 will decrease [Ito

and Follows, 2005, Marinov et al., 2008a, Kwon et al., 2011, Honjo et al., 2014, Lopes

et al., 2015].

Ito and Follows [2005] define the efficiency of the global biological pumpN∗, as the ratio

of the global mean regenerated concentration of nutrients, Nb, over the total global mean

nutrient concentration (preformed plus regenerated), N : N∗ = Nb
N . A higher efficiency

means lower atmospheric CO2 concentrations. Adaptations in the biological pump can be

incurred through variations in nutrient utilization: more efficient surface biology (through

for example, a higher supply of micro-nutrients such as iron) uses more nutrients and

increases the regenerated pool of carbon. Previous studies suggest that the biology in the

high latitude ocean is dominant in determining global nutrient utilization and atmospheric

CO2 [Sarmiento and Toggweiler, 1984, Siegenthaler and Wenk, 1984, Knox and Mcelroy,

1984, Sigman and Boyle, 2000].

In response to climate change, dynamical adjustments in the ocean play an important

role in the biological pump by re-distributing regenerated carbon and nutrients. In the

Southern Ocean, there is a separation between the formation of Antarctic deep water (in
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the Antarctic region) and intermediate water (in the sub-Antarctic region). The former

has a strong direct impact on atmospheric CO2, whereas, the latter has a stronger control

over global biological carbon production, via regulation of upwelling nutrients [Marinov

et al., 2006]. Studies such as Lovenduski et al. [2007], Le Quere et al. [2007] and Le Quere

et al. [2010] link increases in westerly winds over the Southern Ocean to an increase in

upwelling of deep organic carbon, reducing the efficiency of the biological pump and ele-

vating atmospheric CO2 levels. Such a process can therefore act as a positive feedback on

atmospheric CO2 levels: atmospheric CO2 emissions strengthen atmospheric temperature

gradients and surface winds, which upwell deep organic carbon that is outgassed into the

atmosphere, thereby increasing atmospheric CO2 further. However, the current and future

magnitudes of this effect are uncertain.

1.3.2 Quantifying climate feedbacks

The global net carbon cycle feedback on atmospheric CO2 levels is believed to be positive

[Fung et al., 2005, Friedlingstein et al., 2001, Schwinger et al., 2014, Randerson et al., 2015].

On a global scale, Le Quere et al. [2010] estimate that climate change-induced warming and

shifts in wind patterns have reduced the current ocean carbon uptake by 12%. Plattner

et al. [2001] suggest that a decrease in ocean CO2 uptake of 5% to 16% will last until

the end of the 21st century. Using an ensemble of carbon climate models, Friedlingstein

et al. [2006] estimate that the net climate change-induced feedback (due to both increased

atmospheric CO2 and temperature) could further increase global temperatures by 0.1 to

1.5◦C by 2100.

The feedback onto atmospheric pCO2 can be separated into two processes: a concentration-

climate feedback associated with the biogeochemical response to increased atmospheric

CO2 concentrations and a climate-carbon feedback due to secondary climate change ef-

fects such as increased global mean temperatures [Gregory et al., 2009]. Gregory et al.

[2009] demonstrate that the strength of the transient feedbacks are scenario-dependent,

but that the concentration-carbon feedback is generally 4 times larger than the climate-

carbon feedback on atmospheric pCO2 (owing mostly to the increase in ocean uptake of

atmospheric CO2 as atmospheric CO2 levels increase, due to the form of the air-sea carbon

flux, eqn. 1.1). Model studies such as Schwinger et al. [2014] show that the climate-carbon

feedback could reduce ocean carbon uptake by 100 Pg of C (or roughly 50 ppm) after in-

creasing atmospheric pCO2 levels by 1% a year for 140 years. Comparison studies between
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climate- and concentration-feedback studies are generally done by only coupling either the

radiative or biogeochemical forcing of carbon emissions. The more mechanistic studies of

the ocean carbon feedback focus on the climate-carbon feedback and aim to calculate the

change in atmospheric carbon due to a given change in ocean carbon inventory [Good-

win et al., 2007, Schmittner et al., 2007] or air-sea carbon flux [Lovenduski et al., 2007,

Le Quere et al., 2007].

Goodwin et al. [2007] calculate the atmospheric feedback of a change in total ocean

carbon. The authors find that the atmospheric partial pressure of CO2, pCOa
2, scales

exponentially with a change in total ocean carbon ∆C, such that

pCOa2 = pCOa2ie
∆C/IB , (1.4)

where pCOa2i is the initial atmospheric pCO2 and IB is the buffered carbon inventory

(defined below). Using eqn. 1.4, Goodwin et al. [2008] show that ∆C can be split into

different carbon cycle components’ contributions such that

∆C = V (∆Csat + ∆Cdis + ∆Csoft + ∆Cant) ,
9

where V is the volume of the ocean. A change in atmospheric pCO2 due to a change

in a given ocean variable can be estimated by applying the chain rule. For example,

to calculate the atmospheric feedback due ocean temperature change ∆T via ∆Csat, we

can write ∆Csat = ∂Csat
∂T ∆T . While the sensitivity of the saturated carbon reservoir to

temperature has been well-defined, the sensitivity of the components Creg, Cdis and Cant

to warming (e.g.
∂Creg
∂T ), and particularly warming patterns affecting ocean dynamics and

biogeochemistry, are uncertain.

An important concept in the calculation of the atmospheric feedbacks is the buffered

carbon inventory, IB. The buffered carbon inventory is the total amount of carbon in the

air-sea system that is available for exchange:

IB = IA +
IO
R
, (1.5)

where IA and IO are the total amount of carbon in the atmosphere and ocean, respectively.

R is the Revelle Buffer Factor [Revelle and Suess, 1957] defined as

R =
δpCO2

pCO2
/
δDIC

DIC
. (1.6)

9Inclusion of a ∆Ccarb term is slightly more complicated due to effect of Ccarb on alkalinity, see Goodwin
et al. [2007].
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R measures the fractional ocean pCO2 change given a fractional change in DIC and vice

versa. R quantifies the amount of carbon that can be stored as DIC for a given change

in atmospheric CO2 concentrations. A high buffer factor system means DIC would not

change significantly for a given change in pCO2 and as a result, more of the excess carbon

remains in the atmosphere. Inversely, for a small buffer factor, the ocean would be able

to absorb larger amounts of excess atmospheric carbon. The mean pre-industrial ocean

surface R is around 10. Since R depends on the chemical properties of the carbon species,

it is highly spatially variable. In the ocean, the value of R varies from 8 in the Tropics to 16

in high latitudes, which reveals that the Tropics are more capable of absorbing atmospheric

carbon anomalies due to local chemistry (see the higher concentrations of Cant at lower

latitudes in Fig. 1.8b). The quantity R is therefore useful to estimate how much carbon a

particular region of the ocean can absorb and to quantify local climate-carbon feedbacks.

Goodwin et al. [2009] and Goodwin and Ridgwell [2010] follow the framework devel-

oped in Goodwin et al. [2007] which allows the climate impact of global scale changes

in ocean chemistry to be calculated without the explicit calculation of climate feedback

parameters. Goodwin et al. [2009] calculate the radiative forcing change due to the impact

of anthropogenic carbon emissions on the chemical partitioning of carbon in the ocean and

the buffered carbon inventory. The current ocean chemistry means the climate is more

sensitive to carbon emissions now than in the past 400 millions years, such that a 1000

Pg of C carbon emission increases global radiative forcing by 1.5-1.7 Wm−2 as opposed

to less than 0.5 Wm−2 200 million years ago. Goodwin and Lenton [2009] calculate the

atmospheric CO2 change due to a global increase in ocean heat uptake, reducing ocean

carbon solubility. They find that the ocean outgassing due to solubility increased from

0.08±0.01 PgC yr−1 to 0.19±0.02 PgC yr−1 from 1961 to 2003, however the approach

does not account for ocean carbon outgassing due to dynamical changes induced by sur-

face warming.

More process-based studies focus on atmospheric CO2 changes due to adjustments in

ocean dynamics. In particular, high latitude regions have been the focus of recent studies.

Increasing westerly winds over the Southern Ocean might affect the atmosphere-ocean

distribution of heat and carbon [Le Quere et al., 2007, Lovenduski et al., 2008, Lovenduski

and Ito, 2009], via Ekman pumping and a decrease in the stratification in the Southern

Ocean. The Southern Ocean is a place where the deep carbon-rich ocean is ventilated, so
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an increase in Westerly winds is generally agreed to imply a transfer of carbon from the

ocean into the atmosphere [Sarmiento et al., 1998, Matear and Hirst, 1999, Caldeira and

Duffy, 2000] which will further elevate atmospheric CO2 levels.

In the contemporary climate, the Southern Ocean acts as a net carbon sink due to the

high levels of atmospheric CO2. Le Quere et al. [2007] use observations of atmospheric

CO2 and atmospheric inversions to find a negative trend in the Southern Ocean sink of

atmospheric carbon between 1981 and 2004 with an overall reduction in uptake of carbon

of 0.08 Ptg of carbon per year over this period. They attribute this reduction to the

observed increase in westerly winds. Additionally, latitudinal shifts in the maximum wind

stress will affect the upwelling of carbon. A poleward shift is likely to reduce the effect

of decreasing stratification, though such effects are found to be secondary to those of the

wind strength change [Russell et al., 2006, Lauderdale et al., 2013].

In the North Atlantic, studies such as Ullman et al. [2009] and McKinley et al. [2011]

find an increase in the sub-polar gyre carbon sink driven by vertical mixing between 1992

and 2006, using both models and observations. McKinley et al. [2011] note that the trend

in the sink depends on the time-frame of the study, since they discern no trend when

lengthening the period under study from 15 years to 25. They conclude that the sub-polar

gyre is affected by oscillatory modes of atmospheric forcing on decadal timescales, such as

the North Atlantic Oscillation which drives zonal winds across the region. Observational

uncertainties limit the conclusions that can be drawn however, especially given the short

time series that are available.

Other studies such as Perez et al. [2013] however, find a decrease in the North Atlantic

sub-polar gyre carbon sink between 1990 and 2006, which they attribute to a weakening

in the meridional overturning circulation (MOC) leading to weaker sea-air heat fluxes out

of northward advected water parcels. Further South, Ullman et al. [2009] and McKinley

et al. [2011] note that the anthropogenic-induced warming causes a weakening in the sub-

tropical gyre carbon sink due to a reduction of the solubility of carbon. The evolution of

the sub-polar and sub-tropical gyres has therefore only been studied on decadal timescales

and while it is clear that dynamical processes such as wind-induced mixing and the MOC

play a role in the carbon sink trend, the net effects are uncertain even on these short
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timescales. The uncertainties in the North Atlantic carbon sink on the longer centennial

timescales associated with climate change are therefore even larger.

1.4 Thesis aims

While climate-carbon feedbacks of the ocean carbon cycle on atmospheric CO2 have been

well studied, many gaps in our understanding still remain due to the multitude of processes

and global interactions involved. As a whole, this thesis aims to disentangle ocean carbon

feedbacks in terms of region and mechanism, as well as provide an outlook to how such

feedbacks may evolve as the climate changes. In Chapter 2, we firstly use a simple 1-D

model to motivate the need for a thorough understanding of how air-sea heat and carbon

fluxes evolve in the changing climate after which the tools used to tackle our aims are

introduced.

Studies such as Le Quere et al. [2007], Lovenduski et al. [2008] and Lauderdale et al.

[2013] aim to quantify the feedback of surface wind stress, in the Southern Ocean in this

case, through modelling studies without an outlook as to how feedback may change as the

ocean warms or the biogeochemistry adapts. In chapter 3, we quantify the atmospheric

CO2 feedback of Southern Ocean winds and project how the feedback may change in the

future.

Changes in Southern Ocean winds also affect global ocean dynamics and the carbon

cycle outside of the Southern Ocean, which will provide a secondary feedback. The sec-

ondary ocean-carbon feedback due to Southern Ocean wind stress will be addressed in

chapter 4.

In chapter 5, we build on studies such as Goodwin et al. [2007, 2009], Goodwin and

Lenton [2009], Goodwin and Ridgwell [2010] by decomposing the response of the ocean

carbon cycle to warming, both spatially and mechanistically. Due to their different role

in the global ocean circulation, Northern and Southern high latitude carbon will respond

differently to warming, as will the mid-latitudes. Each region will therefore play a dif-

ferent role in the natural and anthropogenic exchange of carbon between the ocean and

atmosphere. The ocean response to warming is decomposed beyond the solubility-driven
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response as studied in Goodwin and Lenton [2009] such that we can understand the role

and magnitude of dynamical and biogeochemical feedbacks due to warming.

While ocean carbon storage is closely related to heat storage, we wish to quantify the

similarities of ocean carbon and heat uptake in the changing climate. Simple 1-D models

often assume similar forms of ocean uptake for both so we use the experiments from the

carbon feedback studies to quantify the similarities between ocean heat and carbon storage

and where differences arise. The heat uptake in relation to carbon uptake will therefore

be discussed in chapter 5 before concluding and discussing how the research presented in

the thesis can be applied to future studies.

The overall aims of the thesis can therefore be summarised as follows:

• To provide a theoretical understanding of the sensitivity of atmospheric CO2 to high

latitude wind stress and global (both high- and mid-latitude) ocean warming;

• To disentangle the local and non-local regional contributions of temperature and

wind stress feedbacks on natural and anthropogenic carbon;

• To quantify the similarities of ocean heat and carbon uptake in a changing climate.
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2

Motivation and Methods

This chapter illustrates the need to investigate ocean carbon and heat uptake and intro-

duces the tools used. Firstly, a 1-D model is used to motivate the need for an understanding

of how the mechanisms and timescales of ocean carbon and heat uptake adjust to climate

change (section 2.1). The tools used to conduct the study are the global atmosphere-ocean

coupled model HadGEM2-ES (section 2.2) and an idealised MITgcm experimental set-up

used to perform perturbation experiments (section 2.3). We introduce a mixed layer carbon

budget equation and atmospheric CO2 feedback equation in section 2.4. These equations

will be used in subsequent chapters as a tool to understand and predict the response of

ocean and atmospheric pCO2 changes due to perturbations in surface buoyancy and wind

stress.

2.1 Air-sea fluxes and global temperatures

The ocean constitutes the largest active reservoir of carbon and heat in the climate sys-

tem, so the timescales on which it absorbs atmospheric carbon anomalies are crucial

in determining future atmospheric temperatures. Simple climate models often use sim-

ple parametrizations to represent ocean heat and carbon uptake which the timescales of

ocean heat and carbon uptake. By varying these parametrizations, we can manipulate the

timescales of uptake and illustrate the impact these timescales have. We use a simple 1-D

model to explore the role of ocean timescales in present and future climates and show how

these timescales may change in the future.

2.1.1 1-D Model description

The simple model, initially developed by Allen et al. [2009], is retuned using recent obser-

vations (see appendix, section 7.1). The model is constructed as a stacked layer model,

where the individual carbon components add up to determine the total carbon in the

atmosphere. There is one box of carbon, which is subdivided into 3 different components:

C1, C2 and C3. The component C3 is the long term atmospheric CO2 reservoir, which is

only increased by emissions above a pre-industrial value of 280 ppm:

dC3

dt
= b3E (2.1)
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The constant b3 is the Revelle Buffer Factor. The other two components of atmospheric

CO2, C2 and C3 represent the interaction of the atmosphere with the land and ocean. C2

is increased by a fraction of the total emissions and is decreased by advection into the

deep ocean:
dC2

dt
= b1E − b0C2 (2.2)

The second term represents a linearized advection process, with a characteristic timescale

b0 of 200 years. The final carbon component C1 quantifies the atmospheric CO2 anomalies

in exchange with the surface land and surface ocean:

dC1

dt
= b4E − b2

∫ t

0

dC1(t′)
dt′

dt′√
t− t′

(2.3)

The transfer of CO2 between the atmosphere and surface is governed by a diffusive term

with timescale b2. The sum of b1, b3 and b4 is the level which atmospheric CO2 would fall to

a year after a pulse injection. While C1 + C2 + C3 is the total atmospheric concentration,

each component also represents an equilibrium acting on a different timescale. C1 can be

thought of as the excess CO2 over the short-term equilibrium C2 + C3. The carbon cycle

is driven by CO2 emissions which consist of a prescribed anthropogenic emission profile,

and a linear temperature feedback term:

E = Ea + b5T
′ (2.4)

where T ′ is the difference between the temperature anomaly T above the pre-industrial

value and an exponentially weighted average of T over the preceding 100 years, to reflect

the timescale of response of the system. The T ′ term captures the changes in terrestrial and

oceanic carbon storage in response to rising temperatures [Bender, 2003]. The temperature

anomaly T is governed by an energy balance equation with a radiative forcing term, due

to carbon emissions, a linear feedback and an additional diffusive flux into the surface:

a1
dT

dt
= a3ln(

C

C0
)− a0T − a2

∫ t

0

dT (t′)
dt′

dt′√
t− t′

(2.5)

where a1 is the heat capacity of a system with a 75m deep ocean mixed layer with 70%

global coverage. a0 is the feedback parameter that controls the equilibrium climate sen-

sitivity. The feedback term has to be negative for the system to be stable. a2 controls

downward diffusion of heat anomalies into the surface layer. The model is forced by yearly

CO2 emissions E, which consists of a historical exponential rise to the year 2000 followed

by a mitigation scenario. To investigate the influence of air-sea carbon and heat uptake

on atmospheric CO2 and temperature, we modify the parametrization of air-sea fluxes to
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alter the mechanism and timescale over which the exchange takes place. Each diffusive-

type expression can be replaced with a linear term proportional to the temperature or

carbon anomaly, e.g.:

a2

∫ t

0

dT (t′)
dt′

dt′√
t− t′

−→ a2T (2.6)

b2

∫ t′

0

dC1 (t′)
dt

dt′√
t− t′

−→ b2C1 (2.7)

The air-surface interaction is therefore reduced to a single timescale process, or an ‘advec-

tive’ parametrization. With two different parametrizations of air-sea interaction, advective

and diffusive, for each of the temperature and carbon anomaly, four different versions of

the model are constructed.1 The Representative Concentration Pathway 2.6 (RCP2.6)

CO2 emission profile which ensures a maximum in radiative forcing of 3 Wm−2 is used

to compare results from the different simple model versions with a number of models

from the Coupled Model Intercomparison Project Phase 5 (CMIP5) archive [Taylor et al.,

2012]. The original emission profile from Allen et al. [2009] is also used which is comprised

of historical emissions between 1850 and 1980, a 1.7% increase per year from 1980 until

2010 after which the percentage is decreased linearly until 2030 to reach a constant rate

of -5%/yr decrease in emission, giving a 1 trillion ton total emission of carbon in the year

2500 (Fig. 2.1a and Fig. S3a in Allen et al. [2009]).

Figure 2.1b shows a spread in peak temperature anomaly of 0.3◦C (23% of the max-

imum value) as a result of the changes in the model’s air-sea flux parametrization. The

original fully diffusive model from Allen et al. [2009] lies at the upper end while the ad-

vective heat flux model versions project lower peak temperatures. The advective models

have a faster response and react more rapidly to a turnover in carbon emissions. The

spread in peak CO2 concentration obtained from the different parametrization, shown in

Fig. 2.1c, is much smaller than the spread in temperature anomaly and is approximately

5% of the maximum value. When comparing the behaviour of the box model versions

with four models from the CMIP5 archive (Fig. 2.1d), the box models generally project

temperatures in the middle of the range. However, there is a substantial spread in the

peak warming projected by the simple model. The spread shows the effects relatively

subtle changes in the structure of the simple model, specifically in the parametrizations

1All model versions have been re-optimised independently such that the optimised parameters vary
between versions.
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of air-sea fluxes, can bring to future projections given the same observational constraints

and total emission pathway.

To diagnose the origin of the spread in temperature projections obtained from the

simple model versions, we fix each of the five optimised parameters in turn between the

models. Fixing the air-sea carbon flux timescale parameter increases the spread of peak

warming by 0.05◦C. Changes of this order of magnitude are seen when fixing all four

parameters except for the air-sea heat flux, which causes an increased spread in peak

warming of roughly 1◦C. The experiment using this particular idealised framework there-

fore suggests that in constraining future peak global mean temperature projections under

1 trillion tonne emission mitigation scenarios, the air-sea heat flux is likely the more dom-

inant flux. Varying the carbon flux parametrization does cause a change in the timing

of the peak in atmospheric CO2 concentrations. For example, errors in the modelling of

air-sea carbon fluxes can therefore cause ineffective emission mitigation scenarios that aim

to limit global warming by 2◦C in 2100.
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Figure 2.1: a)-c) Model output colour coded according to the structural form of the air-
sea parametrizations, where the black curve denotes the original, fully diffusive model
from Allen et al. [2009]. The model is driven by historical emissions until 2000 after
which the panels show projections. a) CO2 emissions E after 1750, which includes both
anthropogenic and temperature feedback emissions. b) Global mean temperature anomaly
above pre-industrial value. c) Atmospheric CO2 concentrations. d) Temperature anomaly
projections of the four simple model versions and four CMIP5 models under scenario
RCP2.6 along with observations until 2009 (cyan). The transient climate sensitivity (TCR)
of each of the CMIP5 models used are: 2.3◦C (CanESM2), 1.3◦ (GFDL-ESM2M), 1.4◦C
(NorESM) and 2.5◦C (HadGEM2-ES) [Forster et al., 2013].
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2.1.2 Ocean timescales in response to forcing

After examining the effects of air-sea heat and carbon uptake parametrizations on global

temperature projection uncertainties, we now consider which representation most closely

matches the physics of more complex General Circulation Models (GCMs) under a wider

variety of scenarios. We compare simple model output with that of HadGEM2-ES, an

Earth System model with a full carbon cycle [Collins et al., 2008] (see section 2.2). We

recognise that the behaviour of HadGEM2-ES may not match the real world or other

CMIP5 GCMs, however, we chose to use just one model to simplify the optimisation.

The available HadGEM2-ES experiments are driven by atmospheric CO2 concentrations

therefore we adapt the box models to be driven by the same concentration forcing. Such

a modification in the forcing bypasses the carbon cycle component of the simple model

leading us to solely focus on differentiating between the air-sea heat flux structures. The

two box models used in this section express the air-sea heat flux parametrization through

the use of one (advective) or multiple (diffusive) timescales. The goal of these experiments

is then to determine which formulation of air-sea heat flux is 1) most appropriate and 2)

sufficient compared to HadGEM2-ES.

We examine the response to an artificial forcing profile constructed of a 1% yearly in-

crease in atmospheric CO2 levels to four times the pre-industrial value (ramp up), followed

by a 1% yearly decrease (ramp down). Each leg of the symmetric ramp can be examined

separately. The box-diffusion models are initially optimised to the ramp up section only

(Fig. 2.2a), then only optimised to the ramp down section (Fig. 2.2b).

When the model versions are optimised to the 1% increase (ramp up), they fail to

capture the cooling phase. In both model versions, the global mean temperature anomaly

decreases faster than that of the GCM. When the models are optimised to the ramp down

however, the diffusive model version captures both the increase and decrease of global mean

temperature anomalies. The single timescale advective model however, overestimates the

appropriate temperature response as it can only represent the fast climate response.

The key feature of the GCM that is not captured by the box models is the shift in

timescales over the experiment: for the ramp up optimised version, the response timescale

on the ramp down section is 5 years for both the diffusive and advective temperature
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Figure 2.2: Global mean temperature anomalies as a function of time for 1% yearly CO2

ramp up to quadrupling and ramp down experiment. Solid lines are the box model versions,
dashed black line is HadGEM2-ES output. The box model versions are optimised with
respect to a) the ramp up section of the HadGEM2-ES output; b) the ramp down section
of the HadGEM2-ES output.

versions. For the ramp down, the system adjusts on timescales of 6 and 11 years for

the diffusive and advective versions respectively, indicating an increase in the response

timescales. The increase in timescale is the result of the system adapting to the forcing and

illustrates how a fixed timescale model will fail to behave in a physical manner for future

climate scenarios. Changes in ocean dynamics, thermodynamics and biogeochemistry will

cause shifts in ocean heat and carbon uptake that a single fixed timescale model will fail

to capture. We therefore proceed to introduce a second heat uptake timescale to the

advective temperature model. Following Held et al. [2010] and Gregory [2000], we add a

deep ocean box with a temperature anomaly TD and a surface-deep ocean heat exchange

HT proportional to the temperature difference between the upper and lower boxes such

that

HT = ζ(T − TD), (2.8)

where ζ is the inverse of the interaction timescale. To determine whether a 2-timescale

advective model with a deep ocean is sufficient to represent the uptake globally, we compare

it to the response of the 1% yearly CO2 increase and decrease when optimised to the

ramp down section (Fig. 2.2b). The addition of the second timescale results in a response

which follows the output of HadGEM2-ES and outperforms the projection from the purely

diffusive model. To explore this further, we use two additional experiments. These consist

of a 1% yearly CO2 increase to 4×CO2 followed by (1) a stabilisation; and (2) by an

abrupt return back to pre-industrial CO2 concentrations, shown in Fig. 2.3.
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Figure 2.3: Global mean temperature anomalies for HadGEM2-ES and the box models.
Up to year 2000, the profile is identical to the 1% yearly CO2 ramp up for all experiments.
Afterwards, the thin blue line shows a stabilisation experiment where CO2 concentrations
are held at four times the pre-industrial value with the HadGEM2-ES model. The same
experiment is shown with the solid blue for the single advective timescale model, the
dashed blue for the two-timescale advective model and the red line shows the diffusive
model. Alternatively, a second set of experiments are performed whereby atmospheric
CO2 levels are abruptly returned to the pre-industrial CO2 concentration of 280ppm at
the year 2000. The solid green curve shows the output of the single advective timescale
model for the abrupt return to preindustrial CO2, dashed green for the two-timescale
advective model, thick black for the multiple timescales diffusive form and the thin black
dashed line is the HadGEM2-ES output.

The single advective model again underestimates the response timescales of HadGEM2-

ES. The single-timescale advective model results in an equilibrium value of 0◦C within 50

years of the abrupt return to pre-industrial concentration. The GCM on the other hand,

equilibrates more slowly to a temperature of 0.6◦C. The non-zero temperature anomaly in

HadGEM2-ES after the drop shows the recalcitrant component [Held et al., 2010] which

the advective temperature models fails to capture. The diffusive model, despite its longer

adjustment timescale, doesn’t capture the recalcitrant component either. The advective

model with a deep ocean interaction behaves much more like the GCM and is a vast

improvement over the single timescale model. However, the initial adjustment after the

step is still much faster than the GCM or the diffusive box model.

We can define a global timescale of ocean carbon or heat uptake by the exponential

growth rate of the carbon and heat anomaly stored in the ocean, and compare the simple
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T C

HadGEM2-ES 200 76
Simple model (diffusive C) 152-155
Simple model (Advective C) 70
Simple model (2-layer ocean) 525

Table 2.1: Exponential uptake timescales of ocean heat and carbon in HadGEM2-ES and
various forms of the simple model.

model timescales to those of HadGEM2-ES. Table 2.1 shows that the simple model’s

uptake of heat and carbon is much slower compared to HadGEM2-ES. The discrepancy

in the ocean uptake timescales suggests that the response to forcing can be mimicked

by simple models only for short-term projections. For longer-term projections, the ocean

heat and carbon uptake timescales will change as the climate system adjusts to forcing. To

fully understand how future atmospheric CO2 and temperatures will evolve, a thorough

understanding of the time evolution of ocean heat and carbon uptake timescales is required.

Throughout this thesis, we will aim to understand how wind stress and surface warming

affect the rate and efficiency at which the ocean can absorb atmospheric CO2 and heat.

This in turn will dictate the timescales of how atmospheric global mean temperatures will

evolve with time, as shown in section 2.1.1. To quantify the evolution of ocean carbon and

heat storage, we will investigate how the ocean carbon cycle responds to temperature and

wind stress forcing, which will affect how the ocean absorbs anthropogenic CO2 emissions.

In chapter 5, we will then examine how ocean heat uptake and transport responds to the

same forcing.

While simple models such as the 1-D model presented here assume the same form for

the air-sea heat and carbon flux, we have shown that the form of the exchange can affect

the timing and magnitude of future projections of global mean temperature, even while

replicating the same historical trends. We will examine if assuming a similar parametriza-

tion for both heat and carbon is sensible by comparing how climate change-induced forcing

affects global ocean heat and carbon uptake timescales. The goal is then to firstly cal-

culate climate-carbon feedbacks for atmospheric carbon to understand how ocean carbon

timescales may change in the future and secondly, to understand the differences in the

ocean heat and carbon uptake and the associated implications for calculating climate-

carbon feedbacks and ocean heat uptake.
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2.2 HadGEM2-ES

2.2.1 Model description

The atmosphere-ocean coupled model used in his study is HadGEM2-ES (Hadley Centre

Global Environment Model version 2 - Earth System version), a primitive equation, general

circulation model (GCM) developed by the UK MET office Hadley Centre. The Earth

System model is the top-tier version of HadGEM2 and features a full (terrestrial) carbon

cycle. The resolution of HadGEM2-ES is the same as HadGEM1, 1.25◦ of latitude and

1.875◦ of longitude for an atmosphere with 38 levels, so that grid cells are 208km x 139km

at the Equator and 120km x 139km at 55◦ latitude [METoffice, 2010]. Oceanic horizontal

resolution is 1◦ between the poles and 30◦-latitude, transitioning smoothly to 1/3◦ at the

Equator [METoffice, 2010], with 40 unevenly spaced vertical levels. The coarse resolution

of the ocean model requires parametrizations for eddies following the Gent-McWilliams

scheme [Gent and McWilliams, 1990], although the eddy velocity output is not available.

All model simulations with HadGEM2-ES discussed in this thesis were performed by the

UK MET office.

The addition of the Earth system components from HadGEM1 to HadGEM2 involves

inclusion of a full carbon cycle and short lived forcing agents in the form of the HadOCC

model. The HadOCC model includes a simple ecological model with one species of phyto-

plankton and one species of zooplankton, but does not model spatial variations in Redfield

ratios [Weber and Deutsch, 2010]. The model achieves a realistic pre-industrial state of

climate, vegetation and ocean biology without the need for flux adjustments. The ma-

jor deficiency of the model is the amplification of errors due to coupling processes such

as the under prediction of vegetation in arid regions leading to excessive dust emissions

[METoffice, 2010]. More information about the model details can be found in Collins et al.

[2008].

Defining the Meridional Overturning Circulation (MOC) index as the maximum in

the zonally averaged streamfunction Ψ between 350-1550m depth and 30◦-60◦N, the con-

trol integration (representing year 1850 conditions) shows a weaker MOC in the Atlantic

than estimated from observations. Cunningham et al. [2007] estimate the MOC strength

at 18.7±5.6 Sv, whereas HadGEM2-ES’s MOC is only 14 Sv (see Fig. 2.4a). Similarly,
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the abyssal cell in the model is roughly 6 Sv, while Ganachaud and Wunsch [2000] esti-

mate the abyssal cell strength at 8±2 Sv. Nonetheless, while the strength of the global

meridional overturning is weaker, the structure is representative of our understanding of

the contemporary circulation.2 The patterns of the potential temperature and dissolved

inorganic carbon in the Atlantic are also reminiscent of previous observational and model

studies, including high levels of DIC in the Southern Ocean and underneath the tropical

thermocline (Figs. 2.4b-c, 1.7 and 1.8).

The equilibrium climate sensitivity3 of HadGEM2-ES is 4.59 K, which is near the high

end of the CMIP5 models [Andrews et al., 2012]. While the model has a strong climate

feedback, HadGEM2-ES is certainly not an outlier within the CMIP5 models (for example,

see Fig. 2.1).
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Figure 2.4: HadGEM2-ES Control integration 240-year mean of Atlantic (280-360◦E) a)
Meridional Overturning Circulation (MOC), b) zonal mean potential temperature (◦C)
and c) dissolved inorganic carbon (mmol/m3).

2The presence of the strong Deacon cell in the Southern Ocean is the result of the bolus velocities not
being made available.

3The equilibrium global mean surface temperature change following a sustained 2 times atmospheric
CO2 perturbation.
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2.2.2 Ocean carbon and heat under abrupt atmospheric CO2 perturba-
tions

The main purpose of using HadGEM2-ES is to investigate the response of the ocean carbon

cycle to climate forcing. Particularly, the (quasi-)equilibrium climate response. As part

of the IPCC fifth assessment report [Solomon et al., 2007], experiments were performed

by the UK MET office whereby the atmospheric CO2 concentration is instantaneously

doubled (2×CO2) or quadrupled (4×CO2) compared to the pre-industrial level of 280

ppm, and kept constant for 140 years while the coupled climate system partially adjusts

to the forcing. After 140 years, the mixed-layer has equilibrated, the upper ocean is

close to equilibrium however the abyssal ocean has not reached equilibrium.4 To illustrate

changes in the ocean circulation occurring as a result of the increased forcing in the step

experiments, Fig. 2.5a shows the perturbed overturning streamfunction as the mean of

year 130-140 in the 2×CO2 step experiment. The increase in North Atlantic buoyancy

due to temperature and freshwater changes causes a weakening and shallowing of the

upper overturning and a weakening of the abyssal cell [e.g. Stommel, 1961, Kuhlbrodt

et al., 2007, Schloesser et al., 2012]. Although observations of ocean heat and carbon are

transient, the change in Atlantic zonal mean temperature in the HadGEM2-ES 2×CO2

experiment (Fig. 2.5b) shows similar patterns to the observed warming between 1955-2003

[Levitus et al., 2005] (see Fig. 2.5d), particularly the strong warming at 40◦N and 40◦S.

Similarly, the ocean DIC anomaly in the 2×CO2 experiment shows similar features to the

observed anthropogenic anomaly, including maximum values in the sub-tropical gyres and

penetration beneath the thermocline in the North Atlantic (Figs. 2.5b and 1.8b). Similar

broad scale patterns are seen in the 4×CO2 experiments, though the magnitudes and local

features differ. The 2×CO2 and 4×CO2 experiments are therefore useful tools in assessing

quasi-equilibrium changes in the ocean carbon cycle in a fully coupled GCM.

HadGEM2-ES is a fully coupled model, so it includes climate feedback processes be-

tween the ocean, atmosphere and the carbon cycle. In this study, we are interested in

the ocean carbon cycle response to buoyancy and wind stress forcing. Panel a of Fig. 2.6

shows the zonal mean sea surface temperature (SST) and panel b shows the zonal mean

surface wind stress across the Atlantic basin in the control, 2×CO2 and 4×CO2 exper-

iments. The temperature profile shows strong warming from the Tropics to 40◦S and

40◦N. The Northern high latitudes warm more than the Southern high latitudes, showing

4Only 140 years are available.
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for individual ocean basins and Figures A9–A12 shows the
percent variance accounted for by the linear trend for each
basin. The linear trend of the world ocean (Figure 2) is
positive at most latitudes with the largest increase in the
upper layer of the world ocean with one notable exception.
There is a large negative trend centered at about 150 m
depth in the equatorial region and southern hemispheric
tropics. Examination of Figures A6–A8 shows that much of
this cooling occurs in the Pacific Ocean. This may be
associated with the reversal of polarity of the Pacific
Decadal Oscillation [Stephens et al., 2001] during the
late-1970s. The Indian Ocean exhibits subsurface cooling
along 10!S. Two other regions of cooling include the North
Pacific around 40!N and the North Atlantic centered at
60!N. It is well known that the subarctic gyre of the North
Atlantic has been cooling during recent decades. Levitus et
al. [1994, 1995] documented a linear cooling trend of about
0.13!C at 125 m depth based on Ocean Weather Station
‘‘C’’ data during 1948–85 with quasi-decadal oscillations

of about 2.0!C range. Dickson et al. [2002] documented the
cooling and freshening of the deep waters of the Labrador
Sea since the early-1970s which has resulted in the cooling
of the deep waters of the entire subarctic gyre of the North
Atlantic [Levitus and Antonov, 1995]. The Pacific cooling
trend at 40!N may represent movements of the large-scale
front in this region [e.g., Minobe, 2002], or it may represent
changes in the temperature of this frontal region. In the
Southern Hemisphere there is a positive linear trend extend-
ing to 1100 m depth centered at 40!S. In addition to our
earlier work, Southern Ocean warming between the 1950s
and 1980s has been documented by Gille [2002] based on in
situ observations including PALACE float data. Based on in
situ data Willis et al. [2004] have documented a positive
linear temperature trend centered along 40!S for 1993–
2003 and Cabanes et al. [2001] have inferred a linear trend
in this region based on a comparison of altimeter data and in
situ data for 1993–98.

4. Earth’s Heat Balance

[9] To understand the variability of the Earth’s climate
system it is important to estimate the contributions of
different terms in Earth’s heat balance. In Figure 3 we update
earlier estimates [Levitus et al., 2001] of the different
components of Earth’s heat balance. In addition to our new
ocean heat content estimate, an additional term in the Earth’s
heat balance now available is the variability of the heat
content of Earth’s lithosphere. Beltrami et al. [2002] used
temperature profile data from boreholes to make this esti-
mate. They estimate that Earth’s continents warmed by 0.9!
1022 J during the past 50 years. This value is of the same
order as the warming of the Earth’s atmosphere during this
period and the heat of fusion associated with possible melting
of the Antarctic continental glacier assuming an estimated
maximummelting rate [Houghton et al., 2001]. Inspection of
Figure 3 indicates that the world ocean is responsible for
approximately 84% of the estimated possible total increase of
heat content of the Earth system for 1955–1998.

5. Discussion and Perspective

[10] In terms of the causes of the increase in ocean heat
content we believe that the long-term trend as seen in these

Figure 1. Time series of yearly ocean heat content (1022 J)
for the 0–300 and 0–700 m layers and pentadal (5-year
running composites for 1955–59 through 1994–98) ocean
heat content (1022 J) for the 0–3000 m layer. Each yearly
estimate is plotted at the midpoint of the year; each pentadal
estimate is plotted at the midpoint of the 5-year period.

Figure 2. Linear trend (1955–2003) of the zonally
integrated heat content of the world ocean by one-degree
latitude belts for 100-m thick layers. Heat content values are
plotted at the midpoint of each 100-m layer. Contour
interval is 2 ! 1018 J year"1.

Figure 3. Estimates of Earth’s heat balance components
(1022 J) for the 1955–1998 period.
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(a) (b)

(c) (d)

MOC (Sv) Temperature anomaly (°C)

DIC anomaly (mmol/m3)

Figure 2.5: HadGEM2-ES Atlantic (280-360◦E): a) perturbed Meridional Overturning
Circulation (MOC) in the last 10 years of a 140-year long 2×CO2 experiment; b) Difference
in zonal mean potential temperature (◦C) and c) difference in dissolved inorganic carbon
(mmol/m3) between the last 10 years of the 2×CO2 experiment and the control run. Panel
d shows the observed linear trend in zonal integrated heat content between 1955-2003, with
contours spaced 2x1018J/yr apart, from [Levitus et al., 2005].

evidence of Arctic polar amplification in the model [Manabe and Stouffer, 1980, Holland

and Bitz, 2003]. The Southern Ocean exhibits an increase in surface wind stress (40-60◦S)

and a relatively weak warming, South of 50◦S, since deep mixed layers entrain cold deep

waters. As the strength of the surface wind stress over the Southern Ocean increases, the

cooling effect increases [Manabe et al., 1990, Xie et al., 2010, Majkut et al., 2014]. In

the 2×CO2 and 4×CO2 step experiments, there are regions of strong Ekman pumping in

the Southern Ocean where sea surface temperatures show local cooling despite the global

warming trend.

On the other hand, the surface wind stress over the North Atlantic sub-polar gyre (45-

60◦N) is reduced in the step experiments. However, the winter-time Northern Annular

Mode (NAM), often used as a measure for zonal wind stress strength, is projected to

increase in the future climate of CMIP5 ensemble simulations [Karpechko, 2010, Yali and
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Huijun, 2010, Gillett and Fyfe, 2013]; although the spread in projections is large and

model dependent [Karpechko, 2010]. Nonetheless, models predict changes in the zonal

wind in both the Southern and Northern high latitudes as the climate warms. To quantify

the ocean carbon cycle response to temperature, salinity and wind stress perturbations,

we will use the profiles of zonal mean warming and wind stress changes in HadGEM2-

ES, amongst other models and observations, to design a suite of idealized perturbation

experiments performed with an ocean general circulation model coupled to a carbon cycle

model, described in the next section.
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Figure 2.6: Atlantic (280-360◦E) zonal mean a) SST (◦C) and b) surface wind stress
(N/m2) in the control (black), 2×CO2 (green) and 4×CO2 (red) experiments.

2.3 MITgcm

2.3.1 Dynamical and Biogeochemical Model

To study the climate-carbon feedbacks of wind stress and temperature changes on atmo-

spheric CO2, we use an ocean-only idealised experimental set-up which allows us to control

the atmospheric forcing without additional feedbacks and to efficiently run a host of per-

turbation experiments for multiple centuries and even millennia. The model used is the

Massachusetts Institute of Technology general circulation model [MITgcm, Marshall et al.,

1997]. The MITgcm is a primitive equation model for the ocean and atmosphere based

on the incompressible Navier-Stokes equations under the Boussinesq approximation.5 The

model can be extended using a variety of packages, such as biogeochemical modules, to

investigate ocean processes in detail.

5In the Boussinesq approximation, density differences in inertial terms are assumed to be small and
ignored, so that density differences only appear in gravitational terms [Boussinesq, 1903].
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The MITgcm employs a finite volume method for spatial discretisation. Tracer quan-

tities are averaged over the grid cells while the zonal, meridional and vertical velocity

components u, v and w respectively are defined at the centre of the orthogonal grid faces

(Fig. 7.3). Eddy velocities are not resolved in our simulations but incorporated using

the Gent-McWilliams parametrization [Gent and McWilliams, 1990] using the the Griffies

[1998] skew-flux formulation for horizontal tracer difussion. Potential temperature and

salinity at the surface is forced with a climatological relaxation similar to Munday et al.

[2013]. Such a restoring boundary, as used in other studies [e.g., von der Heydt and

Dijkstra, 2008], assumes that the ocean is forced by a steady climatological atmosphere

[Haney, 1971]. See section 7.2 for the full equations and variables.

For this study, we include five biogeochemical tracers: dissolved inorganic carbon

(labeled C), alkalinity (ALK), phosphate (PO4), dissolved inorganic phosphorous (DOP)

and dissolved oxygen (O2), using an online biogeochemistry model [Dutkiewicz et al.,

2008]. All tracers A follow the general equation:

∂A

∂t
+ u ·∇A = ∇ · (κ ·∇A) + FA, (2.9)

with tracer-specific FA:

FC = Fair−sea + rC:PFPO4 + JCa, (2.10)

= Fair−sea + Fbio,

FALK = −rN :PFPO4 + 2 JCa, (2.11)

FPO4 = −γJprod −
∂FP
∂z

+ λremin [DOP ] , (2.12)

FDOP = γJprod − λremin [DOP ] , (2.13)

FO2 = −rO:PFPO4, (2.14)

for O2 > O2crit, otherwise FO2 = 0. The terms in the equation 2.10-2.14 are:

• Fair−sea is the air-sea flux of carbon parametrised following eqn. 1.1 Wanninkhof

[1992] ,

• rC:P is the Carbon to Phosphorous Redfield ratio,
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• JCa is the remineralisation of CaCO3 affecting DIC and ALK in a 1:2 ratio. A

constant ratio of CaCO3 remineralisation to organic carbon dissolution of 5% is

assumed and the remineralization depth scale is 3.5 km [Sarmiento et al., 2002, Jin

et al., 2006],

• −rN :P is the Nitrogen to Phosphorous Redfield ratio,

• The primary production, Jprod, is the biological consumption of phosphorous. A

simplified parametrization for biological productivity models nutrient (phosphate)

and light limitation following Michaelis-Menten kinetics [Dutkiewicz et al., 2008]. A

fraction γ of the productivity enters the dissolved organic pool which has a 6 month

e-folding timescale. The remaining fraction is exported toward depth [Yamanaka

and Tajika, 1996],

• ∂FP
∂z is the accumulation of remineralised phosphorous with depth. The downward

flux of phosphorous FP is given by a power law curve: FP (z) = FP (zc)
[
z
zc

]−b
=

(1−γ)Jprod∆zz
[
z
zc

]−b
, where zc is the depth at base of the surface layer of thickness

∆zz where production occurs. b is a dimensionless parameter determining the flux

attenuation with depth, measured empirically using data from flux traps [Martin

et al., 1987] and modelled phosphate distributions [Yamanaka and Tajika, 1996],

• λremin is the 6-month remineralization timescale of DOP .

See appendix for the values of the constants used (section 7.2). The fractionation of

DIC = [CO∗2] +
[
HCO−3

]
+
[
CO2−

3

]
into dissolved CO∗2, HCO3− and CO−2

3 obeys the

chemical equations:

CO2 ∗+H2O 
 H2CO3, (2.15)

H2CO3 
 HCO−3 +H+, (2.16)

HCO−3 
 CO2−
3 +H+. (2.17)

The chemical equations proceed to equilibrium in a matter of minutes so we express the

relative abundances of the species according the equilibrium constants:

K1 =

[
HCO−3

]
[H+]

[CO∗2]
, (2.18)

K2 =

[
CO2−

3

]
[H+][

HCO−3
] , (2.19)
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the values of which depend on temperature, salinity and pressure and are empirically

determined [Millero, 1995]. We determine the air-sea flux of carbon, according to the

Wanninkhof [1992] parametrization defined above, such that we need the value of ocean

pCO2, pCOo2. The ocean pCO2 is proportional to [CO∗2] with a proportionality constant

which depends on temperature and salinity. We use the equation for Alkalinity to provide

a final constraint so that the system can be solved for
[
HCO−3

]
,
[
CO2−

3

]
, [CO∗2], [H+]

and pCOo2 [Follows et al., 2006].

The ocean interacts with the atmosphere via the air-sea flux of carbon such that the

well-mixed atmospheric pCO2, pCOa
2 is given by the area integral of the air-sea flux:

∂pCOa2
∂t

=

∫
Fair−seadA+ E =

∫
K τ (pCOa2 − pCOo2) dA+ E, (2.20)

where K varies spatially but is constant in time and E is emissions of CO2. Usually Kτ

is written as k′ u2
w, where uw is the wind speed and k′ is a constant. Since τ = ρairCdu

2
w,

where ρair is the density of air and Cd is the drag coefficient, we can re-write k′ u2
w as

K τ where KρairCd = k′. The atmospheric box only contains a well-mixed atmospheric

pCO2 but no temperature or dynamical feedbacks. The specific experimental set-up of

the model simulations will be discussed in the following sections.

2.3.2 Experimental set up

The basic model set-up is the same as Munday et al. [2013, 2014] at 2◦x2◦ horizontal

resolution with a modified wind stress forcing profile. The coarse model resolution is

chosen such that a large set of perturbation experiments can be efficiently run while still

capturing the features of the ocean large-scale circulation. The domain, shown in Fig. 2.7a,

is a sector 20◦ in longitude, extending between 60◦S and 60◦N with a re-entrant channel

between 60◦S and 40◦S to allow for a circumpolar current. The basin is 5000m deep,

except at the channel boundaries, where the domain is extended zonally by 1 grid cell to

form a sill of 2500m depth, in order to represent Drake Passage. Such sector model set-ups

are used in studies of the Atlantic Meridional Overturning Circulation [Bryan, 1986, Wolfe

and Cessi, 2009], parameter sensitivity [Bryan, 1987], ocean stratification [Henning and

Vallis, 2004, Wolfe and Cessi, 2010], the impact of ocean circulation on carbon storage [Ito

and Follows, 2003, 2005], the Southern Ocean carbon sink [Lovenduski and Ito, 2009] and

eddy saturation [Munday et al., 2013].
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literature as a computationally efficient means to in-
vestigate, for example, the meridional overturning cir-
culation (Bryan 1986; von der Heydt and Dijkstra 2008;
Wolfe and Cessi 2009), the parameter sensitivity of
general circulation models (Bryan 1987), the processes
setting ocean stratification (Henning and Vallis 2004,
2005; Wolfe and Cessi 2010), and the impact of ocean
circulation on ocean carbon storage and atmospheric
carbon dioxide concentration (Ito and Follows 2003,
2005). Key model parameters, which are discussed in
more detail below, are given in Table 1.
The model domain’s meridional extent is dictated by

the desire to produce an interhemispheric overturning
of the type currently thought to take place in the North
Atlantic. This prevents a vanishingly small residual over-
turning in the deep ocean caused by a solid boundary at
the equator. It also avoids the use of artificial deepen-
ing of the stratification on the northern boundary of
the circumpolar channel using, for example, northern
boundary restoring zones (Hallberg and Gnanadesikan
2006; Viebahn and Eden 2010; Abernathey et al. 2011;
Morrison et al. 2011) or increased diapycnal diffusivity
(Hogg 2010). Extending the domain beyond the equator
includes important adjustment time scales, which might
otherwise be excluded, and allows for deep-water for-
mation at the northern boundary and diapycnal mixing to
play an important role in the volume budget of the global
pycnocline in a G99-style budget (Allison et al. 2011). It
comes at an enhanced computational cost because of the
increase in the size of the domain; this disadvantage is
more than offset by the ability of the stratification and
RMOC to evolve together dynamically.

Achieving equilibrium is important in understanding
the role of eddies in ocean models (Treguier et al. 2010),
but remains elusive in costly global model simulations.
Our decision to use a longitudinally narrow sector is dic-
tated by the desire to integrate experiments with a fine
enough grid spacing to permit/resolve eddies to thermo-
dynamic and biogeochemical equilibrium. By restricting
the domain in this way, to roughly a factor of 10–20 times
smaller than the actual longitudinal extent of the ocean,
we are able to sufficiently speed up our model runs to
attain this goal. Early tests with a narrower sector indicate
that 208 is sufficiently wide to prevent undue influence on
the eddy field of the domain width.
The meridional extent of the circumpolar channel is

several times that of Drake Passage, although it remains
narrower than the width of the Southern Ocean south of
Australia and New Zealand. Initial low-resolution test-
ing demonstrated that a channel of this width was re-
quired to obtain a circumpolar transport of the same
order as that observed for the ACC (not shown). Simi-
larly wide circumpolar channels are often used in other
sector model applications (see, for example, Henning
and Vallis 2005; Ito and Follows 2005).
The bathymetry of the model is idealized to a flat-

bottom over themajority of the domain. Throughout the
main 208 wide sector, the ocean has a depth of 5000 m.
However, a 18 (or 1 grid box, whatever is the greater)
region of half depth is appended to the domain within
the confines of the circumpolar channel (see Fig. 1). This
ridge blocks all contours of f/H, where f is the Coriolis
frequency, andH is the depth, and ensures that the zonal
momentum input by the wind is balanced by bottom
form stresses (Munk and Palmén 1951; Johnson and
Bryden 1989).
In the vertical, the model domain has 42 unevenly

spaced levels. The surface layer is the thinnest, at 10 m,
while the bottom 10 levels have a common thickness of
250 m (the maximum used). All model resolutions use
a constant grid spacing, in degrees, in the zonal direction.
However, to ensure accurate representation of the eddy

TABLE 1. Standard model parameters.

Parameter Symbol Value Units

Biharmonic viscosity
(momentum)

n4 Variable m4 s21

GM coefficient kGM Variable m2 s21

Grid spacing D Variable Degrees
Reference diapycnal
diffusivity (T/S)

ky 3 3 1025 m2 s21

Restoring time scale (S) lS 30 Days
Restoring time scale (T) lT 10 Days
Vertical viscosity (momentum) ny 1023 m2 s21

FIG. 1. Schematic model domain. The total model depth is
5000 m and spherical polar coordinates are used, so that the
longitudinal width in kilometers at the 608S/608N is half the
equatorial width (of ;2000 km). The gray-shaded area (right-
hand panel) indicate where the depth is only 2500 m. This region
is 1 grid point (D) wide at a grid spacing of 28, and 18 wide at grid
spacings of ½8 and 1/68.
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Figure 2.7: MITgcm sector model set-up: a) MITgcm sector geometry, adapted from
Munday et al. [2013]. The ocean model depth is 5000 km except in the grey shaded area,
one grid cell wide, which is 2500 km deep. The ocean surface is everywhere in contact with
an atmospheric box (light grey box) with only a well-mixed pCO2, b) MITgcm mean state
wind forcing (blue), temperature restoring (red) and salinity restoring (green) profiles.

The model has 42 uneven spaced vertical levels, with the surface layer of 10m and the

bottom 10 levels of 250m thickness. Grid spacing in the meridional direction is scaled such

that the grid boxes are approximately square at all latitudes. The model is forced with a

zonal wind stress profile shown in Fig. 2.7b chosen to induce a realistic gyre circulation and

equatorial upwelling. The wind stress profile consists of a set of sin-functions, modulated

at the equator for the appropriate strength of equatorial upwelling:

τ(Φ) =

{
τ0sin [π(Φ + 60)/40] , for |Φ| > 20◦.

0.6 · τ0sin [π(Φ + 60)/40] ·
(

1− e−(Φ/8)2
)
, for |Φ| < 20◦,

(2.21)

with a mean τ0 = 0.15 N/m2. The wind stress has a seasonal cycle whereby τ0 oscillates by

0.05 N/m2 around the mean. Frictional dissipation in the model occurs through viscosity

and no-slip boundary conditions. The restoring temperature θc(Φ) and salinity Sc(Φ)

profiles are chosen such that they broadly match the observed distributions in the Atlantic.

The temperature profile is given by the equation:

θc(Φ) =

{
TS + ∆ΦTsin [π(Φ + 60)/120] , for Φ < 0.

TN + (∆ΦT + TS − TN )sin [π(Φ + 60)/120] , for Φ > 0,
(2.22)

where TS and TN are the temperature at the Southern and Northern boundary, respec-

tively, and ∆ΦT is the difference in temperature between the Southern boundary and the

equator. For the mean state, we use TS = 0◦, TN = 5◦ and ∆ΦT = 30◦ with a restoring
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timescale of 10 days. The salinity restoring profile is given by:

Sc(Φ) =

{
SS + 1

2∆ΦS [1 + cos(πΦ/240)] for Φ < 0.

SN + 1
2(∆ΦS + SS − SN ) [1 + cos(πΦ/240)] , for Φ > 0,

(2.23)

where SS and SN are the salinity at the Southern and Northern boundary, and ∆ΦS is

the difference in salinity between the Southern boundary and the equator. For the mean

state, we use SS = 34 psu, SN = 34 psu and ∆ΦS = 4 psu with a restoring timescale of 30

days. The profiles of T (Φ) and S(Φ) are shown in Fig. 2.7b. The profiles have been chosen

such that the density at the Northern edge lies in between the density at the Southern

edge and the Northern edge of the channel, which is required for ensuring an overturning

circulation, i.e. there is an overlapping density window between the Southern channel and

the Northern edge of the basin [Munday et al., 2013, Wolfe and Cessi, 2010]. The specific

variables used are defined in Table 7.1.

2.3.3 Mean state

The wind forcing profile results in the gyre transport shown in Fig. 2.8a. The main features

are subtropical gyres North and South of the equator located between 10◦-40◦N/S with

a strength of ±7 Sv. Ekman transport within the subtropical gyre results in a local

depression of the thermocline in the centre of the gyres. In the Northern hemisphere, a

sub-polar gyre of strength −6.7 Sv is located between 40◦-60◦N. Divergence in the centre

of the gyre as a result of the wind stress curl causes negative lensing of the thermocline and

entrainment of deeper waters into the surface layer. Due to the profile of wind stress, there

are also two smaller cyclonic gyres transporting 4 Sv on either side of the equator (between

10◦S and 10◦N). In the Southern hemisphere, an unbounded barotropic current of 130.2 Sv

circles the Southern channel, representative of the Antarctic Circumpolar Current (ACC).

Observations put the strength of the ACC between 130-140 Sv [Nowlin and Klinck, 1986,

Cunningham et al., 2003].

Figure 2.8 shows the model mean Eulerian (panel b), eddy/bolus (panel c) and residual

(panel d, sum of the Eulerian and eddy) overturning stream function. Eddies acts in

areas with strong density gradients, so are most active in the Southern channel and the

Northern edge of the basin. In the Southern channel, there is a wind-induced Deacon cell

of vertically uniform strength 2.2 Sv which extends to -3500m depth (panel a) which is

balanced by an eddy-induced cell of opposite sign (panel b) to produce the overturning

seen in panel d (the pattern is patchy in the Southern channel due to noise in the eddy
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steam function). Figure 2.8e shows an observationally-based estimate of the residual global

overturning streamfunction as a function of pressure and latitude. The upper overturning

cell is shallower in the model compared to the observations, as in Wolfe and Cessi [2010,

2011], but the overturning streamfunction captures the main features of the meridional and

vertical transport: upwelling in the Southern channel, at the equator and in the Northern

sub-polar gyre, downwelling in the South and to the North of the Southern channel, in

the centre of the sub-tropical gyres and at the Northern boundary.

Similarly, the model has a deep bottom water cell also seen in the observations. The

abyssal cell transports −1.3 Sv and the Northern overturning cell, representing the Merid-

ional Overturning Circulation (MOC), has a maximum of 4.2 Sv. Estimates of the abyssal

cell are of order -8±2 Sv [Ganachaud and Wunsch, 2000] while recent estimates of the

MOC strength are 18.7±5.6 Sv [Cunningham et al., 2007]. Since the idealised model do-

main is 20◦-latitude wide, the model overturning is weaker than observed. If scaled up

(assuming the Atlantic is ≈ 3× the width of the idealised basin), the model MOC is only

slightly weaker compared to the mean observational estimate.

Near the equator, the model also supports a series of zonal currents. Underneath the

mixed layer, there is a wind-driven westward current at the equator. Due to the westward

advection, water at the western edge leads to a pressure gradient which drives an eastward

jet underneath (Fig. 2.9), similar to the equatorial undercurrent [Knauss, 1960, Philander,

1973, Wyrtki and Kilonsky, 1984, Philander et al., 1987]. The undercurrent is important

for delivering cold, nutrient- and carbon-rich water to the eastern side of the basin and

contributes to the equatorial outgassing of carbon [Feely et al., 2006] and maintaining

zonal sea surface gradients [Bjerknes, 1966]. There is a series of stationary eastward

jets on either side of the wind-driven current (Fig. 2.9b), which also advect cold- and

nutrient water to the eastern side of the basin. Such an equatorial current system has

been observed and well-studied in the past in both the Atlantic and Pacific oceans, and in

both observations and models [Tsuchiya, 1972, Firing et al., 1998, Rowe et al., 2000, Izumo

et al., 2002, Qiu et al., 2013]. While the structure is similar to observations, the magnitude

of the currents in the MITgcm are roughly an order of magnitude smaller, likely due to the

model geometry. We also note that the MITgcm shows a strong eastward surface current

due to convergence at the western boundary, though it is narrow and shallow.
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ment and topography-driven mixing in regions such as
the Drake Passage/Scotia Sea (Garabato et al. 2003) or
other locations on the Antarctic Mid-Ocean Ridge.
This downwelling is, however, sensitive to the dense
transport across 62°S; in an experimental inversion with
a doubling of the northward export to 20 ! 1 Sv at "n

# 28.15, imposed by constraint (control run produces
10 Sv), the downward transfer disappears and bottom-
water transport across 32°S is fed entirely by transport
across 62°S.

Dense water continues northward across 32°S into
the Atlantic, Indian, and Pacific basins where it is trans-
formed back to lighter water by abyssal diapycnal mix-
ing. The net overturning across 32°S, at 20.9 ! 6.7 Sv, is
close to previous estimates at this latitude (21 ! 6 Sv:
Ganachaud 2003b; 22 Sv: Talley et al. 2003). This result
is considerably smaller than the O(50 Sv) overturning
of Sloyan and Rintoul (2001), with the largest discrep-
ancy in Upper Circumpolar Deep Water (UCDW:
27.4–28.0 "n) where we find 20 Sv globally southward
across 32°S, as opposed to 52 Sv. While both our in-
verse model and that of Sloyan and Rintoul include
explicit air–sea forcing, the two have been formulated

differently, particularly in how they treat the interac-
tion of Ekman transport and watermass transforma-
tion. As noted in LS03, Sloyan and Rintoul’s formula-
tion can bias the formation rate high, and these model
differences, rather than differences in air–sea fluxes,
account for the disparate results. When forced by each
of the five flux products in separate inversions, we find
southward UCDW transport across 32°S ranges from a
minimum of 15 Sv (adjusted NOC COADS; Grist and
Josey 2003) to a maximum of 20 Sv (NCEP–NCAR
reanalysis, version 2). In both this model and in Sloyan
and Rintoul (2001), independent layer-to-layer trans-
fers are allowed for each property: that is, we do not
assume that a single effective diffusivity value acts to
transfer both heat and salt between two neutral density
layers in a given box. Thus, both studies have similar
degrees of freedom in the regions where they overlap.

When the Atlantic and Indo–Pacific portions of the
global overturning are examined separately (Fig. 3), a
richer picture of the overturning circulation’s structure
emerges. The upper cell is predominantly associated
with Atlantic overturning and buoyancy gain in the
Southern Ocean, but—unlike in the globally averaged

FIG. 2. Zonally averaged global overturning streamfunction (Sv; every 2 Sv contoured) in (top) density and (bottom) pressure levels
across hydrographic sections (vertical gray lines) with linear interpolation between the sections. Typical winter mixed layer densities/
depths (white), the mean depth of ocean ridge crests (dark gray), and the depth of the Scotia Arc east of Drake Passage (light gray)
are also shown.
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Figure 2.8: Mean state stream functions in the MITgcm sector model (a-d) calculated
over the last 100 years of a 20000-year spin up integration; (d) an estimate of the residual
overturning streamfunction from observations, from Lumpkin and Speer [2007]. Note that
Lumpkin and Speer [2007] use an opposite sign convention.
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Figure 2.9: a) Zonal mean of the residual zonal velocity u as a function of depth and
latitude and b) residual zonal velocity u at a depth of z=-400m showing the eastward
equatorial countercurrents North and South and South the westward equatorial current.

The distribution of temperature and salinity reflects the restoring boundary condi-

tions: temperature and salinity are higher in the Tropics than at high latitudes, with the

temperature at the Northern pole higher than the Southern pole (Fig. 2.10a-d). Due to

the western boundary currents of the sub-tropical gyres, the tracers show a poleward ex-

tension on the western side of the basin. Similarly, the small gyres adjacent to the equator

result in convergence on the western side of the basin, at 10◦N and 10◦S, and divergence

at the eastern side of the equator. The divergence at the equator causes local upwelling of

colder, fresher water. Circulation and diffusion transports heat and salinity downgradient,

so that the surface signals are generally downwelled at the Northern pole and upwelled

in the Southern channel. The potential density structure (Fig. 2.10e and 2.10f) is gener-

ally temperature-driven: isopycnals are mostly flat outside the channel, except at shallow

depth (less than 1000m depth) and North of 40◦N. Inside the channel, wind-driven Ekman

pumping causes a tilt in isopycnals which is only partially balanced by eddy fluxes. In the

mixed layer, the density is also largely reflective of the temperature structure.

Figure 2.11a-c shows the zonally averaged distribution of DIC, alkalinity and phos-

phate, with higher concentrations at depth. The maximum in concentration is located in

the Northern edge of the abyssal cell where the water is oldest. The effect of temperature

is also seen by decomposing DIC into its preformed and regenerated components. DIC is

decomposed following Gruber et al. [1996]:

DICreg = Csoft + Ccarb = rC:P (P − Ppre) + 0.5(Alk −Alkpre + rN :P (P − Ppre)),

DICpre = DIC −DICreg,
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where P (phosphate), Ppre (preformed phosphate), Alk (alkalinity) and Alkpre (preformed

alkalinity) are calculated online and available as model output diagnostics. rC:P and rN :P

are the Redfield ratios of carbon to phosphate and nitrogen to phosphate respectively.

Fig. 2.11d shows preformed DIC, of which the concentration contours match temperature

(there are discrepancies in the top 1500m as a result of Cdis). The distribution and mag-

nitude of the biogeochemical tracers agrees well with other studies [e.g., Ito and Follows,

2005] and observations [Feely et al., 2001, Gruber, 1998]. The distribution of regenerated

DIC and dissolved oxygen are fairly similar, as oxygen is used up in the remineralisation

of organic matter (Fig. 2.11e-f). At the surface, dissolved oxygen is equilibrated with the

atmosphere. Waters recently in contact with the surface have high oxygen concentration

and are said to be saturated (such as the sinking water at the Southern and Northern

boundaries) however those waters have little accumulated regenerated DIC. As the water

ages, it is depleted in oxygen and enriched in regenerated DIC, as seen in the abyssal

cell. The model shows the presence of an oxygen minimum zone in the mid-latitudes and

Tropics between 100-1000m depth, with corresponding high regenerated carbon concen-

trations. The meridional and vertical extents of the shadow zone compares well with other

studies such as Ito and Follows [2005] although the magnitude is slightly higher in our

MITgcm model compared to other studies (the minimum in oxygen in the MITgcm model

is roughly 170 mol/m3, while Ito and Follows [2005] model a minimum between 100-150

mol/m3).

The distribution of the biogeochemical tracers is manifested in important mixed layer-

only quantities. Convection and upwelling in the Southern channel and convection and

wind-induced mixing of nutrients in the Northern sub-polar gyre drive local mixed layer

biological activity (Fig. 2.12a). Equatorial upwelling drives biological activity, although

the source of equatorial nutrients is Southern Ocean upwelling such that the equatorial

waters are already partially depleted in nutrients. As a result, biological activity in the

equatorial region is 20−40% of the high latitude value. Such a difference in the magnitudes

of the biological activity are supported by satellite chlorophyll observations (NOAA and

SeaWiFS). However, in the present model, the equatorial biology is likely too weak and the

Southern channel biology is relatively too strong [Williams and Follows, 2011], likely due

to a lack of seasonality and light-limitation in the Southern channel (note that the model

does not have sea ice). Low productivity is modelled in the oligotrophic6 sub-tropical

6Environments that have low nutrient and high oxygen concentrations.
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gyres, as observed in the real ocean.
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Figure 2.10: Mean state physical quantities in MITgcm sector model: a) Zonally averaged
temperature, b) Mixed layer average temperature, c) Zonally averaged salinity, d) Mixed
layer average salinity, e) Zonally averaged potential density in the top 1000m and f) Mixed
layer average density. The dashed black line marks the extent of the Southern channel.

The distribution of ocean pCO2 and the air-sea CO2 flux (Figs. 2.12b,c) provides a

complementary view of the biogeochemical and physical processes affecting the tracers’

distribution. Upwelling raises the surface DIC and therefore ocean pCO2 in the Southern

channel and the Tropics. In addition, the higher temperatures in the Tropics result in
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a further increase of local ocean pCO2. Cooling of poleward moving waters resulting in

increased solubility of CO2 leads to lower pCO2 values in the Northern sub-polar region

and just North of the Southern channel, particularly in the extension of sub-tropical gyre

western boundary currents.
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Figure 2.11: Mean state biogeochemical quantities in MITgcm sector model: a) Zonally
averaged DIC, where the black lines show surfaces of constant density, b) Zonally averaged
Alkalinity, c) Zonally averaged Phosphate PO−3

4 , d) Zonally averaged preformed DIC, e)
Zonally averaged regenerated DIC and f) Dissolved oxygen.

The magnitude of the ocean pCO2 is 80 ppm lower than in observations and models
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for the period 1980-1995 [Takahashi et al., 2009, Valsala and Maksyutov, 2010] due to

the lack of anthropogenic CO2 forcing in the model. However the spatial pattern and the

large-scale meridional gradients of pCO2 are comparable to observations (on the order of

100 ppm). The mean atmospheric pCO2 in the model simulation is diagnosed at 302 ppm,7

so there is a positive air-sea flux of carbon (i.e. uptake) North of the Southern channel and

in the Northern sub-polar region, and a negative air-sea flux of carbon (i.e. outgassing)

in the Southern channel and Tropics. The band of positive air-sea CO2 flux between

30◦ and 40◦S in Fig. 2.12c, where the sub-tropical gyre meets the Southern Ocean, is a

good indicator of where intermediate waters are formed. Comparing the pattern with the

observations in Fig. 1.6 show good agreement, indicating that intermediate waters are

formed in the correct location.
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Figure 2.12: Mean state biogeochemical mixed layer quantities in MITgcm sector model:
a) Mixed layer average biological activity (mmol/m3/year of Phosphate), b) Ocean pCO2

(ppm) and c) Air-sea CO2 flux (mol/m2/year)

2.3.4 Perturbation experiments

The forcing profiles of zonal wind stress τ , sea surface temperature T and sea surface salin-

ity S lend themselves well for perturbation experiments. In this study, we are interested

in the oceanic carbon response to climate change scenarios. Due to the large changes in

atmospheric forcing at high latitudes (see Fig. 2.6), we are particularly interested in the

ocean response to perturbations in wind stress and buoyancy (temperature and salinity)

7The atmospheric pCO2 in the model is initialised at 280ppm and left to freely evolve during spin-up
to reach an equilibrium at 302ppm.
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at high-latitudes (e.g., in the Southern Ocean and the North Atlantic). To that end, we

design our main experiments as perturbations in:

• Southern Ocean wind stress,

• North Atlantic sub-polar wind stress,

• Global mean sea surface temperature

• North Atlantic sub-polar salinity

• Southern Ocean salinity

The wind stress in both the Southern channel and the Northern sub-polar gyre can be

modified in the MITgcm sector model by multiplying the wind stress τ in eqn. 2.21 with a

constant over the specific region of interest (see Fig. 2.16a) as in other studies [Lovenduski

and Ito, 2009, Wolfe and Cessi, 2010, 2011, Lauderdale et al., 2013, Munday et al., 2013].

Simulating sea surface warming can be done by either adding a constant to the forcing

profile of T or multiplying the profile. Across the Atlantic, both observations of sea

surface temperatures and simulations using the CMIP3 and CMIP5 ensemble of models

show stronger warming in the Tropics than the Southern Ocean [Manabe et al., 1990, Xie

et al., 2010, Knutson et al., 2013], pointing towards a multiplicative change in temperature

restoring, which is what we choose to adopt. However, we can manipulate the Southern

boundary TS , Equatorial ∆ΦT and Northern boundary TN temperatures in eqns. 2.22

separately to tune the profile.

The warming in the North Atlantic more ambiguous since a pattern of polar amplifica-

tion [Manabe and Stouffer, 1980] is seen in observations and models, whereby atmospheric

warming is particularly strong in the Arctic due to local feedbacks. However, there is some

uncertainty in the high-latitude SST response to climate change since North Atlantic win-

ter mixed layers are deep and act to reduce the surface warming [Manabe et al., 1990,

Xie et al., 2010, Knutson et al., 2013]. To mimic the pattern of projected warming, we

perturb the ocean surface temperature in the MITgcm sector by multiplying the equato-

rial warming ∆ΦT in eqn. 2.22 by a factor β. TN is multiplied by a factor 2β − 1 which

ensures that the percentage increase is twice that of ∆ΦT , i.e. if ∆ΦT is increased by 10%,

TN is increased by 20%. For these experiments which we will call our “base” warming
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scenario, TS = 0. Such perturbations will ensure warming in the Northern sub-polar gyre

and Southern ocean, along with a decrease in the shared density window between the

two poles. In addition, sensitivity studies are run to understand how the model response

changes due to polar warming, which is simulated by varying the percentage change of

TN and TS relative to ∆ΦT . These are discussed in details in the relevant section (section

3.1.4, Fig. 5.9).

We will also estimate the impact of high latitude buoyancy forcing without any warm-

ing perturbations affecting the solubility of carbon by perturbing the salinity restoring

profiles. We perturb the salinity restoring parameters SN at the Northern pole and SS at

the Southern pole, in eqn. 2.23. Such perturbation scenarios mimic the buoyancy effects

similar to the “warm pole” experiments by Wolfe and Cessi [2010] without the associated

warming effects. Figure 2.13 shows a set of example perturbed forcing profiles.

0 0.10.2
−60
−50
−40
−30
−20
−10
0
10
20
30
40
50
60

τ (Nm−2)

La
tit

ud
e

0 10 20 30
−60
−50
−40
−30
−20
−10
0
10
20
30
40
50
60

T (oC)

La
tit

ud
e

34 35 36 37
−60
−50
−40
−30
−20
−10
0
10
20
30
40
50
60

S (psu)

La
tit

ud
e

(a) (b) (c)

Figure 2.13: MITgcm sector model forcing profiles (solid lines) with example perturbed
profiles (dashed lines) for a) zonal wind stress, b) temperature and c) salinity. The wind
stress perturbation plot shows 1.5× and 2× Southern Ocean and North Atlantic wind
stress profiles. The temperature perturbation shows a 1.1× T and a 1.2× T profile. The
salinity perturbation shows a SN + 0.25 and a SN + 0.5 psu profiles.

To summarise, the following table lists the set of perturbation experiments run along

with the symbol that will be used to refer to the particular perturbation:

Perturbation Symbol

Multiplication of zonal wind stress τ between 60◦ and 20◦S τSO
Multiplication of zonal wind stress τ between 20◦ and 60◦N τNA
Multiplication of the pole-to-equator temperature restoring
difference ∆T by β and the Northern boundary restoring
temperature TN by 2β-1

T

Reduction of the Northern boundary salinity restoring SN SN
Reduction of the Southern boundary salinity restoring SS SS
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The purpose of this thesis is to quantify climate-carbon feedbacks under different

forcing scenarios. To that end, the MITgcm perturbation experiments serve to exam-

ine relationships for predicting the sensitivity of atmospheric CO2 to wind stress and

temperature buoyancy forcing in a complex system and identify additional feedbacks and

non-linearities. The next section describes the basic framework used throughout the thesis

to calculate the atmospheric pCO2 response to forcing.

2.4 Mixed layer carbon feedback

2.4.1 Mixed layer carbon flux equation

The aim of this study is to quantify the impact of wind stress and temperature (both

buoyancy and solubility effects) on atmospheric CO2. A knowledge of the mixed layer

carbon concentration is therefore required, which determines the magnitude of the carbon

flux in or out of the ocean. We therefore derive a general equation for mixed layer carbon

concentration. Later on, the equation will simplified for each region considered depending

on the dominant balance of local processes.

We begin with the general prognostic equation for a tracer C, dissolved inorganic

carbon:
∂C

∂t
= −∇ · [(u + u∗)C] + ∇ · (κ ·∇C) + Fair−sea + Fbio (2.24)

where u is the Eulerian velocity, u∗ is the bolus velocity and u+u∗ is the residual velocity

[Marshall and Radko, 2003], κ is the diffusivity matrix, Fair−sea is the air-sea flux and

Fbio the biological flux, as defined in section 2.3.1. We then integrate from the bottom of

the mixed layer z = −H to the free surface z = η and define the mixed layer thickness

h = H + η and the mixed layer carbon concentration Ch = 1
h

∫ η
−H Cdz. In doing so we

assume the following:

• Carbon is well-mixed within the mixed-layer, ∂Ch
∂z ≈ 0, except at z = −H where

C(−H) = Ch.

• The only sources and sinks in the mixed layer are the biological flux, Fbio, and the

air-sea flux, Fair−sea, the latter only acting at z = η.
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For the details of the integration over the mixed-layer, see appendix section 7.3. The

integrated equation is given by:

h
∂Ch
∂t

= − Ch(wh + u
∂h

∂x
+ v

∂h

∂y
+
∂h

∂t
) +

∂C

∂x
u h+

∂C

∂y
v h

+

[
κx
∂2Ch
∂x2

+ κy
∂2Ch
∂y2

]

h

+

(
κz
∂Ch
∂z

)

z=−H
+ Fair−sea + [Fbio]h , (2.25)

where wh = w(−H) and we define [ ... ]h =
∫ z=η
z=−H ... dz. To understand the magnitude

and patterns of the terms in equation 2.25, we calculate the 240-year means of the terms in

the HadGEM2-ES pre-industrial control run8 (Fig. 2.14) and in the MITgcm pre-industrial

control integration (Fig. 2.15).

The term Chwh is the vertical advection of carbon at the bottom of the mixed layer

(panel a in Figs. 2.14 and 2.15) and Ch

(
u∂h∂x + v ∂h∂y

)
is the contribution from horizontal

advection of carbon across a sloping mixed layer (panels b and c). The term Ch
∂h
∂t mea-

sures instantaneous mixing but is only relevant for un-equilibrated systems and won’t be

considered in the present work. Owing to weak horizontal gradients in C, the terms ∂C
∂x uh

and ∂C
∂y vh are small compared to the other terms in the equation as shown in panels d and

e, so these terms will henceforth be neglected (in the Southern Ocean, their magnitude

is larger than elsewhere, but still an order of magnitude smaller than the other advection

terms). Due to the weak horizontal carbon gradients, the horizontal diffusion within the

mixed layer is smaller than the advection terms by two orders of magnitude (panel g).

The contribution of the retained advective terms (panel f) is shown to be significant over

all regions of the ocean.

The biological flux (panel h) is always negative in the mixed layer and is of similar

magnitude to the air-sea flux (panel i), apart from the Northern sub-polar regions. Com-

pared to biology, the air-sea flux and advection terms (panels a and f), diapycnal diffusion

across the mixed layer base (panel g) is negligibly small. Biology and the air-sea flux are

also comparable to the advection terms, though the strength of the biology is relatively

weaker, but comparable, in the MITgcm. Levy et al. [2013] suggests biology and the air-

sea flux are of similar magnitude, so it is likely that the biology flux is slightly too weak

in the MITgcm, the caveats of which are discussed in the relevant chapters. The patterns

8As mentioned previously, the calculations do not include the eddy velocities u∗ and v∗ as they are not
output by the model.
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The term Chwh is the vertical advection of carbon at the bottom of the mixed layer

(panel a in Figs. 2.14 and 2.15) and Ch

⇣
u@h
@x + v @h

@y

⌘
is the contribution from horizontal

advection of carbon across a sloping mixed layer (panels b and c). The Ch
@h
@t -term

measures instantaneous mixing but is only relevant for un-equilibrated system and won’t

be considered in the present work. Owing to weak horizontal gradients in C, the terms

@C
@x u h and @C

@y v h are small compared to the other terms in the equation as shown in

panels d and e (in the Southern Ocean, their magnitude is larger, but still an order of

magnitude smaller than the other advection terms). Due to the weak horizontal carbon

gradients, the horizontal di↵usion within the mixed layer is smaller than the @C
@x u h and

@C
@y v h by two orders of magnitude (panel g). The contribution of all advective terms

(panel f) is shown to be significant over all regions of the ocean.

The biological flux (panel h) is always negative in the mixed layer and is of similar

magnitude to the air-sea flux (panel i), apart from the Northern sub-polar regions.

Compared to biology, the air-sea flux and advection terms (panels a and f), diapycnal

di↵usion across the mixed layer base (panel g) is negligibly small. Biology and the

air-sea flux are also comparable to the advection terms, though the strength of the

biology is relatively weaker, but comparable, in the MITgcm [[Isn’t worrisome that your

biology term is so small? is it normal and hadgem is the anomaly? or the other way

around? it is important to discuss this if it a caveats in the chapter in which biology

is discussed]]. The patterns and magnitudes of mixed-layer carbon processes calculated

here are similar to Levy et al. [2013] which uses observational data sets. We therefore

preserve the leading terms in the mixed-layer carbon budget: advection, biology and

air-sea flux terms leading to

h
@Ch

@t
= �Ch(wh + u

@h

@x
+ v

@h

@y
) + hFair�sea + [Fbio]h . (2.23)

To illustrate each of these terms, fig. 2.16a shows a diagram of the mixed layer

75
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Figure 2.14: Mixed layer carbon terms from eqn. 2.25 diagnosed in the 240-year average
of HadGEM2-ES control run (mol/m2/year).
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The term Chwh is the vertical advection of carbon at the bottom of the mixed layer

(panel a in Figs. 2.14 and 2.15) and Ch

⇣
u@h
@x + v @h

@y

⌘
is the contribution from horizontal

advection of carbon across a sloping mixed layer (panels b and c). The Ch
@h
@t -term

measures instantaneous mixing but is only relevant for un-equilibrated system and won’t

be considered in the present work. Owing to weak horizontal gradients in C, the terms

@C
@x u h and @C

@y v h are small compared to the other terms in the equation as shown in

panels d and e (in the Southern Ocean, their magnitude is larger, but still an order of

magnitude smaller than the other advection terms). Due to the weak horizontal carbon

gradients, the horizontal di↵usion within the mixed layer is smaller than the @C
@x u h and

@C
@y v h by two orders of magnitude (panel g). The contribution of all advective terms

(panel f) is shown to be significant over all regions of the ocean.

The biological flux (panel h) is always negative in the mixed layer and is of similar

magnitude to the air-sea flux (panel i), apart from the Northern sub-polar regions.

Compared to biology, the air-sea flux and advection terms (panels a and f), diapycnal

di↵usion across the mixed layer base (panel g) is negligibly small. Biology and the

air-sea flux are also comparable to the advection terms, though the strength of the

biology is relatively weaker, but comparable, in the MITgcm [[Isn’t worrisome that your

biology term is so small? is it normal and hadgem is the anomaly? or the other way

around? it is important to discuss this if it a caveats in the chapter in which biology

is discussed]]. The patterns and magnitudes of mixed-layer carbon processes calculated

here are similar to Levy et al. [2013] which uses observational data sets. We therefore

preserve the leading terms in the mixed-layer carbon budget: advection, biology and

air-sea flux terms leading to

h
@Ch

@t
= �Ch(wh + u

@h

@x
+ v

@h

@y
) + hFair�sea + [Fbio]h . (2.23)

To illustrate each of these terms, fig. 2.16a shows a diagram of the mixed layer

75

(mol/m2/yr) (mol/m2/yr) (mol/m2/yr)

(mol/m2/yr) (mol/m2/yr) (mol/m2/yr)

(mol/m2/yr) (mol/m2/yr) (mol/m2/yr)

Figure 2.15: Mixed layer carbon terms from eqn. 2.25 diagnosed in the MITgcm control
run (mol/m2/year).
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and magnitudes of mixed-layer carbon processes calculated here are otherwise similar to

Levy et al. [2013] who use observational data sets. We therefore preserve the leading terms

in the mixed-layer carbon budget: advection, biology and air-sea flux terms leading to

h
∂Ch
∂t

= −Ch(wh + u
∂h

∂x
+ v

∂h

∂y
) + Fair−sea + [Fbio]h . (2.26)

To illustrate the physical meaning of each term, Fig. 2.16a shows a diagram of the mixed

layer fluxes in an ocean basin with a sloping mixed layer vertical extent h in the y-

direction. In addition, table 2.16b lists the timescales associated with each process in both

the Southern and Northern high latitudes. The timescales are a relative measure of how

quickly a certain process can affect the mixed layer carbon concentration. The timescales

are calculated using typical values of the parameters in the Northern and Southern high

latitudes from the HadGEM2-ES and MITgcm control integrations. The left hand side

of equation 2.26 is set equal to h ∂Ch
∂t ≈ h Ch

t0
and then the equation is solved for the

timescale t0. For every term on the right hand side, we can then estimate the order of

magnitude of t0 for each process. While the advective fluxes are comparable to the air-sea

and biological flux in terms of magnitude, the timescales of adjustment are on the order

of decades (as a result of the dependency of the advective flux on Ch).

Equation 2.26 is the general mixed layer carbon flux equation and will be the starting

point for the calculations in the remainder of the thesis. The equation can be used to

calculate the change in Ch given a change in any forcing f as long we know how each of

terms in equation 2.26 varies with f. We are interested in the equilibrium solution such

that ∂Ch
∂t = 0. However, to calculate the response in the air-sea flux we need to know the

response in the ocean pCO2. Calculating ocean pCO2 can be accomplished by expanding

Fair−sea in terms of the difference in pCO2 of the atmosphere, pCOa
2, and ocean, pCOo

2,

as defined in eqn. 1.1, and solving for pCOo
2. Once we have an expression for pCOo

2 using

eqn 2.26, we can use the expression to calculate the resulting atmospheric pCO2 change,

i.e. we can calculate the climate-carbon feedback.

2.4.2 Equilibrium feedback equation

In this section, a general equation to estimate atmospheric carbon feedbacks is derived.

The derivation presented is a process-based approach which differs from previous studies

[Hansen et al., 1984, Friedlingstein et al., 2006, Goodwin et al., 2009] since the aim is to

decompose the global climate feedback with respect to a given change in forcing (such as

wind stress or buoyancy) in a specific region.
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h Fbio
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wh

vv

wh

Fair-sea

(a) Diagram of mixed layer fluxes in a mixed layer of depth h(y). Note that
the horizontal advection term only acts in the presence of a slope in the mixed
layer depth.

Timescale τ0 (years) North (HadGEM2-ES /
MITgcm)

South (HadGEM2-ES /
MITgcm)

Vertical advection 15 / 10 5 / 5
Horizontal advection 40 / 10 50 / 10
Vertical diffusion >10,000 / >10,000 1500 / >10,000
Air-sea flux <1 / <1 <1 / <1
Biological flux <1 / <1 <1 / <1

(b) Table of timescales. Values are calculated using averaged quantities between 40◦− 60◦N
and 60◦ − 40◦S.

Figure 2.16

The studies by Goodwin and co-authors [Goodwin et al., 2007, 2008, 2009, Goodwin

and Lenton, 2009, Goodwin and Ridgwell, 2010] look at global net changes in the indi-

vidual reservoirs of ocean carbon, which is certainly important for future climate change

studies. Similarly, Gregory et al. [2009] calculate the net global climate-carbon feedback

in future climate change scenarios. Both Gregory et al. [2009] and the studies by Goodwin

and co-authors therefore focus on the global climate feedback without detailed study of the

importance of different regions, nor the importance of the physical processes and param-

eters that determine the overall strengths of the feedback. The work presented here aims

to determine the importance of local changes in the Southern Ocean and North Atlantic

on the global climate-carbon feedback. We focus on the physical processes involved in de-
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termining the relationship between atmospheric CO2 and the physical, thermodynamcal

and biogeochemical forcings in the system, as well as the physical parameters that deter-

mine the overall strength of the feedbacks. We therefore provide a more in-depth physical

understanding of the regional contribution of the Southern Ocean and North Atlantic to

global carbon feedbacks. The forcings studied, wind stress, temperature and salinity, are

chosen such that they are driven by anthropogenic climate change, establishing a link to

the carbon-climate feedback.

The value of pCOo
2 as a function of a forcing f, pCOo2(f) is obtained by using the

equation for global air-sea carbon flux in the absence of anthropogenic carbon emission

(eqn. 1.1). At equilibrium, the globally area integrated flux over the whole ocean vanishes

such that: ∫
Fair−seadA =

∫
Kτ(pCOa2 − pCOo2(f))dA = 0, (2.27)

where we average over the seasonal cycle. In this study we are interested in the high

latitude pCOo2 response to local forcing so we split the integral into a high latitude area

AH where the forcing f is applied and the remaining area in the ocean, AE (see Fig. 2.17):

AHτHpCOo2H(f) +AEτEpCOo2E − (AHτH +AEτE)pCOa2 = 0, (2.28)

y

x

E

H

AE

AH

and salinity, are chosen such that they are a function of the anthropogenic atmospheric

CO2 forcing, establishing a link to the carbon-climate feedback.

For the variation of pCOo
2 with a general forcing f, pCOo

2(f), we use the equation for

global air-sea carbon flux in the absence of anthropogenic carbon emission (eqn. 1.1).

At equilibrium, the globally area integrated flux over the whole ocean vanishes:

Z
Fair�seadA =

Z
K⌧(pCOa

2 � pCOo
2(f))dA = 0. (2.24)

In this study we are interested in the high latitude pCOo
2 response to local forcing so

we split the integral into a high latitude area AH where the forcing f is applied and the

area elsewhere in the ocean, AE (see fig. 2.17):

AH⌧HpCOo
2H(f) + AE⌧EpCOo

2E � (AH⌧H + AE⌧E)pCOa
2 = 0, (2.25)

y

x

E

Hf

AE

AH

Figure 2.17: For a rectangular ocean basin shown, we label the high latitude region H
where we calculate the response in pCOo

2 to a forcing f , and a region E where no forcing
is applied.

where the overline indicates an area mean and the subscript ‘H’ refer to the high

latitude region and ‘E’, elsewhere in the ocean. Equation 2.25 can be solved for pCOa
2
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Figure 2.17: For a rectangular ocean
basin shown, we label the high lat-
itude region H where we calculate
the local response in pCOo2 to a forc-
ing f, and a region E where no forc-
ing is applied.

where the overline indicates an area-mean and the

subscript ‘H’ refers to the high latitude region and

‘E’ refers to the remainder of the ocean. Equa-

tion 2.28 can be solved for pCOa2 to give pCOa2

in terms of the high latitude ocean pCOo2H . How-

ever, we note that in the mixed layer carbon anal-

ysis in section 2.4.1, pCOo2H(f) is solved for, rather

than τHpCOo2H(f). We approximate τHpCOo2H(f)

and τEpCOo2E by τH pCOo2H(f) and τE pCOo2E , re-

spectively and thereby introduce a constant error

smaller than 3% in the models and regions used in

this study.9 The feedback equation is then given by:

pCOa2 = PHpCOo2H(f) + PEpCOo2E , (2.29)

9The exact error depends on the details of the area split, but remains constant with wind stress so the
response to forcing is unaffected.
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where PH = AHτH
AHτH+AEτE

and PE = AEτE
AHτH+AEτE

. The proportionality term PH can be

larger than AH in areas of high wind stress such as the Southern Ocean, resulting in

a strong influence of pCOo2H(f) on pCOa
2. Since we are interested in atmospheric pCO2

changes in response to a forcing f, we express eqn. 2.29 in terms of perturbations to the

equilibrium unperturbed state.10:

∆pCOa2 = ∆PHpCOo2H + PH∆pCOo2H(f) + PE∆pCOo2E(f) + ∆PEpCOo2E . (2.30)

Equation 2.30 therefore allows us to calculate the change in pCOa2 due to a change in

∆pCOo2H(f) as the ocean adapts to changes in f. High latitude areas are connected to the

rest of the ocean via dynamical and biogeochemical processes, so a local change in forcing

f induces a local change ∆pCOo2H(f) and consequentially a non-local change ∆pCOo2E(f).

To account for the non-local effect of the forcing f on pCOo2E , consider the box model

shown in Fig. 2.18. The model is similar to that of Toggweiler [1999] and will be used in

later chapters to interpret some of the results. The model consists of an atmosphere of

carbon concentration Ca and mass Ma that interacts with the surface ocean boxes in the

Southern and Northern hemispheres with carbon concentrations CS and CN , and masses

MS and MN through air-sea fluxes F1 and F2, respectively. Representing the overturning

circulation, the volume transport Ψ connects the carbon concentrations CS , CN and a

deep ocean with carbon concentration CD. The carbon concentration in the South CS is

further enriched through the overturning Ψ and a vertical mixing term. The mixing term

is proportional to the difference CD − CS and depends on the strength of the mixing f .

Our work as a whole is concerned with the effect of a forcing f at high latitudes, so for

now let the forcing f be applied to the Southern high latitude ocean. The resulting change

in CN is therefore of interest. The change in CS due to the forcing f is referred to as the

local feedback, whereas the change in CN due to f is the non-local feedback.

10Where we define the independent variables to be PH , PE , pCOo2H and pCOo2E
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Figure 2.18: Simple box model adapted from Toggweiler [1999] with surface ocean boxes
with carbon concentrations CS and CN over a deep ocean box with CD and an atmo-
sphere with Ca. F1 and F2 represent air-sea fluxes, Ψ is the overturning circulation and f
represents vertical mixing.

The steady state transport of carbon in and out of the deep box is then given by

ΨCN −ΨCD − f [CD − CS ] = 0, (2.31)

such that the deep carbon concentration in steady state is:

CD = (ΨCN + fCS) (Ψ + f)−1 . (2.32)

The upper ocean carbon concentration in the Northern box can be obtained by combining

the previous expression with conservation of mass in the absence of carbon emissions, i.e.

MACa +MNCN +MSCS +MDCD = I, where I is the total carbon inventory, leading to

CN =

[
I

MD
− MA

MD
Ca − CS

(
MS

MD
+

f

f + Ψ

)](
MN

MD
+

Ψ

f + Ψ

)−1

. (2.33)

The atmospheric mass MA is much less than the oceanic mass MD and all the other terms

apart from CS do not depend on carbon concentrations, so the expression for CN is of the

form

CN = −φ CS + c, (2.34)

where c is a constant and φ is a function of f and Ψ, such that:

φ =

(
MS

MD
+

f

f + Ψ

)(
MN

MD
+

Ψ

f + Ψ

)−1

. (2.35)

φ is only a function of positive quantities, so φ is always positive. From the relationship

2.34, CN is proportional to CS , coupled via the dynamical quantities f and Ψ. Therefore,

if a forcing f is applied over the Southern box and results in a local change in CS , ∆CS ,
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there will be a non-local change in the carbon concentration CN , ∆CN , in the Northern

box which is proportional to ∆CS such that:

∆CN = −
(
φ ∆CS + CS

∆φ

∆CS
∆CS

)
= −

(
φ ∆CS + CS

∆CS
∆CS/∆φ

)
. (2.36)

The proportionality between ∆CN and ∆CS is separated into two components:

• Since φ is always positive, −φ ∆CS , the “re-distribution” term, reflects the fact if

the carbon content in one part of the ocean changes, there must be an opposite

change in carbon content in the rest of the ocean simply due to the conservation

of carbon in the system, without any changes in dynamics, sources and sinks. The

factor φ then simply measures the extent of the change in CN .

• The term −CS ∆CS
∆CS/∆φ

reflects that a forcing f can alter the large scale ocean circu-

lation which in turn can affect the carbon content through the factor ∆CS/∆φ. The

factor ∆CS/∆φ reflects both dynamical and biogeochemical changes not addressed

by the simple box model. The term can be either positive or negative, depending on

the sign of ∆CS/∆φ in response to a particular forcing f. For example, φ decreases

as f/Ψ increases according to eqn. 2.35. Therefore if the forcing f increases vertical

mixing f more than the overturning Ψ, then carbon will be removed from the deep

ocean and transferred to the surface ocean, thereby increasing CS and giving rise to

a negative ∆CS/∆φ.

To relate the changes in carbon concentration ∆CS and ∆CN to changes in mean ocean

pCO2, pCOo2H and pCOo2E respectively, we use the definition of the Buffer Factor R

(eqn. 1.6) which only holds for small perturbations in pCOo
2: 11

∆pCOo2 = R
pCOo2
C

∆C. (2.37)

We take the spatial average of eqn. 2.37 separately in the region H and E to give:

∆pCOo2H = RH
pCOo2H
CH

∆CH , (2.38)

∆pCOo2E = RE
pCOo2E
CE

∆CE , (2.39)

where we have split the area integral on the right hand side to separate ∆CH and ∆CE in

order to match these with CS and CN such that ∆CH ≡ ∆CS and ∆CE ≡ ∆CN . Due to

the small spatial variation of terms in eqns. 2.38 and 2.39, the error associated with this

11we will later revisit over what range the assumptions are valid

59



operation is less than 1% in all MITgcm experiments used in this thesis. We can therefore

write eqn. 2.36 as:

∆pCOo2E = −
(
φ+ CH

∆φ

∆CH

)
RE

pCOo2E
CE

(
RH

pCOo2H
CH

)−1

∆pCOo2H , (2.40)

∆pCOo2E = εf ∆pCOo2H . (2.41)

The proportionality between ∆pCOo2E and ∆pCOo2H is expressed in terms of the parame-

ter εf, which is a function of dynamical and biogeochemical quantities f , Ψ, R, pCOo
2 and

C. The parameter εf is referred to as the non-local feedback parameter since it measures

the influence of the local forcing f on the pCOo
2 in rest of the ocean basin via non-local dy-

namical and biogeochemical induced changes. Assuming ∆pCOo2H and ∆CH are positive,

the sign of f is determined entirely by ∆CH/∆φ such that:

• εf > 0: positive non-local feedback, ∆pCOo2E , so a positive ocean pCO2 anomaly is

created elsewhere in the basin due to a forcing f. εf can only be positive if ∆CH/∆φ

is negative and if its contribution is larger than the effect of the re-distribution term.

• εf ≈ 0: no non-local feedback, there is no change in ocean pCO2 outside the forcing

region. This can only occur if ∆CH/∆φ is negative and if its contribution is equal

to the effect of the re-distribution term or if there is no overturning circulation or

mixing in the ocean at all.

• εf < 0: negative non-local feedback, ∆pCOo2E is the same sign as ∆pCOo2H so a

negative pCOo
2 anomaly is created elsewhere in the basin due to a forcing f. This

can only occur if either ∆CH/∆φ is positive or if the non-local feedback is dominated

by the re-distribution term.

We can use the expression ∆pCOo2E = εf ∆pCOo2H to estimate the change in atmospheric

pCO2 due to the non-local feedback by substituting ∆pCOo2E into eqn. 2.30 :

∆pCOa2 = (1 + εf
PE
PH

)PH ∆pCOo2H + ∆PH pCOo2H + ∆PEpCOo2E . (2.42)

The feedback induced by a forcing f on pCOa2 is therefore split into 3 contributions:

• PH ∆pCOo2H measures the atmospheric pCO2 feedback due to changes in local ocean

pCO2 due to a forcing f (thermodynamical, dynamical or biogeochemical),

• εf
PE
PH

PH ∆pCOo2H measures the atmospheric pCO2 feedback due to changes in

non-local ocean pCO2 due to a forcing f (through f/Ψ or biogeochemical),
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• ∆PH pCOo2H+∆PE pCOo2E measures the atmospheric pCO2 feedback due to changes

in the local turbulent flux of carbon across the air-sea boundary without any changes

in ocean carbon. This term only applies for a wind stress perturbation since ∆PH

and ∆PE are zero for buoyancy and temperature changes.

Equation 2.42 will be applied to different regions throughout the remainder of this work

to calculate specific local and non-local climate feedbacks.
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3

Climate feedback of local Southern
Ocean winds on atmospheric pCO2

Westerly winds over the Southern Ocean and their impact on the atmosphere-ocean heat

and carbon exchange have recently gained great scientific interest [Lauderdale et al., 2013,

Lenton et al., 2013]. Southern Hemisphere westerly wind strength has been observed to

increase over the last few decades [Swart et al., 2014] and is projected to rise further over

the next century as the climate warms [Bracegirdle et al., 2013], potentially resulting in

enhanced Ekman pumping and ventilation of the deep ocean. The strengthened ventila-

tion leads to increased heat and carbon exchange between the ocean and the atmosphere

[Sarmiento et al., 1998], further increasing global mean temperature.

In the contemporary climate, the Southern Ocean is the largest sink of atmospheric

anthropogenic carbon [Khatiwala et al., 2009]. Using atmospheric CO2 observations and

atmospheric inversions between 1981 and 2004, Le Quere et al. [2007] find a reduction in

the Southern Ocean carbon sink, attributed to the observed increase in westerly winds.

However, other studies [Fay and McKinley, 2013, Majkut et al., 2014] apply different

methods and find no significant change. Additional studies, such as Lovenduski and Ito

[2009], analyse the evolving response of the Southern Ocean carbon sink to a changing

climate and predict a reduction of the carbon sink in the coming century using a general

circulation model. However, the lack of continuous observations and the transient response

of the carbon cycle to simultaneously varying forcings (such as wind and buoyancy) limits

the accuracy of the observed and projected estimates of the Southern Ocean carbon sink.

In order to gain insight in the physical behaviour of the Southern Ocean carbon sink, we

aim to derive a relationship between equilibrium Southern Ocean carbon and wind stress

in terms of the physical parameters which determine the sensitivity of the response. Such

a relationship can be used to understand and calculate the role of wind stress within the

climate on the centennial timescales.

In this chapter, we focus on the local dynamical changes in the Southern Ocean where

the wind stress perturbations occur (i.e. region H in Fig. 2.17). The first section aims
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to derive a relationship for the sensitivity of atmospheric pCO2 on Southern Ocean wind

stress and the second section aims to use the relationship to investigate the behaviour of the

Southern Ocean carbon system in climate-change scenarios, namely elevated atmospheric

pCO2 and surface temperatures. We will address the climate feedback that occurs due

to dynamical and biogeochemical adjustments elsewhere in the ocean in chapter 4 (i.e.

region E in Fig. 2.17).

3.1 Feedback of the natural Southern Ocean carbon flux

The starting point is to understand the response of ocean dynamics and the distribution

of carbon due to the Southern Ocean wind stress perturbations. To that end, we employ

the MITgcm and analyse the response of the system to perturbations in the zonal wind

stress acting over the Southern Ocean channel (between 60◦-40◦S).

3.1.1 Model response to increased zonal wind stress

The response of the MITgcm model to wind stress perturbations is discussed as generally

as possible since the patterns of the response are common between all the perturbation

experiments, while examples will be drawn from the 2×τSO experiment on which detailed

analysis was performed.1 There is a modelled increase in the Ekman transport at the

Northern edge of the channel as τSO increases, where the overline indicates the area-mean

between 60◦−40◦S across the Southern Channel, shown in Fig. 3.2a. The Ekman transport

is calculated as the meridional Eulerian volume transport across the basin between 0-

100m depth at 40◦S. Since the residual circulation also increases linearly with wind stress,

there is limited eddy compensation. It must be pointed out that the linear response is

an artefact of the coarse resolution of the model as a result of unresolved parametrised

eddies. Munday et al. [2013] use a similar model set-up at 1/6◦ resolution (albeit with

a simpler wind stress forcing) which exhibits strong eddy saturation in the ACC, though

compensation in the residual circulation is unaddressed. The bolus streamfunction Ψ∗

increases as the isopycnal gradient steepens, but a constant GM diffusion coefficient does

not provide the same compensation seen in models with resolved eddies or a variable GM

coefficient [Deacu and Myers, 2005]. The limited eddy saturation and compensation is

a limitation of the model and will be addressed later on. The changes in the residual,

Eulerian and bolus streamfunctions are shown in Fig. 3.1.

1The 2×τSO experiment was chosen because the perturbation is strong enough for the response patterns
to be clear, while limiting any potential non-linearities.
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Figure 1.3: a) Diagram of the Southern Ocean circulation, with the colours showing
temperature, from the Australian National University [ANU, 2015], b) diagram of the
simplified North Atlantic overturning circulation, with red showing warm surface waters
and blue showing colder deep waters in the southward return current. The transformation
of warm (red) to cold (blue) occurs in the Labrador Sea and the Arctic Ocean, from
Rahmstorf [1997].

Cox, 1973]. Such regions include the Gulf Stream, Kuroshio Current, equatorial currents

and the ACC. In the context of the large scale circulation, eddies are especially important

in the Southern Ocean and their role within the overturning has been described using

residual-mean theory [Marshall and Radko, 2003].

The upwelling of dense water and subsequent tilting of isopycnal in the Southern

Ocean raises the potential energy of the system. The density gradients induced by the

flow create baroclinic instabilities resulting in a mesoscale eddy field that acts to flatten the

isopycnal, e↵ectively extracting potential energy from the baroclinic field and transporting

mass southward at the surface. The Ekman-induced northward surface velocities imply

a mean Eulerian overturning cell,  , known as the Deacon cell [Doos and Webb, 1994].

However, the eddy field acts to transport mass in the opposite sense, implying an opposing

velocity field (the “bolus” velocity field) and opposing cell,  ⇤. The total transport is given

by the sum of the two cells:  =  +  ⇤, the residual circulation (see Fig. 1.5). Since

mesoscale eddies are 10 to 100 km in diameter, they are largely unresolved in coarse general

circulation models, so are accounted for by a bolus velocity parametrization that depends

on the sloping of isopycnals [Gent and McWilliams, 1990].
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2 has no overbar since it is well-mixed in the atmosphere. The ultimate goal

is to derive an equation which will give the sensitivity of mean ocean pCO2 to mean wind

stress, i.e.
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3.1 Feedback of the natural Southern Ocean carbon flux

The starting point is to understand the response of ocean dynamics and carbon distri-

bution due to the Southern Ocean wind stress perturbations. To that end, we employ

the MITgcm and analyse the response of the system to perturbations in the zonal wind

stress acting over the Southern Ocean channel (between 60�-40�S).

3.1.1 Model response to increased zonal wind stress

The response of the MITgcm model to wind stress perturbations is discussed as general

as possible since the patterns of the response are common between all the perturbation

experiments, while examples will be drawn from the 2⇥⌧SO experiment on which detailed

analysis was performed1. There is a modelled in increase in the Ekman transport at the

northern edge of the channel as ⌧SO increases, where the overline indicates the area-

mean between 60�� 40�S across the Southern Channel, shown in Fig. 3.1a. The Ekman

transport is calculated as the meridional eulerian volume transport across the basin

between 0-100m depth at 40�S. Since the residual circulation also increases linearly

with wind stress, there is limited eddy compensation. It must be pointed out that the

linear response is entirely an artefact of the coarse resolution of the model as a result

of unresolved/parametrised eddies. Munday et al. [2013] uses a similar model set-up at

1/6� resolution (albeit with a simpler wind stress forcing) which exhibits strong eddy

saturation in the ACC, though compensation in the residual circulation is unaddressed.

The bolus streamfunction  ⇤ increases as the isopycnal gradient steepens, but a constant

GM di↵usion coe�cient does not provide the same compensation seen in models with

resolved eddies or a variable GM coe�cient [Deacu and Myers, 2005]. The limited eddy

saturation and compensation is a limitation of the model, but will be addressed later

on.

1The 2 ⇥ ⌧SO experiment was chosen because the perturbation is strong enough for the response
patterns to be clear, while limiting any potential non-linearities
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The expression for wh depends on the wind stress such that wh / ⌧
3/2
SO and the sensitivity

of wh to wind stress depends on the variables Q, h and �zT , a measure of stratifica-

tion. Lastly, the air-sea carbon flux in the Southern Ocean is given by Fair�sea =

K⌧SO(pCOa
2 � pCOo

2), where K is a constant and pCOa
2 and pCOo

2 are the atmospheric

and oceanic pCO2, respectively (see eqn. 2.17). At equilibrium, @Ch
@t = 0, so we can

solve equation 3.3 for pCOo
2:
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(3.5)

We are interested in the area-average change in pCOo
2 which we can then use to calculate

a change in atmospheric pCO2. The area of outgassing of carbon in the MITgcm model is

restricted to the area of positive vertical advection which is South of 40�S (in large-scale

ocean models and the real ocean, outgassing generally occurs South of 45�S [Majkut

et al., 2014], therefore broadly in agreement with our model set-up). We therefore take

a weighted average of eqn. 3.5 across the Southern Channel, between 40� � 60�S and

0� � 20�E, indicated by an overbar.6 The channel is zonally periodic so the mean zonal

advection u
⌧SO

@h
@x is zero when applying the averaging procedure. The averaged equation

is given as:
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6To take the average, we apply the integral
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Figure 3.5: Contributions of a) mixing, b) meridional advection, c) biology and d) radiative
flux terms to the estimate of Southern Ocean pCO2 (eqn. 3.7) as a function of Southern
Ocean wind stress. Empty squares show the terms as they appear in eqn. 3.6 and the filled
squares show the terms with the average split to isolate ⌧SO. Panel (b) shows the Ekman
(dark blue) and eddy (cyan) contributions, as well as the eddy contributions in experiments
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[2013] (red diamonds) . Control atmospheric pCO2 is 302ppm.
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2 has no overbar since it is well-mixed in the atmosphere. The ultimate goal
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3.1 Feedback of the natural Southern Ocean carbon flux

The starting point is to understand the response of ocean dynamics and carbon distri-

bution due to the Southern Ocean wind stress perturbations. To that end, we employ

the MITgcm and analyse the response of the system to perturbations in the zonal wind

stress acting over the Southern Ocean channel (between 60�-40�S).

3.1.1 Model response to increased zonal wind stress

The response of the MITgcm model to wind stress perturbations is discussed as general

as possible since the patterns of the response are common between all the perturbation

experiments, while examples will be drawn from the 2⇥⌧SO experiment on which detailed

analysis was performed1. There is a modelled in increase in the Ekman transport at the

northern edge of the channel as ⌧SO increases, where the overline indicates the area-

mean between 60�� 40�S across the Southern Channel, shown in Fig. 3.1a. The Ekman

transport is calculated as the meridional eulerian volume transport across the basin

between 0-100m depth at 40�S. Since the residual circulation also increases linearly

with wind stress, there is limited eddy compensation. It must be pointed out that the

linear response is entirely an artefact of the coarse resolution of the model as a result

of unresolved/parametrised eddies. Munday et al. [2013] uses a similar model set-up at

1/6� resolution (albeit with a simpler wind stress forcing) which exhibits strong eddy

saturation in the ACC, though compensation in the residual circulation is unaddressed.

The bolus streamfunction  ⇤ increases as the isopycnal gradient steepens, but a constant

GM di↵usion coe�cient does not provide the same compensation seen in models with

resolved eddies or a variable GM coe�cient [Deacu and Myers, 2005]. The limited eddy

saturation and compensation is a limitation of the model, but will be addressed later

on.

1The 2 ⇥ ⌧SO experiment was chosen because the perturbation is strong enough for the response
patterns to be clear, while limiting any potential non-linearities
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The expression for wh depends on the wind stress such that wh / ⌧
3/2
SO and the sensitivity

of wh to wind stress depends on the variables Q, h and �zT , a measure of stratifica-

tion. Lastly, the air-sea carbon flux in the Southern Ocean is given by Fair�sea =

K⌧SO(pCOa
2 � pCOo

2), where K is a constant and pCOa
2 and pCOo

2 are the atmospheric

and oceanic pCO2, respectively (see eqn. 2.17). At equilibrium, @Ch
@t = 0, so we can

solve equation 3.3 for pCOo
2:
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(3.5)

We are interested in the area-average change in pCOo
2 which we can then use to calculate

a change in atmospheric pCO2. The area of outgassing of carbon in the MITgcm model is

restricted to the area of positive vertical advection which is South of 40�S (in large-scale

ocean models and the real ocean, outgassing generally occurs South of 45�S [Majkut

et al., 2014], therefore broadly in agreement with our model set-up). We therefore take

a weighted average of eqn. 3.5 across the Southern Channel, between 40� � 60�S and

0� � 20�E, indicated by an overbar.6 The channel is zonally periodic so the mean zonal

advection u
⌧SO

@h
@x is zero when applying the averaging procedure. The averaged equation

is given as:
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6To take the average, we apply the integral
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Figure 3.5: Contributions of a) mixing, b) meridional advection, c) biology and d) radiative
flux terms to the estimate of Southern Ocean pCO2 (eqn. 3.7) as a function of Southern
Ocean wind stress. Empty squares show the terms as they appear in eqn. 3.6 and the filled
squares show the terms with the average split to isolate ⌧SO. Panel (b) shows the Ekman
(dark blue) and eddy (cyan) contributions, as well as the eddy contributions in experiments
with the GM coe�cient increased by 30%(black diamonds) and with v⇤ estimated from
eddy-permitting Southern Ocean wind stress experiments performed by Munday et al.
[2013] (red diamonds) . Control atmospheric pCO2 is 302ppm.

74

control perturbed

(a) (b)

(c) (d)

Figure 3.1: a) Control residual streamfunction, b) perturbed residual streamfunction, c)
change in Eulerian and d) bolus streamfunctions after 400 years of a 2×τSO perturbation.

The increase in channel Ekman transport feeds into a similar increase in the residual

mean overturning. The westerly winds over the channel increase deep ocean upwelling as

a result of the Ekman transport locally and the local increase in the residual circulation

drives an increase in the MOC-like upper overturning circulation cell [Kuhlbrodt et al.,

2007, Talley, 2013]. The effect is generally referred to as the “Drake Passage effect”

[Toggweiler and Samuels, 1995, Gnanadesikan, 1999]. The strength of the MOC also

increases roughly linearly within the range of wind stress perturbations studied, shown in

Fig. 3.2b. Theories on simple scalings of the MOC strength, such as Gnanadesikan [1999]

and Nikurashin and Vallis [2012], predict the depth of the MOC to scale with the MOC

strength, the Southern Ocean wind stress and pycnocline depth,2 however no clear trend

2Similar scalings have been used in other studies and usually take the form of Ψ = ∆ybh
2/f where
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in the MOC depth is seen in the model experiments which is likely due to the vertical

resolution of 100m at the relevant depth.
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3.1 Feedback of the natural Southern Ocean carbon flux

The starting point is to understand the response of ocean dynamics and carbon distri-

bution due to the Southern Ocean wind stress perturbations. To that end, we employ

the MITgcm and analyse the response of the system to perturbations in the zonal wind

stress acting over the Southern Ocean channel (between 60�-40�S).

3.1.1 Model response to increased zonal wind stress

The response of the MITgcm model to wind stress perturbations is discussed as general

as possible since the patterns of the response are common between all the perturbation

experiments, while examples will be drawn from the 2⇥⌧SO experiment on which detailed

analysis was performed1. There is a modelled in increase in the Ekman transport at the

northern edge of the channel as ⌧SO increases, where the overline indicates the area-

mean between 60�� 40�S across the Southern Channel, shown in Fig. 3.1a. The Ekman

transport is calculated as the meridional eulerian volume transport across the basin

between 0-100m depth at 40�S. Since the residual circulation also increases linearly

with wind stress, there is limited eddy compensation. It must be pointed out that the

linear response is entirely an artefact of the coarse resolution of the model as a result

of unresolved/parametrised eddies. Munday et al. [2013] uses a similar model set-up at

1/6� resolution (albeit with a simpler wind stress forcing) which exhibits strong eddy

saturation in the ACC, though compensation in the residual circulation is unaddressed.
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Figure 3.2: Dynamical quantities as a function of τSO in MITgcm sector model: a) Strength
of the Ekman transport at 40◦S calculated as the meridional Eulerian volume transport
between 0-100m depth across the whole width of the basin; b) Maximum of the over-
turning stream function between 350-1550m depth and 40◦-60◦N; c) Average mixed layer
depth within the channel; d) Pycnocline depth at 40◦S, calculated using the definition by
Gnanadesikan [1999]. All quantities are taken as averages over the last 25 years of 400
year-long perturbation runs. Grey lines show a least-squares linear fit.

The increased wind-induced upwelling increases the surface density in the channel

while the stronger Ekman transport causes increased production of Sub-Antarctic Mode

Water, which manifests itself on the density structure in two crucial ways:

1. Steepening of the isopycnals within the channel (60◦-40◦S and 0-2500m depth) as

∆yb is the buoyancy window shared with the Southern Ocean, f is the Coriolis parameter and h is the
pycnocline depth and also the depth scale of the MOC. The exponent of h is also uncertain because no
agreed theory for the MOC exists.
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dense water is pulled upwards;

2. Deepening of the isopycnals northwards in the interior of the basin, as the isopycnal

depth in the mid-latitudes and Tropics is set by the isopycnal depth at the Northern

edge of the channel and more deep water is lightened in the Southern Ocean due to

the increased Ekman transport.

The change in the isopycnal depth and isopycnal slope in the Southern Ocean is illustrated

by Fig. 3.3, which shows the change in the density structure induced by Southern Ocean

winds.
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Figure 3.3: Zonal mean density (kg/m3) in the MITgcm model. Solid lines show the
control mean isopycnals and the dotted lines show the perturbed isopycnals after 400
years of a 2× τSO perturbation.

Within the channel, the steepening of the density structure reduces the stratification

(the vertical density gradient) resulting in an increase in mixed layer depth (Fig. 3.2c).

Deepening of the mixed layer causes an increase in surface carbon concentration and a

reduction in surface temperatures by mixing colder, more carbon richer waters with surface

waters. The shifting isopycnal depth in the interior can be quantified by considering the

pycnocline depth [Gnanadesikan, 1999] which marks the ventilation depth of carbon-rich

waters such that:

zρ =

∫ 0
−ZD z [σ − σ(−ZD)] dz
∫ 0
−ZD [σ − σ(−ZD)] dz

, (3.1)

where zρ is the pycnocline depth, σ is the potential density and ZD is the depth of the

basin (in this case, ZD = 5000m). The values of σ and zρ are taken at the Northern edge

66



of the channel.3 Figure 3.2d shows zρ varying with τSO in a linear fashion. However, the

presence of eddies would result in a reduced sensitivity of the pycnocline to Southern wind

stress [Munday et al., 2013].

The potential temperature response of the model reflects the changes in circulation

and density structure. Figure 3.4b shows the mixed layer temperature change after 400

years of the 2×τSO perturbation experiment. The increased upwelling in the channel leads

to local cooling at the surface of up to −1◦C. The zonal asymmetry North of the channel

is the result of the increase in cold northwards moving waters, and a stronger western

boundary current bringing warm tropical waters South. The zonally-averaged features,

Fig. 3.4a, are also mainly a result of the circulation changes and have been extensively

described in other studies [e.g. Lauderdale, 2010]. For example, the sub-surface maximum

at around 25◦S is the result of increased poleward ageostrophic flow caused by friction on a

stronger ACC. The warmer temperatures further North of 25◦S are a result of the increased

MOC which circulates more water of a Northern origin instead of colder Antarctic Bottom

Water (AABW), which becomes more isolated. Overall, the volume-integrated potential

temperature in the basin increases with the wind stress strength.

Figure 3.4 shows a large difference in the DIC and temperature anomalies, because

temperature and carbon have opposite vertical gradients (carbon concentration generally

increases with depth and temperature decreases) and because carbon is affected by the

presence of biology. The mixed layer carbon response (Fig. 3.4d) shows the increase in

surface carbon in the Southern hemisphere associated with increased upwelling along with

the zonal asymmetry associated with the increased sub-tropical gyre circulation. Zonally

averaged anomalies (Fig. 3.4c) show an increase in carbon in the upper half of the MOC

cell and a decrease in the lower half. The pattern is partly due to the isolation of carbon-

rich AABW and partly because the overturning circulation stimulates global-scale mixing

and therefore acts to erode the DIC depth gradient [Schmittner et al., 2007]. Carbon is

therefore removed from the region between -1000 and -3000m depth and stored at shallower

depths.

3Exactly which latitude(s) zρ is taken at is arbitrary. For this thesis, 40◦S is chosen as it marks the
imprint of the Southern channel density structure on the interior of the basin.
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Figure 3.4: MITgcm output response to a 2 × τSO perturbation: Zonally averaged (a)
potential temperature change and (c) dissolved inorganic carbon change as function of
depth. Mean mixed layer (b) temperature change and (d) dissolved inorganic carbon
change as function of longitude and latitude. All quantities are taken as the difference
between an average over the last 10 years of a 400 year-long run and a control run average.
In panels a and c, perturbed overturning streamfunction contours (dashed lines) are shown
spaced 1 Sv apart. In panels b and d, contours of the perturbed barotropic streamfunction
Ψ are shown. Solid black lines indicate the location of the Southern channel.
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To understand the details of the pattern more clearly and for use in the next sec-

tion, it is useful to split the change in preformed and regenerated carbon. The carbon

can be further decomposed into saturated, soft, carbonate, anthropogenic saturated and

disequilibrium carbon, but for the purposes of this study, the first order decomposition

into preformed and regenerated carbon is sufficient (see Lauderdale [2010], Lauderdale

et al. [2013], Munday et al. [2014] for a full description of the effects of Southern Ocean

wind stress on each component.) The change in the preformed component shows a strong

maximum at the surface in the channel (region 1 in Fig. 3.5a) as a result of the combined

increased upwelling, reduced stratification and tilted isopycnals which have shifted north-

wards. The increase in preformed carbon below the surface is due to an increase in the

disequilibrium component, which is to say that the increased circulation does not allow

for surface outgassing of the excess upwelled carbon before subduction.

In contrast, the regenerated component shows a negative change in the channel up to

1500m-depth (region 2 in Fig. 3.5b). Increased upwelling generally brings more nutrients

to the surface causing an increase in biological activity which would lead to an increase

in regenerated carbon. As in the real ocean however, the biology at the surface of the

Southern Ocean in the model is predominantly light limited, so that an increase in nu-

trient supply does not significantly affect biological productivity in the channel. Instead,

the negative signal at mid-depth (1000-2000m) North of 40◦S is advected upwards along

isopycnals leading to the negative anomaly in the upper ocean. Between 1000-2000m

depths, the increased MOC causes a reduction in regenerated carbon since the increased

circulation causes water parcels to be less enriched by the “rain” of biological carbon from

the surface: in a constant downward flux of biological carbon from above, or “rain”, the

increased circulation reduces the residence time of water parcels in the “rain”, therefore

causing a local reduction in biological carbon stores. This can be inferred from the tracer

equation 2.24: for carbon C = Cpre + Creg , the Lagrangian time derivative of preformed

carbon is zero,4 i.e.
dCpre
dt = 0 (assuming adiabatic transport), since Fair−sea = 0. The

only source of carbon at depth is Fbio, which only modifies regenerated carbon by defini-

tion. Assuming a horizontal velocity field uh and neglecting diffusion, the rate of change

4Preformed carbon can be split into saturated and disequilibrium carbon. Saturated carbon depends
on atmospheric CO2, temperature and salinity, the latter two of which are assumed to be conserved below
the thermocline. Disequilibrium carbon is set at the time of subduction.
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of regenerated carbon is therefore given by:

∂Creg
∂t

= −uh · ∇Creg + Fbio. (3.2)

It follows that if the biological flux and horizontal gradient of Creg remain constant, a

local increase in the horizontal velocity uh will reduce Creg locally (as long as the term

uh ·∇Creg is overall positive, which it is in this case). In the wind stress experiments, there

is an increase in biological productivity in the mid-latitudes and the Tropics, but at depths

between -1000 m and -3000 m the increase in horizontal advection, uh · ∇Creg, is larger

than the increase in Fbio causing a reduction in regenerated carbon concentration. In the

equatorial region, between the thermocline and -1000m depth, the increase in Fbio is larger

than the increase in uh · ∇Creg, resulting in a build up of regenerated carbon. Isolation

of the AABW cell also causes a build up of regenerated carbon (region 3 in Fig. 3.5b).

It is worth noting that by definition, the regenerated carbon concentration is zero in the

mixed layer. This definition means that when regenerated carbon is entrained through

the bottom of the mixed layer, it is re-labeled as disequilibrium carbon [Ito and Follows,

2013], as in the Northern sub-polar region in region 4, Fig. 3.5b: the preformed anomaly

originates from the upwelling of the equatorial regenerated carbon in the Northern sub-

polar gyre.

The response of our model to wind stress is consistent with other studies [e.g., Jones

et al., 2011, Lauderdale et al., 2013, Munday et al., 2013, 2014]. Comparing the MITgcm

output to a more fully coupled global climate model such as HadGEM2-ES is difficult

because of the multitude of atmospheric processes modified by the atmospheric forcing

CO2, as is the case with observations. Nonetheless, studies such as Lovenduski et al.

[2008] use hindcast simulations from a biogeochemical-physical model forced with NCEP

atmospheric re-analysis and satellite data products between 1958 and 2004. Lovenduski

et al. [2008] observes a similar pattern in natural carbon to our MITgcm simulations in

the Southern Ocean, where the wind forcing is thought to be dominant: increased natural

carbon at the surface North of the Southern Ocean and lower carbon concentrations be-

tween 200m and 2000m depth. To that end, we have confidence that the MITgcm model

response is physical (as far as our current tools allow us to say).
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Figure 3.5: Zonal mean MITgcm output of the change in a) preformed and b) regenerated
carbon in response to a 2 × τSO perturbation with freely evolving atmospheric CO2. All
quantities are taken as the difference between an average over the last 10 years of a
perturbed 400 year-long run and a control mean.
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Figure 3.6 shows the anomaly in the Southern

Ocean pCOo
2 relative to the control mean, ∆pCOo2,

for the set of wind stress experiments performed.

While the experiment was run for 400 years, only

the first 100 years are shown because the ∆pCOo2 is

almost fully equilibrated at this time. The timescale

of adjustment is the same for all experiments, with

an e-folding time of 7-9 years and is predominately

set by the vertical advection. Compared to the

timescales listed in table 2.16b, the vertical and hor-

izontal timescales are on the same order of magni-

tude as the adjustment timescale of ∆pCOo2 to wind

stress. Furthermore, the wind stress perturbation raises the surfaces of constant DIC in

the Southern Ocean over a similar timescale. After the first 10 years, the increase in DIC

due to advection causes a strong enough change in the Southern Ocean pCOo
2 so that the

air-sea flux anomaly begins to balance the advective DIC anomaly, which gives the profile

of pCOo
2 seen in the perturbation experiments. With an understanding of the physical

response of the model, we can begin to express the sensitivity of the Southern Ocean

pCOo
2 to wind stress in terms of the relevant physical parameters and their effect on the

atmospheric pCO2 anomaly.
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3.1.2 A theory for predicting the equilibrium climate feedback of South-
ern Ocean wind stress

To quantify the response of Southern Ocean mixed layer DIC and pCOo
2, we start by using

eqn. 2.26 which describes the integrated mixed layer carbon concentration Ch:

∂Ch
∂t

= −Ch
h

(wh + u
∂h

∂x
+ v

∂h

∂y
) +

Fair−sea
h

+
[Fbio]h
h

. (3.3)

To assess the impact of wind stress on Ch and pCOo
2, we can express v, wh and Fair−sea in

terms of the Southern Ocean wind stress, τSO. The residual horizontal velocity components

(u, v) consist of a Eulerian and an eddy-induced contribution. The meridional Eulerian

velocity can be approximated using the Ekman velocity vek = τSO
fρ0h

, where f is the Coriolis

parameter and ρ0 is reference density [Gnanadesikan, 1999, Nikurashin and Vallis, 2012].

The eddy velocity v∗ partially compensates the Ekman contribution and is assumed to

be proportional to the slope of the isopycnals within the channel [Gent and McWilliams,

1990]. The slope of the isopyncals is also proportional to the Ekman transport so that

it varies linearly with wind stress in our simulations. We therefore approximate v as

v = vek + v∗ = (1 + eGM ) τSOfρ0h
where eGM is the proportionality constant between Ekman

and eddy velocities (in the MITgcm set-up and in the majority CMIP5 models considered

in this thesis, the strength of the Gent-McWilliams eddy diffusivity κGM is constant with

wind stress as well so it is appropriate to use such an approximation [Meijers, 2014]). To

determine wh, we use the entrainment velocity, which measures the entrainment of water

at the bottom of the mixed layer [Qiu and Kelly, 1993]. The entrainment velocity wh is

calculated through turbulent kinetic energy balance (for a full derivation, see appendix,

section 7.4):

wh = − 2

αgh∆zT

(
m0u

3
∗ − αgh

Q

2ρ0Cp

)
, (3.4)

where the parameters are:

• α: thermal expansion coefficient of water (2.1× 10−4 K−1 ),

• g: gravitational acceleration (9.8 m/s2),

• ∆zT : temperature difference between the mixed layer and underlying water (◦C).

Because the concentration of DIC in the Southern Ocean mixed layer is determined

by the DIC concentration of waters upwelled along isopycnals, we choose to estimate

the temperature of “underlying water” at the mean depth of the isopycnals outcrop-

ping in the Southern channel, taken at the Northern edge of the channel (40◦S). In

our MITgcm set-up, this mean isopycnal depth at 40◦S is roughly 1000m.
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• m0: constant coefficient, m0 = 0.5 following Davis et al. [1981] and Qiu and Kelly

[1993], 5

• u∗: frictional wind velocity u∗ =
∣∣∣ τSOρ0

∣∣∣
1/2

(m/s),

• Q: net surface heat flux (W/m2),

• ρ0: reference density (1026 kg/m3),

• Cp: specific heat capacity of sea water at constant pressure (4000 J/kg/K).

The expression for wh depends on the wind stress such that wh ∝ τ3/2
SO and the sensitivity

of wh to wind stress depends on the variables Q, h and ∆zT , where ∆zT is a measure of

stratification. Lastly, the air-sea carbon flux in the Southern Ocean is given by Fair−sea =

KτSO(pCOa2 − pCOo2), where K is a constant and pCOa2 and pCOo2 are the atmospheric

and oceanic pCO2, respectively (see eqn. 2.20). At equilibrium, ∂Ch∂t = 0, so we can solve

equation 3.3 for pCOo2:

pCOo2 = − Ch
K

(
2m0

αgh ·∆zTρ
3/2
0

τ
1/2
SO −

Q

τSOρ0Cp
+

(1 + eGM )

ρ0fh

∂h

∂y
+

u

τSO

∂h

∂x

)

+
[Fbio]h
KτSO

+ pCOa2 . (3.5)

The first two terms on the right hand side arise from the expression for the vertical velocity

wh so they are both related to vertical mixing. However, we make the distinction between

the mechanical mixing term (the first term) and the buoyancy-induced mixing term (sec-

ond term). We are predominantly interested in the wind-induced mechanical mixing, since

wind stress will affect the mechanical mixing more, we label the first and second terms

the mixing and the radiative flux terms, respectively. The third term measures the in-

fluence of meridional advection, the fourth the influence of zonal advection and the fifth

the influence of mixed layer biology on pCOo
2. The last term represents equilibration with

atmospheric pCO2.

We are interested in the area-average change in pCOo2 which can be used to calculate a

change in atmospheric pCO2 induced by a wind stress anomaly. The area of outgassing of

carbon in the MITgcm model is restricted to the area of positive vertical advection that is

South of 40◦S (in large-scale ocean models and the real ocean, outgassing generally occurs

5Davis et al. [1981] notes that m0 is likely to depend on “sea state and surface roughness” and while
the exact dependence is unknown, it is assumed to be constant.
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South of 45◦S [Majkut et al., 2014], therefore broadly in agreement with our model set-up).

We therefore take a weighted average of eqn. 3.5 across the Southern Channel, between

40◦−60◦S and 0◦−20◦E, indicated by an overbar.6 The channel is zonally periodic so the

mean zonal advection u
τSO

∂h
∂x is zero when applying the averaging procedure. The averaged

equation is given as:

pCOo2 = −
(
Ch
K

)
2m0

αgh ∆zTρ
3/2
0

τ
1/2
SO +

(
Ch
K

)
Q

∆zTρ0CpτSO

−
(
Ch
K

)
(1 + eGM )

ρ0fh

∂h

∂y
+

[Fbio]h
KτSO

+ pCOa2 , (3.6)

where pCOa
2 has no overbar since it is well-mixed in the atmosphere. We have so far

assumed that the quantities Q, h and ∆zT are constant with wind stress, which they are

not. However, the variations of Q, h and ∆zT with τSO are mostly second order. We

therefore believe that the dominant contribution of τSO is captured in eqn. 3.6. This

point is demonstrated by using the simplified version of eqn. 3.6, eqn. 3.7, to estimate

Southern Ocean pCO2, which results in good agreement with model data, as will be shown

later on in Fig. 3.8).

The ultimate goal is to derive an equation which will give the sensitivity of mean

ocean pCO2 to mean wind stress, i.e.
∂pCOo2
∂τSO

. We would therefore like to split the area

integral of the different terms to isolate τSO: e.g.
(
Ch
K

)
2m0

αgh ∆zTρ
3/2
0

τ
1/2
SO is split to give

(
Ch
K

)
2m0

αgh ∆zTρ
3/2
0

τSO
1/2. Figure 3.7 shows the magnitude of the terms in eqn. 3.6 as a

function of area-mean wind stress τSO, both as they appear in eqn. 3.6 and with the area

integral split to isolate τSO.

Figure 3.7 shows that splitting the area integrals for the spatial averages in eqn. 3.6

results in large errors for all terms that depend on τSO except the vertical mixing term. In

the radiative flux and biology terms, spatial correlations with the wind stress cause large

errors if the integral for τSO is taken separately. The error in the vertical mixing term is

less than 5%. We therefore only preserve the split integral for the vertical mixing term.

Figure 3.7 shows that in the control state (τSO = 0.13 N/m−2), Southern Ocean pCOo
2

is predominantly set by vertical mixing, biology and meridional advection, while the radia-

tive flux term is negligible. However, as wind stress increases, the change in equilibrium

6To take the average, we apply the integral
∫ 40S

60S

∫ 20E

0E
(eqn. 3.5)dxdy/

∫ 40S

60S

∫ 20E

0E
dxdy.
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3.1 Feedback of the natural Southern Ocean carbon flux

The starting point is to understand the response of ocean dynamics and carbon distri-

bution due to the Southern Ocean wind stress perturbations. To that end, we employ

the MITgcm and analyse the response of the system to perturbations in the zonal wind

stress acting over the Southern Ocean channel (between 60�-40�S).

3.1.1 Model response to increased zonal wind stress

The response of the MITgcm model to wind stress perturbations is discussed as general

as possible since the patterns of the response are common between all the perturbation

experiments, while examples will be drawn from the 2⇥⌧SO experiment on which detailed

analysis was performed1. There is a modelled in increase in the Ekman transport at the

northern edge of the channel as ⌧SO increases, where the overline indicates the area-

mean between 60�� 40�S across the Southern Channel, shown in Fig. 3.1a. The Ekman

transport is calculated as the meridional eulerian volume transport across the basin

between 0-100m depth at 40�S. Since the residual circulation also increases linearly

with wind stress, there is limited eddy compensation. It must be pointed out that the

linear response is entirely an artefact of the coarse resolution of the model as a result

of unresolved/parametrised eddies. Munday et al. [2013] uses a similar model set-up at

1/6� resolution (albeit with a simpler wind stress forcing) which exhibits strong eddy

saturation in the ACC, though compensation in the residual circulation is unaddressed.

The bolus streamfunction  ⇤ increases as the isopycnal gradient steepens, but a constant

GM di↵usion coe�cient does not provide the same compensation seen in models with

resolved eddies or a variable GM coe�cient [Deacu and Myers, 2005]. The limited eddy

saturation and compensation is a limitation of the model, but will be addressed later

on.

1The 2 ⇥ ⌧SO experiment was chosen because the perturbation is strong enough for the response
patterns to be clear, while limiting any potential non-linearities
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The expression for wh depends on the wind stress such that wh / ⌧
3/2
SO and the sensitivity

of wh to wind stress depends on the variables Q, h and �zT , a measure of stratifica-

tion. Lastly, the air-sea carbon flux in the Southern Ocean is given by Fair�sea =

K⌧SO(pCOa
2 � pCOo

2), where K is a constant and pCOa
2 and pCOo

2 are the atmospheric

and oceanic pCO2, respectively (see eqn. 2.17). At equilibrium, @Ch
@t = 0, so we can

solve equation 3.3 for pCOo
2:

pCOo
2 = � Ch

Kh

 
2m0

↵gh · �zT⇢
3/2
0

⌧
1/2
SO � Q

⌧SO⇢0Cp
+

(1 + eGM )

⇢0fh

@h

@y
+

u

⌧SO

@h

@x

!
+

[Fbio]h
K⌧SO

+pCOa
2 .

(3.5)

We are interested in the area-average change in pCOo
2 which we can then use to calculate

a change in atmospheric pCO2. The area of outgassing of carbon in the MITgcm model is

restricted to the area of positive vertical advection which is South of 40�S (in large-scale

ocean models and the real ocean, outgassing generally occurs South of 45�S [Majkut

et al., 2014], therefore broadly in agreement with our model set-up). We therefore take

a weighted average of eqn. 3.5 across the Southern Channel, between 40� � 60�S and

0� � 20�E, indicated by an overbar.6 The channel is zonally periodic so the mean zonal

advection u
⌧SO

@h
@x is zero when applying the averaging procedure. The averaged equation

is given as:

pCOo
2 = �

✓
Ch

Kh

◆
2m0

↵gh �zT⇢
3/2
0

⌧
1/2
SO +
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Ch

Kh
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Q
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�
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�
✓

Ch

Kh

◆
u
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@x

+
[Fbio]h
K⌧SO

+ pCOa
2 , (3.6)

6To take the average, we apply the integral
R �40

�60

R 20

0
(eqn. 3.5)dxdy/

R �40

�60

R 20

0
dxdy.
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advection u
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@x is zero when applying the averaging procedure. The averaged equation

is given as:
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The expression for wh depends on the wind stress such that wh / ⌧
3/2
SO and the sensitivity

of wh to wind stress depends on the variables Q, h and �zT , a measure of stratifica-

tion. Lastly, the air-sea carbon flux in the Southern Ocean is given by Fair�sea =

K⌧SO(pCOa
2 � pCOo

2), where K is a constant and pCOa
2 and pCOo

2 are the atmospheric

and oceanic pCO2, respectively (see eqn. 2.17). At equilibrium, @Ch
@t = 0, so we can

solve equation 3.3 for pCOo
2:
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Figure 3.7: Contributions of a) mixing, b) meridional advection, c) biology and d) radiative
flux terms to the estimate of Southern Ocean pCO2 (eqn. 3.7) as a function of Southern
Ocean wind stress. Empty squares show the terms as they appear in eqn. 3.6 and the filled
squares show the terms with the average split to isolate τSO. Panel (b) shows the Ekman
(dark blue) and eddy (cyan) contributions, as well as the eddy contributions in experiments
with the GM coefficient increased by 30%(black diamonds) and with v∗ estimated from
eddy-permitting Southern Ocean wind stress experiments performed by Munday et al.
[2013] (red diamonds) . Panel (e) shows atmospheric pCO2 as a function of wind stress.

pCOo2 induced by the wind stress is driven by the vertical mixing. The meridional ad-

vection term is roughly constant with wind stress due to linear dependence of the Ekman

velocity and air-sea flux on τSO. The τSO-terms cancel in eqn. 3.5 and the meridional

advection term therefore does not explicitly depend on τSO.

While eddies in the Southern Ocean depend on wind stress (e.g. Munday et al. [2013]),

eddies are unresolved in our MITgcm set-up. Instead, eddies are parametrised as an

isopycnal diffusion term with the strength of diffusivity κGM as a constant. Other studies

suggest that κGM should increase as the wind stress increases, to model the increasing eddy

activity [Deacu and Myers, 2005]. To address this concern, simulations were run whereby
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κGM was increased by 30% and the strength of the eddy-induced meridional advection term

in eqn. 3.6 diagnosed. Additionally, Munday et al. [2013] performed eddy-permitting (1/6◦

horizontal resolution) Southern Ocean wind-stress perturbation experiments in a similar

MITgcm configuration as the one used in this thesis. The basin-averaged Eddy Kinetic

Energy (EKE) is found to be linearly dependent on the maximum Southern Ocean wind

stress. We therefore use the diagnosed EKE as a function of Southern Ocean wind stress

in the Munday et al. [2013] experiments to estimate v∗ and the eddy-induced meridional

advection term in eqn. 3.6. The result of these calculations is shown in Fig. 3.7b and

we find that in all cases, the net contribution of eddies towards Southern Ocean pCO2 is

small, less than 5 ppm for wind stress values of up to τSO = 0.4 N/m−2.

The mixed layer biology [Fbio]h has no explicit dependence on wind stress, however,

the biology term
[Fbio]h
KτSO

in eqn. 3.5 varies as the inverse of τSO. Figure 3.7c shows that the

biology term is roughly constant with τSO , which means that [Fbio]h also increases linearly

with wind stress. Overall, the biology term is therefore independent of τSO, although this

may vary in different model set-ups. The net result is the scaling:

pCOo2(τSO) = −Ch
2m0

Kαgh ·∆zTρ
3/2
0

τSO
1/2 + pCOa2 + F(v,Q, Fbio), (3.7)

where F(v,Q, Fbio) is a term capturing the effects of Ekman, eddies, the radiative flux and

mixed layer biology, but which does not vary significantly with τSO:

F(v,Q, Fbio) =

(
Ch
K

)
Q

∆zTρ0CpτSO
−
(
Ch
K

)
(1 + eGM )

ρ0fh

∂h

∂y
+

[Fbio]h
KτSO

. (3.8)

The mixed layer depth h can be output from the model and ∆zT is calculated as described

above. To determine the appropriate value for K, eqn. 3.7 is solved for K using control

state values for all other parameters. The value of K is then calculated as KτSO =

42 cm/hr, which is within the range suggested by previous studies [Wanninkhof, 1992,

Wanninkhof et al., 2009, Rutgersson et al., 2011]. While K is specified in the model,

diagnosing K as described allows for different methods for calculating the mixed layer

depth h and ∆zT to give consistent results. The values of h, ∆zT and K are calculated

at each grid point and then averaged over the Southern Ocean.

Equation 3.7 demonstrates that the equilibrium pCOo2 in the Southern Ocean varies

as the square root of the Southern Ocean wind stress. The key variables in determining

the sensitivity of pCOo2 to the wind stress are Ch, h and the stratification ∆zT , while the
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contributions of the Ekman, eddy transport and biology do not contribute to the sensitiv-

ity of the equilibrium pCOo2 to a perturbation in wind stress. A higher background DIC

concentration Ch will result in upwelling of more carbon, causing a larger change in pCOo2.

Entrainment of carbon-rich water into a shallow mixed layer will increase concentrations

more than a deep mixed layer due to the inertia of the layer. Furthermore, strong strat-

ification ∆zT inhibits the upwelling and mixing of deep waters into the surface layer so

will dampen the response of pCOo2 to the wind stress perturbation.

In practice, Fig. 3.8 shows the results from the MITgcm wind stress perturbation

experiments (squares) along with the calculations with eqn. 3.7 (solid red line). Figure 3.8
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3.1 Feedback of the natural Southern Ocean carbon flux

The starting point is to understand the response of ocean dynamics and carbon distri-

bution due to the Southern Ocean wind stress perturbations. To that end, we employ

the MITgcm and analyse the response of the system to perturbations in the zonal wind

stress acting over the Southern Ocean channel (between 60�-40�S).

3.1.1 Model response to increased zonal wind stress

The response of the MITgcm model to wind stress perturbations is discussed as general

as possible since the patterns of the response are common between all the perturbation

experiments, while examples will be drawn from the 2⇥⌧SO experiment on which detailed

analysis was performed1. There is a modelled in increase in the Ekman transport at the

northern edge of the channel as ⌧SO increases, where the overline indicates the area-

mean between 60�� 40�S across the Southern Channel, shown in Fig. 3.1a. The Ekman

transport is calculated as the meridional eulerian volume transport across the basin

between 0-100m depth at 40�S. Since the residual circulation also increases linearly

with wind stress, there is limited eddy compensation. It must be pointed out that the

linear response is entirely an artefact of the coarse resolution of the model as a result

of unresolved/parametrised eddies. Munday et al. [2013] uses a similar model set-up at

1/6� resolution (albeit with a simpler wind stress forcing) which exhibits strong eddy

saturation in the ACC, though compensation in the residual circulation is unaddressed.

The bolus streamfunction  ⇤ increases as the isopycnal gradient steepens, but a constant

GM di↵usion coe�cient does not provide the same compensation seen in models with

resolved eddies or a variable GM coe�cient [Deacu and Myers, 2005]. The limited eddy

saturation and compensation is a limitation of the model, but will be addressed later

on.

1The 2 ⇥ ⌧SO experiment was chosen because the perturbation is strong enough for the response
patterns to be clear, while limiting any potential non-linearities

84

0 1 2 3 40

20

40

60

80

∆ T

∆
 p

CO
2o  (p

pm
)

3
.1

.2
S
o
u
th

e
rn

O
c
e
a
n

c
a
rb

o
n

re
sp

o
n
se

T
h
e

re
sp

o
n
se

o
f

th
e

lo
ca

l
o
ce

a
n

p
C

O
2

(p
C

O
o 2
)

to
a

ch
a
n
g
e

in
te

m
p
er

a
tu

re
T

ca
n

b
e

q
u
a
n
ti

fi
ed

u
si

n
g

a
n

em
p
ir

ic
a
l
re

la
ti

o
n
sh

ip
d
et

er
m

in
ed

b
y

T
a
ka

h
a
sh

i
et

a
l.

[1
9
9
3
]:

@
p
C

O
o 2

@
T

=
0
.0

4
2
3

·p
C

O
o 2
.

(3
.2

)

T
h
e

re
la

ti
o
n
sh

ip
q
u
a
n
ti

fi
es

th
e

re
d
u
ct

io
n

in
so

lu
b
il
it
y

o
f
d
is

so
lv

ed
C

O
2

g
a
s
in

w
a
te

r
a
s

th
e

te
m

p
er

a
tu

re
in

cr
ea

se
s.

T
h
e

u
n
ce

rt
a
in

ty
in

th
e

m
ea

su
re

m
en

t
is

q
u
o
te

d
a
s

@
ln

(p
C

O
2
)

@
T

=

0
.0

4
2
3

±
0
.0

0
0
2
� C

�
1

ov
er

a
ra

n
g
e

o
f

2
.1

�
�

2
4
.5

� ,
so

it
h
o
ld

s
w

el
l
fo

r
th

e
h
ig

h
la

ti
tu

d
e

o
ce

a
n

2
.

E
q
u
a
ti

o
n

3
.2

is
w

id
el

y
u
se

d
w

h
en

se
p
a
ra

ti
n
g

so
lu

b
il
it
y

v
s.

p
h
y
si

ca
l
(d

y
n
a
m

ic
a
l

o
r

b
io

lo
g
ic

a
l)

co
n
tr

ib
u
ti

o
n
s

in
va

ri
a
ti

o
n
s

in
o
ce

a
n

p
C

O
2

[T
a
ka

h
a
sh

i
et

a
l.
,

1
9
9
3
,

2
0
0
9
,

M
cK

in
le

y
et

a
l.
,
2
0
1
1
,
R

o
ed

en
b
ec

k
et

a
l.
,
2
0
1
3
,
W

a
n
n
in

k
h
o
f
et

a
l.
,
2
0
1
3
,
M

a
jk

u
t

et
a
l.
,

2
0
1
4
].

T
o

es
ti

m
a
te

th
e

ch
a
n
g
e

in
S
o
u
th

er
n

O
ce

a
n

p
C

O
o 2

(�
p
C

O
o 2
)

a
s

a
re

su
lt

o
f

a
se

a

su
rf

a
ce

te
m

p
er

a
tu

re
p
er

tu
rb

a
ti

o
n

in
th

e
S
o
u
th

er
n

O
ce

a
n
�

T
,
w

h
er

e
th

e
ov

er
li
n
e

in
d
ic

a
te

th
e

a
re

a
-m

ea
n

(i
n

th
is

ca
se

,
th

e
m

ea
n

a
cr

o
ss

a
ll

lo
n
g
it
u
d
es

a
n
d

b
et

w
ee

n
6
0
S
�

4
0
S

fo
r

th
e

so
u
th

er
n

ch
a
n
n
el

),
eq

u
a
ti

o
n

3
.2

ca
n

b
e

re
-w

ri
tt

en
a
s:

�
p
C

O
o 2

=
⌦ p

C
O

o 2

↵ e0
.0

4
2
3
�

T
,

(3
.3

)

w
it

h
⌦ p

C
O

o 2

↵ a
s

th
e

m
ea

n
st

a
te

va
lu

e
o
f
p
C

O
o 2
,
w

h
ic

h
w

il
l
a
ll
ow

u
s

to
d
is

en
ta

n
g
le

th
e

e↵
ec

ts
o
f

so
lu

b
il
it
y

fr
o
m

o
th

er
d
y
n
a
m

ic
a
l

in
fl
u
en

ce
s.

S
o

h
ow

w
el

l
d
o
es

eq
u
a
ti

o
n

3
.1

.3

m
o
d
el

th
e

S
o
u
th

er
n

O
ce

a
n

re
sp

o
n
se

?

2
E

q
u
a
ti

o
n

3
.2

w
o
u
ld

n
’t

h
o
ld

w
el

l
fo

r
th

e
tr

o
p
ic

s,
w

h
er

e
se

a
su

rf
a
ce

te
m

p
er

a
tu

re
s

a
re

a
b
ov

e
2
4
.5

�

5
7

3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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(a) (b)

Southern Ocean ΔpCO2o ΔpCO2a

Figure 5.6: a) Change in pCOo
2, in ppm, as a function of Southern channel SST anomaly

�T . The squares show MITgcm data from temperature perturbation experiments and
the solid blue line is the prediction based solely on solubility e↵ects (Eqn. 5.2). b)
Predicted �pCOa

2 in response to Southern Ocean warming using Eqn. 2.30, (blue) and
�pCOa

2 MITgcm output from temperature perturbation experiments (black)

balance the increased surface outgassing, resulting in a small change in DIC (Fig. 5.4d).

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�xbh as the horizontal density window that is outcropped in the southern channel. The

window �xbh can be mapped on a vertical density window �zbv in the ocean interior.

Figure 5.7 shows the evolution of the depth of the density window �zbv as well as the

evolution of �pCOo
2.

After the initial few years, Southern channel pCOo
2 rises with a similar timescale to

the deepening of the density window �bv . The maximum �pCOo
2 is achieved between

100 � 150 years after the initial perturbation. The maximum �pCOo
2 follows Eqn. 5.2

to within a few percent. The maximum �pCOo
2 is therefore set by the solubility but

the timescale is set by the adjustment of the density structure. Following the maximum

in �pCOo
2, there is slow decline associated with accumulation of organic carbon in the

weakening bottom circulation cell [Schmittner, 2005, Schmittner et al., 2007].
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(a)

Parameter MITgcm control

Ch 2170 mmol/m3

h 300 m

∆zT 4.7 ◦C
τSO 0.13 N/m2

(b)

Figure 3.8: a) pCOo2 (after 400 years) in the Southern Ocean as a function of τSO. The blue
square shows the control value, the red squares show MITgcm perturbation experiment
output and the solid red line shows the calculation using the derived scaling, eqn. 3.7.
The dashed line shows a linear taylor expansion around the control run value. b) Table
showing the area mean values of the variables used in the scaling equation as diagnosed
from the MITgcm control run.

shows that the predicted Southern Ocean pCOo
2 values using the scaling closely matches

the MITgcm results which supports the validity of equation 3.7. To test the robustness

of the scaling with respect to the geometry of the problem, we perform the same set of

wind perturbation experiments, as described in section 2.3.4 with a) a rectangular basin

40◦-wide in longitude and b) with a triangular wind stress profile between 60◦ and 40◦S.

In both instances, the response in pCOo2 with τSO is roughly similar in magnitude and

77



follows a square root relationship (for details, see appendix, sections 7.5 and 7.6 ). The

result described by eqn. 3.7 therefore holds regardless of the choice of basin size and wind

stress profiles. We have therefore shown that the Southern Ocean pCOo2 varies as the

square root of the mean wind stress and is driven by vertical mixing.

The influence of the stratification, carbon content and wind stress determines not only

the Southern Ocean pCOo2 but the net flux of carbon between the ocean and atmosphere

in the Southern Ocean. We can therefore estimate the local7 climate-carbon feedback due

to the wind-induced ocean pCO2 change by using eqn. 2.42:

∆pCOa2 = PSO ∆pCOo2SO + ∆PSO pCOo2SO + ∆PEpCOo2E . (3.9)

where ∆ indicates the anomaly with respect to the control mean, the subscript SO refers

to the Southern Ocean and the subscript E refers to the rest of the ocean basin outside

of the Southern Ocean. PSO and PE are the area fractions of the Southern Ocean and

the rest of the basin weighted by the local wind stress (see section 2.4.2). To use eqn. 3.9,

we require the change in pCOo2 due to a wind stress perturbation. Expressing eqn. 3.7 in

terms of perturbations to the control state gives:

∆pCOo2 = −Ch
2m0

Kαgh ·∆zTρ
3/2
0

∆(τSO
1/2) + ∆pCOa2 , (3.10)

where we assume that the parameters Ch, h and ∆zT do not change as a result of the wind

stress perturbation8 and that ∆F(v,Q, Fbio) = 0 since the term F(v,Q, Fbio) is independent

of wind stress. Substituting for ∆pCOo2 in eqn. 3.9 and solving for ∆pCOa2 then gives the

final feedback equation:

∆pCOa2 =
PSO

1− PSO
Ch

2m0

Kαgh∆zTρ
3/2
0

∆(τSO
1/2) +

∆PSO
1− PSO

pCOo2SO +
∆PE

1− PSO
pCOo2E ,

(3.11)

To validate eqn. 3.11 we compare it with the MITgcm output from the wind stress per-

turbation experiments. However, we want to estimate the ∆pCOa2 due to local Southern

Ocean effects alone, so we remove the ∆pCOa2 signal from non-local effects (the procedure

for this calculation is outlined in the appendix, section 7.8). The equilibrium atmospheric

∆pCOa2 due to Southern Ocean wind stress perturbations is shown in Fig. 3.9. For com-

parison, both the full atmospheric ∆pCOa2 from the MITgcm experiments as well as the

7We only calculate the feedback due to local change in Southern Ocean pCO2, therefore assuming
∆pCOo2E = 0 for now.

8This assumption is not strictly true, but the scaling is designed to be used in climate models and the
real ocean, where we know the values of Ch, h and ∆zT at the time ∆pCOo2 is evaluated.
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∆pCOa2 with non-local effects removed are shown. There are significant differences between

the full and local ∆pCOa2 . The source of the additional non-local ∆pCOa2 is addressed in

chapter 4.

Figure 3.9 also shows the calculation using only the ∆(τSO
1/2) term in eqn. 3.11,

which reduces the estimate of ∆pCOa2 by 9%. The contributions of the ∆PSO- and ∆PE-

terms are therefore small and the atmospheric carbon-climate feedback due to wind stress

is predominantly set by the dynamical change in Southern Ocean pCOo
2 due to vertical

mixing.

The estimation of ∆pCOa2 using eqn. 3.11 was done for the MITgcm control state,

as well as for the CMIP5 models HadGEM2-ES and IPSL-CM5, and while the input

parameters vary between all the models, the net results are within the same order of

magnitude. However, the local and area-mean values of ∆zT and h can vary as much as

200−300% between models, resulting in similar differences in the calculated ∆pCOa2 . For

example, a ∆τSO of 0.2 N/m2 results in an atmospheric pCO2 change of 16 ppm for IPSL-

CM5 and 48 ppm for HadGEM2-ES, a 300% difference. The atmospheric pCO2 feedback

therefore varies significantly between models and depends on the physical parameters

setting Southern Ocean stratification. The effective area fraction term PSO was found to

range between 0.27−0.37 for MITgcm for 1−3×τSO scenarios. For the CMIP5 models, the

effective area fraction ranges between 0.43− 0.47 for the pre-industrial state, which shows

the impact Southern Ocean pCOo
2 has on atmospheric carbon concentrations, despite only

covering 23% of the world’s ocean, due to the high local wind stress.
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Figure 3.9: a) Predicted change in equilibrium concentration of atmospheric CO2 due to
a perturbation in mean Southern Ocean wind stress. The response is calculated using
only changes in Southern Ocean pCOo

2. The solid lines show the atmospheric feedback as
predicted using control parameter values for the MITgcm (black), HadGEM2-ES (red) and
IPSL-CM5 (green). The squares show data from the MITgcm wind stress perturbation
experiments: empty squares show the full ∆pCOa

2 modelled, while the filled squares show
the ∆pCOa

2 due to changes in Southern Ocean pCOo
2 only. The dashed line shows the

predicted ∆pCOa
2 using only the ∆τSO

1/2-term in eqn. 3.11. b) Table of ∆τSO for CMIP5
4×CO2 experiments (between 70− 45◦S)

.

We can illustrate the upper bound of expected wind stress changes by considering the

CMIP5 4×CO2 experiments, where the average ∆τSO is 0.042 N/m2. The corresponding

equilibrated atmospheric response is ∆pCOa2 is 4− 10 ppm. Swart and Fyfe [2012] show

that CMIP5 models predict a 10% increase in Southern Hemisphere wind stress at the

end the 21st century under an RCP8.5 scenario from current levels, which would give an

equilibrium ∆pCOa2 of ∼ 5 ppm based on our results.

However, Swart and Fyfe [2012] also point out that CMIP5 models strongly under-

estimate historical trends in τSO: between 1979 and 2010, CMIP5 calculate a trend of

0.002 − 003 Pa, while reanalysis averages are closer to 0.01 Pa, though with large error

bars. A ∆pCOa2 of 5 ppm assuming equilibration at the end of the 21st century is there-

fore a lower estimate. Friedlingstein et al. [2006] use C4MIP models to estimate the global

carbon climate feedback in 2100 to most likely be between 50 and 100ppm. Based on

our approach, the ∆pCOa2 due to Southern Ocean wind stress is therefore likely to be

80



5−10% of the total. This estimate only takes into account the response of natural carbon

in the absence of other climate forcings such as surface warming. In the context of climate

change, the Southern Ocean is one of the main sinks of anthropogenic carbon, so we are

also interested in the response of uptake of anthropogenic carbon and how the sink may

change as the climate warms. We can apply our scaling to help us understand the future

magnitude of the Southern Ocean carbon sink in the context of climate change.

3.2 The wind stress feedback in future scenarios

3.2.1 The anthropogenic carbon sink

300ppm

560ppm

t=t0 time

pCO2a

t=t0+400

Control

ΔτSO

Figure 3.10: Schematic illustrating
the evolution of atmospheric pCO2

in wind-stress perturbation experi-
ments with an anthropogenic pulse
of 260ppm at time t = t0. The
atmospheric pulse is introduced at
the time of the wind-stress pertur-
bation, after which time the pertur-
bation in wind-stress is held for 400
years during which time the atmo-
spheric pCO2 evolves freely.

In the contemporary climate, the Southern Ocean is

a net sink of carbon since current anthropogenic at-

mospheric CO2 levels are high enough to drive a flux

of anthropogenic carbon into the Southern Ocean.

By altering the background Southern Ocean pCOo2,

the anthropogenic sink could potentially be reduced.

To investigate the effects of Southern Ocean wind

stress on the anthropogenic carbon flux and to in-

terpret our results in the context of the Southern

Ocean carbon sink [Le Quere et al., 2007, Sabine

et al., 2004], we run a new set of forced MITgcm ex-

periments (see Fig. 3.10). In the runs, we increase

τSO as before at t = t0, and simultaneously intro-

duce an anthropogenic CO2 pulse by increasing the

initial control pCOa
2 of 300ppm by 260ppm (to give

560ppm, equivalent to a CMIP5 2×CO2 scenario).

Such an atmospheric pulse represents an instanta-

neous input of 27 Gton of carbon. The system is left to adjust in order to monitor the

transient adjustment of the anthropogenic carbon as the ocean responds to the wind stress

anomaly (which is held fixed for 400 years). The anthropogenic carbon pulse experiments

allow us to calculate the anthropogenic air-sea flux of carbon, F antair−sea, by subtracting the

natural carbon flux (from the wind-stress perturbation experiments alone) from the total

flux in the anthropogenic carbon runs.
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Spatially, the differences are concentrated in the Northern and Southern high latitudes

where the majority of ocean anthropogenic carbon uptake occurs [Khatiwala et al., 2009].

Figure 3.11a shows the temporal evolution of atmospheric carbon concentrations in the

same range of τSO perturbations studied previously. Because the Southern Ocean pCOo
2

is elevated by the wind stress anomaly, the sink of carbon is reduced so that more remains

in the atmosphere and the timescale of ocean carbon uptake increases.
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Spatially, the di↵erences are concentrated in the Northern and Southern high latitudes

where the majority of ocean anthropogenic carbon uptake occurs [Khatiwala et al., 2009].

Figure 3.11a shows the temporal evolution of atmospheric carbon concentrations in the

same range of ⌧SO perturbations studied previously. Because the Southern Ocean pCOo
2

is elevated by the wind stress anomaly, the sink of carbon is reduced so that more remains

in the atmosphere and the timescale of ocean carbon uptake increases.
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Figure 3.11: a) Time evolution of pCOa
2 and b) cumulative Southern Ocean air-sea flux of

carbon in �⌧SO with anthropogenic pulse experiments performed with MITgcm.

While our study focusses on the equilibrium Southern Ocean flux, current observa-

tions are inherently transient. Therefore we can examine the transient response of the

anthropogenic carbon sink in the MITgcm model and relate the changes in the sink to

observations based studies. We can calculate that after the first 5 years of adjustment,

the mean air-sea flux of carbon in the Southern Channel is reduced by a constant amount

0.04 mol/m2/year for every 0.012 N/m2 increase in �⌧SO over the area 60� � 20�N (to

accurately estimate the impact of Southern Ocean wind stress on the Southern Ocean

carbon sink, we will consider the area from 60�� 20�N for this section, which includes the

Southern channel as well the area of natural carbon uptake just North of the channel).

After 10 years, a 0.012 N/m2 perturbation in �⌧SO gives rise to a 3% decrease in the sink.

Swart and Fyfe [2012] note that between 1979 and 2010, reanalysis suggests a trend in

mean Southern Ocean wind stress of roughly 0.01 N/m2 per decade, although the uncer-

tainty is large. Over the 3 decades under investigation, a trend of 0.01 N/m2 per decade

suggests a 0.03 N/m2 change in ⌧SO which could therefore reduce the transient Southern

Ocean carbon sink by at least 3% per decade. Sabine et al. [2004] estimate the Southern

Ocean carbon sink reduction by using reanalysis and model simulations between the years
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Figure 3.11: a) Time evolution of pCOa
2 and b) cumulative Southern Ocean air-sea flux

of carbon in ∆τSO with anthropogenic pulse experiments performed with MITgcm. The
dotted line in panel (b) shows the zero value.

While our study focusses on the equilibrium Southern Ocean flux, current observa-

tions are inherently transient. Therefore we can examine the transient response of the

anthropogenic carbon sink in the MITgcm model and relate the changes in the sink to

observations based studies. We can calculate that after the first 5 years of adjustment,

the mean air-sea flux of anthropogenic carbon in the Southern Channel is reduced by a

constant amount 0.04 mol/m2/year for every 0.012 N/m2 increase in ∆τSO over the area

60◦−20◦N (to accurately estimate the impact of Southern Ocean wind stress on the South-

ern Ocean carbon sink, we will consider the area from 60◦ − 20◦N for this section, which

includes the Southern channel as well the area of natural carbon uptake just North of the

channel). After 10 years, a 0.012 N/m2 perturbation in ∆τSO gives rise to a 3% decrease

in the sink. Swart and Fyfe [2012] note that between 1979 and 2010, reanalysis suggests

a trend in mean Southern Ocean wind stress of roughly 0.01 N/m2 per decade, although

the uncertainty is large. Over the 3 decades under investigation, a trend of 0.01 N/m2

per decade suggests a 0.03 N/m2 change in τSO which could therefore reduce the transient
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Southern Ocean carbon sink by at least 3% per decade. Sabine et al. [2004] estimate the

Southern Ocean carbon sink reduction by using reanalysis and model simulations between

the years 1981 and 2004. They calculate that while the expected trend in air-sea carbon

flux due to the atmospheric trend is 0.051 Pg C/year, the ‘observed’ or modelled trend

is close to 0.031 Pg C/year, suggesting a 40% change. However, later studies by Fay and

McKinley [2013] find no significant difference in ocean and atmosphere trend at all and

Majkut et al. [2014] even note an increase in the Southern Ocean sink due to surface

cooling, so the observations still leave us unclear as to how the real Southern Ocean is

adapting to the changing climate.

The cumulative effects of the reduced carbon sink become more apparent with time.

Figure 3.11b shows the cumulative air-sea carbon flux over the area 60◦ − 20◦N. In the

Southern Ocean, there is a flux of natural carbon from the ocean into the atmosphere,

and an anthropogenic flux in the opposite direction. Initially, the anthropogenic carbon

flux is larger than the natural flux such that the Southern Ocean acts as a sink. However,

with time, the atmospheric anthropogenic carbon anomaly decays which reduces the flux

of anthropogenic carbon into the ocean and the natural carbon flux becomes stronger,

causing the Southern Ocean to be a net source of carbon. The stronger the wind stress

perturbation, the sooner the turnaround point occurs. While the dynamical differences

between wind stress scenarios are small, the differences in the timing of the switch in

sign of the cumulative carbon flux are large. A ∆τSO of 0.012 N/m2 over the control

value gives a 50 year decrease in the duration for which the Southern Ocean remains a

sink of carbon. Time delays for 50 years in the absorption of atmospheric could have

important implications for the global temperature response, especially when considering

emission mitigation targets that aims to limit peak global warming. Such delays in the

switch of the sign of the carbon sink illustrate how Southern Ocean wind stress-induced

uncertainties in the air-sea carbon flux affect the timing of peak global warming, as was

introduced in the simple model study in section 2.1.

Moreover, since the carbon flux is dictated by the local pCOo2, it follows that the

cumulative flux will obey a square root relationship with respect to wind stress. Figure

3.12 shows that the Southern Ocean cumulative carbon flux also scales as the square

root of the wind stress. The response is shown after 10 and 300 years so the results hold
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regardless of the timescale, which is only true if we consider the local effect of the Southern

Ocean alone.9
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• m0: constant coe�cient, m0 = 0.5 following Davis et. al. 1981 and Qiu and Kelly

19934

• u3
⇤: frictional wind velocity u⇤ =

��� ⌧SO
⇢0

���
1/2

(m3/s3)

• Q: net surface heat flux (W/m2)

• ⇢0: reference density (1026kg/m3)

• Cp: specific heat capacity of sea water at constant pressure (4000J/kg/K)

The expression for wh is in essence of the form wh / ⌧3/2. weh depends on variables

Q, h and �T , a measure of stratification. So the form of we also allows us to look at

e↵ects of heating and stratification on surface carbon. With these equations, we are now

in a position to calculate the response of surface carbon to wind stress perturbations

by considering the equilibrium carbon concentration in the mixed layer, so: @Ch
@t = 0.

Solving eq. 3.5 for pCOo
2 with the condition @Ch

@t = 0 gives the scaling:

pCOo
2(⌧SO) =


K⌧SO · pCOa

2 � Ch

h
(wh + v · @h

@y
) + [Fbio]h

�
/K⌧SO. (3.7)

A hurdle in equation 3.7 is the appearance of Ch. However, as wind stress increases,

Ch increases but at the same time, the mixed layer h deepens. In the MITgcm wind

stress perturbation experiments, it is found that the term Ch

h
at equilibrium is constant

to within 2%. The term [Fbio]h does not have an explicit dependence on ⌧SO. However,

we can calculate the term [Fbio]h/K⌧SO in the di↵erent wind stress scenarios and find

it is roughly constant with ⌧SO, therefore not contributing to pCOo
2(⌧SO) (see Fig.3.5).

Expressing wh and v in terms of ⌧SO, the scaling becomes:

pCOo
2(⌧SO) = �Ch

h

2m0

K↵gh · �T⇢
1/2
0

⌧SO
1/2 + pCOa

2 + F(Ek, Q,u⇤, Fbio) (3.8)

4Davis et. al. 1981 notes that m0 is likely to depend on atmospheric/oceanic stability, sea state and
surface roughness and while the exact dependence is unknown, it is assumed to be constant
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Figure 3.12: Cumulative carbon flux 60◦−20◦N in MITgcm after a 260ppm anthropogenic
carbon pulse as a function of wind stress, for a) 10 and b) 300 years after the perturbations.
Squares show MITgcm output, while the solid lines show fits to a τSO

1/2 trend.

A useful feature of our wind stress scaling is that it identifies the key physical processes

and parameters that determine the sensitivity of the pCOo2 response to wind stress changes.

We can therefore use the scaling to calculate the sensitivity of the carbon flux in different

climate models that might have similar wind stress profiles, but different ocean states that

will affect the strength of the feedback. Moreover, we have only used pre-industrial values

for the parameters Ch, h and ∆zT in equation 3.7 so far. As the climate warms however,

the value of these parameters will change due to forcings other than wind stress, changing

the flux and the uptake timescale of Southern Ocean carbon. To test the robustness of

the scaling, we can therefore use the MITgcm to test the sensitivity of pCOo2(τSO) to Ch,

h and ∆zT .

3.2.2 Sensitivity to Southern Ocean stratification

The parameters of the surface ocean which set the feedback of Southern Ocean wind

stress respond to the changing climate. Ch is the most sensitive to atmospheric CO2

perturbations, while h and ∆zT are most sensitive to surface buoyancy forcing and cir-

culation changes. A perturbation in atmospheric pCO2 will cause the ocean pCO2 to

track the changes in the atmosphere, maintaining a constant disequilibrium given no

(thermo)dynamical changes [Fay and McKinley, 2013]. However, changes to the large

9We will see later that non-local effects elevate atmospheric pCO2 further, which causes a deviation
from the trend for timescales longer than 20 years. The details of how the non-local effects are removed
and their impacts will be discussed later.
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background DIC concentration are relatively small and will not significantly affect dy-

namical feedbacks (this is discussed more later in this section and in chapter 6). Under

changes in buoyancy forcing however, the parameters h and ∆zT will be affected. Changes

in the climate such as surface warming also affect quantities such as the radiative flux Q

and the horizontal transport of carbon, though the contribution of these terms towards

ocean pCO2 is small, as shown in section 3.1.2.

To test the dependence of the climate feedback on these parameters, further exper-

iments were run whereby an increase in surface heating Q of 30% is applied across the

whole domain for 400 years10 after which a perturbation in τSO from 10% to 200% is

applied. This results in an approximately 30% increase in both Q and ∆zT , introduced in

eqn. 3.4, across the channel. An increase in Q lowers the background pCOo2 of the system

through increased stratification. However, a similar increase in both Q and ∆zT results in

a small net change in the already small contribution of F(Q) so that the most significant

contribution of the stratification ∆zT is in the τSO
1/2 term, coupled with an increase in

stratification is a decrease in mixed layer depth h. In the surface heating experiments,

this ranges between 10m in the mid-latitudes to 90m just North of the channel and will

increase the wind stress response. The net change in the pCOo2 sensitive to wind stress

will therefore be determined by the relative changes in h and ∆zT .

Figure 3.13a shows the change in Southern Ocean pCOo2 relative to the control state,

∆pCOo2, for wind stress perturbations with and without a change in radiative forcing. Ta-

ble 3.13b shows the area-mean of the background parameters Ch, h, ∆zT and K in each set

of experiments. Both the MITgcm experiments and the scaling show a damped response

in ∆pCOo2 to the wind stress changes. The increase in stratification ∆zT therefore domi-

nates the change in sensitivity over the mixed layer depth h. It is also worth noting that

an increase in wind stress may remove some of the radiative forcing-induced stratification

through increased vertical mixing, though this is not apparent in our simulations.

10Details of the temperature forcing experiments will be discussed in chapter 5.
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3.1 Feedback of the natural Southern Ocean carbon flux

The starting point is to understand the response of ocean dynamics and carbon distri-

bution due to the Southern Ocean wind stress perturbations. To that end, we employ

the MITgcm and analyse the response of the system to perturbations in the zonal wind

stress acting over the Southern Ocean channel (between 60�-40�S).

3.1.1 Model response to increased zonal wind stress

The response of the MITgcm model to wind stress perturbations is discussed as general

as possible since the patterns of the response are common between all the perturbation

experiments, while examples will be drawn from the 2⇥⌧SO experiment on which detailed

analysis was performed1. There is a modelled in increase in the Ekman transport at the

northern edge of the channel as ⌧SO increases, where the overline indicates the area-

mean between 60�� 40�S across the Southern Channel, shown in Fig. 3.1a. The Ekman

transport is calculated as the meridional eulerian volume transport across the basin

between 0-100m depth at 40�S. Since the residual circulation also increases linearly

with wind stress, there is limited eddy compensation. It must be pointed out that the

linear response is entirely an artefact of the coarse resolution of the model as a result

of unresolved/parametrised eddies. Munday et al. [2013] uses a similar model set-up at

1/6� resolution (albeit with a simpler wind stress forcing) which exhibits strong eddy

saturation in the ACC, though compensation in the residual circulation is unaddressed.

The bolus streamfunction  ⇤ increases as the isopycnal gradient steepens, but a constant

GM di↵usion coe�cient does not provide the same compensation seen in models with

resolved eddies or a variable GM coe�cient [Deacu and Myers, 2005]. The limited eddy

saturation and compensation is a limitation of the model, but will be addressed later

on.

1The 2 ⇥ ⌧SO experiment was chosen because the perturbation is strong enough for the response
patterns to be clear, while limiting any potential non-linearities
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
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0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
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2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for
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2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�

57

w
it

h
th

e
ac

cu
m

u
la

ti
on

of
or

ga
n
ic

ca
rb

on
in

th
e

w
ea

ke
n
in

g
d
ee

p
b
ot

to
m

w
at

er
ov

er
tu

rn
-

in
g

ce
ll
.

T
h
e

ti
m

es
ca

le
fo

r
th

e
p
ro

ce
ss

is
on

th
e

or
d
er

of
m

il
le

n
n
ia

(S
ch

m
it
tn

er
,

20
05

;

S
ch

m
it

tn
er

et
al

.,
20

07
)

.
T

h
e

sl
ow

in
g

of
th

e
ci

rc
u
la

ti
on

ca
u
se

s
a

re
d
u
ct

io
n

in
u
p
w

el
li
n
g

of
d
ee

p
ca

rb
on

,
re

d
u
ci

n
g

su
rf

ac
e

ca
rb

on
co

n
ce

n
tr

at
io

n
s

af
te

r
th

e
in

it
ia

l
ad

ju
st

m
en

t
of

th
e

d
en

si
ty

st
ru

ct
u
re

.

In
ge

n
er

al
,
th

e
re

le
va

n
t

re
sp

on
se

of
�

p
C

O
o 2

to
w

ar
m

in
g

fo
ll
ow

s
th

e
so

lu
b
il
it
y

tr
en

d

w
el

l.
W

it
h

eq
u
at

io
n

2.
33

,
w

e
ca

n
u
se

th
e
�

p
C

O
o 2

to
es

ti
m

at
e

th
e

as
so

ci
at

ed
ch

an
ge

in
�

p
C

O
a 2

(w
h
er

e
w

e
ca

lc
u
la

te
�

p
C

O
a 2

=
p
C

O
a 2
�

<
p
C

O
a 2

>
,

w
h
er

e
‘<

..
>

’
is

th
e

co
n
tr

ol
m

ea
n
).

F
ig

.
3.

8
sh

ow
s

th
e
�

p
C

O
a 2

fr
om

b
ot

h
th

e
p
re

d
ic

ti
on

an
d

th
e

M
IT

gc
m

ou
tp

u
t.

T
h
e

fi
gu

re
sh

ow
s

th
at

th
e

re
sp

on
se

m
o
d
el

le
d

b
y

M
IT

gc
m

is
m

u
ch

la
rg

er
th

an

th
e

re
sp

on
se

p
re

d
ic

te
d

b
y

th
e

sc
al

in
g,

m
ea

n
in

g
th

at
th

e
n
at

u
ra

l
ca

rb
on

�
p
C

O
a 2

is
se

t
b
y

p
ro

ce
ss

es
ot

h
er

th
an

th
e

S
ou

th
er

n
O

ce
an

ca
rb

on
an

om
al

y,
th

e
d
et

ai
ls

of
w

h
ic

h
w

il
l
b
e

ex
am

in
ed

in
a

la
te

r
se

ct
io

n
.

0
0

.5
1

1
.5

2
2

.5
3

3
.5

0

2
0

4
0

6
0

8
0

∆
 T

 (
o
C

)

ppm

∆
 p

C
O

2a

F
ig

u
re

3.
8:

P
re

d
ic

te
d
�

p
C

O
a 2

in
re

sp
on

se
to

S
ou

th
er

n
O

ce
an

w
ar

m
in

g
(b

lu
e)

an
d
�

p
C

O
a 2

M
IT

gc
m

ou
tp

u
t

fr
om

te
m

p
er

at
u
re

p
er

tu
rb

at
io

n
ex

p
er

im
en

ts
(b

la
ck

).

W
h
il
e

th
e

re
su

lt
s

u
se

an
id

ea
li
se

d
o
ce

an
m

o
d
el

,
w

e
b
el

ie
ve

th
e

m
ec

h
an

is
m

s
d
is

cu
ss

ed

ar
e

re
le

va
n
t
fo

r
th

e
re

al
o
ce

an
.

T
h
e

on
ly

d
i↵

er
en

ce
is

th
at

th
e

b
ot

to
m

w
at

er
ce

ll
co

n
ta

in
s

60

0 1 2 3 4
0

20

40

60

80

∆ T

∆
 p

C
O

2o
 (

p
p
m

)

Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The

58

predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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(a) (b)

Southern Ocean ΔpCO2o ΔpCO2a

Figure 5.6: a) Change in pCOo
2, in ppm, as a function of Southern channel SST anomaly

�T . The squares show MITgcm data from temperature perturbation experiments and
the solid blue line is the prediction based solely on solubility e↵ects (Eqn. 5.2). b)
Predicted �pCOa

2 in response to Southern Ocean warming using Eqn. 2.30, (blue) and
�pCOa

2 MITgcm output from temperature perturbation experiments (black)

balance the increased surface outgassing, resulting in a small change in DIC (Fig. 5.4d).

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�xbh as the horizontal density window that is outcropped in the southern channel. The

window �xbh can be mapped on a vertical density window �zbv in the ocean interior.

Figure 5.7 shows the evolution of the depth of the density window �zbv as well as the

evolution of �pCOo
2.

After the initial few years, Southern channel pCOo
2 rises with a similar timescale to

the deepening of the density window �bv . The maximum �pCOo
2 is achieved between

100 � 150 years after the initial perturbation. The maximum �pCOo
2 follows Eqn. 5.2

to within a few percent. The maximum �pCOo
2 is therefore set by the solubility but

the timescale is set by the adjustment of the density structure. Following the maximum

in �pCOo
2, there is slow decline associated with accumulation of organic carbon in the

weakening bottom circulation cell [Schmittner, 2005, Schmittner et al., 2007].
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(a)

Variable No / 1.3×T warming

Ch (mmol/m3) 2170 / 2164

h (m) 300 / 265

∆zT (◦C) 4.7 / 6.1

K (cm/hr) 42 / 42

(b)

Figure 3.13: Summary of the response of the Southern Ocean carbon system to radiative
forcing: a) ∆pCOo2 as a function of ∆τSO, with no change in radiative forcing (red) and a
30% increase (green). The squares are MITgcm data and the solid lines are the calculations
made using the scaling equation. b) Table of area mean values of parameters Ch, h, ∆z and
K in the Southern Ocean wind stress only and wind stress with warming perturbations
experiments.

We have verified that the scaling does predict the correct direction in the shift of

∆pCOo2 in response to warming, so we can now apply the scaling to fully coupled global

climate models. Under anthropogenic carbon-induced climate change, we expect Southern

Ocean stratification to increase along with the rest of ocean. Using the scaling, we can

calculate the system’s sensitivity to Southern Ocean wind stress under projected climate

change conditions using data from global coupled models from the CMIP5 archive. Since

the scaling is derived for an equilibrated system, we use 2×CO2 experiments. After 140

years of constant forcing, the 2×CO2 experiments are the closest approximation to an

equilibrated coupled GCM available. To illustrate the impact of stratification on the

climate feedback shown in Fig. 3.9a, we repeat the calculation, but update the parameters

Ch, h and ∆zT in the scaling with values taken as the average over the last 10 years

of the 2×CO2 experiments for two CMIP5 models, HadGEM2-ES and IPSL-CM5 (we

include another CMIP5 model, IPSL-CM5, to illustrate the variety in Southern Ocean

representations within CMIP5 models).
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Figure 3.14: ∆pCOa2 as a function
of Southern Ocean mean wind stress
between 60◦−45◦S for CMIP5 mod-
els as calculated by the scaling us-
ing values for the parameters Ch/h,
h and ∆zT from the pre-industrial
control runs (solid lines) and the
last 10 years of 2× CO2 experiments
(dashed lines).

The results of the calculation are shown in

Fig. 3.14. For HadGEM2-ES, the sensitivity of

pCOa
2 to wind stress is reduced in the 2×CO2 ex-

periment compared to the control experiment. How-

ever, IPSL-CM5 shows an increase in sensitivity in

the 2× CO2 experiment compared to the control ex-

periment. To understand the different response of

the climate models, we have to look at each model’s

response to warming. Figure 3.15 shows the spa-

tial patterns of the mean state pre-industrial air-sea

carbon flux (panels a and c in Fig. 3.15) as well

as the spatial pattern of the change in the stratifica-

tion ∆zT at the end of the 2×CO2 experiment in the

Southern Ocean (panels b and d in Fig. 3.15). There

in an overall increase in stratification in HadGEM2-

ES. Comparing the pattern of the change in ∆zT to

the air-sea carbon flux in Fig. 3.15 a, we see that in the key areas of carbon outgassing,

the stratification increases. While there are patches in the Pacific and Atlantic sectors of

the Southern Ocean where surface cooling causes a reduction in stratification, they are

small compared to the large scale pattern of increases in ∆zT .

In IPSL-CM5 on the other hand, there is predominantly cooling in the Southern Ocean

(which may be attributed to a latitudinal shift in the wind stress patterns). Figure 3.15 d

shows that ∆zT decreases in areas of carbon outgassing as a result of a 2×CO2 perturba-

tion which causes a net increase in the sensitivity of pCOo2 to τSO. The Southern Ocean

temperature has decreased over the past 30 years [Majkut et al., 2014], therefore indicat-

ing that the real-world sensitivity of pCOo2 to τSO so might also be increasing, similarly

to IPSL-CM5.

One might expect a substantial increase in Ch at 2× CO2 over the pre-industrial

state but results show that the change in Ch is only 5% on average. The increase in

anthropogenic CO2 results in changes in the chemistry and solubility of carbon that cause

pCOo2 to follow pCOa2 without increasing Ch substantially. The percentage increase in
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stratification is much larger on the other hand and can reach 300% in some models and is

therefore the dominant variable in setting the ocean pCO2 sensitivity.

HadGEM2-ES Fair-sea (mmol/m2/yr)

IPSL-CM5 Fair-sea (mmol/m2/yr)

HadGEM2-ES ΔzT change (°C)

IPSL-CM5 ΔzT change (°C)

(a) (b)

(c) (d)

Figure 3.15: Southern Ocean air-sea carbon flux in mol/m2/year from control runs of A)
HadGEM2-ES and C) IPSL-CM5. Change in vertical temperature difference ∆zT , in ◦C,
between the mixed layer and 1000m depth in B) HadGEM2-ES and D) IPSL-CM5 in the
last 10 years of a 2×CO2 relative to the control run.

3.3 Summary

A mixed layer carbon budget is used to derive an equilibrium equation that balances the

advective transport of carbon with the air-sea flux in the Southern Ocean. The diagnostic

equation relates perturbations in wind stress to the area mean partial pressure of carbon

at ocean’s surface pCOo2. It is found that pCOo2 varies as the square root of the mean

wind stress in the Southern Ocean, τSO. The relationship was verified using wind stress

perturbation experiments performed with an idealised coarse-resolution MITgcm model

set-up representing the Atlantic Ocean with a Southern Ocean-like channel. The square

root dependency of pCOo2 on τSO highlights the importance of turbulent entrainment at

the bottom of the mixed layer as a result of increased wind stress, rather than any other

large scale circulation changes and provides new insight to the Southern Ocean carbon

response to wind stress. Using the expression for pCOo2, we expressed the atmospheric

88



partial pressure of CO2, pCOa
2 in terms of the Southern Ocean wind stress. Applying the

results to the CMIP5 archive, we find that the parameters h, ∆zT and K vary by up to

300% between models, resulting in a similar range of ∆pCOa
2 sensitivity to wind stress:

8-25 ppm/(Nm−2).

Using experiments with both wind stress perturbations and an atmospheric impulse of

CO2 to represent anthropogenic emissions, we show that the cumulative Southern Ocean

carbon uptake also varies as the square root of the area mean wind stress. The mean

annual carbon uptake in the Southern Ocean is found to be reduced by 0.04 mol/m2/year

for every 0.012 N/m2 increase in mean wind stress between 60◦ − 40◦S.

The results presented are calculated using a pre-industrial sensitivity of pCOo2 on τSO,

but the scaling predicts that the sensitivity depends on (Ch) 1
h∆zT

, where Ch is the mixed

layer carbon concentration, h is the mixed layer depth and ∆zT is the temperature differ-

ence between the mixed layer and at depth (1000m). We use MITgcm radiative forcing

and wind stress perturbation experiments to show that with increased stratification due

to radiative forcing, the pCOo2 response to τSO is reduced. The sensitivity is dominated by

the stratification ∆zT such that estimates made using the scaling capture the reduction in

sensitivity. While we have so far assumed Ch, h and ∆zT do not depend on wind stress,

further study is required to determine the exact dependence of these parameters on wind

stress.

In CMIP5 models, the mean stratification induced by a 2×CO2 perturbation (through

surface warming, freshwater or mechanical forcing) can either increase or decrease the

sensitivity of ∆pCOa
2 on τSO, depending on whether the Southern Ocean warms or cools in

response to anthropogenic CO2 forcing. Previous studies such as Lovenduski and Ito [2009]

also look at the effects of wind stress and stratification separately. However, Lovenduski

and Ito [2009] suggest that when they apply both wind stress and buoyancy perturbations

at once, the result is a linear superposition of the two contributions. However, we show

that an increase in stratification reduces the sensitivity of the system to wind stress so

that the two separate contributions do not simply add linearly.

One caveat is that the MITgcm model set-up uses a parametrization to represent

eddy transports. However, since most CMIP5 models use the same parametrization, our
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results and scaling are appropriate for assessing wind stress feedbacks for the majority of

the CMIP5 archive. Nonetheless, studies such as Munday et al. [2014] and Jones et al.

[2011] show that resolved eddies reduce the Southern Ocean carbon response to wind stress

perturbations through eddy compensation, as a result of the effect of eddies on the residual

circulation [Hallberg and Gnanadesikan, 2001, Shakespeare and Hogg, 2012]. While further

study is needed to determine the exact impact of eddies on the feedback, we estimate the

contribution of eddies towards Southern Ocean pCOo
2 change by performing simulations

with an increased eddy diffusivity and estimates of bolus velocities from eddy-permitting

simulations performed by Munday et al. [2013]. The net effect on the meridional advection

term towards pCOo2 is limited to -5ppm for changes up 0.4 N/m2 in τSO. However, the

presence of stronger eddies affects the background stratification. We find that a 30% in

the eddy diffusivity parameter κGM increases area-mean ∆zT by 0.2◦ and the mixed layer

depth h by 5 m. The net result is a reduction in the sensitivity of Southern Ocean pCOo
2

to wind stress by 20%, shown in Fig. 3.16 (cyan). We can apply the scaling equation

with the perturbed values of ∆zT and h from the 1.3 × κGM experiments and find that

it predicts the correct shift in the sensitivity. The scaling can therefore still be used with

higher-resolution models or models with variable κGM as long as the parameters ∆zT and

h are known.
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3.1 Feedback of the natural Southern Ocean carbon flux

The starting point is to understand the response of ocean dynamics and carbon distri-

bution due to the Southern Ocean wind stress perturbations. To that end, we employ

the MITgcm and analyse the response of the system to perturbations in the zonal wind

stress acting over the Southern Ocean channel (between 60�-40�S).

3.1.1 Model response to increased zonal wind stress

The response of the MITgcm model to wind stress perturbations is discussed as general

as possible since the patterns of the response are common between all the perturbation

experiments, while examples will be drawn from the 2⇥⌧SO experiment on which detailed

analysis was performed1. There is a modelled in increase in the Ekman transport at the

northern edge of the channel as ⌧SO increases, where the overline indicates the area-

mean between 60�� 40�S across the Southern Channel, shown in Fig. 3.1a. The Ekman

transport is calculated as the meridional eulerian volume transport across the basin

between 0-100m depth at 40�S. Since the residual circulation also increases linearly

with wind stress, there is limited eddy compensation. It must be pointed out that the

linear response is entirely an artefact of the coarse resolution of the model as a result

of unresolved/parametrised eddies. Munday et al. [2013] uses a similar model set-up at

1/6� resolution (albeit with a simpler wind stress forcing) which exhibits strong eddy

saturation in the ACC, though compensation in the residual circulation is unaddressed.

The bolus streamfunction  ⇤ increases as the isopycnal gradient steepens, but a constant

GM di↵usion coe�cient does not provide the same compensation seen in models with

resolved eddies or a variable GM coe�cient [Deacu and Myers, 2005]. The limited eddy

saturation and compensation is a limitation of the model, but will be addressed later

on.

1The 2 ⇥ ⌧SO experiment was chosen because the perturbation is strong enough for the response
patterns to be clear, while limiting any potential non-linearities
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�

57

0 0.5 1 1.5 2 2.5 3 3.50

20

40

60

80

∆ T (oC)

pp
m

∆ pCO2
a

3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:
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= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:
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2 =

⌦
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2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2
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as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The

58

predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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(a) (b)

Southern Ocean ΔpCO2o ΔpCO2a

Figure 5.6: a) Change in pCOo
2, in ppm, as a function of Southern channel SST anomaly

�T . The squares show MITgcm data from temperature perturbation experiments and
the solid blue line is the prediction based solely on solubility e↵ects (Eqn. 5.2). b)
Predicted �pCOa

2 in response to Southern Ocean warming using Eqn. 2.30, (blue) and
�pCOa

2 MITgcm output from temperature perturbation experiments (black)

balance the increased surface outgassing, resulting in a small change in DIC (Fig. 5.4d).

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�xbh as the horizontal density window that is outcropped in the southern channel. The

window �xbh can be mapped on a vertical density window �zbv in the ocean interior.

Figure 5.7 shows the evolution of the depth of the density window �zbv as well as the

evolution of �pCOo
2.

After the initial few years, Southern channel pCOo
2 rises with a similar timescale to

the deepening of the density window �bv . The maximum �pCOo
2 is achieved between

100 � 150 years after the initial perturbation. The maximum �pCOo
2 follows Eqn. 5.2

to within a few percent. The maximum �pCOo
2 is therefore set by the solubility but

the timescale is set by the adjustment of the density structure. Following the maximum

in �pCOo
2, there is slow decline associated with accumulation of organic carbon in the

weakening bottom circulation cell [Schmittner, 2005, Schmittner et al., 2007].
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Figure 3.16: Change in the MITgcm Southern Ocean pCOo2, as a function of mean channel
wind stress. Squares denote MITgcm data after 400 years for the control run (dark blue),
Southern Ocean wind perturbation (red) and wind perturbation with 30% stronger GM
coefficient (cyan) experiments. The red and cyan lines are the calculations using the scaling
and the dashed black line is a linear trend around the control state for the standard wind
perturbation experiments.
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4

The non-local climate feedback of
Southern Ocean winds

The response of the Southern Ocean carbon sink to Southern wind stress has been well-

studied [e.g., Le Quere et al., 2007, Lovenduski et al., 2008, Lovenduski and Ito, 2009,

Ito et al., 2010, Lauderdale et al., 2013, Munday et al., 2014]. However, there is little

understanding of the climate impacts of dynamical and biogeochemical changes induced by

the Southern Ocean wind-stress outside of the Southern Ocean. Studies such as Lauderdale

et al. [2013] examine the basin-scale response of perturbations in Southern Ocean wind

stress on the dynamics and distribution of carbon, without identifying the local vs. non-

local contributions of the different processes on atmospheric pCO2. Similarly, studies

such as Anderson et al. [2002], Sarmiento et al. [2004] tie Southern Ocean upwelling to

the nutrient supply North of the Southern Ocean, but without further implications for

the climate including atmospheric pCO2. We aim to quantify the impact of changes

in ocean circulation and biogeochemistry occurring North of the Southern Ocean due to

perturbations in Southern Ocean wind stress on atmospheric pCO2. We find that increased

Southern Ocean wind stress reduces the capacity of the North Atlantic sub-polar gyre to

absorb atmospheric CO2 by affecting the biogeochemistry of the sub-polar gyre water

upstream, before it is upwelled in the Northern high latitudes.

In the Atlantic, the major oceanic sink of atmospheric carbon (both natural and an-

thropogenic) is the sub-polar gyre, which plays a key role in the meridional overturning

circulation and uptake of carbon [Group, 1998, Dickson et al., 2008, Kieke and Yashayaev,

2014]. Therefore any changes induced in ocean pCO2 in the sub-polar gyre will greatly

impact the atmospheric carbon concentrations by affecting oceanic CO2 uptake. The bio-

geochemical properties of the sub-polar gyre are determined by the water advected from

the Tropics and Southern Ocean. Changes in Southern Ocean wind stress therefore af-

fect carbon and nutrient transport pathways throughout the ocean basins and can lead

to ocean pCO2 changes in remote regions such as the North Atlantic subpolar region. In

section 4.1, we examine changes in the Atlantic carbon and nutrient transport pathways

and the overall climate-carbon feedback due to Southern Ocean wind stress. To put the
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results into perspective, section 4.2 compares the climate-carbon feedback in the North

Atlantic sub-polar gyre induced by local wind stress changes to the non-local feedback

induced by Southern Ocean winds.

4.1 Southern Ocean influence on North Atlantic sub-polar
gyre chemistry
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The

58

Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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Figure 4.1: Time evolution of
∆pCOa2 (black), North Atlantic
∆pCOo2 (red) and Southern Ocean
∆pCOo2 (blue) in a 2× τSO.

North Atlantic pCOo
2 and atmospheric pCO2 are

closely linked. To illustrate the role of the North

Atlantic sub-polar gyre ocean pCO2 on atmospheric

pCO2, Fig. 4.1 shows time series of area-averaged1

anomalies of ocean pCO2, ∆pCOo2, for the Southern

Ocean (40◦−60◦S) and the North Atlantic sub-polar

gyre (40◦ − 60◦N) and anomalies of atmospheric

pCO2, ∆pCOa2 , in the 2 × τSO wind stress pertur-

bation experiment with the MITgcm.2 As discussed

in section 3.1, the initial adjustment of the South-

ern Ocean pCOo
2 occurs within 50− 100 years of the

wind-stress perturbation. The atmospheric signal shows an initial response which appears

to correspond to the timescale of the local response of the Southern Ocean to the increase

in wind stress. The short-term response is followed by a long-term centennial adjustment

in pCOa2 due to other adjustments of the ocean carbon system, which we refer to as the

non-local effect. The long-term adjustment of the atmospheric pCO2 shows a timescale

similar to the North Atlantic sub-polar gyre pCO2 response to the non-local wind stress

change, more so than other regions (not shown). After 400 years, atmospheric pCO2 is

mostly equilibrated so stays constant for longer integrations.

In the following sections, we aim to show that increased Southern Ocean winds affect

the North Atlantic CO2 uptake through a novel mechanism: increased Southern Ocean

wind stress enhances nutrient transport to the Tropics, thereby increasing tropical biologi-

cal productivity which in turn affects the chemistry of underlying sub-thermocline waters.

The tropical sub-thermocline waters are subsequently advected to the Atlantic sub-polar

1The overbar denotes an average over the region of interest defined in parenthesis.
2Anomalies are defined as ∆X = X − 〈X〉, where 〈..〉 indicates the temporal mean of the control run.

92



gyre by the MOC, reducing the capacity of the sub-polar gyre to absorb atmospheric CO2.

The following sections will outline the key steps in the mechanism:

1. The impact of Southern Ocean winds on nutrient transport will be discussed through

the concept of a nutrient stream, which is a meridional transport pathway in the

ocean along which the majority of nutrients are transported from the Southern Ocean

to the Northern hemisphere.

2. Surface biology affects the chemistry of waters below the thermocline through ver-

tical transfer of DIC and Alkalinity which both determine the Revelle Buffer Factor

R. The Revelle Buffer Factor measures the capacity of water parcels to absorb

atmospheric CO2.

3. The Nutrient stream is modified by biogeochemical signal advected out of the tropical

shadow zone.

4. Together, the interaction of the nutrient stream, the shadow zone dynamics and

North Atlantic biology result in the observed decrease in the North Atlantic sup-

polar gyre CO2 uptake.

4.1.1 Nutrient streams

The increase in the Southern Ocean residual circulation due to increased wind stress causes

an increase in upwelling of deep carbon- and nutrient-rich waters as described in section

3.1.1. In the Southern Ocean, surface biology is inefficient due to strong light and iron

limitation [Boyd et al., 2000, Coale et al., 2004, DeVries et al., 2012] so the additional

upwelled-nutrients are mostly unused. Instead, the nutrients are transported northwards

and into the basin interior following the sub-surface currents in what are commonly referred

to as nutrients streams [Pelegri and Csanady, 1991, Pelegri et al., 1996, 2006, Williams

et al., 2006, 2011].

A nutrient stream is an advective pathway, through which nutrients are transported

meridionally between oceans. In particular, they are important for transporting nutrients

from regions of upwelling and nutrient excess (i.e. Southern Ocean) to nutrient-poor re-

gions such as the equator and the Northern high latitudes (see for example Fig. 4.2a for

the MITgcm control run nutrient distribution). Ekman transport drives nutrients north-

wards and out the Southern Ocean [Williams and Follows, 1998], where it is subducted
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below the mixed layer during formation of Antarctic Intermediate Water, where the cold

northward advected water masses are subducted below warmer southwards advected wa-

ters from the sub-tropical gyre. Transport is then predominantly isopycnal, with nutrients

gradually re-inducted into the mixed layer as isopycnals shoal towards the surface in the

North Atlantic sub-polar region [Williams et al., 2006].

North of the Southern Ocean where biology is far more efficient than in the Southern

Ocean itself, the nutrient stream causes an increase in macro-nutrients3 limited biological

productivity [Sarmiento et al., 2004]. The nutrient stream SP (x, y, z, t) is defined here as

the meridional transport of Phosphorus, in the form of Phosphate PO3−
4 , by the residual

velocity field v and is given by

SP (x, y, z, t) =
[
PO3−

4

]
v. (4.1)

In order to understand the biogeochemical response to the wind stress changes, we also

define the zonal nutrient transport SPx =
[
PO3−

4

]
u, where u is the residual zonal velocity

(we will refrain from calling this a nutrient stream for consistency with the literature).
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Figure 4.2: Zonal mean for the control run of a) PO3−
4 overlain with stream function

(black contours) and b) SP overlain with potential density contours (dashed black lines).
The thicker solid black line shows the density surface σ = 26 kg/m3.

Physical transport in the ocean interior is mostly adiabatic, so the location of the

nutrient stream lies along surfaces of constant density (see Fig. 4.2b), although the strength

can vary depending on the biological flux of nutrients [Pelegri et al., 1996]. In the case

of the MITgcm experimental set-up, the maximum transport occurs along the constant

density surface σ = 26 kg/m3, shown in Fig. 4.3a for the control run, North of the

3Mainly Nitrogen and Phosphorous.
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Southern channel. Therefore we interpolate the meridional transport of phosphate onto

the density surface σ = 26 kg/m3. Figure 4.3 also shows the zonal nutrient transport

SPx on the density surface σ = 26 kg/m3 (panel b), the steady state concentration of

PO3−
4 along σ = 26 kg/m3 (panel c) and the biological productivity integrated over the

mixed layer, [Fbio]h (panel d). The spatial pattern of SP shows the nutrient stream, the

region of positive SP , originating just North of the Southern channel where intermediate

mode water is formed in region (1). In region (2), there is a recirculation due to the

imprint of the western boundary current of the Southern subtropical gyre. The nutrient

stream follows the northwards MOC transport (3), increases in strength until it reaches the

sub-polar gyre in region (4), where the nutrients are entrained into seasonal thermocline

through mixing. The zonal nutrient transport SPx shows a westward transport along the

equatorial undercurrent and an eastward transport along equatorial countercurrents to

the North and South of the central westward current (region 5).

The effect of increased Southern Ocean winds on the nutrient transport is shown in

Figure 4.3 (bottom row) for the 2× τSO perturbation experiment. Due to the increase in

Southern Ocean wind-induced vertical mixing, there is a general increase in concentrations

of PO3−
4 along the σ = 26 kg/m3 surface in the Southern hemisphere (panel g). The wind

stress perturbation also causes an increase in the MOC and the meridional velocity v along

the σ = 26 kg/m3 surface. In combination with the increased concentrations of PO3−
4 , the

result is an increase in the nutrient stream (panel e). The eastward Southern equatorial

countercurrent intersects the nutrient stream, resulting to an increase in eastward nutrient

transport into the shadow zone (by 102% in the 2 × τSO experiment, see region 6). The

increase in eastward nutrient transport is also responsible for delivering phosphate into the

nutrient-limited shadow zone (region 6). Subsequently, mixed layer biological productivity

is strongly enhanced North of the Southern channel and in the eastern Tropics where

nutrients are upwelled due to wind stress divergence (panel h). For the 2×τSO experiment,

the increase in biological productivity is less than 10% in the Southern channel, between

20% and 40% in the sub-polar gyre, but more than 200% between 20◦S and 20◦N.
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equilibrium carbon concentration in the mixed layer, so: @Ch
@t = 0. Solving eq. 3.5 for

pCOo
2 with the condition @Ch

@t = 0 gives the scaling:

pCOo
2(⌧SO) =


K⌧SO · pCOa

2 � Ch/h(wh + v · @h

@y
) + [Fbio]h

�
/K⌧SO. (3.7)

A hurdle in equation 3.7 is the appearance of Ch. However, as wind stress increases, Ch

increases but at the same time, the mixed layer h deepens. In the MITgcm wind stress

perturbation experiments, it is found that the term Ch/h at equilibrium is constant to

within 2%. The term [Fbio]h does not have an explicit dependence on ⌧SO. However,

we can calculate the term [Fbio]h/K⌧SO in the di↵erent wind stress scenarios and find

it is roughly constant with ⌧SO, therefore not contributing to pCOo
2(⌧SO) (see Fig.3.5).

Expressing wh and v in terms of ⌧SO, the scaling becomes:

pCOo
2(⌧SO) = Ch/h

2m0

K↵gh · �zT⇢
1/2
0

⌧SO
1/2 + pCOa

2 + F(Ek, Q,u⇤, Fbio) (3.8)

where F(Ek, Q,u⇤, Fbio) is a term including contributions of the Ekman term, the ra-

diative forcing Q and eddies contribution u⇤. While the Ekman term depends on wind

stress, the ⌧ dependency has been cancelled out. The e↵ect of eddies depends on ⌧SO but

eddies are unresolved in the coarse resolution model. To demonstrate the assumptions

we have made previously are valid, Fig. 3.5 shows the di↵erent terms in eqn. 3.8: the

leading mixing term (panel a) is an order of magnitude larger than the terms contained

within F(Ek, Q,u⇤, Fbio) (panels b-d). While we have not diagnosed the direct contri-

bution of the eddy velocity F(u⇤), but it will of the same order of magnitude as the

Ekman contribution. Equation 3.8 tells us that the equilibrium pCO2 in the Southern

Ocean varies as the square root of the wind stress. The key variables in determining

the sensitivity of the pCO2 to the wind stress are the ratio Ch/h and the stratification

h · �zT , while the contribution of the Ekman transport acts only as a constant so does

not contribute in response to a perturbation in the wind stress.
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equilibrium carbon concentration in the mixed layer, so: @Ch
@t = 0. Solving eq. 3.5 for

pCOo
2 with the condition @Ch

@t = 0 gives the scaling:

pCOo
2(⌧SO) =
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K⌧SO · pCOa

2 � Ch/h(wh + v · @h

@y
) + [Fbio]h

�
/K⌧SO. (3.7)

A hurdle in equation 3.7 is the appearance of Ch. However, as wind stress increases, Ch

increases but at the same time, the mixed layer h deepens. In the MITgcm wind stress

perturbation experiments, it is found that the term Ch/h at equilibrium is constant to

within 2%. The term [Fbio]h does not have an explicit dependence on ⌧SO. However,

we can calculate the term [Fbio]h/K⌧SO in the di↵erent wind stress scenarios and find

it is roughly constant with ⌧SO, therefore not contributing to pCOo
2(⌧SO) (see Fig.3.5).

Expressing wh and v in terms of ⌧SO, the scaling becomes:

pCOo
2(⌧SO) = Ch/h

2m0

K↵gh · �zT⇢
1/2
0

⌧SO
1/2 + pCOa

2 + F(Ek, Q,u⇤, Fbio) (3.8)

where F(Ek, Q,u⇤, Fbio) is a term including contributions of the Ekman term, the ra-

diative forcing Q and eddies contribution u⇤. While the Ekman term depends on wind

stress, the ⌧ dependency has been cancelled out. The e↵ect of eddies depends on ⌧SO but

eddies are unresolved in the coarse resolution model. To demonstrate the assumptions

we have made previously are valid, Fig. 3.5 shows the di↵erent terms in eqn. 3.8: the

leading mixing term (panel a) is an order of magnitude larger than the terms contained

within F(Ek, Q,u⇤, Fbio) (panels b-d). While we have not diagnosed the direct contri-

bution of the eddy velocity F(u⇤), but it will of the same order of magnitude as the

Ekman contribution. Equation 3.8 tells us that the equilibrium pCO2 in the Southern

Ocean varies as the square root of the wind stress. The key variables in determining

the sensitivity of the pCO2 to the wind stress are the ratio Ch/h and the stratification

h · �zT , while the contribution of the Ekman transport acts only as a constant so does

not contribute in response to a perturbation in the wind stress.
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Figure 4.3: The nutrient stream Sp (a, d), the zonal nutrient transport SPx (e,d), phos-
phorous (c, f) on the σ = 26 kg/m3 surface and the mixed layer biological productivity
[Fbio]h (d, g). Top row is for the control run and bottom row is for the 2×τSO perturbation
experiment. Streamlines along the σ = 26 kg/m3 surface are shown in blue in panel (e).
The figure only shows the fields North of the Southern channel for clarity.

The surface biological productivity in the eastern Tropics is sustained mostly through

the upwelling of remineralized nutrients within the shadow zone itself, causing local cycling

of nutrients and coined ‘nutrient trapping’ [Najjar, 1990, Aumont et al., 1999]. The build

up of nutrients in the shadow zone also explains the equatorial sub-surface maximum in

regenerated carbon observed in most complex ocean models [Rhoads and Morse, 1971,

Stramma et al., 2009]. Such a maximum in nutrients and regenerated carbon is also seen
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in observations through a corresponding minimum in oxygen [Karstensen et al., 2008].

In the Northern sub-polar gyre, the response in productivity is not as strong as in

the Tropics. The relatively weak response in the sub-polar gyre is partly due to high-

latitude light and iron limitation [Nielsdottir et al., 2009] and partly due to the nutrient

stream depletion of nutrients by the time it reaches the Northern end of the basin. Most

of the increase in biology is centred around the eastern Tropics. At depth, there is a

large increase in regenerated carbon underneath the thermocline in the eastern Tropics,

as shown in Fig. 3.5b. The change in regenerated carbon due to remineralisation, δCreg,

is governed by equation 3.2 in steady state in the ocean interior: v
δCreg
δy = rC:PFPO4.4
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Figure 4.4: Change in Creg along
the σ = 26 kg/m3 density surface
after 400 years of a 2× τSO pertur-
bation.

The only significant increase in Creg along the σ =

26 kg/m3 surface occurs in the eastern Tropics well

outside the nutrient stream in the Southern hemi-

sphere, and downstream in the Northern hemisphere

nutrient stream, as shown in Fig. 4.4. Within the

Southern hemisphere section of the nutrient stream,

both remineralization rC:PFPO4 and meridional ve-

locity v increase by similar percentages resulting in

a small net change in Creg.

4.1.2 Surface biology and the Revelle
Buffer Factor

An increase in equatorial biology can act as a neg-

ative feedback on atmospheric pCOa2 by drawing

more carbon from the mixed layer, reducing ocean

surface pCO2 and therefore increasing ocean CO2

uptake. Conversely, it can also act as a positive

feedback by affecting the chemistry of sub-thermocline waters by altering the Revelle

Buffer Factor of the underlying intermediate water. The buffer factor R quantifies how

much additional atmospheric carbon the ocean can absorb, therefore making any changes

in R relevant for climate. For example, water with a positive R-anomaly that upwells in

4In the ocean interior where the dominant forcing on carbon is remineralization, the carbon cycle
components Cpre and Creg can be treated as independent, since they only interact with one another at the
surface by definition [Williams and Follows, 2011].
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the Northern Hemisphere sub-polar gyre will increase the local pCOo
2, therefore decreasing

the carbon sink. The Revelle buffer factor is generally defined as (see section 1.2.4):

R =
δpCO2

pCO2
/
δDIC

DIC
. (4.2)

Equation 4.2 can be simplified by: 1) invoking conservation of charge, 2) recognizing that

fractional changes in dissolved CO2 ([CO∗2]) are approximately equal and opposite to those

of
[
CO2−

3

]
, 3) the magnitude of the perturbations in [CO∗2] are much smaller than those

in
[
CO2−

3

]
. We can then write the buffer factor as (see Williams and Follows [2011]):

R =
DIC[
CO2−

3

] ≈ DIC

Alk −DIC , (4.3)

where Alk is Alkalinity, since
[
CO2−

3

]
≈ Alk −DIC.

Surface biology utilises DIC and Alkailinity at different rates. Biology therefore leaving

an imprint on the Buffer Factor both at the surface (in the mixed layer) and at depth. To

understand the effect of biology on the Buffer Factor, let us first consider the influence of

mixed layer biology on the mixed layer Buffer Factor. Production of soft matter follows

the Redfield equation (using recent circulation averaged stoichiometry) [Redfield, 1934,

Anderson and Sarmiento, 1994, Weber and Deutsch, 2012]:

117CO2 + 16NO−3 +H3PO4 + 78H2O + 16H+ 
 C117H175O24N16P + 170O2, (4.4)

where the forward and backward reactions represent production and remineralization,

respectively. Using the definition for total Alkalinity, Alk =
[
HCO−3

]
+ 2

[
CO2−

3

]
+

[OH−]−[H+]+
[
B(OH)−4

]
,5 production of soft matter reduces DIC by 117 moles for every

mol of phosphate and increases Alkalinity by 16 moles. The formation or dissolution of

calcite follows the equation:

Ca2+ + CO2−
3 
 CaCO3. (4.5)

The formation of 1 mol CaCO3 requires of 1 mol of CO2−
3 which will reduce DIC by 1 mol

and Alkalinity by 2 mol. Surface biology therefore changes the local concentrations of DIC

and Alk which will change the local Buffer Factor R, depending on the relative export of

soft matter and calcite. The relative export of soft matter to calcite, r, is known as the

“rain ratio.” Climatological studies of basin-wide data such as Sarmiento et al. [2002], Jin

5The conserved ions NO−3 and HPO2−
4 are not considered here since their concentrations are large

enough such that small variations do not affect alkalinity [Sarmiento and Gruber, 2006].
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et al. [2006] give a rain ratio between 10-20, the former is used in the MITgcm experiments

conducted here. Higher estimates based on local and seasonal data can be obtained, for

example Emerson et al. [2011] estimate local rain ratios down to 2. Even at the lowest

local estimates of the rain ratio (2), the net result is that the mixed layer Revelle Buffer

Factor R is always reduced upon the formation of organic carbon and calcite: surface

biology reduces DIC and increases Alkalinity in surface waters of the open ocean.6 In the

Southern Ocean wind stress experiments, biology is increased in the Southern channel,

the Tropics and the North Atlantic sub-polar resulting in a local reduction in R in each

region.

Surface biology also affects the vertical transport of DIC and Alkalinity in the ocean.

Therefore, we will consider how surface biology affects the Buffer Factor R at depth. The

soft matter that is produced in the ocean mixed layer falls vertically through the water

column until it is remineralized back into DIC, in the form of Csoft. The remineralisation

of soft matter follows the reverse of eqn. 4.4, therefore increasing DIC by 117 mols and

reducing Alkalinity by 16 for every mol of phosphate. Similarly, calcite shells produced

in the mixed layer fall vertically through the water column until they are dissolved into

DIC in the form of Ccarb according to the reverse of eqn. 4.5. Dissolution of 1 mol of

calcite therefore increases DIC by 1 mol and Alkalinity by 2 mol. For all observed values

of the rain ratio r, the net effect is an increase in DIC and a reduction in Alk at depth.

In regions of biological activity, the underlying waters are therefore enhanced in R. If

these water parcels are then advected across the ocean and upwelled to the surface, they

will increase R in the region of upwelling. Since R measures the capacity of the water to

absorb atmospheric CO2, water parcels containing an increased amount of remineralized

organic matter will therefore be upwelled with an elevated buffer factor R and will be less

capable of absorbing atmospheric CO2 anomalies.

In our MITgcm experiments, the strongest increase in the Buffer Factor R at depth

occurs below the thermocline in the equatorial shadow zone, shown in Fig. 4.5a after 50

years and Fig. 4.5b after 400 years. The evolution of R shows the following pattern: an

initial increase in R in the Southern Channel due to upwelling which is reduced after 400

years, a reduction in R between 1000m and 2500m depth, an increase in R in AABW

and a region of strong increase in the Tropics between 200m and 700m depth. Below the

6As a reminder, the rain ration r used in the MITgcm is 20.
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thermocline, the major forcing in R is biology: Fig. 4.5c-f show the temporal evolution

of the buffer factor, R, anomaly along the σ = 26 kg/m3 density surface. After 50 years,

there is an increase in R in the Southern channel associated with increased upwelling

of DIC-rich waters. A positive R anomaly occurs in the Tropics, North of the edge of

the nutrient stream, which originates from the eastern boundary due to the increased

biological activity. After another 100 years, the anomaly in R in the Southern channel has

decreased while the tropical anomaly signal intensifies.

An increase in R is generated in the eastern Tropics (region 1 in Fig. 4.5c) and trans-

ported westward within the shadow zone, where it is then entrained by the nutrient stream

(denoted by the solid arrows in panel f). There is also a recirculation within the shadow

zone such that a part of the R-anomaly is entrained South of the equator in region 2

(denoted by the dashed arrows in panel f). Subsequently, the signal follows the nutrient

stream northward (region 3) into the sub-tropical gyre where it upwells. Part of the R

anomaly generated in the Southern Ocean (the “preformed” signal), denoted by region 4

in Fig. 4.5c, follows the nutrient stream as well, but the signal is between 10% and 30% of

that in the equatorial region (the “regenerated” signal). The R-anomaly upwelled in the

Southern Ocean is weakened when it is subducted into intermediate waters since the inter-

mediate waters from Southern origin have been ventilated at the surface, where the biology

and air-sea fluxes have reduced the upwelling R-anomaly. On the other hand, the waters in

the eastern tropical shadow zone are only ventilated in the Northern sub-polar gyre. The

gradual increase in transport of the buffer factor anomaly from the equator northwards

along the western boundary is also shown in the Hovmuller diagram in Fig. 4.5g.

The positive R anomaly from the shadow zone is therefore advected to the North

Atlantic sub-polar gyre. As was discussed earlier, surface biology reduces the Buffer

Factor of the local mixed layer. While the surface biology in the sub-polar gyre reduces

R, by the time the nutrient stream reaches the sub-polar gyre it is nearly stripped of the

nutrient surplus so that the increase in local light and iron limited-biology in the North

Atlantic sub-polar gyre is not enough to sufficiently reduce the positive R-anomaly of the

upwelled waters.7 The net result is therefore an increase in the North Atlantic sub-polar

gyre Buffer Factor as a result of increased Southern Ocean wind stress.

7There is also a positive R-anomaly in the North-East corner which is associated with the re-subduction
of Creg in the form Cdis.
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Figure 4.5: Zonally averaged anomaly (2 × τSO - control) of the Revelle Buffer Factor R
after a) 50 years and b) 400 years. The solid line shows the depth of the perturbed σ = 26
kg/m3 surface. Revelle Buffer Factor anomaly (2 × τSO - control) along the perturbed
density surface σ = 26 kg/m3 after (c) 50, (d)150, (e) 250 and (f) 400 years, where the
blue lines show the perturbed streamlines. Panel g) is a Hovmuller diagram of the buffer
factor anomaly between 0− 4◦E, with latitude over 400 years.
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4.1.3 The North Atlantic sub-polar gyre carbon sink

So far, we have shown that an increase in Southern Ocean wind stress causes an increase

in the nutrient stream SP , resulting in an increase in equatorial mixed layer biological

activity. The surface biology increases the buffer factor R in the equatorial shadow zone

at depth through increased remineralization. Subsequently, the positive R anomaly is

entrained into the nutrient stream and upwelled in the North Atlantic sub-polar gyre.

Since R affects the capacity of the ocean to absorb atmospheric CO2, the value of R in the

Northern sub-polar gyre will affect the air-sea flux of CO2. Figure 4.6 shows time series

of the evolution of pCOo2, Fair−sea and R in the Northern sub-polar gyre in the 2 × τSO
perturbation experiment (where the overline is the spatial average between 40◦ and 60◦N).

After several decades, the positive equatorial R-anomaly is upwelled in the sub-polar gyre

causing a rise in pCOo2. The net result is a decline in the air-sea flux to a value smaller

than that of the control run.8
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The implication is that water with a positive R-anomaly upwelling in the Northern

sub-polar gyre will elevate pCOo
2, decreasing the carbon sink. Fig. ?? shows time series

of the evolution of pCOo
2 (where the overline is the spatial mean between 40� and 60�N),

Fair�sea and R in the Northern sub-polar gyre in the 2 ⇥ ⌧SO perturbation experiment.

In the initial phase of the experiment, convective adjustment occurs which removes DIC

and Alkalinity from the sub-polar gyre lowering R and pCOo
2.

After 20 years, the positive R-anomaly is upwelled in the sub-polar gyre causing a

rise in pCOo
2 and consequently the air-sea flux declines to less than the control state

value. The positive R anomaly in the eastern tropics only emerges after 10 years and

reaches the western boundary after 15 years, so the initial turnaround point occurs due

to the increase in circulation. It takes around 40 years for the R-anomaly generated in

the eastern tropics to the reach the sub-polar gyre.
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Atlantic sub-polar gyre between 40� � 60�N in the 2 ⇥ ⌧SO perturbation experiment
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�pCOa
2 with non-local e↵ects removed are shown. There are significant di↵erences between

the full and local �pCOa
2 . The source of the additional non-local �pCOa

2 is addressed in

chapter 4.

Figure 3.9 also shows the calculation using only the �(⌧SO
1/2) term in eqn. 3.11,

which reduces the estimate of �pCOa
2 by 9%. The contributions of the �PSO- and �PE-

terms are therefore small and the atmospheric carbon-climate feedback due to wind stress

is predominantly set by the dynamical change in Southern Ocean pCOo
2 due to vertical

mixing.

The estimation of �pCOa
2 using eqn. 3.11 was done for the MITgcm control state,

as well as for the CMIP5 models HadGEM2-ES and IPSL-CM5, and while the input

parameters vary between all the models, the net results are within the same order of

magnitude. However, the local and area-mean values of �zT and h can vary as much as

200�300% between models, resulting in similar di↵erences in the calculated �pCOa
2 . For

example, a �⌧SO of 0.2 N/m2 results in an atmospheric pCO2 change of 16 ppm for IPSL-

CM5 and 48 ppm for HadGEM2-ES, a 300% di↵erence. The atmospheric pCO2 feedback

therefore varies significantly between models and depends on the physical parameters

setting Southern Ocean stratification. The e↵ective area fraction term PSO was found to

range between 0.27�0.37 for MITgcm for 1�3⇥⌧SO scenarios. For the CMIP5 models, the

e↵ective area fraction ranges between 0.43� 0.47 for the pre-industrial state, which shows

the impact Southern Ocean pCOo
2 has on atmospheric carbon concentrations, despite only

covering 23% of the world’s ocean, due to the high local wind stress.

80

Figure 4.6: Time series of (a) pCOo2, (b) Fair−sea and (c) mixed layer-averaged R in the
North Atlantic sub-polar gyre between 40◦−60◦N and (d) atmospheric pCO2 in the 2×τSO
perturbation experiment.

8In the initial 10-20 years of the perturbed experiment, convective adjustment occurs at high latitudes
which reduces upper ocean DIC and Alkalinity in the sub-polar gyre lowering R and pCOo

2.
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The decline of the North Atlantic air-flux of carbon has important implications for the

overall climate feedback of atmospheric CO2 to Southern Ocean wind stress. Since the

North Atlantic sub-polar is key sink of atmospheric CO2, a decrease in the air-sea flux

will result in evaluated atmospheric pCO2 levels. Moreover, the increase in atmospheric

pCO2 due the North Atlantic sub-polar gyre is caused by an increase in equatorial biol-

ogy. While the increase in surface biology in the tropics results in a local drawdown of

atmospheric carbon, the strength of equatorial biology is still relatively weak compared

to the high latitudes. However, equatorial biology affects the chemistry of the waters in

the North Atlantic, where the strength of the air-sea flux of carbon is key for determining

the atmosphere-ocean balance of carbon. The local drawdown of carbon in the tropics

by biology is therefore outweighed by the preconditioning of North Atlantic waters. A

mechanic understanding is therefore presented for explaining why an increase in surface

biology in one region can lead to an increase in atmospheric pCO2.

4.1.4 Equatorial biology and the non-local climate feedback of Southern
Ocean wind stress

Past studies show that increases in ocean biology lead to drawdowns in atmospheric CO2

levels. For example, Ito and Follows [2005, 2013] link pCOa
2 to the efficiency of global

nutrient utilisation N∗, showing that pCOa
2 decreases as the strength of global biology

increases. However, we find that an increase in equatorial biology can lead to an increase

in atmospheric pCO2. Should the efficiency of global biological productivity increase, the

amount of regenerated carbon stored in the ocean increases at the expense of atmospheric

carbon, however the effect of spatial patterns of biological activity can play a vital role in

the uptake of atmospheric CO2. Many studies such as Sarmiento and Orr [1991], Falkowski

et al. [1998], Marinov et al. [2006], Ito and Follows [2013] show that high-latitude biology,

particularly in the Southern Ocean, has a strong influence on pCOa
2. However, little

attention has gone to equatorial biology.

Sarmiento and Orr [1991] and Falkowski et al. [1998] show that an increase in high-

latitude biology results in a drawdown of pCOa
2, given no large-scale changes in mechanical

or buoyancy forcing. The positive feedback of the equatorial biology on pCOa
2 in the

wind-stress perturbation experiments is therefore in direct competition with the negative

feedback of the biology in the North Atlantic sub-polar gyre. We define the strength of
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the mixed layer mean biological flux in the North Atlantic sub-polar gyre (averaged over

40◦-60◦N), Fbio,na, and in the equatorial region (10◦S to 10◦N), Fbio,eq. Guided by eqns.

7.4 and 2.14, we make the following set of assumptions, which we will attempt to verify

later on:

• The flux of biological carbon at any depth z is proportional to the flux of carbon

Fbio (where Fbio = rC:PFPO4) out of the mixed layer [Martin et al., 1987]. We can

insert Fbio into equation 3.2 as a source term and infer that ∆Creg underneath the

mixed layer is proportional to Fbio,eq. For a change in regenerated carbon, ∆Creg, in

the eastern tropical shadow zone, the mixed layer buffer factor in the North Atlantic

sub-polar gyre Rna will increase as ∆Creg increases. Therefore, the North Atlantic

buffer factor Rna is proportional to the equatorial biology Fbio,eq.

• Conversely, surface biological activity in the North Atlantic strips the water of DIC

and Alkalinity and acts to reduce the Revelle Buffer Factor in the mixed layer. We

find that the North Atlantic buffer is inversely proportional to the North Atlantic

biological flux of carbon:

Rna ∝ 1/Fbio,na. (4.6)

• By definition of the Revelle Buffer Factor, ocean pCO2 increases linearly as the buffer

factor increases leading to ocean outgassing of CO2. An increase in the surface ocean

buffer factor therefore leads to a reduction of the air-sea carbon flux into the ocean,

causing an increase in atmospheric pCO2.

As a result, the Buffer Factor in the North Atlantic is set by the ratio of the equatorial

biological flux over the sub-polar biological flux, which in turn will lead to a corresponding

change in atmospheric pCO2, leading to a positive feedback:

pCOa2 ∝ Rna ∝
Fbio,eq

Fbio,na
. (4.7)

The ratio
Fbio,eq
Fbio,na

is 0.5 in the MITgcm control integration. The feedback loop is summarised

in Fig. 4.7.
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Figure 4.7: Positive feedback loop of the non-local atmospheric CO2-induced Southern
Ocean wind stress changes (black arrows). The green arrow shows that a similar feedback
can be achieved by changes in biological productivity due to forcing other than Southern
Ocean wind stress such as iron deposition or stratification changes.

To explore the relationships hypothesised above and effect of biology on Rna and pCOa
2,

a further series of 11 experiments were run perturbing parameters in the biogeochemical

model in MITgcm, namely the nutrient limitation half-saturation constant KN (5 exper-

iments) and the light limitation half-saturation constant Ik (6 experiments), details of

which are in the appendix (section 7.7). The effect of perturbing the parameters is to

increase or decrease biological activity by an amount which depends on the local light or

nutrient limitation, without affecting the circulation so that the changes seen in Fbio,eq

and Fbio,na are purely biogeochemical. Increasing KN causes areas that were not limited

in macro-nutrients (e.g. high latitudes) to become limited, effectively increasing
Fbio,eq
Fbio,na

.

Increasing Ik has the same effect on areas that are usually not light limited (e.g. the

Tropics), effectively reducing
Fbio,eq
Fbio,na

.

The nutrient and light half-saturation perturbation experiments can be used to illus-

trate the feedback loop shown by the green arrow in Fig. 4.7, such that the increase in

atmospheric pCO2 can also be caused by perturbations in the biology due to factors others

than wind stress. Therefore the proposed feedback mechanism is not solely dependent on

DIC transport due to changes in Southern Ocean residual circulation but applies generally.

The mechanism is also tested in wind stress perturbation experiments with a simultaneous

increase in radiative forcing (a step 1.2 × T base warming perturbation, as described in

section 2.3.4).

The results are summarised in Fig. 4.8. Firstly, Fig. 4.8a shows that Rna increases

with
Fbio,eq
Fbio,na

and is linear for changes in
Fbio,eq
Fbio,na

less than 0.3. Within the linear regime, all
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experiments follow the linear relationship stated above in eqn 4.7. (For the wind stress

and radiative forcing experiments, atmospheric pCO2 and buffer factor values from the

the equilibrated 1.2× T experiment are taken as the control mean.)

Secondly, Fig. 4.8b shows that ∆pCOa
2 varies linearly with ∆Rna as predicted by

eqn. 4.7. The MITgcm experiments therefore show that that an increase in Tropical bio-

logical activity relative to Northern sub-polar gyre biological activity results in an increase

in atmospheric pCO2, under a variety of forcing scenarios. However, the sensitivity of the

response varies in each set of experiments. We can explain the variation by rearranging

the definition of the buffer factor R (eqn. 4.2):

δpCOo2 = R
pCOo2
DIC

δDIC. (4.8)

The sensitivity of atmospheric pCO2 to the Buffer Factor R will therefore depend on the

background ratio pCOo2/DIC. The increase in sensitivity of atmospheric pCO2 to the

North Atlantic sub-polar Buffer Factor between the nutrient-limitation and wind stress

experiment is due to the increased outgassing in the Southern Ocean. In the warming

and wind stress experiments, the warming elevates the background pCOo2 due to the

reduced solubility while simultaneously reducing the local DIC due to dynamical effects

(see chapter 5). The ratio pCOo2/DIC is therefore increased giving a stronger sensitivity.

The pre-conditioning of the North Atlantic through the ratio pCO2/DIC is thus setting

the sensitivity of pCO2 to the Buffer Factor.
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2 as estimated

from the scaling using ✏f = 0 as before (solid lines), and using the values of ✏f as
estimated from the MITgcm experiments (dashed lines).
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variation by rearranging the definition of the bu↵er factor R (Eqn. 4.13):

�pCOo
2 = R · pCOo

2

DIC
�DIC. (4.17)

The sensitivity of atmospheric pCO2 on the bu↵er factor will depend mostly on the

background ratio pCO2/DIC. The additional increase in atmospheric pCO2 between

the nutrient-limitation and wind stress experiment is due to the increased outgassing

in the Southern Ocean. In the warming and wind stress experiments, the warming

elevates the background pCOo
2 due to the reduced solubility while at the same time the

local DIC is reduced due to dynamical e↵ects (see chapter 3). The ratio pCO2/DIC

is therefore increased giving a stronger sensitivity. The pre-conditioning of the North

Atlantic through the ratio pCO2/DIC is thus what sets the sensitivity of the response.
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Figure 4.18: a) Change in Rna as function of
Fbio,eq

Fbio,na
as calculated from wind stress

(black squares), wind stress and temperature (cyan squares), light half-saturation con-
stant (green squares) and nutrient half-saturation constant (red squares) perturbation
experiments with MITgcm. b) Change in pCOa

2 as function of �Rna for wind stress
(black squares), wind stress and temperature (cyan squares), nutrient half-saturation
constant (red squares) and light half-saturation constant (green squares) perturbations
experiments with MITgcm.
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which is less than 1 (using NODC chlorophyll data). The ratio
Fbio,eq

Fbio,na
is also relatively

constant over the 2⇥ pCOa
2 run so we need to use the 4⇥ pCOa

2 run, which experiences

strong forcing and therefore non-linear changes in the ocean and atmosphere. In the

case of the 4 ⇥ pCOa
2 experiment, both Fbio,eq and Fbio,na weaken but not by the same

amount so that �
Fbio,eq

Fbio,na
is roughly 1.1 (measured at the last 10 years of the perturba-

tion experiment and the control run climatology). The listed complications means that

a quantitative analysis will be limited, so we will only examine patterns in a qualitative

sense.
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Figure 4.8: a) Change in Rna as function of
Fbio,eq
Fbio,na

as calculated from wind stress alone

over the range 1-3×τSO (black squares), wind stress alone in the 40◦ longitude model (ma-
genta), wind stress and temperature (cyan squares), light half-saturation constant (green
squares) and nutrient half-saturation constant (red squares) perturbation experiments
with the MITgcm. b) Change in pCOa

2 as function of ∆Rna for wind stress alone (black
squares), wind stress and temperature (cyan squares), nutrient half-saturation constant
(red squares) and light half-saturation constant (green squares) perturbations experiments
with MITgcm.

The adjustment timescale of ∆pCOo2 in the North Atlantic shown in Fig. 4.1 is limited

by the accumulation of biological material in the equatorial shadow zone, which takes
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multiple centuries to equilibrate, similarly to the adjustment time of the Rna and ∆pCOa
2.

However, the residual circulation in the Southern Ocean equilibrates within two centuries

so the Southern Ocean pCO2 is not solely responsible for the pCO2 anomaly.

To quantify the strength of the non-local climate feedback of atmospheric pCO2 due to

Southern Ocean wind stress changes, we need to quantify the effect of the North Atlantic

sub-polar gyre pCO2 change on atmospheric pCO2, due to a change in Southern Ocean

winds. To put the atmospheric pCO2 feedback of the sub-polar gyre into perspective, we

compare it with the local Southern Ocean pCOa
2 feedback using the feedback parameter

εf which follows the linear equations derived in section 2.4.2:

∆pCOo2NA = εf ∆pCOo2SO, (4.9)

∆pCOa2 = (1+ εf
PNA
PSO

)PSO ∆pCOo2SO+∆PSO pCOo2SO+∆PNA pCOo2NA+∆PE pCOo2E ,

(4.10)

where the subscript SO refers to the Southern Ocean where the perturbation is applied,

the subscript NA refers to the North Atlantic sub-polar gyre and the subscript E refers to

the rest of the ocean basin9 where no dynamical change in pCO2 is observed as a result of

Southern Ocean wind perturbations (see below). PSO, PNA and PE are the area fractions

of the respective regions, weighed by the local wind stress and ∆ indicates the anomaly

with respect to the control mean. We will estimate εf using both eqns. 4.9 and 4.10.

The values of PSO, PNA, ∆PSO, ∆PE and ∆PNA can be explicitly calculated, while the

values of ∆pCOa2 , ∆pCOo2SO, ∆pCOo2NA, pCOo2SO and pCOo2NA can be diagnosed from

the MITgcm control and wind stress perturbation experiments.

The results of the calculations are shown in Fig. 4.9. To illustrate the significance of the

non-local feedback, Fig. 4.9a shows the value of the full atmospheric pCO2 and the value of

atmospheric pCO2 calculated using the scaling from section 3.1.2 (i.e. the local feedback),

(pCOa
2)SO, as a function of wind stress. In all cases, the full change in atmospheric pCO2

is between 1.5 to 2 times larger than the change in (pCOa
2)SO, illustrating the significance

of the non-local North Atlantic feedback.

Figure 4.9b shows the values of εf as function of Southern Ocean wind stress, as cal-

culated by eqns. 4.9 and 4.10 after 400 years. While there are differences in the results

9The area 40◦S to 40◦N
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between the two methods, the order of magnitude and trend of the calculated values of εf

are similar. In the appendix (section 7.8), we outline a more rigorous method of estimating

εf, which gives a similar trend but with higher overall values of εf. Values of εf for Southern

Ocean wind stress are positive and between 0.5−0.8 for small perturbations in wind stress,

and increase as the wind stress increases. The climate of feedback of Southern Ocean wind

stress on atmospheric pCO2 is therefore almost doubled by the non-local effect in Rna.
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Figure 4.9: a) pCOa
2 after 400 years as function of Southern Ocean wind stress due to

Southern Ocean local effects alone (red) and including the non-local contribution (blue).
b) εf as a function of wind stress in MITgcm estimated using eqns. 4.9 (blue) and 4.10 (red).
The grey lines show the linear trend. c) North Atlantic ∆pCOo2 against Southern Ocean
∆pCOo2 for different Southern Ocean wind stress perturbation experiments in MITgcm.

In section 2.4.2, we showed that the sign of εf depends on the relative magnitude of

the biogeochemical feedback described in this chapter (a positive feedback) and the re-

distribution of carbon within the system (as carbon concentrations in Southern Ocean

go up, carbon concentrations elsewhere must go down through conservation of carbon: a
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negative feedback), following eqn. 2.40:

∆pCOo2NA = −
(
φ+ CSO

∆φ

∆CSO

)
RSO

pCOo2NA
CNA

(
RNA

pCOo2SO
CSO

)−1

∆pCOo2SO, (4.11)

where CSO and CNA are the surface DIC concentrations in the Southern Ocean and North

Atlantic respectively, and φ is a function of the strength of the MOC and vertical mixing

(see eqn. 2.35). The first term in parentheses on the right hand side represents the re-

distribution of carbon, whereas the second term measures the biogeochemical feedback.

For the lowest wind stress perturbations, ∆τSO = 0.01 N/m2, the biogeochemical feedback

is only 10% stronger than the re-distribution feedback, so they mostly compensate each

other. However, the relative magnitude of the biogeochemical feedback increases such

that it is 55% times stronger than the re-distribution feedback at ∆τSO = 0.55 N/m2

(estimated by calculating the terms in eqn. 2.36). As a result, the value of εf increases

with wind stress.

The approach does not account for effects from the mid-latitudes and Tropics. To

address this concern, additional wind stress perturbation experiments are run with pCOa
2

fixed at the control value, to examine the pattern of pCOo
2 in the basin without any

atmospheric trends. The result is that between 30◦S and 40◦N, there is a negligible change

in pCOo
2: DIC increases as more carbon is upwelled while an increase in biology reduces

DIC. In this case, the two contributions mostly balance since there no change in pCOo
2 so

that the sub-polar gyre is the dominant contributor to atmospheric pCO2 perturbations

outside of the Southern Ocean.

It is useful to revisit one of the assumptions made in section 2.4.2 when defining εf,

namely that the North Atlantic ∆pCOo2 is proportional to the ∆pCOo2 of the Southern

Ocean. Figure 4.9c therefore shows North Atlantic ∆pCOo2 as a function of Southern Ocean

∆pCOo2 in the wind stress perturbation experiments. Over a range of perturbations up to

2× τSO corresponding to a ∆τSO of 0.13 N/m2, the relationship is linear. The models of

the CMIP5 archive all predict a ∆τSO of less than 0.13N/m2 for 2×CO2 experiments, so

the assumption we made is valid for the foreseeable future climate.

We can apply eqn. 4.10 and our estimates of εf from the MITgcm experiments to

predict the response of atmospheric pCOa
2 in the fully coupled global models from the
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CMIP5 archive. We therefore repeat the calculation for Fig. 3.9 using a non-zero εf.

The result of the calculation is shown in Fig. 4.10, which also includes the calculations for

εf = 0 from Fig. 3.9 for comparison. Figure 4.10 shows the effect of the non-local feedback

mechanism induced by the wind-stress on atmospheric pCO2 in the MITgcm, along with

estimates for the HadGEM2-ES and IPSL-CM5. The non-local feedback increases the

total climate equilibrium feedback of ∆τSO by 100%. The additional ∆pCOa2 that results

from ∆Rna therefore constitutes a significant fraction of the feedback which cannot be

measured by considering changes in the Southern Ocean carbon sink alone.
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Figure 4.10: The change in atmospheric pCO2 as estimated from the scaling in eqn. 4.10
using εf = 0 as before in Fig. 3.9 (solid lines), and using the values of εf as estimated
from the MITgcm experiments (dashed lines) for MITgcm (black) HadGEM2-ES (red)
and IPSL-CM5 (green). The black squares are the MITgcm model output.

In this study we focus on the response of the North Atlantic buffer factor ∆Rna to

Southern Ocean wind stress perturbations ∆τSO. The other side of the coin is true as well:

if there is a decrease in equatorial biology, ∆Rna will be negative and atmospheric pCO2

will decrease. The nutrient and light limitation experiments in Fig. 4.8b and 4.8c illustrate

the decrease in ∆Rna and atmospheric pCO2 as the ratio Fbio,eq/Fbio,na decreases. In the

real ocean, changes in stratification, wind-driven mixing, nutrient supply from elsewhere,

local ecology [Weber and Deutsch, 2010] and even carbon concentrations [Riebesell et al.,

2007] can affect the export of biological carbon. The effect of some factors such as tem-

perature are less clear [Laws et al., 2010], but it is thought that increases in temperature

decrease export of biological carbon [Segschneider and Bendtsen, 2013]. A global scale

prediction of biological activity is therefore extremely challenging [Passow and Carlson,

2012], but our results show that the patterns of how biological productivity responds to
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climate change can have significant impacts on atmospheric pCO2. As Fig. 4.8c shows,

changes in ∆Rna of only 0.5 can cause a change in pCOa
2 of 10− 20 ppm.

While the analysis was performed using the MITgcm idealised set-up, we will attempt

to identify a similar process in fully coupled global models. Lauderdale [2010] performs

Southern Ocean wind stress perturbation experiments, similar to the ones presented here,

with an MITgcm set-up with realistic bathymetry and more realistic temperature and

salinity restoring and wind stress profiles. While not addressed in Lauderdale [2010], the

experiments show a reduction in the North Atlantic sub-polar gyre carbon sink on long

timescales of the same order of magnitude as the reduction in the Southern Ocean, shown

in Fig. 4.11, possibly supporting our proposed mechanism.

106 Southern Ocean Wind Stress Magnitude Perturbations

(a) (b)

(c) (d)

(e) (f)

Figure 3.20: Equilibrium MITgcm output for the increased Southern Ocean wind stress per-
turbation. Anomalies of the surface tendency of carbon concentration due to surface fluxes
near the begining of the perturbation run after 10 years (left column) and near equilibrium
after 5000 years (right column) for (a) and (b) the total surface tendency of carbon due to
surface fluxes (mmolCm−3 yr−1), which is the sum of (c) and (d), the tendency of carbon due
to air-sea exchange (mmolCm−3 yr−1, where negative values indicate oceanic outgassing, caus-
ing a decrease in surface concentration, while positive values indicate oceanic uptake) and, (e)
and (f), the “virtual flux” of carbon to account for concentration/dilution of tracers by surface
salinity restoration (mmolCm−3 yr−1, where negative values indicate dilution of DIC, causing
a decrease in surface concentration, while positive values indicate concentration of DIC). Note

that the atmosphere is influenced only by the air-sea exchange term.

Figure 4.11: DIC tendency anomaly (mmol C m−3 yr−1) due to the air-sea carbon flux for
a 50% increase in Southern Ocean wind stress after a) 10 years and b) 5000 years. Negative
anomalies represent a reduction in ocean uptake of carbon, from Lauderdale [2010].

In fully coupled climate models such as HadGEM2-ES, we use the abrupt 4×CO2

experiment,10 which is only 140 years long. The integration to 140 years is much less than

the equilibration timescale of the North Atlantic buffer factor adjustment, but we can still

observe the transient signal. We choose to focus on the first 100 years of the experiment,

since the changes in the ocean system after 100 years become relatively smaller but are

nonetheless present. HadGEM2-ES has a nutrient stream in the Atlantic Ocean with

the maximum transport occurring along the σ = 26 kg/m3 density surface. The control

mean nutrient stream SP is shown in Fig. 4.12a, as well as the depth of the density surface

σ = 26 kg/m3 in the control run (Fig. 4.12b) and after 100 years for the 4×CO2 experiment

10In the abrupt 2× CO2, there are no large scale patterns in the change in biological productivity, nor

a change in the ratio
Fbio,eq

Fbio,na
therefore we only present the results of the 4×CO2 experiment.
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(Fig. 4.12c).11

In HadGEM2-ES, the control run climatological ratio of equatorial biological produc-

tivity Fbio,eq over North Atlantic biological productivity, Fbio,na,
Fbio,eq
Fbio,na

, is roughly 2.4.

The ratio
Fbio,eq
Fbio,na

is higher than estimated from observational chlorophyll data, which is

less than 1 (using NODC chlorophyll data). In the 4×CO2 experiment, both Fbio,eq and

Fbio,na weaken (see Fig. 4.12d) but not by the same amount so that ∆
Fbio,eq
Fbio,na

is roughly

+1.1 (measured as the difference between a 10-year average centred around year 100 of

the 4×CO2 experiment and the control run climatology). Due to the different magnitudes

in the response of Fbio,eq and Fbio,na and other dynamical and biogeochemical changes

in the model, a quantitative analysis will be limited and we only examine patterns in a

qualitative sense. In the HadGEM2-ES 4×CO2 experiment, the clearest signal is observed

in the Alkalinity changes,12 which we will therefore focus our attention on.

b)

Depth of σ=26 kg/m3  
control (m)  Control SP (10-2 mol/m2/s)

a) c)

Depth of σ=26 kg/m3  
100 years 4xCO2 (m) 

d)

Δ Fbio 100 years 4xCO2  
 (mmol/m3/day)

Figure 4.12: HadGEM2-ES: a) Nutrient stream Sp calculated from the control run clima-
tology along the σ = 26 kg/m3 density surface, b) depth of the σ = 26 kg/m3 density
surface in the control experiment, c) depth of the σ = 26 kg/m3 density surface after 100
years of the 4×CO2 experiment and d) change in depth-averaged mixed layer biological
productivity after 100 years of the 4×CO2 experiment.

As discussed in section 4.1.2, a local increase in surface biology leads to a local decrease

in Alkalinity below the thermocline. Conversely, a reduction in surface biology, such as in

11The nutrient stream in the 4×CO2 experiment is not shown because the nutrient field for the 4×CO2

experiment was not available.
12The modelled changes in the Buffer Factor R in the HadGEM2-ES 4×CO2 experiment are very noisy

at high latitudes are strongly affected by anthropogenic CO2 anomalies.
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the equatorial shadow region in the HadGEM2-ES 4×CO2 experiment, leads to an increase

in Alkalinity below the thermocline. The change is most apparent in the regenerated

Alkalinity, ALKreg, which results from the biological flux at depth13 (similar in concept to

regenerated carbon). Figures 4.13a-d therefore show the change in regenerated Alkalinity

along the σ = 26 kg/m3 density surface after 5, 20, 50 and 100 years of the 4×CO2

experiment. After 5 years, no obvious pattern is apparent. However, after 20 years, we

see an increase in ALKreg in the equatorial shadow zone (region 1 in Fig. 4.13) where

there is a modelled decrease in the surface biological productivity, consistent with our

hypothesis. We also observe that the positive ALKreg anomaly from region 1 is advected

along the nutrient stream SP in the western side of the Northern hemisphere (region 2 in

Fig. 4.13). The positive ALKreg anomalies in both regions 1 and 2 strengthen with time.

The ALKreg anomalies continue to increase after 100 years, consistent with centennial

timescale of the mechanism in MITgcm. Overall, the pattern in the ALKreg anomaly is

very similar to the pattern in the Buffer Factor anomalies shown in Fig. 4.5.

As the positive ALKreg anomaly is advected along the western boundary current in

the Northern sub-tropical region, we see that the signal disappears in the extension of the

Gulf Stream. At this point, the σ = 26 kg/m3 density surface shoals towards the surface

and the ALKreg anomaly is mixed with surface waters. Due to definition of regenerated

and preformed quantities, the regenerated Alkalinity is re-labeled preformed Alkalinity

ALKpre. Figure 4.13e-h therefore shows the change in preformed Alkalinity along the

σ = 26 kg/m3 density surface after 5, 20, 50 and 100 years of the 4×CO2 experiment.

For each snapshot, the ALKreg anomaly disappears where a positive ALKpre anomaly

appears in the extension of the Gulf Stream (see region 3 in Fig. 4.13). Subsequently, the

positive ALKpre anomaly is advected both into the sub-polar region where it is partially

eroded by the local decrease in biology, and back into the sub-tropical gyre region.

To illustrate the effects of the Alkalinity changes on the sub-polar gyre pCOo
2 and air-

sea carbon flux, Fig. 4.14 shows the anomalies in ALKpre on the σ = 26 kg/m3 density

surface (panel a), surface ocean pCO2 (panel b) and the air-sea carbon flux (panel c)

between year 50 and 20. The difference between year 50 and 20 is shown for all quantities

because the large atmospheric CO2 step perturbation means patterns are obscured if we

13Because surface biology reduces Alkalinity below the thermocline, ALKreg at depth can negative.
We calculate ALKreg and ALKreg using a regression onto salinity which may introduce errors at depth
[Broecker, 1974].
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use the control mean as a reference for ocean pCOo
2 and the air-sea flux. Fig. 4.14 shows

that areas with a positive ALKpre anomaly correspond to negative anomalies in pCOo
2.

The net air-sea carbon flux over the North Atlantic decreases between year 20 and 50,

since the yearly atmospheric input of CO2 decreases over time. Negative anomalies in

pCOo
2 in Fig. 4.14b therefore correspond to smaller reductions in the local air-sea carbon

flux. Similarly, negative ALKpre anomalies correspond to strong reductions in the air-sea

carbon flux. The patterns are most apparent in the areas marked by arrows in panel in

Fig. 4.14.

a)

Δ ALKreg (mmol/m3) year 5 year 20 year 50 year 100

1

2

b) c) d)

e)

Δ ALKpre (mmol/m3) year 5 year 20 year 50 year 100

f) g) h)

3

Figure 4.13: HadGEM2-ES: change in regenerated Alkalinity along the σ = 26 kg/m3

density surface after a) 5, b) 20, c) 50 and d) 100 years of the 4×CO2 experiment relative
to the control. Change in preformed Alkalinity along the σ = 26 kg/m3 density surface
after e) 5, f) 20, g) 50 and h) 100 years of the 4×CO2 experiment.
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While the observed patterns in ALKreg, ALKpre, pCOo
2 and Fair−sea HadGEM2-ES

do not verify the relationship between equatorial biology and sub-polar gyre Buffer Factor

shown in MITgcm, the patterns are consistent with the mechanism discussed in this chap-

ter: a change in equatorial biology causes changes in the chemistry of the sub-thermocline

waters in the shadow zone, which are subsequently advected into the nutrient stream and

into the Northern sub-polar gyre. The changes in Alkalinity and DIC advected into the

sub-polar gyre from the equatorial shadow zone then affect local chemistry and CO2 up-

take. The positive ALKpre anomaly (region 3 in Fig. 4.13) is advected across a large

region, so the chemical changes potential affect a large area and could have consequences

beyond ocean CO2 uptake alone (such as local ocean acidification).

The work presented shows the influence of equatorial biology on the North Atlantic

carbon sink and quantifies the atmospheric climate-carbon feedback of the equatorial biol-

ogy due to the Southern Ocean winds. To put the result into perspective, we can quantify

the atmospheric climate feedback of North Atlantic sub-polar winds. The non-local at-

mospheric feedback of the Southern Ocean is therefore compared to the local atmospheric

feedback of the North Atlantic sub-polar winds.

ALKpre(yr 50)-ALKpre(yr 20) (mmol/m3) a) pCO2 (yr 50)-pCO2 (yr 20) (ppm)

Fair-sea(yr 50)-Fair-sea(yr 20) (mol/m2/yr) 

b)

c)

o o

Figure 4.14: HadGEM2-ES anomalies of a) ALKpre on the σ = 26 kg/m3 density surface,
b) surface ocean pCO2 and c) the air-sea carbon flux Fair−sea between year 50 and 20
of the 4×CO2 experiment. The black lines show the contours of the ALKpre anomaly in
panel a. The anomalies are taken using 5-year means around year 50 and 20.
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4.2 Climate impact of the local North Atlantic sub-polar
gyre wind

Similarly to the Southern Annular Mode (SAM), the winter-time Northern Annular Mode

(NAM) is projected to increase under climate change in CMIP5 simulations [Karpechko,

2010, Yali and Huijun, 2010, Gillett and Fyfe, 2013], although the spread in projections is

large and model-dependent [Karpechko, 2010]. The increase in the NAM index is expected

to be only roughly half that of the SAM by 2100 [Gillett and Fyfe, 2013]. Much like the

SAM, a stronger positive NAM is coupled to stronger zonal winds due to an increase in

the meridional atmospheric pressure gradient.

However, little work has been done on the impact of increased zonal winds in the

Northern high-latitudes on ocean carbon uptake and subsequent atmospheric CO2 levels.

Much like the Southern Ocean, the North Atlantic sub-polar gyre sees deep wintertime

mixed layer depth and convective mixing, providing a window to the deep ocean. A

wind-induced perturbation in vertical mixing could therefore expose deep carbon to the

atmosphere. It was shown in section 4.1 that the atmospheric carbon feedback of zonal

winds over the Southern Ocean can be substantial through both local and non-local effects.

In this section we quantify the relative magnitude of the atmospheric carbon feedback

due to zonal winds over the Atlantic sub-polar gyre and estimate the magnitude of the

climate-carbon feedback. To that end, we employ the MITgcm and analyse the response

of the system to perturbations in the zonal wind stress acting over the North Atlantic

(between 20◦-60◦N). We will examine of the carbon cycle response to a range of wind

stress perturbations, while specific examples will be drawn from the 2× τNA scenario.

4.2.1 Model response to increased zonal wind stress

An increase in area-mean North Atlantic zonal wind stress14 τNA causes a strengthening

of the Northern sub-tropical and sub-polar gyres due to increased input of wind stress

curl (Fig. 4.15a, Fig. 4.16 ) [Munk, 1950]. The increase in gyre circulation results in

an increase in northward heat transport. There is increased mixing associated with the

stronger winds deepening the mixed layer. However, the elevated temperatures in the

sub-polar gyre (particularly in the extension of the western boundary current and North-

Eastern corner, see Fig. 4.16) increase stratification and reduce the overall mixed layer

14Averaged over the area 0◦-20◦E and 40◦-60◦N.
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depth (Fig. 4.15c) [Lohmann et al., 2009]. The increase in northward heat transport also

results in an increased in ocean heat uptake in the North Atlantic since deep waters formed

at the Northern high latitudes are warmer. The buoyancy of the upper ocean is therefore

increased (between 0-1500m depth) leading to a deepening of pycnocline as the strength

of the North Atlantic wind stress increases.

The increase in northward heat transport and subsequent increase in heat loss of

northward advected water parcels also results in an increase in convection and a weak

strengthening of the MOC [Eden and Willebrand, 2001, Lohmann et al., 2009]. However,

the strengthening in the MOC is concentrated to in the Northern hemisphere only and does

not extend to the Southern channel (Fig. 4.16a). The increase in upper ocean heat uptake

increases the vertical density gradient across the basin, including the Southern Ocean,

causing a slight reduction in the strength of the bottom overturning cell (Fig. 4.15b).

The changes in both the meridional overturning circulation and the barotropic circu-

lation are manifested in the tracer fields. Figure 4.17a-b show the anomalies in potential

temperature induced in the 2 × τNA experiment. Increased Ekman convergence in the

subtropical gyre results in an increase in downwelling and uptake of heat while the in-

creased Ekman divergence in the sub-polar gyre upwells cold waters. The increase in gyre

circulation increases northward heat transport, resulting in warming of the Eastern sub-

polar gyre, while a stronger western boundary current advects more cold water South and

cools the Eastern edge. The combination of lateral and vertical heat transport changes

lead to a dipole pattern in the zonal mean temperature response between 0-700m depth.

As mentioned previously, the increase in northward heat transport also results in increase

ocean heat uptake in the upper ocean between 0-1500m depth.
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Figure 4.15: MITgcm diagnostics as a function of area-mean North Atlantic sub-polar
gyre wind stress (40◦-60◦N): a) Minimum in sub-polar gyre barotropic stream function
(Sv), b) Minimum in the bottom overturning cell, AABW (Sv), c) area-mean mixed layer
depth (m, 40◦-60◦N) and d) pycnocline depth (m).

The dissolved inorganic carbon distribution generally follows the temperature distribu-

tion at depth (Fig. 4.17c-d). The increase in sub-tropical gyre downwelling and northwards

lateral transport reduces underlying DIC concentrations due to mixing of water parcels

with low DIC concentrations. The increase in upwelling and mixing in the sub-tropical

gyre brings carbon-rich waters to the surface. The increase in ocean heat uptake causes

an increase in stratification throughout the basin isolates carbon below 1500m depth.
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Figure 4.16: Change in a) meridional overturning streamfunction and b) barotropic
streamfunction after 400 years in the 2 × τNA experiment relative to the control mean
(Sv). The thick black line in panel b indicate the extent of the Southern channel.

Due to the increased Ekman divergence in the North Atlantic sub-polar gyre and

the increase in the Northern hemisphere MOC, more nutrients from the upper ocean

are re-cycled within the Northern hemisphere. The southward transport of nutrients

across the equator is therefore reduced (Fig. 4.17e). At the surface, we therefore see an

increase in nutrients in the Northern hemisphere and a decrease in the Southern regions

(Fig. 4.17f) causing an increase and decrease in biological productivity, respectively. Due

to the adaptations of the surface biology, the changes in nutrients in the upper cell are

reflected in the lower cell through the vertical rain of biological material (Fig. 4.17e).
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Figure 4.17: MITgcm output of zonal mean anomalies of a) potential temperature, b)
dissolved inorganic carbon and c) phosphate, and mixed layer anomalies of d) potential
temperature, e) dissolved inorganic carbon and f) phosphate in response to a 2 × τNA
perturbation. All anomalies are taken as the difference between an average over the last
10 years of a 400 year-long run and a control mean. Dashed lines show the perturbed
overturning stream function (panels a-c) and perturbed barotropic stream function (d-f).
Solid black lines indicate the location of the Southern channel.

The net change in ocean carbon content is dictated by the release of carbon from the

sub-polar gyre following the increase in wind-driven mixing. The result is an increase in

atmospheric CO2 as the North Atlantic wind stress increases (Fig. 4.18a). The atmospheric

CO2 anomalies as a result of a North Atlantic wind stress perturbation are 50% smaller

than those associated with a Southern Ocean wind stress perturbation. The change is

driven by adjustment of the North Atlantic sub-polar gyre pCOo2 (Fig. 4.18b), which has

an initial adjustment time of 10 years, after which the pycnocline deepening provides a

second centennial timescale of adjustment. Finally, the trapping of regenerated carbon

in the bottom cell causes a millennial timescale decrease in the sub-polar gyre pCOo
2.

Atmospheric pCO2 follows the response of the sub-polar gyre (Fig. 4.18b).
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4.3 Feedback of the North Atlantic sub-polar gyre carbon

flux

Similar to the Southern Annular Mode (SAM), the winter-time Northern Annular Mode

(NAM) is projected to increase in the future climate in CMIP5 simulation [???], although

the spread in projections is large and very model dependent [?]. However, the increase

in the NAM index is expected to be roughly half that of the SAM by 2100 [?]. Much

like the SAM, a stronger positive NAM is coupled to stronger zonal winds due to an

increase in the meridional atmospheric pressure gradient.

However, little work has been done on the impact of increased zonal winds in the

Northern high latitude on ocean carbon and subsequent atmospheric CO2 levels. Much

like the Southern Ocean, the North Atlantic sub-polar gyre sees deep wintertime mixed

layer depth and convective mixing, providing a window to the deep ocean. A wind-

induced perturbation in vertical mixing could therefore expose deep carbon to the at-

mosphere. It was shown in the previous section that the atmospheric carbon feedback of

zonal winds over the Southern Ocean can be substantial through both local and non-local

e↵ects, so in this section we quantify the relative magnitude of the atmospheric carbon

feedback of zonal winds over the Atlantic sub-polar gyre and estimate the magnitude

of the climate-carbon feedback. To that end, we employ the MITgcm and analyse the

response of the system to perturbations in the zonal wind stress acting over the North

Atlantic (between 40�-60�N).

⌧NA (N/m2)

4.3.1 Response to increased wind stress perturbation

An increase in North Atlantic zonal wind stress causes a spin up of the northern sub-

tropical and sub-polar gyres (Fig.
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4.3 Feedback of the North Atlantic sub-polar gyre carbon

flux

Similar to the Southern Annular Mode (SAM), the winter-time Northern Annular Mode

(NAM) is projected to increase in the future climate in CMIP5 simulation [???], although

the spread in projections is large and very model dependent [?]. However, the increase

in the NAM index is expected to be roughly half that of the SAM by 2100 [?]. Much

like the SAM, a stronger positive NAM is coupled to stronger zonal winds due to an

increase in the meridional atmospheric pressure gradient.

However, little work has been done on the impact of increased zonal winds in the

Northern high latitude on ocean carbon and subsequent atmospheric CO2 levels. Much

like the Southern Ocean, the North Atlantic sub-polar gyre sees deep wintertime mixed

layer depth and convective mixing, providing a window to the deep ocean. A wind-

induced perturbation in vertical mixing could therefore expose deep carbon to the at-

mosphere. It was shown in the previous section that the atmospheric carbon feedback of

zonal winds over the Southern Ocean can be substantial through both local and non-local

e↵ects, so in this section we quantify the relative magnitude of the atmospheric carbon

feedback of zonal winds over the Atlantic sub-polar gyre and estimate the magnitude

of the climate-carbon feedback. To that end, we employ the MITgcm and analyse the

response of the system to perturbations in the zonal wind stress acting over the North
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Figure 4.18: a) Atmospheric pCO2 in MITgcm as a function of area mean North Atlantic
sub-polar gyre wind stress τNA after 1600 years of experiment, b) North Atlantic ocean
pCO2 (40◦-60◦N) and c) atmospheric pCO2 as a function of time for the 2×τNA experiment.

Similar to the Southern Ocean, we can apply the mixed layer carbon budget derived in

section 2.4 to examine and predict the magnitude of local ocean and global atmospheric

pCO2 anomalies.

4.2.2 Evaluating the climate feedback of North Atlantic wind stress

To construct a relationship for the North Atlantic sub-polar gyre in terms of the wind stress

in the North Atlantic sub-polar gyre τNA, we revisit the carbon mixed layer flux equation

2.26. Similar to section 3.1.2, we can express the air-sea flux Fair−sea as Fair−sea =

KτNA(pCOa2 − pCOo2) and solve for pCOo
2:

pCOo2 =

[
KτNA
h

pCOa2 − Ch(wh + u
∂h

∂x
+ v

∂h

∂y
)− [Fbio]h

]
/KτNA. (4.12)

Just as we did with the Southern Ocean mixed layer carbon equation, we express the

mixed layer entrainment velocity as wh = − 2
αgh∆zT

(
m0u

3
∗ − αgh Q

2ρ0Cp

)
, with u∗ as the

frictional wind speed u∗ =
∣∣∣ τNAρ0

∣∣∣
1/2

. Similarly, we approximate the residual meridional

velocity as the Ekman velocity and a bolus velocity that is linearly proportional to the

Ekman velocity via a parameter eGM such that v = (1 + eGM ) τNAfρ0h
. The ocean pCO2 can
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then be written as:

pCOo2 = − Ch
K

(
− 2m0

αgh ∆zTρ
3/2
0

τ
1/2
NA +

Q

∆zTρ0CpτNA
+

(1 + eGM )

ρ0fh

∂h

∂y
+

u

τNA

∂h

∂x

)

+
[Fbio]h
KτNA

+ pCOa2 . (4.13)

We then apply a zonal and meridional weighted average over 0◦-20◦E and 40◦-60◦N, re-

spectively (the average is denoted by an overbar in the rest of the section):

pCOo2 =

(
Ch
K

)
2m0

αgh ∆zTρ
3/2
0

τ
1/2
NA −

(
Ch
K

)
Q

∆zTρ0CpτNA

−
(
Ch
K

)
(1 + eGM )

ρ0fh

∂h

∂y
−
(
Ch
K

)
u

τNA

∂h

∂x

+
[Fbio]h
KτNA

+ pCOa2 , (4.14)

Because the domain is not zonally symmetric like the Southern Ocean, we preserve the

zonal advection term. In the North Atlantic case, we once again choose to calculate ∆zT

with respect to a depth of 1000m. Similarly to the Southern Ocean case, we label the first

and second terms the (mechanical) mixing and the radiative flux (buoyancy mixing) terms,

respectively, although they both represent a form of vertical mixing. Figure 4.19 shows

the magnitude of the terms in eqn. 4.14 as a function of North Atlantic wind stress, as

diagnosed from the MITgcm experiments. We find that the zonal advection and radiative

flux terms are far more dominant in determining pCOo2 in the North Atlantic than in the

Southern Ocean, as a result of stronger zonal mixed layer gradients and heat fluxes in the

North Atlantic. Figure 4.19f shows that Q becomes more negative with wind stress, which

would increase pCOo2 due to deepening of the mixed layer. The weakening of the radiative

flux term with wind stress is therefore driven by the increase in τNA, which causes faster

outgassing of ocean carbon. Similarly, the weakening of the zonal advection term is driven

by the increase in τNA.

Apart from the vertical mixing term, which becomes more dominant with the strength

of the wind stress, the remainder of the terms are negligible. The difference in the mag-

nitude of the terms illustrates the different dynamical regimes in the Southern Ocean and

North Atlantic sub-polar gyre. The vertical mixing term is initially diagnosed as negative

due to small negative values of ∆zT in the convecting grid cells in the North-Eastern edge

of the domain. Similarly, these small values result in large changes in vertical mixing term
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in the 2× τNA experiment. To avoid these issues, we use the control mean values of ∆zT

away from the North-Eastern edge of the domain in our scaling to predict North Atlantic

pCOo2. Figure 4.19 also shows the terms in eqn. 4.14 if we split the average to isolate τNA,

like in section 3.1.2. For the North Atlantic case, we find that the procedure of splitting

the integral and isolating τNA introduces large errors in all terms. Therefore, we keep the

terms as they appear in eqn. 4.14. Due to the dominance of the zonal advection and ra-

diative flux terms, the scaling for pCOo2 does not follow a simple square-root relationship.

However, we can still use it to predict pCOo2 as a function of τNA if we include the vertical

mixing, zonal advection and radiative flux terms. The result is the equation:

pCOo2 = Ch
2m0

Kαgh ·∆zTρ
3/2
0

τ
1/2
NA −

(
Ch
K

)
u

τNA

∂h

∂x

− Ch
K

Q

ρ0∆zTCpτNA
+ pCOa2 + F(u, v, Fbio), (4.15)

where the F-term contains the terms whose variations with τNA are small compared to

the vertical mixing and radiative flux terms, such that:

F(v, Fbio) = −
(
Ch
K

)
(1 + eGM )

ρ0fh

∂h

∂y
+

[Fbio]h
KτNA

. (4.16)

We diagnose K from the control simulation.15, giving a value of KτNA = 7 cm/hr which

is within the range suggested by the literature [Wanninkhof, 1992].

To verify the relationship, Fig. 4.20a shows North Atlantic pCOo
2 as a function of

area-mean wind stress, along with the calculation of pCOo2(τNA) as given by eqn. 4.15,

which matches the data well for small wind stress perturbations. The estimates from the

MITgcm experiments and from the scaling for North Atlantic pCOo2 do not follow a simple

square root relationship and deviate from a linear trend due to the contribution of the

vertical mixing, zonal advection and radiative flux terms. The magnitude of the pCOo2

anomalies is also smaller in the North Atlantic than in the Southern Ocean. For example,

the response to a 0.13 N/m2 change in area mean wind stress gives a 17ppm change in

pCOo2 in the North Atlantic while the equivalent change in the Southern Ocean in 40ppm.

15K is diagnosed by solving eqn. 4.15 for the control mean value of pCOo2.
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4.3 Feedback of the North Atlantic sub-polar gyre carbon

flux

Similar to the Southern Annular Mode (SAM), the winter-time Northern Annular Mode

(NAM) is projected to increase in the future climate in CMIP5 simulation [???], although

the spread in projections is large and very model dependent [?]. However, the increase

in the NAM index is expected to be roughly half that of the SAM by 2100 [?]. Much

like the SAM, a stronger positive NAM is coupled to stronger zonal winds due to an

increase in the meridional atmospheric pressure gradient.

However, little work has been done on the impact of increased zonal winds in the

Northern high latitude on ocean carbon and subsequent atmospheric CO2 levels. Much

like the Southern Ocean, the North Atlantic sub-polar gyre sees deep wintertime mixed

layer depth and convective mixing, providing a window to the deep ocean. A wind-

induced perturbation in vertical mixing could therefore expose deep carbon to the at-

mosphere. It was shown in the previous section that the atmospheric carbon feedback of

zonal winds over the Southern Ocean can be substantial through both local and non-local

e↵ects, so in this section we quantify the relative magnitude of the atmospheric carbon

feedback of zonal winds over the Atlantic sub-polar gyre and estimate the magnitude

of the climate-carbon feedback. To that end, we employ the MITgcm and analyse the

response of the system to perturbations in the zonal wind stress acting over the North

Atlantic (between 40�-60�N).

⌧NA (N/m2)

4.3.1 Response to increased wind stress perturbation

An increase in North Atlantic zonal wind stress causes a spin up of the northern sub-

tropical and sub-polar gyres (Fig.
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and solve for pCOo
2:

pCOo
2 =


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@h
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�
/K⌧. (4.11)

Just as we did with the Southern Ocean mixed layer carbon equation, we express the

mixed layer entrainment velocity as wh = 2
↵gh�zT

⇣
m0u

3
⇤ � ↵gh Q

2⇢0Cp

⌘
, with u⇤ as the

frictional wind speed u⇤ =
��� ⌧⇢0

���
1/2

. Similarly, we approximate the residual meridional

velocity as the Ekman velocity and a bolus velocity that is linearly proportional to the

Ekman velocity via a parameter eGM such that v = (1 + eGM ) ⌧
f⇢0h . The ocean pCO2

can then be written as:
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(4.12)

We then apply a zonal and meridional weighted average over 0�-20�E and 40�-60�N,

respectively (the average is denoted by an overbar in the rest of the section):
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(4.13)

where the subscript NA indicates for values of ⌧ in the North Atlantic sub-polar gyre.

Because the domain is not zonally symmetric like the Southern Ocean, we preserve the

zonal advection term. In the North Atlantic case, we once again choose to calculate

�zT with respect to a depth of 1000m. Figure 4.18 shows the magnitude of the terms

in eqn. 4.13 as a function of North Atlantic wind stress, as diagnosed from the MITgcm

experiments. We find that the radiative flux term is far more dominant in determining

pCOo
2 in the North Atlantic than in the Southern Ocean, as a result of strong heat fluxes

in the North Atlantic. The vertical mixing term is second in strength and the remainder
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where the subscript NA indicates for values of ⌧ in the North Atlantic sub-polar gyre.

Because the domain is not zonally symmetric like the Southern Ocean, we preserve the

zonal advection term. In the North Atlantic case, we once again choose to calculate

�zT with respect to a depth of 1000m. Figure 4.18 shows the magnitude of the terms

in eqn. 4.13 as a function of North Atlantic wind stress, as diagnosed from the MITgcm

experiments. We find that the radiative flux term is far more dominant in determining

pCOo
2 in the North Atlantic than in the Southern Ocean, as a result of strong heat fluxes

in the North Atlantic. The vertical mixing term is second in strength and the remainder
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4.3 Feedback of the North Atlantic sub-polar gyre carbon

flux

Similar to the Southern Annular Mode (SAM), the winter-time Northern Annular Mode

(NAM) is projected to increase in the future climate in CMIP5 simulation [???], although

the spread in projections is large and very model dependent [?]. However, the increase

in the NAM index is expected to be roughly half that of the SAM by 2100 [?]. Much

like the SAM, a stronger positive NAM is coupled to stronger zonal winds due to an

increase in the meridional atmospheric pressure gradient.

However, little work has been done on the impact of increased zonal winds in the

Northern high latitude on ocean carbon and subsequent atmospheric CO2 levels. Much

like the Southern Ocean, the North Atlantic sub-polar gyre sees deep wintertime mixed

layer depth and convective mixing, providing a window to the deep ocean. A wind-

induced perturbation in vertical mixing could therefore expose deep carbon to the at-

mosphere. It was shown in the previous section that the atmospheric carbon feedback of

zonal winds over the Southern Ocean can be substantial through both local and non-local

e↵ects, so in this section we quantify the relative magnitude of the atmospheric carbon

feedback of zonal winds over the Atlantic sub-polar gyre and estimate the magnitude

of the climate-carbon feedback. To that end, we employ the MITgcm and analyse the

response of the system to perturbations in the zonal wind stress acting over the North

Atlantic (between 40�-60�N).
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Similar to the Southern Annular Mode (SAM), the winter-time Northern Annular Mode

(NAM) is projected to increase in the future climate in CMIP5 simulation [???], although

the spread in projections is large and very model dependent [?]. However, the increase

in the NAM index is expected to be roughly half that of the SAM by 2100 [?]. Much

like the SAM, a stronger positive NAM is coupled to stronger zonal winds due to an

increase in the meridional atmospheric pressure gradient.

However, little work has been done on the impact of increased zonal winds in the

Northern high latitude on ocean carbon and subsequent atmospheric CO2 levels. Much

like the Southern Ocean, the North Atlantic sub-polar gyre sees deep wintertime mixed

layer depth and convective mixing, providing a window to the deep ocean. A wind-

induced perturbation in vertical mixing could therefore expose deep carbon to the at-

mosphere. It was shown in the previous section that the atmospheric carbon feedback of

zonal winds over the Southern Ocean can be substantial through both local and non-local

e↵ects, so in this section we quantify the relative magnitude of the atmospheric carbon

feedback of zonal winds over the Atlantic sub-polar gyre and estimate the magnitude

of the climate-carbon feedback. To that end, we employ the MITgcm and analyse the

response of the system to perturbations in the zonal wind stress acting over the North
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Similar to the Southern Annular Mode (SAM), the winter-time Northern Annular Mode

(NAM) is projected to increase in the future climate in CMIP5 simulation [???], although

the spread in projections is large and very model dependent [?]. However, the increase

in the NAM index is expected to be roughly half that of the SAM by 2100 [?]. Much

like the SAM, a stronger positive NAM is coupled to stronger zonal winds due to an

increase in the meridional atmospheric pressure gradient.

However, little work has been done on the impact of increased zonal winds in the

Northern high latitude on ocean carbon and subsequent atmospheric CO2 levels. Much

like the Southern Ocean, the North Atlantic sub-polar gyre sees deep wintertime mixed

layer depth and convective mixing, providing a window to the deep ocean. A wind-

induced perturbation in vertical mixing could therefore expose deep carbon to the at-

mosphere. It was shown in the previous section that the atmospheric carbon feedback of

zonal winds over the Southern Ocean can be substantial through both local and non-local

e↵ects, so in this section we quantify the relative magnitude of the atmospheric carbon

feedback of zonal winds over the Atlantic sub-polar gyre and estimate the magnitude

of the climate-carbon feedback. To that end, we employ the MITgcm and analyse the

response of the system to perturbations in the zonal wind stress acting over the North
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Just as we did with the Southern Ocean mixed layer carbon equation, we express the

mixed layer entrainment velocity as wh = 2
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velocity as the Ekman velocity and a bolus velocity that is linearly proportional to the

Ekman velocity via a parameter eGM such that v = (1 + eGM ) ⌧
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can then be written as:
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We then apply a zonal and meridional weighted average over 0�-20�E and 40�-60�N,

respectively (the average is denoted by an overbar in the rest of the section):
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where the subscript NA indicates for values of ⌧ in the North Atlantic sub-polar gyre.

Because the domain is not zonally symmetric like the Southern Ocean, we preserve the

zonal advection term. In the North Atlantic case, we once again choose to calculate

�zT with respect to a depth of 1000m. Figure 4.18 shows the magnitude of the terms

in eqn. 4.13 as a function of North Atlantic wind stress, as diagnosed from the MITgcm

experiments. We find that the radiative flux term is far more dominant in determining

pCOo
2 in the North Atlantic than in the Southern Ocean, as a result of strong heat fluxes

in the North Atlantic. The vertical mixing term is second in strength and the remainder
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where the subscript NA indicates for values of ⌧ in the North Atlantic sub-polar gyre.

Because the domain is not zonally symmetric like the Southern Ocean, we preserve the

zonal advection term. In the North Atlantic case, we once again choose to calculate

�zT with respect to a depth of 1000m. Figure 4.18 shows the magnitude of the terms

in eqn. 4.13 as a function of North Atlantic wind stress, as diagnosed from the MITgcm

experiments. We find that the radiative flux term is far more dominant in determining

pCOo
2 in the North Atlantic than in the Southern Ocean, as a result of strong heat fluxes

in the North Atlantic. The vertical mixing term is second in strength and the remainder
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Figure 4.19: Contribution of terms in the North Atlantic pCO2 equation as a function
of wind stress: a) vertical mixing, b) meridional advection (Ekman), c) zonal advection,
d) biology and e) radiative flux contributions. The filled squares show the terms as they
appear in eqn. 4.14 while the empty squares shows the terms with the average split to
isolate ⌧NA.
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4.3 Feedback of the North Atlantic sub-polar gyre carbon

flux

Similar to the Southern Annular Mode (SAM), the winter-time Northern Annular Mode

(NAM) is projected to increase in the future climate in CMIP5 simulation [???], although

the spread in projections is large and very model dependent [?]. However, the increase

in the NAM index is expected to be roughly half that of the SAM by 2100 [?]. Much

like the SAM, a stronger positive NAM is coupled to stronger zonal winds due to an

increase in the meridional atmospheric pressure gradient.

However, little work has been done on the impact of increased zonal winds in the

Northern high latitude on ocean carbon and subsequent atmospheric CO2 levels. Much

like the Southern Ocean, the North Atlantic sub-polar gyre sees deep wintertime mixed

layer depth and convective mixing, providing a window to the deep ocean. A wind-

induced perturbation in vertical mixing could therefore expose deep carbon to the at-

mosphere. It was shown in the previous section that the atmospheric carbon feedback of

zonal winds over the Southern Ocean can be substantial through both local and non-local

e↵ects, so in this section we quantify the relative magnitude of the atmospheric carbon

feedback of zonal winds over the Atlantic sub-polar gyre and estimate the magnitude

of the climate-carbon feedback. To that end, we employ the MITgcm and analyse the

response of the system to perturbations in the zonal wind stress acting over the North

Atlantic (between 40�-60�N).
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4.3.1 Response to increased wind stress perturbation

An increase in North Atlantic zonal wind stress causes a spin up of the northern sub-

tropical and sub-polar gyres (Fig.

170

4.3 Feedback of the North Atlantic sub-polar gyre carbon

flux

Similar to the Southern Annular Mode (SAM), the winter-time Northern Annular Mode

(NAM) is projected to increase in the future climate in CMIP5 simulation [???], although

the spread in projections is large and very model dependent [?]. However, the increase

in the NAM index is expected to be roughly half that of the SAM by 2100 [?]. Much

like the SAM, a stronger positive NAM is coupled to stronger zonal winds due to an

increase in the meridional atmospheric pressure gradient.

However, little work has been done on the impact of increased zonal winds in the

Northern high latitude on ocean carbon and subsequent atmospheric CO2 levels. Much

like the Southern Ocean, the North Atlantic sub-polar gyre sees deep wintertime mixed

layer depth and convective mixing, providing a window to the deep ocean. A wind-

induced perturbation in vertical mixing could therefore expose deep carbon to the at-

mosphere. It was shown in the previous section that the atmospheric carbon feedback of

zonal winds over the Southern Ocean can be substantial through both local and non-local

e↵ects, so in this section we quantify the relative magnitude of the atmospheric carbon

feedback of zonal winds over the Atlantic sub-polar gyre and estimate the magnitude

of the climate-carbon feedback. To that end, we employ the MITgcm and analyse the

response of the system to perturbations in the zonal wind stress acting over the North

Atlantic (between 40�-60�N).

⌧NA (N/m2)

4.3.1 Response to increased wind stress perturbation

An increase in North Atlantic zonal wind stress causes a spin up of the northern sub-

tropical and sub-polar gyres (Fig.

170

4.3 Feedback of the North Atlantic sub-polar gyre carbon

flux

Similar to the Southern Annular Mode (SAM), the winter-time Northern Annular Mode

(NAM) is projected to increase in the future climate in CMIP5 simulation [???], although

the spread in projections is large and very model dependent [?]. However, the increase

in the NAM index is expected to be roughly half that of the SAM by 2100 [?]. Much

like the SAM, a stronger positive NAM is coupled to stronger zonal winds due to an

increase in the meridional atmospheric pressure gradient.

However, little work has been done on the impact of increased zonal winds in the

Northern high latitude on ocean carbon and subsequent atmospheric CO2 levels. Much

like the Southern Ocean, the North Atlantic sub-polar gyre sees deep wintertime mixed

layer depth and convective mixing, providing a window to the deep ocean. A wind-

induced perturbation in vertical mixing could therefore expose deep carbon to the at-

mosphere. It was shown in the previous section that the atmospheric carbon feedback of

zonal winds over the Southern Ocean can be substantial through both local and non-local

e↵ects, so in this section we quantify the relative magnitude of the atmospheric carbon

feedback of zonal winds over the Atlantic sub-polar gyre and estimate the magnitude

of the climate-carbon feedback. To that end, we employ the MITgcm and analyse the

response of the system to perturbations in the zonal wind stress acting over the North

Atlantic (between 40�-60�N).

⌧NA (N/m2)

4.3.1 Response to increased wind stress perturbation

An increase in North Atlantic zonal wind stress causes a spin up of the northern sub-

tropical and sub-polar gyres (Fig.

170

0.15 0.2 0.25 0.3 0.35 0.4220

225

230

235

240

245

250

255

260

τSO (N/m2)

pC
O

o 2
(p
p
m
)

North Atlantic

0.15 0.2 0.25 0.3 0.35 0.4302

304

306

308

310

312

314

316

318

320

τSO (N/m2)

pC
O

a 2
(p
p
m
)

North Atlantic

0.15 0.2 0.25 0.3 0.35 0.4
−0.4

−0.35

−0.3

−0.25

−0.2

−0.15

−0.1

−0.05

0

0.05

τSO (N/m2)

ϵ
0.15 0.2 0.25 0.3 0.35 0.4220

225

230

235

240

245

250

255

260

τSO (N/m2)

pC
O

o 2
(p
p
m
)

North Atlantic

0.15 0.2 0.25 0.3 0.35 0.4
−0.4

−0.35

−0.3

−0.25

−0.2

−0.15

−0.1

−0.05

0

0.05

τSO (N/m2)

ϵ

0.15 0.2 0.25 0.3 0.35 0.4302

304

306

308

310

312

314

316

318

320

τSO (N/m2)

pC
O

a 2
(p
p
m
)

North Atlantic

(a) (b)

(c)

4.3 Feedback of the North Atlantic sub-polar gyre carbon

flux

Similar to the Southern Annular Mode (SAM), the winter-time Northern Annular Mode

(NAM) is projected to increase in the future climate in CMIP5 simulation [???], although

the spread in projections is large and very model dependent [?]. However, the increase

in the NAM index is expected to be roughly half that of the SAM by 2100 [?]. Much

like the SAM, a stronger positive NAM is coupled to stronger zonal winds due to an

increase in the meridional atmospheric pressure gradient.

However, little work has been done on the impact of increased zonal winds in the

Northern high latitude on ocean carbon and subsequent atmospheric CO2 levels. Much

like the Southern Ocean, the North Atlantic sub-polar gyre sees deep wintertime mixed

layer depth and convective mixing, providing a window to the deep ocean. A wind-

induced perturbation in vertical mixing could therefore expose deep carbon to the at-

mosphere. It was shown in the previous section that the atmospheric carbon feedback of

zonal winds over the Southern Ocean can be substantial through both local and non-local

e↵ects, so in this section we quantify the relative magnitude of the atmospheric carbon

feedback of zonal winds over the Atlantic sub-polar gyre and estimate the magnitude

of the climate-carbon feedback. To that end, we employ the MITgcm and analyse the

response of the system to perturbations in the zonal wind stress acting over the North

Atlantic (between 40�-60�N).

⌧NA (N/m2)

4.3.1 Response to increased wind stress perturbation

An increase in North Atlantic zonal wind stress causes a spin up of the northern sub-

tropical and sub-polar gyres (Fig.

170

4.3 Feedback of the North Atlantic sub-polar gyre carbon

flux

Similar to the Southern Annular Mode (SAM), the winter-time Northern Annular Mode

(NAM) is projected to increase in the future climate in CMIP5 simulation [???], although

the spread in projections is large and very model dependent [?]. However, the increase

in the NAM index is expected to be roughly half that of the SAM by 2100 [?]. Much

like the SAM, a stronger positive NAM is coupled to stronger zonal winds due to an

increase in the meridional atmospheric pressure gradient.

However, little work has been done on the impact of increased zonal winds in the

Northern high latitude on ocean carbon and subsequent atmospheric CO2 levels. Much

like the Southern Ocean, the North Atlantic sub-polar gyre sees deep wintertime mixed

layer depth and convective mixing, providing a window to the deep ocean. A wind-

induced perturbation in vertical mixing could therefore expose deep carbon to the at-

mosphere. It was shown in the previous section that the atmospheric carbon feedback of

zonal winds over the Southern Ocean can be substantial through both local and non-local

e↵ects, so in this section we quantify the relative magnitude of the atmospheric carbon

feedback of zonal winds over the Atlantic sub-polar gyre and estimate the magnitude

of the climate-carbon feedback. To that end, we employ the MITgcm and analyse the

response of the system to perturbations in the zonal wind stress acting over the North

Atlantic (between 40�-60�N).

⌧NA (N/m2)

4.3.1 Response to increased wind stress perturbation

An increase in North Atlantic zonal wind stress causes a spin up of the northern sub-

tropical and sub-polar gyres (Fig.

170

4.3 Feedback of the North Atlantic sub-polar gyre carbon

flux

Similar to the Southern Annular Mode (SAM), the winter-time Northern Annular Mode

(NAM) is projected to increase in the future climate in CMIP5 simulation [???], although

the spread in projections is large and very model dependent [?]. However, the increase

in the NAM index is expected to be roughly half that of the SAM by 2100 [?]. Much

like the SAM, a stronger positive NAM is coupled to stronger zonal winds due to an

increase in the meridional atmospheric pressure gradient.

However, little work has been done on the impact of increased zonal winds in the

Northern high latitude on ocean carbon and subsequent atmospheric CO2 levels. Much

like the Southern Ocean, the North Atlantic sub-polar gyre sees deep wintertime mixed

layer depth and convective mixing, providing a window to the deep ocean. A wind-

induced perturbation in vertical mixing could therefore expose deep carbon to the at-

mosphere. It was shown in the previous section that the atmospheric carbon feedback of

zonal winds over the Southern Ocean can be substantial through both local and non-local

e↵ects, so in this section we quantify the relative magnitude of the atmospheric carbon

feedback of zonal winds over the Atlantic sub-polar gyre and estimate the magnitude

of the climate-carbon feedback. To that end, we employ the MITgcm and analyse the

response of the system to perturbations in the zonal wind stress acting over the North

Atlantic (between 40�-60�N).

⌧NA (N/m2)

4.3.1 Response to increased wind stress perturbation

An increase in North Atlantic zonal wind stress causes a spin up of the northern sub-

tropical and sub-polar gyres (Fig.

170

0.15 0.2 0.25 0.3 0.35 0.4220

225

230

235

240

245

250

255

260

τSO (N/m2)

pC
O

o 2
(p
p
m
)

North Atlantic

0.15 0.2 0.25 0.3 0.35 0.4302

304

306

308

310

312

314

316

318

320

τSO (N/m2)

pC
O

a 2
(p
p
m
)

North Atlantic

0.15 0.2 0.25 0.3 0.35 0.4
−0.4

−0.35

−0.3

−0.25

−0.2

−0.15

−0.1

−0.05

0

0.05

τSO (N/m2)

ϵ

North Atlantic pCO2 Atmospheric pCO2

Non-local parameter ϵ 

°

Figure 4.20: a) North Atlantic pCOo
2 in MITgcm as a function of wind stress after 1600

years of experiment (blue squares) with the calculation using the wind stress scaling based
on control mean parameters (solid blue line) and a linear trend around the control state
(dotted back line); b) Atmospheric pCO2 in MITgcm as a function of area mean North
Atlantic sub-polar gyre wind stress τNA after 1600 years of experiment and c) the non-local
feedback parameter εf a function of mean wind stress τNA after 1600 years of experiment.

The difference in the overall sensitivity of the pCOo2 to wind stress perturbations is a

result of the magnitude of the parameters Ch, h and ∆zT in the scaling equation 4.15. The

values of these parameters give a reduced sensitivity to vertical mixing. The magnitude

of the area-averaged parameters in the North Atlantic and the Southern Ocean are shown

in table 4.2.2.

Variable Southern Ocean North Atlantic Units

h 130 357 m

Ch 2.204 2.048 mol/m3

∆zT 4.9 6.1 ◦C

Ch
1

h·∆zT
0.027 0.0026 mol/m5/◦C

Figure 4.20b shows the atmospheric pCO2 anomaly associated with the τNA anomalies.

In the Southern Ocean, there was as strong non-local feedback of the wind stress on

atmospheric CO2 levels due to the changes in the nutrient stream. Changes in the North
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Atlantic wind stress do not show a similar strong non-local feedback however. We can

use the same methodology outlined in section 4.2.2 to calculate the non-local feedback

parameter εf using eqn. 4.10, outside the sub-polar gyre. The results of the calculation

are shown in Fig. 4.20c. The magnitude of the non-local contribution is small, generally

less than 20% for perturbations smaller than 0.13 N/m2 but increasing with τNA, and

generally negative.
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Figure 4.21: Time series of the
minimum in the overturning stream
function below 2500m depth in the
Southern hemisphere in the 2× τNA
experiment.

In section 2.4.2, we showed that the sign of εf de-

pends on the relative magnitude of positive or neg-

ative non-local feedbacks due to dynamical or bio-

geochemical changes and the re-distribution of car-

bon within the system: as carbon concentrations in

Southern Ocean go up, carbon concentrations else-

where must go down through conservation of car-

bon; a negative feedback. A negative dynamical

feedback can arise if forcing perturbations applied

to the system reduce the ratio f/Ψ, the relative

strength of vertical mixing, f , to the MOC, Ψ. As

we will see in chapter 5, the vertical mixing f also

includes the strength of the bottom overturning cell. In the case of North Atlantic wind

stress, the bottom cell weakens as a result of increased stratification associated with

stronger heat uptake and more productive Northern hemisphere biology (see Fig. 4.17e).

While the reduction in bottom overturning cell may not be obvious in Fig. 4.15b, the time

series of the bottom cell strength for any experiment shows a gradual reduction after an

initial adjustment period. Since increased North Atlantic winds also increase the MOC

strength, the ratio f/Ψ decreases with wind stress, pointing towards a negative dynamical

atmospheric CO2 feedback.

In the MITgcm experiments, the weakening of the bottom cell causes a build up of

biological carbon which lowers atmospheric CO2 levels several centuries after the wind

stress step perturbation. As a result, regenerated carbon is trapped in the weakened

bottom cell leading a negative atmospheric CO2 feedback, consistent with the feedback

framework outlined in section 2.4.2. We can compare the magnitude of the negative

feedback associated with weakening bottom cell to the negative feedback associated with
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carbon re-distribution and find that they are both of equal magnitude for all wind stress

perturbations (estimated by calculating the terms in eqn. 2.36). Together, they act to

reduce the atmospheric pCO2 feedback to North Atlantic wind stress.

Overall, we find that the North Atlantic ocean pCO2 is set by zonal advection, the

radiative flux (buoyancy mixing) and vertical mixing (mechanical mixing), as opposed to

mainly vertical mixing in the Southern Ocean highlighting the different dominant dynami-

cal processes in both regions. We also find that the sensitivity of the atmospheric pCO2 to

wind stress is much less in the North Atlantic than in the Southern Ocean. The projected

positive trend in the NAM is less than half as strong as for the SAM, so in terms of the

future climate, we expect the NAM to only play a small role in the global carbon-climate

feedback.

4.3 Discussion and summary

The goal of this section is to quantify the non-local equilibrium climate feedback of South-

ern Ocean wind stress on atmospheric pCO2, pCOa2 , using idealised coarse-resolution MIT-

gcm experiments. It is found that wind stress-induced upwelling strengthens the export

of nutrients North of the Southern Ocean by increasing the nutrient stream. As a result,

area-mean equatorial biological productivity Fbio,eq increases. Due to stoichiometric ratio

in the carbonate chemistry, the increased biological export from the surface to depth in-

creases the Revelle Buffer Factor, R, in the Eastern tropical shadow zone/oxygen minimum

zone located between 100− 700m depth. Via the interior transport underneath the ther-

mocline, the waters enriched in R are entrained into the nutrient stream and transported

to the Northern sub-polar gyre where they are entrained into the seasonal thermocline,

increasing the sub-polar gyre buffer factor and ocean pCO2, pCOo2.

Counteracting the rise in R is an increase in local North Atlantic biology Fbio,na as a

result of the stronger nutrient stream, which reduces the North Atlantic buffer factor. The

overall change in mean buffer factor, ∆Rna is therefore proportional to the change in the

ratio
Fbio,eq
Fbio,na

. Due to the fairly linear relationship between atmospheric and oceanic pCO2,

∆pCOa2 also scales linearly with ∆Rna. We show that the effect is due to the adjust-

ment of the ocean biogeochemistry by perturbing the nutrient- and light- half saturation
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constant to alter the ratio of North Atlantic to Equatorial biology which leads to similar

relationships between ∆pCOa2 and ∆Rna.

The resulting atmospheric feedback is of roughly the same order as the local South-

ern Ocean effect, measured by the non-local feedback parameter εf, which is modelled to

have a value of 0.8 − 1.1. The non-local feedback of Southern Ocean wind stress per-

turbations therefore magnifies the local feedback on atmospheric pCO2 by 80% to 110%.

The associated change in the North Atlantic buffer factor therefore constitutes a signif-

icant climate feedback that cannot be measured by considering changes in the Southern

Ocean carbon sink alone. The impact of Southern Ocean wind stress is therefore more

significant than concluded at the end of section 3.1. Similar mechanisms are seen in fully

coupled global models such HadGEM2-ES, though further study with high-resolution cou-

pled atmosphere-ocean GCMs is needed to fully assess the impact in the modern climate.

Compared to the local atmospheric carbon feedback of the North Atlantic sub-polar

gyre wind, which is set by zonal advection, the radiative flux and vertical mixing contri-

butions to local pCOo2, we find that Southern Ocean winds modulate the North Atlantic

carbon flux more than the local winds. For example, a Southern Ocean wind stress per-

turbation of ∆τSO = 0.13 N/m2 results in an atmospheric pCO2 feedback of roughly

20ppm (without the atmospheric pCO2 change due to the local Southern Ocean feedback,

see Fig. 4.9a). The change in atmospheric pCO2 due to a perturbation in North Atlantic

winds of the same size however, causes a 10ppm increase in atmospheric pCO2 (Fig. 4.20b).

The same relative difference is seen for all magnitudes of wind stress perturbations. The

effect of Southern Ocean winds on the North Atlantic carbon sink is therefore twice as

strong as the influence of the local winds.

Caveats of the proposed mechanism include the failure of models to accurately repre-

sent the extent of the oxygen-minimum zones. A phenomenon coined “nutrient trapping”

[Najjar, 1990, Aumont et al., 1999] results in overestimation of the strength of the oxygen

minimum in the Tropics. This is because the upwelled nutrients are used in the mixed

layer and rained down in the same region, causing an exaggerated self-sustaining cycle,

which is a result of the unresolved complexity in equatorial undercurrents. Nonetheless,

the proposed mechanism should still be valid since oxygen minimum zones are observed

in the ocean [Stramma et al., 2009].
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A second caveat is the use of a coarse-resolution model. However, we do not expect the

values of εf to change with resolution since both Southern Ocean pCOo2 and the relative

response of the North Atlantic and Equatorial biology are similarly dependent on the

wind-induced upwelling in the Southern Ocean. Thirdly, Redfield ratios are constant both

spatially and temporally in the model, which is not the case is in the real world [Weber

and Deutsch, 2010], though how variations in the Redfield ratio will affect the result is

unknown. With regards to our particular model set-up, we noted in section 2.4.1 that

the biological productivity in our model is relatively weak. However, the mechanism that

we describe depends on the relative strength of the equatorial and the North Atlantic

sub-polar gyre biology, not on the total biological activity. For systems with higher global

mean biological activity, we expect the atmospheric CO2 response to be larger since there

is a larger biological reservoir of carbon to act as a source for the atmospheric CO2 changes

(e.g. Ito and Follows [2005], see section 5.2.4). Therefore, we believe the magnitude of the

non-local feedback to be a lower estimate.

Lastly, the size of the sector model plays an important role in setting the timescale of

the non-local Southern Ocean winds feedback on pCOa
2. The feedback timescale depends

on basin-wide advection: the Buffer Factor anomaly in the shadow zone has to be advected

zonally from East to West before it is advected northwards by the nutrient steam. In a

wider basin therefore, the cross-basin zonal advection timescale is longer. To illustrate this

dependence of the timescale on basin width, an identical MITgcm set up 40◦ in longitude

wide is used. Figure 4.22 shows the time evolution of atmospheric, Southern Ocean and
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The

58

Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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predicted by the scaling, meaning that the natural carbon �pCOa

2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The

58

Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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Figure 4.22: Time evolution of ∆pCOa2 (black), North Atlantic ∆pCOo2 (red) and Southern
Ocean ∆pCOo2 (blue) in a 2 × τSO for a) the 20◦ longitude wide model and b) the 40◦

longitude wide model.

North Atlantic sub-polar gyre pCO2 anomalies in 2×τSO experiment for both the 20◦ and
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40◦ wide models. While the non-local signal appears in the North Atlantic pCOo
2 after

20 years in each case, the equilibration timescales varies. After 500 years, atmospheric

pCO2 has equilibrated in the 20◦ model while equilibration takes twice as long in the

40◦ longitude model. However, the strength of the non-local feedback εf is similar. The

width of the basin therefore determines the timescale of the non-local feedback but not

the magnitude. Similarly, the zonal currents in the model are relatively weak compared to

observations (see section 2.3.3), however we believe the strength of the currents affects only

the advective timescales in the model. The weak currents therefore affect the timescale of

the non-local feedback but not the magnitude.

The lack of Pacific and Indian Oceans could also affect the net non-local feedback.

However, the Pacific and Indian Oceans do no constitute a large sink of atmospheric

carbon so are unlikely to result in similar feedbacks as seen in the Atlantic. As atmospheric

pCO2 increases, Pacific and Indian Ocean pCO2 is expected to track atmospheric pCO2.

Without detailed study of the dynamical and biogeochemical changes induced by increased

Southern Ocean winds in the global ocean however, we exact contribution of the Pacific

and Indian Oceans is difficult to estimate. Further study is therefore required to determine

the exact equilibration timescale and magnitude in a realistic bathymetry domain.

The relationship between the North Atlantic buffer factor and equatorial biology has

further implications for the climate as well, since the ratio of North Atlantic to Equato-

rial biology can be altered by many processes such as stratification, cloud cover, other

sources of macro-nutrients, iron supply, to name a few. Our results show the influence

of oxygen-minimum zones on North Atlantic surface chemistry. Given recent results from

studies that show expansion of tropical oxygen-minimum zones [Stramma et al., 2012], a

thorough understanding of the biogeochemical drivers of the North Atlantic Buffer Factor

is therefore needed. The North Atlantic sub-polar region constitutes one of the main sinks

for anthropogenic CO2 and our results shows that changes in the buffer factor of as small

as 0.5 could result in a positive atmospheric carbon feedback of 10− 30ppm.

131



5

Climate feedback of surface warm-
ing on atmospheric pCO2

Increased global mean temperatures are one of the most studied and discussed effects

of anthropogenic CO2-induced climate change [Manabe and Stouffer, 1994, Rogelj et al.,

2012, Gillett et al., 2013]. The subsequent effect of increased ocean surface temperatures

on the ocean carbon cycle constitutes one of the pre-eminent climate-carbon feedbacks

within the climate system [Bacastow, 1996, Joos et al., 1999, Gregory et al., 2003, Frolicher

et al., 2014], due to both solubility and dynamically-induced carbon feedbacks [Goodwin

et al., 2009]. As temperature increases, the solubility of gasses is reduced which affects

surface properties such as ocean pCO2. Since ocean pCO2 sets a large part of the air-sea

flux, an increase in temperatures could have a strong regional influence on the air-sea flux

of carbon, in particular where the carbon uptake is large such as in the high-latitudes

[Sarmiento et al., 1998, Perez et al., 2013]. The first aim of this chapter is therefore to

deduce the role of solubility on high latitude carbon uptake in climate change scenarios.

Globally, an increase in ocean heat uptake affects the solubility of carbon throughout

the ocean basin. However, warming the surface ocean also affects the stratification and

large scale circulation. Stratification and circulation are key factors in the ocean carbon

cycle response to forcing, alongside the temperature-induced reduction in gas solubility

[Sarmiento et al., 1998, Takahashi et al., 2003, Bernardello et al., 2014]. Studies such

as Goodwin et al. [2009] quantify the role of the increase in ocean heat content over

the period 1961-2003 on ocean carbon using box models and an Earth System Model.

They suggest that buoyancy-induced changes in the overturning circulation could have

an equally important effect on atmospheric CO2 as solubility. Studies such as Joos et al.

[1999] examine competing changes in saturated carbon and regenerated carbon due to

warming-induced changes in the large scale dynamics, on a 500-year timescale. As ocean

surface temperatures increase, changes in dynamics will also affect disequilibrium carbon

(defined in section 1.2.2), which depends directly on the large scale circulation. Our second

goal is therefore to quantify the global ocean carbon response to surface warming, with
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a particular focus on the response of saturated, regenerated and disequilibrium carbon to

warming-induced changes in solubility versus dynamics.

This chapter will therefore quantify the climate feedback of surface warming on atmo-

spheric pCO2. In section 5.1, the MITgcm carbon cycle to surface warming perturbations

is described, after which the role of surface warming on high latitude carbon is determined.

The key findings discussed in detail in section 5.1 are summarized below:

• In the Southern Ocean, pCOo
2 anomalies due to warming can be predicted by calcu-

lating the change in solubility of CO2, since local DIC remains constant;

• In the North Atlantic sub-polar gyre, the pCOo
2 is found to vary little with warming;

• Polar amplification of Southern or Northern temperatures is found to cause opposing

changes in the North Atlantic and Southern Ocean pCOo
2.

Afterwards, section 5.2 will discuss surface warming-induced changes of the large scale

circulation and how they affect the different carbon reservoirs by using MITgcm surface

warming and salinity perturbation experiments, as well as box models. The key findings

discussed in details in section 5.2 are summarized below:

• Over 400 a year period, warming-induced dynamical changes have little effect on

the atmospheric pCO2 due to compensation of saturated and disequilibrium carbon

reservoirs;

• From 400 to 3000 years, polar amplification of Northern and Southern temperatures

results in a reduction in atmospheric pCO2 due to isolation of regenerated carbon at

depth. The increase in regenerated carbon compensates the loss of saturated carbon.

• Salinity perturbation experiments are used to shown that changes in the MOC have

a much smaller effect of atmospheric pCO2 than changes in the bottom cell due to

different degrees of carbon compensation.

• Simple box models for preformed and regenerated carbon are constructed to predict

atmospheric pCO2 anomalies due to changes in the MOC and bottom cell.

Lastly, we conclude the chapter in section 5.3 through:

• Discussion of the implications of the warming-induced ocean carbon response for

anthropogenic ocean carbon uptake;
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• Discussion of the implication of natural carbon compensation in warming scenarios;

• Discussion of the caveats in our study.

5.1 High latitude warming

5.1.1 Description of the model response to surface warming

In this section, the response of the MITgcm sector model to perturbations in the surface

radiative forcing is discussed for the multiplicative base warming scenario (see section

2.3.4), which ensures that the North Atlantic sub-polar region is warmed more than the

Southern channel [Xie et al., 2010], while drawing specific examples from the 1.2 × T

experiment (see Fig. 5.1). We analyze the MITgcm response to warming after 400 years

since the large scale circulation equilibrates over this time.
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Figure 5.1: Sea surface anomaly in
MITgcm for the 1.2×T base warm-
ing perturbation scenario.

As a result of the warming imposed, the wind-

induced gyre circulation advects the tropical tem-

perature anomaly along western boundary currents.

The density anomalies in the model are predomi-

nantly temperature driven so that surface density

anomalies show a similar pattern to the temperature

anomalies. To maintain a pole-to-pole overturning

circulation, mode waters formed in the Northern

high latitudes must be able to travel along isopy-

cnals that outcrop in the Southern channel, so there

must be a range of densities shared between the two

poles [Wolfe and Cessi, 2010]. Since the North At-

lantic warms more than the Southern channel, the

shared density range between the South and North

high latitude is altered, which drives changes in the

overturning circulation. Within 10 years of the perturbation, the MOC decline is on the

order of 1 Sverdrup in the 1.2xT base warming experiment, corresponding to 25% of the

control mean. After 400 years however, the MOC recovers and overshoots such that its

long-term strength after the perturbation is higher than in the unperturbed control state.
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We define the global mean sea surface temperature TG as the mean of the ocean

temperature between 0-20◦E, 60◦S to 60◦N at the ocean’s surface, and the global mean

SST anomaly ∆TG as the difference between TG at a given time in one of the perturbed

experiments and TG in the control integration. Figure 5.2a then shows the MOC strength

as a function of ∆TG after 400 years, illustrating the increasing trend. Note that in this

section, anomalies are defined as averages over the last 25 years of a 400 year-long run

under a perturbed scenario minus the control run mean state unless stated otherwise. We

find that the response of the MOC in the model is due to a local increase in convection in

the North Atlantic and does not translate into an increase in the pole-to-pole overturning

circulation.

The overall increase in the MOC strength with ∆TG results from a stronger meridional

temperature gradient since the equator is warmed more than the Northern high latitudes

(see Fig. 5.1). The stronger meridional temperature gradient causes stronger cooling of

northward advected water parcels that are exchanged between the sub-tropical and sub-

polar gyre. The increase in cooling rate results in stronger buoyancy forcing and therefore

increased local convection in the sub-polar gyre [e.g. Stommel, 1961, Schloesser et al.,

2012]. However, the NADW mode water has a higher buoyancy than in the control state

so that the depth of the MOC is reduced (Fig. 5.2b). The stronger warming in the

North Atlantic relative to the Southern channel leads to a mismatch in density and an

overall reduction of the pole-to-pole overturning. As a result, the North Atlantic becomes

more decoupled from the Southern Ocean: more of the North Atlantic mode water is

upwelled in the interior before it reaches the Southern Ocean. The schematic in Fig. 5.3a

shows the density structure required for a pole-to-pole overturning. As the North Atlantic

convection increases due to stronger air-sea surface heat fluxes, there is an increase in the

North Atlantic diffusive MOC (also shown in Fig. 5.3), whereby buoyancy forcing in the

interior occurs through vertical mixing.

Figure 5.3b shows the zonally-averaged residual meridional overturning streamfunction

Ψ anomaly for the 1.2× T perturbation experiment. The figure shows the increase in the

diffusive MOC and reduction of the pole-to-pole overturning. The decrease in the pole-

to-pole MOC can be measured by calculating the northward Ekman transport at 40◦S,

defined here as the volume transport integrated between 0− 20◦E and 0-100m depth and

shown in Fig. 5.2c. There is also a weakening of the bottom water cell due an increase in
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surface stratification in the Southern channel inhibiting the formation of Antarctic Bottom

Water.
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Figure 5.2: MITgcm diagnostics as a function of global mean SST anomaly, ∆TG, after
400 years of the base warming scenario: a) Maximum of the meridional overturning stream
function between 350-1550m depth and 30◦-60◦N; b) Depth of MOC maximum; c) Ekman
transport at 40◦S between 0− 100m depth; d) Pycnocline depth calculated using eqn. 3.1
as in Gnanadesikan [1999]. Grey lines show a least-squares linear fit.

The surface temperature anomaly propagates into the basin interior (away from the

surface) through the subduction of mode waters formed North of the channel and convec-

tion in the Northern sub-polar gyre. Figure 5.4a shows the zonally averaged temperature

anomaly resulting from a 1.2 × T perturbation. The positive temperature anomalies are

strongest at the surface but are advected into the water column just North of the channel

and in the Northern sub-polar gyre. Due to a weakening of the bottom water cell, pene-

tration of the warming anomaly to depths below 2500m is limited. The mixed layer tem-

perature anomaly (Fig. 5.4b) is an imprint of the perturbation forcing profile (discussed in

section 2.3.4) and the advection of the tropical anomaly along western boundary currents

of the sub-tropical gyres. The increase in buoyancy in the upper ocean (Figs. 5.4a-b) as-

sociated with the warming depresses isopycnals and causes a deepening of the pycnocline.

Therefore, as warming increases, the pycnocline deepens (Fig. 5.2d).
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Figure 5.3: a) Diagram of the MOC (solid black line) with depth and latitude in a rectan-
gular idealized basin from Wolfe and Cessi [2010], thin grey lines are isopycnals, and the
diffusive overturning is shown in dashed lines. The bottom cell is shown in a thick grey
line. b) Zonally-averaged anomaly in the magnitude of the residual stream function in the
1.2×T MITgcm base warming experiment, where the pole-to-pole overturning in marked
in solid lines and the diffusive overturning in dashed lines.

The pycnocline depth determines the carbon concentration of upwelling waters since

the carbon content increases with depth. A deepening pycnocline therefore results in a

flushing of carbon from the deep ocean to the surface and atmosphere [Lauderdale et al.,

2013, Munday et al., 2014]. Figure 5.4c shows the dissolved inorganic carbon anomaly

for the 1.2 × T perturbation scenario. In the upper overturning cell, a reduction in the

solubility of carbon due to warming results in a decrease in carbon concentrations. Due to

shallowing of the upper cell and subsequent isolation1 of underlying waters, carbon builds

up at 1500m-depth in the Northern hemisphere. An increase in carbon is not seen in the

Southern hemisphere due to deepening of the isopycnals such that water from 1500m-

depth is ventilated in the Southern channel. The ventilation of deeper, more carbon-rich

waters in the Southern channel results in a smaller negative mixed layer DIC anomaly

than elsewhere in the basin, as seen in Fig. 5.4d, offsetting to some extent the effect of a

reduced residual circulation. In the bottom water cell, a reduction in circulation results in

a build up of dissolved inorganic carbon. Figures 5.4e and 5.4f show the zonally averaged

preformed and regenerated anomalies of DIC, respectively. The signal throughout the

basin is found to be dictated by the preformed component in the upper 1000m. In the

upper cell, the reduction in solubility as a result of warming causes a decrease in pre-

1Where ‘isolation’ refers to the reduced ventilation of deep waters as the MOC shallows and weakens.
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Figure 5.4: Anomalies in the 1.2 × T base warming experiment: a) zonal mean and
b) mixed layer potential temperature, c) zonal mean and d) mixed layer DIC, e) zonal
mean preformed carbon Cpre and f) zonal mean regenerated carbon Creg. Dashed lines in
the zonal mean plots (a,c,e,f) denote the perturbed residual overturning stream function
contours spaced 1 Sv-apart. Dashed lines in the mixed layer plots (b,d) show contours of
the perturbed barotropic stream function.

formed carbon. In the bottom water cell, the shallowing of the Northern branch of the

overturning circulation and decrease in bottom water formation in the Southern channel

isolates preformed carbon in the expanding bottom water cell. Global surface biological

productivity is reduced due to both increased stratification and a reduction in Southern

ocean residual circulation which reduces the upwelling of nutrients.
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The reduction in biological activity is notably larger in the Southern hemisphere mid-

latitudes, North of the channel, where the biology is predominantly nutrient limited such

that the reduction in residual circulation has a particularly strong effect. The weaker

biological productivity causes a reduction of regenerated carbon in the upper overturning

cell. Below 1000m, the shallowing of the upper overturning cell and weakening of the

bottom water cell results in accumulation of regenerated carbon over time. Importantly,

regardless of the shallowing of the Northern section of the overturning, the deepening of

isopycnals in the Southern hemisphere causes the positive regenerated carbon anomaly to

be upwelled in the Southern channel. The deepening of isopycnals North of the channel

therefore acts as a way to expose the accumulated regenerated carbon to the surface.

In all temperature perturbation experiments, the patterns of preformed and regenerated

carbon anomalies are dictated by the response of the upper and lower overturning cells,

the solubility and the deepening of the isopycnals.
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Figure 5.5: Change in atmospheric
CO2 in MITgcm base warming ex-
periments as a function of global sea
surface temperature anomaly ∆TG .

Figure 5.5 shows the change in atmospheric

pCO2, ∆pCOa
2, as a function of the global anomaly

in sea surface temperature ∆TG as modelled in the

MITgcm sector model. For all anomalies ∆TG, the

net result is an increase in atmospheric CO2 as

shown in a host of other studies [Sarmiento et al.,

1998, Goodwin and Lenton, 2009]. Studies such as

Joos et al. [1999] attribute the majority of the atmo-

spheric CO2 signal to solubility. Our aim is therefore

to deduce the role of solubility in the high latitudes

in setting the atmospheric CO2 perturbations, since

the high latitudes form key areas for ocean carbon

uptake.

5.1.2 Southern Ocean surface carbon

The response of the local ocean pCO2, pCOo
2, to a change in temperature T can be quan-

tified using the empirical relationship determined by Takahashi et al. [1993]:

∂pCOo2
∂T

= 0.0423 pCOo2. (5.1)
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The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as the

temperature increases, as long as DIC concentrations remain constant. The uncertainty

in the variation of pCOo
2 with T is quoted as

∂pCOo2
∂T = (0.0423± 0.0002◦) pCOo2 over a

range of 2.1◦−24.5◦C, so it holds well for the high latitude ocean2. Equation 5.1 is widely

used when separating solubility vs. other (dynamical or biological) contributions in ocean

pCO2 variations [Takahashi et al., 1993, 2009, McKinley et al., 2011, Roedenbeck et al.,

2013, Wanninkhof et al., 2013, Majkut et al., 2014]. To estimate the change in Southern

Ocean pCOo
2 relative to the control mean, ∆pCOo2, as a result of a sea surface temperature

perturbation in the Southern Ocean ∆T , eqn. 5.1 can be re-written as:

∆pCOo2 =
〈
pCOo2

〉
0.0423∆T , (5.2)

where 〈...〉 indicates the control mean and the overline indicates the area average in the

Southern Ocean (namely, across all longitudes and between 60 − 40S for the Southern

channel). Equation 5.2 allows us to disentangle the effects of solubility from other dy-

namical influences (although there will be a feedback of the dynamics on temperature).

Figure 5.6 shows that the modelled response of the Southern channel ∆pCOo2 (squares)

follows the predicted trend (solid line) based on solubility, given by eqn. 5.2. The error

between the prediction and the modelled response is less than 5% in all cases, such that

the response appears to be determined predominantly by the solubility trend, although

this is only valid if DIC concentrations remain constant.

0 0.5 1 1.5 2 2.5 3 3.50

10

20

30

40

50

60

(oC)

∆
 p

CO
2o  (p

pm
)

0 0.5 1 1.5 2 2.5 3 3.50

20

40

60

80

 (oC)

∆
 p

CO
2a  (p

pm
)

400 years

3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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with the accumulation of organic carbon in the weakening deep bottom water overturn-

ing cell. The timescale for the process is on the order of millennia (Schmittner, 2005;

Schmittner et al., 2007) . The slowing of the circulation causes a reduction in upwelling

of deep carbon, reducing surface carbon concentrations after the initial adjustment of

the density structure.

In general, the relevant response of �pCOo
2 to warming follows the solubility trend

well. With equation 2.33, we can use the �pCOo
2 to estimate the associated change

in �pCOa
2 (where we calculate �pCOa

2 = pCOa
2� < pCOa

2 >, where ‘< .. > ’ is the

control mean). Fig. 3.8 shows the �pCOa
2 from both the prediction and the MITgcm

output. The figure shows that the response modelled by MITgcm is much larger than

the response predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by

processes other than the Southern Ocean carbon anomaly, the details of which will be

examined in a later section.
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Figure 3.8: Predicted �pCOa
2 in response to Southern Ocean warming (blue) and �pCOa

2

MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

60

3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�

57

Figure 5.6: a) Change in pCOo2, in ppm, as a function of Southern channel SST anomaly
∆T . The squares show MITgcm data from base warming experiments and the solid blue
line is the prediction based solely on solubility effects (eqn. 5.2). b) Predicted ∆pCOa

2 in
response to Southern Ocean warming using eqn. 5.3 (solid black line) and ∆pCOa

2 MITgcm
output from temperature perturbation experiments (black squares).

2Equation 5.1 wouldn’t hold in the tropics, where sea surface temperatures are above 24.5◦C
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Figure 5.7: Envelopes of the time
evolution of the depth of the density
window ∆zbv (green) and South-
ern Ocean ∆pCOo

2 (blue), scaled
such that the maximum value of
each curve is 1, for all temperature
restoring perturbation experiments.
The envelopes show the spread of
the evolution of each quantity over
all the perturbation experiments.

When a positive temperature perturbation is ap-

plied to the ocean, it will result in an overall increase

in buoyancy and deepening of the pycnocline. As

the pycnocline deepens, the depth from which wa-

ter is upwelled therefore deepens and exposes more

carbon rich water to the surface [Jones et al., 2011,

Lauderdale et al., 2013]. As the residual circula-

tion in the Southern Ocean weakens, the volume of

water supplied reduces. However, the deepening of

the pycnocline ensures that the supply of carbon is

increased in order to balance the increased surface

outgassing, resulting in a small change in DIC (e.g.

Fig. 5.4d show reductions in DIC between 0 to 10

mmol/m3 in the Southern channel compared to re-

ductions in DIC of 30 to 40 mmol/m3 elsewhere in

the basin). To match the deepening of isopycnals

and Southern Ocean carbon, we can define ∆xbh as

the horizontal density window that is outcropped in the Southern channel. The window

∆xbh can be mapped on a vertical density window ∆zbv in the ocean interior since tracer

transport away from the surface occurs predominantly along isopycnals [Gnanadesikan,

1999, Wolfe and Cessi, 2010] (see Fig. 2.11a. ).3 Figure 5.7 shows the evolution of the

depth of the density window ∆zbv as well as the evolution of ∆pCOo2.

After the initial few years, the Southern channel pCOo
2 anomaly grows with a similar

timescale to the deepening of the density window ∆bv. The maximum ∆pCOo2 is achieved

between 100 − 150 years after the initial perturbation. The maximum ∆pCOo2 follows

eqn. 5.2 to within a few percent. The maximum ∆pCOo2 is therefore set by the solubility

but the timescale is set by the adjustment of the density structure. Following the maximum

in ∆pCOo2, there is a slow decline associated with accumulation of regenerated carbon in

the weakening bottom circulation cell [Schmittner, 2005, Schmittner et al., 2007], which

3For example, Fig. 2.10 shows that the range of isopycnals outcropped in the Southern Ocean ∆xbh
corresponds to a vertical density window in the ocean interior ∆zbv between 1500m and 300m depth.
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is not captured by the deepening timescale of the density window since the equilibration

timescale of regenerated carbon is much longer.

In general, ∆pCOo2 follows the solubility trend well. We can use the ∆pCOo2 to estimate

the associated change in ∆pCOa
2 using eqn. 2.42 (derived in section 2.4.2):

∆pCOa2 = PSO ∆pCOo2, (5.3)

where PSO is the area fraction of the Southern Ocean weighted by wind stress. Figure

5.6b shows the ∆pCOa
2 estimated using eqn. 5.3 and the MITgcm data. The figure shows

that the response modelled by MITgcm is much larger than the response predicted by

the scaling, meaning that the natural carbon ∆pCOa
2 is set by processes other than the

Southern Ocean carbon anomaly, the details of which will be examined in section 5.2.

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The key dynamical difference is the presence of eddies

in the real ocean, but since ∆pCOo2 depends largely on solubility and deepening of the

pycnocline due to increased upper ocean buoyancy, we do not expect that the presence

of eddies will drastically change the results. However, they will affect the timescales over

which ∆pCOo2 adjusts [Gent and McWilliams, 1990, Allison et al., 2011].

5.1.3 North Atlantic surface carbon

In the North Atlantic sub-polar gyre, similarly to the Southern channel, we can use eqn. 5.2

to estimate the local change in ocean pCO2 in the sub-polar gyre, ∆pCOo2, in response

to warming (for the North Atlantic, the overline indicates the spatial average between

0◦ − 20◦E and 40◦ − 60◦N). Figure 5.8 shows the predicted ∆pCOo2 (solid thick line) and

the MITgcm output (squares).
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The

58

Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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Figure 5.8: Change in North Atlantic pCOo
2, as a function of North Atlantic sub-polar

gyre sea surface temperature anomaly ∆T . The squares show MITgcm data from the
base warming experiments and the solid red line is the prediction based solely on solubility
effects (eqn. 5.2).

Unlike the Southern channel, the North Atlantic ∆pCOo
2 does not follow the solubility-

predicted trend. The ∆pCOo2 is negligible for local temperature changes up to ∆T = 2◦C:

the increase in ∆pCOo2 due to the increased temperature via solubility is balanced by

dynamical effects induced by surface buoyancy forcing. The negative dynamical effects

result from the loss of DIC in the upper ocean (0-1000m) due to solubility (see Fig. 5.4c),

since North Atlantic surface waters are sourced from intermediate mode waters more

affected by the surface warming, as opposed to deeper waters in the Southern Ocean.

Past a threshold of ∆T = 2◦C, the change in pCOo2 is only 10% of the predicted value due

to solubility changes. The result suggests that the North Atlantic surface pCOo
2 remains

largely constant with surface warming perturbations. Using the North Atlantic ∆pCOo
2 to

predict the atmospheric ∆pCOa
2 response results in a large mismatch since the predicted

∆pCOa
2 is negligible (not shown).

5.1.4 High latitude carbon response to polar warming

To test the robustness of our results we can perturb the dynamics of the system by

repeating the warming experiments with a different set of forcing profiles. In section 2.3.3,

the base warming profile is one where the percentage warming at the Northern pole is

twice that at the equator.

There is evidence of strong warming in the Arctic in the HadGEM2-ES 2×CO2 and

4×CO2 step experiments however, a phenomenon known as polar amplification [Haywood

et al., 1997, Chapman and Walsh, 1993, Holland and Bitz, 2003, Bekryaev et al., 2010,
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Experiment Northern boundary
temperature TN

Southern boundary
temperature TS

colour code

Base 2β − 1 0
+TN 4β − 3 0
+ + TN 6β − 5 0
+TS 2β − 1 2(β − 1)

Table 5.1: Table listing the restoring temperature perturbations to the Northern and
Southern boundary temperatures in additional warming experiments, where β is the mag-
nitude of the global temperature perturbation, so the 1.2xT experiment has β = 1.2, along
with the respective colour codes used throughout this chapter.

Pithan and Mauritsen, 2014]. The polar warming can be seen in the Atlantic zonal mean

temperature anomalies (Fig. 5.9a), where the Northern pole warms more than other

latitudes and the polar amplification intensifies with the strength of the atmospheric CO2

perturbation. We can use those profiles to construct a second and third set of experiments

whereby the Northern boundary temperature TN is multiplied by factors 4β−3 and 6β−5,

where β is the magnitude of the global temperature perturbation, so the 1.2xT experiment

has β = 1.2. The relative warming at the Northern boundary is therefore increased, to

mimic different degrees of polar amplification. Similarly, we run a fourth set whereby the

temperature restoring is perturbed like in the base warming scenario, but TS is increased

using TS = 2(β − 1), such that TS = 1◦C in the 1.5 × T experiment, modelling milder

Southern Ocean warming, but enough to trigger a shutdown of the bottom overturning

cell [Manabe et al., 1990, Xie et al., 2010, Majkut et al., 2014]. The experiments will be

referred to as the “ + TN”, “ + +TN” and “ + TS” experiments respectively and assigned

a specific colour which will be used throughout this chapter to plot results from the

corresponding experiments. The experiments and colour codes are summarised in table

5.1. To illustrate the effect of the different warming scenarios, Fig. 5.9 shows an example

set of the perturbation in the warming restoring profiles ∆θc for the different sensitivity

experiments for the 1.2× T experiment.

The significance of the boundary conditions is most relevant for convection at high lat-

itudes and the strength of the resulting overturning circulation. Warming of the Northern

temperature in the +TN and + + TN experiments causes an increase in the stratification

in the Northern high latitudes, without increasing the meridional temperature gradient to

the same extent as in the base warming scenarios. The increase in stratification is domi-

nant and causes a reduction in the MOC unlike in the base warming scenario. Similarly,
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Figure 5.9: a) Atlantic zonal mean sea surface temperature anomalies in HadGEM2-ES
2xCO2 and 4xCO2 step experiments relative to the pre-industrial mean; b) Perturba-
tions to the temperature restoring profile �✓c as a function of latitude for the base
(blue), +TNA (red), + + TNA (green) and +TSO (cyan) warming scenarios in a 1.2 ⇥ T
experiment.

The significance of the boundary conditions is most relevant to the convection at

high latitudes and the strength of the resulting overturning circulation. Warming the

northern temperature TN causes increases the stratification through the vertical tem-

perature gradient and therefore a reduction in the MOC. Similarly, a warmer Southern

boundary TS causes a reduction in the AABW bottom water cell. Figure 5.10 shows

the response of both the MOC and AABW cells in the di↵erent sensitivity experiments.

While the MOC decreases with �TG in the +TN experiment, the strong warming in

the + + TN experiment causes an e↵ective shutdown of the circulation for �TG > 8�C.

Similarly, the +TS experiment results in a stronger reduction in the AABW cell relative

to the base scenario, such that the cell is shut down for �TG > 6�C. The result of the

dynamical changes induced by the perturbed temperature restoring boundary conditions
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Figure 5.9: a) Atlantic zonal mean sea surface temperature anomalies in HadGEM2-ES
2xCO2 and 4xCO2 step experiments relative to the pre-industrial mean; b) Perturba-
tions to the temperature restoring profile �✓c as a function of latitude for the base
(blue), +TNA (red), + + TNA (green) and +TSO (cyan) warming scenarios in a 1.2 ⇥ T
experiment.

The significance of the boundary conditions is most relevant to the convection at

high latitudes and the strength of the resulting overturning circulation. Warming the

northern temperature TN causes increases the stratification through the vertical tem-

perature gradient and therefore a reduction in the MOC. Similarly, a warmer Southern

boundary TS causes a reduction in the AABW bottom water cell. Figure 5.10 shows

the response of both the MOC and AABW cells in the di↵erent sensitivity experiments.

While the MOC decreases with �TG in the +TN experiment, the strong warming in

the + + TN experiment causes an e↵ective shutdown of the circulation for �TG > 8�C.

Similarly, the +TS experiment results in a stronger reduction in the AABW cell relative

to the base scenario, such that the cell is shut down for �TG > 6�C. The result of the

dynamical changes induced by the perturbed temperature restoring boundary conditions
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HadGEM2-ES zonal T anomaly MITgcm T restoring

Figure 5.9: a) Atlantic zonal mean sea surface temperature anomalies in HadGEM2-ES at
the end of the 2×CO2 and 4×CO2 step experiments relative to the pre-industrial value;
b) Perturbations to the temperature restoring profile ∆θc as a function of latitude for the
base (blue), +TN (red), + +TN (green) and +TS (cyan) warming scenarios in the 1.2×T
scenario.

a warmer Southern boundary TS causes a reduction in the AABW bottom water cell.

Figure 5.10 shows the response of both the MOC (panel a) and AABW (panel b) cells in

the different sensitivity experiments. Note that the strength of the AABW bottom water

cell is given as the absolute magnitude, since the streamfunction in the AABW bottom

water cell is negative. While the MOC decreases with ∆TG in the +TN experiment, the

strong warming in the + + TN experiment causes an effective shutdown of the circulation

for a ∆TG larger than 8◦C. Similarly, the +TS experiment results in a stronger reduction

in the AABW cell relative to the base scenario, such that the cell is shut down for a ∆TG

larger than 6◦C.

The result of the dynamical changes induced by the perturbed temperature restoring

boundary conditions on the Southern Ocean and North Atlantic pCOo2 is shown in Fig. 5.11

along with the estimated changes due to solubility alone (using eqn. 5.2). In the Southern

channel (Fig. 5.11b), an increased Northern or Southern boundary temperature results

in a reduced pCOo2 anomaly. However, we find that the positive effect of solubility on

pCOo2 is still generally stronger than the negative effect of dynamics. Only in the extreme

Northern warming case, + + TN , are both of the effects roughly equal and opposite, but

only for weak warming where ∆T is less than 2◦. Therefore, we find that the results from

the previous section generally hold, except in cases of extreme of Northern warming.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].

166

predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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(a) (b)

Southern Ocean ΔpCO2o ΔpCO2a

Figure 5.6: a) Change in pCOo
2, in ppm, as a function of Southern channel SST anomaly

�T . The squares show MITgcm data from temperature perturbation experiments and
the solid blue line is the prediction based solely on solubility e↵ects (Eqn. 5.2). b)
Predicted �pCOa

2 in response to Southern Ocean warming using Eqn. 2.30, (blue) and
�pCOa

2 MITgcm output from temperature perturbation experiments (black)

balance the increased surface outgassing, resulting in a small change in DIC (Fig. 5.4d).

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�xbh as the horizontal density window that is outcropped in the southern channel. The

window �xbh can be mapped on a vertical density window �zbv in the ocean interior.

Figure 5.7 shows the evolution of the depth of the density window �zbv as well as the

evolution of �pCOo
2.

After the initial few years, Southern channel pCOo
2 rises with a similar timescale to

the deepening of the density window �bv . The maximum �pCOo
2 is achieved between

100 � 150 years after the initial perturbation. The maximum �pCOo
2 follows Eqn. 5.2

to within a few percent. The maximum �pCOo
2 is therefore set by the solubility but

the timescale is set by the adjustment of the density structure. Following the maximum

in �pCOo
2, there is slow decline associated with accumulation of organic carbon in the

weakening bottom circulation cell [Schmittner, 2005, Schmittner et al., 2007].
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The

58

predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].

166

(a) (b)

Southern Ocean ΔpCO2o ΔpCO2a

Figure 5.6: a) Change in pCOo
2, in ppm, as a function of Southern channel SST anomaly

�T . The squares show MITgcm data from temperature perturbation experiments and
the solid blue line is the prediction based solely on solubility e↵ects (Eqn. 5.2). b)
Predicted �pCOa

2 in response to Southern Ocean warming using Eqn. 2.30, (blue) and
�pCOa

2 MITgcm output from temperature perturbation experiments (black)

balance the increased surface outgassing, resulting in a small change in DIC (Fig. 5.4d).

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�xbh as the horizontal density window that is outcropped in the southern channel. The

window �xbh can be mapped on a vertical density window �zbv in the ocean interior.

Figure 5.7 shows the evolution of the depth of the density window �zbv as well as the

evolution of �pCOo
2.

After the initial few years, Southern channel pCOo
2 rises with a similar timescale to

the deepening of the density window �bv . The maximum �pCOo
2 is achieved between

100 � 150 years after the initial perturbation. The maximum �pCOo
2 follows Eqn. 5.2

to within a few percent. The maximum �pCOo
2 is therefore set by the solubility but

the timescale is set by the adjustment of the density structure. Following the maximum

in �pCOo
2, there is slow decline associated with accumulation of organic carbon in the

weakening bottom circulation cell [Schmittner, 2005, Schmittner et al., 2007].
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The

58

Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The

58

Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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(a) (b)

Southern Ocean ΔpCO2o ΔpCO2a

Figure 5.6: a) Change in pCOo
2, in ppm, as a function of Southern channel SST anomaly

�T . The squares show MITgcm data from temperature perturbation experiments and
the solid blue line is the prediction based solely on solubility e↵ects (Eqn. 5.2). b)
Predicted �pCOa

2 in response to Southern Ocean warming using Eqn. 2.30, (blue) and
�pCOa

2 MITgcm output from temperature perturbation experiments (black)

balance the increased surface outgassing, resulting in a small change in DIC (Fig. 5.4d).

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�xbh as the horizontal density window that is outcropped in the southern channel. The

window �xbh can be mapped on a vertical density window �zbv in the ocean interior.

Figure 5.7 shows the evolution of the depth of the density window �zbv as well as the

evolution of �pCOo
2.

After the initial few years, Southern channel pCOo
2 rises with a similar timescale to

the deepening of the density window �bv . The maximum �pCOo
2 is achieved between

100 � 150 years after the initial perturbation. The maximum �pCOo
2 follows Eqn. 5.2

to within a few percent. The maximum �pCOo
2 is therefore set by the solubility but

the timescale is set by the adjustment of the density structure. Following the maximum

in �pCOo
2, there is slow decline associated with accumulation of organic carbon in the

weakening bottom circulation cell [Schmittner, 2005, Schmittner et al., 2007].
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by processes

other than the Southern Ocean carbon anomaly, the details of which will be examined

in a later section.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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Figure 3.6: Change in pCOo
2, in ppm, as a function of southern channel sea surface

temperature anomaly �T , in �C. The squares show MITgcm data from temperature
perturbation experiments and the solid blue line is the prediction based solely on solu-
bility e↵ects.

Figure 3.6 shows that the modelled response of the southern channel �pCOo
2 follows

the predicted trend based on solubility alone. The error between the prediction and the

modelled response is < 5% in all cases, such that the dynamical component is small.

When a positive temperature perturbation is applied to the ocean, it will result in

globally increased buoyancy and deepening of the pycnocline. Since transport is mostly

adiabatic in the ocean interior, the water that is upwelled in the Southern Ocean travels

along isopycnals that outcrop in the channel. As the pycnocline deepens, the depth from

which water is upwelled therefore deepens as well and exposes more carbon rich water

to the surface (Jones et. al. 2011, Lauderdale et. al. 2013). As the residual circulation

in the southern ocean weakens, the volume of water supplied reduces. However, the

deepening of the pycnocline ensures that the supply of carbon is increased in order to

balance the increased surface outgassing.

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�bh as the horizontal density window that is outcropped in the southern channel. The
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Figure 5.8: Predicted �pCOa
2 in response to Southern Ocean warming using Eqn. 2.30,

(blue) and �pCOa
2 MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains

around 2 times more water volume relative to the upper overturning cell than is estimated

in the real ocean. Observations suggest that the bottom cell contains 1.7 times more

water than the upper cell [Johnson et al., 2008] whereas in the MITgcm model, the

fraction is roughly 3. Since the observed bottom cell is much deeper and contains less

carbon than the model equivalent, we expect that the dynamical e↵ect of the warming

on �pCOo
2 will be less than seen in the model, in which case the solubility e↵ect is even

more dominant. Additionally, since the �pCOo
2 depends largely on solubility, we do not

expect that the presence of eddies will drastically change the results, although they will

a↵ect the timescales over which �pCOo
2 adjusts, since eddies play an important role in

setting the timescale of isopycnal adjustment [Gent and McWilliams, 1990, Allison et al.,

2011].
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(a) (b)

Southern Ocean ΔpCO2o ΔpCO2a

Figure 5.6: a) Change in pCOo
2, in ppm, as a function of Southern channel SST anomaly

�T . The squares show MITgcm data from temperature perturbation experiments and
the solid blue line is the prediction based solely on solubility e↵ects (Eqn. 5.2). b)
Predicted �pCOa

2 in response to Southern Ocean warming using Eqn. 2.30, (blue) and
�pCOa

2 MITgcm output from temperature perturbation experiments (black)

balance the increased surface outgassing, resulting in a small change in DIC (Fig. 5.4d).

To match the deepening of isopycnals and Southern Ocean carbon, we can define

�xbh as the horizontal density window that is outcropped in the southern channel. The

window �xbh can be mapped on a vertical density window �zbv in the ocean interior.

Figure 5.7 shows the evolution of the depth of the density window �zbv as well as the

evolution of �pCOo
2.

After the initial few years, Southern channel pCOo
2 rises with a similar timescale to

the deepening of the density window �bv . The maximum �pCOo
2 is achieved between

100 � 150 years after the initial perturbation. The maximum �pCOo
2 follows Eqn. 5.2

to within a few percent. The maximum �pCOo
2 is therefore set by the solubility but

the timescale is set by the adjustment of the density structure. Following the maximum

in �pCOo
2, there is slow decline associated with accumulation of organic carbon in the

weakening bottom circulation cell [Schmittner, 2005, Schmittner et al., 2007].

166

Figure 5.11: a) North Atlantic ∆pCOo2 and b) Southern Ocean ∆pCOo2 in response to a
local ∆T . The colours correspond to the set of experiments listed in table 5.1, while the
dashed line shows the predictions based on the solubility eqn. 5.2.

In the North Atlantic gyre (Fig. 5.11a), an increased Northern boundary temperature

results in a larger pCOo2 anomaly. However, the response is generally small compared

to the expected trend given by solubility. Only in the extreme Northern warming case,

+ + TN , does the effect of the solubility become significant such that the modelled pCOo2

is just over 50% that of the predicted value using the solubility relationship. We find that

in the North Atlantic, the dynamical effect of the surface warming on pCOo2 is of the same

order and opposite sign as the solubility effect.

In the case of Southern boundary warming (cyan in Fig. 5.11), the stratification in

the Southern Ocean is increased which inhibits the upwelling and mixing of carbon-rich

146



water to the surface (as in eqn. 3.7). The decrease in upwelling causes a negative effect

in the dynamical contribution of Southern Ocean pCO2 to warming, lowering pCOo2. In

the case our Southern boundary temperature perturbations, the buoyancy perturbation

is confined to the Southern Ocean so there is little change in North Atlantic pCOo2 as the

Southern boundary warms.

When comparing the relative response of the Northern and Southern high latitude

pCOo2 to warming at the Northern boundary, shown in Fig. 5.12, we find that as the

Northern pCOo2 increases, the Southern Ocean pCOo2 reduces. The MOC depends on

the shared buoyancy window between the North Atlantic sub-polar gyre and Southern

Ocean [Gnanadesikan, 1999, Nikurashin and Vallis, 2012]. As the Northern pole warms,

the shared buoyancy range is reduced4, however, the residual circulation in the Southern

Ocean varies with the zonal wind stress (and subsequent eddy response), which remains

mostly constant with changes in the boundary temperatures. The system must therefore be

closed by diapycnal mixing [Gnanadesikan, 1999]. As the Northern pole warms, the MOC

becomes more decoupled from the Southern Ocean. More carbon remains in Northern sub-

polar gyre mixed layer and less Northern hemisphere carbon is upwelled in the Southern

Ocean, explaining the observed pattern in the pCOo2 response. Similarly, more heat is

stored in the Northern hemisphere as opposed to the Southern hemisphere. The result

is a North-South dipole pattern whereby the polar warming causes a positive saturated

carbon anomaly in the North and a negative anomaly in the Southern Ocean (e.g. Fig.

5.15a).

The North-South dipole response in high latitude pCOo2 to polar warming is an example

of how dynamics can induce changes in the carbon system that compensate each other

to a certain degree. However, the overall atmospheric pCO2 feedback due to natural

carbon is not set by the high latitude pCOo
2 response (as shown in sections 5.1.2 and

5.1.3), but by global solubility changes. In response to warming, the atmospheric heat

anomaly is absorbed throughout the whole upper ocean. As a result, global solubility

of carbon is reduced and it is the global reduction in solubility which determines the

atmospheric response [Joos et al., 1999, Goodwin and Lenton, 2009]. In terms of natural

carbon, we expect that the high latitudes will therefore only play a small role in setting the

4The ocean density equation can be written as a linear equation in terms of temperature, such that
warming would shift the overlap region between the Northern and Southern density ranges.
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Figure 5.12: Change in Southern Ocean pCO2 as a function of the change in North Atlantic
pCO2 for various warming scenarios.

atmospheric response. Accompanying the solubility changes, large scale ocean dynamics

will adjust to the change in buoyancy forcing. These dynamical changes cause additional

anomalies in saturated, regenerated and disequilibrium carbon. We can use the suite of

MITgcm warming experiments to understand how the ocean carbon reservoirs respond to

the warming-induced dynamical adjustments.

5.2 Carbon compensation and the atmospheric feedback

5.2.1 Carbon reservoirs in warming scenarios

The saturated carbon reservoir has a strong dependency on ocean heat content. However,

the disequilibrium carbon reservoir has a more direct dependence on the global over-

turning circulation than the saturated carbon reservoir. Additionally, the ventilation of

regenerated carbon is also determined by the depth and strength of the large scale over-

turning circulation. Therefore by perturbing the ocean dynamics through polar warming,

we can probe the response of the regenerated, saturated and disequilibrium carbon reser-

voirs. In the next section, we will use surface warming and salinity MITgcm perturbation

experiments, as well as simple box models to quantify the extent to which saturated,

disequilibrium and regenerated carbon changes compensate each other to determine the

resulting atmospheric pCO2 anomaly discussed above. We observe that different compen-

sations occur over different timescales. To illustrate the relevant timescales, Fig. 5.13

shows the time evolution of the atmospheric pCO2 anomaly in the 1.2xT base warming

experiment. There is a clear separation between two phases of adjustment in the system:

an initial increase to the maximum value of ∆pCOa
2 (blue) followed by a decline over the
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following 2600 years to reach an equilibrium after 3000 years of the warming perturbation

(red).
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Figure 5.13: Time series of the atmospheric pCO2 anomaly in the 1.2xT base warming
experiment. The blue line shows the first 400 years and the red line shows the subsequent
2600 years.

Due to the presence of both a centennial and a millennial timescale adjustment of

atmospheric pCO2, we will analyse the ocean’s carbon response at 400 years and at 3000

years.
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along western boundary currents. The density

anomalies in the model are predominantly tem-

perature driven so that surface density anoma-

lies show a similar pattern to the temperature

anomalies. To maintain a pole-to-pole over-

turning circulation, mode waters formed in the

Northern high latitudes must be able to travel

along isopycnals that outcrop in the Southern

channel, so there must be range of densities

shared between the two poles [Wolfe and Cessi,

2010]. Since the North Atlantic warms more

than the Southern channel, the shared density

range between the South and North high lat-

itude is altered, which drives changes in the

overturning circulation. Within 10 years of the perturbation, the MOC decline

is on the order of 1 Sverdrup, 25% of the control mean. After 400 years however,

the MOC recovers and overshoots such that its strength after the perturbation is

higher than in the unperturbed control state.

We define the global mean sea surface temperature TG as the mean of the

ocean temperature between 0-20�E, 60�S to 60�N in the top layer of the ocean,

and the global mean SST anomaly �TG as the di↵erence between TG at a given

time in one of the perturbed experiments and TG in the control integration. Figure

5.2a then shows the MOC strength as a function of �TG after 400 years, showing

an increasing trend. Note that in this section, anomalies are defined as averages

over the last 25 years of a 400 year-long run under a perturbed scenario minus

the control run mean state unless stated otherwise. However, the response of the

model is due to a local increase in convection in the North Atlantic and does not

translate into an increase in the pole-to-pole overturning circulation.

The overall increase in the MOC strength with �TG results from a stronger

meridional temperature gradient since the equator is warmed more than the North-

ern high latitudes (see Fig. 5.1). The stronger meridional temperature gradient
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of pre-formed and regenerated carbon anomalies are dictated by the response of

the upper and lower overturning cells, the solubility and the deepening of the

isopycnals.

Figure 5.5 shows the change in atmospheric pCO2, �pCOa
2, as a function of the

global anomaly in sea surface temperature �TG as modelled in the MITgcm sector

model. For all anomalies �TG, the net result is an increase in atmospheric CO2

as shown in a host of other studies [Sarmiento et al., 1998, Goodwin and Lenton,

2009]. Studies such as Joos et al. [1999] attribute the majority of the atmospheric

CO2 signal to solubility. Our aim is therefore to deduce the role of solubility in

the high latitudes in setting the atmospheric CO2 perturbations, since the high

latitudes form key areas for ocean carbon uptake.
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Figure 5.5: Change in atmospheric CO2 in MITgcm as a function of global sea
surface temperature anomaly �TG.

5.1.2 Southern Ocean carbon

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using the empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 pCOo

2. (5.1)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in

water as the temperature increases, as long as DIC concentrations remain con-

stant. The uncertainty in the variation of pCOo
2 with T is quoted as @ln(pCO2)

@T
=

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�C, so it holds well for the high
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The response of the local ocean pCO2 (pCOo
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Figure 5.14: Change in atmospheric pCO2 in MITgcm warming experiments as a function
of global mean sea surface temperature anomaly ∆TG after a) 400 years and b) 3000 years.
Squares indicate model data from warming experiments according to the colours listed in
table 5.1. The solid lines show the corresponding linear fits.

The response of pCOa
2 to global mean temperature anomalies at 400 and 3000 years

is shown in Figs. 5.14a and 5.14b, respectively. Figure 5.14a shows that ∆pCOa
2 follows

the same linear trend regardless of the boundary conditions after 400 years. The result
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was also tested with a domain 40◦ longitude in width, with a mean MOC of 6.2 Sv and

a AABW cell of 2.2 Sv, and the same trend was found. The trend in ∆pCOa
2 implies

the polar warming-induced dynamical changes have little impact on the net change in

ocean carbon after 400 years. However, after 3000 years, ∆pCOa
2 has decreased and the

global mean sea surface temperature anomaly has increased compared to the year 400, in

all warming experiments as shown in Fig. 5.14b. The reduction in ∆pCOa
2 is stronger

in cases of both Southern Ocean and North Atlantic warming. Therefore on timescales

longer than a few hundred years, dynamical changes appear to have a significant effect on

∆pCOa
2.

To further investigate this result, a set of temperature perturbation experiments are

run whereby the base warming perturbation is imposed, and the Eulerian and eddy ve-

locity fields are prescribed to the control field, such that the circulation is fixed (although

temperature and salinity and therefore density is allowed to vary) . By doing so, we can

isolate the contribution of dynamics, particularly advection, on the carbon system. The

experiment shows that over 400 years, the dynamical contribution is less than 5 ppm at

10◦ of warming (Fig. 5.16a). The results can be explained by the differences in saturated,

disequilibrium and regenerated carbon between the fixed dynamics and freely evolving

experiments (Fig. 5.15). An unperturbed overturning means a higher ocean heat uptake,

causing a loss in saturated carbon (region 1 in Fig. 5.15a), except in the Southern Ocean

where the control residual circulation is stronger such that region 2 is cooler in the fixed

dynamics experiment. The stronger residual circulation exports deep ocean carbon from

the Southern channel into intermediate waters more efficiently resulting in a positive dis-

equilibrium carbon anomaly (region 3 in Fig. 5.15b). The saturated and disequilibrium

carbon anomalies mostly compensate each other over timescales of centuries to millennia

(the picture of Fig. 5.15a-b is therefore roughly constant in time).

The most significant dynamical contribution to the ocean carbon distribution in terms

of the atmospheric CO2 response, over all timescales, is the isolation of regenerated car-

bon in the Northern Hemisphere. The regenerated carbon is isolated because the upper

overturning circulation cell shallows and weakens in warming scenarios (region 5 in Fig.

5.15c) and because regenerated carbon is accumulated in the weakening bottom cell. At

400 years, it is partly balanced by changes in Southern hemisphere biology (region 4) but

over time, the carbon anomaly in both region 5 and in the bottom cell grows (see Fig.
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5.15d). After 3000 years, the isolation of regenerated carbon represents around 20% of the

total net change in pCOa
2 in the base warming scenario.
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Figure 5.15: Zonal mean difference in a) saturated, b) disequilibrium and c) regenerated
carbon after 400 years and d) regenerated carbon after 3000 years between fixed dynamics
and freely evolving MITgcm warming experiment under the base warming scenario.

We can compare the dynamical contribution towards pCOa
2 to that of surface biology.

By fixing the global ocean phosphate field we ensure that the nutrient limitation on surface

biology is constant. The mixed layer biological activity in the fixed phosphate experiments

is constant to within 1% from the control mean. In warming scenarios, surface ocean strat-

ification is increased so the nutrient supply to the surface is reduced, causing a reduction in

surface biological productivity and regenerated carbon. In the fixed phosphate scenarios,

surface biology is kept at elevated levels such that the loss of ocean regenerated carbon is

reduced.

The pCOa
2 changes in the fixed dynamics and biology experiments are shown in Fig.

5.16a and Fig. 5.16 b at 400 and at 3000 years, respectively. The relative contributions

of each of the components (dynamics, solubility and biology) are shown in Fig. 5.16c-d.
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The results shows that after 400 years, the contribution of dynamics to the pCOa
2 anomaly

is small (less than 10% of the total pCOa
2anomaly). While the pCOa

2 anomaly is largely

due to the solubility, changes in surface biology contribute roughly 25% towards the total.

We can calculate the theoretical trend in pCOa
2 using the framework from Goodwin et al.

[2008] (dashed lines in Figs. 5.16a and 5.16b) and compare the theoretical trend with the

results from the fixed nutrient experiments, which match the prediction5.

The results indicate that after 400 years of warming, the pCOa
2 response is dominated

by solubility, which accounts for roughly 75% of the total, with the other 25% being

due to the biological productivity changes, consistent with older studies such as Joos et al.

[1999]. Over this timescale, the effects of dynamical changes cause compensating responses

in disequilibrium and saturated carbon such that the dynamics have a small effect on

atmospheric pCO2. On millennial timescales, however, the strength of the atmospheric

pCOa
2 feedback due to solubility and biology remain roughly constant, but the circulation-

induced isolation of regenerated carbon increases and causes an overall reduction in the

pCOa
2 anomaly.

Figure 5.14b shows that as the Northern and Southern boundaries warm more, the

dynamical contribution increases in strength after millennia and counteracts the effects

of biology and solubility. The most relevant dynamical change induced by the polar

warming for the compensation of the carbon reservoirs over millennia is the strength

and depth of the meridional overturning circulation and the bottom cell, as shown in

Fig. 5.10. We can therefore further explore the mechanisms of the millennial carbon

compensation by perturbing the Northern and Southern boundary salinities. By doing

so, we alter the high latitude buoyancy which will cause similar changes to the large scale

circulation as the warming experiments, but without the solubility effects associated with

warming. Moreover, this approach isolates contributions from the North Atlantic and from

the Southern ocean, without the mid-latitude buoyancy forcing imposed in the warming

experiments. The next section discusses the results of the salinity experiments and how we

can use them to understand compensation of carbon reservoirs over millennial timescales

due to changes in the large scale overturning.

5We use the equation: pCOa2 = pCOa2i exp
(
− V
IB

∂Csat
∂T

∆TO
)

where pCO2i = 302 ppm is the initial

pCO2, V is the ocean volume, IB is the buffered carbon inventory and ∆TO is the change in global
ocean mean temperature, averaged over V , as in section 1.3.2. We used values of V/IB = 0.98 and
∂Csat/∂T = −0.1 gm −3◦C−1 [Goodwin et al., 2008].

152



0 2 4 6 8 10 12

0

10

20

30

40

50

60

70

∆ TG (oC)

∆
 p

CO
2a  (p

pm
)

(°C)

along western boundary currents. The density

anomalies in the model are predominantly tem-

perature driven so that surface density anoma-

lies show a similar pattern to the temperature

anomalies. To maintain a pole-to-pole over-
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shared between the two poles [Wolfe and Cessi,

2010]. Since the North Atlantic warms more

than the Southern channel, the shared density

range between the South and North high lat-

itude is altered, which drives changes in the

overturning circulation. Within 10 years of the perturbation, the MOC decline

is on the order of 1 Sverdrup, 25% of the control mean. After 400 years however,

the MOC recovers and overshoots such that its strength after the perturbation is

higher than in the unperturbed control state.

We define the global mean sea surface temperature TG as the mean of the

ocean temperature between 0-20�E, 60�S to 60�N in the top layer of the ocean,

and the global mean SST anomaly �TG as the di↵erence between TG at a given

time in one of the perturbed experiments and TG in the control integration. Figure

5.2a then shows the MOC strength as a function of �TG after 400 years, showing

an increasing trend. Note that in this section, anomalies are defined as averages

over the last 25 years of a 400 year-long run under a perturbed scenario minus

the control run mean state unless stated otherwise. However, the response of the

model is due to a local increase in convection in the North Atlantic and does not

translate into an increase in the pole-to-pole overturning circulation.

The overall increase in the MOC strength with �TG results from a stronger

meridional temperature gradient since the equator is warmed more than the North-

ern high latitudes (see Fig. 5.1). The stronger meridional temperature gradient
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Figure 5.5: Change in atmospheric CO2 in MITgcm as a function of global sea
surface temperature anomaly �TG.

5.1.2 Southern Ocean carbon

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using the empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 pCOo

2. (5.1)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in

water as the temperature increases, as long as DIC concentrations remain con-

stant. The uncertainty in the variation of pCOo
2 with T is quoted as @ln(pCO2)

@T
=

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�C, so it holds well for the high
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ern high latitudes (see Fig. 5.1). The stronger meridional temperature gradient

158

400 years

of pre-formed and regenerated carbon anomalies are dictated by the response of

the upper and lower overturning cells, the solubility and the deepening of the

isopycnals.

Figure 5.5 shows the change in atmospheric pCO2, �pCOa
2, as a function of the

global anomaly in sea surface temperature �TG as modelled in the MITgcm sector

model. For all anomalies �TG, the net result is an increase in atmospheric CO2

as shown in a host of other studies [Sarmiento et al., 1998, Goodwin and Lenton,

2009]. Studies such as Joos et al. [1999] attribute the majority of the atmospheric

CO2 signal to solubility. Our aim is therefore to deduce the role of solubility in

the high latitudes in setting the atmospheric CO2 perturbations, since the high

latitudes form key areas for ocean carbon uptake.

0 5 10
0

20

40

60

80

∆ T
G

 (oC)

∆
 p

C
O

2a
 (

p
p

m
)

Figure 5.5: Change in atmospheric CO2 in MITgcm as a function of global sea
surface temperature anomaly �TG.
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The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using the empirical relationship determined by Takahashi et al. [1993]:
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an increasing trend. Note that in this section, anomalies are defined as averages

over the last 25 years of a 400 year-long run under a perturbed scenario minus

the control run mean state unless stated otherwise. However, the response of the

model is due to a local increase in convection in the North Atlantic and does not

translate into an increase in the pole-to-pole overturning circulation.

The overall increase in the MOC strength with �TG results from a stronger

meridional temperature gradient since the equator is warmed more than the North-

ern high latitudes (see Fig. 5.1). The stronger meridional temperature gradient
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of pre-formed and regenerated carbon anomalies are dictated by the response of

the upper and lower overturning cells, the solubility and the deepening of the

isopycnals.

Figure 5.5 shows the change in atmospheric pCO2, �pCOa
2, as a function of the

global anomaly in sea surface temperature �TG as modelled in the MITgcm sector

model. For all anomalies �TG, the net result is an increase in atmospheric CO2

as shown in a host of other studies [Sarmiento et al., 1998, Goodwin and Lenton,

2009]. Studies such as Joos et al. [1999] attribute the majority of the atmospheric

CO2 signal to solubility. Our aim is therefore to deduce the role of solubility in

the high latitudes in setting the atmospheric CO2 perturbations, since the high

latitudes form key areas for ocean carbon uptake.
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Figure 5.5: Change in atmospheric CO2 in MITgcm as a function of global sea
surface temperature anomaly �TG.

5.1.2 Southern Ocean carbon

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using the empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 pCOo

2. (5.1)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in

water as the temperature increases, as long as DIC concentrations remain con-

stant. The uncertainty in the variation of pCOo
2 with T is quoted as @ln(pCO2)

@T
=

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�C, so it holds well for the high
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along western boundary currents. The density

anomalies in the model are predominantly tem-

perature driven so that surface density anoma-

lies show a similar pattern to the temperature

anomalies. To maintain a pole-to-pole over-

turning circulation, mode waters formed in the

Northern high latitudes must be able to travel

along isopycnals that outcrop in the Southern

channel, so there must be range of densities

shared between the two poles [Wolfe and Cessi,

2010]. Since the North Atlantic warms more

than the Southern channel, the shared density
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solubility-driven trend based on Goodwin et al. [2008]. Panels c)-d) show the same as a)-b)
but with solid lines which linear fits to MITgcm data and coloured triangles overlain to
show the respective contributions of solubility, dynamics and biology to setting the overall
pCOa

2. The percentages shown are approximate (±10%).

5.2.2 Isolating the effect of the MOC

North Atlantic buoyancy perturbation experiments have been performed in the past using

a wide variety of models. The most notable dynamical change relevant to the carbon

cycle is the decrease in the pole-to-pole meridional overturning circulation (MOC) [Stom-

mel, 1961, Stocker and Wright, 1991, Rahmstorf, 1996, Ganopolski and Rahmstorf, 2001,
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Saenko et al., 2003, Wolfe and Cessi, 2011]. In the perturbation experiments presented

here, we decrease the Northern boundary salinity restoring SN from 34 psu to 32 psu and

perform model integrations for 5000 years. Over the range studied, the strength of the

MOC decreases linearly from 4.2 Sv in the control run with SN = 34 psu to an effective

shutdown at SN = 32 psu (Fig. 5.17a). The depth at which the maximum MOC strength

occurs in the North Atlantic shows an overall shallowing from 650 m to 400 m depth (Fig.

5.17b).

Since only the northern boundary is perturbed, the bottom circulation originating at

the Southern boundary remains roughly constant with a strength of 1.2 − 1.5 Sv (Fig.

5.17c). Therefore the experiments effectively isolate the role of the MOC on atmospheric

carbon, without a large influence from the bottom water cell. Since the salinity pertur-

bations imposed aim to reduce surface buoyancy, isopycnals are depressed leading to a

deepening of the pycnocline (Fig. 5.17d).
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Figure 5.17: Diagnostics in the MITgcm Northern salinity perturbation experiments as a
function of Northern boundary salinity restoring SN : a) Strength of the MOC, b) Depth
of the MOC maximum, c) Bottom overturning cell strength and d) Pycnocline depth.

In the control run (with SN = 34 psu), the MOC consists of a pole-to-pole overturning

circulation extending from the Northern boundary to the Southern channel (Fig. 5.18a).
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Figure 5.18: Meridional overturning stream function (in Sv) after 5000 years for a) control
run strength of 4.2 Sv, b) 2 Sv (SN = 33 psu) and c) 0.1 Sv (SN = 32 psu); and d) the
zonal mean temperature anomaly after 5000 years of the SN = 33 psu MITgcm Northern
salinity perturbation experiment, relative to the control run (in ◦C).

A freshening of the Northern boundary, induced by a weaker salinity restoring value,

reduces the range of isopycnals shared between the Southern channel and the Northern

sub-polar gyre, resulting in a disconnect between the northern and southern high latitude

regions. For a salinity forcing of SN = 33 psu, Fig. 5.18b shows the zonally averaged

overturning streamfunction as a function of latitude and depth, corresponding to an MOC

strength of 2 Sv at the end of the experiment, and illustrates a partial disconnect while still

preserving the diffusive MOC in the Northern Hemisphere (see Fig. 5.3a in section 5.1.1).

Figure 5.18c shows a complete shutdown of the MOC. As the density in the sub-polar

gyre increases, the intermediate water formed north of the Southern Ocean (Antarctic

Intermediate Water) gradually becomes denser than water in the North Atlantic and a

shallower Southern Hemisphere overturning mode is favoured [Manabe and Stouffer, 1999,

Ganopolski and Rahmstorf, 2001, Gregory et al., 2003, Saenko et al., 2003].

The carbon cycle response to a salinity-induced North Atlantic buoyancy change is

complex due to the various processes and associated timescales responsible for different
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carbon reservoirs. A decrease in salinity forcing leads to a weakening of the MOC and

several changes in dynamical and biogeochemical processes:

1. The increase in North Atlantic buoyancy causes a disconnect between the North-

ern hemisphere and Southern hemisphere MOC, as described above. As a result,

less cold deep water from the Northern hemisphere is transported to the Southern

Ocean. Instead, warmer water from tropical origin is circulated within the Southern

Hemisphere, causing warming in the upper 1500m of the Southern hemisphere (see

Fig. 5.18). The warming causes a reduction in the solubility of carbon, resulting in

an initial decrease in ocean saturated carbon Csat (see region 1 in Fig. 5.19 and the

timeseries in Fig. 5.20).

2. The reduction of the upwelling rate in the ocean interior reduces the ventilation of

deep carbon-rich waters, increasing saturated and preformed carbon concentrations

(region 2 in Fig. 5.19). The reduction in northwards heat transport and convection

in the North Atlantic causes a reduction in local ocean heat uptake (see Fig. 5.18d),

increasing the solubility of carbon and therefore Csat (region 3 in Fig. 5.19) [Xie

and Vallis, 2012].

3. The reduction in surface biological productivity reduces the global production of

biological carbon and Creg (region 4 in Fig. 5.19). This is especially prevalent in

the Southern Hemisphere due to the disconnect between the Southern and Northern

hemisphere circulation. At the same time, the shallowing and weakening of the

MOC isolates the biological carbon at depth in the Northern Hemisphere (region

5 in Fig. 5.19). Overall, the reduction in biological carbon due to the reduced

biological productivity is stronger and causes a net decrease in Creg [Schmittner,

2005, Schmittner et al., 2007, Zickfeld et al., 2008]. The decrease in Creg eventually

causes the upwelling water to contain less biological carbon, which in turn results in

a decrease in Cdis (e.g. region 6 in Fig. 5.19).

The processes affecting the carbon reservoirs described above are listed in order of

timescales: such that process 1 acts on decadal to centennial timescales, process 2 acts

on centennial timescales and processes 2 and 3 act on millennial timescales. The time

evolution of each of the reservoirs in the salinity perturbation experiment with SN = 33

psu, corresponding to a 2.1 Sv MOC is shown in Fig. 5.20a. Initially, there is a reduction

in Csat anomalies, as described in process 1 above, followed by a long term restoring toward
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Figure 5.19: Carbon cycle components anomalies in the SN = 33 psu MITgcm Northern
salinity perturbation experiment after 5000 years relative to the control run, in mmol/m3.
The final MOC in the forced experiment is 2.1 Sv. The panels show zonally averaged
anomalies of: a) Cpre, b) Csat, c) Cdis and d) Creg, as function of depth and latitude.

zero due to process 2. The initial increase in the disequilibrium carbon component, Cdis, is

due to the reduction of the circulation and isolation of disequilibrium carbon described in

process 2. However, after 1500 years the global reduction in the biological carbon reservoir

causes a decline in Cdis as upwelling waters hold less excess biological carbon. The decline

in the biological carbon can be seen by the long term decrease in Creg anomalies. Figure

5.20 also shows that while the total carbon stored in each of the carbon reservoirs is vastly

different (see section 1.2.1), the anomalies in each carbon reservoir are comparable to each

other in magnitude.

The interaction of timescales results in an oscillatory-like behaviour of the atmospheric

pCO2 (Fig. 5.20b). An initial increase in pCOa
2 due to ocean loss of Csat is followed by a

decline in pCOa
2 due to the ocean increase in Cdis. Finally, there is a long term decrease in

Creg. The net result over millennia is a partial balance between Cpre and Creg, of which the

loss in Creg is larger, so the pCOa
2 anomaly is positive [Schmittner, 2005, Schmittner et al.,
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2007, Zickfeld et al., 2008]. Overall, the atmospheric pCO2 anomaly is driven by saturated

carbon on timescales less than 1000 years, but afterwards the anomaly is driven by the

regenerated carbon. However, since the relative changes in Creg and Cdis are comparable,

atmospheric pCO2 does not increase by more than 5ppm after several thousands of years.

Such a change is less than seen in other modelling studies with global GCMs such as

Schmittner et al. [2007], Zickfeld et al. [2008] the reasons for which will be explored later

in section 5.2.4.
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 , R, pCO2 and C. The parameter ✏f is referred to as the non-local feedback

parameter since it measures the influence of the local forcing f on the pCOo
2 in rest

of the ocean basin via non-local dynamical and biogeochemical induced changes.

Assuming �pCOo
2H and �CH are positive, the sign of f is determined entirely by

�CH/�� such that:

• ✏f > 0: positive non-local feedback, �pCOo
2E, so a positive ocean pCO2

anomaly is created elsewhere in the basin due to a forcing f. ✏f can only

be positive if �CH/�� is negative and if its contribution is larger than the

e↵ect of the re-distribution term. However, �may also a↵ect biogeochemistry

in such a way that �CH/�� is negative, causing additional feedbacks in

�pCOo
2E.

• ✏f ⇡ 0: no non-local feedback, there is no change in ocean pCO2 outside

the forcing region. This can only occur if �CH/�� is negative and if its

contribution is equal to the e↵ect of the re-distribution term or if there is no

overturning circulation or mixing in the ocean.

• ✏f < 0: negative non-local feedback, �pCOo
2E is the same sign as �pCOo

2H

so a negative ocean pCO2 anomaly is created elsewhere in the basin due to a

forcing f. This can only occur if either �CH/�� is positive or if the non-local

feedback is dominated by the re-distribution term.

We can use the expression �pCOo
2E = ✏f �pCOo

2H to estimate the change in

atmospheric pCO2 due to the non-local feedback by substituting �pCOo
2E into

eqn. 2.27 :

�pCOa
2 = (1 + ✏f

PE

PH

)PH �pCOo
2H +�PH pCOo

2H +�PEpCOo
2E. (2.38)

The feedback induced by a forcing f on pCOa
2 is therefore split into 3 contributions:

• PH �pCOo
2H measures the atmospheric pCO2 feedback due to changes in

local ocean pCO2 due to a forcing f (thermodynamical, dynamical or bio-

geochemical),

• ✏f
PE

PH
PH �pCOo

2H measures the atmospheric pCO2 feedback due to changes

in non-local ocean pCO2 due to a forcing f (through f/ or biogeochemical),

75
Figure 5.20: Carbon cycle response to salinity perturbations: a) ocean carbon cycle com-
ponent anomalies in the SN = 33 psu experiment (with an overturning of 2.1 Sv) relative
to the control run and b) atmospheric pCO2 as a function of time for a range of MOC
strengths in the MITgcm Northern salinity perturbation experiments.

5.2.3 Isolating the effect of the bottom cell

Similar to the North Atlantic salinity perturbation experiments, we run a set of experi-

ments whereby the Southern boundary salinity SS is reduced from 34 psu to 33.2 psu in

increments of 0.2 psu. The most significant change is the reduction in the bottom over-

turning cell from a control value of 1.3 Sv to an effective shutdown at 0.2 Sv (Fig. 5.21a).

The change in Southern boundary density also has an effect on the MOC, which increases

as the bottom cell weakens (Fig. 5.21b). The effect is sometimes referred to as the bi-

polar seesaw [Stocker et al., 1992, Seidov et al., 2001, Brix and Gerdes, 2003, Swingedouw

et al., 2009], although it is model-dependent [Seidov et al., 2005]. As the Southern Ocean

becomes less dense, the range of isopycnals shared with the North Atlantic sub-polar gyre

increases, leading to an increase in the pole-to-pole overturning [Gnanadesikan, 1999, Wolfe

and Cessi, 2011], shown in Fig. 5.21b. The positive surface buoyancy anomaly spreads

throughout the basin and depresses isopyncals, leading to a deepening of the pycnocline

(Fig. 5.21c), as with the Northern boundary perturbation experiments.
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Figure 5.21: Diagnostics in the MITgcm Southern salinity perturbation experiments as a
function of Southern boundary salinity restoring SS : a) Strength of the bottom cell (Sv),
b) Strength of the MOC (Sv) and c) Pycnocline depth (m).

The effects of the dynamical changes induced by the Southern Ocean restoring anomaly

can be summarised by considering their effect on the carbon cycle components:

1. The reduction in deep water formation at the Southern boundary results in the nor-

mally oversaturated subducted waters to be more equilibrated with the atmosphere,

leading to a reduction in Cdis (Fig. 5.22c).

2. Since most of the nutrients and organic matter are remineralized in the upper 2000m

of the ocean, the MOC is mostly responsible for re-supplying these nutrients to the

surface to fuel biological productivity. On the other hand, the bottom water cell

is mostly responsible for flushing biological carbon back into the surface ocean and

atmosphere [Marinov et al., 2006, 2008b]. Therefore, as the bottom water overturn-

ing cell weakens, it accumulates biological carbon (Fig. 5.22d, note the difference in

scales).

3. The remineralization of biological carbon also increases alkalinity. Therefore, as the

bottom cell circulation slows down, alkalinity concentrations build up (Fig. 5.22e)

at the expense of alkalinity in the upper cell. Since higher alkalinity waters can

hold more carbon (due to an increased buffering capacity), the pattern of alkalinity

anomalies dominate the changes in the saturated carbon reservoir (Fig. 5.22b).

The timescales associated with the overturning and mixing of the bottom water cell

are hundreds to thousands of years, so the listed processes affecting the carbon reservoirs

all act over similar millennial timescales. Figure 5.23a shows the time evolution of Cpre,
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Figure 5.22: Carbon cycle component anomalies for the SS = 33.6 psu MITgcm Southern
salinity perturbation experiment, corresponding to a bottom cell strength of 0.2 Sv (after
5000 years) relative to the control run, in mmol/m3: a) Cpre, b) Csat, c) Cdis, d) Creg and
e) alkalinity.

Csat, Cdis and Creg anomalies for a salinity forcing of SS = 33.6 psu, corresponding to

a bottom cell strength of 0.2 Sv at the end of the experiment. The preformed carbon

anomaly is dominated by the disequilibrium component. However, the preformed carbon

anomaly is smaller than the regenerated carbon anomaly over all timescales. The net result

is therefore an increase in ocean carbon content and a decrease in atmospheric pCO2 as

shown in Fig. 5.23b. The atmospheric pCO2 anomalies have a larger amplitude than

160



pCOa
2 anomalies arising from a weakening of the MOC. pCOa

2 anomalies due a weakening

of the bottom cell reach -45ppm, revealing a stronger climate-carbon feedback than due

to reductions in the North Atlantic MOC. The stronger atmospheric CO2 feedback due

to the bottom cell is firstly due to the amount of regenerated carbon the bottom cell

contains. There is therefore less compensation between the regenerated and preformed

reservoirs than in the case of MOC changes. Secondly, the upwelling of bottom water has

a fundamentally different influence on surface biological productivity. The majority of

nutrients are remineralized in the upper cell (due to the exponential decay of the vertical

nutrient flux with depth [Martin et al., 1990]) which are re-circulated and supplied to the

upper ocean North of the Southern Ocean. However, Antarctic Deep Water circulates

mostly south of the Antarctic circumpolar current, so the influence on global biology is

small. Yet, the DIC concentration of deep Antarctic water is high, so its potential to

influence atmospheric pCO2 is high (e.g. Marinov et al. [2006, 2008b]).
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 , R, pCO2 and C. The parameter ✏f is referred to as the non-local feedback

parameter since it measures the influence of the local forcing f on the pCOo
2 in rest

of the ocean basin via non-local dynamical and biogeochemical induced changes.

Assuming �pCOo
2H and �CH are positive, the sign of f is determined entirely by

�CH/�� such that:

• ✏f > 0: positive non-local feedback, �pCOo
2E, so a positive ocean pCO2

anomaly is created elsewhere in the basin due to a forcing f. ✏f can only

be positive if �CH/�� is negative and if its contribution is larger than the

e↵ect of the re-distribution term. However, �may also a↵ect biogeochemistry

in such a way that �CH/�� is negative, causing additional feedbacks in

�pCOo
2E.

• ✏f ⇡ 0: no non-local feedback, there is no change in ocean pCO2 outside

the forcing region. This can only occur if �CH/�� is negative and if its

contribution is equal to the e↵ect of the re-distribution term or if there is no

overturning circulation or mixing in the ocean.

• ✏f < 0: negative non-local feedback, �pCOo
2E is the same sign as �pCOo

2H

so a negative ocean pCO2 anomaly is created elsewhere in the basin due to a

forcing f. This can only occur if either �CH/�� is positive or if the non-local

feedback is dominated by the re-distribution term.

We can use the expression �pCOo
2E = ✏f �pCOo

2H to estimate the change in

atmospheric pCO2 due to the non-local feedback by substituting �pCOo
2E into

eqn. 2.27 :

�pCOa
2 = (1 + ✏f

PE

PH

)PH �pCOo
2H +�PH pCOo

2H +�PEpCOo
2E. (2.38)

The feedback induced by a forcing f on pCOa
2 is therefore split into 3 contributions:

• PH �pCOo
2H measures the atmospheric pCO2 feedback due to changes in

local ocean pCO2 due to a forcing f (thermodynamical, dynamical or bio-

geochemical),

• ✏f
PE

PH
PH �pCOo

2H measures the atmospheric pCO2 feedback due to changes

in non-local ocean pCO2 due to a forcing f (through f/ or biogeochemical),
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Figure 5.23: The change in atmospheric pCO2 as a result of an increase in the ratio f/ ,
along contours of constant � and constant f , plotted for a)-b) the 20� longitude model,
c) the 40� longitude model, d) N⇤ as estimated from WOCE by Ito and Follows [2005]
and B from Keeling [1973]. The thick vertical line indicate the maximum value of f/ 
allowed in the system, along with an uncertainty range. Panel (b) includes data from
MITgcm control run (blue square) and salinity perturbation experiments (red dots) after
1000 years of experiment. The red and blue contours indicate the values of � associated
with the data points. The stars indicate a potential starting point, the blue arrow a
theoretical trajectory if f and � remain constant as  decreases, while the green arrow
shows a more realistic path as f and � vary.

mating � in the mixed layer using: � = N (N + KN )�1 [MONOD, 1949], where N is

the total nutrient concentration N = Nb + Np and KN is the half-saturation constant

[MONOD, 1949] and inferring  /f from the e�ciency of the biological pump N⇤. The

data points (fig. 5.23b) lie within the region bounded by the grey contours, but the

reduction in the overturning causes a strong decrease in � and therefore an apparent
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mating � in the mixed layer using: � = N (N + KN )�1 [MONOD, 1949], where N is

the total nutrient concentration N = Nb + Np and KN is the half-saturation constant

[MONOD, 1949] and inferring  /f from the e�ciency of the biological pump N⇤. The

data points (fig. 5.23b) lie within the region bounded by the grey contours, but the

reduction in the overturning causes a strong decrease in � and therefore an apparent
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40°L20°L

Figure 5.24: The change in atmospheric pCO2 as a result of a reduction in the ratio
f/ , along contours of constant � and constant f for a) the 20� longitude model
and b) the 40� longitude model. Panel (a) includes data from MITgcm control run
(blue) and salinity perturbation experiments (red) after 1000 [[why 1000?]] years
of experiment. The red and blue contours indicate the values of � associated with
the data points. [[panel a is not easy to read because of the overlap - needs to be
fixed]]

in a comparatively larger change in the climate-carbon feedback in pCOa
2 than

with the MOC.

While the importance of bottom cell circulation for the climate has previously

been established [Skinner et al., 2010, Toggweiler et al., 2006], the simple box

models illustrate the compensation between pre-formed and biological carbon. The

new approach highlights the key di↵erences between the upper and bottom cells

in influencing surface biology and atmospheric pCO2, by incorporating the bottom

cell into the mixing mechanism f . Moreover, eqn. 5.10 for atmospheric �pCO2

extends previous studies performed with similar models such as Marinov et al.

[2006, 2008b], by allowing explicit calculations of the atmospheric response to

changes in the overturning, knowing only a handful of pre-industrial parameters

such as N⇤ and � without the need to directly estimate f and  .
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Figure 5.23: First 3000 years of the time series of the carbon cycle response to salinity
perturbations: a) ocean carbon cycle components anomalies for the SS = 33.6 psu experi-
ment (bottom cell strength of 0.2 Sv) relative to the control and b) atmospheric pCO2 for
a range of Southern boundary salinities.

5.2.4 Predicting carbon compensation using box models

The MITgcm experiments show that the magnitude of the atmospheric pCO2 change due

to a high latitude buoyancy perturbation is set by the partial balance in the gain and loss

of Creg and Cpre. We can predict how atmospheric carbon varies with the strength of the

overturning by constructing simple box models for each carbon reservoir. Using the box

models, we can therefore predict the compensation between the carbon reservoirs. We will

use a box model for preformed carbon and for nutrients which are simplified versions of

161



those used in Toggweiler [1999], Toggweiler et al. [2003a] and Bacastow [1996] (see also

section 2.4.2).

For preformed carbon, the model consists of two ocean boxes: a surface box of thick-

ness h with carbon concentration CS (mol/m3) and pCOS2 (ppm), along with a deep box

of thickness H with carbon concentration CD. The layers interact through an overturn-

ing circulation of strength Ψ and mixing of strength f . The mixing, f , parameterises

both diapycnal and isopycnal vertical mixing processes, such as convective mixing in the

Southern Ocean, equatorial upwelling, eddy stirring or diapycnal upwelling in the ocean

interior. The surface ocean exchanges carbon with a well-mixed atmospheric box with a

partial pressure of CO2 given by pCOa2 through a flux Fair−sea, as shown schematically

in Fig. 5.24a, where Fair−sea = k
(
pCOa2 − pCOS2

)
and k is the gas exchange parameter

[Wanninkhof, 1992].

ΨΨ

Fair-sea
Northern  
Oceanh

H

Southern  
Ocean

f

pCO2a

CS, pCO2S

CD

(a)

Np

Np+Nb

ΨΨ

Southern  
Ocean

Fbio

Northern  
Oceanh

H

f

(b)

Figure 5.24: Transport box models for a) preformed carbon and b) nutrients, derived
from Toggweiler [1999], Toggweiler et al. [2003a]. The preformed box models consists of
a surface box of thickness h with carbon concentration CS (mol/m3) and pCOS2 (ppm),
along with a deep box of thickness H with carbon concentration CD and an atmosphere
with a partial pressure of CO2 given by pCOa2 . The nutrient model has a surface ocean
box with nutrient concentration Np and a deep box with concentration equal to Np +Nb.
Tracers are exchanged between the box through an overturning of strength Ψ, vertical
mixing of strength f , an air-sea CO2 flux Fair−sea and biological flux Fbio.

At equilibrium, carbon transport through advection and mixing in the surface box

must be balanced by an air-sea flux such that

ΨCD −ΨCS + f(CD − CS) = k
(
pCOa2 − pCOS2

)
, (5.4)

where we assume that CD > CS and that the atmosphere has other sources and sinks

of carbon which are constant (e.g., the land surface processes). Since we are looking for
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perturbations in pCOa
2 over the pre-industrial state, namely ∆pCOa

2, we will differentiate

eqn. 5.4. As will become apparent later on, the response of the carbon cycle depends on

the relative magnitudes of the overturning and mixing strength, i.e. Ψ/f . Therefore we

choose at this stage to differentiate with respect to Ψ/f and express the equation in the

form:

∆pCOa2 =
f

k
[CD − CS ] ∆ (Ψ/f) , (5.5)

where ∆ (Ψ/f) = (Ψ/f − 〈Ψ/f〉) and “〈 ... 〉” indicates the pre-industrial mean. We as-

sume that the ocean carbon concentrations CD and CS remain the same, as well as the

global surface ocean pCOS
2 .6 The sensitivity of the atmospheric pCO2 anomaly to changes

in Ψ will therefore depend on the difference between deep and surface carbon concentra-

tions, the strength of the mixing f , and the air-sea gas exchange k. For natural carbon,

with CD larger than CS , the overturning and mixing effectively erode gradients between

the two reservoirs, transferring carbon from the deep into the surface box. Therefore, in

this simple formulation, an increase in overturning circulation would lead to an increase

in atmospheric pCO2.

A two-box model can be used to understand the response of nutrients to changes in

the overturning Ψ and mixing f . The surface and deep box can exchange nutrients via

Ψ and f as above but also through a biological flux Fbio, as shown in Fig. 5.24b. The

surface ocean box has a nutrient concentration Np while the deep box has a concentration

equal to Np+Nb, where Nb is the biological component and Np the preformed component.

The biological flux depends on the amount of nutrients upwelled, Ψ(Np+Nb), and surface

limitation of light and nutrients γ, which takes a value between 0 and 1 [Tilman, 1977].

We choose to make the surface biology only dependent on the nutrients upwelled via the

overturning circulation Ψ and not the mixing f for the following reasons:

• In our formulation, we separate the effects of upper and lower overturning cells by

including the bottom overturning cell as part of the vertical mixing f .

• The downward flux of nutrients below the mixed layer decreases with depth [Mar-

tin et al., 1987], therefore the majority of nutrient are remineralized in the upper

6We can make these assumptions because the global ocean contains 50 times more carbon than the at-
mosphere, so a small change in ocean carbon concentrations can still result in a large change in atmospheric
pCO2.
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overturning cell and returned to the surface. The upper cell also has a faster over-

turning timescale than the bottom cell so is therefore more efficient at ventilating

the nutrient-rich deep ocean.

• Marinov et al. [2006] show that the regions South of Antarctic Circumpolar Current

(where Antarctic Bottom Water is formed) are important for the air-sea balance of

CO2, while the regions North of the ACC (where Intermediate Water is formed as

part of the MOC) are important for global export production of carbon. Therefore

the MOC is more important for the supply of surface nutrients, whereas the bottom

overturning cell largely outgasses excess biological carbon.

Conservation of nutrients in the surface ocean therefore requires that:

Ψ [Np +Nb] + fNb = γΨ [Np +Nb] + ΨNp. (5.6)

The biological nutrient component, Nb, refers to the nutrients which are stripped from

the surface layer and exported to the deep ocean via Fbio. Therefore only the preformed

component Np remains at the surface. Similarly, the difference in concentration between

the surface and bottom layer is due to biology (without biology, the nutrients would be

evenly mixed). Since the concentration of preformed nutrients Np is generally an order

of magnitude larger than the biological nutrient concentration [Volk and Hoffert, 1985,

Ito and Follows, 2005], the biological flux depends mostly on the overturning strength for

nutrient supply whereas f is responsible for mixing excess nutrients between the surface

and deep boxes. Using the definition for the efficiency of the biological pump N∗ [Ito and

Follows, 2005], we obtain N∗ = Nb
Np+Nb

(the total average nutrient concentration is taken

as Np + Nb since H is much larger than h). Using eqn. 5.6, we obtain an expression for

N∗ given by:

N∗ =
Ψγ

Ψ + f
. (5.7)

Ito and Follows [2005] derive an expression for the variation in atmospheric pCO2 with

the efficiency of the biological pump:

∂pCOa2
∂N∗

= −RrC:N [Np +Nb] pCO
a
2

CD
, (5.8)

where R is the global mean Revelle Buffer Factor and rC:N is the Redfield ratio between

carbon and nutrients. The perturbation in atmospheric pCOa
2 as function of f/Ψ is given

by:

∆pCOa2 = −RrC:N [Np +Nb] pCO
a
2

CD
γ

[
1

f/Ψ + 1
−
〈

1

f/Ψ + 1

〉]
. (5.9)
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f/Ψ is of order 1 Toggweiler [1999], Toggweiler et al. [2003a], so we cannot linearize

the expression for N∗. If the global light limitation factor γ increases, more carbon is

sequestered into the ocean and pCOa
2 goes down so in this case ∆pCOa2 will be negative.

On the other hand, if the mixing f increases, more excess biological carbon is mixed from

the deep into the surface ocean and pCOa
2 is increased so in this case ∆pCOa2 will be

positive. As the overturning strength Ψ increases, more nutrients are cycled through the

surface leading to an increase in biological export and a drawdown of pCOa
2.

Combining equations 5.5 and 5.9, the net change in atmospheric pCOa
2 is:

∆pCOa2 =
f

k
[CD − CS ] ∆ (Ψ/f)− RrC:N [Np +Nb] pCO

a
2

CD
γ ∆

(
1

f/Ψ + 1

)
. (5.10)

Averaged values of k, CD, CS , R, Nb and Np can be obtained from models. The values of

f are γ are less certain. γ is constrained to be less than 1 (biology cannot be more than

100% efficient). Therefore using eqn. 5.7, we obtain the following constraint

N∗
(

1 +
f

Ψ

)
< 1. (5.11)

For the MITgcm control run, with an estimated N∗ = 0.14, f/Ψ has to be less than 6.

Since γ is usually on the order 0.3− 0.4 [Ito and Follows, 2005], we calculate the response

of pCOa
2 for a range of values of f/Ψ. The maximum value is given by the constraint 5.11

and the minimum value is set by N∗ = 0.14, such that γ must be at least 0.14. The most

likely value of f/Ψ is therefore 2 − 3, given the parameter values for N∗ and γ stated

above, similar to the range of Toggweiler [1999] who suggest f/Ψ should be in the range

of 2− 4.

For all possible control values of f/Ψ, we can calculate the total change in pCOa
2 due to

a change in the MOC and both the preformed and biological reservoirs. Figure 5.25 shows

the change in pCOa
2 as a function of the ratio f/Ψ, calculated using eqn. 5.10 for different

values of the parameter γ and assuming that f is constant and while Ψ is varying. For all

salinity perturbation experiments, we find the constraint on f/Ψ < 6 remains relatively

constant. If γ and f are constant, as the MOC weakens (and f/Ψ increases), the system

will reach a new equilibrium which will lie on a black line of constant γ. For example,

consider a control value of f/Ψ indicated by the star in Fig 5.25a. As the MOC weakens,

the new equilibrium will lie on the line indicated by the blue arrow (in the case that γ

and f are constant).
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Figure 5.23: The change in atmospheric pCO2 as a result of an increase in the ratio f/ ,
along contours of constant � and constant f , plotted for a)-b) the 20� longitude model,
c) the 40� longitude model, d) N⇤ as estimated from WOCE by Ito and Follows [2005]
and B from Keeling [1973]. The thick vertical line indicate the maximum value of f/ 
allowed in the system, along with an uncertainty range. Panel (b) includes data from
MITgcm control run (blue square) and salinity perturbation experiments (red dots) after
1000 years of experiment. The red and blue contours indicate the values of � associated
with the data points. The stars indicate a potential starting point, the blue arrow a
theoretical trajectory if f and � remain constant as  decreases, while the green arrow
shows a more realistic path as f and � vary.

mating � in the mixed layer using: � = N (N + KN )�1 [MONOD, 1949], where N is

the total nutrient concentration N = Nb + Np and KN is the half-saturation constant

[MONOD, 1949] and inferring  /f from the e�ciency of the biological pump N⇤. The

data points (fig. 5.23b) lie within the region bounded by the grey contours, but the

reduction in the overturning causes a strong decrease in � and therefore an apparent
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Figure 5.25: The change in atmospheric pCO2 as a result of an increase in the ratio f/Ψ,
with black lines of constant γ and constant f , plotted for a) the 20◦ longitude model,
with panel (b) showing MITgcm data from the 20◦ longitude Northern salinity restoring
perturbation experiments, c) the 40◦ longitude model, d) N∗ as estimated from WOCE
by Ito and Follows [2005] and R from Keeling [1973]. In panel (b) the MITgcm control
run is shown with a blue square and salinity perturbation experiments on red circles after
5000 years of experiment. The red and blue contours indicate the values of γ associated
with the data points. The stars indicate an example control value of f/Ψ, the blue arrow
a theoretical line for a new equilibrium given a constant f and γ. The green arrow shows
a more realistic line for a new equilibrium with reduced MOC, since f and γ vary.

However, since vertical mixing is linked to the MOC, f is not constant. As the MOC

weakens and surface nutrient supply becomes more limited, γ decreases. Allowing for f

to vary, the system therefore equilibrates on a different black line, at a different γ, than

the one indicated by the blue arrow (see Fig. 5.25a, indicated schematically by the green

arrow). The maximum change in atmospheric pCO2 is then set by the minimum value of

γ in the system. This explains why we see maximum changes in pCOa
2 of less than 10ppm

in the model.
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We can calculate where the MITgcm data lie on the diagram in Fig. 5.25a by estimating

γ in the mixed layer using: γ = N (N +KN )−1 [Monod, 1949], where N is the total

nutrient concentration N = Nb + Np and KN is the half-saturation constant [Monod,

1949] and inferring f/Ψ from the efficiency of the biological pump N∗. The data points

(Fig. 5.25b) lie within the region bounded by the grey contours, but the reduction in the

overturning causes a strong decrease in γ and therefore an apparent reduction in f/Ψ. One

caveat of the approach is the assumption that the biological and preformed responses are

decoupled. In reality, they are coupled through Cdis, therefore part of the excess upwelled

biological carbon mixed in the surface through f will be downwelled again, resulting most

likely in a smaller change in pCOa
2.

Results from a similar model with a domain twice the width, i.e. 40◦ in longitude, and

stronger MOC (6.2 Sv) show a larger change in atmospheric pCO2 compared to the 20◦

longitude model. Using eqn. 5.10 with the 40◦ longitude model reveals that the difference

is due to the relative efficiencies of the biological pump (since we saw in section 2.4.1 that

surface biology was relatively weak in the 20◦ in longitude model setup). The 40◦ longitude

model has a higher N∗ (at N∗ = 0.17) and therefore a larger increase in atmospheric pCO2

can be achieved by reducing the MOC strength (Fig. 5.25c). The difference is therefore

not explicitly dependent on the absolute magnitude of the MOC in the control, though a

stronger MOC will lead to a more efficient supply of nutrients to the surface, and a higher

value of N∗.

Previous studies such as Schmittner et al. [2007] and [Zickfeld et al., 2008] model

atmospheric pCO2 changes up to 30 ppm in response to an MOC shutdown, which is

larger than predicted from our simulations. However, Ito and Follows [2005] analyze

WOCE7 data to estimate N∗ to be 0.36, as opposed to 0.16 in our simulations. Using

this value gives an upper bound on f/Ψ of 1.8. Using 1.8 for f/Ψ and an estimate of

the Buffer Factor R from Keeling [1973] produces the diagram shown in fig. 5.25d, which

allows for changes in atmospheric pCO2 up to 34ppm. While the simple models used to

estimate atmospheric pCO2 changes in response to MOC changes seem to yield reasonable

values, the low biological pump efficiency N∗ in the present MITgcm model setup causes

an underestimation of the pCOa
2 changes.
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Diagrams such as Fig. 5.25a-d are useful for estimating the range of atmospheric

pCO2 changes one can expect due to a weakening of the MOC. While the magnitude of

the steady state MOC appears in eqn. 5.10 for preformed carbon, the dominant response

is given by the regenerated carbon reservoir since the net change in atmospheric pCO2

is always positive. The atmospheric pCO2 response is therefore found to be dictated by

N∗ and therefore 〈f/Ψ〉. A stronger overturning relative to mixing of biological carbon

through f supplies more nutrients to the surface driving a stronger biological pump, which

results in a stronger atmospheric response due to MOC changes. All that is required to

estimate the range of atmospheric pCO2 changes are estimates of N∗, nutrient and DIC

concentrations and surface ocean pCO2 in the control state (the ratio f/Ψ can be inferred

from eqn. 5.7).

The simple models can also be applied to study the response of atmospheric CO2 to

reductions in the bottom overturning cell. The models shown in Fig. 5.24 separate the

MOC, via Ψ, from other vertical processes within the ocean through the mixing term f ,

so the bottom cell is therefore included within the mixing term f in our formulation. We

can study the response of the preformed and regenerated ocean carbon to changes in the

bottom cell by calculating the change in atmospheric pCO2 as f decreases using eqn. 5.10

while holding Ψ constant. Figure 5.26 show the results of the calculation for both the 20◦

and 40◦ longitude models. Fig. 5.26a shows that the range of atmospheric ∆pCO2 due
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Figure 5.23: The change in atmospheric pCO2 as a result of an increase in the ratio f/ ,
along contours of constant � and constant f , plotted for a)-b) the 20� longitude model,
c) the 40� longitude model, d) N⇤ as estimated from WOCE by Ito and Follows [2005]
and B from Keeling [1973]. The thick vertical line indicate the maximum value of f/ 
allowed in the system, along with an uncertainty range. Panel (b) includes data from
MITgcm control run (blue square) and salinity perturbation experiments (red dots) after
1000 years of experiment. The red and blue contours indicate the values of � associated
with the data points. The stars indicate a potential starting point, the blue arrow a
theoretical trajectory if f and � remain constant as  decreases, while the green arrow
shows a more realistic path as f and � vary.

mating � in the mixed layer using: � = N (N + KN )�1 [MONOD, 1949], where N is

the total nutrient concentration N = Nb + Np and KN is the half-saturation constant

[MONOD, 1949] and inferring  /f from the e�ciency of the biological pump N⇤. The

data points (fig. 5.23b) lie within the region bounded by the grey contours, but the

reduction in the overturning causes a strong decrease in � and therefore an apparent
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mating � in the mixed layer using: � = N (N + KN )�1 [MONOD, 1949], where N is

the total nutrient concentration N = Nb + Np and KN is the half-saturation constant

[MONOD, 1949] and inferring  /f from the e�ciency of the biological pump N⇤. The

data points (fig. 5.23b) lie within the region bounded by the grey contours, but the

reduction in the overturning causes a strong decrease in � and therefore an apparent
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Figure 5.26: The change in atmospheric pCO2 as a result of a reduction in the ratio f/Ψ,
along contours of constant γ and constant f for a) the 20◦ longitude model and b) the 40◦

longitude model. Panel (a) includes data from MITgcm control run (blue) and salinity
perturbation experiments (red) after 5000 years of experiment. The red and blue contours
indicate the values of γ associated with the data points.
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to changes in the bottom cell is much larger than the MOC (compare with Fig. 5.25a).

Much like the MOC response, the MITgcm data shows that instead of following a curve

of fixed γ, γ decreases as f decreases. However, the reduction in γ due to changes in

the bottom cell is less than that seen due to MOC changes. In the Northern salinity

perturbation experiments where SN is varied, γ is reduced by about 80% for the MOC

shutdown, whereas a shutdown of the bottom cell only causes a reduction of 40% in γ,

relative to the control state. The MOC therefore takes a key role in supplying the surface

ocean with nutrients. The bottom cell predominantly stores excess biological carbon,

which is released into the atmosphere, and excess nutrients which are mostly re-subducted

instead of being used up by biology. A reduction in the bottom cell therefore accumulates

carbon without affecting surface biology to the same extent as the MOC, resulting in a

comparatively larger change in the climate-carbon feedback in pCOa
2 than with the MOC.

While the importance of bottom cell circulation for the climate has previously been

established [Skinner et al., 2010, Toggweiler et al., 2006], the simple box models illustrate

the compensation between preformed and biological carbon. The new approach highlights

the key differences between the upper and bottom cells in influencing surface biology

and atmospheric pCOa
2, by incorporating the bottom cell into the mixing mechanism f .

Moreover, eqn. 5.10 for atmospheric ∆pCO2 extends previous studies performed with

similar models such as Marinov et al. [2006, 2008b], by allowing explicit calculations of

the atmospheric response to changes in the overturning, knowing only a handful of pre-

industrial parameters such as N∗ and γ without the need to directly estimate f and Ψ.

5.3 Conclusions and climate implications

5.3.1 Implications for anthropogenic carbon

The aim of this chapter was to quantify oceanic carbon inventory changes due to ocean

warming in the context of climate change. Firstly, we examined the response of North

Atlantic and Southern Ocean pCO2 to elevated sea surface temperatures. The North

Atlantic and Southern Ocean are important for mixing atmospheric carbon anomalies

into the deep ocean [Caldeira and Duffy, 2000, Sabine et al., 2004, Khatiwala et al., 2009,

Frolicher et al., 2015]. Under warming scenarios, we therefore expect the behaviour of the

high latitude ocean pCO2, pCOo
2, to affect the anthropogenic carbon uptake.
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We find that the North Atlantic pCOo
2 is relatively constant under increases in surface

warming up to 2◦C, which agrees with other studies such as Halloran et al. [2015], who

suggest that projected long-term trends in the North Atlantic carbon sink are not driven

by temperature, but by chemical processes. As atmospheric pCO2 rises due to emissions

of carbon, we therefore expect the North Atlantic carbon sink to be equally efficient at

absorbing anthropogenic carbon, Cant, under different degrees of warming. Conversely,

the Southern Ocean pCOo
2 is found to increase as the global ocean warms following an

empirical relationship for pCO2-temperature solubility [Takahashi et al., 1993]. As the

warming increases, the Southern Ocean will most likely become less efficient at absorbing

the atmospheric carbon anomaly. To quantify the evolution of the ocean anthropogenic

carbon sink as the climate warms, similar anthropogenic carbon experiments as described

in Chapter 3 are performed. At the same time as the step forcing in surface temperature

restoring is applied, a 260 ppm pulse of carbon is introduced into the atmosphere after

which the system is left to equilibrate. The difference in air-sea carbon flux between the

anthropogenic pulse experiment and the temperature perturbation-only run then gives the

anthropogenic carbon flux F antair−sea. The anthropogenic pulse experiments were only run

for 400 years since subsequent differences in anthropogenic carbon uptake between the

forcing scenarios are small after this time.

Figure 5.27a shows the time-integrated (cumulative) anthropogenic carbon flux at year

400 in the control run (with no temperature forcing), and Fig. 5.27b shows the change in

the cumulative flux in the 1.3×T experiment relative to the milder 1.1×T run (where red

indicates ocean uptake and blue indicates ocean outgassing of carbon). The cumulative

F antair−sea in the Southern Ocean is generally reduced due to the stronger warming while

the flux in the North Atlantic is stronger. We must take care to consider the atmospheric

pCO2 contribution to the flux, since pCOa
2 is higher in the 1.3×T experiment due to the

background natural carbon response. Therefore, while the North Atlantic pCOo
2 remains

roughly constant, the air-sea carbon flux increases with the strength of the warming. Only

a comparison between 1.3×T and 1.1×T experiments is shown, but the same patterns are

observed for all simulated amounts of global warming.

The evolution of the anthropogenic carbon flux can be quantified by considering the

cumulative uptake. Figure 5.27c shows the cumulative anthropogenic carbon air-sea flux

integrated spatially over both the Southern Ocean and North Atlantic after 400 years of
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Figure 5.27: a) Cumulative anthropogenic carbon flux F antair−sea in MITgcm at year 400
after a pulse emission without any temperature changes, b) difference in the cumulative
F antair−sea after 400 years between 1.3×T and 1.1×T experiments; c) Cumulative F antair−sea
over the North Atlantic (red) and Southern Ocean (blue) after 400 years as a function of
global temperature anomaly ∆TG. The data points with the grey outline correspond to
the 1.1×T experiment and those with the black outline, to the 1.3×T experiment.

experiment as a function of the global mean temperature anomaly ∆TG. As the global

mean temperature forcing increases, the cumulative flux in the Southern Ocean reduces

whereas the North Atlantic cumulative flux increases at a similar rate (except for the

extreme value of ∆TG = 9◦C global warming). Figure 5.27c also shows that as the warming

increases, the difference in anthropogenic carbon uptake between the North Atlantic and

Southern Ocean is reduced.

The relative responses of the Southern Ocean and North Atlantic Cant sinks are roughly

equal and opposite. The implication is that the rate of ocean uptake of anthropogenic

carbon is roughly constant under different amounts of warming. Figure 5.28a shows the

time evolution of the total oceanic Cant, converted to equivalent atmospheric pCO2 taken

up, for a range of global mean warming up to ∆TG ≈ 10◦C (equivalent to the 1.5×T

experiment). The spread between the total uptake at year 400 is 12 ppm, which represents

a 5% difference from the lowest warming case. The largest spread occurs in the first 150

years due to the different timescales of North Atlantic carbon adjustment (Fig. 5.28a).

The consistency in Cant uptake across the range of global mean warming in Fig. 5.28a
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Figure 5.28: Atmospheric pCOant
2 taken up by the ocean for different amounts of global

mean warming ∆TG, in ppm from a total of 260ppm, for the a) base warming, b) ‘++TN ’
and d) ‘+TS ’ scenarios.

is also seen in similar anthropogenic pulse runs for the ‘+TN ’ , ‘+ + TN ’ (Fig. 5.28b) and

‘+TS ’ (Fig. 5.28c) experiments. Northern warming in the ‘+TN ’ and ‘+ + TN ’ scenarios

results in a decrease in the upper cell of the overturning, as well as a decrease in the

meridional SST gradient. Both reduce the cooling heat flux experienced by waters advected

by the sub-tropical western boundary current which studies identify as an important factor

in determining the North Atlantic Cant uptake8 [Alvarez et al., 2003, Macdonald et al.,

2003, Roson et al., 2003, Quay et al., 2007, Perez et al., 2013]. A weakening of the MOC

decreases Cant downstream of the sub-tropical gyre western boundary current, as observed

in the model (fig. 5.29b) and so North Atlantic Cant is reduced, while Southern Ocean

Cant is increased. Consequently, the North Atlantic and Southern Ocean anthropogenic

carbon uptake compensate such that the overall uptake of Cant remains roughly constant

as the system warms.

In sections 5.1 and 5.2 we saw that the low latitude warming determines 75% of the

natural atmospheric pCO2 response over centennial timescales. The low latitudes also

show the strongest air-sea flux of anthropogenic carbon within the first decade of the

pulse. However, due to the shallow circulation, no significant amount of anthropogenic

carbon is permanently stored there. After the first decade, the anthropogenic carbon

is either advected polewards or released into the atmosphere on the eastern side of the

8More than 50% of the anthropogenic carbon in the North Atlantic sub-polar gyre was transported into
the region via the upper cell of the MOC
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Figure 5.29: a) Cumulative F antair−sea flux over the North Atlantic (red) and Southern
Ocean (blue) at year 400 as a function of global temperature anomaly ∆TG in the +TN ’
experiment, b) The difference in the anthropogenic pCOo

2 signal between the ‘+TN ’ and
base warming experiments, in ppm.

gyres (see Fig. 5.27a). As the oceans warm and the meridional temperature gradient

increases, the heat flux out of the ocean along the western boundary increases causing

an increased uptake of carbon. However, the return flow in the eastern part of the gyre

will experience an increased heat flux into the ocean causing strong outgassing of the

anthropogenic carbon. The total zonal sum of the uptake is therefore small in the mid-

latitudes compared to the high latitudes.

In response to warming, the full atmospheric carbon response (natural + anthro-

pogenic) will therefore be dictated by the low latitudes release of natural carbon, since

the high latitude response to temperature buoyancy forcing is compensated between the

Northern and Southern high latitudes.

5.3.2 Implications for natural carbon

The low-latitude natural atmospheric pCO2 feedback is determined by the global mean

temperature on centennial timescales. The solubility trend in pCOa
2 accounts for around

75% of the signal, while the reduction in surface biology accounts for the remaining 25%.

The effects of dynamical adjustment were found to be negligible over centennial timescales;

this was tested by fixing ocean dynamics and perturbing boundary conditions. As a result

of changing dynamics, the change in saturated carbon Csat due to a redistribution of
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heat is compensated by an almost equal and opposite change in the disequilibrium carbon

component, Cdis, due to a slowing of mode water formation.

An important region in the centennial carbon compensation is the Southern Ocean,

where the Antarctic Intermediate Water (AAIW) is formed. The disequilibrium carbon

reservoir, Cdis, is generally large in AAIW [Lauderdale et al., 2013] so any change in AAIW

formation will affect global Cdis concentrations. An important factor in the formation of

AAIW is the Southern Ocean residual circulation, which weakens only slightly due to

the warming. In the presence of stronger eddies, the bolus circulation will respond more

strongly to changes in horizontal density gradients. We can mimic a stronger eddy response

by increasing the value of the eddy diffusivity, κGM , manually in the MITgcm model.

By increasing κGM , buoyancy perturbations will cause a stronger response in the bolus

circulation to surface warming and therefore the residual circulation will be altered. A

perturbed residual circulation affects how the Cdis reservoir responds to surface warming,

breaking the dynamical balance between Cdis and Csat.

Figure 5.30 shows the atmospheric pCO2 anomaly after 400 years for the same warming

experiments as shown in Fig. 5.14a, along with a base warming scenario where we double

the strength of the eddy response by doubling the eddy diffusivity κGM . The increase

in eddy forcing leads to a reduction in the residual circulation and a reduced change in

pCOa
2 compared to all other warming experiments. The results show that strong changes

in local dynamics induced by additional climate forcing such as wind stress could break

the balance of dynamical carbon compensation.

These new results provide insights into the global feedback since understanding ocean

anthropogenic carbon alone will not provide a full picture of the carbon feedback. Stud-

ies such as Plattner et al. [2001] find that the ocean carbon feedback to global warming

is dominated by the low latitudes on timescales of longer than a century and the study

presented here suggests that this is due to the natural carbon feedback rather than any

anthropogenic carbon signal. Moreover, it is shown that the response is independent of

dynamics over centennial timescales. Changes in biological productivity due to anthro-

pogenic carbon were not addressed, such as ocean acidification at higher concentration

of dissolved CO2, since such feedbacks are not included in the MITgcm. Global mean

biological productivity will likely decrease as the global temperature rises [Caldeira and
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Wickett, 2003, Orr et al., 2005, Solomon et al., 2007, Doney et al., 2009], though the

climate impact of such changes is uncertain. The simplicity of the biological model is

therefore a limitation in the presented study.

Compensations between ocean carbon reservoirs limit the overall atmospheric pCO2

changes over longer timescales as well. Over millennial timescales, an increase in stratifi-

cation due to global surface warming causes an accumulation of regenerated carbon Creg

at depth which reduces the overall atmospheric pCO2 response to warming. Similarly,

perturbations in the large scale overturning result in a partial balance between Cdis and

regenerated carbon. Using idealised salinity perturbation experiments and box models, a

decrease in the upper overturning cell results in an increase in pCOa
2 due a loss in Creg.

However, the response in pCOa
2 to a decreasing overturning is generally small (5 ppm in

the MITgcm, 30ppm in the real ocean) due to the partial compensation of Cdis with Creg.

For example, in the SN = 33 psu experiment, corresponding to an MOC of 2.1 Sv, if

there was no compensation between Creg by Cdis, the atmospheric pCO2 change would

be 15 times larger since the regenerated carbon reservoir is decreased by 10%. In this

case, atmospheric pCO2 change could be of order 80 ppm, instead of 5 ppm, in response

to MOC changes in the MITgcm, or up to hundreds of ppm in the real ocean.

175



A similar balance occurs as a result of a decrease in the bottom overturning cell.

However, the increase in Cdis is larger than the reduction in Creg because the bottom cell

mainly ventilates old regenerated carbon rather than supplying the surface with necessary

nutrients for biological production. Studies such as Marinov et al. [2006] allude to such a

split by recognising that the sub-polar and sub-Antarctic regions of the Southern Ocean

play different roles in the ocean carbon cycle, though they do not elaborate on the role of

both overturning cells.

Using the insights from the salinity perturbation experiments and the box models,

the millennial atmospheric pCO2 changes in Fig. 5.14 can be interpreted. Previously,

it was shown that the boundary conditions make little impact on atmospheric pCO2 on

centennial timescales. On millennial timescales, a reduction in the sensitivity of the pCOa
2

anomaly of 10-15 ppm in the Southern warming experiments is modelled, relative to the

base warming case (cyan line in Fig. 5.14b). Such a change is consistent with the Southern

salinity perturbation experiments and is mainly driven by the accumulation of regenerated

carbon in the bottom overturning cell.

The North Atlantic warming experiments are expected to show an elevated sensitivity

of pCOa
2 to ∆TG of up to 5ppm in the most extreme cases of polar warming. However, Fig.

5.14b shows a decrease in the sensitivity of pCOa
2 of up to 35ppm. Section 5.2.2 shows

that the pCOa
2 contribution due to dynamical changes is negative and becomes significant

after a few centuries. The differences in the saturated and disequilibrium carbon reservoirs

between the ++TN Northern warming and the base warming scenario are small and mostly

compensate each other when averaged over the whole basin. However, the difference in

the regenerated carbon reservoir is comparatively much larger (Fig. 5.31). The change in

pCOa
2 due to the dynamics is therefore largely associated with the isolation of biological

carbon in the Northern Hemisphere. To some extent this effect is seen in the base warming

scenario, which results in the reduction in the pCOa
2 anomaly between 400 and 3000 years

in Fig. 5.14, though it is not as pronounced.

In the Northern salinity perturbation experiments, there is a similar isolation of Creg

in the Northern hemisphere. However, in the salinity experiments, the increase in Creg

is over-compensated by the reduction in surface biology in the Southern hemisphere and

consequently, the reduction of Creg in the bottom overturning cell (see Fig. 5.19d). In
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Figure 5.31: Zonal mean difference in a) saturated, b) disequilibrium and c) regenerated
carbon after 3000 years between the ++TN and base warming MITgcm warming scenarios
in the 1.4×T experiment.

all warming experiments however, Creg accumulates in the slowing bottom overturning

cell, which is weakened because of an increase in Southern channel stratification (as in

Fig. 5.22). Due to the presence of mid-latitude warming in all warming scenarios, the

increase in stratification in ++TN experiments affects surface biology less than the salinity

perturbation experiments. For example: consider a weakening of the MOC of 2 Sv. The

2 Sv reduction can be achieved by either a Northern boundary salinity perturbation or by

increasing the Northern boundary temperature TN between two warming experiments. In

the case of salinity forcing, the reduction in Southern hemisphere biology is 35%. However,

Southern hemisphere biology is only reduced by 14% in the case of increased Northern

warming. Therefore, Northern warming gives a negative atmospheric pCO2 anomaly,

unlike an isolated salinity perturbation. As the Northern boundary warming increases,

the reduction in pCOa
2 also increases. In the case of strongest Northern boundary warming,

+ + TN , the dynamical changes reduce the net pCOa
2 change by 60% and compensate for

a large proportion of the changes in Csat.

On millennial timescales, the negative dynamical feedback of warming on pCOa
2 is

therefore strengthened by polar warming and the Creg reservoir compensates the changes

in saturated carbon, Csat. In case of strong polar warming, the compensation can lead

to small perturbations in atmospheric pCO2 of less than 10 ppm for 8◦C of global mean

surface warming, which has not been addressed in similar studies such as Joos et al. [1999].

The high-latitude warming-induced compensation is relevant for the real ocean since both

observations and coupled climate model point towards a polar amplification of sea surface
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temperatures in the contemporary and future ocean [Manabe and Stouffer, 1980, Holland

and Bitz, 2003, Reynolds et al., 2007, Timmermans and Proshutinsky, 2014].

The dominance of the isolation of Creg in the Northern hemisphere compared to the

Southern hemisphere Creg anomaly in the warming experiments demonstrates the non-

linearity of the system. While isolated perturbation experiments, such as the salinity

experiments, can give valuable insight into the physical mechanisms setting the carbon

cycle response due to particular forcings, the combined result is often not a simple linear

superposition (e.g. Schwinger et al. [2014]). The strength of the non-linear response in

pCOa
2 can be larger than predicted from the individual perturbation experiments and

theoretical predictions.

A caveat of the present study is the simplicity of the model, particularly the domain

bathymetry. While the MITgcm model simulates the important features needed for this

study, namely a large scale overturning circulation, the strength of the MOC is relatively

weak and the bottom overturning cell is relatively large compared to the real ocean.

However, the goal of the study is to give estimates of the magnitude of the warming-

induced climate-carbon feedback and the mechanisms causing the feedback. To that end,

idealised geometry and forcing scenarios are employed. For detailed estimates of the future

climate-carbon feedback and associated errors, a more realistic geometry, biological model

and forcing scenarios are required.

The overall message is that ocean warming results in both thermodynamic and dynamic

changes which result in large perturbations in the individual ocean carbon reservoirs. If

uncompensated, atmospheric pCO2 anomalies could be of the order of the anthropogenic

CO2 perturbation. However, dynamical perturbations result in compensation between the

different carbon reservoirs of saturated, disequilibrium and regenerated carbon. On centen-

nial timescales, dynamics has a negligible influence on atmospheric CO2 since dynamical

changes in Csat are balanced by changes in Cdis. Over millennia, strong polar warming

can cause non-linear effects, isolating Creg such that it compensates the loss of Csat due to

warming. Ultimately, the dynamical carbon compensation across the ocean basin results

in a certain level of stability of the ocean carbon system in response to climate-change

induced warming. The natural ocean carbon feedback due to surface warming on atmo-

spheric pCO2 is therefore limited, despite the amount of carbon stored within the ocean.
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In order for larger atmospheric pCO2 changes to be achieved, an isolated change in one

of the carbon reservoirs is required. Such a change is unlikely to be achieved through

adjustments in the large-scale dynamics. It could be achieved by altering the efficiency

of surface biology γ which would only affect regenerated carbon. Additionally, local high

latitude processes such as the enhanced eddy activity in the Southern Ocean could alter

the extent of the carbon compensation.
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6

Summary of carbon predictions in
past, present and future climates

6.1 Anthropogenic ocean carbon and heat storage

In previous chapters, we quantified the climate-carbon feedback induced by temperature

and wind stress perturbations on atmospheric pCO2. In these perturbation scenarios,

dynamical changes induced by temperature and wind forcing alter not only the carbon

storage but the ocean heat content as well. While ocean heat content changes are impor-

tant for ocean carbon storage, the rates and patterns of carbon and heat uptake can be

vastly different resulting in different timescales of radiative forcing and delays in global

warming (see section 2.1). Simple models often assume similar mechanisms and timescales

for global mean air-sea heat and carbon fluxes. However, observations and coupled model

simulations show disparities between the ocean uptake of carbon and heat [Sabine et al.,

2004, Levitus et al., 2005, Khatiwala et al., 2009, Winton et al., 2013, Goodwin et al.,

2015]. For example, the Atlantic ocean heat and carbon anomalies in the HadGEM2-ES

2×CO2 scenario (section 2.2.2) show clear differences and chapter 5 showed that carbon

solubility only partly accounts for the atmospheric CO2 change over multiple timescales.

In this section, we extend our analysis by examining the impact of circulation on the

meridional transport of heat and carbon. By drawing direct comparisons between heat

and carbon transport, we aim to gain further understanding and context of our results

from chapters 2 to 5. Specifically, we will attempt to estimate climate change-induced

shifts in ocean circulation and heat storage using anthropogenic carbon storage.

6.1.1 Impact of circulation changes on heat and carbon transport

The meridional transport of heat and carbon is a useful indicator of the role of dynamics

in redistributing the temperature and dissolved inorganic carbon within the ocean. We

can decompose each variable: dissolved inorganic carbon, DIC, temperature, T , and

meridional Eulerian velocity, v, into a mean state, (...), and a perturbation, (...)′, induced

under a forced experiment, such that DIC = DIC +DIC ′ , T = T + T ′ and v = v + v′,

respectively. The meridional transport of DIC, QC , and heat, QH, integrated between
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longitudes l1 and l2 are given by:

QC =

∫ l2

l1

v DIC dx =

∫ l2

l1

(
v + v′

) (
DIC +DIC ′

)
dx, (6.1)

QH =

∫ l2

l1

ρ0Cp v T dx =

∫ l2

l1

ρ0Cp
(
v + v′

) (
T + T ′

)
dx, (6.2)

where ρ0 is the reference density and Cp is the specific heat capacity. For this study, we

consider the zonally integrated meridional transport over the Atlantic Ocean and Southern

Ocean between -70◦ and 30◦E in HadGEM2-ES. Using the HadGEM2-ES 2×CO2 experi-

ment, we can compute how the carbon QC and heat QH transports are altered due to both

increased DIC and temperature and a change in the Eulerian velocity v.1 The mean state

is defined as the control mean and the perturbation is the difference between the average

of the last 10 years of the 2×CO2 experiment and the control mean.
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Figure 6.1: Zonally integrated meridional DIC transport anomalies as a function of depth
and latitude: a) v′ DIC and b) v DIC ′ in the 2×CO2 experiment. The top row shows
the upper 500m and the bottom row shows the transport below 500m.

Considering the meridional transport of DIC, v DIC is the control mean DIC trans-

port so we will focus on the zonally integrated first order cross terms v′ DIC and v DIC ′

shown in Fig. 6.1. Both v′ DIC and v DIC ′ contribute to an increase in northward surface

1Note that we do not have bolus velocities available as an output for HadGEM2-ES so this study will
only consider Eulerian transport.
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transport in the Southern Ocean, while in the North Atlantic sub-polar gyre (40◦-60◦N)

the two contributions oppose each other. However, in each region the magnitude of the

mean DIC transport due to the anomalous velocity anomaly v′DIC is twice as large as the

DIC anomaly advected by the mean vDIC ′. Therefore, the anomalies in the surface Ek-

man velocity, particularly in the Southern Ocean, are mostly responsible for the increased

northwards DIC transport [Ito et al., 2010]. Below 500m, the values of v′DIC and vDIC ′

are an order of magnitude lower than that at the surface. Nonetheless, v′DIC is still

relatively more dominant at depth. Throughout the entire basin therefore, the changes in

DIC transport are predominantly due to the anomalous circulation v′DIC.
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Figure 6.2: Zonally integrated meridional heat transport anomalies: a) v′T and b) vT ′ in
the 2×CO2 experiment. The top row shows the upper 500m and the bottom row shows
below 500m. The stippling in bottom sections indicate which contribution dominates.

In contrast, the decomposition for the heat transport QH is shown in Fig. 6.2. At the

surface, the heat anomaly advected by the mean circulation, vT ′, is larger than v′T but

only by a factor of 2. In the North Atlantic, both vT ′ and T ′v are comparable in magnitude.

The two contributions to the anomalous meridional heat transport are once again opposite

signs because there is a reduction in the background southward velocity field within the

sub-polar gyre. In the Tropics, both vT ′ and T ′v are of similar magnitude. At depth,

the magnitudes of the transport anomalies are lower than the surface, however, we note

182



that Tv′ and T ′v are dominant in different regions (indicated by the stippling in Fig. 6.2).

Regions in which Tv′ dominates at depth are mostly a consequence of the shallowing of

the MOC and expansion of the bottom overturning cell. By and large however, the two

components of T ′v and Tv′ are comparable in magnitude so that both are important for

the overall anomalous heat transport throughout the ocean.

These results apply not only to 2×CO2 scenario, but also to more extreme cases

such as the 4×CO2 experiment. Fig. 6.3 shows the response of the Southern Ocean and

North Atlantic surface transport of heat and carbon due to the two different CO2 forcings,

including the projected change at 4×CO2 based on a linear extrapolation from the 2×CO2

response.
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5.2 Relative changes in ocean heat and carbon uptake

So far, we have quantified the climate-carbon feedback of temperature and wind stress on

atmospheric CO2. However, while ocean heat content changes are important for ocean

carbon storage, as we established in chapter 3, the patterns and therefore timescales of

global ocean heat and carbon uptake are not necessarily the same. In section 2.1, we

saw that simple models often assume similar mechanisms for global mean air-sea heat

and carbon fluxes. However, Atlantic ocean heat and carbon uptake in HadGEM2-ES

(section 2.3) shows clear disparities and chapter 3 showed that while carbon solubility

accounts for 75% of the atmospheric CO2 change over 400 years, after millennia solubility

is likely to play a small role compared to interactions between the dynamical changes

and the biological carbon reservoir.

We can expand our analysis to directly calculate ocean heat and carbon transports

in response to climate change. Studies such as Marshall and Zanna [2014] identify the

Southern Ocean residual circulation as a key component for ocean heat uptake. While

the net meridional heat transport in the Southern Ocean is poleward towards Antarctica

(due to the combination of northward surface Ekman flow, southward geostrophic flow

at depth and a southward eddy transport [?]), the Ekman component drives mode water

formation and heat storage underneath the thermocline. Similarly, Ekman transport is

the main driver for anthropogenic carbon transport in the Southern Ocean1 [Ito et al.,

2010]. We can calculate the Northwards volume transport of DIC QC and heat QH:

QC =

Z l2

l1

vDICdx, (5.1)

QH =

Z l2

l1

vT⇢Cpdx, (5.2)

1Apart from the air-sea flux, Ekman transport accounts for 75% of DIC flux in the Southern Ocean.
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5.2 Relative changes in ocean heat and carbon uptake

So far, we have quantified the climate-carbon feedback of temperature and wind stress on

atmospheric CO2. However, while ocean heat content changes are important for ocean

carbon storage, as we established in chapter 3, the patterns and therefore timescales of

global ocean heat and carbon uptake are not necessarily the same. In section 2.1, we

saw that simple models often assume similar mechanisms for global mean air-sea heat

and carbon fluxes. However, Atlantic ocean heat and carbon uptake in HadGEM2-ES

(section 2.3) shows clear disparities and chapter 3 showed that while carbon solubility

accounts for 75% of the atmospheric CO2 change over 400 years, after millennia solubility

is likely to play a small role compared to interactions between the dynamical changes

and the biological carbon reservoir.

We can expand our analysis to directly calculate ocean heat and carbon transports

in response to climate change. Studies such as Marshall and Zanna [2014] identify the

Southern Ocean residual circulation as a key component for ocean heat uptake. While

the net meridional heat transport in the Southern Ocean is poleward towards Antarctica

(due to the combination of northward surface Ekman flow, southward geostrophic flow

at depth and a southward eddy transport [?]), the Ekman component drives mode water

formation and heat storage underneath the thermocline. Similarly, Ekman transport is

the main driver for anthropogenic carbon transport in the Southern Ocean1 [Ito et al.,

2010]. We can calculate the Northwards volume transport of DIC QC and heat QH:

QC =

Z l2

l1

vDICdx, (5.1)

QH =

Z l2

l1

vT⇢Cpdx, (5.2)

1Apart from the air-sea flux, Ekman transport accounts for 75% of DIC flux in the Southern Ocean.
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where v is meridional eulerian velocity, ⇢ is the density and Cp is the specific heat

capacity. Integration is between longitudes l1 and l2. For this study, we integrate

around the whole Southern Ocean. The carbon transport QC will increase due to both

elevated DIC and an increased Ekman velocity v, and similarly with QH. To assess which

component has the largest influence, we decompose the DIC and v terms in equation

5.1 into a mean state component and a perturbation, so that DIC = DIC + DIC 0 and

v = v + v0 respectively. The mean state is the control run mean and the perturbation

is the di↵erence between the mean of the last 10 years of the step experiment and the

control run mean. Equation 5.1 then becomes: Qs =
R l2
l1

�
DIC + DIC 0� (v + v0) dx.

DICv is the control mean DIC transport so we will focus on the first order cross terms

DICv0 and DIC 0v.
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Figure 5.1: Northwards DIC transport step experiment anomalies DICv0 (a) and DIC 0v
(b), where -bar indicates the control rum san and dashed means the step experiment
anomaly, in units of mmol kg�1 m2 s�1

Figure 5.1 shows that both DICv0 and DIC 0v contribute to an increase in northward

transport on the Southern Ocean. However, the magnitude of the mean DIC transport

due to the anomalous velocity anomaly DICv0 is twice as large the DIC anomaly term

advected by the mean DIC 0v. Therefore, the change in surface eulerian velocities in

the Southern Ocean induced by the atmospheric CO2 forcing is mostly responsible for
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due to the anomalous velocity anomaly DICv0 is twice as large the DIC anomaly term

advected by the mean DIC 0v. Therefore, the change in surface eulerian velocities in

the Southern Ocean induced by the atmospheric CO2 forcing is mostly responsible for
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sulting from zonal pressure gradients) and southward eddy transport [Spence et al.,
2012]. The Ekman component transports water northward, while the other two com-
ponents have a net southward contribution. Which of these contributes the bulk of the
heat transport is disputed, though recent estimates such as Spence et al. [2012] sug-
gest the majority of the heat transport occurs via the geostrophic horizontal flow, while
the northward transport is mainly confined to the surface layers. Therefore, we again
analyse the surface transport. An equation similar to the DIC equation used previously
can be constructed for heat: QH = ⇢Cp

R b
a

�
T̄ + T 0� (v̄ + v0) dx. ⇢Cp is the density of

the seawater multiplied with the heat capacity, which for this simple study we will take
as constant, and set equal to 1 for convenience. An increase in northwards of heat in
Southern Ocean is also observed in the step experiment, therefore we can once again
examine the cross terms T̄ v0 and T 0v̄.

−50 0 50

−150

−100

−50

Latitude

D
e

p
th

 (
m

)

T, Vbar (oC m2 s−1)

 

 

−1

−0.5

0

0.5

1
x 10

10

−50 0 50

−150

−100

−50

Latitude

D
e

p
th

 (
m

)

T, Vbar (oC m2 s−1)

 

 

−1

−0.5

0

0.5

1
x 10

13

Figure 4.7: Pacific northwards heat transport step experiment anomalies ¯DICv0 and
DIC 0v̄.

In this case, we find the opposite result: the surface circulation changes have little
e↵ect on the northwards transport but rather it is the temperature/heat anomaly that
dominates the increase in transport (by over 3 orders of magnitude) (fig. 4.7) . This
stems from the fact that the largest temperature anomalies in the Southern Ocean are
seen in the region with the largest northwards meridional velocities (South East of New
Zealand, fig. 8.4 in the Appendix), however, these velocities change little compared to
other regions further south and east in the Pacific section of the Southern Ocean. The
regions where the meridional velocities are increasing are those with relatively small and
even negative temperature changes (fig. 8.4). The low values of temperature anomalies
in the regions with high meridional velocity changes most likely results from an increase
in upwelling of col deep waters. (The model shows the surface heat flux over these
regions is increasing, fig. 8.5, which rules out an increase in heat loss via the surface and
is a response to local cooling.) This highlights the di↵erence in the way the heat and
DIC transport in the ocean adjusts to atmospheric CO2 levels. While the net results in
the surface ocean are similar (increased northwards transport), the dominant transport
anomaly arises because of di↵erent reasons. Lastly, the DIC transport anomaly results
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Figure 5.2: Pacific northwards heat transport step experiment anomalies T̄ v0 and T 0v̄.

is reduced which is a result of the reduced bu↵ering capacity of the surface ocean at

higher DIC concentrations and the reduced solubility due to elevated temperatures. For

heat transport, both the temperature and eulerian velocity anomalies show a strong

non-linear response, though the v0 term shows the strongest increase.

To further illustrate the di↵erence in the heat and carbon storage, we can ask where

the fraction of DIC and heat is stored that isn’t advected northwards at the surface. ?

uses temperature observations at depth and at the surface to suggest that the tempera-

ture anomaly is strongly influenced by the overturning circulation and is advected down

the water column, so that the temperature anomaly at 700m depth is comparable to the

surface warming. Fig. ??f also shows rapid changes at depth in southern high latitudes.

We can look at the temperature change in the Southern Ocean at depth relative to the

surface in both 2xCO2 and 4xCO2 experiments in the high latitude Southern Ocean.

Fig. shows that the warming at depth is mostly between 40-60% of the surface

warming over 9� of latitude for the 2xCO2 experiment. This suggests a strong transfer

of heat from the surface to depth. As the temperature change is downstream of water

formed through deep convection in the Southern Ocean, the heat anomaly is advected

to depth. In fig. ??d and ??f, the region shows long de-correlation times but fast linear

changes. The long de-correlation is therefore an artefact of downward advection. The

218

sulting from zonal pressure gradients) and southward eddy transport [Spence et al.,
2012]. The Ekman component transports water northward, while the other two com-
ponents have a net southward contribution. Which of these contributes the bulk of the
heat transport is disputed, though recent estimates such as Spence et al. [2012] sug-
gest the majority of the heat transport occurs via the geostrophic horizontal flow, while
the northward transport is mainly confined to the surface layers. Therefore, we again
analyse the surface transport. An equation similar to the DIC equation used previously
can be constructed for heat: QH = ⇢Cp

R b
a

�
T̄ + T 0� (v̄ + v0) dx. ⇢Cp is the density of

the seawater multiplied with the heat capacity, which for this simple study we will take
as constant, and set equal to 1 for convenience. An increase in northwards of heat in
Southern Ocean is also observed in the step experiment, therefore we can once again
examine the cross terms T̄ v0 and T 0v̄.

−50 0 50

−150

−100

−50

Latitude

D
e
p
th

 (
m

)

T, Vbar (oC m2 s−1)

 

 

−1

−0.5

0

0.5

1
x 10

10

−50 0 50

−150

−100

−50

Latitude

D
e
p
th

 (
m

)

T, Vbar (oC m2 s−1)

 

 

−1

−0.5

0

0.5

1
x 10

13

Figure 4.7: Pacific northwards heat transport step experiment anomalies ¯DICv0 and
DIC 0v̄.

In this case, we find the opposite result: the surface circulation changes have little
e↵ect on the northwards transport but rather it is the temperature/heat anomaly that
dominates the increase in transport (by over 3 orders of magnitude) (fig. 4.7) . This
stems from the fact that the largest temperature anomalies in the Southern Ocean are
seen in the region with the largest northwards meridional velocities (South East of New
Zealand, fig. 8.4 in the Appendix), however, these velocities change little compared to
other regions further south and east in the Pacific section of the Southern Ocean. The
regions where the meridional velocities are increasing are those with relatively small and
even negative temperature changes (fig. 8.4). The low values of temperature anomalies
in the regions with high meridional velocity changes most likely results from an increase
in upwelling of col deep waters. (The model shows the surface heat flux over these
regions is increasing, fig. 8.5, which rules out an increase in heat loss via the surface and
is a response to local cooling.) This highlights the di↵erence in the way the heat and
DIC transport in the ocean adjusts to atmospheric CO2 levels. While the net results in
the surface ocean are similar (increased northwards transport), the dominant transport
anomaly arises because of di↵erent reasons. Lastly, the DIC transport anomaly results

29

Tbar V’ (ºC m2 s-1) T’ Vbar (ºC m2 s-1)

Friday 28 June 13

T V’ (C° m2 s-1) T’ V (C° m2 s-1)

Friday 30 August 13

Figure 5.2: Pacific northwards heat transport step experiment anomalies T̄ v0 and T 0v̄.

is reduced which is a result of the reduced bu↵ering capacity of the surface ocean at

higher DIC concentrations and the reduced solubility due to elevated temperatures. For

heat transport, both the temperature and eulerian velocity anomalies show a strong

non-linear response, though the v0 term shows the strongest increase.

To further illustrate the di↵erence in the heat and carbon storage, we can ask where

the fraction of DIC and heat is stored that isn’t advected northwards at the surface. ?

uses temperature observations at depth and at the surface to suggest that the tempera-

ture anomaly is strongly influenced by the overturning circulation and is advected down

the water column, so that the temperature anomaly at 700m depth is comparable to the

surface warming. Fig. ??f also shows rapid changes at depth in southern high latitudes.

We can look at the temperature change in the Southern Ocean at depth relative to the

surface in both 2xCO2 and 4xCO2 experiments in the high latitude Southern Ocean.

Fig. shows that the warming at depth is mostly between 40-60% of the surface

warming over 9� of latitude for the 2xCO2 experiment. This suggests a strong transfer

of heat from the surface to depth. As the temperature change is downstream of water

formed through deep convection in the Southern Ocean, the heat anomaly is advected

to depth. In fig. ??d and ??f, the region shows long de-correlation times but fast linear

changes. The long de-correlation is therefore an artefact of downward advection. The

218

1 2 3 4 520

22

24

26

28

30

Atmospheric CO2 forcing (x 280ppm)

Lo
g(

tra
np

or
t a

no
m

al
y)

Maximum meridional        , −55o and −25oS

 

 

Dbar V,

D, Vbar
Tbar V,

T, Vbar

1 2 3 4 520

22

24

26

28

30

Atmospheric CO2 forcing (x 280ppm)

Lo
g(

tra
np

or
t a

no
m

al
y)

Maximum meridional        , −55o and −25oS

 

 

Dbar V,

D, Vbar
Tbar V,

T, Vbar

1 2 3 4 520

22

24

26

28

30

Atmospheric CO2 forcing (x 280ppm)

Lo
g(

tra
np

or
t a

no
m

al
y)

Maximum meridional        , −55o and −25oS

 

 

Dbar V,

D, Vbar
Tbar V,

T, Vbar

1 2 3 4 520

22

24

26

28

30

Atmospheric CO2 forcing (x 280ppm)

Lo
g(

tra
np

or
t a

no
m

al
y)

Maximum meridional        , −55o and −25oS

 

 

Dbar V,

D, Vbar
Tbar V,

T, Vbar

(a) (b)

Figure 6.3: Maximum meridional ocean heat and carbon transport in the upper 500m, a)
for the Southern Ocean, 55◦ and 25◦S, and b) the North Atlantic sub-polar gyre, 40◦ and
60◦N as a function of atmospheric CO2 forcing. The filled circles indicate the contribution
from the anomalous velocity while the diamonds indicate the contribution from DIC or T
anomaly. Red corresponds to the DIC transport and blue to the temperature. The empty
circles and diamond show the projected linear increase at 4×CO2 from a doubling of the
2×CO2 values. The units on the y-axis are log(mmol kg−1 m2 s−1) for DIC and log(J m2

s−1) for temperature.

The heat and carbon transports at 4×CO2 deviate from the extrapolated linear re-

sponse, as the forcing is strong enough to induce non-linear effects which amplify the

response of the transport. The deviation from the linear estimates in the Southern Ocean

are relatively small compared to the North Atlantic subpolar gyre. Only the contribu-

tion of DIC ′v is overestimated by the linear extrapolation, which is partly due to surface

warming-reduced solubility and chemical changes (particularly in the North Atlantic). For

183



the heat transport, both contributions, T ′v and Tv′, show a strong non-linear amplifica-

tion. Overall, the gap between DICv′ and DIC ′v widens with the strength of the forcing

due to the non-linearities. The gap between T ′v and Tv′ does widen in the Southern

Ocean, but remains roughly constant in the North Atlantic. The dominance of surface

circulation anomalies for carbon transport therefore increases with the forcing, though the

difference in T ′v and Tv′ does not widen convincingly everywhere.

The global importance of the DICv′ is a result of the large scale circulation changes

having little effect on the concentration of DIC. By contrast, the magnitude of temperature

anomalies results in a comparable magnitude of T ′v and Tv′. The relevance for estimating

climate feedbacks is profound: only because DIC ′v is small, especially at depth, can we

derive the scaling in chapter 3. The scaling estimates changes in DICv′ (or rather, the

3D transport anomalies DICu′) and assumes DIC ′v in the deep ocean does not change.

To validate our previous assumptions and to compare carbon and heat transports,

Fig. 6.4 shows the DIC and transport anomalies in the 1.5×τSO experiment after 400 years

with an anthropogenic pulse emission of 260 ppm (but no increase in radiative forcing), as

well as the control state background fields. The magnitude of the DIC ′v anomaly (panel

b in Fig. 6.4), even with the anthropogenic pulse, is negligible in comparison to DICv′

(panel d in Fig. 6.4) and the background v DIC field (panel f in Fig. 6.4). However, both

temperature transport anomalies T ′v and Tv′ (panels a and c in Fig. 6.4, respectively) are

within the same order of magnitude. Adjustments in ocean circulation therefore have a

strong impact on temperature anomalies so constructing a mixed layer scaling for temper-

ature would not be successful, illustrating the need for different approaches in determining

ocean and heat carbon feedbacks, as discussed in section 2.1. The net change in ocean

heat content in the 400-year 1.5×τSO experiment is 3.1×1023J, equivalent to the change

induced in the base surface warming experiment of ∆TG = 4.5◦ C. Similar changes are

observed for any of the wind stress perturbation experiments.
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Figure 6.4: Zonal mean meridional transport anomalies after 400 years in the 1.5xτSO
experiment with anthropogenic pulse emission of 260 ppm as a function of depth and
latitude: a) v T ′, b) v DIC ′, c) v′ T , d) v′ DIC. Panels e-f show the background control
mean transport: e) v T and f) v DIC.

The experiments show that dynamical changes have significant impacts on ocean heat

storage. The temperature anomalies themselves change buoyancy gradients and feedback

onto the transport, air-sea flux and overall heat uptake. To assess the magnitude of the

circulation-induced heat uptake anomaly, we can employ the fixed dynamics MITgcm

experiments from chapter 5 to calculate the change in ocean heat uptake that results from

the buoyancy-induced circulation changes. Figure 6.5 shows the ocean heat anomaly after

400 years in the base surface warming experiments for both the fixed dynamics (magenta)

and freely evolving (blue) MITgcm experiments. Figure 6.5a shows that the dynamical

adjustments reduce global heat uptake by 28% (while the data after 400 years is shown,
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the relative impact of the dynamics remain constant with time), which is consistent with

the similar estimate of 27% by Winton et al. [2013] using a more realistic model set-

up. To accurately calculate changes in ocean uptake, we therefore need to know how the

circulation field adapts to anthropogenic forcings.

0 2 4 6 8 10
−0.1

0

0.1

0.2

0.3

0.4

0.5

0.6

0.7

0.8

0.9

∆ TG (oC)

∆
 H

ea
t C

on
te

nt
 (J

 x
10

24
)

Fixed Dynamics 
  Free Dynamics -28%

100%

Heat content anomaly

Figure 6.5: Ocean heat content anomaly as a function of global mean sea surface temper-
ature after 400 years in MITgcm with free (blue) and fixed (magenta) dynamics. Squares
show MITgcm data and the solid lines are linear fits.

6.1.2 Reconstructing ocean heat anomalies

The MITgcm fixed circulation experiments show that the circulation-induced tempera-

ture anomalies account for 28% of the global change in heat uptake. While knowing the

magnitude is useful, there is also much to be gained from knowing the spatial distribu-

tion of the circulation-induced temperature anomalies. The circulation-induced anomalies

re-distribute heat within the ocean, potentially cooling and compensating surface-forced

warming [Winton et al., 2013].

For a forced CO2 experiment, as discussed before, the terms T and u correspond to

the control (unperturbed) mean state while T ′ and u′ are the perturbed temperature

and full 3D velocity field, respectively. If we consider a perturbed experiment in which

the circulation is fixed to its preindustrial value, then u′ = 0. In the fixed circulation

experiment, the temperature perturbations are only redistributed by the state steady ve-

locity leading to different pattens of temperature anomalies compared to a freely evolving

perturbed experiment. The full (freely evolving) temperature anomaly field T ′ is there-

fore T ′ = T ′free = T ′fix + T ′dynamics, where T ′fix is the passive component advected by the
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steady state velocity u induced by a change in radiative forcing at the surface only (similar

to the passive anomaly temperature in Banks and Gregory [2006]) and T ′dynamics is the

dynamically-induced temperature perturbation. The spatial patterns of T ′fix are similar to

passive tracers such as anthropogenic carbon Cant. To illustrate the difference and similar-

ities between T ′fix, T ′free and Cant, consider the 1.1×T MITgcm base warming experiment

with an anthropogenic carbon pulse (the 1.1×T experiment was chosen because it has a

2◦ C global mean warming anomaly, similar to the 2×CO2 HadGEM2-ES experiment).

To compare the patterns of temperature and carbon anomalies, the anomalies have

been normalised with respect to the domain-averaged value of the anomaly at time t. For

example, the normalised anomaly, T
′n
fix, is defined as:

T ′nfix(x, y, z, t) =
Tfix(x, y, z, t)− Tfix(x, y, z, 0)

Tfix(t)− Tfix(0)
=
T ′fix(x, y, z, t)

T ′fix(t)
, (6.3)

where the double bar indicates a spatial average over the basin and the anomalies at time

t are defined with respect to the initial state at time t = 0 (i.e. the pre-industrial control

values). Similar definitions and normalisations are used for T
′n
free, C

n
ant(fix), and Cnant(free)

(note that the preindustrial value of Cant is zero everywhere, i.e. Cant(x, y, z, 0) = 0. The

normalisation ensures that the magnitude of the anomalies can be compared on the same

scale.

Figure 6.6a-d shows the zonally integrated normalised anomalies for temperature and

anthropogenic carbon in the fixed- and free-current experiments after 50 years (the same

plots could be shown at different times, but 50 years was chosen because the patterns are

clearest). There are noticeable differences between the patterns of T
′n
fix and that of T

′n
free,

owing to circulation adjustments throughout the basin (Fig. 6.6e). However the patterns of

anthropogenic carbon are similar for both the free and fixed currents experiments, apart

from small differences in the mid-latitude surface, where heating causes a reduction in

carbon solubility, and in the North Atlantic (Fig. 6.6f). T
′n
fix and Cnant(fix) have similar

patterns, except in the Southern Ocean AABW cell, with the presence of a carbon signal

but no temperature anomaly. In the MITgcm Southern warming experiments ‘+TS ’,

and the 2×CO2 and 4×CO2 HadGEM2-ES experiments, there is a warming signal in the

AABW. The discrepancy is therefore likely to be due to the choice in temperature restoring

at the Southern boundary, which is kept at 0◦ C, therefore preventing the subduction of
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heat. Tnfix is expected to be more similar to Cnant(fix) in the Southern Ocean than found

in the MITgcm simulations, though fixed dynamics experiments with Southern boundary

warming or a longer temperature restoring timescale are needed to verify this.

(a)
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Figure 6.6: Zonal mean anomalies after 50 years in a) Tfix, b) Cant(fix), c) Tfree and
d) Cant(free), as well as the difference between fixed and free dynamics anomalies for
e) temperature and f) anthropogenic carbon after 50 years in the MITgcm 1.1×T base
warming experiment with 260ppm anthropogenic pulse emission. All anomalies have been
scaled with respect to the global mean anomaly.

The similarity between the fixed and free Cnant patterns is partly due to anthropogenic

carbon behaving like passive tracer [Khatiwala et al., 2009] but predominantly due to

the small impact of warming-induced circulation on anthropogenic carbon uptake via the

188



compensation between saturated and disequilibrium effects (see section 5.2). Other studies

such as Winton et al. [2013] also observe similar patterns in anthropogenic carbon uptake

in free and fixed current experiments in a global Earth System Model. The patterns of

Cnant(free) are therefore similar to Tnfix. To calculate the circulation-induced temperature

anomaly field T ′ndynamics, we would need the T ′nfix and T ′nfree fields, however, in the real ocean

T ′nfix cannot be directly measured. Instead T ′nfix can be approximated as T ′nfix ≈ Cnant(free)

leading to

T ′fix(x, y, z, t) ≈ T ′fix(t)Cnant(free)(x, y, z, t). (6.4)

Equation 6.4 is a good approximation when considering zonally and/or vertically inte-

grated quantities such as column ocean heat content H (see section 7.9 for detailed com-

parison plots).2 However, since T ′fix(x, y, z, t) cannot be directly measured in the ocean,

neither can T ′fix(t). However, it is worth noting that estimating Cnant(free)(x, y, z, t) is also

difficult to measure in the real ocean due to the uncertainty in the methods to separate the

anthropogenic carbon anomalies from the natrual carbon. In section 6.1.1, it was shown

that the fixed dynamics heat content is 28% larger than the free-evolving heat content

under all warming scenarios up to timescales of 400 years. The difference in heat uptake

can be used to make the approximation T ′fix(t) = 1.28T ′free(t). Therefore the pattern and

magnitude of T ′fix(x, y, z, t) can be reconstructed using

T ′fix(x, y, z, t) ≈ 1.28T ′free(t)C
n
ant(free)(x, y, z, t). (6.5)

Figures 6.7a-b (as well as figures in section 7.9 in the appendix) show the pattern of the

reconstruction for the column-integrated heat content anomaly H ′fix, which matches the

actual anomaly reasonably well (Fig. 6.7c), and that the magnitude of the anomaly is much

improved with the 1.28-calibration factor (Fig. 6.7b). The error in the reconstruction is

generally less than 20% outside the Southern Ocean for timescales of less than 200-300

years, after which the errors increase to 30% (likely due to the different history of the

warming and carbon emissions in the MITgcm simulations).

Estimating the fixed temperature anomaly from the anthropogenic carbon signal is

useful because the patterns of warming induced by the changes in the circulation can be

estimated without the need to run fixed circulation experiments. The calibration factor is

only needed for the magnitude of the anomaly. By separating temperature anomalies into

2H =
∫
Cp ρ0 T dz where Cp is the specific heat capacity ad ρ0 is a reference density. The vertical

integral is evaluated over the full depth of the basin.
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T ′fix and T ′dynamics, we can assess where the warming is directly driven by surface heat

fluxes and where it is driven by dynamical adjustments (such as wind-induced changes

in surface currents or adjustments of the large scale circulation due to buoyancy fluxes).

To illustrate this, we apply eqn. 6.5 to the HadGEM2-ES 2×CO2 experiment to calculate

the vertically-integrated heat content change due to the dynamical adjustments H ′dynamics

(Fig. 6.8a) after 140 years.
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Figure 6.7: Fixed-current column integrated heat content anomaly H ′fix after 50 years from

a) reconstruction using eqn. 6.5 without the calibration factor of 1.28 between T ′free(t) and

T ′fix(t); b) reconstruction using eqn. 6.5 with the calibration factor of 1.28; c) directly from
the fixed current 1.1xT MITgcm experiment. Panels d-g shows the percentage error in
the reconstruction of H ′fix using eqn. 6.5 after d) 10, e) 50, f) 100 and g) 400 years.
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The patterns of H ′fix in HadGEM2-ES (Fig. 6.8a) show that surface forcing warms the

global ocean, particularly the North Atlantic and the Southern Hemisphere mid-latitudes.

The pattern of H ′dynamics (Fig. 6.8b) shows that circulation changes act to cool the mid-

latitudes, shifting heat anomalies to the high latitudes in the North Pacific and particularly

in the Southern Ocean where heat is more efficiently stored in the deep ocean. A similar

effect is modelled in the fixed circulation experiments of Banks and Gregory [2006] and

Winton et al. [2013] which gives us confidence that our method is valid. H ′dynamics also

shows cooling in the North Atlantic. In HadGEM2-ES, sea-ice in the North Pacific only

covers the western side of the sub-polar gyre so the warming observed there is likely due

to changes in gyre circulation. In the Southern Ocean, sea ice around Antartica retreats

between 90◦ and 150◦E and between 200◦ and 300◦E, such that part of the heat storage

is related to ice retreat but a large part of the pattern is likely attributed to dynamically-

induced circulation changes. In the North Atlantic, the slowing down and shallowing of

the MOC is the dominant cause of the cooling pattern.
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Figure 6.8: Vertically-integrated heat content anomaly due to a) surface warming and
fixed pre-industrial circulation H ′fix, b) warming-induced dynamical changes H ′dynamics,
c) freely evolving circulation H ′free calculated using eqn. 6.5 in the HadGEM2-ES 2×CO2

experiment.

We can compare the patterns of the dynamically induced heat content anomaly with

the free current anomaly H ′free (Fig. 6.8c). The warming patterns in the Pacific and

particularly in the Indian Ocean show the mid-latitude cooling effect of the circulation

anomalies on the overall warming pattern. In these areas, the circulation induced heat

anomalies H ′dynamics compensate a large part of the surface forced warming H ′fix. The free

current heat anomaly H ′free also shows heat is stored in both the North Atlantic and the

Southern Ocean. However, H ′fix shows that the majority of the heat due to the surface

forced warming is stored in the North Atlantic. Therefore, the circulation anomalies act

to shift a large part of the warming from the North Atlantic to the Southern Ocean, as

seen in the patterns of H ′dynamics. The shift in heat storage could have implications for the

timescales of ocean heat uptake and efficiency [Xie and Vallis, 2012, Winton et al., 2013].
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Deducing the patterns of dynamically-induced warming is therefore useful for analysing

the physical reasons behind the distribution of heat uptake. Particularly because local

warming and cooling can affect local sea levels, precipitation patterns, weather and long

term climate. However, further research is needed to fully understand the implications

and physical mechanisms of heat re-distribution.

H ′dynamics and H ′fix could be calculated for the real ocean using observations of tem-

perature and carbon (although there are larger uncertainties in Cant) to better understand

the patterns of warming on short timescales, when the forcing history of heat and carbon

is the same. The decomposition of T ′ into T ′dynamics and T ′fix could therefore be used to

calculate heat anomalies in the real ocean. As illustrated with the MITgcm wind stress and

fixed dynamics temperature perturbation experiments, the net effect of dynamical changes

on ocean heat content is significant. However, further study is required to quantify the

accuracy of the procedure in the Southern Ocean especially.

Passive tracers have been used to understand ocean transport pathways in the past [e.g.

Ewart and Bendiner, 1981, Sundermeyer and Price, 1998]. However classical passive tracers

are advected along the perturbed circulation field, while anthropogenic carbon follows the

mean state circulation more closely than classical passive tracers do, due to the carbon

compensation. Passive tracer experiment in the real ocean also rely on the active release of

a tracers so are therefore costly and limit the area of study to short timeframes and small

areas. Global scale tracers such as oceanic chlorofluorocarbons (CFCs) provide global

coverage and allow us to calculate the age of water parcels [e.g. Sonnerup, 2001, Dutay

et al., 2002], though these require specific measurements of CFCs and suffer from errors

such as long air-sea equilibration timescales. Additionally, the use of CFCs extends the

timeframe of study to the introduction of CFCs in the 1940’s. Our proposed method using

anthropogenic carbon provides a potential method to estimate H ′dynamics since the onset of

anthropogenic warming in the pre-industrial era using only contemporary measurements,

provided we can measure Cant accurately and can estimate T ′free(t). Our method therefore

extends the timeframe even further. Ocean carbon concentrations already form part of

our observational system so the additional cost to estimate H ′dynamics in the real ocean

would be small.

193



Our proposed method is therefore a relatively simple new solution for providing long

term insights into spatial patterns of ocean heat anomalies without the need of expensive

model simulations, except to estimate the calibration factor between T ′fix and T ′free. We

expect the calibration factor to be a function of the ocean’s mean state circulation and

surface warming pattern. Further research is required to determine whether the calibra-

tion factor can therefore be calculated using mean state quantities and surface warming

patterns, without the need to run fixed dynamics experiments. However, the calibration

factor only affects the magnitude of H ′dynamics. The patterns of the circulation-induced

heat uptake already give us valuable insight into the physical adjustment of the ocean to

climate change-induced warming.

6.2 Summary of chapters

The goal of this thesis is to provide a physical understanding of the ocean carbon cycle

response to future climate change. From among the multitude of forcings that arise from

anthropogenic carbon emissions, the focus was chosen to be on wind stress and surface

warming since both of these play key roles in the large scale ocean circulation, both

at depth and at the surface. At the outset of this thesis, we identified three specific

goals: a) provide a theoretical understanding of the sensitivity of atmospheric CO2 to high

latitude wind stress and global ocean warming, b) disentangle the regional contributions

of temperature and wind stress feedbacks on atmospheric carbon, and c) quantify the

similarities of ocean heat and carbon uptake in a changing climate.

To address these goals, in chapter 3, an equation is derived for Southern Ocean pCO2

as a function of wind stress. Southern Ocean pCO2 increases with the area average wind

stress according to a square root relationship with the driving physical mechanism being

vertical mixing at the bottom of the mixed layer, while other contributions such as Ek-

man transport and biology vary little with wind stress. The sensitivity of the Southern

Ocean pCO2 response to wind stress is set by mixed layer DIC concentrations, mixed layer

depth and vertical temperature gradient ∆zT . As atmospheric anthropogenic pCO2 levels

increase and surface temperatures changes, shifts in ∆zT will determine the sensitivity of

the Southern Ocean pCO2 to wind stress.
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In chapter 4, it is shown that increased Southern Ocean wind-stress strengthens the

export of nutrients North of the Southern Ocean by increasing the nutrient stream. As a

result, area-mean equatorial biological productivity increases. Due to stoichiometric ratios

in the carbonate chemistry, the increased biological export from the surface to depth

increases the Revelle Buffer Factor R in the Eastern tropical sub-thermocline shadow

zone. Via the interior transport underneath the thermocline, the waters enriched in R are

entrained into the nutrient stream and advected to the Northern sub-polar gyre, increasing

the sub-polar gyre buffer factor and ocean pCO2, and increasing atmospheric pCO2. The

non-local Southern Ocean wind stress feedback on atmospheric pCO2 magnifies the local

feedback by 80% to 110%. The non-local Southern Ocean feedback is twice as strong

as the local North Atlantic wind stress feedback. The new results show that Southern

Ocean winds have a much larger effect on the climate than previously thought. The novel

mechanism is also relevant for any physical change affecting equatorial biology, not simply

Southern Ocean wind stress and demonstrates a new concept: how an increase in biology

can result in an increase in atmospheric pCO2.

In chapter 5, we show that climate-change induced surface warming results in an

increase in atmospheric pCO2: over 400 years, 75% of the atmospheric pCO2 anomaly

is due to solubility and 25% due to biology. Dynamical changes associated with spatial

patterns of warming have little impact due to dynamical carbon compensation between

disequilibrium and saturated carbon. While atmospheric CO2 anomalies are set by global

warming, high latitude dynamics is key in the compensation mechanism, since we show

that increased eddy activity in the Southern Ocean can break the carbon compensation.

Over 3000 years, high latitude surface warming affects the overturning which in turn

affects the balance of regenerated and saturated carbon. Over 3000 years, there is a

compensation between saturated and regenerated carbon. The compensation increases

with polar warming, resulting in small atmospheric CO2 changes of about 10 ppm for 10◦

C of surface warming increase, in the strongest cases of Northern high latitude warming.

Finally, we use HadGEM2-ES and MITgcm simulations to show that ocean carbon

transport is predominantly affected by circulation anomalies, while heat transport is af-

fected by both temperature and circulation anomalies. We can exploit the similarities

of the passive tracer component of temperature anomalies and anthropogenic carbon to

calculate the extent to which circulation changes affect the ocean heat storage.

195



Caveats for each specific set of experiments are addressed in the respective chapters.

However, across all chapters the coarse resolution of the MITgcm set-up is an important

limitation, especially in the Southern Ocean which is key in the wind stress feedbacks as

well as the surface warming experiments where it determines the compensation of saturated

and equilibrium carbon on centennial timescales. While we believe the mechanisms for all

results are still valid, the magnitude of the atmospheric pCO2 may be reduced since the

presence of eddies has been shown to dampen changes to the ocean’s density structure

and large scale circulation [Munday et al., 2013, Jochum and Eden, 2015]. Similarly,

eddies determine the timescale of adjustment of the pycnocline [Allison et al., 2011], so

the timescales of the climate-carbon feedbacks may be affected. While we have attempted

to quantify and illustrate the effects of eddies in chapters 3 and 5, additional simulations

with an eddy resolving model are required to fully quantify the impact of eddies.

The size of the sector model is also a limitation which could have important implica-

tions. Firstly, the 20◦ degree width of the basin could affect the timescales of feedbacks.

This is particularly relevant for the non-local Southern Ocean wind stress feedback, which

depends on basin-wide advection. To address the concern, an identical MITgcm set up

40◦ wide is used to quantify the effects of basin width. It is found that the timescale of the

non-local Southern Ocean wind stress feedback is longer in the 20◦ model and will therefore

be longer for realistic geometries, though the magnitude of the feedback is unaffected.

Secondly, the 20◦ wide model results in a relatively weak overturning circulation (4.2

Sv), such that a reduction of 2 Sv results in a large fractional changes in the overturning.

On the other hand, a decrease of 2 Sv in the overturning is a much smaller fractional

change in the real ocean. However, in chapter 5 we show that the relevant quantity

for atmospheric CO2 feedbacks is f/Ψ, the ratio of vertical mixing over the overturning

strength and not the absolute strength of the overturning. Lastly, the simple idealised

geometry of the model places strong constraints of the circulation of the system. For

example, there is no Pacific Ocean which could affect global carbon fluxes and large scale

circulation. There is also no ocean South of the Southern channel, while in the real ocean,

deep water is generally formed in the oceans South of Drake Passage. However, to fully

understand the effects of the idealised geometry and size of the set-up, a realistic ocean

bathymetry model is required, such as the set-up of Lauderdale et al. [2013].
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In terms of the initial goals of the thesis, we believe the studies of Southern Ocean

wind stress and global surface warming provide insight into the physical mechanisms of

atmospheric CO2 feedbacks. For example, using the scaling derived in chapter 3, we show

that vertical mixing dominates the Southern Ocean wind stress feedback while the surface

radiative flux is the key mechanism setting North Atlantic pCO2 in response to wind

stress perturbations. Moreover, the derived scaling can be used to predict atmospheric

pCO2 anomalies in the future without the need for expensive simulations, knowing only a

handful of parameters from the control state.

The equilibrium climate feedback framework presented in section 2.4.2 provides a way

of quantifying and decomposing non-local effects through the use of the non-local pa-

rameter εf which we apply to the wind stress studies to disentangle the specific regional

contributions of wind stress feedbacks on atmospheric carbon. In the temperature study,

we find that regional contributions to atmospheric CO2 feedbacks lie in high latitude

warming, since polar warming can neutralize a large part of the atmospheric CO2 feed-

back due to solubility over 3000 years. Lastly, using anthropogenic carbon to calculate

the dynamically-induced temperature anomalies in the ocean illustrates how circulation

anomalies are the cause of the main differences in ocean heat and carbon uptake in a

changing climate. Our work therefore shows the competition between dynamics and ther-

modynamics in setting the ocean heat storage and the climate response to warming.

6.3 Discussion and future work

This thesis quantifies the climate carbon feedback of wind stress and surface warming. To

summarise the findings, we can apply our results to projections of the 21st century using

CMIP5. Figure. 6.9 shows the atmospheric pCO2 anomalies as a function of atmospheric

CO2-equivalent forcing with respect to the year 2000. The atmospheric CO2-equivalent

forcing is taken as the atmospheric pCO2 anomaly at the year 2100 in each of the Recom-

mended Concentration Pathways, RCP2.6 (70 ppm CO2-eq. forcing), RCP4.5 (180 ppm),

RCP6.0 (390 ppm) and RCP8.5 (1600 ppm) from the IPCC AR5.
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Figure 6.9: Atmospheric ∆pCOa2 anomaly due to global mean sea surface temperature
(red), full Southern Ocean wind stress (blue), local Southern Ocean wind stress (green)
and North Atlantic wind stress (magenta) anomalies as a function of atmospheric CO2-
eq. forcing at year 2100 derived from IPCC AR5 RCP scenarios, assuming the climate
equilibrates for 400 years at year 2100 conditions.

The CMIP5 multi-model ensemble of global mean sea surface temperature change ∆TG

[Solomon, 2007], Southern Ocean wind stress anomaly, ∆τSO [Swart and Fyfe, 2012], and

North Atlantic wind stress anomaly, ∆τNA [Gillett and Fyfe, 2013], are then taken at the

year 2100 relative to the year 2000 for each RCP scenario. Assuming the climate equili-

brates for 400 years at 2100 conditions,3 we use the MITgcm results and scaling equations

to estimate the corresponding climate feedback to each forcing: ∆TG (red), ∆τSO(blue:

eqn. 4.10, green: eqn. 3.11) and ∆τNA (magenta: eqn. 4.15). The Southern Ocean wind

stress feedback is then split into the full feedback which includes both the local and non-

local effects (blue) and the local Southern Ocean feedback only (green). The confidence

intervals are estimated using both the CMIP5 multi-model spread in ∆TG, ∆τSO and

∆τNA, uncertainty in the MITgcm response to ∆TG and the range of atmospheric pCO2

sensitivity to ∆τSO in the models tested in this thesis.

Figure 6.9 shows that given model projections for the year 2100, the temperature

feedback is likely to be the strongest while the effects of North Atlantic wind stress are

negligible. Uncertainty in the temperature feedback is also the smallest due to the carbon

compensation over 400 years that limits the spread in atmospheric pCO2 anomalies so

uncertainty arises mainly from the projections of global mean temperature itself. If we

3We make this assumption simply to illustrate the relative strengths of the feedbacks.
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chose to include the climate feedbacks after 3000 years of stabilization, the upper bound

of the temperature feedback would remain the same while the lower bound would lie along

∆pCOa2 = 0 ppm owing to uncertainties in patterns of ocean warming. Uncertainty in

the Southern Ocean wind stress feedback is large owing to the large range of atmospheric

pCO2 sensitivities to wind stress in CMIP5 models. However, the Southern Ocean wind

stress feedback could be significant and even comparable to the temperature feedback,

due to the contribution of the non-local effects. While the overall atmospheric pCO2

feedback anomalies may seem small, a feedback of 10 ppm is equivalent to almost 10 years

of anthropogenic emissions at the start of the 21st century. Furthermore, a change in

atmospheric pCO2 of 10 ppm could have significant impacts on warming, weather patterns

and local ecosystems, thereby having further implications for climate change [e.g. Corti

et al., 1999, Walther et al., 2002, Cao et al., 2005, Hinzman et al., 2005, Kelly and Goulden,

2008].

The derived scaling between atmospheric pCO2 and Southern Ocean wind stress was

derived with predicting future atmospheric CO2 feedbacks in mind. However, the scaling

can be applied to past states of the climate as well. Since the scaling is derived for a

system in equilibrium, estimating 20th century atmospheric CO2 anomalies is difficult.

However, the scaling can be adapted to quantify the contribution of the Southern Ocean

towards overall atmospheric pCO2 levels in the pre-industrial climate, provided we have

reasonable estimates of the stratification. In particular, there has been a strong focus

on Southern Ocean winds and vertical mixing in explaining glacial-interglacial cycles of

atmospheric CO2. Francois et al. [1997] and Anderson et al. [2009] suggest that there was

an increase in vertical mixing in the Southern Ocean at end of the Last Glacial Maximum

(LGM), 20000-12000 years before present, possibly related to an increase in wind stress.

Using the scaling derived in chapter 3, we could therefore calculate the atmospheric pCO2

related to those changes in vertical mixing. Francois et al. [1997] suggests that vertical

mixing was increased by 20% to 50% at the end of the LMG, which would correspond to

an increase in atmospheric pCO2 of 15-35 ppm using our scaling.

So far, current theories of physical mechanisms have not been able to fully explain the

glacial-interglacial cycles of atmospheric CO2 [Sigman and Boyle, 2000, Solomon, 2007].

Marine biology is often used to try and explain the deficit in atmospheric CO2 variations

[Kohfeld et al., 2005]. The change in vertical stratification during the LGM discussed in
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Francois et al. [1997] and Anderson et al. [2009] would induce a non-local atmospheric

feedback in the North Atlantic of the type discussed in chapter 4, which has previously

been ignored. Therefore, including the effects of the non-local atmospheric feedback in

the North Atlantic due to Southern Ocean vertical mixing could aid our understanding of

glacial-interglacial atmospheric CO2 cycles.

Studies such as Anderson et al. [2002] have investigated changes in biological export in

paleo climate, but only at a global scale. Early studies such as Broecker [1982], Pedersen

[1983] and Farrell et al. [1995] study the effect of equatorial biological production in the

Pacific on glacial-interglacial atmospheric CO2 changes, though equatorial biology in the

Atlantic has been left relatively unaddressed. Kohfeld et al. [2005] show that there was

higher biological carbon export in the Atlantic equatorial shadow zone in the LGM but

states that “these areas are relatively small and do not affect the overall picture,” while

our research shows these areas should not be overlooked. Although global changes in

ocean alkalinity have been acknowledged as being potentially important, there has been

no consideration of spatial patterns. Kohfeld et al. [2005] does not give exact figures of

the relative change in biological export in the Tropics and North Atlantic, so we cannot

give an estimate of the atmospheric feedback due to Tropical biology. Therefore, further

study using both past observations and model simulation with LGM conditions is needed

to fully estimate the magnitude of the feedback, but we expect there to be a signal, given

the results presented in this thesis.

While previous studies have been concerned with quantifying the atmospheric pCO2

feedback of the biological pump using global mean efficiency of the biological pump [e.g.

Ito and Follows, 2005], the non-local Southern Ocean wind stress feedback emphasises

the importance of spatial patterns. When it comes to climate feedbacks, the focus has

generally been on global means of temperature and atmospheric CO2, as illustrated by the

simple 1-D model in chapter 2. Perhaps more focus should lie on the spatial patterns, since

Armour et al. [2013] shows that the time evolution of global feedbacks is tied to regional

feedbacks. Wind-driven outgassing of natural carbon in the Southern Ocean will affect the

atmospheric distribution of CO2 and therefore spatial patterns of climate-concentration

feedbacks (such as the carbon fertilisation effect [Kimball, 1983, Long et al., 2006]) and

radiative forcing patterns.
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Furthermore, the equation for Southern Ocean pCOo
2 derived in chapter 3 is used to

calculate an area average change in pCOo
2. However, it could be used in the form of

eqn. 3.5, without a basin-scale spatial average, to calculate spatial patterns of ocean pCO2

anomalies. For example, we could use eqn. 3.5 to show that the sensitivity of pCOo
2 to

wind stress varies with longitude in the Southern Ocean, such that the pCOo
2 in some areas

is more susceptible to wind induced mixing than others. However, wind-induced vertical

mixing does not only alter mixed layer DIC but also other mixed layer properties such as

temperature. Wind-induced sea surface cooling will further affect regional feedbacks (as

shown in Fig. 3.4). Therefore, a mixed layer flux equation as a function of wind stress

could be derived for other climate-relevant quantities such as mixed layer temperature or

nutrient concentration. By doing so, we could gain further insight into the effect of surface

wind stress on regional climate feedbacks.

Similarly, the circulation-induced ocean heat content anomaly H ′dynamics derived in

chapter 6 can be used to study regional feedbacks and the physical mechanisms that drive

them. For example, the non-local Southern Ocean wind stress feedback arises from the

inherent connection between the Southern Ocean and the North Atlantic sub-polar region,

harking back to the ideas of Gnanadesikan [1999]. Similar principles could apply to ocean

heat uptake, where changes in Southern Ocean dynamics could have impacts on ocean

heat content in the North Atlantic.

Overall, this thesis provides a physical basis and quantification of the climate-carbon

feedbacks of high latitude wind stress and global surface warming on atmospheric CO2

levels. However, our current understanding of climate feedbacks as a whole requires much

more research. We believe the work presented here advances our understanding of climate

feedbacks and can be used as a valuable tool towards that goal.
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7

Appendix

7.1 1-D Model re-optimization

The 1-D model used in section 2.1 is tuned by applying a likelihood profiling procedure

[Pawitan, 2001] to determine five parameters: the timescale of deep ocean carbon advec-

tion, b0, surface heat and carbon uptake, a2 and b2 respectively, airborne fraction of CO2

a year after emission, b4, and temperature feedback on natural carbon emissions, b5. It

is useful to point out that the temperature feedback on emissions represents the response

of the ocean carbon cycle to changes in temperature and can be either negative (an in-

crease in ocean carbon uptake) or positive (net release of carbon from the ocean to the

atmosphere) as a result of changes in dynamics, chemistry or biology.

To update the observational constraints, we use data from 1950 to 2012 for effective

ocean heat capacity , 20th century greenhouse gas attributable warming and net airborne

fraction of CO2. The contribution of temperature feedback to airborne fraction of CO2

and rate constant for advection of CO2 into the deep ocean (Fig. 7.1d-e, effective timescale

of surface to deep ocean transfer of carbon) are identical to Allen et al. [2009] and based on

the C4MIP collection of models which feature full carbon cycles and we believed updating

these numbers with CMIP5 data would not meaningfully affect the results. The values of

the five optimised parameters are allowed to vary from the most likely value, after which

the total likelihood of the projection is assessed and maximised by comparison with the

optimisation constraints. Figure 7.1 shows the likelihood profiles, with the most likely

value of the constraint with a likelihood of 1, for the old and the updated constraints.

The net CO2 airborne fraction (Fig. 7.1c) uses a longer time series. The greenhouse

gas attributable warming (Fig. 7.1a) uses data from Gillett et al. [2013]. The effective

ocean heat capacity (Fig. 7.1b) now includes the heat content change of the ocean over

the period 1959-2011 [Lyman and Johnson, 2013, Levitus et al., 2012], which results in

a large change in the effective heat capacity. An important cause of the change is the

recent slowdown of global mean atmospheric temperature increase, which suggests a higher

uptake of heat by the ocean. In addition, the best estimate of the fraction of greenhouse
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gas (GHG) warming due to CO2 has been revised downward from 0.7 to 0.68 (with a 0.58-

0.98 95% confidence interval) by ensuring that the simple model’s relationship between the

1861-2005 greenhouse gas-induced warming trend and Transient Climate Response (TCR)

matches the suite of CMIP5 data from Gillett et al. [2013] and Forster et al. [2013]. The

TCR of the simple model is varied by adjusting parameters in the energy balance equation

after which the fraction of greenhouse gas warming due to CO2 is adjusted until the 1861-

2005 greenhouse gas-induced warming trend matches the CMIP5 mean. The constraints

for the feedback contribution of temperature on natural emissions (and so on airborne

fraction) and advection time constant of carbon transport from the surface to deep ocean

(Fig. 7.1d and e) are kept as determined in Allen et al. [2009].
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Figure 7.1: Likelihood profiles used in Allen et al. [2009] (red) and for updated constraints
using recent data up to the year 2012 (blue) to optimise the box-diffusion model. The peak
of the profiles indicate the most likely value of the constraint. The dashed lines indicate
that the constraint remains unchanged.

Figure 7.2 shows global mean temperature anomaly projections and associated 66%

confidence intervals (i.e. the IPCC “likely” range) using the old and new constraints.

The most recent constraints result in a downward revision of peak warming to 1.3◦ C

under a 1 trillion tonne of carbon emissions profile, compared to 2◦C in Allen et al.

[2009], along with a narrowing of the associated 66% confidence interval. The TCR is also

reduced from 2.3◦C to 1.4◦C. The change in peak temperature and sensitivity is due to
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the revised fraction of CO2 induced GHG warming and the revised estimate of ocean heat

capacity, which each contribute equally to the change. The Transient Climate Response to

cumulative Emissions of carbon (TCRE) is the TCR divided by the cumulative emission

of carbon at the time of atmospheric CO2 doubling and gives a good indication of warming

vs. emissions. In this case, the TCRE is 0.8 ◦C per TtC which is near the lower end of

CMIP5 models [Matthews et al., 2009].

The timing of the peak warming is also delayed by 30 years for the same forcing. The

delay can be explained by a combination of a stronger feedback of temperature on (natural)

carbon emissions and the increased estimate of effective ocean heat capacity. The peak

occurs in the year 2193, which is 172 years after emissions have begun to decrease.
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Figure 7.2: Global mean temperature anomalies for the most likely scenario (solid line)
and 66% confidence intervals (dashed lines) for a) the box-diffusion model with Allen et al.
[2009] constraints and b) the box-diffusion model constrained with observations up to 2012.
Both models are driven by the same 1 trillion tonne of carbon cumulative emission profile.

7.2 MITgcm equations and parameters

We describe below the MITgcm model equations and basic parameters used in sections

3-6. The grid system employed in MITgcm can describe cartesian, spherical-polar or curvi-

linear coordinates with an Arakawa C-grid [Arakawa and Lamb, 1977]. Tracer quantities

(e.g. temperature, salinity, etc.) are averaged over the grid cells while the zonal, merid-

ional and vertical velocity components u, v and w respectively are defined at the centre

of the orthogonal grid faces (Fig. 7.3). The velocity components in each grid cell are to

be calculated as the average of the components on the bounding grid faces.
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ensures energy conservation; see, for example, Arakawa and 
Lamb [1977]. 

The spatial averaging required on the C grid is a significant 
disadvantage when the model is used at resolutions which are 
coarse relative to the Rossby radius of deformation. A check- 
erboard mode in the horizontal divergence field can readily be 
excited and implicit treatment of Coriolis terms is significantly 
more complicated than on unstaggered grids (such as the "B" 
grid, for example). As shown by Adcroft [1995], however, both 
of these difficulties can be significantly ameliorated by use of a 
Co grid in which a "D" grid is used to step forward velocity 
components used in the evaluation of Coriolis terms. 

3.2.2.2. Pressure gradient force. The three components 
of the pressure gradient force are 

Vp = &xP, • &vP, • •zP (26) 

b) 

u 

Figure 3. (a) The faces of the zones are coincident with three 
orthogonal coordinate axes, sketched here for a latitude/ 
longitude/vertical grid (except where the zones abut a solid 
boundary; see Figure 4). (b) Velocities are face quantities 
defined normal to the faces of the zones; T, S, and p are zone 
quantities. 

V u = V •x (24) 
the average of the volumes of the cells on either side of the 
face in question. Exactly analogous expressions are written 
down for V ß (vv) and V ß (vw) in which the -x average of the 
"area x velocity" terms is replaced by -Y and -z, respectively. 

The forms (23) and (24) guarantee (1) conservation of the 
first moment because it is written in flux form and (2) conser- 
vation of the second moment because the fluxing velocities 
satisfy a nondivergence condition 

-x O x x x(Axøu ) + ) + z(Azøw ) = 0 
exactly analogous to (20). Shaved cells are considered in sec- 
tion 3.2,2.4 below. 

3.2.2.1. Coriolis terms. Velocity components are stag- 
gered in space, and so the evaluation of Coriolis terms in (1) 
(they are written down in full by Marshall et al. [this issue, (14), 
(15), and (16)]) involves spatial averaging: 
Gcom = -2D,^v 

[1 x l rvo•xy l vo•zZ ] = ffrø - bVz), , (25) 
where f = 2fl sin 4• and b = 211 cos •b. The above form 

The form (26) ensures that the discrete operator representing 
V ß Vp, which must be inverted to find the pressure field, is a 
symmetric operator facilitating the use of conjugate-gradient 
methods; see section 4. It also leads to an appropriate discrete 
analogue of energy conservation; see section 3.3 and Adcroft et 
al. [1996]. 

3.2.2.3. Forcing and dissipation. "Laplacian" diffusion 
terms are represented for zone quantities thus: 

1 
(27a) 

and for face quantities: 

1 --x -•y --z V' (.Vu) = V' [.(Aj ø SxU. Az ø SjU)] (27b) 

where l• is given by (24). Higher-order dissipative forms are 
obtained by repeated application of the V 2 operators defined 
above. 

3.2.2.4. The use of shaved cells. The model has been de- 
signed so that the cells which abut topography may be shaved 
to accommodate irregular topography and/or coastlines. As 
sketched in Figure 4, for example, the dynamical effect of the 
gentle slope of an abyssal plane can be captured in the model 
by the use of appropriately shaved cells; the lower face of the 
cell can be inclined allowing a "piecewise-constant-slope" rep- 
resentation of topography. Shaved cells present no Problem in 
respect of zone quantities (T and S are stepped forward ex- 
actly as before using (15), (19), and (22) with V ø the volume of 
the zone in question). However, to ensure appropriate conser- 
vation properties in the momentum equation, l• in (23) (the 
volume associated with the u component of velocity) cannot be 
arbitrarily chosen and must be set equal to 

VUlshaved-- Ax•4x ø (28) 
where Ax is the average of the x dimension of the cells on 
either side of the face in question. 

Our discrete equations for those cells that are shaved are 
now only accurate to first order in the zone dimension, but they 
retain appropriate conservation credentials, so enhancing sta- 
bility. The use of shaved cells to represent irregular topography 
and a detailed justification of the discrete forms chosen above, 
is given by Adcroft et al. [1996]. An illustration of the use of 
shaved cells to represent topographic/3 is given in section 5. 

Figure 7.3: MITgcm grid cell: the velocity components u, v and w are defined at the
centre of the orthogonal grid faces and tracer quantities are averaged over the volume of
the cell.

The momentum equations solved in the model are the following:

∂uh

∂t
+ (u ·∇) uh + f × uh +

1

ρ0
∇p = νh∇2uh + Fuh

(7.1)

with the 3D Eulerian velocity given by u = (uh, w), uh is the 2D horizontal Eulerian

velocity vector, ∇ is the 2D vector gradient ∇ = ı̂ ∂∂x + ̂ ∂∂y , ∇ is the 3D vector gradient, f

is the Coriolis vector, νh is the 2D kinematic viscosity and Fuh
is the forcing. The forcing

Fuh
is given by the surface wind stress vector τ :

Fuh
=

τ

ρ0∆zz
, (7.2)

where ρ0 is a reference density and ∆zz is the thickness of the surface layer. The pressure

p is calculated using the hydrostatic approximation. The vertical velocity w is then solved

using continuity:

∇ · uh +
∂w

∂z
= 0. (7.3)

Lastly, a free surface is used so that z = η at the surface, where η is the sea surface height

defined as the deviation from z = 0, so that η can be positive or negative. Potential

temperature (θ) and salinity (S) follow the tracer equations:

∂θ

∂t
+ u ·∇θ = ∇ · (κ ·∇θ) + Fθ, (7.4)

∂S

∂t
+ u ·∇θ = ∇ · (κ ·∇S) + FS , (7.5)

where κ is the 3D vertical diffusion matrix, and Fθ and FS are source/sink terms. u

is the residual velocity field u = u + u∗ = (uh + uh
∗, w + w∗), where the terms u∗ =

(uh
∗, w∗) represent the bolus velocity due to unresolved eddies. The effect of unresolved

eddies is parametrized using the Gent-McWilliams parametrization [Gent and McWilliams,

1990, GM90] via the skew-flux formulation of Griffies [1998], which incorporates diapycnal

diffusion by rotation of the ‘vertical’ diffusivity [Redi, 1982]. The horizontal bolus velocity
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Variable Symbol Value Units

Harmonic viscosity 0.0075 m4s−1

GM diffusivity κGM 1000 m2s−1

Diapycnal diffusivity 3× 10−5 m2s−1

Restoring timescale T λθ 30 days
Restoring timescale S λS 10 days
Vertical viscosity 10−3 m2s−1

Time step (physical model) 900 s
Time step (biogeochemical model) 43200 s
Redfield ratio carbon to phosphorous rC:P 117
Redfield ratio nitrogen to phosphorous rN :P 16
Fraction of new production going to DOP γ 0.67
Phosphate half saturation constant KN 5x10−4 mol m−3

Light half saturation constant Ik 30 W m−2

DOP remineralisation timescales λremin 6.43x10−8 s−1

Table 7.1: Model Parameters for the MITgcm at 2◦ × 2◦ horizontal resolution.

u∗h is calculated from the vertical derivative of the bolus streamfunction ΨGM , which is

equal to the isopycnal slope in the x- and y-direction S = (Sx, Sy, 0) multiplied with the

GM thickness diffusivity κGM such that

u∗h = − ∂

∂z
ΨGM =

∂

∂z
[κGMS] . (7.6)

The value of κGM depends on the model resolution and ΨGM is set to zero at the upper

and lower boundary. Since Sx is effectively infinite in the mixed layer, ΨGM is tapered

in the mixed layer. Horizontal diffusion of tracers is incorporated in the Griffies [1998]

skew-flux formulation of the GM90 parametrization. Potential temperature at the surface

is forced with a climatological relaxation to monthly values θc according to a timescale

λθ similar to Munday et al. [2013]. Similarly, salinity is forced at the surface with a

climatological relaxation towards monthly values Sc with a timescale λS [Haney, 1971].

The forcing are given by

Fθ = −λθ(θ − θc), (7.7)

FS = −λS(S − Sc). (7.8)

Such a restoring boundary, as used in other studies [e.g., von der Heydt and Dijkstra,

2008], assumes that the ocean is forced by a steady climatological atmosphere [Haney,

1971], which is only true at equilibrium without variability in the forcing, i.e. when θc

and Sc are constants in time (aside from the climatological seasonal cycle). The values of

constants used in the model are summarized in table 7.1.
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7.3 Mixed layer carbon equation

This section describes the integration of the mixed layer carbon tracer equation over the

vertical extent of the mixed layer section 2.4.1. The mixed layer carbon flux equation is

given as:
∂C

∂t
= −∇ · [(u + u∗)C] + ∇ · (κ ·∇C) + Fair−sea + Fbio, (7.9)

where u is the Eulerian velocity, u∗ is the bolus velocity and u+u∗ is the residual velocity

[Marshall and Radko, 2003], κ is the diffusivity matrix, Fair−sea is the air-sea flux and

Fbio the biological flux, as defined in section 2.3.1. The vertical integration limits of the

mixed layer tracer equation for carbon are the free surface η(x, y, t) and the mixed layer

depth H(x, y, t). Therefore, we need to apply Leibniz’ rule to simplify the integrals. For

the derivative with respect to t:
∫ η

−H

∂C

∂t
dz =

∂

∂t

∫ η

−H
Cdz − C(η)

∂η

∂t
− C(−H)

∂H

∂t
= (H + η)

∂Ch
∂t

. (7.10)

It also assumed that C(−H) = C(η) = Ch. For the derivative with respect to horizontal

spatial coordinates, with the horizontal velocity vector uh = (u+u∗)̂i+(v+v∗)ĵ = uî+vĵ:
∫ η

−H
∇ · (C uh) dz = ∇ ·

∫ η

−H
C uhdz − Ch uh · ∇η − Ch uh · ∇(−H). (7.11)

We’ve assumed C(x, y, z) = Ch(x, y) which is constant with z, so we can write the integral:

∇ ·
∫ η

−H
C uhdz = ∇ ·

(
C

∫ η

−H
uhdz

)
= (∇ · C)

(∫ η

−H
uhdz

)
+ C

∂h

∂t
, (7.12)

where we have used the vertical integral of the continuity equation, such that:
∫ η

−H

(
∂u

∂x
+
∂v

∂y
+
∂w

∂z

)
dz =

∂h

∂t
+∇ ·

∫ η

−H
(uh)dz = 0, (7.13)

and the kinematic boundary condition, in the absence of freshwater forcing:

w =
∂h

∂t
+ uh · ∇h (7.14)

to substitute ∇ ·
∫ η
−H(uh)dz for ∂h

∂t , where h = η +H (see White et al. [2008]). Therefore

the net result of the vertical integration of the horizontal advection term gives:
∫ η

−H
∇ · (C uh) dz = (∇ · C)

(∫ η

−H
uhdz

)
+ C

∂h

∂t
+ uh · ∇h. (7.15)

We can therefore use eqn. 7.15 to substitute for
∫ η
−H ∇ · (C uh) dz in the mixed layer

carbon eqn. 2.24 which leads to to full equation integrated over the mixed layer:

h
∂Ch
∂t

= − Ch(wh + u
∂h

∂x
+ v

∂h

∂y
+
∂h

∂t
) +

∂C

∂x
u h+

∂C

∂y
v h

+

[
κx
∂2Ch
∂x2

+ κy
∂2Ch
∂y2

]

h

+

(
κz
∂Ch
∂z

)

z=−H
+ h Fair−sea + [Fbio]h . (7.16)
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7.4 Mixed layer entrainment velocity

We describe below the derivation for the ocean mixed layer entrainment velocity wh used

in section 3.1.2. For an ocean mixed layer of density ρ and depth h, a wind stress τ across

the surface will act as a source of mechanical energy input (W ). The rate of change of

the energy W can be calculated by considering a force (wind stress) accelerating an object

(mixed layer) with a velocity uml:

dW

dt
= τ uml = ρ0u

2
∗ uml = m0ρ0u

3
∗, (7.17)

where u∗ is the frictional wind speed and m0 is a constant. The input of mechanical energy

must be equal to the rate of change of potential energy PE:

dPE

dt
=

d

dt

[∫ 0

−h
ρ0gzdz

]
=

1

2
gh2 dρ0

dt
(7.18)

Equating the rate of change of mechanical and potential energy then gives:

m0ρ0u
3
∗ =

1

2
gh2 dρ0

dt
=

1

2
gh2

(
dρ0

dT

)(
dT

dt

)
(7.19)

The term dρ0
dT is equal to −αρ0 where α is the thermal expansion coefficient. To calculate

the term dT
dt we considering the influence of a heating at the surface in the form of a net

surface heat flux Q and a cooling at the bottom due to an entrainment of colder deep

water:
dT

dt
=

Q

ρ0hCp
−∆zT

1

h

dh

dt
=

Q

ρ0hCp
−∆zT

1

h
we (7.20)

where Cp is the specific heat capacity and the rate of change of the mixed layer depth is

set equal to the entrainment velocity we. Using this expression in equation 7.19 allows us

to solve for the mixed layer entrainment velocity:

wh =
2

αgh∆zT

(
m0u

3
∗ − αgh

Q

2ρ0Cp

)
(7.21)

In essence, the entrainment velocity results from balancing in the kinetic energy due to

wind friction with the change in potential energy, resulting from a change in density due

to heating at the surface and mixing of cold water at the mixed layer base.

7.5 40◦ longitude wide basin MITgcm model set-up

The experimental set-up for the 40◦ longitude wide basin MITgcm model is identical to the

20◦ wide version described in section 2.3 except for the width of the basin. The equations
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and parameters are the same as stated in section 7.2. Figure 7.4 shows the control mean

circulation of the model and Fig. 7.5 shows control mean patterns of DIC, mixed layer

biological productivity, ocean pCO2 and air-sea CO2 flux. The equilibrium atmospheric

pCO2 of the model is 295 ppm. The main difference between the 40◦ longitude and 20◦

longitude wide model is the strength of the MOC, 6.2 Sv and 4.2 Sv respectively. The

wider basin also results in longer zonal advection timescales, since the time taken for

water to be advected from the Eastern to the Western side of the basin is longer in the

40◦ longitude model.
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Figure 7.4: a) Control mean MOC, b) control mean barotropic stream function, c) residual
zonal mean of the zonal velocity u as a function of depth and latitude and d) residual zonal
velocity u at a depth of z=-400m for the 40◦ wide basin MITgcm model.
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3.1.2 Southern Ocean carbon response

The response of the local ocean pCO2 (pCOo
2) to a change in temperature T can be

quantified using an empirical relationship determined by Takahashi et al. [1993]:

@pCOo
2

@T
= 0.0423 · pCOo

2. (3.2)

The relationship quantifies the reduction in solubility of dissolved CO2 gas in water as

the temperature increases. The uncertainty in the measurement is quoted as @ln(pCO2)
@T =

0.0423 ± 0.0002�C�1 over a range of 2.1� � 24.5�, so it holds well for the high latitude

ocean2. Equation 3.2 is widely used when separating solubility vs. physical (dynamical

or biological) contributions in variations in ocean pCO2 [Takahashi et al., 1993, 2009,

McKinley et al., 2011, Roedenbeck et al., 2013, Wanninkhof et al., 2013, Majkut et al.,

2014]. To estimate the change in Southern Ocean pCOo
2 (�pCOo

2) as a result of a sea

surface temperature perturbation in the Southern Ocean �T , where the overline indicate

the area-mean (in this case, the mean across all longitudes and between 60S � 40S for

the southern channel), equation 3.2 can be re-written as:

�pCOo
2 =

⌦
pCOo

2

↵
e0.0423�T , (3.3)

with
⌦
pCOo

2

↵
as the mean state value of pCOo

2, which will allow us to disentangle the

e↵ects of solubility from other dynamical influences. So how well does equation 3.1.3

model the Southern Ocean response?

2Equation 3.2 wouldn’t hold well for the tropics, where sea surface temperatures are above 24.5�
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with the accumulation of organic carbon in the weakening deep bottom water overturn-

ing cell. The timescale for the process is on the order of millennia (Schmittner, 2005;

Schmittner et al., 2007) . The slowing of the circulation causes a reduction in upwelling

of deep carbon, reducing surface carbon concentrations after the initial adjustment of

the density structure.

In general, the relevant response of �pCOo
2 to warming follows the solubility trend

well. With equation 2.33, we can use the �pCOo
2 to estimate the associated change

in �pCOa
2 (where we calculate �pCOa

2 = pCOa
2� < pCOa

2 >, where ‘< .. > ’ is the

control mean). Fig. 3.8 shows the �pCOa
2 from both the prediction and the MITgcm

output. The figure shows that the response modelled by MITgcm is much larger than

the response predicted by the scaling, meaning that the natural carbon �pCOa
2 is set by

processes other than the Southern Ocean carbon anomaly, the details of which will be

examined in a later section.
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Figure 3.8: Predicted �pCOa
2 in response to Southern Ocean warming (blue) and �pCOa

2

MITgcm output from temperature perturbation experiments (black).

While the results use an idealised ocean model, we believe the mechanisms discussed

are relevant for the real ocean. The only di↵erence is that the bottom water cell contains
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full equation is given as:

h
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z=�H

+ h Fair�sea + [Fbio]h ,

(2.22)

where wh = w(�H) and define [ ... ]h =
R z=⌘
z=�H ... dz. To understand the magnitude and

patterns of the terms in equation 2.22, we calculate the 240-year means of a HadGEM2-

ES pre-industrial control run6 (Fig. 2.14) and in the MITgcm pre-industrial control

integration (Fig. 2.15). The relative magnitude of the terms holds for the HadGEM2-ES

2⇥CO2 and 4⇥CO2 experiments, as well as the MITgcm perturbation experiments (see

appendix).

6As mentioned previously, the calculations do not include the eddy velocities u⇤ and v⇤ as they are
not outputted by the model.
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Figure 7.5: a) Zonal mean DIC, b) mixed layer DIC, c) mixed layer mean biological
productivity, d) ocean surface pCO2 and e) air-sea CO2 flux for the 40◦ wide basin MITgcm
model.

7.6 Southern Ocean wind stress perturbations for a 40◦ lon-
gitude wide basin and triangular wind stress profile

To verify that the relationship between Southern Ocean pCO2 and area-mean wind stress

τSO derived in section 3.1.2, eqn. 3.7, is independent of the wind stress profile and basin

size, two sets of experiments are run. Firstly, we present the results from a set of wind

stress perturbation experiments where the sinusoidal wind stress profile between 60◦−20◦S

is replaced with a piecewise linear function with the same maximum value of τ = 0.15

N/m2 at 40◦S (Fig. 7.6a). The second set of wind stress perturbation experiments feature

a doubled basin size, such that the sector is 40◦ wide instead of 20◦ (Fig. 7.6b). In each

case, we use the scaling equation 3.7 to estimate Southern Ocean pCO2 as a function of

τSO and find that the scaling holds regardless of basin size and wind profile (note that the
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sensitivity of the relationship varies between the sets of experiments since the climatologies

are slightly different).
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Figure 7.6: Response of the MITgcm Southern Ocean pCOo2, as a function of mean channel
wind stress. The blue square denotes the control experiment and the red squares the
perturbed experiments (after 400 years of model run) for a) a piecewise linear wind stress
profile between 60◦ − 20◦S and b) for a model domain 40◦ wide. The red lines are the
calculations made using eqn. 3.7 and the dashed black lines are linear trends around the
control state.

7.7 Ecological models for primary production: nutrient and
light limitation perturbation experiments

Below we describe the nutrient and limitation model used MITgcm. The nutrient and light

limitation parameters in the model are perturbed to simulate changes in surface biological

productivity without any dynamical changes, as used in section 4.1.4. The rate of change in

DIC in the mixed layer is modelled in GCMs by considering a source-minus-sinks function,

SMS for the primary production (usually phytoplankton population P ):

SMS(P ) = VP (T ) γ(I,N) P − sinks, (7.22)

where VP (T ) is the temperature-dependent maximum growth rate (which only some mod-

els include) and γ(I,N) is a dimensionless function from 0 to 1 that gives the combined

influence of nutrients N and irradiance I on the growth rate. The form of the function

γ(N) is empirically determined to take a hyperbolic functional form (Monod 1949):

γ(N) =
N

KN +N
, (7.23)

where KN is the half-saturation constant (or Monod constant) which is the concentration

of N at which point the growth rate is at half its maximum value. The value of KN
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is found to be generally less than 3 mmol m−3 [Eppley et al., 1969]; in the MITgcm

experiments, the default value is 0.4 mmol m−3. By perturbing this parameter in a

model, the strength of the primary production at given concentration of N can therefore

be increased or decreased. The change will be stronger in areas that are severely limited

by macro-nutrients such as Nitrogen and Phosphorous (i.e. the Tropics and mid-latitude),

while high-latitude areas that are light-limited will see a smaller percentage change.

The same principle applies for the function γP (I), which is most accurately represented

by the form [AD and Platt, 1976]:

γP (I) =
I√

I2
k + I2

(7.24)

where Ik is the irradiance half-saturation constant, which takes a default value of 30 Wm−2

in MITgcm. By perturbing the parameter Ik, the strength of biology can be perturbed for

a constant value of local I and the change will be strongest in areas that highly light-limited

(i.e. high latitude areas).

7.8 Calculating ∆pCOa
2 due to Southern Ocean alone and

calculation of εf

To calculate the non-local feedback parameter εf in the Southern Ocean wind stress per-

turbation experiments in section 4.1.4, we use the equation:

∆pCOa2 = (1 + εf
PE
PSO

)PSO ∆pCOo2SO + ∆PSO pCOo2SO + ∆PE pCOo2E , (7.25)

where the subscript SO refer to the Southern Ocean where the wind stress perturbation

is applied and the subscript E refers to the rest of the ocean basin. PSO and PE are the

area fractions of the respective regions, weighed by the local wind stress and ∆ indicates

the anomaly with respect to the control mean. We solve eqn. 7.25 for εf using values of

∆pCOa2 and ∆pCOo2SO from the MITgcm perturbation experiments. Here, we present a

separate estimate of εf using a more rigorous approach for the case of Southern Ocean

wind stress perturbations.

Firstly, we explicitly calculate the atmospheric pCO2 change due to the perturbation in

the Southern Ocean pCO2 alone, (∆pCOa2)SO, without any non-local effects. Secondly, we
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calculate the full pCOa
2 including non-local contributions, (∆pCOa2)NL. The two equations

we solve are therefore:

(∆pCOa2)SO = PSO ∆pCOo2SO + ∆PSO pCOo2SO + ∆PE pCOo2E (7.26)

(∆pCOa2)NL = (1 + εf
PE
PSO

)PSO ∆pCOo2SO + ∆PSO pCOo2SO + ∆PE pCOo2E (7.27)

By combining the two equations, we can then solve for εf:

εf =
(∆pCOa2)NL − (∆pCOa2)SO

PE ∆pCOo2SO
. (7.28)
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Figure 7.7: a) Change in ocean pCO2 in the 2× τSO experiment and b) the corresponding
regions 1 and 2 used to calculate the local and non-local pCOo

2 contribution towards
atmospheric pCO2.

To calculate (pCOa2)SO, we explicitly integrate the equilibrium air-sea flux equation

over the whole domain to solve for atmospheric pCO2:

∫
Fair−seadA =

∫
Kτ(pCOa2 − pCOo2(f))dA = 0. (7.29)

pCOo2(f) indicate perturbed values of pCOo2 while pCOo2(0) are the control values (see be-

low). However, we use only time-varying pCOo
2 values from the perturbation experiments

in the Southern Ocean where the wind stress perturbation is applied. We keep the pCOo
2

values elsewhere in the basin constant using control run values: the pCOo
2 from region

1 in Fig. 7.7 is time-varying, while the pCOo
2 from region 2 is kept constant (region 1

is calculated as the area in the Southern hemisphere with a higher than average pCOo
2

anomaly, including the Southern channel). We therefore solve the equation:

∫ 1

Kτ(pCOa2 − pCOo2(f))dA+

∫ 2

Kτ(pCOa2 − pCOo2(0))dA = 0, (7.30)
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for pCOa2 , where integration over region 1 is indicated by the subscript 1 on the integral

sign, and similarly for region 2. τ kept at the unperturbed value for both region to ensure

PSO is constant.

For the full non-local pCOa
2, we simply use the time-varying pCOo

2 values from the

perturbation experiments for the whole basin.1 We therefore solve the following equation

for pCO2:

∫ 1

Kτ(pCOa2 − pCOo2(f))dA+

∫ 2

Kτ(pCOa2 − pCOo2(f))dA = 0, (7.31)

The result of the calculation is shown in Fig. 7.8. The values of εf shown in Fig. 7.8 are

slightly higher than those shown in Fig. 4.9 for low wind stress perturbations. The order

of magnitude is similar however and both calculations show εf increasing with Southern

Ocean wind stress.
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Figure 7.8: εf as a function of wind stress in MITgcm.

7.9 Temperature and carbon anomalies in fixed circulation
experiments

In section 6.1.2, the similarity between the normalized fixed and free Cnant patterns is

exploited to calculate the circulation-induced temperature anomaly field T ′ndynamics. The

following figures show further examples of the reconstruction of the normalized circulation-

induced temperature anomaly field T ′ndynamics. Using anthropogenic carbon anomalies in

the freely evolving MITgcm experiments, Cnant(free), we can calculate T ′ndynamics by using

the equation:

T ′ndynamics(x, y, z, t) = T ′nfree(x, y, z, t)− T ′nfix(x, y, z, t)

≈ T ′nfree(x, y, z, t)− Cnant(free)(x, y, z, t). (7.32)

1The scaling in chapter 3 effectively estimates (pCOa2 )SO.
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Figure 7.9 shows the reconstruction of the zonal mean T ′ndynamics field against the modelled

T ′ndynamics field at year 10 (panel a), 50 (panel b), 100 (panel c) and 400 (panel d) in

the 1.2xT MITgcm experiment. The modelled T ′ndynamics field is calculated by taking the

difference between the temperature anomalies between freely evolving and fixed dynamics

temperature anomalies in the 1.2xT MITgcm experiments with an anthropogenic CO2

pulse of 260 ppm.
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Figure 7.9: Zonal mean reconstruction (left) and model output (right) of T ′ndynamics at a)
10, b) 50, c) 100 and d) 400 years in the MITgcm 1.1xT base warming experiment with
260ppm anthropogenic pulse emission.

The temperature anomalies can be integrated vertically to give the column integrated

heat content H. Figure 7.10 then shows the reconstruction of H ′ndynamics field against

the modelled Hn
dynamics field at year 10 (panel a), 50 (panel b), 100 (panel c) and 400

(panel d) in the 1.2xT MITgcm experiment. Figures 7.9 and 7.9 both show the same
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features described in section 6.1.2. Firstly, we see discrepancies between the reconstructed

dynamically-induced temperate anomalies and the modelled values in the Southern Ocean

(likely due to the temperature restoring at the Southern boundary). Secondly, the error

in the reconstruction increases with time and becomes significant after several centuries

(see Fig. 7.9d in particular. The error is likely due to changes in the circulation affecting

the anthropogenic carbon distribution over centennial timescales and the different forcing

histories of temperature and carbon in the MITgcm simulations.
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Figure 7.10: Reconstruction (left) and model output (right) of vertical column heat
anomaly H ′ndynamics at a) 10, b) 50, c) 100 and d) 400 years in the MITgcm 1.1xT base
warming experiment with 260ppm anthropogenic pulse emission.
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