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Mathematical Modelling of Compaction and Diagenesis in

Sedimentary Basins (DPhil Thesis by Xin-She Yang) (Abstract)

Sedimentary basins form when water-borne sediments in shallow seas are deposited
over periods of millions of years. Sediments compact under their own weight, causing
the expulsion of pore water. If this expulsion is sufficiently slow, overpressuring can
result, a phenomenon which is of concern in oil drilling operations. The competition
between pore water expulsion and burial is complicated by a variety of factors, which
include diagenesis (clay dewatering), and different modes (elastic or viscous) of rhe-
ological deformation via compaction and pressure solution, which may also include
hysteresis in the constitutive behaviours. This thesis is concerned with models which
can describe the evolution of porosity and pore pressure in sedimentary basins.

We begin by analysing the simplest case of poroelastic compaction which in a 1-D
case results in a nonlinear diffusion equation, controlled principally by a dimensionless
parameter A, which is the ratio of the hydraulic conductivity to the sedimentation
rate. We provide analytic and numerical results for both large and small A\ in Chapter
3 and Chapter 4. We then put a more realistic rheological relation with hysteresis
into the model and investigate its effects during loading and unloading in Chapter 5.
A discontinuous porosity profile may occur if the unloaded system is reloaded. We
pursue the model further by considering diagenesis as a dehydration model in Chapter
6, then we extend it to a more realistic dissolution-precipitation reaction-transport
model in Chapter 7 by including most of the known physics and chemistry derived
from experimental studies.

We eventually derive a viscous compaction model for pressure solution in sedi-
mentary basins in Chapter 8, and show how the model suggests radically different
behaviours in the distinct limits of slow and fast compaction. When A < 1, com-
paction is limited to a basal boundary layer. When A > 1, compaction occurs
throughout the basin, and the basic equilibrium solution near the surface is a near
parabolic profile of porosity. But it is only valid to a finite depth where the perme-
ability has decreased sufficiently, and a transition occurs, marking a switch from a

normally pressured environment to one with high pore pressures.
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Chapter 1

Introduction

1.1 Motivation for Modelling Compaction and Diagenesis

When well-bores are being drilled for oil exploration, drilling mud (a clay suspension
in water) is used in the hole to maintain its integrity and safety. The mud density
must be sufficient to prevent collapse of the hole, but not so high that hydrofracturing
of the surrounding rock occurs. Both these effects depend on the pore fluid pressure
in the rock, and drilling problems occur in regions where abnormal pore pressure or
overpressuring occurs, that is in the regions, normally in the sedimentary basins such
as the North Sea, where pore pressure increases downward faster than hydrostatic
pressure. Such kind of overpressuring can substantially affect oil-drilling rates and
even cause serious blowouts during drilling. Therefore, an industrially important ob-
jective is to predict overpressuring before drilling and to identify its precursors during
drilling. Another related objective is to predict reservoir quality and hydrocarbon mi-
gration. An essential step to achieve such objectives is the scientific understanding
of their mechanisms and the evolutionary history of post-depositional sediments such
as shales.

Shales and other fine-grained compressible rocks are considered to be the source
rocks for much petroleum found in sandstones and carbonates. At deposition, sed-
iments such as shales and sands typically have porosities of order 0.5 ~ 0.75 or

50% ~ 75% (Lerche, 1990). When sediments are drilled at a depth, say 5000 m,
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porosities are typically 0.05 ~ 0.2 (5% ~ 20%). Thus an enormous amount of water
has escaped from the sediments during their deposition and later evolution. Because
of the fluid escape, the grain-to-grain contact pressure must increase to support the
overlying sediment weight. Dynamical fluid escape depends lithologically on the per-
meability behavior of the evolving sediments. As fluid escape proceeds, porosity
decreases, so permeability becomes smaller, leading to an ever-increasing delay in
extracting the residual fluids. The addition of more overburden sediments is then
compensated for by an increase of excess pressure in the retained fluids. Thus over-
pressure develops from such a non-equilibrium compaction environment (Audet and
Fowler, 1992). A rapidly accumulating basin is unable to expel pore fluids sufficiently
rapidly due to the weight of overburden rock. The development of overpressuring
retards compaction, resulting in a higher porosity, a higher permeability and a higher
thermal conductivity than are normal for a given depth, which changes the struc-
tural and stratigraphic shaping of sedimentary units and provides a potential for
hydrocarbon migration.

The compactional fluid escape from the sediments is such a large factor that the
movement of subsurface fluids must play a dominant role in any attempt to under-
stand the evolutionary history of geological processes including petroleum formation
and migration, generation of overpressuring, cementation and dissolution of sedimen-
tary rocks, fracture formation and dynamical closure, reservoir formation and seals,
and the formation of ore deposits. Therefore, the determination of the mechanism of
dynamical evolution of fluid escape and the timing of oil and gas migration out of such
fine-grained rocks is a major problem. The fundamental understanding of mechani-
cal and physico-chemical properties of these rocks in the earth’s crust has important
applications in petrology, sedimentology, soil mechanics, oil and gas engineering and
other geophysical research areas.

One purpose of compactional and diagenetic modelling on a basinwide scale is to
derive an adequate theory to describe the geological processes during compaction, to
give a series of evolutionary profiles of porosity versus depth, i.e. compaction curves,

from which geologists and sedimentologists can better understand the burial and
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subsidence histories (Smith 1971). In any attempt to model the dynamic compaction
of sediments, the main goals are to reproduce, with acceptable agreement and con-
sistency, four major controls: a) the observed formation thickness, b) the observed
porosity as a function of depth, ¢) the observed fluid pressure as a function of depth,
and d) the observed formation permeability as a function of depth (Lerche 1990).
These four variables can be calculated in principle from the compaction curves.

The other important purpose of compactional and diagenetic modelling is to con-
tribute to a better understanding of how abnormally high fluid pressures come about
and what factors cause these abnormal pressures to persist for many millions of years
(Bredehoeft & Hanshaw 1968, Bishop 1979). These high pressures affect seismic in-
terpretation, mud programs during drilling, and drilling safety. Sediment compaction
models will be of interest both to the oil industry which always needs better mod-
els for clay-shale behaviour and to sedimentologists who are concerned with basin
analysis such as backstripping and burial history.

The thermal history and the generation of hydrocarbon in a sedimentary basin
are also closely related to the compaction processes since the thermal conductivity
and the diagenesis rates depend on the porosity of sediments. The compaction curves
are also a basis for further studies of petroleum migration. Clay diagenesis is a very
important process during compacting burial of sediments. Diagenesis is a thermally
activated reaction in which, for example, water-rich clay mineral smectite dewaters to
illite, releasing “bound interlayer” water into the fluid system and enhancing the de-
velopment of overpressuring. Such an illitization process is temperature and pressure
dependent and is triggered by the catalysis of potassium cations (from K-feldspar).

In addition the major stage of the smectite-to-illite diagenetic reaction often occurs
fairly shortly before oil generation and maigration, indicating close organic-inorganic
interactions. In fact, smectite interlayers may not only incorporate large amount of
organic products that constitute potential precursors for hydrocarbons, but also act as
important water reservoirs, that can provide through diagenesis the carrier necessary
for hydrocarbon migration (Chamley, 1989). Furthermore, it has been recognised

that overpressuring may often be associated with the formation of seals, which act
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as barriers to pore fluid expulsion (Hunt, 1990). Within the sealed compartment,
oil and gas release can build up high pore pressures. The seal formation may in
turn be related to pressure-enhanced dissolution and reprecipitation of clay minerals.
All these processes occur in fluid-sediment (water-rock) system, and depend on the
operating mechanisms of the fluid-sediment interactions. The main purpose of the
diagenetic modelling is obviously to investigate the operating mechanism of diagenesis

and reproduce much of the known physics and chemistry of the complex system.

1.2 Geological Terminology

The mathematical modelling of compaction and diagenesis is a multi-disciplinary
study. It is helpful to review the geological terminology related to the present studies.

Compaction is the process of volume reduction via pore-water expulsion within
sediments due to the increasing weight of overburden load. The requirement of its
occurrence is not only the application of an overburden load but also the expulsion
of pore water. The extent of compaction is strongly influenced by burial history
and the lithology of sediments. The freshly deposited loosely packed sediments tend
to evolve, like an open system, towards a closely packed grain framework during
the initial stages of burial compaction and this is accomplished by the processes of
grain slippage, rotation, bending and brittle fracturing. Such reorientation processes
are collectively referred to as mechanical compaction (Kearey & Allen, 1993), which
generally takes place in the first 1 - 2 km of burial. After this initial porosity loss,
further porosity reduction is accomplished by the process of chemical compaction such
as pressure solution at grain contacts. It is worth pointing out that consolidation is
a term often used in geotechnical engineering and implies the reduction of pore space
by mechanical loading.

Diagenesis generally refers to the sum of all those physical, chemical and bio-
logical post-depositional modification/reaction processes prior to the onset of meta-
morphism. Metamorphism is the process of substantial changes to the structure of

the sedimentary rock by high temperature and pressures. Diagenesis encompasses
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a broad spectrum of modifications to sediments. Despite its geological importance,
there is still no universally accepted definition of diagenesis (Rieke & Chilingarian,
1974). There is no current definitive delimitation of diagenesis either with respect to
the processes of weathering or metamorphism. In the loosest sense, diagenesis can
be considered as everything that contributes to making up a sedimentary rock, from
its weathering near the basin surface to its metamorphism during deep burial. The
fundamental mechanism behind diagenesis is still less well-documented and there ex-
ist large discrepancies between laboratory and field data. Diagenesis is influenced by
burial history, temperature, pressure and pore-fluid chemistry. Diagenesis is dynamic
as the sedimentary assemblage reacts via the interstitial pore fluids in an attempt to
equilibrate with the newly established conditions. At diagenetic temperatures and
pressures, it is very common that the kinetics of diagenetic reactions are slow and
metastable. Thus, in this sense, diagenesis can be considered simply as low temper-
ature geochemistry.

One of the most important diagenetic processes is the smectite-to-illite transforma-
tion during shale diagenesis. Its reaction mechanism is still under discussion though
it has received much attention in the last two decades in the literature. One main
part of our present work is devoted to the mathematical modelling of this important
diagenetic process.

Smectite is a family of clay minerals that includes montmorillonite and bentonite
which is also mainly a kind of montmorillonite-rich clay. The term dllite is less a name
for a definite mineral than a name for a group of substances with composition inter-
mediate between montmorillonite and muscovite. During diagenesis, montmorillonite
can release its bounded interlayer-water to form illite which is thermodynamically
more stable than montmorillonite.

Dissolution is the diagenetic process by which a solid mineral is dissolved by a pore-
fluid. There are two fundamental mechanisms for dissolution reactions: transport-
controlled or surface-controlled dissolutions. The former dissolution reaction is con-
trolled by the rate of transport of ions to and away from the reacting surface. This

type of dissolution is typical of fast dissolution by strongly concentrated solutions or
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of dissolution of highly soluble minerals. In the latter case, dissolution is controlled
by the reaction rate at the solid-solution interface, and the reaction is relatively slow.
This type of dissolution is typical of many diagenetic dissolution reactions of relatively
insoluble minerals in dilute solution with low chemical reactivity.

Pressure solution/dissolution is the dissolution process under stress. One of its
most common occurrences is during diagenesis. The increasing vertical load leads to
dissolution on contact surfaces, and deposition in pore spaces, and thus results in
(chemical) compaction. The solubility of minerals increases with increasing effective
normal stress at grain contacts. Pressure dissolution at grain contacts is thus a com-
pactional response of the sediments during burial in an attempt to increase the grain
contact area so as to distribute the effective stress over a larger surface. Unfortunately,
the mechanism and chemistry of the processes are still poorly understood.

Precipitation is the deposition process of a mineral from a supersaturated pore-
fluid in either solid form by crystallization or as a gel by flocculation resulting in
the cementation of the porosity of the host rock. The type of the newly precipitated
mineral is determined by the type of chemical species in solution and input rate of
dissolved species into the pore-fluids. Precipitation involves two fundamental pro-
cesses, nucleation and crystal growth. Nucleation is invariably followed by crystal
growth, and the two processes are separated by an energy barrier as a result of the
developing interface between the crystal nuclei and the aqueous solution. Once this
energy barrier has been surmounted, spontaneous crystal growth, with a net decrease
in free energy, will proceed until an equilibrium state is achieved when sufficient ma-
terial is removed from solution so that supersaturation ceases. Experiments show
that both the rate of nucleation and crystal growth depend upon the supersaturation
state of the solution. The function of the rate laws is often nonlinear and is poorly

understood.
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1.3 Review of Compaction and Diagenesis Models

Despite the importance of compaction and diagenesis for geological problems, the
literature of quantitative modelling is not a huge one though the processes received
much attention in the literature. The effect of gravitational compaction was reviewed
by Hedberg (1936) who suggested that an interdisciplinary study involving soil me-
chanics, geochemistry, geophysics and geology is needed for a full understanding of the
gravitational compaction process. Later in 1959, Weller reviewed the application of
compaction curves in stratigraphy and structural geology. A more comprehensive and
detailed review on the subject of compaction of argillaceous sediments was done by
Rieke & Chilingarian (1974). Audet & Fowler (1992) presented more recently a short
review on models of compaction. Here we only give a very brief review concerning
the models of compaction & diagenesis and their developments.

The mathematical model of compaction and consolidation of shale layers is consid-
ered as a sediment system consisting of a porous solid phase whose interstitial volume
is saturated with pore fluid. Due to the action of gravity and the density difference
between the two phases, the solid phase compacts under its own weight by reducing
its porosity, thus leading to the expulsion of the pore fluid out of the solid matrix.
The earliest model about clay consolidation and compaction was proposed by Gib-
son(1958) based on the earlier work by Terzaghi (1943). This is a linear compaction
model in which it is assumed that the clay permeability and compressibility are con-
stant. Gibson’s linear model is sufficiently accurate for modelling thin clay layers
often encountered in geotechnical engineering. For thick layers and non-constant per-
meability , the non-linear model was developed by Gibson, England & Hussey (1967)
and by Gibson, Schiffman & Cargill (1981). Applications of Gibson’s linear model
investigating sedimentary clay layers were by Bredehoeft & Hanshaw(1968) and Han-
shaw & Bredehoeft(1968), who modeled diagenesis by considering a layer of source
rock which produces pore water, leading to overpressuring under the circumstances
of sufficiently low permeability of the sediments surrounding the source layer.

The compaction model of shales was developed by Smith (1971) who derived a non-
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linear compaction model which took into account the dependence of permeability on
porosity and the dependence of water viscosity on salinity, temperature, and pressure.
The problem considered was that of a sediment layer growing linearly in time over
an impermeable basin floor. Water was considered to flow upward or downward
out of a compacting rock according to Darcy’s law until the pore-water pressure
within the rock is normal for the depth in question. The conclusion showed that the
porosity decreases during compaction until a minimum porosity is obtained which
is determined by the difference between total vertical stress (overburden pressure)
and pore-water pressure. But Smith’s theory is restrictive in application because the
compressibility law used by Smith does not include any parameter describing the
intrinsic strength of the clay sediments.

The effect and coupling of variation of permeability and temperature with com-
paction was investigated by Sharp & Domenico (1976) and Sharp (1976) whose results
are heuristic, but unfortunately technically incorrect. This mistake was finally cor-
rected by Sharp (1983). Keith & Rimstidt (1985)’s work was similar to the earlier
work by Smith but the numerical method they used encountered many difficulties
in the convergence of the numerical results. Therefore, the usefulness of their re-
sults are restrictive. Bishop (1979) examined a different problem by considering the
compaction states of thick abnormally pressured shales. The solution predicted the
interesting characteristic of a density inversion near the overburden shale layer inter-
face.

A two-dimensional model was first investigated by Bethke(1985) who investigated
the case of the temperature dependence of material properties. Unfortunately, as-
sumptions made in this model are not internally self-consistent, and therefore the
validity of the results received severe criticism. Some related extensions were anal-
ysed by Bethke & Corbet(1988) including the porosity dependence of permeability
and the specific storage. The problem of erosional unloading was treated poroelasti-
cally by Neuzil & Polluck (1983). An Athy-type constitutive law was used in most of
these earlier models.

Audet & Fowler(1992) formulated a rather general mathematical model for the
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non-equilibrium compaction of clay rocks in sedimentary basins. The model gener-
alised those of earlier authors. The simplest assumptions were made concerning the
rheology, but diagensis and thermal coupling were neglected. In this case, their model
reduced to a generalized consolidation equation, which for the classical Darcy flow is
a non-linear diffusion equation for the porosity, with a free boundary. The model was
non-dimensionalized and a robust numerical method was used to solve the non-linear
diffusion compaction equation. It is interesting that their results only depend on one
significant dimensionless parameter, the ratio of the Darcy flow rate to the sedimen-
tation rate. An application of Audet & Fowler’s theory with a detailed parameter
discussion was made by Audet & McConnell (1992) to investigate the porosity and
pore pressure evolution for the one-dimensional case in sedimentary basins. Com-
parison with earlier works shows that the predictions of their model are consistent
with well data, but it still needs further improvement in the constitutive law for the
effective stress and for the permeability.

Wangen (1992) studied the pressure and temperature evolution with a model in
terms of the void ratio instead of porosity. A new dimensionless parameter is in-
troduced in this model to characterise the temperature evolution. But the coupling
between the heat equation and void ratio reduction is a weak one in this model and
diagenesis is not considered. Luo & Vasseur (1992) investigated the relative impor-
tance of aquathemal pressuring to geopressure development. This study shows that
mechanical overloading is the control factor in the development of geopressure but
the aquathermal effect is less important. Luo & Vasseur’s model and their results are
similar to Shi & Wang’s model (1986) on pore pressure evolution. Discussion on this
problem was presented by Miller & Luk (1993) and Luo & Vasseur (1993).

Diagenesis has been intensively studied in the past two decades, but the attempts
of dynamical modelling of the process have been made more recently. Several the-
oretical and computer models have been built. The first model was developed by
Helgeson (1968) to consider water-rock interactions as a system of coupled dissolution
and precipitation reactions in which reactions are irreversible and partial equilibrium

is assumed. Then modified models were proposed by Wolery (1979). These mod-
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els were then written as software packages PATH (Helgeson, 1968) and EQ3/EQ6
(Wolery, 1979) and there are later revised versions. The main objections are that
one has to make an a priori choice of secondary minerals and little information is
provided on the time-scale of the metastable phases. Other theoretical and com-
puter models are the REACTRAN model (Ortoleva, Merini, Moore & Chadam 1987)
and the SOLMINEQ.88 model (Perkins, Kharaka, Gunter & DeBraal 1990). Such
models predict successive solution compositions and amounts for the dissolved and
precipitated minerals as water-rock interaction proceeds. As pointed out by Helgeson
(1979) and Steefel & Cappellen (1990), the assumption of partial equilibrium is only
justified where the rate of precipitation of a secondary phase is faster then the rate of
dissolution. However, the precipitation of the stable insoluble minerals may be slow
even on geological time scales. Therefore, more realistic dissolution and precipitation
dynamic treatment is essential to diagenetic modelling. Baccar & Fritz (1993) inves-
tigated a computational geochemical model of sandstone diagenesis and its effect on
porosity evolution. Their results show that diagenesis effects are very important for
the evolution of porosity from the point of view of pore fluid chemistry. However, it is
still difficult to form a clear mathematical model from the existing work on diagenesis.

Field investigations by Freed & Peacor (1989) in the Gulf Coast and Pearson &
Small (1988) in the North Sea reveal that diagenesis occurs mainly at burial depths
from 1 to 2 km in the temperature range from 69° C to 116° C. The illitization of
smectite with depth in sedimentary basins is observed worldwide and represents one
of the fundamental reactions in clastic diagenesis. Abercrombie, Hutcheon, Bloch &
Caritat (1994) analysed the data from oceanic and sedimentary basins and suggested
that the smectite-illite (S-I) reaction is closely linked to burial parameters such as
temperature, time and fluid compositions. In a slow sedimentation environment, the
S-1 reaction may begin at temperatures as low as about 50° C, and reach completion
by about 90° C, while in the rapid sedimentation environment, the S-I reaction may
not begin at temperatures as high as about 120° C, and reach near completion by
about 150° C.

The S-I reaction has received much attention but the nature of both the il-
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lite/smectite (I/S) mixed-layer and the reaction mechanism are still under discussion,
and many experiments have been carried out to investigate the kinetic features of the
S-1 conversion (Eberl & Hower 1976; Huang, Longo & Pevear, 1993; Abercromie,
Hutcheon, Bloch & Caritat, 1994). Thermodynamic analysis shows theoretically that
quartz and smectite should not coexist at temperatures between 25° and 200°C (Aa-
gaad & Helgeson, 1983). Lasaga (1984) presented the possible range of activation
energy variations for a variety of mineral dissolution reactions. Two main mecha-
nisms have been put forward to explain the S-I reaction process. The transformation
mechanism suggests that the S-1 reaction is a transformation process through mixed-
layering with (a series of ) reordering processes of the intermediate mixed-layer (Hower
et al, 1976). An alternative modification is a solid-state transformation mechanism
without mixed-layering. The dissolution-precipitation mechanism involves the pro-
cesses of smectite dissolution and illite precipitation without mixed-layering. Accord-
ing to high-resolution electromicroscopic data, the mixed-layering mechanism appears
to be questionable (Chamley 1989), but Ahn & Peacor (1986) provide a seemingly
convincing example of a smectite-to-illite transformation rather than a neoformation.
Although there is no universal consensus, the dissolution-precipitation mechanism is
theoretically favoured and is consistent with most experimental studies (Chamley,
1989; Abercromie, Hutcheon, Bloch & Caritat, 1994).

Potassium cation concentration has an important effect on the reaction rate. K™
is mainly supplied by the dissolution of the K-feldspar. The characterization of K-
feldspar dissolution rate may be essential for an accurate description of the overall S-I
process. Four major zones were recognized in the diagenesis of oceanic sediments. The
apparent lag in illite formation (in deeper zones) may reflect the rate at which the S-1
reaction proceeds or the availability of potassium for illite formation. The interesting
correlation with the sedimentation rate and the appreciable variability of the data
clearly need more systematic work on the mathematical modelling of diagenesis and
its related consequences.

The use of correct rate laws are essential to the modelling of water-rock interac-

tions. Many experiments have been carried out to study the rate laws. However,
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the laboratory data are not directly applicable to field observations. Unfortunately,
the discrepancies between field estimates and laboratory measurements of reaction
rates can be as large as four orders of magnitude (Swoboda-Colberg & Drever, 1993,
Lasaga et al, 1994). One possibility of explaining this big difference is the effect made
by coating of mineral surfaces, but this explanation is challenged by the fact that
extensive etching is widely observed. The fact that diagenesis, which is still imper-
fectly understood, largely depends on lithology, fluid pressure, geothermal gradient
and pore fluid compositions is one of the main motivations for us to develop a more
realistic reaction-transport dissolution-precipitation model in the present work.

In addition, compaction and diagenesis have been treated separately in conven-
tional studies. Most available compaction models studied mechanical compaction
neglecting diagenetic reactions, while the geochemical compaction models mainly in-
vestigated diagenesis by either prescribing (static) compaction functions or simply
neglecting the mechanical compaction.

In summary, the above brief review shows that existing models of compaction and
diagenesis processes still need more systematical work. In this thesis, we intend to
extend Audet and Fowler’s (1992) work in the following ways. Firstly, mechanical
compaction (such as overpressuring), diagenetic (smectite-illite) reactions and ther-
mal history can be treated simultaneously in a three-dimensional compacting frame
with a more detailed analysis of some one-dimensional cases of geological importance
(chapters 2,3 and 4) Secondly, more realistic constitutive models of stress-strain be-
haviour can be used by employing non-Athy’s type laws and introducing the hysteresis
during sediment unloading based on experimental data of soils (chapter 5); Thirdly,
diagenesis can be treated more properly by using more realistic diagenesis models
such as the first-order dehydration model (chapter 6) and dissolution-precipitation
model (chapter 7); Fourthly, other related processes such as pressure solution creep
and fluid geochemistry can also be included in a unified model by utilizing a viscous
compaction creep law similar to a regelative-flow (chapter 8); Finally, further mod-
ifications can be developed by considering more realistic basin type and boundary

conditions (chapter 9).



Chapter 2

Mathematical Model

The general mathematical model of compaction and diagenesis considers the fluid-
sediment system as a porous medium consisting of multiple mineral species. The
interstitial volume of the porous solid phase is saturated with pore fluid. Due to the
action of gravitational overburden load and the density difference between the two
phases, the solid phase compacts by reducing its porosity, thus leading to the expulsion
of the pore fluid out of the solid matrix. During compaction and continuous burial,
the multiple mineral species react and are transported in an evolving pressure and
temperature environment with a changing rheology. The fundamental underlying
physical laws to be used are the conservation of mass, the conservation of energy,
force balance and Darcy’s law. The simple assumptions to be made are related to the

rheology of the porous medium and the geochemistry of the pore fluid.

2.1 Audet & Fowler’s Generalised Model for Compaction

The fundamental model given by Audet and Fowler (1992) can be summarised here
as follows. Consider a matrix consisting of four interdispersed media: core parti-
cles (e.g. quartz), two clay minerals, (hydrated) montmorillonite and (dehydrated)
illite, and free pore water. Let the volume fractions of the respective media (coarse,

montmorillonite, illite, water) be ¢., &, @i, ¢y, so that

Ge + m + ¢i + o = 1, (2.1)

13
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and suppose that all the solids move with the same averaged velocity u®, while the
pore water has velocity u'.

The conservation of mass equations for the four phases will then be in the

form
O (06 + V- (peout) =0, 2.2)
(o) + V- (o) =~ 23)
000+ V- (pgu’) =7 2.4
O o+ V- (o) = (2.5)

where quartz particles are supposed inert, but clay particles can be transformed by
dehydration processes which release bound water. The rate at which montmorillonite
is transformed is denoted by r,,, and this is balanced by a production of illite at rate
r;, and free pore water at the rate r,. In fact, the relation r,, = r; +r,, clearly results
from the total conservation of mass.

Diagenesis takes place when montmorillonite ( clay particles with bound water
between the platelets) releases water to the pore space and is transformed to illite.
Measured rates of this process in the laboratory (Eberl & Hower 1976) suggest that
at elevated temperature, this process will proceed very fast from the geological point
of view. On the other hand, observations suggest that diagenesis is initiated relatively
suddenly at a temperature 90°C' (T,), but then takes place gradually over a depth of
several hundred meters, which suggests a time scale of the order of a million years.
This is problematic for the concept of diagenesis as a simple reaction. In fact, the
mechanism of diagenesis is rather more complicated and is not simply understood.
Diagenesis may take place via dissolution of montmorillonite in free pore water and
the subsequent precipitation of silica as illite. Diagenesis is considered here as a one-
step (first order) dehydration process whose validity is discused in more detail later
in chapter 7 where a more realistic reaction-transport dissolution-precipitation model
will be presented. However, the first-order dehydration model is a good approxima-

tion in the sense of describing the extent of progress of the overall smectite-to-illite
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transformation without much concern for its detailed geochemical features. Therefore,

we represent it schematically as

[clay] - [H,O](montmorillonite) % [clay] (illite) + n[H,O](free water) (2.6)

in which we suppose montmorillonite is clay with n moles of bound water per mole
of clay. From the law of mass action, the prescription of the rates is given by

M;
Tm = KpPm®Pm, Ti = kr(M—)pm¢ma Tw = kr(

nM,,
—— ) PmPm, 2.7
T .)
where M,,, M;, M,, are the respective molecular weights with M,,, = M; +nM,,. The
reaction rate k, is assumed to follow an Arrhenius law:

Eq

k, = Aexp(—RT

), (2.8)

where F, is the activation energy which is about 19.6 kcal/mole (Eberl & Hower 1976)
for the dehydration process, but it may vary in the range of 40-80 kJ/mol (Lasaga,
1984). R is the gas constant, 7" is the absolute temperature, and A is a rate factor.

Let T be the surface temperature at the top of the basin; for AT =T — Ty << Ty,

we have

E E Tt E, AT

e e 0 o (11— ==). (2.9)

RT RT(] T(] + AT RTO Tc
Hence, k, can also be written as

E, E,

ky = Aexp(—ﬁ) ~ kgeXp[RTOQ (T —Tv)], (2.10)

where
E
k) = Aexp(———=). 2.11

Denote the heat change per mole during the diagenesis process by AH , and suppose
that r,,, r; and r,, depend on the temperature and assume that the temperatures of

each phase are equal, then the energy equation or temperature equation is

0
é{[pcccqsc + pmcm¢m + pzcz¢z + plcl¢l]T} + V- {[(pCCC¢c + pmcm¢m + pici¢i)us

+pipd]TY =V - (K VT) — 7 AH. (2.12)

Where c.... are the various specific heats, Ky, is the average thermal conductivity.
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According to Fowler (1990), Darcy’s law takes the form

bl — ) = —SW T o), (2.13)

where j is the unit vector pointing vertically upwards, k is the matrix permeability,
p is the liquid viscosity and p' is the pore pressure.

For a slow flow, the force balance equation can be written
V-0 —pgj=0, (2.14)

where o is the total stress and the density p = ps¢s + py (Drew 1983). By employ-
ing the sign convention for stress in fluid dynamics and using Skempton’s effective

pressure relation (Skempton 1960, see equation (2.18) in next section)
—0, =—0 —(1—a)p'é, (2.15)
the above force balance equation becomes
V-oe — V|1 —a)p]—pgj=0, (2.16)

where o, is the effective stress.

2.2 Skempton’s Effective Pressure Relation

Terzaghi (1943) was the first to suggest the principle of effective pressure. According
to this, the total vertical pressure P at a point in a soil medium consists of two parts.
One part is carried by water and is continuous and acts with equal intensity in all
direction. This is the pore water pressure p'. The other part is the pressure carried
by the soil structure and controls the deformation of the soil structure, and is thus

called effective pressure p.. Terzaghi formulated this concept as
p. =P —7p, (2.17)

which is one of the most important principles of soil mechanics. The modern de-
velopments on compressibility of soils, shear strength, and lateral earth pressure on

retaining structures are all based on Terzaghi’s effective pressure concept. Despite
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its importance, the relation (2.17) is only valid for saturated soils (Skempton, 1960;
Bear & Bachmat, 1990) . Skempton (1960) extended this relation in a more general

way, and expressed it in the form
pe=P—(1-a), (2.18)

where a is a constant. For soils, it may be in the range of 0.1 to 0.5. At pres-
sures normally encountered in engineering and geological problems, a is very small
(a < 1). Thus, for fully saturated soils, Skempton’s equation degenerates into the
form of Terzaghi’s equation (2.17) for effective pressure. This corresponds to an

incompressible and purely cohesive material with a = 0.

2.3 Constitutive Laws

2.3.1 Rheological relation for poroelasticity

The constitutive laws that extend standard linear elasticity to poroelastic materials
were originally presented by Biot (1941). The constitutive equations were refor-
mulated by Rice & Cleary (1976) and are most frequently used in the geophysical
literature. Kumpel (1991) gives a nice review of the poroelastic parameters, and
more recently Wang (1993) reviews the experimental techniques for measuring the
static poroelastic moduli and hydrogeologic parameters with particular emphasis on
the constants that are useful for solving typical geophysical problems.

Biot’s (1941) linear poroelasticity theory of saturated clay proposed an elastic

rheological constitutive relation

2Gv

. =2Ce —
7 Sl S

V-U -l (2.19)

where € is the strain tensor with €; = 1(0U;/0x; 4+ 0U;/0z;), U is the displacement
field, I is the second order unit tensor and p, is the effective pressure. G = E/2(1 +
v),v are shear modulus and Poisson’s ratio respectively, and F is Young’s modulus.
The constitutive relation for porosity is taken to be

& — do = épl +AV .U, (2.20)
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where ¢ is the initial porosity before deformation. ) and ~ are two physical con-
stants. This relation is equivalent to an ordinary elastic medium, with the pressure

defined by

1 1 2G(1—v)
——oy=P=—p - V.U, 2.21
37 o T 31-w) (221)
For a saturated clay, Biot suggests () = 0o, v = 1 — a, hence
3y(1 —2v)

o —¢o =7V -U= (2.22)

—mpe-
Therefore, p. = pe(¢;) which is an Athy-type law of effective pressure and porosity
relation.

For the case of a linear elastic medium, the rheological constitutive relation is
simplified as

oo = 2Ge— (p + %GV UL, (2.23)

with a constitutive relation

b = —K.V - ', (2.24)

where “denotes d/dt, = % +u’-V and K, is a constant. To follow o, with a material

element, we have
doe
dts

It is worth pointing out that the rheological equation of state should be objective.

2
=2Gé — (pe + §Gv -u’)L (2.25)

That is to say, the rheological relation of stress-strain should be invariant under the
coordinate transformation. This is not always guaranteed due to the complexity of
the rheological relations (Bird, Armstrong & Hassager 1977). Fortunately, for one-
dimensional irrotational flow, the equation is invariant and all the different equations
in corotional and codeformational frames degenerate into the same form. In the
one-dimensional case we will discuss below, we can take this for granted.

For the very simple case of a one-dimensional model, the effective stress tensor is
in the form of

o. = diag(—oy, —01,—03). (2.26)

By using equation (2.23), we have

2G 4G

o= (1- 3Ke)pe and o3 = (1+3Ke

)Pe- (2.27)
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2.3.2 Permeability

The permeability, for the convenience of later usage, can be expressed in the normal-
ized form (Smith 1971)

b = k() = k(2. (2.28)

bo

where ky and ¢g are the permeability and porosity at the top of the basin. m is a
positive number which characterizes how quickly the permeability decreases as the
porosity is reduced. The unit of permeability is Darcy (1D = 107'?m?). Typical
values of the permeability of clays are in the range of 1.5 x 107 ~ 1.5 x 1073 Darcy

for the porosity range from 0.33 to 0.8 (Lambe & Whitman 1979).

2.3.3 Thermal conductivity

Thermal conductivities of sedimentary rocks vary with porosity. High-porosity uncon-
solidated rocks have low values of thermal conductivities, while nearly fully compacted
sediments with low porosity have high values. To calculate the averaged thermal con-
ductivity Ky, of a porous medium, we use a rough quasi-empirical relation (Lewis &
Rose, 1970)

K
Ky, = Ko(fl

s

)fl5l—<¢>07 (2‘29)

where K is the thermal conductivity of pore water and K, the thermal conductivity
of sediment matrix. Ky and ¢ are the thermal conductivity and porosity at the top

of the basin.

2.4 One-dimensional Model

In order to simplify the following calculations and to compare the results with earlier
work, we will consider a one-dimensional compaction model in a basin b(t) < z < h(t)
(Fig. 2.1), where h is the ocean floor and b is the basement rock, instead of more
general cases in two or three dimensions. This one-dimensional compaction model is
applicable to the case in which the basin depth is small compared to its length and
width.
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S S U

7 Ocean floor: z = h(t)

Basin basement: z = b(t)

\\\\\\\\\\\\\\\\\\\\\\\\\\\\\\\\

Figure 2.1 One-dimensional compacting sedimentary basin. The coor-

dinate z is directed upwards.

2.4.1 1-D governing equations

For convenience in the following discussion, we put p! = p. We will investigate the
simplest behaviour of non-linear compaction restricting our attention to the case
where the solid species have density p. = p,, = p; = ps =constant and specific heat
. = ¢y = ¢; = ¢, =constant. With these simplifications, we can easily obtain the
governing equations from the above section.

Mass conservation

0o, 0 o

BT + a—(¢ u®) =0, (2.30)
agbm a B

a¢l a N ”Ps
Bt gz o) =k (6, (2.33)
G+ O+ i+ P =1, (2.34)

Darcy’s law

gbl(ul — us) = —E(ap + plg) (235)

0z
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Energy conservation

0

a{[Pscs(l — &) + prad] T}
0 0 oT
+§{[Pscs(1 - ¢1)US + Plcl¢zul]T} = a(Kthg) - krps¢mAH7 (2-36)
Force balance
0 4G
ot om = A= apl = (1= 0+ pdlg =0, (237)
Constitutive relation
Pe = pe(¢l)‘ (238)

These are nine equations for nine unknown variables: four for volume fractions

bey Oms Gi, d1, two for velocities u?, u!,

one for temperature 7', and two for effective
pressure p. and pore water pressure p.
In order to get an expression for u*, we add the four equations of mass conservation
together and thus have
0 ; n.
— [’ + (1 —p)u’] = k(6 — 1 =
ol + (1= o] = k(5 - (7

m

)pm With 6 = ps/p. (2.39)

By using Darcy’s law, the above equation becomes

5 = G ]+ k6~ Do (2.40)
Integrating z from 0 to z, we obtain
w =2 4 g) + 0= D) [ K + b0 (2.41)
and
ot + (1 — ¢p)u’ = (6 — 1)( rd)mdz +b(t). (2.42)

2.4.2 Boundary conditions

The related boundary conditions for the nine governing equations are as follows. If
we take b(t) as a known boundary, but A(t) as unknown, then we still require bound-

Lus, p,pe, T for the equations. Obviously, the natural boundary

ary conditions on u
conditions are the following:
boundary conditions at z = b:

ut = ul = b; (2.43)
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a kinematic condition at z = h:
h =1 + 1, (2.44)
where 1 is the sedimentation rate at z = h. Also at z = h,

&1 = Pio = o, (i.e.,pe = 0)7 P ="Po (2-45)

and

¢c = ¢007 ¢Z = ¢i07 ¢m = ¢m07 (246)

where pg is the overburden pressure, e.g. due to ocean depth. ¢.9, ®i, Gmo and ¢q
are the values at the top of basin during sedimentation.

The boundary conditions for the temperature (or energy) equation become

or do

T(t=0,z=h)=T, and a—(t,z:b) =—— (2.47)
2

where ¢q is the heat flux at the bottom of the basin. This corresponds to a constant
temperature Ty at the top of the basin and a constant heat flux at the base. Equation
(2.44) gives the moving boundary h(t), and therefore we have the number of conditions

which the equations require.

2.5 Non-dimensionalization

We define a length-scale d by writing

4G
3K,

(L4 57=)pe = (ps — p)gdp(¢r), (2.48)

and require that p = O(1). Meanwhile, we scale z with d, u® with r,, time ¢ with
d /g, pore pressure p with (ps — p;)gd, permeability k with kg, heat conductivity Ky,
with Ky, temperature T' with qod/Ky, k, with k2 and AH with qo/(1h4ps); thus we
have

k= kok, ky = k°k, Ky, = KoK, (2.49)

and

d
T=T,+% Ag=_2

KO MsPs

AH. (2.50)
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The dimensionless form of equations (2.30)-(2.37) is then

Mass conservation

aaﬁc 2 gty =0,
%4 2 (on’) = ~Rhym,
O A (0) = R )6,
%+—(¢lu) Rk a10¢mm,

¢c+¢m+¢z+¢l:17

Darcy’s law

- Op
L .5 — _\(ZE
Si(ul — ') = ~NK(SE + )
Energy conservation
0
1—
o (1 — ¢) + ¢1]O}
8 0 00
al(l — =A— K —A AH,
Force balance
op dp
—a—(l—a)az (1+7)+¢,=0
where
A= Foles=pdg o
Hims Ps — Pl
A KO pSCS
picymgd PIC
kod nM, p
— woos==
R s M Mm ’ pl’
and define

P = / krdmdz, clearly 1y =0 on z = 0.
0
For the diagenesis parameter, we have

aqod
RK\T{’

k, = exp(BO) with (3=

23

(2.51)
(2.52)
(2.53)

(2.54)

(2.55)

(2.56)

(2.57)

(2.58)

(2.59)
(2.60)

(2.61)

(2.62)

(2.63)

where © = (T — Ty)Ko/qod is the dimensionless temperature with reference to the

surface temperature Tj.
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The dimensionless expressions for v* and ! from (2.41) and (2.42) now become
s 1. ap /
u’ = Ak(% +7)+ (6 = 1)0RY + b, (2.64)
dru + (1 — d)u® = (6 — 1)ay Rap + b. (2.65)

The boundary conditions in the dimensionless form are

I¢y

—ﬁ’(qﬁl)g —(I4+ar—¢)=0at z=0b, (2.66)
P : w00
(1—a)h = (1—a)m — \k[p (gél)g + (14 ar — ¢y)]
+<1—a)(5—1)(?\%)7@%(1—@)5% c—h (2.67)
b1 = Po, Pc = Pe0s Pi = Gioy Pm = Omo At z = h, (2.68)
00 1
O(t=0,z=h)=0 and g(t,z:b):—g. (2.69)

Here, 1 is the dimensionless sedimentation rate which is 1 if it is constant, or O(1)
if time-varying.

It is very interesting that the above derived dimensionless porosity, temperature
and diagenesis equations are based on eight dimensionless parameters. The five pa-
rameters r, «, 0, a;, 3 are constants to some extent. The other three parameters,
namely A\, A, R, are the governing parameters controlling the whole evolution pro-
cess. It is worth pointing out that the parameters r and ¢ are not independent.
A\ = ko(ps — p1)g/ s, A = Ko/picygd and R = k2d/m, are parameters which char-
acterize the porosity, the temperature and diagenesis evolution, respectively. Here kg
is the permeability at the top of the basin, u is the viscosity at the top of the basin,
o1, ¢ are density and the heat capacity of fluid (water). The parameter K in A is
the bulk heat conductivity of the sediments at the top of the basin.

2.6 Determination of Model Parameters

It is useful for the understanding of the solutions to get an estimate for A, A and R by
using values taken from observations. The model parameters are chosen by referring

the values given by other authors (Smith 1971, Sharp 1976, Sharp & Domenico 1976,
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Eberl & Hower 1976, Bethke & Corbet 1988, Lerche 1990, Audet & Fowler 1992). The
values used in the present model are d ~ 1 km, ky ~ 1 x 1078 m?, p, ~ 2.6 x 10® kg
m=3, g~ 10ms2, p~1x10°kgm?, ~1x103Nsm2, r, ~300m Ma~! = 1x
107" m st ¢, ~ 500 J Kg™t Kl ~4200JKg ' K1, Kg~1x 1.5 Wm™' K1,
To ~ 280 K, T. ~ 363 K, E, ~ 818 x 10* Jmol™' and &Y ~ 1 x 10716 s7! ; then
B~23, A~1, A=~ 30and R =~ 0.01. Therefore, A\ = 1 defines a transition between
the fast sedimentation (A << 1) and slow sedimentation (A >> 1). The parameter A
, which is the ratio between the permeability and the sedimentation rate, governs the
evolution of the pore pressure and porosity in sedimentary basins. High sedimentation
rate may gives rise to excess pressures even in the basins with moderate permeability.

Similarly, the parameter A also defines a transition. A << 1 shows that the
temperature solution is dominated by the constant growth of the basin thickness due
to fast sedimentation, while A >> 1 shows that the sedimentation rate has little
influence on the temperature solution. The parameter R characterizes the effect of
diagenesis on compaction.

An initial porosity of ¢y = 0.5 for pore water at the top of the basin has been used
by other authors (Smith 1971, Sharp 1976, Bethke & Corbet 1988, Audet & Fowler
1992). Initial porosity 0.2 for montmorillonite, 0 for illite and 0.3 for quartz are used

in the following computations.

2.7 Overpressure Definition

The hydrostatic pressure at z is defined as

h(t)
ph = / pigdz. (2.70)

The overburden pressure at z is defined as

h(t)
pP= / [(1 = ¢1)ps + dpr]gdz. (2.71)

The excess pore pressure or abnormal overpressure p, is defined as

Pa =P — Ph, (272)
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which is the pressure in excess of the hydrostatic pressure.
By using these definitions and employing the force balance equation ( 2.58), the

dimensionless differential forms of the above definitions are

oP
Ipn .
dpa  Op

(1—a) 5, = —a—(l—l—ar—gbl). (2.75)

It can be seen that pressure profiles can be easily calculated from the porosity profile
or compaction curve of ¢; versus z. Therefore, the main target is to find evolving

features of the compaction curves.
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Numerical Simulations

3.1 A Simple Case

In a moving frame of reference, it is obvious that b = 0 can be selected, equations
(2.52), (2.53), (2.54),(2.56), (2.57) and (2.58) then form a free boundary problem
for ¢,,, ¢i, ¢ and O, depending essentially on three parameters A\, A and R. For
simplicity we also take AH = 0 in these equations. Based on the work of Smith

(1971), Sharp (1976) and Audet & Fowler (1992), we adopt the following constitutive

functions:
p=In(¢o/d1) — (¢0 — &), (3.1)
k= (d/¢o)", m=5, (3.2)
K = (K/K)" %, K/K,=0.3, (3.3)
m=1, k,=exp(30). (3.4)

By using these constitutive relations together with the force balance equation, and
eliminating u®, v and p in equations (2.56), (2.58) and (2.64), we can the obtain
coupled non-linear diffusion equations for ¢., ¢,,, ¢; and © whose forms are suitable
for numerical calculations and asymptotic analysis. These equations are

Equations for volume fractions

0P 0 - 1 0¢y ar
(1-a) % —A&{Wc(l - ¢z)[aa —(1+

27
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I¢c

_(1 - CL)((S - 1>a173(¢ Oz + ]%r(bc(bm); (35)
OPm - a .+ 1 O¢y ar
(1- Q>W = —(1—a)Rk ¢ — )\a{kﬁﬁm(l - ¢l)[a$ —(1+ T ¢l)]}
(1= )6~ DR 4 E 62, (3:6)
ooy 2 S e i% B ar
(=05 = AT (i1 = a0 52— 1+ )y
+(1 — a)Rkya1¢m — (1 —a)(6 — 1)a17z[w% + k(1 — @)l (3.7)
Temperature equation
00 0,00 _
(1 —a)[a(l —¢) + gbl]a =(1- a)Aa(Kg) — (1 —a)Rkra1(6 — @), ©
00 - 10 00
~6- D1 - @ — (- DAL -0 - (1 T2 6
where
- ko(ps - p1)g po P (3.9)
Hms Ps — Pi
KO _ PsCs
A= picrngd’”  piey (3.10
k‘?d nM,, _Ps
R="1= o= 5_5, (3.11)
and
b = /0 Fmdz. (3.12)
The related boundary conditions (2.66)-(2.69) become
oo argp. . 00 1 B
it el M A L 1)
and
B PP oo 1 0o ar
64t h(0) = B0, (1= )l = (1= -+ Ab(1 = ) 57 = (1+ T2
+(1—a)(d —1)a Ry at z = h. (3.14)

where ¢; = ¢c, i, O, Or ¢r; and ¢. + ¢; + ¢+ = 1. The condition ¢;(t) = ¢ at
z = h(t) is equivalent to p(t) = 0 (the effective pressrue is zero).

The dimensionless form for the excess pressure (2.75) is then

-2 =162 1) —ar (3.15)
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with a bounday condition p, = 0 at z = h(t).

It is based on these equations that the moving boundary problem will be solved
numerically by using the predictor/corrector implicit finite-difference method pre-
sented by Meek & Norbury (1982), which is very robust for the non-linear parabolic

equations.

3.2 Audet & Fowler’s Case

If we set @ = 0, R = 0 (no diagenesis) and leave out the temperature equation in
the previous section, we then get a very special case which was considered by Audet
& Fowler (1992). The equation for ¢; degenerates simply to a general non-linear

diffusion equation

00 _ 3 9 (i1 — g2 L9 _
5 = g, k(L =4 [¢l 5, U (3.16)
. ~ 1 O¢y
h_1+Ak(1—¢z)[%@—1], (3.17)
with boundary conditions
0
£—¢l=0at z =0, (3.18)
Gu(t, h(t)) = ¢o at z = h. (3.19)

which was discussed in detail by Audet & Fowler (1992).

3.3 Finite Difference Approach

In order to solve the highly coupled non-linear equations in this work, an implicit
numerical difference method is used (Smith 1985). The essential equations describing
for porosity and temperature are of the standard non-linear parabolic form (Meek &
Norbury, 1982)

w = Fx,t,u)ug, + f(x,t,u,u,). (3.20)

The first stage gives u"*1/2? as a solution of the following equation

2 1}+1/2 _n

Kt( i 7)) = (A—:EQ)F(%’J RRERTAN T
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1
+f (g, t"TY2 A—xaxu;?), (3.21)

where 02u; = (uip1 — 2u; + u;—1) and §,u; = (1/2)(uiy1 — ui—1). The second stage

gives u™ as a solution of the following equation
1 n+1 n 1 n+1/2  n+1/2\ 2/ n41 n
1 n
o f (g, Y2 s TR, (3.22)

Azx

The convergence is second-order in space for this method, and O(At)?>~¢ in time,
where € is a small number less than 1/2.

The computational convergence of the calculation of this method has been tested
by 1) changing the grid number from 5 to 1000 in space and from 10 to 5000 in
time, and by 2) comparing with the results of asymptotic results. The changes of
grid intervals all result in the same converged results which conform well to the
asymptotic solutions. This shows that this method is robust for the solution of the

equations encountered in our problems.

3.4 Numerical Results

By using the above mentioned implicit numerical method, we can solve the equa-
tions numerically for various values of A\, A, R and 3. We used a normalized grid
parameterized by the fixed domain variable Z = z/h(t). This will make it easy to
compare the results of different times and different depths with different values of
dimensionless parameters in a fixed frame. This transformation maps the basement
of the basin to Z = 0 and the basin top to Z = 1. The numerical method was first
tested in MATLAB and later transformed to FORTRAN codes with double preci-
sion. The calculations were mainly implemented for the time evolutions in the range
of t = 0.5 ~ 10 since the thickness in the range of 0.5km ~ 10km is the one of interest
in the petroleum industry and in civil engineering. Preliminary numerical results are

presented and explained briefly below.
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3.4.1 Comparison with Audet & Fowler’s results

In Audet & Fowler’s case (a = 0 and R = 0), we get a moving boounadry problem
(3.16) (Section 3.2). Solving this problem with different values of A and time ¢, we
have the following numerical results.

Porosity evolution with different A\ values, corresponding to different sedimen-
tation rates, are calculated. The numerical results are shown in Fig. 3.1 for different

values of A = 0.01, 0.1, 1, 10, 100, at a fixed time t = 5.

Porosity Evolution and Transition in Compaction
T T T T

1
0.9 t=5, a=0
0.8
0.71
0.6
N 051
041
0.3F
0.2F 100 10 1
0.1r
OO 011 012 013

Porosity

Figure 3.1 Porosity evolution with different values of A or sedimentation
rates. Z is scaled height, and the different values of A\ are given along
the curves. This figure shows that porosity evolution is essentially con-
trolled by A. A porosity boundary layer develops near the basement in
a rapid sedimentation environment (A = 0.01) while porosity decreases
nearly exponentially in a slow sedimentation environment (A = 100).

For the case of A = 100 in Fig. 3.2 and A = 0.01 in Fig. 3.3, different results
for different evolution times are plotted as porosity versus depth. Fig. 3.2 and Fig.
3.3 are essentially the same results as those discussed by Audet & Fowler (1992). It
is clearly seen in Fig. 3.2 that there exists a travelling wave solution of porosity ¢
for the large X\ case in the top region where the porosity profile is only a function of
depth z — h(t). On the other hand, a boundary layer develops near the basement in
Fig. 3.3 for the case of small \.
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Porosity versus depth at various times

0
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Figure 3.2 Porosity versus depths at various times with a fixed value of

A =100. z — h(t) is the depth measured from the basin top.

Porosity versus depth at various times
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Figure 3.3 Porosity versus depths at various times ¢ for A = 0.01. z —

h(t) is the depth measured from the basin top.
The results in Fig. 3.1-3.3 show that the parameter A is the most important

dimensionless parameter controlling the degree of compaction and overpressure. In
the case of high permeability and low sedimentation rate (A >> 1), the pore water
will leave the sediments at almost the same rate as the increase in the overburden
load. The sediment column will remain nearly hydrostatic and the compaction will

be almost maximal. Thus, porosity decreases nearly exponentially in the top region.
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While, in the opposite case, with low permeability and high sedimentation rate (A <<
1), the water is nearly unable to escape from the sediments at the same rate as the
increase in the overburden load. Water gets trapped in the pores, water pressure
builds up, and the compaction is very small. This results in a porosity boundary
layer near the basement.

Effects of a on porosity are computed. Fig. 3.4 gives the results of different
values of a = 0,0.3,0.6,0.9 for the same evolution time ¢ = 5 with values of A =
1, A =1 and R = 0. This clearly shows that a has a significant effect on porosity.
In the extreme case, a = 1, which corresponds to the elastic perfectly-compacted rock

sediments, the porosity will be zero at all depths.

Effect of a on Porosity
1 T

0.9 =5

0.8

0.71

0.6

N 051 a=0.9 0.6 /0.3 a=0

0.4

0.3F

0.2F

0.1r

0 . . . .
0 0.1 0.2 0.3 0.4 0.5

Porosity

Figure 3.4 Effect of a on porosity for A = 1 and ¢t = 5. Z is scaled
height, and the different values of a are given along the curves. This

clearly shows that a has a significant effect on porosity evolution.

Basin thickness is calculated for different values of A = 0.1, 1, 10 for the case of
t < 10 with all the other values fixed as before.

The results in Fig 3.5 demonstrate that the thickness of the basin for different
sedimentation rates is always nearly linear, but the slopes can vary (0.98, 0.68, 0.59

respectively for A=0.01, 1, 100).
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Thickness with time for different sedimentation rates
T T

9L t=10, a=0

6 0.01

h(t)
W

4+ 100

% 2 4 . 6 8 10
Figure 3.5 Thickness h(t) versus time ¢ at different sedimentation rates
(A = 0.01, 1, 100), with a initial value of h(0) = 0. h(t) increases
almost linearly at longer times.
Subsidence and fluid flow velocity are presented in Fig. 3.6. The solid velocity
at the top of the basin shows the compaction-driven subsidence velocity of the basin

top. The fluid velocity u! and Darcy velocity (dashed curve) shows the compaction-

driven fluid flow fields at different depths.

Fluid flow and Darcy velocity

0.9 t=5, a=0, lambda=1

0.8
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Figure 3.6 Subsidence velocity u® (solid), fluid velocity u' (solid) and
Darcy velocity ¢(u' —u®) (dashed) versus scaled height Z at time t = 5
for A = 1.
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3.4.2 The development of excess pressure

The overburden (P), hydrostatic (p,) and pore (p) pressures are calculated for two
cases of A = 0.01 and A = 100. The results are shown in Fig. 3.7 and Fig. 3.8,
respectively.

Figure 3.7 shows that the water is almost unable to escape from the sediments at
the same rate as the increase in the overburden load in the case of low permeability
or high sedimentation rate (A << 1). Fluid gets trapped in the pores, pore water
pressure builds up, and the compaction is very small. The excess pressure develops
proportionally to basin thickness.

Figure 3.8 shows that pore water will leave the sediments at almost the same
rate as the increase in the overburden load in the case of high permeability or low
sedimentation rate (A >> 1). The sediment column will remain nearly hydrostatic
and the compaction will be almost maximal. Excess pressure does not occur for short

times or in the top region but may develop at large times in the lower region.

scaled height: Z
<] o o I o
W =)} ~ o] O

o
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o
W

hydrostatic

e
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e

0 . pore
0 0.5 1 1.5 2
scaled pressure: p/h(t)

Figure 3.7 Hydrostatic, pore and overburden pressures at t = 5 for the
case of A = 0.01. Because water is almost unable to escape from the
sediments at the same rate as the burial, water gets trapped in the

pores and pore pressure builds up.
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scaled height: Z
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Figure 3.8 Hydrostatic, pore and overburden pressures at t = 5 for the
case of A = 100. Excess pressure does not occur for short times or in

the top region but may develop at large times in the lower region.

3.4.3 Temperature evolution

For simplicity, we now put R = 0, a = 0, ¢ = ¢;, then the governing equation for

temperature evolution becomes

00 0 00
[a(1—¢) + ¢]§ = A&(Ka)
~ 10¢ 00
—(a = DAE(1 — 9)* (== — 1)— 2
(= DAR(L = 657 - DG (32
with boundary conditions
00 1
E = —§ at z = 07 (324)
and
. ~ 10¢

This is a moving boundary problem which can be solved numerically.
Temperature profile for values A = 0.1, 1,10 is shown in Fig. 3.9 with other
parameters fixed (t =5, a=0,a=0.3,A=1, R =0).



CHAPTER 3. NUMERICAL SIMULATIONS 37

Temperature Evolution & Comparison with Analytical Solution

0.9

N
0.8F K
\

\ \

\
0.7 \ A\ % Dashed: Solution
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N
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Temperature

Figure 3.9 Comparison of analytical solutions (dashed) for temper-
ature evolution with numerical results (solid) for different values of
A =0.1, 1, 10. Z is scaled height. The asterisk (*) corresponds to the

steady-state solution.

The non-linearity seen in Fig. 3.9 for A = 0.1 is due to the effect of the fast mov-
ing boundary and the conductivity function K (¢1). The calculations show that the
heat convection term in equation (3.23) has no significant effect on the temperature
evolution. This result is in accordance with other authors (Bethke, 1985, Deming,
Nunn & Evans, 1990) who have pointed out that convective heat transfer is less im-
portant in the one-dimensional compaction models, but may be important in two- or

three-dimensional models with lateral fluid flow.

3.4.4 Heat conduction with constantly moving boundary

From the numerical simulations, we see that the heat convection term has no signif-
icant effect on the changes of temperature evolutions. This can be understood from
the fact that the second term on right hand side of equation (3.23) is equivalent to
(@ —1)(1—¢)u'd©/dz. This means that there is no significant difference in the tem-
perature profiles when a changes from 0.3 to 1. The analysis in the next chapter will
show that the convective term is O(A) << 1 for slow compaction (A << 1), while for

fast compaction (A >> 1), Athy’s solution suggests that ¢,/¢ ~ 1, then the convec-



CHAPTER 3. NUMERICAL SIMULATIONS 38

tive term is also small compared to the conduction term. In addition, the numerical
results in Section 3.4.1 show that A(t) almost linearly depends time ¢. Therefore, we
will mainly concentrate on the solutions of the standard equation of heat conduction
with a constantly moving boundary. To approximate this, let h(t) = Ut. For A << 1,
U~ 1; for A\ >> 1 then U = 0.59. To simplify the analysis, we assume o = 1 and

~

K =constant, then the temperature equation becomes

00 . 0°0
with
1
O(t,z=h) =0 and %( t,z=0) =7 (3.27)

This is a diffusion equation with a specified moving boundary. The solution of this
problem can be constructed by employing Green’s function method and using the
method similar to Gibson’s (1958) approach for a consolidation problem with a con-

stantly increasing thickness. We assume the solution of the following form

O(z,t) = 2(A[{t)1/2 ierfe| Az ]
K 2(AKt)1/?
1 0o _ )2 9
s Q- - exp<—<j;f2 e (@2
where ierfc(¢) = ﬁ@—ﬁg — Cerfe((), and erfe(¢) =1 — == fo e~ dn.

It is easy to check that the above solution satisfies the temperature equation and
the boundary condition at z = 0. Therefore, we are at liberty to regard g(¢) as an
arbitrary function which must be chosen to satisfy the upper boundary condition at
z = h(t). This requirement is met if g(¢) satisfies

B2

(4m) Y2 At ierfc[2(Ah[¥))1/2]exp(4Akt)

h2 2
- / AK)t exp(—4A§§_t)dC. (3.29)

By substituting h(t) = Ut, changing the variable (? =1, t = 1/4A[A(7' and using the

Laplace integral technique, we obtain
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2 2
s [ Siertel( ) ep(s o+ 7¢)dr (3.30)
Substituting this back into the solution, we will have an integral form of the solu-
tion. The calculation of the integral is still rather complicated. In order to compare
the analytical solution with the numerical results, we can approximate this moving
boundary problem as a slab with an increasing thickness with time. By employing the

solution for heat conduction of slab with fixed thickness and replacing the thickness

by h(t) = Ut, we have

2nUt+ 2z, (2n+2)Ut — =
fc[ ————] —ier

fe| VO N (3.31)

0<z<Ut.

This is easy to calculate and the sum of the first several terms gives enough accuracy

to compare with the numerical results. Now we consider two special cases.

Slow conduction (A << 1)
In this case, only the first term in the terms when n = 0 in the above solution
is dominant. All the other term vanish very quickly. This corresponds to the semi-

infinite space solution for the heat conduction with a constant heat flux at z = 0

(Carslaw & Jaeger 1959). That is

O(z,t) = (—) “erfc————. (3.32)

Fast conduction (A >> 1)
When A >> 1, the temperature will quickly reach a steady-state. The temperature

equation is approximately

%0

with
00 1
O(t,z=Ut) =0 and o (t,z=0) 7 (3.34)

The solution for the equation can be easily obtained. We have the steady state

solution
Ut — z

O(z,t) = 7

(3.35)
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The comparison of the above temperature solution is given in Fig. 3.9. The dashed
curves are the asymptotic solutions, the asterisk (x) corresponds to the data of steady
state solution, and the solid lines are the numerical results. It is clearly seen in this

figure that they all are consistent.

3.4.5 Effect of diagenesis

Effect of diagenesis on compaction: illite & montmorillonite fractions in Fig.
3.10 show illite formation and the montmorillonite diagenesis process. Values of
A=1,A=1,R =001,a = 0.3,n = 10 and ¢t = 5 have been used. The extent
and speed of diagenesis essentially depend on the temperature and residence time of
diagenetically active temperature. Diagenesis proceeds more efficiently and fully at
a higher temperature and deeper burial depth than that at a lower temperature and

shallower region.

Effect of diagenesis

T T
illite montmorillonite
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Figure 3.10 Effect of diagenesis on compaction. Z is the scaled height.
Dashed curve corresponds to the solution for the case of no diagenesis.
Mechanical compaction is clearly the main important factor controlling
the porosity evolution while diagenesis is of secondary importance with

this choice of parameter values.

This figure presents a more complete and full view of porosity evolution during

diagenesis. From this figure, we see that mechanical compaction is the most important
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factor controlling the porosity evolution, while diagenesis is also a very important
factor, but it is in the secondary position.

In this chapter, we have only provided some numerical results for the cases of
geological importance to indicate some features of the compaction and diagenesis
processes. A mathematical analysis of the model is the main purpose of the following

chapters.



Chapter 4

Asymptotic Analysis and

Comparison

Despite the importance of compaction, few analytical solutions are available for situ-
ations of practical importance. Gibson (1958) obtained a solution in terms of excess
pressure with prescribed constant moving boundary. This solution is most commonly
used in the literature for linear compaction theory. Audet & Fowler (1992) obtained
two asymptotic solutions for the case of A >> 1 and ¢t >> 1, and for the case of
A << 1. But these solutions do not fall into the time ranges of geological interest.
In fact, the useful solutions for the evolutionary history are those with ¢ = O(1).
Hence the main purpose in this chapter is to extend Audet & Fowler’s work to the
geologically relevant situations of smaller times.

In order to verify the validity of the numerical results, we will use an asymptotic
analysis to give an approximate description of the different cases corresponding to
different values of the dimensionless parameters and compare the numerical results
with the approximate solutions with the same parameters. The analysis is mainly
based on the relative size of A and m. The analsysis is further elaborated in Fowler
& Yang (1997) who investigate slow and fast compaction in sedimentary basins and

the related geological significance.

42
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4.1 Non-linear Diffusion Equation for Porosity Evolution

We now neglect diagenesis (k, = 0 or R = 0) and let a = 0, and restrict our attention
to a single solid species. Let ¢ = ¢; be the porosity, then the porosity equation

(3.16)-(3.19) degenerates into a general non-linear diffusion equation

00 _ 39 i1 — 921192 _
5 = Ak = 0P 1) (4.1
k= (¢/¢0)™, m>>1, (4.2)

- - 10¢
h_1+)\k(1—¢)[5%—1], (4.3)
with boundary conditions

¢, —op=0at z=0, (4.4)
O =¢pat z=h. (4.5)

This is a non-linear diffusion problem with a free boundary, whose behaviour is es-

sentially controlled by the dimensionless parameter \.

4.2 Analysis

From the parameter estimation, we understand that values of A will usually lie in
the range 1072 — 103. Since ) is the controlling parameter which characterises the
compaction behaviour, we can therefore expect that A = 1 defines a transition between
slow sedimentation A >> 1 and fast sedimentation A << 1, and that the evolution

features of fast and slow compaction may be also quite different.

4.2.1 Slow compaction (A << 1)

For A << 1 and z ~ 1, the ¢ equation implies that d¢/0t ~ 0, with ¢[h(t)] = ¢o,
therefore, ¢ &~ ¢q and k ~ 1. The outer solution ¢ =~ ¢g does not satisfy the boundary
condition at the base z = 0, which implies that there exists a boundary layer near

z = 0. From the numerical results, and the fact that A << 1 corresponds to the fast
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sedimentation case, we then can write the ¢ equation in the form in terms of rescaled

inner variable ¢

0p _Po .z R GO
aoe T YT o 40
with boundary conditions
09 T _
a—g—\/)\_gf)_o on ¢ =0, (4.7)
¢ — ¢o as ( — oo. (4.8)

This ¢ equation is equivalent to the case of heat conduction in a semi-infinite space
with a radiation boundary at z = 0 and with a far field matching condition (equivalent
to the initial temperature condition). The solution can be easily obtained by the

standard Laplace transformation method (Carslaw & Jaeger 1959)

¢ = gboerf[#] + goe” N terfc]

oo + VD) (49)

z
(4Nt)1/?
This solution shows that for the case of A << 1, the sedimentation is so fast that
the compaction can only develop in a small range near the basin basement with a
thickness proportional to v/ Xt. When a = 0, we are in the case discussed by Audet
& Fowler (1992) with a similarity solution (their equation (5.26)).

Audet & Fowler’s solution (5.26) is in fact equivalent to the case of conduction in
a semi-infinite space with a constant flux ¢, = ¢y at z = 0 into the medium with

zero 'temperature’. The solution of this case can be expressed exactly as (Carslaw &

Jaeger 1959)

. oz z %o
¢ = ¢o — poV4ANt lerfec(€), & = \/Zl)\—’t_Q(l—cbo)\/;’ (4.10)

where
1

ierfe(€) = ﬁe@ — erfe(€). (4.11)

This solution is essentially the same solution as equation (5.26) given by Audet &
Fowler (1992). Audet & Fowler’s solution is only an approximation with a constant
flux boundary, which is accurate if VNt << 1. As A << 1, we expect that this

solution is a good approximation when ¢ < O(1). If ¢ is large, then this solution
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will break down. But the solution (4.9) will hold uniformly for all time. In fact, if
VNt << 1, Both equation (4.9) and Audet & Fowler’s equation will approximately

predict the same value at z =0 (i.e. £ =0)

b(z = 0) ~ do — by 4:’5. (4.12)

When ¢ is large (£ — 00), by using the asymptotic expansion of erf(§) (Hinch 1991)

,£2 1
erf(¢) = 1 — gﬁ(l ~ g o) with € — o0, (4.13)

and & >> v/ \'t, we can write both solutions in the same approximate expression

VINE
227

The comparison of the above solution with the numerical results is given in Fig.

b~ do— o (4.14)

4.1. This shows the good agreement between the solution (4.9) and the numerical
results. The agreement between Audet & Fowler’s solution and the numerical results
is almost the same as the solution (4.9) when ¢ is small, but it clearly gets worse when

t becomes larger.

Comparison of diffusion type solution with numerical results
T T T T T T

0.18F  a=0, R=0, lambda=0.01
0.16 Solid: Numeric
0.14- Dashed: Diff. Solutions

0.12- Dotted: A/F. Solutions
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0.02F =
=10 - < =2

036 038 04 ?)220 i 04i 046 043
Figure 4.1 Comparison of analytical solutions with numerical results
(solid) (A = 0.01). The diffusion solution (4.9) (dashed) and Audet
& Fowler’s solution (dotted) are plotted versus the scaled height Z at

different values of time t.
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The comparison suggests that the mechanism of porosity evolution for the case of
A << 1 is essentially controlled by the diffusion mechanism. In the present case, the
problem is equivalent to the case of heat radiation into a semi-infinite space at z = 0.

The overburden, hydrostatic and excess pore pressures satisfy, respectively,

—g—le—i—r—gb, (4.15)
—% =r, (4.16)
e (1 91— 0./) (4.17)

For the case of A << 1, we substitute the solution (4.9) into (4.17) and integrate
from h(t) to z with a boundary condition p, = 0 at the top z = h(t), to obtain

Pa=(1—¢o)(h —2) — (1 — ¢o)[erf(h) — erf(2)]
h z
VANE VANt

This solution gives the leading order solution p, &~ (1—¢q)(h—z). The other terms are

—(1 = ¢p)lerfe( + V)M — erfe(

+ VN e, (4.18)

only small corrections. The excess pressure develops proportionally to basin thickness.
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Figure 4.2 Hydrostatic, pore and overburden pressures at ¢t = 5 for
A = 0.01. Solid lines correspond to numerical results, the dashed line
is calculated from solution (4.18). The numerical and analytical results

are indistinguishable.
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The comparison of the above solution with the numerical results is plotted in Fig.
4.2. The pressure is rescaled in such a way that p, = r(~ 0.6) at the base. It can be
seen that the agreement is very good, and that for A << 1, overpressure is essentially

proportional to basin thickness.

4.2.2 Fast compaction (A >> 1)

From the above ¢ equation (4.1), it is clearly seen that the control parameter A is
always combined with k. This suggests that M = 1 will define a transition for the 10)

solutions. This condition gives equivalently a critical value of ¢*
¢" = goem ", (4.19)

Thus ¢ > ¢* corresponds to Ak >> 1 which is the range of z ~ h(t) at the top of
the basin, while ¢ < ¢* corresponds to Mk << 1 which is the range near the bottom
of the basin. The features of the solution in these two ranges can be expected to be
different. For ¢ less than a critical value ty, there is not enough time for compaction
to proceed, then we will have ¢ > ¢* everywhere, so that the low Ak regime will only

exist for t > tg.

4.2.3 Compaction of thin sediment layers (¢ > ¢* with ¢t < t)

When A\ is large, the problem is one of singular perturbation type. We will assume

expansions of the form

1 1
h=hO 4 1p0 4 Lo 4.21
= + X + p + ... ( . )

Substituting the above expansions into (4.1), and equating the coefficients of powers

of 1/, we have

o - 1
I = 00 1) =, (122
a _ 1 (1)
¢§0) = %{ko(l - ¢(0))2¢(0) [¢gl) - %QZ)?)]}’ (423)
a ~ 1 (2)
gbgl) = a{ko(l — ¢(0)>2¢(0) [Qb,(f) - i(o)gbg))]}y e (424)
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where k0 = (¢(® /¢¢)™. The boundary conditions become

at z = h®)
¢(0) = ¢07
o + Wy =
@ + %h@)gﬁ”@) =0,...,
at z =0
o = ¢,
ol = o,
¢ =@, .,
with
1 oM
KO =1+k(1 ¢(0))W[¢S) - @@0)],
WO Z 701 — 6@y (6@ _ @gb(m]
— s = 550 -
on z = h¥,

Integrating equation (4.22) and using boundary condition (4.26), we have
~ 1
1= 0o —11=0,

Since k° # 0, we have
1

Its solution is then

O = poe= "2,

48

(4.25)

(4.26)

(4.27)

(4.28)

(4.29)

(4.30)

(4.31)

This leading order solution is essentially a steady state solution which corresponds

to compaction equilibrium to which the porosity curve will tend when ¢ — co. This

exponentially decreasing solution was obtained by Athy (1930) by fitting the observed

data of Paleozoic shales from Kansas and Oklahoma. Athy’s porosity curve repre-

sents compaction equilibrium attained over a very long time span. Hedberg’s (1936)

porosity curve for the Tertiary shales in Venezuela is similar to Athy’s curve.
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From equation (4.1), we notice that the perturbation method is only valid if Ak >>
1,ie. exp{m[ll— (R —2)]} >> 1 where Il = (In \)/m. If A = 100 and m = 8, then
IT ~ 0.58. Therefore, the leading term solution ¢ is expected to be valid under the
condition

z>hO 11, (4.32)

The comparison of the solution with related numerical results is presented in Fig.
4.3. The comparison clearly shows that Athy’s relation (Athy, 1930) of porosity-
burial depth is only valid in the range of 0 — 0.58d km in such sedimentary basins

where their control parameter A >> 1. If d = 1 km, then the range is 0 — 580 metres.

Comparison of Athy-type Solution with Numeric Results
1 T T T

09F R=0, a=0, lambda=100

0.8

0.7F  Dot: Exp. Solution

0.6  Solid: Numeric

N 051

041

0.3F

0.2F

0.1r

=27 . t=to

0 g . . .
0 0.1 0.2 0.3 0.4 0.5

Porosity

Figure 4.3 Comparison of Athy-type solutions (dashed) with numerical

results (solid) for A = 100. Z is scaled height, and t; is the time given
by equation (4.39).
Using the solution (4.31), equation (4.23) becomes
~hOge ) = T {FO1 — GO gl — ), (1.33)
o 50
Integrating the above equation, using boundary condition (4.26), and noticing that
#0 /¢ =1, we have
1 h(0)¢0<1 - ez)e_h(0)¢(0) -
(I — g0

Using this equation, equation (4.27) and solution (4.31), we obtain a relation for A%

s — o (4.34)

— (1= hO)(1 = ¢) + hO¢(1 — e ") = 0. (4.35)
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Integrating this equation, we have
RO = (1 go)t + doll — e ]
Clearly, if ¢ is large, then exp[—h(®] << 1, we thus have
O ~ 1 — 0o-
If ¢ is small, then exp[—h®] ~ 1, we have

hO ~ 1.
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(4.36)

(4.37)

(4.38)

Putting h®) = II, we can obtain an explicit expression for t, by using the above

solution:

I+ gole™™ = 1)
a 1 — oo '
If A =100 and m = 8, then II =~ 0.58, t; ~ 0.71.

Lo

The solution of equation (4.34) with boundary condition (4.25) is then
) = e [~h e — x(0.h®) + (0, 2)].

where
RO _ph©)
2 (1—erh)en=h"en

X(07 Z) = ¢OA em(nih(o))(l . ¢Oen7h(0)>2dn.

By using m >> 1, this integral can be approximately expressed as

®o
m(m — 1)(1 — ¢o)

—[1 —m+me

h(0>]€m(h<0>,z),h<0>

x(0,z) = SUL—m +me™

Substituting this integral into (4.40), we have

oD = goe*{—hWe " 4

gbo [(1 —m + mez_h(0)>em(h(0)—z)—h(0) . e_h(o)]}7

m(m — 1)(1 — ¢g)?

(4.39)

(4.40)

(4.41)

(4.42)

(4.43)

By using equation (4.24), boundary condition (4.26) and solution (4.31), we can

obtain a relation for AV at z = h(©®

(0)

hD(1 = ¢p) = /Oh oV dz.

(4.44)
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m—1)h(0)

Employing solution (4.43) and noticing that e~ ~ 0 when m >> 1, we have

an approximate solution for A

oelm =DM, (4.45)

From the above solution, we find that the perturbation method is only valid for
sufficiently small ¢, otherwise A" goes unboundedly.

From the above solution and the numerical results, we find that for the case of
t < tg, the porosity has not reduced to a value ¢ < ¢*, so the case ¢ < ¢* with t < 19

need not be considered.

4.2.4 Compaction of thick sediment layer (¢ < ¢* with ¢t > t;)

Note that, from the definition, ¢* << 1 if A >> 1, so that we must formally assume
m >> 1 in order to have ¢* of order one. Thus, we now consider a limit in which m

is large. For convenience in the following discussion, we set
§ Y—lnm . * —Linx
¢ =¢"e m with ¢" = ¢gpe"m ™", (4.46)
Then the ¢ equation becomes

0 1
Prape?/™ = a{ew(l - gb*ew/m)z[aqﬂz —1]}. (4.47)

Noticing that m >> 1 and exp(¢)/m) = O(1), the above equation is then simplified

as
Yy + KeVp, =0, K= O;)—QS)Q (4.48)
with boundary conditions
=0 at z=h(t)—1I, (4.49)
and
v,=m at z=0. (4.50)

From the method of characteristics, we have

=0 and 2= Ke". (4.51)
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The solution satisfying the boundary condition is then

¢ = wb(T)a
2= Ke®D(t — 1), (4.52)

where ¢,(7) will be determined by the boundary condition at z = 0. From the above

solution and the boundary condition (4.50), we have

Y, = w;(T) ST, =m, (4.53)

which is simply
Yy 4+ mKe?(™ = 0. (4.54)

Integrating this equation, and using that when 7 = 0, v» = 0 and h = II which
corresponds to the fixed time ¢t = ¢y, we obtain

1
mK<T—to)—|—1

Uy(7) = | ] (4.55)

Substituting 7 from solution of (4.52) into the above solution and rearranging the

equation, we have
14+mz

W(z,t) = ln[mK(t m—— 1]. (4.56)
Using (4.46), we finally have
1+mz 1.2
z,t) = o¢" - c—|m. 4.57
oet) = (457

The fixed time ¢y, which is given by equation (4.39), defines a lower time value under
which the solution will be invalid.

When ¢ is large (i.e. t >> t5, 2 = O(t) >> 1), then the solution (4.57) can be
expressed approximately as
_ e 92
o=0'("2)

Using the definition of ¢* in (4.19) in the above expression, (1/A\)Y/™ ~ (1/X)Y/(m=1)

2=

(4.58)

as m >> 1, and putting £ = z/t, we have

¢0§>ﬁ'

mA

This is exactly the same solution obtained by Audet & Fowler (1992, equation (5.9))

¢ = ¢o( (4.59)

for the case of A >> 1 and ¢t >> 1.
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4.2.5 Compaction of thick sediment layers (¢ > ¢* with t > ¢;)

In this case, the equation (4.29) will not be valid, and a more general expression is

B - ¢<O>>2%¢9> —1] = F), (4.60)

where F(t) is a function of ¢ only. From the moving boundary condition, we have
F(t) = (h—1)(1— ). (4.61)

This is only valid in the region with a depth less than II from the top boundary. In
the region which includes the transition region of ¢ ~ ¢*, the term ¢; can not be
ignored. The three terms in the ¢ equation must be considered at the same time. In
fact, from the leading solution (4.31) in the perturbation method, we have ¢, ~ —ha..

From (4.31), we find that ¢ depends on h(t) — z near the top, i.e. ¢ ~ ¢(h(t) — z).
From the numerical results, we observed that ¢ decreases nearly exponentially with
increasing depth 17 = h(t) —z in the top region. This suggests a solution for ¢ equation

in the form
¢ =(n), with n=nh(t) -z, (4.62)

then the ¢ equation (4.1) becomes

. 1 /
b = M(Z)m(1 - 67224 + 1), (4.63)
bo ¢
where a prime means a differentiation with respect to 7. The boundary conditions
(onn =0) are
¢ = ¢07
] _ ¢ m ]' /
h=1=X—)"(1—-9¢)(=¢"+1). (4.64)
bo ¢

We can see that (2.64) will imply i =const due to (4.31) and (4.62). By integrating

the above equation again and using its top boundary condition at 7 = 0, we have

(o — 6) = (1— W)(1 — d) — A(%)mu - cb)z(%cb’ 1), (4.65)

whose solution can be written as a quadrature. The undetermined h in this solution

will be determined by matching it to that in a transition layer analysed below.
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The comparisons of the travelling wave solution (4.65) and solution (4.57) (dashed)

with the numerical results (solid) are shown in Fig. 4.4 and Fig.4.5

Comparison of Asymptotic Solution with Numeric Results
T T T

1 T
R=0, a=0, lambda=100
0.9
Dashed: Solution
0.8
Solid: Numeric
0.71 .
Y‘ ‘
! i
0.6 !/
1 ! i
i [/
N 051 .
| I
i
0.4+ ” ;
B !
0.3F i|!
g
g
0.2+ I
P
)
0.1r // !
t=5///2
O Il v Il Il Il
0.1 0.2 0.3 0.4 0.5

0
Porosity

Figure 4.4 Comparison of asymptotic solutions (dashed) with numerical
results (solid) at ¢ = 2, 5 for A = 100. The upper two dashed curves

correspond to solution (4.65), and the lower two correspond to solution

(4.57). Z is scaled height. Agreement gets better as ¢ increases.

Comparison of Asymptotic Solution with Numeric Results
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Figure 4.5 Comparison of asymptotic solutions (dashed) with numerical
results (solid) with different values of m. The dashed curves have the

same meaning as in Fig. 4.4. The agreement gets better as m increases.

The porosity profile for t = 2,5 is plotted in figure 4.4 with other values fixed
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(a =0, =100, R = 0). In Fig. 4.5, different values of m are compared for the
same t = 2 with all the other values fixed as in Fig. 4.4. They clearly show that their
consistency becomes better for larger times or larger m even with small . This is

what we have expected from the condition used to derive the solutions.

4.2.6 Matching the solutions

In order to match the solution (4.65) to the solution (4.57), we define a transition

region by adopting the transition variable (,
1
z=nh(t) -1+ —¢ ie. ¢(=m(h(t)—1II-2). (4.66)
m

Rewriting the solution (4.57) in terms of the new variable with W = ¢ as in (4.46),

we have

¢=g¢'e (4.67)
where

1 h—1I
W = In (j_i;})é )¢ (4.68)

mT(t —tp) + 1

Noticing that m >> 1, we have approximately, for the lower solution (4.57),
h—1I
2P )

for 1 << —( << m. Now the ¢ equation in the transition region can be written as
g W] = m eV (1= 67 (U — 1)) (470)
Integrating this equation, we find

Y—Inm

1 L *\2 1 %
Ee (1—=0¢")* (Ve —1)+ ho'e™ m

Voo—Inm

: 1
— ho*e m — —e¥o(1 — ¢*)2 4.71
s v (1 ), (4.7)
where we require ¥ — ¥, as ( — —oo. Comparing with (4.69), we have

h —1I ]
(1*¢*)2 (t _ t())

d)*

U — In] = U, (4.72)

or

Yoo—Inm

Poo R PTET T (4.73)
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Rewriting and rearranging the upper solution (4.65) in terms of the new variables
¢ and ¥, we have

Y—Inm

%e% _ V(W — 1) + hte T = —(1 = go) + . (4.74)

By using Van Dyke’s matching rule (Van Dyke, 1964; Hinch, 1991), we expect that
the ¥ obtained from (4.71) and (4.74) should be the same in the matching region.
From equations (4.71) and (4.74), we notice that the left hand sides of both equations
are the same and independent of (, thus we have

Uoo—Inm

—(1— ) + h = ho*e - %e%"(l — )2 (4.75)

using the fact that m >> 1, and rearranging (4.75), we finally obtain an equation for
h(t):
. 1=
h ~ %0 ,
1- gboo
which determines h(t). It is worth pointing out that (¥ —Inm)/m in the second term

(4.76)

of the left hand side of (4.74) is not accurately set to zero, since it is order of — % Inm.
But if we do set (¥ — Inm)/m ~ 0, then we obtain the leading order approximation

for h:

1=

h ~ .
1—¢*

Clearly, the non-negligible term (VU — Inm)/m will provide us a more accurate ap-

(4.77)

proximation for h.

Now we understand that the top solution breaks down as 1 > II while the bottom
solution fails as z > h(t) — II. We can simply construct a uniformly valid asymptotic
solution (Hinch 1991) since the solution in the upper region is the same as that in
the lower transition region. If we note the solution in the top region as ¢, and that

in the bottom region ¢pettom, the composite solution is then

(b(Z, t) = ¢bott0m + (btop - ¢00 (478)

From equations (4.59) and (4.73), we know that ¢, is time independent when ¢ is

large (t — 00), therefore, h is a constant. We simply have

o 1= o 1
h ~ . with gbooNgbO(m)\) . (4.79)
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Clearly, this is exactly the equation (5.16) obtained by Audet & Fowler (1992). In
this case, the solution is a travelling wave solution.
The comparison of the matched composite asymptotic solution (4.78) with numer-

ical results (dashed lines) is shown in Fig. 4.6.

Comparison of Matched Asymptotic Solution with Numeric Results
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Figure 4.6 Comparison of matched asymptotic solutions (dashed) with

numerical results (solid) at ¢t = 2, 5 for A = 100.

Comparison of Solution with Numeric Results

a=0, R=0, lambda=100

Solid: Numeric

Dashed: Solution

0 . . . . . . .
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time

Figure 4.7 Comparison of h(t) solutions (dashed) with numerical results
(solid) with A = 100.
For the case of A >> 1 and ¢ > ¢*, substituting Athy’s solution for ¢ in the top
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region, we have

OPa

= 0. 4.80
P (4.80)
This equation with the boundary condition p, = 0 at the top z = h(t) gives that
pe = 0 at the leading order. This means excess pressure does not occur for short

times or in the top region where z > h(t) — II. This region is clearly shown in Fig.

4.8. For larger times, the solution suggests that ¢, << ¢, whence

Opa _
5, ~ ~(1-9) (4.81)

which shows that the excess pore pressure develops at large times even if A >> 1.

o e o o
o ~N ) ©
T T T T

4

scaled height: Z
o
(6]

0.4 h overburden
A A
0.3f AN
\
A\
0.2 hydrostatic A
0.1f
A
pore
0 L i
0 0.5 1 1.5

pressure

Figure 4.8 Hydrostatic, pore and overburden pressures at t = 5 for

A = 100. Dashed curves are computed by using (4.65) and (4.57).

The comparison of the numerical results with the pore pressure calculated from the
asymptotic solutions (dashed) is shown in Fig. 4.8. The overpressure only develops in
the lower region, while the pore pressure remains hydrostatic in the top region with

a depth of order II from the surface.

4.3 Summary

In summary, we find that the limit A << 1 (slow compaction) can be simply analysed
by means of a boundary layer analysis at the sediment base. Essentially, sediment is

added so fast that the porosity remains virgin except near the base, where compaction
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occurs. The pore pressure is then essentially lithostatic, that is, excess pore pressures
exist over the whole domain.

The more interesting mathematical case is when A >> 1 (fast compaction). For
sufficiently small times, the porosity profile is exponential with depth, corresponding
to an equilibrium (long-time) profile. However, because of the large exponent m in
the permeability law &k = (¢/do)™, we find that even if A >> 1, the product Mk may
become small at sufficiently large depths. In this case, the porosity profile consists of
an upper part near the surface where Ak >> 1 and the equilibrium is attained, and a
lower part where Ak << 1, and the porosity is higher than equilibrium. Straightfor-
ward asymptotic methods are difficult to implement because the limit m >> 1 implies
exponential asymptotics, but we use a hybrid method which appears to correspond

accurately to numerical computations.

=N

Audet/Fowler (1992)

t

Fig. 4.9 Regions of different solutions (A >> 1). A, D, E are the
regions with ¢ > ¢* while B, C are the ones with ¢ < ¢*. The region
F between the two dashed lines is the transition region with ¢ ~ ¢*.
Audet & Fowler’s regions C, E are for large times (t — o0).
To summarise the solutions for the case of A >> 1, we represent the solutions in
their related valid regions in Fig. 4.9. The regions below h(t) line labelled as A, D, E
are the regions with ¢ > ¢* while those labelled as B, C are the ones with ¢ < ¢*. The

region with dashed lines on both sides is the one with ¢ ~ ¢* which is the transition
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region. The regions E, C on the right side of the dotted line constitutes Audet &
Fowler’s region (1992) which is only valid for large times (t — o).

Correspondingly, the terms in the ¢ equation will play different roles in the be-
haviour of the solutions. The over- and under- braces label the relative terms which

govern the features of the solutions in different regions.

RegionA,D&E
00 _ 29 fii1— g2 —14 199
5 = Vg (L= 0l —1+ 527 (4.82)
RegionB&C

When the left hand side ¢, is negligible, we have

{k(1—¢)?[-1+ 85]},2 ~ 0. (4.83)
then we have the solutions for the top regions (¢ > ¢*). If the first integral of the
right hand side is zero, the Athy-type solution is obtained in region A. If the first
integral is not negligible, the solution in region D is thus obtained. If ¢ is large, this
solution moves into the region E of the travelling wave type solution which is given
by Audet & Fowler (1992).

When the diffusion term on the right hand side is negligible, we have

¢~ —Mk(1 = ¢)%}, (4.84)

thus the solution for the bottom region (¢ < ¢*) is obtained. The limit for large t
of this solution is exactly Audet & Fowler’s solution for large times. In the region
F (¢ = ¢*), all the three terms in the ¢ equation must be considered. The matched
composite asymptotic solutions provide a uniformly balanced solution for the whole
region.

The methods presented in this paper pave the path for the analysis of compaction
in sedimentary basins when more complicated loading histories are studied, and also
when more realistic phenomena are included, such as diagenesis, or state-dependent

rheology.



Chapter 5

Unloading and Variation of

Sedimentation Rate

In the model we analysed in the previous chapters, the rheology of the porous medium
is considered as poro-elastic, and it is equivalent to a single-valued function of the
Athy’s type pe = pe(¢) in the 1-D case. A more realistic rheological relation should
include the nonlinear effect of hysteresis derived from soil tests. In addition, the
sedimentation rate r, has also been taken as a constant in the poroelastic compaction
model. From the numerical simulations in chapter 3 and the analysis in chapter 4,
we can see that the model does not require the sedimentation rate to be constant. In
fact, the dimensionless sedimentation rate r, can vary with time ¢ and it can also be
negative, which corresponds to the case of unloading.

In this chapter, we will mainly investigate the effect of unloading and variation of
the sedimentation rate by using a more realistic rheological relation. As the analysis
of the model equations is very complicated, we will simply show the numerical results

and give some analysis whenever possible.
5.1 Model Equations for Unloading and Reloading

5.1.1 Non-linear soil behaviour

In order to model the phenomena of unloading and reloading, we must consider

the non-linear stress-strain behaviour which has been investigated in many cases.

61
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Bethke & Corbet (1988) examined the non-linear effects associated with the long-
term compaction of sedimentary basins. The one-dimensional isotropic consolidation
test (Das 1983, Burland 1990) of soils accompanied by unloading/reloading sequences
clearly shows that the soil behaviour is path-dependent and nonlinear as shown in
Fig. 5.1. The behaviour during unloading and reloading is essentially elastic with a

small amount of hysteresis. The void ratio

e=o/(1-9) (5.1)

is used in this figure as the conventional way of presenting the test results.

In order to model the behaviour of soils as shown in this figure, the Cam-clay mod-
els developed by the Cambridge group, in terms of Critical State Formulations, are
very attractive since these models are able to reproduce qualitatively a good number of
the main features of the mechanical behaviour of soils such as unloading/reloading,
stress path-dependence etc (Schofield & Wroth, 1968; Atkinson & Bransby, 1978,
Huekel & Baldi 1990). If a more accurate reproduction of actual soil behaviour is
sought, the more sophisticated models such as the Modified Cam-clay model (Roscoe
& Burland, 1968) and the more modern cap model (Chen & Mizuno, 1990) should

be used.

v=1+e v=Il+e

ln]% ]nRe

(a) (b)
Figure 5.1 Non-linear behaviour of soil consolidation. NCL is the nor-

mal consolidation line, and URL is the unloading and reloading line.
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The modified Cam-clay model is an isotropic, nonlinear elastic strain-hardening
plastic model in which only volumetric strain is assumed to be partially recoverable.
The consolidation curve in Fig. 5.1(a) is idealised as that shown in Fig. 5.1(b). The
virgin isotropic normal consolidation line is assumed to be linear, and the unloading
and reloading curves are parallel as a single straight line.

The equation for the normal consolidation line (NCL line) is given as

e = ey — Celn(pe/po), (5.2)

where C, is the compression index (Das, 1983; Burland, 1990). For the unloading-
reloading line (URL line), we have

e = ey — Csln(pe/po), (5.3)

which is valid when p. < pJ, where p} is the maximum of previous values of p..
Similarly, Cj is called the swelling index. The join of the two lines corresponds to
a special value p! of p. in the time-history of compaction, and the value e}, can be

expressed in terms of p? as
eq = eg — (Ce — Co)In(p: /po)- (5.4)
If written in dimensionless form in terms of p, then equations (5.2) and (5.3) become

e = ey — Cen(p/po), (5.5)

and
e =eo — (Ce = Co)n(p"/po) — Csn(p/po). (5.6)
In equations (5.5) and (5.6), we provide only one of the many possible formulations
of the nonliear constitutive laws which can be derived from the modified Cam-clay
model (Roscoe & Burland, 1968) and modern cap model (Chen & Mizuno, 1990). In
fact, what we have used before in equation (3.1) is just another form of the formula-
tions, and is widely used in the literature (Smith, 1971; Sharp, 1976; Das, 1983; Audet
& Fowler, 1992; Wangen, 1992). Different formulations will result different forms of
function p(¢) or e(p), but they all can reproduce the main features of the nonlin-
ear behavior of loading/unloading. In order to compare with the results obtained in

Chapter 4, we will use the modified constitutive law (5.15) similar to (3.1).
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5.1.2 1-D model equations

From the derivation of the general model discussed before, we know that the model
does not require the sedimentation rate to be constant. Nor does it require increasing
loading only. Change of sedimentation rate and erosional unloading can be treated
within this model, but the constitutive laws for the case of unloading should be
changed.

Recalling the process of non-dimensionalization in Chapter 2, we defined a length-
scale d in (2.48), and scaled z with d, u® with g, time ¢ with d/mg, pore pressure p
with (ps—p;)gd, and permeability k with ky. Clearly, the scalings involve the sedimen-
tation rate g, and thus must be modified to allow the variation of the sedimentation
rate and erosional unloading.

If we scale time ¢ with a time scale 7 instead of d/m;, u® and 1, with d/7 instead
of g, and keep all the scalings of other quantities the same as before on Page 22,
then the obtained dimensionless governing equations are the same as equations (2.51)-
(2.58). The only change is to replace the 7 by d/7 in the expressions of A\, A and
R. Thus (2.59)-(2.61) are replaced by

— 0
\ — ko(ps pl>g . KO R — krd (57)

i) A paamd T ap)

Clearly, if one substitutes g, = d/7 back into the above expressions of A\, A and

R, we do have the same expressions as (2.59)-(2.61) in the case of constant sedi-
mentation rate. Therefore, the dimensionless model equations (2.51)-(2.58) are still
suitable when sedimentation rate changes, but the real meaning of g is the aver-
age sedimentation rate in the relevant time history of sedimentation. In the case of
constant sedimentation rate, my is the real constant sedimentation rate.

In order to show more efficiently the effect of the variation of sedimentation rates
and erosional unloading on the porosity evolution, it is convenient to ignore diagenesis
and temperature effects by setting R = 0, a =0, b = 0, ¢, = ¢ in equations (2.54)
and (2.58), and omitting the temperature equation (2.57). By using the force balance
equation (2.58) to eliminate p in Darcy’s law (2.56), and using the expressions (2.64)-
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(2.65) for u® and u', we finally obtain a single non-linear diffusion equation

dp 0 - op
FTi )\a{k(l - Cb)[—% - (1=9)}, (5.8)
with constitutive laws
D= ]5<¢), I% - I;(gb)v (59)

which are given below in equation (5.13)-(5.15).

Boundary conditions

Rewriting the definition of the effective pressure in dimensionless form, we have
p=P—np. (5.10)

In the case of very rapid unloading (Haxby & Turcotte, 1976), P decreases suddenly,
but p may not have enough time to respond to such a quick change, and thus remains
nearly a constant, which subsequently forces the effective pressure p < 0. The whole
column of the sediments will be unloaded instantaneously. The negative effective
pressure implies that fracturing should occur, and the model equations will become
invalid for fracturing. In reality, the unloading due to erosion at basin surface is a
very slow process, and the effective pressure should be always non-negative, p > 0.
Therefore, a reasonable boundary condition at the basin top z = h(t) in the present
model is to assume that the effective pressure p always remains zero, i.e., p = 0,
which eliminates the possibility of fracturing due to very quick unloading, discussed
by Haxby & Turcotte (1976).

Now the boundary conditions are

op

—&—(1—@:0%2:0, (5.11)
¢=¢o at z=h,

- )

ho=i(t) + k[~ — (1= 9)] (5.12)

Here, 7 is the dimensionless sedimentation rate which is 1 if it is constant, or O(1)
if time-varying. It is based on these equations that the change of sedimentation rate
(m(t) > 0, increasing loading) and erosional unloading (r(t) < 0) will be treated,

but the constitutive laws will change correspondingly.
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5.1.3 A specific case

To investigate the main features for the cases of our interest and compare with the
earlier results in Chapter 4, we still use the Smith type constitutive function of per-

meability as before,

k= (¢o/dp)™ with m =S8. (5.13)

But the constitutive relation (3.1)

P =1In(¢o/9) — (¢ — ¢), (5.14)

is only valid on the increasing loading branch (NCL). On the unloading-reloading
branch (URL), we use the following constitutive relation:

5= 1= (1= il = (65— ) + 7 (5.15)

p<p* and ¢ > ¢y,
with

oy(z,t) =ming(z, 7 <t), p*(z,t) =maxp(z, 7 < t),

Cs

5 = n(go/6}) — (60— 0%) and 7= = (516

where 7y is the slope ratio of the URL line to the NCL line. The normal ratio for soils
is v ~ 0.1 ~ 0.25 (Das, 1983). Clearly, equation (5.15) degenerates into equation
(5.14) when v = 1 which corresponds to the case that URL branch falls onto, as we
expected, the NCL branch. In this case, the behaviour of unloading and reloading is
reversible.

A relation similar to equation (5.15) was used by Wangen (1994), which can be

written as
¢ = ¢m1n[1 + ae(p&max - pe)], (517)

but Wangen’s relation is only valid in the case of p =~ p* and ¢ ~ ¢{. In fact, Wangen’s
relation is only a special case of our relation (5.15) when v << 1. Equation (5.15)

can be written as
p*—p+(d—03)
¢ — (1 —7)¢% _eplfz()lfw)@);o

7 = (5.18)
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Taking v to be small, this implies that ¢ ~ ¢, whence

S~k

pF—0p

— Op = Yoy : 5.19
¢ — by 7¢0€ij1__¢8 (5.19)
Rearranging this equation, we finally have
~ * ’Y ~% ~
¢~ dp[1 + (0" — D)l (5.20)
1 — 5

which is similar to the equation (10) used by Wangen (1994).
The switch conditions for loading and unloading at any point following the material
are

On URL branch:

dp* D
d]t)s =0, if p=p" and d—]: 0,
dp*
= if p<p* 5.21
ar. 0, if p<p’, (5.21)
On NCL branch:
dp* dp ., dp
—— =5 = >0 5.22
dt, dtg’ bP=p dt, > (5.22)

where d/dt; = 0/0t + u®0/0z, and p*(z*,t) = maxp(z,7 < t), where z* is a La-
grangian spatial coordinate which is related to z by dz/dt = u® with z = z* at t = 0.
If we use |u®| << 1 as an approximation, then z* ~ z, and the material derivatives

in (5.21) and (5.22) can be taken to be partial time derivatives. Now we have

On URL branch:

p=p" if p<o,
or p<p (5.23)
On NCL branch:
p=p* and p>0. (5.24)

If the constitutive relations (5.14) and (5.15) are plotted in semilogarithmic coor-
dinates, we have the curves in Fig. 5.2 which are similar to the NCL and URL lines in
Fig. 5.1. This means that the Athy-type relations in the present model are suitable

and reasonable in reproducing the main features of soil behaviour.
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Relations for NCL and URL lines

1.9r Porosity: 0.1 to 0.5

's a 3 2 a 0 i
In(p)
Figure 5.2 Constitutive laws plotted in semilogarithmic coordinates.

The curves are similar to the NCL and URL lines as in Figure 5.1.

5.2 Numerical Method

The numerical method in Chapter 3 is only robust to solve the model equations when
¢ and its first derivatives ¢, and ¢; are continuous. But for the present case, the
non-linear history-dependent property of the porosity function may imply that ¢ or
its first derivatives are discontinuous at the interface between swelling region (where
¢ or e increases) and compressing region (where ¢ or e decreases). Therefore, we
should first ensure that the numerical method can work well in these cases. Special

modification at the interface is needed.

5.2.1 Finite difference implementation

For convenience in the discussion of numerical method, the general 1-D model equa-
tions can be simplified without losing its main features by leaving out the second
term on the right side of the equation (5.8), so that we have

99 _ 39 1p2?

5 = A5 AD(6) 5}, (525
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D(¢) = —k(1 = 9) (¢) (5.26)
Generally speaking, D(¢) will take different forms on the NCL [ D*(¢)] and URL |
D~ (¢)] branches, and may be discontinuous at their interface.

The erosional unloading or change of sedimentation rate at the top of the basin will
usually generate a series of interfaces, which separate the swelling and compressing
regions, travelling at different velocities down to the bottom. The advancing interface
is determined by solving a compatibility equation which is usually derived from an
integral formulation of the non-linear diffusion equation while the smooth solution
away from the interface is treated with a standard finite-difference method. Therefore,
the integral form of the conservation law gives a contour integral formulation along

the moving boundary (interface) T,

[ 10 AD@)e.Jde + [¢ldz) =, (527)
where f(z,t) is any continuously differentiable function of z and ¢ that vanishes on
the boundary of the solution domain. The notation [ | means [¢,] = ¢ — ¢, . Since
the above relation is true for any arbitrary f(z,?), the integrand must vanish, and we
thus obtain
[D

AD©)0.)] (5.28)

DG
W=
0

This condition defines the travelling speed $() of the interface in terms of the values
of the solution on either side.

To illustrate the modification of the finite difference formulae near the moving
interface, we consider the case with a swelling region above the interface and com-
pressing region below the interface. By using a fixed finite-difference grid, the moving
interface, at any time jot, will usually be located between two neighbouring grid
points, say idz and (i + 1)d. The unequal space intervals are used to modify the
related finite-difference formulae near the moving interface. By using the three-point

interpolation formulae of Lagrangian type (Crank 1975) with three known values

f(20), f(21), f(z2) at three points z = zy, 21, 2 respectively, we have

z) = Z Li(2) f(2k), (5.29)
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with

Li(z2) = 2 W(z)—ﬁ(z—z)
A P L1 ) M S

1+2
L% S e sft) -

1

1-1

0z
1-2

Figure 5.3 Grid lines near the moving interface z = s(t).

The formulae for space derivatives are then

2

VoS he, th= >
k=0

1=0,l#£k (2 = 21)(2 — z)ma(2)’

and , )
d? 1
= X2 I

1=0,14k Tk

_:'El :

70

(5.30)

(5.31)

(5.32)

Applying the above formulae for the grid lines (i — 1)dz, idz and the moving

interface z = s(t) (Fig. 5.3), we have (for z < s(t))

¢ 2 dig Gi Ps

02 = epa—q T-g (-g-g) *= "

and

99 _ i((l —@)die1  (2—9)¢i | (3—29)¢,

_ + )), z=s(t) — 0.

0z 0z° 2—gq 1—gq (1-q)(2—q
For z > s(t) we have similarly

Po 2 O _ Pit1 | Div2 )

02 = GoR\alq+ 1) g Tqr1 T U
and
9 _ 1 _<2Q+ Do 4 (¢ +1)¢ita
0z 0z qlg+1) 7
—q¢i+2]7 z=s(t) + 0.

qg+1

(5.33)

(5.35)

(5.36)
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The above modified formulae for the space derivatives near the moving interface
are used for the points idz, s(t) and (i + 1)0z. These formulae together with the
usual equal space interval formulae for other points can be applied for the whole
region at any time. In addition, the switch conditions (5.23) and (5.24) are checked
at every point near the interface at the beginning of each time step to make sure
that the correct branch of the constitutive relation p(¢) is used for the numerical

implementation.

5.2.2 A test case

To test the above finite difference formulae, it is convenient to investigate first a
simplified non-linear diffusion with discontinuous diffusion coefficient. To compare
the numerical results with some available analytical solution, a very special semi-
infinite case (Crank 1975) is solved numerically. Written in the variable 7 increasing

downward with the origin at the top, the equation is

) 2

00 _ 00

ot on?
where D = D; =constant if ¢ > ¢s=constant, D = Dy =constant if ¢ < ¢,. The

(5.37)

boundary conditions are

p(n=10)=¢o and ¢(n = 00) = Poc. (5.38)

As we mentioned before, the condition at the interface n = s(t) is
D13~ = Dygpp T, (5.39)

Crank (1975) obtained an analytical solution for this problem

b= o+ Aerf—1— (< n < s(t), (5.40)

2v/Dqt
and
7 n > s(t),
24/ Dot

¢ = doo + Berfe s(t) = av/t, (5.41)

where « is determined by

(6= 6VDi | (6~ 6x)VDs

a2/4D1 (€] a2/4D2 o
e erf syp. € erfc2 s

=0, (5.42)
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and
A= % B= —frf(;;; (5.43)
Advancing interface with time 05 Comparison with numerical results

05 / 0.4 oo 50

o //// ... Dashed: Numeric
g 0.3 / D%
o ////////Zﬁi/// . 0.2

(110 . ////////// -

" 5 0 0'10 1 2 3 4
n

Figure 5.4 The advancing interface with time and comparison of Crank
solution (solid) with numerical solutions (dashed) at ¢t = 1.
Taking the values of Dy =5, Dy = 1, ¢g = 0.5, ¢, = 0.4, and ¢, = 0.1, solving
this problem numerically, we have the advancing interface in Fig. 5.4.
The comparison of the numerical solution with Crank’s solution is shown in Fig.

5.4 which clearly shows that the numerical method is robust.

5.3 Irreversible unloading and reloading

By using the modified numerical formulae, we can study the case of irreversible un-
loading and reloading. When calR = 0 and b = 0, equation (2.65) is equivalent to

u® = —p(u! — u®). Now we can write the conditions at the interface as follows

[P =0 and [p(u' —u®)] =0 (ie. [u]=0), (5.44)

where [p] = 0 is the physical condition of continuous effective pressure, and [¢(u! —

u®)] = 0 is derived from the condition of no fluid stored (mass conservation) at the
interface. The condition [p] = 0 does not necessarily imply that [¢] = 0. From Fig.
5.1(b), we understand that [p] = 0 is equivalent to [¢] = 0 only at the interface of
loading and unloading, but it is generally equivalent to [¢] # 0 at the interface of
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reloading and loading although the jump [¢] may disappear when loading proceeds to
the extent where the two branches join again. This will be also illustrated later in
Fig. 5.9.

In the case of [¢p] = 0, [u®] = 0 or [)\l;;(—% — 1+ ¢] = 0 implies pY¢L = pUEL,
From Fig. 5.1(b) or Fig. 5.2, we have ﬁgCL/ﬁgRL = 7 or pIRL/PNCL =~ Then, we
have a jump condition at the interface

(6.] = (1 — 7)o = <% e (5.45)

where ¢NCL is the value of ¢, along the NCL line while being compacted. Thus ¢, will
be continuous if v = 1. The discontinuity is a property of the irreversible compaction,

which will be illustrated later in Fig. 5.7 and Fig. 5.8.

5.3.1 Slow compaction \ << 1

From the numerical results and discussion in Chapter 4, we understand that the
behaviour of small A case is relatively simple. To study its main features, we use a
step function of constant loading and constant unloading. The numerical results are

shown in Fig. 5.5 at different times.

Loading to t=5, unloading to t=6

0.6

0.5r r

N
IS
T

o
W

height (z)

0.2

0.1f =6 T
,5 - t=4

0 . . .
0.4 0.42 0.44 0.46 0.48 0.5
Porosity

Figure 5.5 Porosity profile under constant unloading (A = 0.01, v =
025). m=1ift <5, m=—-1if5<t<6,m=1if6<t<7, ..

Unloading begins at t = 5. z is the height measured from the basement.
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We see that the unloading at the top has very little influence on the porosity profile
in the whole region. This is actually consistent with the boundary layer phenomenon
near the bottom we obtained before in Chapter 4. The condition for the diffusion
boundary layer remains unchanged in the case of constant unloading and cyclic load-
ing. The porosity in the top region is ¢ = ¢q, which lies outside the boundary layer,
that the effective pressure there is zero; thus the pore pressure p is equal to the over-
burden pressure P, i.e., p = P, outside the boundary layer. The change in P will
affect the change of p instantaneously, and their changes are in phase. The effective
pressure is only positive within a thin boundary layer near the base where compaction
proceeds very slowly. Thus the change of sedimentation rate or unloading without
changing its surface porosity ¢y will not change the behaviour of the boundary layer

near the bottom.

5.3.2 Fast compaction A >> 1

Based on the previous discussion, we understand that it is the case of A >> 1 that
is more complicated and of more interest and importance. In order to show the main

features of unloading, the following simple cases are investigated.

5.3.3 Constant loading, evolving to equilibrium, then constant unloading

We first investigate the system behaviour subject to unloading from the state of
equilibrium. We load the system with a constant sedimentation rate to time ¢t = 5,
then let it evolve to its equilibrium. We then unload the system from this equilibrium
state, and shift the time origin to ¢t = 0 when unloading begins. The numerical results
are shown in Fig. 5.6 in which the dashed curve corresponds to the equilibrium state.

It is clearly seen that the interface travels downward, and is smoothed by the
diffusion effect which only becomes important on a length scale of O() or O(0.1).
Although the constitutive relations of effective pressure on porosity are two differ-
ent functions in the unloading branch (above the interface) and compression branch

(below the interface and at equilibrium in the present case), the model equation is

still a single nonlinear diffusion equation whose diffusion coefficient strongly depends
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on the porosity itself, which equivalently makes the model equation degenerate in
such a way that the diffusive front essentially spreads with a finite speed. Thus, the

influence region is mainly located in the top part of the basin.

Porosity profile Interface
3 1
2
2.5 o
5 0.8
> £
o %06
= g
515 =
2 a
< 20.4 K
1 / §
05 ' Solid: unloading ‘_é’ 0.2 * data: numeric
’ Dashed: equlibrium § Solid: solution
[
0 0
0 0.2 0.4 0 0.5 1 1.5 2
Porosity time

Figure 5.6 Travelling interface of unloading for the case of A = 100, v =
0.25. The left figure shows the travelling interface due to unloading
at different times after unloading begins. The right figure gives the
comparison of the solution (5.56) (solid) with numerical results (points
with x).
To understand this phenomenon, let us make a small perturbation 1, which is
valid at least when ¢ is small, from the equilibrium state ¢°. The equilibrium solution

for the ¢ equation when \ >> 1 is essentially the Athy type solution

¢° = gpe” "7 (5.46)

Written in terms of the (depth) variable n = h — z with its origin at the top, this
equilibrium solution is

@° = ppe . (5.47)
Setting ¢ = ¢°+1p and using equations for equilibrium state ¢¢ = 0, 1/[p—(1—7)¢¢] ~
1/(y¢°) since ¢ =~ ¢°, the linearised perturbation equation for 1) is

%_Aak(l—qﬁe) w

ot 877[ ¢° 877] (5.48)

Using (5.47), we find,

O _ ) O —m-1n9¥

. (T —¢p)?
55 = 817[6 077] with A = A\—F"—, (5.49)

Yo
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le.
Py = Ne” I~ (m— 1)), (5.50)

which is only valid when ¢ < O(%) Since m >> 1, we thus have approximately
P+ Am — 1)e” M=y, = 0. (5.51)

For a semi-infinite space approximation, we have the initial and boundary conditions

for ¢
w(n=0,t) = f(t) and ¥(t=0,n)=0. (5.52)

By using the method of characteristics, we have
Y=0 and 1= A(m—1)e M=, (5.53)

Integrating the above equations and using the initial and boundary conditions, we
have

Y= f(r) and [em=Dn 1] = A(m — 1)(t — 7). (5.54)

m—1
Eliminating 7, we obtain the solution of (5.51)

elm=1n _ 1

e (5.55)

@/)(77’75) = f[t_

Since the unloading begins from equilibrium state, the interface travelling downward
is the interface where ¢ = 0 or t — (e™~Y7 — 1)/A(m — 1)> = 0. From the above

solution, we therefore find that the interface s(t) is given by

s(t) = ml_ n[A(m — 17t + 1] (5.56)

Written in terms of A, we have

st~ — A= ¢07)¢(()m b))

m—1
This solution implies that the interface will travel faster as 7 gets smaller. In the

t+1]. (5.57)

extreme case when v = 0, the interface travels downward nearly instantaneously to
the base of the column, and the whole region is unloaded (s(t) — oo as v — 0). It
is worth pointing out that s(t) is actually the characteristics of equation (5.51) and

thus the interface velocity $(¢) is independent of unloading rate. Furthermore $(t) is
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decreasing with time ¢, which implies that the unloading effect is essentially located
in the top region at least for a short time after unloading begins.
The comparison of this solution with numerical results is shown in the right in Fig.

5.6. The consistency verifies the above obtained solution.

5.3.4 Constant loading, then constant unloading

Figure 5.7 shows the porosity profile for constant loading to ¢ = 5, then constant
unloading for some short times. A = 100 and v = 0.25 are fixed throughout the
computations.

Figure 5.7 clearly shows that an interface of discontinuous ¢, will be generated
at the time when increasing loading switches to erosional unloading. The travelling
velocity of the interface is not a constant. The downward travelling interface of the
unloading region will extend the unloading region much deeper, and finally to the
whole domain. From the numerical results, we have ¢Y¢F ~ 0.126, ¢VFE ~ 0.032,

[¢.] = 0.094 ~ (1—7)pYE which confirms that the jump condition (5.45) is satisfied.

3 0.1 2.5 >
25 T 7
-7 05 e
— 2 ! —_ /
N N /
£15 £ 2 7
o) I o /
T / T
1
0.5
0 1.5
0 0.1 0.2 0.3 0.4 0.15 0.2 0.25
Porosity Porosity

Figure 5.7 The advancing interfaces of discontinuity of ¢, with a Heav-
iside step function of sedimentation/erosion rate (m(t) = 1 if ¢t < 5,
m(t) = —1if ¢t > 5). The values of A = 100, v = 0.25 are used. Dashed
parts shows the swelling region while the solid ones correspond to the
compressing region at different times ¢t = 5.1, 5.5 (or 0.1, 0.5 after un-
loading). The right figure is the enlarged part of the left one near the

first interface.
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5.3.5 Cyclic loading and unloading

To investigate the main features of the system under cyclic loading and unloading,
a square wave function of sedimentation/erosion rates is used. Firstly, the system
is constantly loaded to t = 5, then it goes under a square wave of unloading and
reloading with a period T'= 1. An interesting feature arises, a discontinuous porosity
profile as shown in Fig. 5.8 (only the first cycle is shown). There exist two travelling

interfaces after a cycle of loading-unloading-reloading.

Reloading [solid] after unloading [dashed] Discontinuous porosity
3 3
Lol /
25 e - 28
) Ve
2 75
N y N26 =
515 / 5 -
£ ! £24f 7
1 | -
05 2.2
0 2
0 01 02 03 04 0.3 0.35 0.4 0.45 0.5
Porosity Porosity

Figure 5.8 Porosity profile under cyclic unloading and reloading at time
t = 5.8 (or 0.8 after unloading). We have used A = 100, v = 0.2
and m(t) = 1if t < 5, m(t) = =1 if 5 <t < 55, m(t) = 1 if
5.5 <t <6, m(t)=—-1if6 <t <6.5.... Solid part is in compression
along NCL line, dashed part is reloaded along URL line and dotted
part corresponds to swelling along URL (unloading). Discontinuous
porosity occurs at the interface of newly loaded region (solid) near the

top and reloaded region (dashed) in the middle.

To understand how the phenomenon of the discontinuous porosity occurs, we refer
to Fig. 5.9 to aid our discussion. For some short time t after reloading it is possible
that the effective pressure p < p*, where p* is the maximum value in the time-history.
The new sediment added to the system will go along the NCL line, while the older
previously unloading sediment will be reloaded along the URL line. The physical

condition at the interface between the new and older sediments is the continuity of
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the effective pressure. From Fig. 5.9, we see that the same value of effective pressure
corresponds to two different porosity values if p < p*. Thus a discontinuity of porosity
will appear at the interface. If the loading proceeds to p > p*, then this discontinuity
will disappear.

The velocity of the interface of discontinuous porosity can be obtained by using

the jump condition from the weak formulation of (5.8)

R (G
§(t) = o (5.58)

where u® = —\k[2 + (1 — ).

¢

Figure 5.9 Sketch map of effective pressure versus porosity. NCL is
normal consolidation line and URL is unloading-reloading line.
From the equation ¢u' + (1 — ¢)u® = 0, the condition of no fluid stored at the
interface implies the Darcy flow is continuous, which is equivalent to the statement

u® should be continuous, i.e., [u*] = 0. Then the above equation becomes

N () (AN I
i(t) = 3 7 . (5.59)

This means that the interface will ‘fiz” on the solid matrix. But when reloading

proceeds to p > p* then [¢] = 0, the interface will move off the solid matrix and start
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travelling down if effective pressure in the previously unloaded sediment below this

interface has not reached its previous maximum in time-history.

5.4 Summary

The nonlinear compaction behaviour of unloading and loading on a basin scale has
been modelled as a two-branch nonlinear diffusion equation with a switch condition
(5.23) and (5.24). The constitutive relations are extended in terms of a dimensionless
parameter v which is a slope ratio of URL line to NCL line.

In the case of slow compaction (A << 1), the behaviour is relatively simple, and
the loading/unloading at the top has very little influence on the porosity profile. The
behaviour of large A case (fast compaction) is more complicated and of more interest.
A downward travelling interface is generated whenever a switch occur between URL
and NCL branches. The velocity of the travelling interface depends on the slope ratio
~ and decrease with time . In the lower region, the porosity profile is essentially the
same as that of constantly increasing loading.

In the case when newly loaded sediments adds at the top of unloaded sediments,
a discontinuity of porosity may occur for a very short time. The new sediment
added to the system will go along the NCL line, while the older previously unloading
sediment will be reloaded along the URL line. The physical condition at the interface
between the new and older sediments is the continuity of the effective pressure, which
corresponds to two different porosity values when p < p*. Thus a discontinuity of
porosity may occur at the interface. If the loading proceeds to p > p*, then this

discontinuity will disappear.



Chapter 6

Diagenesis: First Order Model

In the previous chapters, we have mainly investigated the porosity evolution due to
mechanical compaction. In this chapter, we will analyse the effects of diagenesis on
the porosity evolution, and show how the model suggests radically different styles of

behaviour in the distinct limits of slow (A << 1) and fast (A >> 1) compaction.

6.1 Simplified model equations

It is clearly seen that Rk, always appears as a combination in the above model
equations (2.51)-(2.57). It can be easily rewritten as

_ 1.1
Rk, = exp[3(© — O.)] and O, = Blnﬁ, (6.1)

where the new parameter ©., which replaces R, is a dimensionless critical temperature
(with reference to the surface temperature). In the following discussions, we will see
that the diagenesis reaction virtually takes place in a region called the diagenetic
window, at a depth of ~ ©,., with its thickness controlled by f.

From the typical values of model parameters (Smith 1971, Eberl & Hower 1976,
Lerche 1990, Audet & Fowler 1992) E, = 60 kJ/mol, T, = 90°C, Ty = 300 K, we
have f ~ 23,0, ~ 2, A =~ 1 and R = 0.01 for d ~ 1km. An initial porosity of
¢o = 0.5 for pore water at the top of the basin is used by other authors (Smith 1971,
Sharp 1976, Bethke & Corbet 1988, Audet & Fowler 1992). Initial porosities 0.2 for

montmorillonite, 0 for illite and 0.3 for quartz are used in our computations.
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For the convenience of discussing the main effects of diagenesis, we can simply take

AH =0, a=0, and b = 0 in these equations without loss of generality. Based on

the work of Smith (1971), Sharp (1976) and Audet & Fowler (1992), we adopt the

following constitutive functions
p=1n(¢o/d) — (do — ¢),
]% = <¢/¢0)m7 m = 87

K = (K;/K,)*%, K /K,=0.3,

e =1,

(6.2)
(6.3)
(6.4)

(6.5)

We notice that ¢. can be determined if we know ¢;, ¢,,,, ¢ since ¢.+ ¢; + dpp+¢d = 1.

Thus the quartz equation can be eliminated. Inserting these constitutive relations,

letting ¢ = ¢, and using Darcy’s law (2.56) and the force balance equation (2.58) to

l

obtain u®, u'. we finally have the simplified model equations

Equations for volume fractions

0% _ _een, _ )\%{]%qsm(l _ ¢)%% )
—(6 - 1)a18<1gfm),
%~ (1 agere-eg, 2D g1 - g %
(0~ 0 202
g_f - A%{ff(l - cb)Q%g—f — 1}
+a16e"© g, — (5 - 1)G1W7

Temperature equation

01— ) + 957 = AL (RD2) — ay(5— )e"© 09,0
90 - , 106 00
—(0— 1)@1?#@ — (= 1)Ak(1—9) [ga - 1]%,

(6.6)

(6.8)

(6.9)
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with boundary conditions

[9J0) B 00 1 B
a— —O, %— [A( atZ—O, (610)
and
Qb] = gbjOa 0 = 07

. ~ 10¢
h=1+XMe(1—9¢)[—= —1]+ (6 — 1)aytp at z = h. (6.11)

¢ 0z
b = / PLCE P (6.12)

0

where ¢; = @i, o, ¢; and ¢eo + Gio + Prmo+Po = 1.
It is based on these equations that the moving boundary problems will be solved
numerically by using the predictor/corrector implicit finite-difference method pre-

sented by Meek & Norbury (1982).

6.2 Diagenesis with slow compaction A <<'1

From the generalized mathematical model, we notice that the temperature equation
(6.9) is only weakly coupled with porosity via heat conductivity. If the heat change
during diagenesis is negligible, then temperature essentially evolves in rather an in-
dependent way. Thus if A >> 1 the temperature distribution can be treated as a
prescribed function. In order to investigate the main features of diagenesis, it is con-
venient to first study the case of A << 1 (slow compaction) with nearly steady-state
temperature distribution (A >> 1). When A >> 1 so that conduction is dominate,

then (6.9) becomes approximately

9’0
— =0 6.13
822 ) ( )
so © can be written as
o=z (6.14)
K

For the case of A << 1, temperature increases mainly in the boundary layer near the
basement and is normally not high enough to switch on the diagenetic reaction. The

temperature distribution is usually very close to steady state in most geological cases
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of interest. Therefore, we will mainly concentrate on the case of a linear temperature
distribution.

The numerical results are given in Fig. 6.1 with a; = 0.15,0, = 2,;t = 5. It
is clearly shown that ¢,, decreases very rapidly in a region of temperature near the

critical value ©.. The excess pore, overburden and hydrostatic pressures are also

given in Fig. 6.1.

1 1
illite mont water
0.8 0.8
N
0.6 06 .
o] Effective pressure <0
N < N
°©
0.4 % 0.4 \\
(&)
w \‘
0.2 0.2 \overburden
hydrostatic
0 0 pore
0 0.2 0.4 0 0.5 1 1.5 2
porosity scaled pressure

Figure 6.1 Porosity and pressure profiles with diagenesis (A = 0.01). Z
is scaled height. The porosities of montmorillonite and illite are marked
with 'mont’ and ’illite’; respectively. The negative effective pressure in
the diagenetic region is physically unacceptable. Hydraulic failure will

occur to keep effective pressure non-negative.

From the numerical results, we understand that ¢ ~ ¢, ¢, =~ 0, i.e, u® ~ 0. This

means the terms 0(¢,,u®)/0z in the ¢,, equation, d(¢p;u®)/0z in the ¢; equation are
negligible. The temperature distribution is approximately (with K = 1)

© = h(t) — z. (6.15)

The dimensionless parameter a; represents the effect of the water content released
during montmorillite diagenesis (typically a; = 0.1). Therefore, it is reasonable to
assume a; << 1 in the following analysis. The fact that ¢ ~ ¢y and ¢ << 1 in equa-
tion (6.11) for the case of small A suggests that h ~ 1. With these approximations,

the model equations can be written as

OPm
Om _ _ oib)-s-0d

o (6.16)
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o 0% Blh(t)—2—O.]
i A 5.2 + are Orms (6.18)

where N = A\(1 — ¢g)?/¢o. The boundary conditions are

b= b0, O = Gmo, ¢; =0, at z=h, (6.19)
¢.=¢, at z=0. (6.20)

The solutions for equations (6.16), (6.17) and (6.18) can be easily obtained in the

approximate form
6 = mexp{—e 050} (6.21)
¢i = (1 - al)(¢m0 - ¢m)7 (622)

= ¢p — PoV4ANT ierch
¢ ¢0 ¢0 \/m

8aith & 1 1022 a2 k h k
L2 > ﬁ{l — e~V kAR }COSQL;/ eﬁ[h(t)_g_ec]cos—hgdf. (6.23)
h 0

m
N = 2

Solutions (6.21) and (6.22) will be compared with the numerical results later in Fig.
6.2. It is worth pointing out that solution (6.23) implies that ¢ > ¢ in a narrow
region near z = h — O,. This is physically unrealsitic which consequently results
in an interesting phenonemenon known as hydraulic failure, which occurs from the

diagenetic region up to the basin top (see Fig. 6.2).

Hydraulic Failure

From Fig.6.1, we notice that the porosity ¢ in the diagenetic region can exceed its
initial value ¢g; this is physically unacceptable since the effective pressure p. < 0, but
in reality p. should always be nonnegative. In fact, if p. becomes negative, we expect
that hydro-fracturing will occur to keep the effective pressure nonnegative. If we
impose a condition p > 0, the numerical results will ensure that ¢ < ¢y. But then the
permeability & will not take the form (¢/¢o)", and should be determined in another
way. Hydraulic failure will behave in such a way that an increased permeability
keac will make the fluid drainage balance the water generation to satisfy the physical

condition p > 0.
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Since ¢ = ¢g, ¢; ~ 0 in the fractured region, we have

_(1 - ¢0))\kfrac-

Mass conservation implies that

Integrating this equation from 0 to z, we have

(11(5
krac = / Atk
’ ITETSD)

By using the solution for ¢,,, we have

0=2=0cy dz.

kfrac =1 for z < h(t) — O,

and

a15¢m0

krac ~ 1 1 I \2y 3

D=2=0 for 2> h(t) —

This means that hydraulic failure can only occur when t > t. =~ O..

illite mont Dotted: Sol
0.8 0.8 Solid: Numeric
0.6 0.6
N N
0.4 04
0.2 0.2
illite
0 : / ol
0 02 03 04 0 5 10
Porosity Permeability

Figure 6.2 Comparison of the analytical solutions (6.21) and (6.22) with
numerical results. The permeability kga.. (6.28) (dotted) resulting from

the hydraulic failure increases rapidly at the diagenetic region where

lambda=0.01, Thetac=3, n=2, t=5

porosity changes dramatically.

the diagenetic region up to the basin top.

Hydaulic failure

The hydraulic failure can occur from

86

(6.24)

(6.25)

(6.26)

(6.27)

(6.28)

The comparison of the analytical solutions (6.21) and (6.22) with numerical results

is shown in Fig. 6.2 (left figure). The permeability kg, (6.28) is also shown in Fig.
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6.2 (right figure). The permeability kg, (6.28) (dotted) resulting from the hydraulic
failure increases rapidly at the diagenetic region where porosity changes dramatically.
It is clearly seen that the hydro-fracturing develops mainly from the diagenesis region

to the top surface.

Changing ©. and 3

From the numerical results and the above solutions, we see that the diagenetic
window is essentially controlled by the depth parameter ©,. and the shape parameter
(. Fig. 6.3 shows the effect of changing these two parameters. The numerical and the
analytical solutions are virtually the same, thus we only show the analytical solutions

in Fig. 6.3.

Theta_{c}=1.5, 2.5, 3.5 [beta=2.3] beta=2, 5, 8 [Theta_{c}=3]

illite

\ “-... Theta_{c}=1.5

0 005 01 015 0.2 0 005 01 015 02
porosity porosity

Figure 6.3 Changing ©. and (3 in the case of t = 5 for A = 0.01. The left
figure shows the effect of changing ©. = 1.5, 2.5, 3.5 which only shifts
the position of the diagenetic region and does not change the shape
of the porosity profile, while the right figure shows that the change
of B = 2,5, 8 will dramatically change the thickness of the diagenetic

region with its central position (6.) fixed.
It is clearly seen that the change of ©. does not change the shape of the diagenetic

region but does change its position, while the change of  only affects its shape.
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6.3 Diagenesis with fast compaction \ >> 1

In this case, the numerical results are shown in Fig. 6.4 with the values of R = 0.01,
a; = 0.1, t = 5 for a linear temperature distribution © = h — z. It is worth pointing
out that the curves of smectite (or montmorillonite) and illite in Fig. 6.4 correspond
to their normalized volume fractions in the solid, namely, solid volume fractions,
which remove the effect of the change of porosity ¢ due to compaction. The solid

volume fraction is related to the real volume fraction by

1 — ¢o 1-¢
d,, = or = 6.29
1 — ¢ 1—¢
D, = o or = ) 6.30
2 ¢’l 1 _ ¢ gbl m 1 _ ¢0 ( )
11— 1
illite mont .
Dotted: No diagen.
water . .
0.8 0.8 Solid: Numeric
N
0.6 o6
N 2 =
0.4 \
0.4 50 5
@ k overburden
0.2 0.2
hydrostatic
0 0 pore
0 0.1 0.2 0.3 0.4 0 0.5 1 1.5 2
Porosity scaled pressure

Figure 6.4 Porosity profile with diagenesis (A = 100). Z is scaled
height. The solid fractions (6.29) (smectite or montmorillonite) and
(6.30) (illite) are used in the left figure. The dotted curves correspond to
the case of no diagenesis or a; = 0. We see that mechanical compaction
is the most important factor controlling the porosity evolution and
diagenesis is only of secondary importance.
We see that the top region is always nearly in equilibrium, only the middle and
lower regions are dynamic. It is clearly seen that the diagenesis reaction is essentially

taking place in a small region, the diagenetic window, which is located in the region
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where the temperature is nearly at a critical temperature. This figure presents a
more clear and full view of the compaction evolution during diagenesis. Pore water
pressure is enhanced by the water released during diagenesis. From this figure, we
understand that the mechanical compaction is the most important factor controlling
the porosity evolution, the diagenesis process is also a very important factor, but it

is in the secondary position.

Analysis

From the governing equations, we see that the ¢,, and ¢ equations are closely coupled.
Once the solutions for these two equations are obtained, then the solutions for ¢; and
¢. can be easily determined. For the convenience of analysis, we can take K (¢p) = 1. If
A >> 1, the temperature distribution can approximately be treated as the prescribed
function © = h(t) — z. From the numerical results, we understand that the diagenesis
reaction is taking place in a narrow region below which the reaction is fully completed,
and above which the reaction has not switched on. Rewriting the ¢,, and ¢ equations

(6.2) and (6.3), we have

9m _ _ pmn——edy g Pymy q— 5192 _
z Blh(t)—2—O]
_(5 _ 1>CL1 a{stm fo gbmeazh d2}7 (631)
0 00 o100
_ z [h(t)—2—O]
+a166[3[h(t)—z—®c}¢m i (5 . 1)(11 a{(l Qb) fO ¢g§6h © dZ}j (632)
with boundary conditions
0¢ B B
5, %= 0, at z =0, (6.33)
¢m = gmea gb = ¢07
) D ymiq _ oy 192 _ _ ? b GBlh()—2-0 _
h=14 M) (1= )55 11+ 1)a1/0 e dz at z=h. (6.34)

From the numerical results and the above governing equation, we understand that
there exists a transition defined by ¢* = ¢gexp[—1In A/m]. In general, we have ¢* ~

O(1), which implies that m >> 1. As the volume fractions ¢,,, ¢; change dramatically
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in a relatively narrow region, we will assume that § >> 1, and in fact § ~ m (or
B/m = A with A = O(1)). Noticing that the typical value of a; is about 0.1, we can
also assume that a; ~ O() << 1, which will make ma; = O(1).

From the asymptotic analysis in the case without diagenesis (in Chapter 4) and
the numerical results, we can easily find that there exist two critical times ¢t* (defined
as before) and t. corresponding to two typical basin thicknesses h* = IT and h. = ..
Normally, t* < t.. For a short time ¢ < t*, the porosity decreases nearly exponentially
with depth, which means that the compaction is essentially at equilibrium. As time
increases to a critical time ¢*, compaction becomes non-equilibrium although the
diagenetic reaction has not been switched on. As the process proceeds to another

critical time t., diagenesis comes into play, then we will naturally expect that the

behaviours may be different in these different cases.

Short time behaviour (¢ < t*)

For a thin layer or short time, we have h — z < Il < O, and exp[f(h — 2z — 0,)] << 1

when § >> 1. Equations (6.31) and (6.32) become approximately

OPm 9 P \m 199
= —)\%{(%) Pm (1 — ¢)[$$ — 1]}, (6.35)
and
ot /\@{(%) (1-9¢) [5@ - Uk (6.36)

This second equation is exactly the same equation as equation (4.1) we solved in
Chapter 4. As A(¢/¢o)™ >> 1 still holds, we still can get the Athy-type solution (for
the leading order) by following the same perturbation procedure as discussed earlier
in Chapter 4. For simplicity and clarity, we will only repeat some parts of the analysis

to refresh our solution procedure. The solution for equation (6.36) is

¢ = o exp[—(h —2)], (6.37)

As time increases, porosity ¢ decreases, but the dramatic decrease of (¢/pg)™
if m >> 1 will cause the perturbation expansions only to be valid if M >> 1 or

¢ < ¢* = ¢oexp[—LInA]. In addition, exp[f(h —z —0O,)] << 1if § is relatively large.
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Now if ¢ > ¢*, (¢/¢*)™ is exponentially large, and exp[G(h —z — ©.)] is exponentially
small, therefore

(E) (1-9) (55 — 1)~ —(1=¢o)(1 —h); (6.38)

using the boundary condition at z = h. We still have

¢ = goexp[—(h — 2)], (6.39)

whence ¢, ~ —h¢., and an improved approximation (4.65) to the ¢ equation (4.1)
therefore becomes

¢ 19¢

m 2 ~ ] _ _ _ _j
(E) (1—9) (55 — 1) = h(do — @) — (1 — ¢o)(1 — h). (6.40)
To obtain the solution for ¢,,, we change variable by defining
_ ¢m(1 _ (bO)
@ -_— W, (6.41)

which is the solid fraction of montmorillonite (or smectite). Combining this with
equation (6.36), (6.35) becomes

00 06 06 b ] HP

10 — = 022 _(DymiZg, 11 6.42
(1-0)5 - 05 = 0% = (2)"[z0.~ U5 (6.42)
By using equation (6.40), we have approximately
h(1 = ¢) — (1 = do)
D, — P, =0, 6.43
T a—ep (0:43)
with a boundary condition
O = hpno. (6.44)
The characteristics of equation (6.43) imply that
D=0, or &= ¢y (6.45)

In order to obtain the solution for ¢;, we add the ¢; and ¢,, equations to eliminate
the source terms, so that we have

d¢  9(¢u’)
EJF 0z

=0 with ¢=¢;+ (1—a1)pm. (6.46)

The same procedure applies to ¢ by changing the variable ® = ¢(1 — ¢g)/(1 — ¢)
leading to ® = (1 — ay)Pmo-
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Transition and solution below transition layer (t* <t < t.)

The above approximation, however, becomes invalid in the transition region when

h — z =~ II or below the transition region and specifically we define

z=h—-1II - o + é,
m m
6= gexpl(~lm + V)], (6.47)

whence it follows by a matching principle that ¥ ~ £ as & — oo. W satisfies the

equation
. 1 1
(—h¥e + E\I/t)%oexp[g(\lf —U)]
0 1
= 675[6@{1 — Pocexp| (¥ — Vo) ]} (We — 1)), (6.48)
or
: 0
Ve = Sle¥(1 = 0¥ — 1) (6.49)
where we define
boo = qﬁ*exp[;(—lnm UL, (6.50)

and V., will be defined below. As discussed before in Chapter 4, we still have

L= o (1_¢°O)26\I’°°....

h = -_— . 1
— = (6.51)
In terms of z, the equation for W, (6.48) is then
ViD= (¥ = Wo0)] = {1 — Groexpl (¥ — W0, ~ D). (652)
tPocCXP m oo/ — 82 € 00 CXP m o m z . .

Using m >> 1 and exp[(V — U, )/m] = O(1), the above equation becomes at leading
order,

P Wi + (1 — ¢oo)?e" W, = 0, (6.53)

The initial data for (6.53) is
U =U,(r) when z=0,t=r, (6.54)
where, if h = 11+ Llnm at t =t (~ t*), then

Wy(to) = 0, (6.55)
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and we choose Wy(7) in order that U, = m at z = 0. The solution is easily found to

be
1+ mz

1+ mU=2=R (¢ — tg)

U = In] ! (6.56)

This satisfies the boundary condition on z = 0, moreover, we see that (9?/922)e¥ = 0,
so that the diffusion term in (6.52) is identically zero. Therefore (6.56) should give a

uniform solution to O(1/m) for ¥ in z < h — II. By matching, we still have

¢00<h B H)
(1= ¢ )?(t — t0)

All these solutions are essentially the same as those we obtained in Chapter 4. It is

U, =In|

]+ o(1). (6.57)

worth pointing out that the solutions obtained so far are only valid for ¢ < ¢, and
there is no reaction involved. If the reaction comes into action, then the boundary
condition (6.54) is no longer valid because the base z = 0 is not reachable. The

boundary condition will be modified accordingly in the following subsection.

Intermediate region (¢t > t.,, h — 0, < z < h —1I)

If diagenesis is taken into account, the improved approximation to the solution (6.40)

of the ¢ equation should be modified to include the diagenesis term. It becomes

. ,,10¢ s . .
(5) (1-9) (g%—1)~h(¢0—¢)—(1—¢0)[1—h—a1(5—1)¢m0h]- (6.58)

Now the term exp[3(h — z — ©,)] is still small in the region z > h(t) — ©,, we still can
expect there exists a similar transition region (z ~ h(t) — II), and we will have the
same equation as (6.53) below the transition region, but now the boundary condition

is different because the base is not reachable. The boundary conditions are
V-V, as z—h-—1I, (6.59)

V-V, as z— h— 0, (6.60)

where ¢, = ¢*exp[=(—Inm + U.)] and ¢o = ¢*exp[-(—Inm + ¥y,)] are to be deter-

mined later. The characteristics of equation (6.53) are

. - 2
U =0, Z':mew

o, (6.61)
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whence
_ _ (1 — ¢00>2 N
UV=0, 2= Te (t—7)+h(T)— 0O, (6.62)
which becomes, by using the boundary condition (6.59),
1 — 2
h—TI= (d)igboo)e% (t—7)+h(T)— 0O, (6.63)

Eliminating 7, we have

(h — 1T — Z)¢oo
(1= @oo)?(e¥oe — e¥e)

This solution will determine ¢, as z — h — Il when ¢, (or ¥,) is known.

U=t — ! (6.64)

In order to determine h, we rewrite equation (6.58) in terms of £ and ¢, and match
it to equation (6.48); we thus find that
A
i L™ P
- (bc

Clearly, if there is no diagenesis R = 0 (0. — o) or diagenesis without water release

1_¢0>2 o (1 _¢c)2

v
.. 6.65
o, et (6.65)

+ al(5 - 1)¢m0(

(a; = 0), the above expression will degenerate into (6.51).

Reaction region (t > t.)

In the region z ~ h(t) — O,, the term exp[3(h — z — ©,.)] will not be small, we can

expect that there will exist another transition in this reaction region. We define

h_g M8 ¢
z=h—-—0, 3 + 3
¢ = gb*exp[%(—lnm + U)]. (6.66)

By changing variables in this way, we have exp[3(h — z — ©.)] ~ [ and we thus
balance the terms in the governing equations (6.31) and (6.32). By using the chain
rules 0, = B30;, Oy = Oy — ﬁh@g, U and ¢,, satisfy the equations

1 . . (1 — ¢go>2 0 ﬁ may c -
B\Pt —h¥; = Ta_g[eqj(ﬁ% -]+ %[5 — (6 =1)(1 = ¢5)le bm, (6.67)
1 agbm 7 8¢m _ (1 - ﬁbgo) a(¢mGW) —¢ a < —
e = S e —(5—1)@18—C[¢m/_m¢me dc], (6.68)
where
¢S, = P*exp| L (—=lnm + V¢ )], (6.69)

m
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and V¢ will be determined later.
If we use the conditions m ~ 3 >> 1 and ma; ~ 1, then the above equations can

be written approximately as

. _ 4c \2
i — 2L Ben D 1) = B - (5 - )1 - )6, (670
- O, _ 0 ¢ _
_haig = _¢m6 ‘- (5 - 1)ala—c[¢m [oo ¢m€ Cdda (671)

where we see that the approximation of  ~ m and § ~ O(%) are appropriate.

The far field matching conditions are

¢m_>¢m0(1_¢go)7 U ~W, as C—>OO, (672)
1 — oo
U — U as (— —oo, (6.73)

where the factor (1 — ¢S, )/(1 — ¢y) is due to the effect of porosity change from ¢q to

¢C,. Since a; << 1, [* ¢me dz = O(1), then the ¢, equation becomes

0

= ¢me C. 6.74
Integrating this equation and using the matching condition, we have
1 — ¢S L.
m = Om = )exp[——e °]. 6.75
) Pmo( 1— & Jexp| 3 ] ( )

Substituting this solution into the ¥ equation and integrating from —oo to (, we have

o (1= 4, B _ hma . 1— ¢, 1
[hWTGq’(E\Pc—lH—B i [6—(6—1)(1=5,)]Pmo( s )exp[—ge ‘),
(6.76)
where
c \2
B = [h¥°, — %75%)6%] (6.77)

The solution for ¥ can be written in a quadrature. Clearly, when { — +o00, we

obtain the jump condition in the diagenetic region

. hmal _ B e 1— ¢go
= T — (6= 1)(1 = 6o T=22). (679
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which determines W, in term of WS . This gives a shift in the porosity ¢ outside the

reaction region. If we define the thickness of the reaction region as the distance that

¢m change from 90% to 10% of the initial value, then the dimensionless thickness of
In(3/0.1)

the reaction is about — 5 which is clearly seen in the numerical results. In figure

6.3, we have In[105]/6 ~ 1.5, 0.8, 0.5 for =2, 5, 8.

Solution below the reaction region

To obtain the solution for V¢ as ( — —oo, we write the equation for ¥ in terms
of z. By using the solution (6.75), we see that the source term due to diagenesis is
virtually negligible in the region z = 0 to h — ©.. Then the equation for ¥ becomes
(at leading order)

P W + (1 — 92 )% W, = 0. (6.79)

Following the same procedure as before with the boundary condition ¥, = m at the

base z = 0, then we still obtain (6.56), and finally we have

¢go<h _ @c)
(1= d5)%(t —t)

which completes the solution procedure.

Ue =lIn|

] + o(1), (6.80)

Summary and Comparison

The solution of equation (6.32) with boundary conditions (6.33) and (6.34) consists
of a near equilibrium solution (6.39) in the upper region, a transition given by (6.49),
an intermediate region (6.64), a reaction region (6.78) and the solution below the
reaction region (6.80).

Solution (6.80) gives V¢, (and ¢S through (6.66)), (6.78) determines W, (and ¢.)
in terms of W<, (6.64) gives ¥, as z — h—1II, and (6.65) provides an equation which
determines the evolution of h(t).

The comparison of the solutions (dashed) with the numerical results (solid) is
shown in Fig. 6.5, Fig. 6.6 and Fig. 6.7. It is clearly seen in figure 6.6 that the

agreement gets better as 3 becomes larger.
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Comparison with solutions
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Figure 6.5 Comparison of solutions with numerical results. The values
of A =100,a; = 0.1,t = 5,8 = 2.3,0. = 3 are used. The dashed
curves are calculated from solutions (6.40) (top), (6.76)(middle) and
(6.80)(lower).

Changing beta [=5, 8]
0.5 .
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Figure 6.6 Comparison of solutions with numerical results. Parameters

as for figure 6.5, but for different values of 3 = 5, 8. The dashed curves

are calculated from solutions (6.76)(middle) and (6.80)(lower).
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illite mont
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0 0.1 0.2 rorosty 0.3 0.4 0.5
Figure 6.7 Comparison of solutions with numerical results (A = 100, ¢ =
5).  The solid fractions (6.29) (smectite or montmorillonite) and
(6.30)(illite) are used in this figure. The dashed curves are calculated

from solutions (6.45) (top) and (6.75)(lower).

6.4 Application

The data analysis given by Abercrombie, Hutcheon, Bloch & Caritat (1994) from
oceanic and sedimentary basins shows that burial history has significant influence on
the Smectite-illite (S-I) diagenetic reaction. In a slow burial environment, the S-I
reaction may begin at temperatures as low as ~ 50°C, and reaches completion by
~ 90°C; while in a rapid burial environment, the S-I reaction may not begin until
temperatures as high as ~ 120°C, and may not reach completion until ~ 150°C. From

these results, we understand that

e Diagenesis takes place at lower temperatures or shallower regions in the fast

compaction process (A >> 1) than in a slow compaction process (A << 1).

e The diagenetic process is essentially constrained to a narrow region (a diagenetic
window ) with a temperature range ~ 30°C or equivalently over a depth range

of ~ 1km.
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By using the present model and the solutions obtained so far, we can explain these
phenomena. From the definitions of the parameters, we find that the depth to the
centre of the reaction window; d., is

_ KoRT} i,

d. )
ano nk(r)d

(6.81)

This clearly means that the higher the sedimentation rate, the higher the critical
temperature of diagenesis, the deeper the diagenetic region, and vice versa. A change
of 2 orders in sedimentation rate will cause a shift of d. by 2 (equivalently ~ 60°
C) (with other parameters unchanged). In addition, the thickness of the diagenesis
region dg; is the order of %d. A typical value of § =~ 2.3 gives dg; ~ 1.36km

(with d = 1 km), or equivalently a temperature range of ~ 40°C.



Chapter 7

Diagenesis: Dissolution and

Precipitation Model

The smectite-to-illite transformation is the most important process during shale di-
agenesis. The mathematical model presented in the last chapter is a first-order dia-
genetic reaction (dehydration) model in which the geochemical compositions of pore
fluid are not taken into account. The main factor included in the model is tempera-
ture. In reality, diagenesis is far more complicated and takes place via the dissolution
of smectite in pore water and the subsequent precipitation of illite involving the inter-
actions of many mineral species. This chapter’s purpose is thus dedicated to extend
the first-order dehydration model in Chapter 6 to a more realistic reaction-transport

mathematical model with a more detailed analysis in some practical cases.

7.1 Introduction

Diagenesis is observed world-wide in sedimentary basins. The close spatial and tem-
poral correlations between smectite disappearance and illite formation imply the ex-
istance of the smectite-illite reaction. Such a smectite-illite (S-I) reaction is one of
the fundamental mechanisms in clastic diagenesis. The reaction has received much
attention but the nature of both the illite/smectite (I/S) mixed-layer and the reaction

mechanism are still under discussion, and many experiments have been carried out

100
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to investigate the kinetic features of the S-I conversion (Eberl & Hower 1976; Bethke
& Altaner, 1986; Huang, Longo & Pevear, 1993; Abercromie, Hutcheon, Bloch &
Caritat, 1994).

Many authors write the overall S-I transformation with K-feldspar as the following

reaction
smectite + K-feldspar — illite + quartz (aq) + interlayer water. (7.1)
One detailed example of this symbolic reaction is
K AlSi30g(K-feldspar) + 2K 3Al1 9(Si4)O10(OH )3 - 4.5H50 (K-smectite)

=2K5Al1o(Alg5Si35)010(OH), (illite) + 9H,0 (interlayer water) + 45i04(aq),
(7.2)
as given by Abercromie, Hutcheon, Bloch & Caritat (1994).
Recently, Huang, Longo & Pevear (1993) systematically analysed experimental

and field data and derived the conversion rate

K(T)[KH)S? or % = K(T)[K*](1 - I)?, (7.3)

_d5
dt
where S, I are relative fractions of smectite and illite in the I/S mixed-layer (I+S = 1),
[K*] is KT concentration in the fluid, k(7T is the reaction constant depending on
temperature 7T'.

We see that the experimentally derived reaction rate (7.3) is second-order with
respect to smectite and first-order with respect to K concentration. This empirical
relation can be easily obtained via the law of mass action for the reaction (7.2).

Potassium cation concentration has an important effect on the reaction rate. K is
mainly supplied by the dissolution of K-feldspar. The characterization of K-feldspar
dissolution rate is essential for the accurate description of the overall S-I process. Ex-
perimental investigations of feldspar dissolution rates have been performed (Busen-
berg & Clemency, 1976; Helgeson, Murphy & AaGaard, 1984; Chou & Wollast, 1985;
Hellmann, 1994; Gautier, Oelkers & Schott, 1994). Although the dissolution process

of K-feldspar in natural environment is nearly at equilibrium with a temperature
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range of 0 ~ 150°C,
KAlSi30s + 2H,0 = K* + 35i05(aq) + Al(OH)y , (7.4)

most of the experiments have been carried out at far from equilibrium conditions with
a temperature range of 200 ~ 400°C.

Helgeson (1968) and his coworkers (Helgeson, Garrels & MacKenzie, 1969) devel-
oped the first model to consider water-rock interaction as a system of coupled dis-
solution and precipitation. In their model, dissolution reactions of primary minerals
(smectite, K-feldspar) are treated as irreversible processes, while partial equilibrium
with respect to the secondary phases (illite, quartz) is assumed. As pointed out by
Helgeson (1979) and Steefel & Cappellen (1990), the assumption of partial equilib-
rium is only justified where the rate of precipitation of a secondary phase is faster
then the rate of dissolution. However, the precipitation of the stable insoluble min-
erals may be slow even on geological time scales. Therefore, the partial equilibrium

may be a good approximation to natural water-rock systems.

7.2 Mechanisms of S-1 Reaction

Extensive studies on clay diagenesis with increasing depth of burial reveals that the
most systematic evolution consists of the progressive illitization of smectite minerals

(Chamley, 1989).

e Firstly, such modifications usually occur at depths exceeding 2 km. In the series
marked by normal geothermal gradients of about 30°C/km, the process develops
between 2.5 and 3.5 km, and does not progress beyond a depth of 5 or 6 km.
This suggests that highly expandable smectite-rich minerals change to slightly
expandable illite-rich ones over a relatively narrow temperature interval (the

diagenetic window);

e Secondly, contrary to what is often believed, diagenetic processes do not notice-

ably depend on the absolute age of burial series. More important than geological
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age are certainly the geothermal gradient and the residence time at a diageneti-

cally active temperature;

e Thirdly, the illitization process does significantly involve K+ which is supplied

by dissolved K-feldspar.

e In addition, extensive investigations also suggest that some cations like K*, Al™,
needed for the evolution of smectite to illite, are provided through short-distance
transportation not by long-distance transport processes. The dominance of such
very short exchanges in shaly sediments is confirmed by high-resolution trans-
mission electron microscopic observations (Ahn & Peacor, 1986). This means
that diagenetic sediments are not significantly affected by pore-water migration,

at least not since their initial compaction.

e Finally, the argillaceous deposits (in the Gulf Coast) behave essentially as a
nearly closed system, pore fluid being present in small amounts compared to the
solid materials, and acting possibly as a catalyst for short-distance ion transport
and for local clay reconstruction at the reaction interfaces (Ahn & Peacor, 1986;

Chamley, 1989), which means that the system is nearly at equilibrium.

Several mechanisms have been put forward to explain the S-I reaction process.
Two main ones are transformation and dissolution-precipitation. The former mecha-
nism suggests that the S-I reaction is a transformation process through smectite/illite
mixed-phase with (a series of) reordering processes of the intermediate mixed-layer
(Hower et al, 1976). An alternative modification is a solid-state transformation mech-
anism without mixed-layering. The latter mechanism involves the processes of smec-
tite dissolution and illite precipitation without mixed-layering. According to high-
resolution electron microscopic data, the mixed-layering mechanism appears to be
questionable (Chamley 1989), but Ahn & Peacor (1986) provide a seemingly convinc-
ing example of a smectite-to-illite transformation rather than a neoformation. The
first-order dehydration model in the previous chapter is essential a transformation
model. The fact that diagenesis, which is still imperfectly understood, largely de-

pends on lithology, fluid pressure, geothermal gradient and pore fluid compositions is
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the main motivation for us to develop a more realistic reaction-transport dissolution-

precipitation model in the present work.

7.3 Model Equations

The S-I transformation is composed of the following intermediate dissolution-precipitation

reactions which can be written symbolically as

Smectite dissolution

M (smectite) = [XE] + n[H,0], (7.5)
1llite precipitation
[KHE) + [AIO;E =] + fIXE] 2 £I%(illite) 4 [SiOF], (7.6)
K-feldspar dissolution
[K-feldspar] = [K*"] + [AlO; "] + s[SiO], (7.7)

Quartz dissolution and precipitation

[9i05] 2 [quartz], (7.8)

r_4

where n, s, f are stoichiometric coefficients and S, L. denote solid and liquid phase. [X]
is an aqueous silica combination in the form such as [—(Sis)O19(OH),]. [AlOy " —] is
only a general notation of the combination such as [AI(OH),].

Let the molar rates of the above reactions be ry, ry, 73, r4 (for forward reaction) and
r_4 (for backward reaction), respectively. Then, the reaction-transport (by diffusion

and advection) model can be written as

o)

O] v wr) = - 7o)

8(%[5(]) +V [Wo[X]] = V- [pDV([X])] =11 — fra, (7.10)
ol1]

o + V- [u’[I]] = fre, (7.11)
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QORD | v oK) -V DV(E] = rabrs (712
YOULD 9 WglAI"] - V- 6DV = ot ry (713
% + V- [W'[Si0o]] = V- [pDV([SiOo])] = sr3 —ra + 7y + 12, (7.14)
MOL s v -l 1,0]) = (7.15)

‘W + V- fulquarts]] = 14 — 14, (7.16)

W 1+ V- [w[feldspar]] = —rs, (7.17)

where [M], [I], [quartz] are molar concentrations, measured in units of mol m™3 of
rock. [SiOy),[K]... are molar concentrations in units of mol m™ of pore water. ¢ is
porosity.

The reaction rates r;,7 = 1,2, 3,4, —4 are generally complicated nonlinear functions
of concentrations, satisfying r; = 0 at equilibrium (Dewynne, Fowler & Hagan 1993).

Their precise form should be determined by experiments.

7.3.1 Surface controlled or transport controlled

The kinetics of mineral dissolution and precipitation are strongly controlled by reac-
tion rates which depend in a complicated way on the solution compositions and surface
chemistry. A complete formulation of a quantitative dissolution/precipitation rate law
is more complicated for multicomponent systems. It is usually helpful to identify one
of the processes, transport or surface attachment, as the rate-limiting step (Berner
1978, Lasaga 1981, 1984). If the transport process is much slower than the reaction
rate at the surface of the mineral, then the dissolution and precipitation are referred
to as transport-controlled, while the opposite case is termed surface-controlled.

In the case of a transport-controlled process, the surface detachment and attach-
ment are so rapid that a saturated solution adjacent to the surface is maintained.
Dissolution and precipitation are then regulated by transport via diffusion and ad-

vection into the surrounding medium. The reaction rate thus depends on the flow
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velocity and the degree of stirring (Nielsen, 1964). If transport is by pure diffu-
sion without advection, then the case is termed diffusion-controlled (Berner 1978).
In surface-controlled dissolution/precipitation, the surface process is sufficiently slow
that it can not keep pace with diffusion and advection. The concentration level adja-
cent to the surface is essentially the same as that in the bulk solution. Flow velocity
and stirring have a negligible effect on dissolution/precipitation rates. Generally
speaking, surface-controlled dissolution/precipitation reaction is slower than that by
transport-controlled process. The two limiting cases are determined by the final value
of the surface solution compositions.

Berner (1978) found that most mineral dissolution/precipitation reactions are very
close to the case of a surface-controlled process. We will see below that the rate laws
derived from most experimental data are essentially surface-controlled. Therefore,

the transport effect is included in the model equations but not in the reaction rates.

7.3.2 Nucleation and crystal growth

The precipitation process can be described in more detail as nucleation and crystal
growth. If the concentration is gradually increased, exceeding the solubility with
respect to a secondary solid phase, the new phase will not form until a certain degree
of supersaturation has been achieved. Stable nuclei can only be formed after an
activation energy barrier has been surmounted. Nucleation normally proceeds via
homogeneous or heterogeneous nucleation. In most cases, however, heterogeneous
nucleation is the predominant formation process in natural waters since it has a lower
activation energy barrier than that in the case of homogeneous nucleation. Just as a
catalyst reduces the activation energy of chemical reaction, foreign solids may catalyze
the nucleation process by reducing the energy barrier. Phase changes in natural
aqueous systems are almost always initiated by heterogeneous solid substrates, as
pointed out by Stumm (1992).
The free energy of heterogeneous nucleation AG; can be generally written as

Q

€q

AG; = RTIn— + AGut(9), (7.18)
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where K, is the equilibrium constant for the reaction, and () is the reaction quotient
for the same reaction. /K., represents the solution saturation state (Steefel &
Cappellen, 1990; Stumm 1992). 7 is the interfacial free energy. For homogeneous
nucleation, AGg,+ = YcwA. In the case of heterogeneous nucleation, this term should
be modified because the nucleus is now formed in part contact with the solution and
in part with the surface of the solid substrate (Cappellen, 1991; Stumm, 1992). More
generally, we have

AGsut = YowAcw + (Jos — Fsw)Acs, (7.19)

where the suffixes CW, CS, SW refer to cluster-water, cluster-substrate and substrate-
water, respectively. If sw >> Acw, the precipitate tends to form a structurally
continuous coating on the substrate grain. In this case, the interfacial energy may even
possibly become negative and the activation barrier vanishes. These considerations
show that the interfacial energy is of importance in determining the thermodynamics

and kinetics of the nucleation process.

7.3.3 Rate laws for dissolution and precipitation

Most dissolution/precipitation experiments are carried out under far from equilib-
rium conditions. However, such laboratory data are not directly applicable to field
observations. Unfortunately, the discrepancies between field estimates and laboratory
measurements of reaction rates are as large as up to four orders of magnitude. One
possibility of explaining this difference lies in the fact that not all of the potentially
available surface in natural systems actually participates in reactions with pore fluids.
A common implicit assumption in modelling interface-controlled kinetics is that the
rate is linearly dependent on surface area of which is poorly estimated in spite of its
vital importance for a better understanding of the reaction mechanism. Coating of
mineral surfaces by secondary mineral precipitation and associated occlusion of natu-
ral surfaces may account for the apparent lesser reactivity of natural mineral surfaces
relative to their laboratory conterparts. However, the extensive etching widely ob-
served on some silicate-mineral surfaces indicates all portions of the primary mineral

surface are accessible to pore fluids in spite of secondary precipitation, militating
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against an extensive surface-covering role for coating (Velbel, 1993). Lasaga (1981,
1984) and Aagaard & Helgeson (1983) try to bridge the gap and extend the laboratory
kinetic data into a general rate law that is applicable to natural situations.

In the case of interest to us, smectite dissolution will normally proceed with respect
to the nearly amorphous silica solubility 2 x 1073 (M) or 120 ppm at 25°C. Quartz
precipitates with respect to quartz solubility 1x10~* (M) or 6 ppm. Illite precipitation

illite

goes with respect to a solubility c,

between the upper limit of amorphous silica
solubility c‘;;”‘"’ph and the lower limit of quartz cZ*** according to the thermodynamic
and kinetic constraints and the activity calculations by Aagaard & Helgeson (1982,
1983).

According to the earlier works by Rimstidt & Barnes 1980, Lasaga 1981, 1984,
Ortoleva, Merino & Sen, 1987 and Huang, Longo & Pevear, 1993, we can generally

write the reaction rates as
Ty = szlfl(&])g<AGz)a = 17 27 37 47 _47 (720)

where k;,2 = 1,2,3,4,—4 are rate constants which are functions of temperature 7.
A, ... is the specific reactive surface area (m?/m3) of the mineral (smectite, illite,
K-feldspar and quartz), f;(a;) is a function of the activities a; of the jth primary

species in solution, which is usually assumed to be of the form
fi(aj) == Ha?“, (721)
J

where n; is the stoichiometric coefficient. g(AG;) accounts for the important variation
of the rate with the deviation from equilibrium (AG; = 0). Lasaga et al (1994) write

this function as the following form
9(AG;) = (1 — exp(AG;/RT)), (dissolution),

9(AG;) = (exp(AG,;/RT) — 1), (precipitation), (7.22)

where (¢)y = maz{0, ¢}, AG; is the Gibbs Free Energy of the reaction. AG; < 0
is for undersaturation, while AG; > 0 for supersaturation. Note that this equation

satisfies g(0) = 0. At constant temperature and surface area, it follows from this
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equation that the dissolution rate will be essentially constant at far from equilibrium
condition (AG; << 0). Normally, for a single species dissolution and precipitation,

AG; = RT In(c/c.,), then we have
9(AG;) = (1-5),; (dissolution),

g(AG;) = (S —1); (precipitation), (7.23)

where S = c¢/c., is the saturation ratio, and c., is the concentration at solubility
equilibrium. The present ability to predict reaction rates as a function of saturation
state is still limited. A further consideration is the possibility of fully nonlinear rate

laws. Rate laws with a functional dependence on AG; of the form
g(AG;) = (1 — exp(AG;/RT))"™, (7.24)

have been applied most commonly to precipitation kinetics (n; = 2).

The temperature dependence of k; follows the Arrhenius law
ki = vie  BIRT (1 =1,2,3,4, —4), (7.25)

where F; is the activation energy, v; is the frequency factor and R is the gas constant.
A; is a function of the volume fraction of the mineral. For uniformly packed spherical
particles with an averaged radius 7;, we have A; = 3¢;/7; or A; < ¢;.

For convenience in the following discussion, we can rewrite the rate laws as
ri = ki exp(—Ei/RT) #;, (7.26)

where k; 7 has the unit of s=*. 7; absorbs all the other terms (noting that A; o« ¢;)
and has the same units as molar concentration. If r; is written in terms of volume

fractions, then we have

density (7.27)

= 7
molar weight "’
where 7; is dimensionless. The term (density)/(molar weight) can be written as

Pm/Mpm,i=1,2 and pg;/Mg;,i = 3,4, —4.
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7.4 Non-dimensionalization

Let ¢, @i, @5, ¢4 be volume fractions of smectite, illite, feldspar and quartz, respec-
tively. cx, cs; and ¢k are the solubility limits of [X], [SiO3] and [K ] respectively

By using the relations between molar concentrations and volume fractions

) = L 1) = B0 fquare) = S50 (1,0] = B2 fetdspar) = 2L
_ Pxox 1 PsiPsi _ PKPK _ pada
(X] = My [Si0s] = M, (K] = My [Al] = My (7.28)
we can write the governing equations in terms of volume fractions
OPm s My,
P9 wign) = -, (7.29)
M
0% L - (gn) = V- (D) Vox] = (1 — fra) %, (7.30)
Px
8@? + V- (W) = fry ]\Z (7.31)
00k 19 (o) = V- [DO)Vor] = (-ra b ) 2 (73
PK
U4V (o) = V- ID@)Voa] = (-ra ) T (133)
PAl
agtsl +V- (ulqbsz‘) —V - [D(¢)Vosi| = (sr3 —ra+1_4+19) Z,\;[SSZ’ (7.34)
M.
% + V- (u'p) = (nr — 77/17’3)/)—:7 (7.35)
TV = (=) (7.36)
% LV (utey) = _ng\j_;’ (7.37)

where D(¢) is a known function of ¢.
If we scale u®, u! with 1, 2z with d, t with d/m,, ¢x with ¢x, ¢g with ¢gi, dx
with ¢, k&7 with k{07

RIS — O = 1,9.3,4, 4, (7.38)

where ¢x, dsi, P, ¢4 are the volume fractions corresponding to the solubility limits

of [X],[SiOs],[KT],[Al"]. As before, T is rescaled as © = (T — Ty) Ko /qod which is
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the dimensionless temperature with reference to the surface temperature 7. Then

the governing equations become (without diffusion)

Odm, _
% + V . (us¢m) = —lel'f’l, (739)
0 a _ _
99x + V- (uox) = ;[R1k1rl — fRokaTs), (7.40)
ot Ox
0p; s -
ot + V- (u’¢y) = fRakzasts, (7.41)
0 1 _ _
ﬁ + V- (ulqbK) = T[—G3R2k2f2 + CL4R3]€37:3], (742)
ot OK
8stAl l _Gs T oo .
— + V . (11 (bAl) = T[—agRQkQTQ + CL4R31€37’3], (743)
ot G a
DPsi l . 1 7~ 7~ 7~ as 7 o~
+ V- (u ¢Sz) = = [8R3]€3T3 — R4k’47"4 + R_4k’_47”_4 + 77?/2]{27"2], (744)
ot bsi ay
0 _
2V (o) = aeRikr, (7.45)
00, V- (0¥¢,) = ar[Ruksis — R_sk_4F 7.46
E*‘ - (W,) = ar[RakaTy — R_sk_4T_4], (7.46)
0 _
aqstf + V- (usqbf) = —CbglR,gkgfg, (747)
where
k(O)effd
Ri=——, i=1,2,3,4,—4, (7.48)
ms
- . . Eiqod
ki = e%® with 3 = : A4
= wi G KoRT? (7.49)
a4y = ,OmMX g = pmMi G — PmMK s = pSiMK
pXMm7 piMm’ ’ pKMm7 pKMSi7
a5_PK Al _np a _ Psil¥lq a _ Psidf (7.50)

-~ paMg’ 6= poMy T py Mg T prMs;

We see that this present model is essentially controlled by ten dimensionless
parameters R; and f;,i = 1,2,3,4,—4. a; = O(1). According to Rimstidt &
Barnes (1980), Aagaard & Helgeson (1982,1983) and Stumm (1992), ¢x ~ 12 x
10~°(amorphous), ¢g; ~ 6 x 107%(quartz). i.e. ¢x, b, dsi, du << 1. These condi-
tions suggest that the reactions for the aqueous species are very fast, and thus the

pseudo-steady state approximation is valid.
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7.5 Two-step Case and Dehydration Model

In order to investigate the main features of the dissolution-precipitation process and
verify the validity of the first-order dehydration model discussed in chapter 2 and
chapter 6, we will now simplify the whole model into a two-step case of one-step
dissolution and one-step precipitation. With these simplifications, we can analyse
in more detail the effect of transport and reaction rate and find out the controlling
mechanism of the processes. We will also see that how the dehydration model can be
derived from this two-step model.

In the two-step case without potassium/aluminium/silica activities, ky = k_4 =
ks = 0, ¢ = 1 (at equilibrium), f = 1. This corresponds to the following reaction
mechanism

Smectite dissolution

M?(smectite) > [X ] + n[H,0], (7.51)
1llite precipitation
(XT3 15 (illite). (7.52)

It is clearly seen that R;k; always appear as combinations in the model equations.

This combination can be easily rewritten as

- 1 1
Rzl{?z = exp[ﬂl(@ - @cz)] and @cz' = —ln—, (753)
’ 6 R
and (0)eff
k7 d
Ri= 0 =12 (7.54)
ms

where the new parameter ©,;, which is equivalent to R, is a dimensionless critical
temperature (with reference to the surface temperature ©g).
The above model equations can be rewritten as the following one-dimensional

model (without transport)

Ao, -
% = —lelrl, (755)
9ox _ (1= ) [Rikify — Rokaial, (7.56)
ot €
0 _ Ra(1 — ag)kas, (7.57)

ot
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0 =
a—f = ao(SlelTl, (758)
with
nM,, Ps
= d ==, .
ap 77 and ¢ o (7.59)

where we have used the approximation Mx = M;, M,, = M; +nMy, pm = pi = px =
Ps, Pw = pi, and € = ¢x << 1. We notice that the first two equations (7.55) and
(7.56) are decoupled from the other two equations (7.57) and (7.58). The total mass
conservation implies that ¢, + ¢; + ¢/d + epx = 1.

For typical parameters k{”“7 ~ 1 x 1071651 (Swoboda-Colberg & Brever, 1993),
KD 0.2 x 10716571 (Small, 1993), d ~ 1000m, 1 ~ 0.5 x 10" ms™!, R, ~
0.02, Ry ~ 0.004. Here we have used Swoboda-Colberg & Brever’s results (1993)
that dissolution/precipitation rates measured in the field appear to be a factor of ~
200—400 slower than that of the same minerals measured in the laboratory. E; ~ 60—
80k Jmol ! (dissolution) (Eberl & Hower, 1976; Lasaga 1984), Ey ~ 90—110kJ mol *
(precipitation) (Small, 1993) (Ey > Ej) correspond to fy ~ 2.3 — 2.8, 3y ~ 2.9 — 3.5
and O.; ~ 2 < 0.5~ 2.15.

7.5.1 Degeneration to the dehydration model

Now we will show that how the present two-step model can degenerate into a first-
order dehydration model and thus verify the validity of first-order model we have
discussed in chapter 2 and chapter 6.

Since € << 1, the steady-state approximation for [X] can be used. Thus we have
Rk — RokoTa ~ 0. (7.60)

If we assume k; = ky = k, (Re = Ry = R), and use the following rate functions
To =171 = Om, (7.61)

then we obtain (with transport)

Oy O(u’drm)

ot + 0z
0p;  O(u’e;)
ot * 0z

= —Rk, b, (7.62)

= R(1 — ap)k, dm, (7.63)
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d¢  O(u'o)
E* 0z

These equations are exactly the equations (equations (6.2)-(6.4) with ag = a;) we

= agSRky G- (7.64)

discussed before in the one-step dehydration diagenetic model. Therefore, the same
solution procedures will give the same results as those in Chapter 6. This first-order
approach is consistent with the previous attempts (Eberl & Hower, 1976; Bethke &
Altaner, 1986), and can represent adequately complex reactions with a rate-limiting

reaction step (Lasaga, 1981; Velde & Vasseur, 1992).

7.5.2 Effect of transport

From the above subsection, we see that the assumptions (/?;1 = ko, Ty =T, = Om) are

very specific. To be more realistic, we use the following rate functions

fl = ¢m<¢s — (bX)Jrv f2 = ((bX - (bs)Jru (765)

where ¢5 = ¢4(0) is the solubility (of [X]) which is a known function of temperature
or equivalently a function of time ¢ and depth z. ¢s(z = h(t)) = 1. ¢ usually
increases as © increases.

The first two model equations with transport are

Om O(u’dm)

o T g, = T Rikidn(ds — dx)+y (7.66)
9 A(u! 10 -0 1— ) )
th + (uafx) _ P—e&(D gZX) = 6a0 [R1k1¢m(¢s — ¢X>+ — R2k2(¢X — ¢8>+]’
(7.67)
where
J 2
Pe = msTdOTD (7.68)

is the Peclet number. Dy is the diffusion coefficient, and 73 is the tortuosity. For

1

the typical values of m, ~ 0.5 'm s71 d ~ 1000 m, Dy ~ 107 m? s7!, 73 ~ 3,

Pe ~ 15.

Reaction without transport

In this case, the equations for ¢,,, ¢x become

ém == _Rll%1¢m(¢s - ¢X)+7 (769)
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b = L RiF1 6 (60 — 0x) 1 — Roa(ox — 1)) (7.70)

Since € << 1, the above equations are similar to the model equations for enzyme
kinetics. Therefore, Michaelis-Menten’s pseudo-steady state approximation applies.
In other words, the reaction for ¢x is so fast it is more or less in equilibrium at all

times. Mathematically, we have

Rll%1¢m(¢s - ¢X)+ ~ RQEQ(CbX - ¢s)+7 (7-71)

which holds exactly only if ¢x = ¢,. Thus, we can simply look for a perturbation

Ox = b+ edy + ... (7.72)

Subsistituting into equations (7.69) and (7.70), we have
O = ~Rikredn(~0%)+. (7.73)

do = (1 = ao)[Rik1dm( 6% )+ — Roka(9):]. (7.74)
We can easily see that if qﬁg? < 0, then

€ .

8207 775
e (7.75)

b +
which implies ¢,, = 0; If gbﬁ? > 0, then

] (1) és
m=0, ¢ = =
¢ X (1 — CLQ)RQkQ

O(1). (7.76)
This argument also suggests that ¢,, ~ 0. That is to say, the reaction for ¢,, will
proceed extremely slowly.

In order to model the ongoing reaction, we obviously have two choices to make

modifications. One choice is to consider the effect of transport by advection and

diffusion. The other is to modify the rate laws.

Effect of compactional flow

Firstly, let us consider the effect of transport by purely compactional flow. From the
compaction analysis in the earlier chapters, we understand that u! ~ 0,0u'/0z ~ 0

for the case A << 1 (slow compaction). Naturally, the effect of compactional flow
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is negligible for the reaction. For the cases of A = O(1) and A >> 1, we have
ul = O(1), Oul/0z = O(1), then d(dxu')/0z = O(1). Therefore, Michaelis-Menten’s
approximation is still valid for ¢y, which means we still have ¢x =~ ¢,. In other
words we say that the effect of compactional flow is also negligible for the transport
of species [X]. Smectite moves (at the speed of u*) with the other solids in the matrix,
and its reaction rate is nearly zero.

The effect of transport is only possibly important only if d(¢xu')/0z >> 1. This
implies that the compactional flux should be extremely high. An extremely high
compactional flux is very rare in natural sedimentation environments and can only
possibly be generated under very special conditions. In fact, Bjorlykke & Egeberg
(1993) studied the transport of silica in quartz cementation and concluded that the
advective transport is not noticeably important in sedimentary basins.

Therefore, the effect of advective transport is negligible in normal sedimentary

basins.

Effect of diffusion

Since the effect of advective transport is not important, we can simply neglect the

advection terms in the model equations, and we have

P = ~Rik1¢m(ds — dx) 1, (7.77)
8¢X 1 82¢X . 1—CL0
€

ot  Pe 02?
where we have assumed that D = 1. We can easily see that if Pe >> 1, then

[leflqsm(st - ¢X)+ - R2E2<¢X - (bs)Jr]? (778)

the diffusion is naturally negligible. In the case Pe = O(1), Michaelis-Menten’s
hypothesis still applies, thus we have ¢x ~ ¢,. The effect of transport by diffusion is
still not important.

Diffusion will possibly be important when Pe = 1 d/Dy << 1. This can be true
either in a very slow sedimentation environment (small 75) or in fast diffusion process
(large D) or in short-distance exchanges (small d). To be more precise, as seen from

equation (7.78), Pe = O(€) or Pe << e.
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In the case of Pe << € (i.e. Pe/e << 1), equation (7.78) implies

DPpx
022

~ 0, (7.79)

which means ¢y is a linear function of z. In a pseudo-steady state, the slope is
determined by mass conservation. If long-distance diffusion dominates the transport
process, then smectite dissolves in the lower region and illite precipitates in the upper
region. Therefore, illite should exist even at the top region near the surface, but this
is contrary to the field observations (illite is rarely found within a depth of 1 ~ 2
km). This contradiction suggests that only very short-distance diffusion is important

in natural systems as is suggested by Ahn & Peacor (1986).

7.5.3 Dissolution controlled or precipitation controlled

We have seen in the previous discussion that the effect of transport on the reaction
is negligible. In order to modify the model to mimic the more realistic dissolution-
precipitation mechanism, we can assume that the solubility of smectite (dissolution)
is different from that of illite (precipitation) (# ~ 6/120), and we use the following

rate functions
illite

P =om(1—0x)r, To=(px—0)y, 0=—1 (0<6<1), (7.80)

amorph

then the first two equations (7.66) and (7.67) become

Om = —Rik16m{l — dx}, (7.81)
e¢ = (1 — ao)[Rakigm{l — dx}1 — Raka{odx — 0}4], (7.82)
Riky = P©O-0c)) QB _ o5(60-6c2) (7.83)
with initial conditons
Pm = Py, and ¢x = o5 (7.84)

Since € << 1, the above equations are similar to the model equations for enzyme
dynamics, then Michaelis-Menten’s pseudo-steady state approximation is valid. This

fast asymptotics implies Rik171 &~ Rokofy. That is

Rok
dm(l — dx)s = A(dx —0)4 with A= ﬁ — o(B2=P1)0+(810c,1-F20c,2) (7.85)
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Solving this equation for ¢ x, we can easily obtain

_ fm(1-0)
(ox —0)4 = o A (7.86)

Substituting these two expressions into the ¢,,, ¢; equations, we have

o-6.,) omAl —0)

o Bl
Om e ot A

(7.87)

b= (1— ao)eﬁz@—w% —(1- ao)feﬁl(e_e“l)%~ (7.88)

Adding these two equations (7.87) and (7.88), we have

G+ (1—ag)dm =0 or ¢ =(1—ap)(¢, — dm). (7.89)

Therefore, we only need to solve the first equation (7.87), but it is a nonlinear equation
whose solution can only be written down implicitly as a quadrature although its
numerical solution is easily calculated. If A is independent of ¢, then we can write
down the solution explicitly. From a geological point of view, we are more interested

in the following specific cases.

Equal reaction rates

If dissolution and precipitation have the same reaction rates with the same activation
energy (81 = (2, ©.1 = O.2), then A = 1. If the further simplifications § <<

1, ¢, << 1 are used, then we have approximately
Q'Sm = _eﬁl(®7®c’l)¢m7

0 = (1 — ag)e™© %2, (7.90)

which is the case we discussed before in the dehydration model. We see that the
dehydration model is a very special case of the dissolution-precipitation model with
equal reaction rates and very low illite solubility and small volume fraction of smectite

involved in the transformation process.
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Dissolution controlled

When dissolution is the rate limiting process, this is equivalently to two special cases:
1) ﬁl > ﬁg (E1 > EQ) with @c,l ~ 6072 ~ @c, or 2) @c,l > 6672 (Rl < 7—\)/2) with
b1 = P2 = 0.

1) ﬁl > 62 (@c,l ~ 6(:,2 ~ 6(’)

In this case, A << 1 since ©, = O(1), we then have approximately
Om(l = ox)y = A(1—0),

(6x —0)2 = (1-6). (7.91)
The equations become

Gy = —PO710(1 — 9). (7.92)

With a linear temperature approximation © = h(t) — z, the solution can be easily
obtained.

Om = O, exp|— —1 —0 P2 [h()=21=016¢] (7.93)
o Boh(t) o, ’ '

Here we have used the approximation exp(—3;0.) << 1. This solution is obtained
from an approximation from the original equation (7.55) rather than directly from
(7.92) since equation (7.92) is only valid in the top part of the region, but the solutions
we obtained here hold approximately in the entire region. The purpose of writing
down equation (7.92) is just to show that the reaction rate is nearly independent
of ¢, in its region of validity. We can see that dissolution-precipitation will not be

switched on until a higher critical temperature (0* = 5,0,/ > 0O.) is achieved.

2) O.1 > 0.0 (b1 =P2=p3)

In this case, A >> 1, we have approximately

¢m(1 - ¢X)+ = ¢m(1 - ‘9)7

(ox —0)4 = w. (7.94)

The equations become

= —€PO7Oc) (1 —0). (7.95)
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Its solution can be written explicitly if a linear approximation © = h(t) — z for

temperature is assumed.

40 . _(1_0> B(h—z—0O¢,1)
Gm = Pmexp| R e ). (7.96)

Similarly, the dissolution and precipitation are simultaneously switched on at the

higher critical temperature O, .

Precipitation controlled

When precipitation is the rate limiting process, this is equivalently to 1) 81 < B (F; <
EQ) with 6071 ~ 6672 ~ @C, or 2) 9071 < 6072 (Rl > Rg) with ﬁl ~~ /62 ~ ﬁ
In the former case, A >> 1. With a similar discussion as in the dissolution

controlled case, we have
by = —eH10-30)5 (1 _ gy, (7.97)

and its solution (for © = h(t) — z) is

G = P0exp[— 1-9 ef (h=2)=F26c], (7.98)

Bh(t)d5,
Similarly, the precipitation increases rapidly at a higher critical temperature ©* =

5285/51 > 60-
In the latter case, A << 1. We similarly have

y = —ePO702) (1 — 9, (7.99)
with
_ 40 _(1 - Q) B(h—z—O¢2)
O = PpexP| ) ¢ ]. (7.100)

As easily seen, precipitation suddenly increases after temperature is above the higher

critical temperature ©, .

Equal solubility

If smectite and illite have the same solubilities, then 6§ = 1. We can clearly see that
all the above discussed processes reach equilibrium very quickly. The transforma-

tion ceases within a very short time. From a thermodynamic and kinetic point of
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view, smectite is equivalent to illite. This is what we have discussed in the previous

subsection. Fortunately, this impractical case is not of geological interest.

Effect of transport

The above results for the dissolution-precipitation model with # < 1 do not include

the effect of transport. If we include the terms of transport, we have

OPrm, 4 O(u’ Prm)

O, X00m) _ R {1 = o) (7101
0 o(u! 1 0 ,~0 1-— _ _
B e (P = Rk {1 — ox) s~ Raa{ox ~0)4]

(7.102)
If Pe = O(1), then the Michaelis-Menten approximation is still valid. From the
second equation, we can still have equation (7.85). Thus, the transport of [X] does
not change ¢x noticeably, and the advective term of ¢, will only change, increasing
rather than decreasing, ¢,, when the solid matrix moves down but will not change

the reaction rate. The effect of transport on the reaction rate is, therefore, negligible.

7.6 Effect of K™ and Al™ Activities

Up to now, we have not investigated the interaction of [KT] from K-feldspar. For
convenience in discussing [K*] influence without Al*, the quartz dissolution and
precipitation processes are not included at the moment. Then the related governing

equations become (without transport )

O = —Rakr71, (7.103)

dx = LRikui — [Rakars), (7.104)
¢i = [Rokyasis, (7.105)

oK = i[—agmkm + ayRaksis), (7.106)

ng = —agRglggfg, (7107)
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where € = ¢x, ex = ¢x are the equilibrium solubilities. According to Lasaga (1981,
1984), Ortoleva (1992) and Steefel & Cappellen (1990), we use the following functions

for the rate laws

71 = dm(l — dx), (7.108)
To = o ¢y — 0"k, (7.109)
T3 = ¢p(k — Px), (7.110)

where n is a constant which is usually 1 or 2. k = O(1) is the K-feldspar solubility
ratio with respect to some reference solubility (e.g. amorphous silica).
The fast aqueous reaction approximation (¢ << 1, ex << 1) from equations

(7.104) and (7.106) suggests that
¢m(1 - ng) = A(QSKQS& - Qn’i)a (7111)

¢K¢SL( — 6”/@ = B(ﬁf(/i — qbK), (7112)

with - -
A= fR27k2’ B— G4R3/f3_
lel (IgRQkQ

We see that the above two algebraic equations can be solved for ¢x and ¢ in terms

(7.113)

of A and B. To understand the [K*] influence more clearly, we are more interested
in two extreme cases: B >> 1 if K-feldspar dissolves very rapidly while B << 1 if it
dissolves very slowly. In the following discussions, without loss of generality, we can
take A = O(1) if smectite dissolution and illite precipitation reactions proceed at the

nearly same rate.

7.6.1 K-feldspar dissolution controlled

In this case, B << 1. By solving ¢x, ¢ from equations (7.111) and (7.112), the

governing equations become approximately
bm = —Rik16; ABE, (7.114)

¢1 = [Roksas¢sBr, (7.115)
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¢ = —asRaksdp(1 — Boy — 0"k, n=1,2. (7.116)

We see that the dissolution rate of K-feldspar is nearly a constant (B << 1), but
smectite dissolution and illite precipitation are very slow as they are controlled by

the K-feldspar dissolution.
7.6.2 Fast K-feldspar reaction
In this case, B >> 1. From equation (7.112), we have
dK ~ K. (7.117)
From equation (7.111), we can easily obtain
Pm

— 0+ (1—0)—2"  for n=1.
(bX 9+( G)Aﬁ‘i‘(bm or n )

V(S + 2405) + 4 Ak (1 — 0) — 6,
ox = =
K

Substituting these relations into the governing equations for ¢,,, ¢;, ¢, we have (for

for n = 2. (7.118)

n=1)
: - Ak
Om = —Rik10m(1 — g)m, (7.119)
; - - A
(bi = fR2k2¢ma2(1 - 0)%_% = GQlel(bm(l — G)m, (7120)
¢r ~ 0. (7.121)

By comparing with equations (7.87) and (7.88), we see that the above equations are
identical to equations (7.87) and (7.88) if we replace A with Ax. Following similar
procedures, we will have all the results as before. Therefore, the two-step model
is a very good approximation for the case of fast K-feldspar dissolution and [K ]
concentration remains nearly at equilibrium solubility. The equations are not much

different for the case of n = 2.

7.6.3 Al" activity

From the model formulations, it is clearly seen that Al* always appears with K.

Both cations have similar roles. In other words, they are mathematically equivalent
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and satisfy similar equations though their chemical roles are different. This means
that we can always take these two cations as a single combination [K ™ — Al*]. There-
fore, the effect of Al™ is essentially the same as K and their combination [K+ — Al*].

Similar mathematical argument will give similar results as before if we replace ¢, ¢

by ¢, QBAZ-

7.7 Quartz Precipitation

7.7.1 Quartz precipitation controlled

To include the process of quartz precipitation from the excess silica released by K-

feldspar dissolution, we still use the same rate laws for 7; and 75, but we use

Ty = ¢f("195i - ¢K¢Si)> (7-122)
Ty = Qg — Os;, (7.123)

where 0g; < 1 is the ratio of quartz solubility to amorphous silica solubility. Here,
we have ignored the dissolution process of quartz (7_4 = 0) or can take 74 as the net
rate of quartz precipitation and dissolution. In addition to the model equations in
the subsection with Kt activity, we still have (without transport)

. 1 - . - as = .

ngi - _[Sng?ng — R4k’4’l"4 + —ng’g’l"g], (7124)

€S Ay

where eg; = ¢g; << 1 is the equilibrium solubility for quartz. The Michaelis-Menten

pseudo-steady steady approximation for ¢x and ¢g; implies that

sRakais + Z—im/@fz ~ Rakia, (7.125)
ayRaksTs = asRokaTy. (7.126)
Eliminating 75, we have
¢(Kbsi — drPsi) = C(psi — 0s;) with C = %, (7.127)
or
73 = ¢f(kbsi — PrPsi) = Coybsil — ox) (7.128)

C+ ¢roK
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It is clearly seen that if quartz precipitation is very fast (C' >> 1), then ¢g; ~ Osg;,
the rate law of K-feldspar dissolution is 75 = ¢0s;(k — ¢k ), we can then have all the
similar results as before as in the cases of slow or fast K-feldspar dissolutions. On the
other hand, if quartz precipitation is very slow (C' << 1), then K-feldspar dissolution
rate is 73 &~ Clg;(k/¢px — 1) which is clearly controlled by the rate of quartz precip-
itation. This is essentially similar to the case of slow K-feldspar dissolution. In the
top region where the temperature is relatively low, the rate of quartz precipitation
is very slow. If the temperature increases to some critical value during continuous
burial, then the rate of quartz precipitation increases dramatically, and this in turn
switches on K-feldspar dissolution to provide enough K™ for illite precipitation, and
the process of smectite dissolution and illite precipitation will proceed until the reac-
tion is completed. This reaction series is in line with the recent work by Abercromie,

Hutcheon, Bloch & Caritat (1994).

7.7.2 Production of quartz

The precipitation of extra silica as quartz will have an important effect on porosity
modifications and reservoir impairments. The calculation of the amount of quartz
production is obviously needed. For convenience, we neglect the effect of transport.
By using the full model equations and the pseudo-steady state approximations for
ox, Osi, i, we can easily obtain the relations among 75, 73, 74, then we can relate éq

with ¢m or qﬁl We have

. s+ 1 .
Pg = — a1 P, (7.129)
f
and
. s+1 .
= ey 7.130
qu fag a“1¢ ( )
where
_ aras Pm M,
=12 = . 7.131
“ Gy qum ( )
From the first equation (7.129), we have
s+1_
Gq = a1 (S, — Om). (7.132)

f
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Similarly, we can have the expression for amount of K-feldspar consumed

. 1 . _ agas pme
=l G = 8% , 7.133
Or = Flabm, = m =00 (7133)
or
1_
(b(}onsumed — _7a2<¢?n _ ¢m) (7134)

With the values of M,, = 367, M, = 60, s = 3, f = 2,pm/p, = 1,67, = 0.2 (20%),
then ¢, ~ 0.065 ( or 6.5%), ¢! ~ —0.075 (or — 7.5%) after the completion
of the S-I reaction. Such a large amount of quartz may have important effect on

reservoir quality.

7.8 Summary

From the above discussions, we see that the reaction-transport dissolution- precipita-
tion model of diagenesis can reproduce many essential features of the smectite-to-illite
process if the appropriate reaction rate laws are used based on the known physics
and chemistry from experimental studies. The detailed investigation of the two-step
model shows that smectite-to-illite reaction occurs within a narrow region, diagenetic
window, at a depth nearly ©., and the reaction processes do not noticeably depend
on the absolute age of the burial series. More important than geological age is the
temperature distribution. Long-distance mass transport is negligible in the progress
of the whole diagenetic process. In addition, we see that the first-order dehydration
model of diagenesis is a good approximation in the sense of describing the extent of
progress of the overall smectite-to-illite transformation without much concern for its
detailed geochemical features. All the results in the case of dehydration model are
already presented in Chapter 6.

The full investigations of the whole model in different possible cases reveal that
K+, Al* cations provided from the dissolution of K-feldspar are very important in
controlling the progress of the diagenetic reaction. The similarities between the
present model and Michaelis-Menten’s theory of enzyme kinetics suggest that these
cations play a role partially like a catalyst during diagenesis. In the case of fast K-

feldspar dissolution, the two-step model is a very good approximation in describing
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the whole process. In the case of slow K-feldspar dissolution, the whole process is
controlled by the rate of K-feldspar dissolution. If there is not enough K-feldspar
available, then diagenesis can not be completed and may cease in the intermediate
stage.

Quartz activity is also a very important factor in controlling the progress of the
diagenetic reactions. The case of fast quartz precipitation shows no noticeable differ-
ence from those of slow or fast K-feldspar dissolutions. But slow quartz precipitation
will hinder the diagenetic process. In the shallow region, the temperature is rela-
tive low, the rate of quartz precipitation is extremely slow. As burial continues, the
temperature increases, and the rate of quartz precipitation increases dramatically at
some critical value of temperature, and this in turn switches on K-feldspar dissolu-
tion to provide KT for illite precipitation, thus the process of smectite dissolution
and illite precipitation will proceed until the reaction is completed. The amount of
quartz product during diagenesis will possibly have an important effect on reservoir

quality.



Chapter 8

Pressure Solution Creep and

Viscous Compaction

The diagenetic modelling in the previous chapter is a transport-reaction model whose
reaction rate laws do not include the effect of intergranular stress. Obviously, a more
realistic model should reflect the complexity of the stressed rock system. Pressure
solution/dissolution has been considered as an important process in deformation and
porosity change during compaction and diagenesis in sedimentary rocks (Angevine &
Turcotte, 1983; Tada & Siever 1989). Pressure solution refers to a process by which
grains dissolve at intergranular contacts under nonhydrostatic stress and reprecipitate
in pore spaces, thus resulting in compaction. The solubility of minerals increases with
increasing effective stress at grain contacts. Pressure dissolution at grain contacts is
therefore a compactional response of the sediment during burial in an attempt to
increase the grain contact area so as to distribute the effective stress over a larger
surface. The typical forms of pressure solution are intergranular pressure solution
(IPS) which occurs at individual grain contacts (Tada & Siever 1989) and free face
pressure solution (FFPS) which occurs at the face in contact with the pore fluid
(Ortoleva 1994), but most studies have concentrated on the former one (IPS). In
spite of its geological importance, the mechanism leading to pressure solution is still

poorly understood.

128
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8.1 Mechanism of Pressure Solution

Angevine and Turcotte (1983) presented a wonderful theoretical model to study the
role of pressure solution in the porosity reduction of quartz arenites and the effects of
grain size, sedimentation rate, and the thermal gradient. Augevine & Turcotte’s work
was later extended by Birchwood and Turcotte (1994) to give a unified approach to
geopressuring, low-permeability zone formation, and secondary porosity generation
in sedimentary basins. A comprehensive review on models of pressure solution was
given by Tada & Siever (1989). Birchwood & Turcotte (1994) presented more recently
a brief review on this research subject.

Extensive studies from petrographic, field and experimental evidence suggest that

pressure solution is a very complicated process controlled by many factors (Augevine

& Turcotte, 1983; Tada & Siever 1989; Birchwood & Turcotte, 1994).

e The main factors controlling pressure solution are temperature, pressure, time,
grain size and geometry, grain mineralogy, cementation, and solution chemistry.
These factors do not seem to be simple controlling factors, and may interact
with each other. The rate generally increases with increase of temperature or

effective pressure and decrease of grain size.

e Pressure solution usually involves three successive steps: pressure-enhanced dis-
solution, diffusive transfer and reprecipitation. The rate of pressure solution is
thus controlled by the slowest of the three steps, diffusion-controlled or reaction-
controlled. Most of the existing models of pressure solution assume that diffu-
sive transport is the rate-limiting step (Weyl, 1959; Coble, 1963; Rutter, 1976;
Augevine & Turcotte, 1983).

e The driving force for pressure solution is possibly the gradient of chemical po-
tential, existing between dissolution and reprecipitation areas, which depends
mainly on the difference of normal stress, elastic, plastic and surface energies.
De Boer (1977) has shown that the effect of elastic strains on the gradient of

chemical potential is negligible.
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e Pressure solution can start at depths as shallow as 900m in sandstones (Wilson

& Sibley, 1978) but occurs more commonly at depths of 1 ~ 2 km.

e Pressure solution is an effective compaction mechanism as well as a source of
cementing material, especially in sandstones and carbonate packstones. Mass
transport and redistribution during pressure solution may possibly occur over

the order of km (Tada & Siever 1989).

e Pressure solution is probably a combination of plastic deformation and free-face
pressure solution within and at the edge of the grain contacts (Tada & Siever
1989). Mass transfer may be carried out by grain boundary diffusion (locally)
or by bulk diffusion (regionally), depending on the distance of mass transfer.
Gratier (1984) proposed various pressure solution creep laws for these cases.
Drewers & Ortoleva (1990) considered pressure solution as a diffusion-reaction

creep mechanism.

In spite of all these extensive studies, the operating mechanism of pressure solution
and the role of plastic versus elastic strain energy as a driving force are still under
discussion. According to Mullis (1992), two main mechanisms of pressure solution
are possible. One mechanism assumes that increased solubility at the grain boundary
sets up a concentration gradient resulting in mass transfer by diffusion into the pore
spaces. The diffusive transfer could occur by thin water film diffusion adsorbed to the
grain boundary (Weyl, 1959; Rutter, 1976; Augevine & Turcotte, 1983), or by bulk
diffusion or through fluid ‘island channels’ (Raj & Chyung, 1981). An alternative
mechanism is the undercutting model which supposes that the increased solubility
at the grain contacts results in preferential dissolution at the rim of grain contacts
leading to undercutting and brittle failure (Bathurst, 1958) or plastic deformation
(Pharr & Ashby, 1983; Tada, Maliva & Siever, 1987; Pytte & Reynolds, 1989).

Many experiments have been carried out to investigate the mechanism of pressure
solution, but no evidence has been found for grain undercutting though neither is
direct evidence for adsorbed thin water films convincing. It is worth pointing out that

the theory of (adsorbed thin) water film diffusion (WFD) is theoretically favoured by
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the concept of very high disjoining pressure (~ 270 MPa) of removing a monolayer
from a thin film (De Boer, 1977; Rutter, 1976; Tada, Maliva & Siever, 1987; Mullis,
1992). However, some controversy still exists about which of the two mechanisms
is more appropriate, as they produce the same creep rate in the simplest case of
diffusion-controlled creep; the only difference lies in the interpretation and values of

parameters such as the effective grain-boundary diffusion coefficient.

8.2 Mathematical Model

For the convenience of investigating the effect of pure pressure solution, we will begin
by neglecting diagenetic reactions such as the smectite-to-illite transformation and
will assume a single species only such as quartz. Extensions will then be made to
reactive multiple species during diagenesis. From the discussion in the previous sub-
section, we will also assume that the dissolution-diffusion-precipitation process only
occurs locally on a grain scale. Based on the existing models of pressure solution
(Weyl, 1959; Rutter, 1976; Angevine & Turcotte, 1983; Nielsen, 1986; Mullis, 1991)
and models of compaction (Fowler, 1990; Stevenson & Scott 1991; Audet & Fowler,
1992; Birchwood & Turcotte, 1994), the present model is written as

Conservation of mass

J(1-6)+ V-1 - ] =0 (5.1)
g—f +V-(gu)) =0, (8.2)
Darey’s law
o' =) = = (Vs + ), (8.3
Force balance
V-o° = V[(1—-a)p'] - pgj =0, (8.4)

where £ is bulk viscosity, o, is the effective stress, p, is the effective pressure, j is the
unit vector pointing vertically upwards, k is the matrix permeability, u is the liquid

viscosity and p' is the pore pressure.
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A rheological relation and a constitutive law are needed to complete this model.
If an Athy-type law is used to relate effective pressure p. with porosity ¢, we will
again return to the model we have analyzed in the earlier chapters. To emphasise the

features of pressure solution creep, a different type of constitutive law is expected.

8.2.1 Constitutive creep laws

There are generally two ways to make mathematical formulations of creep laws for
pressure solution. One way is to derive creep rate in terms of concentrations, grain
size and geometry (usually spherical or cylindrical packings), effective stress, grain
boundary diffusion. Most models fall into this category (Weyl, 1959; Paterson, 1973;
Rutter, 1976; Angevine & Turcotte, 1983; Mullis, 1991, 1992; Shimizu, 1995; Lehner,
1995; Schneider et al, 1996). This allows us to include the detailed reaction-transport
process in a simplified relation between strain rate and effective stress although fur-
ther simplifications are usually assumed such as steady-state dissolution and local
reprecipitation along the grain boundary. An alternative method of formulation is
simply to assume a viscous law, as is done, for example, in modelling magma transport
(McKenzie, 1984; Fowler, 1990). The latter treatment does not describe the details
of the pore scale dynamics. The connection between these two kinds of formulations
can be easily seen from the constitutive law used in the formulations.

In the formulations of the first kind, the Weyl-Rutter creep law is widely used
(Weyl, 1959; Rutter, 1976; Angevine & Turcotte, 1983)

¢ = AxcowDo (8.5)
psd?

where o is the effective normal stress across the grain contacts, A, is a constant, cg

is the equilibrium concentration (of quartz) in pore fluid, p, d are the density and

(averaged) grain diameter (of quartz). Dy, is the diffusivity of the solute in water

along grain boundaries with a thickness w. This relation holds for the case of steady-

state diffusion and no grain-boundary sliding.

The relation between porosity ¢ and volume strain e depends the grain geometry

and packing texture. Weyl (1959) and Augevine & Turcotte (1983) used the following
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relation
s
e=1—(—)¥3, 8.6
for regularly 3-D spherical packing, while Schutjens (1991) used
_Po— ¢
e= T 5 (8.7)

in explaining the experimental compaction of quartz. Dy, also varies with temperature
T. In fact, Augevine & Turcotte (1983) wrote Dy, (T) as

Heg

ng(T) = nge_ RT | (88)

where H,q is the effective activation energy with a value of 3 ~ 6 kJ/mole or even
much lower (Angevine & Turcotte, 1983; Nakashima, 1995; Shimizu, 1995). From
the values of the diffusion coefficient used by Paterson (1995) in quartz-water and
rocksalt-water systems at 300, 600, 1200 K, we get an estimate value of H.; ~ 0.65
kcal/mole. Rutter (1976) and Angevine & Turcotte (1983) pointed out that these
values are only estimations.

In the classical formulations, the following constitutive laws are often used (Roberts

& Tabor, 1971; Paterson, 1973; Mullis, 1991)

c= coexp(—%) and w = wgexp(—%), (8.9)

where wy, 0( are constants depending on the properties of the thin film, and v is the
molar volume (of quartz). These constitutive laws, though experimentally based, are
essentially theoretical simplifications as in the case of Athy’s law p. = p.(¢).

In addition, the diffusion coefficient D, also depends on the porosity ¢. According
to Archie (1942) and Paterson (1995), we have the following Archie’s law

Dy, = (ﬂ)"Do, (8.10)

bo
where Dy is the diffusion coefficient at the initial porosity ¢, and n is the exponent in
Archie’s law. The value of n has been determined empirically to be 1.3 for uncemented
sand-like granular media and 2 for a wide range of cemented rocks (Paterson, 1995).
Experimental studies show that Ay in the creep law (8.5) is not a constant and

depends on temperature 7' (Raj & Chyung, 1981; Augevine & Turcotte, 1983; Spiers
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& Schutjens, 1990; Dewers & Hajash, 1995). To incoorporate this, (8.5) is usually
modified as

¢=A(¢,T)o, with A($,T)= %

where R is the gas constant, and A, = oa/fn /vm,0. « is a factor depending on the

(8.11)

grain geometry and stress distribution. v, is the molar volume (of quartz) and vg,o
is the molar volume of water. The constitutive relation (8.11) is originally for the

one-dimensional case. We can extend it to a more general form by writing

RTd?
k- (8.12)

7~ AucouwDy, "
Note that p. = —o and éx, = V - u®. With this, (8.12) becomes

RTd?

% v 8.13
AacowDygy © (8.13)

DPe =
which is equivalent to the following compaction law
pe = —EV.U°. (8.14)

This was first used by Birchwood and Turcotte (1994) to study pressure solution in
sedimentary basins by presenting a unified approach to geopressuring, low perme-
ability zone formation and secondary porosity generation. The compaction law is
analogous to dislocation creep controlled viscous compaction laws used in studies of
magma transport in the Earth’s mantle (McKenzie 1984, Fowler 1990).

Another way of formulating constitutive laws for pressure solution creep is to con-
sider it as a viscous compaction mechanism. The creeping process under effective

pressure p, can be formulated as

-0 .

T = K(@.T)p.. (5.15)

where d/dt is the material derivative 0/0t+u®-V, following the solid matrix. Rewrit-

ing the equation (8.1) of mass conservation

—q - 19V, (8.16)
then (8.15) becomes
Pe = —ivus, (8.17)

K(o,T)
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which is equivalent to (8.13). Therefore, we can say that the two kinds of formulations

can be unified as a single creep law such as (8.14).

8.2.2 Derivation of creep law

The approach of deriving the law of pressure solution creep depends on the underlying
mechanism. The classical theoretical consideration used by Weyl (1959) and Rutter
(1976) assumed a grain-boundary diffusion film of constant thickness and diffusivity,
while others used the concept of a roughened, fluid-invaded non-equilibrium contact
structure (Raj, 1982; Lehner, 1990; Spier & Schutjens, 1990; Lehner, 1995). Shimizu
(1995) presented a kinetic approach extending Coble’s classical treatment of grain
boundary diffusion creep (Coble, 1963) by including the kinetics of quartz dissolu-
tion/ precipitation reaction. Shimuzu’s (1995) derivation is instructive although the
boundary conditions used in his 1-D diffusion model are questionable. This 1-D ap-
proximation is only valid for a closed system when the thickness w of the water film

is small with respect to the grain diameter (d).

grain matrix

‘ ‘ ‘ pore

Figure 8.1 Water film diffusion model of pressure solution creep in which
dissolution occurs in the contact region and reprecipitation takes place

along grain boundaries in pore space. ¢ is the effective normal stress.

Existing pressure solution creep laws can produce some typical features such as

pressure and grain-size dependence of creep rate, but have essentially remained re-
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stricted to macroscopically closed systems, with negligible long-distance transport
in the pore fluid, and they are somewhat biased toward grain-boundary diffusion-
controlled pressure solution creep. This shortcoming of the creep laws eliminates the
effect of solution transfer over large distances. The consequence is that the coupling
effects between solute transport and pressure solution deformation under possible
open system conditions encountered during sediment diagenesis or metamorphism
have received limited attention (Dewers & Ortoleva, 1990; Lehner, 1995). Augevine
& Turcotte (1983) pointed out that future quantitative modelling of sediment dia-
genesis should incorporate temporal variations in subsidence rates, spatial variations
in lithology, and heat flow (Turcotte & Schubert, 1982). Lehner (1995) investigated,
for the first time, the creep law of pressure solution in open fluid-rock systems by
recasting the classical Weyl-Rutter model of intergranular pressure solution in terms
of a (linear) phenomenological creep rate law. However, Lehner (1995) left an open
question concerning the validity of the postulated simple creep law due to the uncer-
tainty of the assumed phenomenological rate constant K9, and suggested that a new
generation of diagenetic models should describe an open system including the effect
of composition, fluid pressure, temperature as well as solid stress state.

Now let us consider the intergranular contact region as a disk with a radius r = L.
Let J(r) be the radial component of solute mass flux, é be the average strain rate,
and v is the uniform shortening velocity of the upper grain relative to the lower grain
due to the pressure solution creep. The kinetic relation between v and é is (Lehner,
1995)

v = éd. (8.18)

For simplicity, we assume that the film thickness w is constant and the diffusion is

near steady-state as Rutter (1976) and Lehner (1995) did. Mass conservation gives
211 J (1) + pemriv = 0, (8.19)
where the flux J(r) obeys Fick’s Law

(8.20)
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The steady-state solution of concentration ¢(r) for the boundary condition ¢, = 0 at

r=0,c=cypatr=0>L1is

c(r) =cy— Psv (L* —r?). (8.21)

The parabolic change of concentration c¢(r) implies that the stress o(r) should be

heterogeneously distributed in the contact region. From the relation (8.9), we have

of(r) = —ﬂln@, (8.22)

Um Co
where we have used the condition o¢(r) = 0 at r = L. Let o be the averaged effective

stress, then

L
7TL2O':/ 2o (r)rdr. (8.23)
0

Combining (8.22) and (8.23), we have

2RT L psed o
= - In[l — —=——(L* — r?)]dr. 8.24
g VmL2/0 rin| 4cngbw( r)ldr ( )

Using (8.18) and integrating by parts, we have
RT 1

_ 2

o= _Z[(l — BL2)ln(1 — BL?) — 1], (8.25)
where -
psed

B=——. 8.26

4coDgpw ( )

By defining a critical effective stress o, (and equivalently a critical creep rate é. )

when BL? =1

RT . 4co D gpyw
7 Vm ‘ psL2d ( )
(8.25) can be rewritten as
o e e
—=[1-(1-")In(1--2))]. 8.28
RIS (5.28)

A typical value of o, is about 95 MPa with values of T ~ 300 K, R ~ 8.31 J mol™!
K1, and v, ~ 2.6 x 1075 m?® mol~!.
Clearly, if |0 | < 0., we have

. AvpcoDgw 16v,,c0Dgpw
— = g = =, g
RTp,dL? RTp,d3

(8.29)
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which is exactly the creep law (8.11). Here we have used L = d/2. A different choice
of L = O(d) will only introduce an additional shape factor into the above relation.
Under upper-crustal stress conditions o < 100 MPa (Zoback et al, 1993), the above
approximation is valid as we expected. At higher stress states, we can use |o|> o,

then (8.28) becomes
— - I [1 — e_ﬁ]' (830)

Let L? = 4d*/a,, and o, = O(1) is a shape factor. The above relation (8.30) becomes

ascoDgyw Vo

v [1— e %7, (8.31)

which is consistent with Dewers and Hajash’s empirical law derived from a quartz
compaction experiment (Dewers & Hajash, 1995; Siese & Spiers, 1997). It is worth
pointing out that the creep law (8.31) degenerates into (8.29) when v,,0/RT < 1,

but it may be inaccurate when |o |~ o..

8.2.3 Equation of motion

For an open system, we expect that a source term will be introduced into the macro-
scopic equation of mass conservation. Now the porous medium consists of two phases,
the solid matrix (quartz) and the pore fluid (dissolved silica and water). Let ¢,, be
the volume fraction of the solid, cg; and ¢,, be molar concentrations of the dissolved
solid species and water in the pore fluid, respectively, r,, be the rate of mass dissolved
by pressure solution, and r, and r_ be the rates of dissolution and precipitation (of
quartz) on free surfaces of grains where the effective pressure o¢ = 0. The equations
of mass conservation now become

Conservation of mass

O N M,
W + V[quu ] - ( T'm T+ + T_) D ) (832)
2 1V (peat) = 0 (8:33)
200 (DVess —des) =yt~ (854

om + ¢ =1 (8.35)
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In the above equations, we have used volume fractions (¢,, and ¢) together with molar
concentrations (cg; and ¢,,). For convenience in the following non-dimensionlization
and analysis, we will rewrite the above equations solely in terms of volume fractions
¢s; (of the dissolved solid species) and ¢,, (of water) to replace the molar concentra-
tions (cg; and ¢,,). Clearly, ¢ = ¢g; + ¢, is the porosity and ¢,, = 1 — ¢. Thus, we
have

Conservation of mass

Lla; ? V.1 = @)u®] = (=1 —ry + r_)%, (8.36)
X005 9 (6~ gsu] = 0. (837
ag)fi — V.(DV¢g; — ulog) = (1 + 74 — 1) ]\ZIS (8.38)

where M,, and Mg, are the molar weights of the solid and the disolved solid species,
respectively. p,, and p; are the densities of the solid and the pore fluid, respectively.
D is the diffusion coefficient in the pore fluid. If the process is only pressure-enhanced
and there is no free surface reaction involved, then we have only one source term r,,.

The source term 7, is
Tm = NpsonL? = NpgedL?, (8.39)

where N is the number of grains per unit volume. Substituting (8.29), we have

A coDgyw

T = T No. (8.40)

For 3-D packed spherical grains, N = Ag/d®, we finally obtain

_ 4AgTYce Dgyw

_ 0 Al
T'm e (8.41)

where Ag = O(1) is a shape factor which is 1 for cube-shaped grain packing and 6/7
for spherical grain packing.
From the kinetic theory of the quartz-water system (Rimstidt & Barnes, 1980;

Paterson, 1995), quartz pressure solution is described approximately by the reaction

SiOq(solid) + 2H,O(aq) = H4Si04(ag). (8.42)
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The free surface dissolution rate r, and precipitation rate r_ depend on the temper-

ature, pore pressure p and the concentrations.

re =k (T, p) asio, a%bo, (8.43)
ro=k_ (Ta p) AH,Si045 (844)

where a is activity. For free surface dissolution and precipitation in dilute solutions,

we may assuime
amo ~ 1, asio, =1, amp,si0, ® Psi- (8.45)

Under the natural conditions of sedimentation, the dissolution rate constant k,
and precipitation rate constant k_ change with temperature 7. Based on Rim-
stidt and Barnes’ (1980) theory, we have k, ~ 2.0 x 107?molm®*s~" (at 300 K)
to 59 x 10~ % molm?s™! (at 600 K); k- ~ 1.5 x 10~*molm®s~* (at 300 K) to 8.0 x
10~*molm?s~! (at 600 K).

8.2.4 Compaction relation

Now the total strain rate €;;

1
2

ou;  Ouj
+
(9xj a[[’l

( ), (8.46)

in the sediments is considered to be partly elastic f; and partly viscous &7

éij = éfj + f:ﬂ') (847)

15

whose Maxwell formulations are in the following form

V' = s elastic) = (6. Thpe(viseons). (8.48)
or
d e
i = 9(6) 3 = (6. 7)oy, (8.49)

where g(¢) is a known function of ¢. We also have used equations (8.16), (8.14) and

Athy-type law p. = p.(), pL(¢) < 0.

® ., VpmcoDow T — Ty, (T-To)2eq

- 0 RT
b0 RIyped? T (850

(9, T) = (
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where Tj is the surface temperature at the top of basin. H.4 is an effective activation
energy (Augevine & Turcotte, 1983). For convenience in the following discussion, we
will prescribe the temperature distribution.

In principle, we can write a generalized Jaumann-type relation in a corotational
frame of reference for (8.49) by considering the coordinate objectivity (Fowler & Noon
1995; Khan & Huang 1995). For simplicity and clarity in the following analysis of
the effect of pressure solution creep, now we will mainly focus on the purely viscous

compaction and use the following compaction relation
pe = —EV.U°, (8.51)

which was first used by Birchwood & Turcotte (1994) to present a unified approach
to geopressuring, low permeability zone formation and secondary porosity generation

due to pressure solution in sedimentary basins.

8.3 1-D model and Non-dimensionalization

8.3.1 1-D model

For simplicity, we let a = 0 and 0 = 0§ be the averaged effective stress (z—component).

The 1-D model equations then become

a(la; ¢) o gj)“s] = (=t — T+ r_)%, (8.52)
o= x) A= osi] .

8§fi _ %(Dagji i) = (s — 1) j‘ZlS (8.54)
o =) = = (5L + ). (5.55)

gj = [ps(1 = @) + polg =0, (8.56)

%f = (6, T)o. (8.57)

where (¢, T) is a function of porosity ¢ and temperature T'.
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Now we have 6 equations for 6 unknown variables: two for porosity ¢ and ¢g;,
two for velocities u*, u!, two for effective stress ¢ and pore water pressure p. The

boundary conditions are

o = 07 P = 07 (b = ¢07 (bSZ' = (Z;Siv at z = h(t>7 (858)
wW=0, uy=0 at z=0b, (8.59)
h(t) = 1, + u’. (8.60)

8.3.2 Non-dimensionalization

We scale the effective pressure —o with (ps — p;)gd

—o = (ps — p1)gdp, (8.61)

so that p = O(1)). We will define the length scale d by equation (8.72). We also scale
pore pressure p with (ps — p;)gd, permeability k with kg, time ¢ with d/mg, z with d,
ky with k%, k_ with k%, ¢g; with ¢g; and putting

_ 4 Bod
T="1T,+ K, o, (8.62)
then the dimensionless model becomes
Conservation of mass
01—¢)  Ol(L—g)u] _ - " "
Y + P =—ATl'3p — a1 (Ry7y — R_T_), (8.63)
0(¢ — edsi) | (D — edsi)u]
= . 4
5 + 5% 0, (8.64)
Opsi 1 0 ~0¢si | 1 - . N
5 ﬁa(D 5, U bsi) = a[Anyp +a1(Ryry —R_T_)], (8.65)
Darcy’s law
p(u —u®) = —A/%(@ +7) (8.66)
0z ’ ‘
Force balance
0, .
—(—p—p)—(1+7r)+¢=0, (8.67)
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compaction relation

ou’®
= —I'9p 8.68
P vp, (8.68)
where
_ _ 2
A= Kolps =g aVmcoDowlp, = pi)gd (8.69)
Hmg RT(Jpsdgms
~ ¢ n 7 gb m —
F=(—)"(1- 51@)eﬂm@, k=(—™, D= ePm®.
®o ®o
H_ qq0d qod 4 Ay M py
m — s fd —, A = y = 9 870
b= prore T Rl a @ T Mg (8.70)
E0d E°d n.dr2
R+: -+7 R_ = -77 P€:u7 r= i 3
M My Dy Ps — P1
E.qyd E_qod
R P01 _ s _ _B-©, _ E+% _ do 8.71
T4 € ( ¢)7 r— € ¢Sz7 ﬁ—l— KORTOQ y 6— KORTOQ ) ( . )

and € = ¢g; ~ 6 x 1075 < 1 is the quartz solubility in the pore fluid. Now we can
define a length scale d by setting I' = 1

RTypd3ring
d— 0PsFMs (8.72)
avmcoDow(ps — pi)g
The related boundary conditions become
p=0, ¢=¢o, dg =, at z=h(t), (8.73)
w=u=0, at z=0, (8.74)
h(t) = 1, + u’. (8.75)

8.3.3 Values of parameters

By using the typical values of p; ~ 103 kgm ™, p, ~ 2.5x10°kgm >, ky ~ 10~¥m?, p ~
103Nsm?, d ~ 107*m, R ~ 831Jmol 'K, v, ~ 2 x 10°m’mol™,a ~
16, H.4 ~ 3kcalmol™', Ty ~ 300K, cg ~ 107* M, woDy ~ 1 x 107 m3s™! (Rut-
ter, 1976; Gratz, 1991; Birchwood & Turcotte, 1994; H. Ockendon & J. R. Ock-
endon, 1995), Gy ~ 1 x 107"Pa, v ~ 0.2, d ~ 900mm, mm, ~ 107" ms™*, kS ~
107 % molm?s™, k% ~ 5x 10" molm?s~!, B, ~ 51.4kJmol™, E_ ~ 34.3kJmol *,
then we have

A A, I~1, Pe ~ 30, r~ 0.6, (8.76)
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B ~ 0.2, Gy ~ 0.1, m = 8, n=2, a, ~ 0.4, (8.77)
R, ~0.1, R_ =~ 0.5, By ~ 1.5, B ~1, A=~0.8, (8.78)

where we have used M,, = Mg; and |qy/Ko|= 30° C/km (thermal gradient).

8.3.4 Effect of transport

Because € < 1, the pseudo-steady state theory applies, this means that
ATAp+ a1 (Ry7y — R_7_) = O(e) = 0, (8.79)

which is an algebraic equation for ¢g; in terms of p, © and ¢, i.e. ¢g; = Psi(P, O, @).

Adding the first three equations (of mass conservation), we have

Olu® + ¢(ul — u®)] € 0 ,-0¢s 1
0z N ﬁaa) 0z + <a_1 —1)O(e), (8.80)

which implies that the effect of diffusion is only significant in a characteristic diffusion

€
=)= 81
dp = \/ 5. (8.81)

which is approximately 0.4 m. The diffusion length dp < d shows that reprecipitation

length dp

essentially occurs locally, and the effect of long-distance transport is negligible in the
natural sedimentation environment. Furthermore, ¢ < 1 implies that ¢ — epg; = .
The locality of reprecipitation of the dissolved species by pressure solution enables us

to model the process by using the reduced equations

00-9)  ol(1— o)

=0 8.82
ot 0z ’ (8:82)
99 | d(¢u')
— =0 8.83
ot + 0z ’ (8.83)
Adding these two equations and integrating, we have u® = —¢(u'—u*) in a barycentric

frame. Solving pore fluid pressure p from the force balance equation, and substituting
into Darcy’s law, then we have only three coupled governing equations left in the

model. They are

o0-9) , ol(1- o)

= . 4
ot 0z 0 (8.84)
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~a]§

u' = =M=+ (1= 9)). (8.85)
8 S
8“2 — _I5p, (8.86)

which are essentially the equations given by Birchwood & Turcotte (1994). The

related boundary conditions become

p=0, ¢=¢o, at z=h(t), (8.87)
u' =0, at z=0, (8.88)
h(t) = g — )\fc[% + (1 —9)]. (8.89)

8.4 Viscous Compaction

If we put = = 1/T, £f = 1/7, then the governing equations become
90 —9) ol — o]

=0 8.90
ot 0z ’ (8.90)
- Op
S == k|=— 4 (1 — 9¢)]. 91
w = XL + (1 - 9] (391)
~ ~0u®
D = —E . 2
where 5 is porosity-dependent and f is temperature-dependent. i.e.
~ ¢ .
§=(-)" (8.93)
Po

f=(01+p0)e 8. (8.94)

Eliminating p, the governing equations become

9¢ _ 9[(1 —¢)u’]
T op , (8.95)

=0 --0u’
f = k|2 — — (1 —9¢)|. .
u' = M6 5-) = (1-9) (8.96)
Now the boundary conditions are
a S

5; —0, 6=, at z=h(t), (8.97)
u’'=0, at z=0>, (8.98)
h(t) = 1, + u’. (8.99)

This problem is very difficult to analyse. In the rest of this chapter, we will mainly

solve it numerically and give some asymptotic analysis when it is possible to do so.
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8.5 Numerical Results and Analysis of Viscous Compaction

From the governing equations and their boundary conditions, we understand that the
physical model suggests that A, =, /%, f are all positive, ¢ > 0, p > 0 and u® < 0.

The non-negativeness of p implies

ou’®
< .
5 <0, (8.100)

which means ©* monotonically decreases as z increases. Thus, u® reaches its minimum
uy = u®(z = h) at z = h and its maximum u* = 0 at z = 0.

® in the governing

It is seen that the coupling of the temperature © with ¢, u
equations appears in the form (1 + (10 )exp(—(,,0) which complicates the analysis.
In order to separate the effect of temperature change from that of viscous compaction
with a constant temperature distribution, and to compare with the existing results,
we will mainly discuss viscous compaction without temperature change ((,, = ; = 0

or f = 1). These simplifications are in fact reasonable since 3, ~ 0.2 < 1 and

8.5.1 Slow compaction A << 1 with = = O(1)

The numerical results for the case of small A is shown in Fig. 8.2. A boundary layer
clearly occurs at the basement.

For the case of A\ << 1, we can expect that u* = O()\) << 1 since k = O(1),
this implies that ¢ = O(\) or ¢ ~ ¢y and thus k ~ 1, ¢ ~ 1 which are in line

with the numerical results. With these simplifications, the model equations become

approximately
¢r = (1 — go)uz, (8.101)
AEuS, —u® = A1 — ¢o). (8.102)
The outer solutions are ¢ = ¢g, u® = —A(1 — ¢y), and there is a boundary layer at

the base, for which the effective boundary conditions can be written as

u;, =0, ¢— ¢y, as z— 00, (8.103)
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The solution for equation (8.102) can be easily written as
u$ = A1 — ¢p)e V3= — 1],

Substituting this solution into (8.101), the solution for ¢ is approximately

¢ =¢o— (1 - ¢0>2\/§t6_ﬁ,

hal—AM1— ).

and
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(8.104)

(8.105)

(8.106)

(8.107)

We see that a boundary layer is developed at the base with a thickness of the order

of VAZ. The comparison with numerical results shows good agreement (Fig. 8.2).

0.25

Dashed: Solution
ool Solid: Numeric
No.sf
=y
k=]
[
=
R
<
[+
& o4
0.05r
0 . _ .
0.3 0.35 0.4 0.45 0.5

Porésity

Figure 8.2 Comparison of solutions (as dashed curves) in the boundary

layer with numerical results (as solid curves) in the case of slow creep

(A< 1) for t =2,3,5. Z is the scaled height z/h(t).
8.5.2 Fast compaction A >> 1 with == O(1)

Numerical Solutions

The numerical solutions for A = 100 at different times (t = 1,2, 3,5, 8) are shown in

Figures 8.3-5.
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Porosity vs scaled height [Fast Creep]
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Figure 8.3 Porosity profile versus scaled height Z = z/h(t) at different
times (t =1,2,3,5,8).

Porosity vs depth [Fast Creep]

t=1

8 5
4}
-5r t=8
o 0.1 02 03 0.4 0.5
Porosity
Figure 8.4 Porosity profile versus depth z — h(t) at different times (¢ =

1,2,3,5,8)
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From Fig. 8.3 and Fig. 8.4, we can clearly see that the porosity profile is nearly

in a parabolic shape in the region near the top, and moves as time ¢ increases, which

suggests that there exists a travelling wave solution in the top region (Fig. 8.4).

On the other hand, the solutions at longer times suggest a different feature below

the transition region where the compaction becomes permeability-controlled as the

porosity decreases so that e << 1.
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Velocity vs height
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Figure 8.5 Velocity profile versus height h(t) at different times (¢t =
1,2,3,5,8).
Figure 8.5 shows the velocity profile at different times, and this profile suggests
that the velocity at the top tends to be a constant as ¢ increases. In other words, this

means that i = 1, + u® becomes nearly constant.

Poro-elastic compaction versus viscous creep

To study the behaviour of creeping compaction, it is helpful to compare numerical
solutions with the counterparts for poro-elastic compaction. Figure 8.6 shows such a
comparison with values of A = 100 and ¢t = 5.

It is clearly seen that poro-elastic compaction behaves differently from viscous
compaction in the top region in that the former decreases more rapidly than the
latter, but they behave in a similar way in the lower region. This is because the high
permeability near the top will enable poro-elastic compaction to proceed rapidly,
leading to a nearly exponentially decreasing porosity profile in the top region, but
the low effective pressure near the surface will only make viscous creep proceed slowly,
resulting in a nearly parabolic profile of porosity evolution at the top region. On the
other hand, the porosity decreases to values lower than the critical value ¢* below the
transition region, where the permeability is low enough (i.e. e < 1) to retard the

compaction or creep process, so that both processes essentially become permeability-
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controlled, resulting in a similar profile in the lower region.

Poro-elastic and viscous compaction

0.9r- -7
Dashed: Poro—elastic -~
0.8f  Solid: Viscous creep P
R
0.7 7

Scaled height: Z
o o
] o

o
>
T

0.3F

0.2r /

0.1 !

0

0 0.1 0.2 0.3 0.4 0.5
Porosity

Figure 8.6 Comparison of poro-elastic compaction (dashed) with vis-
cous compaction (solid) for A = 100) at ¢ = 5. Here we have choosed
the parameter values in equation (8.72) in such a way that the length
scale defined by (8.72) is equal to the length scale defined by (2.48) in
the poroelastic compaction. We then can make the comparison with
the same length scale. The choice of other combination of the parame-
ter values in (8.72) will make the two curves look very different in this

figure.

8.5.3 Analysis for A >> 1

From the governing equations (8.95) and (8.96), we see that M\ appears always as a
combination. Because k decreases dramatically as ¢ decreases, we can expect that

the value of ¢ when M\ =1, or

¢ =¢" = poe ™, (8.108)

will define a transition as in chapter 4.

Since Ak >> 1 holds in the top region, then we have

0  ~0u’

1—¢%:%(§az

). (8.109)

Substituting this into equation (8.90) and interchanging ¢ and z in differentiations,
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we have
0.0 -0u’ s 0 -0u®
&[a(ﬁ 8z)+u &(5 ER )] =0. (8.110)

Rewriting the boundary condition u] = 0 at the top by multiplying by ¢ and differ-
entiating with respect to ¢, we have

0  ~ou® . 0 ~0u’
E@ 0z )+ h&(é 0z

) =0. (8.111)

Using this relation and integrating equation (8.110), we obtain

0 0w L0 0wt (1 o)

&@azH“%@az) =

(8.112)

Let p = p, u = u*, and for simplicity choose f = 1, then we have the following

equations
P+ up, = 1g(1 — ¢o), (8.113)
p = —Zu;. (8.114)
The boundary conditions are
p=0 at z=h(t), (8.115)
and
u=0 at z=0. (8.116)

The characteristics of (8.113) are
Z=wu and p=rms(l— ¢), (8.117)

The boundary condition (8.115) can be written as

t=7, z=h(r), p=0. (8.118)
By integration, we have
p:ms(l_gbO)(t_T)v (8119)
t
z = / u(s, 7)ds + h(1), (8.120)

and

ty(7)
h = —/ u(s, 7)ds, (8.121)
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where t,(7) is the time ¢ at the basement z = 0.
Changing variables from (¢, z) to (¢/,7) (in fact, t' =t), we get

1 t
u, = —u, and 2z, = My +/ u, (s, T)ds. (8.122)

Zr

Now we rewrite equation (8.114) as

' s 1 - —Ur
ms(l=o)(, _y_ o —u , (8.123)
= s + [ u-(s, 7)ds
whose integration leads to
. 5 1 . . 5 t i ’ d
M(t _ 7_)2 — _ln[m + ITU’ (8 T) 8]7 (8124)
2= mg
or
t g (1—
/ ur(s,7)ds = mgle” 2= 1], (8.125)

Differentiating with respect to ¢, then integrating u, with respect to 7, and noticing

that f,(t —7) = —f,(t — 7), we obtain

w=h— e "E (8.126)
Using the boundary condition u = 0 at z = 0, we get an expression for h:
0 = rg[l — e__ms—(;E_d)O)(tb(T)_’T)z] + (h — 1), (8.127)
that is
b= e " (-, (8.128)
Substituting the solution (8.126) into equation (8.120), we have
a-— ¢0)( —7)2 ; .
—/ (ring[1 — e~ ™5 |+ (h(t) — )}t = h(r) — 2, (8.129)

Changing variable t =7+ / ﬁ” the above equation becomes

s (1—¢g) by ,
m \/27 Lty [h(t) — h(7)] = h(T) — 2. (8.130)
\/17—% (8.131)

Here, we see that h — z — E"jsﬂ ast—7 — o0
2(1—¢o)
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It is clearly seen that u® and p are only functions of h(t) — z, which implies that

¢ is also a function of h — z. The equation of conservation of mass then becomes

he' +[(1 = ¢)u) = 0.

(8.132)
Integrating this equation (8.132) and using the boundary conditions at z = h, we
have
ho + (1 — p)u’ = heo + (1 — ¢o)(h — ), (8.133)
or
(1= ¢)(h —u) = 1ins(1 = o), (8.134)
Substituting solution (8.126) into this equation, we have

6 =1— (1= go)e™ =07,

(8.135)
To find the solution for h(t), we rewrite equation (8.128) in terms of s, = ¢, — 7 as

. . ms(l—¢g) 2
h=1ne — 2= .

(8.136)
When z = 0, equation (8.131) becomes
| Zrmgm ms(1 — ¢o)
h(t) = f : 8.137
( ) 2(1 _ ¢0) er [ 25 Sb] ( )
Differentiating this equation with respect to s,, we have
dh s (1—
= rge R (8.138)
Combining this with equation (8.136) implies that
dSb
— =1 8.139
dt ) ( )
which means s, = ¢ by using the initial condition s, = 0 when ¢ = 0. Now we have
=T ms(1 — ¢o)
7ﬁt]-
— Qb()) 2=

(8.140)

From these solutions, we can calculate the time t* when the porosity decreases to
the typical transition value of ¢*,

. [ = = ¢
' \/ms(l — ¢o) ln(l - ¢o)7 (8.141)
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and h(t*) = H07

T, = \/%erf(\/ln(ﬂ)).

8.142
The typical value of h at the transition is
o 1—=¢
h =mg : 8.143
e (8.143)
The values of solid velocity u* and effective pressure p* at the transition are re-
spectively
ms(l - QSO)
f=h— ——= 8.144
and

25 1— ¢
P zms(l—%)\/ms(l_%) ln(l_zo). (8.145)

It is clearly seen that the above solutions are only valid in the top region with a
depth of Ily. Below this region, the approximation is invalid, and we may expect a

transition region which joins the regions where ¢ > ¢* and ¢ < ¢*.

In the outer region just above this transition layer as h — z — Ilj, we can write
the solutions approximately as

¢~ ¢+ @7 (2 — h+Tly),
. P
u~u —

?(2 —h+ H()),

p~p =1 —=9¢")(2z—h+1I),

—p/E and b =

where we have used u,

(8.146)

—(1 — ¢). ¢* is a constant which is now
determined. Using ¢(h — Iy, t) = ¢* and mass conservation, we have

¢ +d.h=0 at z=h—TI, (8.147)
and

o= (1—¢"u, —u"¢, at z=h-—1IL (8.148)
Combining these equations, we get

d:h+ (1= ¢")u. — u'¢, =0, (8.149)
or

(8.150)
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. . /
from which we can write ¢* as

g =21 (8.151)
i
Transition Layer
In the transition layer, we define v = ‘f;/ = ;SZZ’: ), and put
z:h—H0+B+%, B<<1, (8.152)
thus ¢ ~ ¢* + ¢* (B + L) ~ ¢* exp[y(B + L)]. Therefore, we define
o = ¢* exp|C + %], and C =~B, (8.153)

whence it follows by a matching principle that ¥ ~ ~vn as n — oo.

Based on u ~ u* — %*(B + 1), we anticipate that u* — p%B ~ % Therefore, we
put u = %, and we have
Wem =22 Ly —w Ly W = - 22, (8.154)
as 1 — 00.

Using the relations 0, = md,, 0, = 0, — mh@n, the governing equations become

_greori Ly, - hW,] + (1 — ¢*e“m)W, — K¢*ec+%\1&7 =0, (8.155)
m m
g _ —emCJr\P[mﬁn +(1— ¢*eo+%)], (8.156)
p=—=W,. (8.157)
By choosing C' = —% Inm to balance the terms in the above equations, we have the
leading order approximations
he¢* U, + (1 — ¢" )W, = 0, (8.158)
W= —e"p,, (8.159)
p=—=W,. (8.160)

These equations are subject to the matching conditions

U~ pep WNW*—p;n, as 1) — oo. (8.161)
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The last two equations give
W =EZW,,e". (8.162)
Integrating the first equation and using the matching conditions, we have
B+ (1— 6W = (1= ) (W* = Zon) 4 gty = (1 — 6)W*,  (3.163)

where we have used v =

p;(}f(ﬁf) ~ p*ilf‘-z’*) and u* << 1. Thus we have
Erg¢ Z¢*h

ho*
=W*— v, 164
W=Ww e (8.164)
Combining this equation with (8.162), we finally have

1— o)W+
=w,, — (v L= (8.165)
ho*
This is of the form of a nonlinear oscillator =¥, + V'(¥) = 0 with the potential

e Y.

V(¥) = (K —W)e™™ and K = % (8.166)

or

V=[U—(K-1)e", (8.167)

which reaches its maximum at W = K. The only trajectory which can match to a

solution in n < 0 is the one with ¥ — K as n — —oo. Therefore, we define

V=K = M (8.168)
ho*

and we require ¥ — W, as n — —oo.

Now rewriting equation (8.165) in terms of ¥ and 7, we have
EV,, +V'(¥) =0, (8.169)

with a matching condition ¥, ~ v as n — o0o. Integrating this equation, we have
1

1
—y? U) = —=n2 1
SV V(D) = D2 (8.170)

which is an energy equation. We also require ¥, = 0 when V' = K, that is

5 Voo (8.171)
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This relation determines W.,. Once we have ¥, we can determine W* from (8.168).

That is _
_ hetwy

W = : 8.172
s (8172)
Combining (8.144) and (8.154), we have
. 1— 2p* w*
b g (L2202 (8.173)
1—o¢* mzry m
Substituting the expressions for p*, W*, we finally have
L (fe) —
i~ R 7 ’ (8.174)
m(1—¢*)

which determines h and is valid for t > t* or b > II,. It is clearly seen that the
leading order approximation of (8.174) is constant with (8.143) when ¢ = ¢*.
Solution below the transition layer

From the transition layer, we have W;p — 0, ¥ — ¥ as n — —oo. Now going
back to z rather than n and substituting n = m[z — h — Iy — B] into the equations
(8.155)-(8.157), we have

_¢*€C+\I//m‘ljt + (1 . ¢*€C+\P/m)WZ i E¢*€C+\Ij/m\llt — O,
m

W 1 ) * C+¥/m
= T3 [p- + (1 = ¢*eCHY/m)
1
p=——EW.. (8.175)
m

In order to balance the second and the third equations, we suppose that

1. 1 1.
W=-W, p=—5p, =0 + V. (8.176)
m m m

Now the governing equations become approximately
—¢* U, + (1 — )W, =0,
W= —e¥=(1 - ¢"),

A

p=—EW.. (8.177)
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By using the boundary conditions W, D, U —0asz— h—1I — ,%m Inm, we can

easily write the solutions for these three equations as

~

p=U=0 W=—e"(1-¢"). (8.178)

The fact that the constant W does not satisfy the boundary condition W =0 at the
base z = 0 suggests that there should exist a boundary layer near the base although
its thickness is only of the order of O().

Boundary layer at z =0

In the boundary layer at z =0, ¥ =~ ¥, then we have approximately

o0 21 U
= (Q;* PR~ (1= b)), and b= 6" expl 4 U] (179)
with a boundary condition

w'=0 at z=0. (8.180)

The outer solution is u® = —(q;—“)m(l — ¢oo), which implies a far field condition
u, — 0 as z — oo. The solution is

s Poovm ) (L2)mz
u' = (—=)"(1 — doo)e —1]. (8.181)

d)*

This completes the solution procedure.

Comparisons

The comparison of the solutions in the lower and upper regions (dashed) with numer-
ical results is shown in Fig. 8.7 for the case of A = 100 and ¢ = 5. Figure 8.8 shows
the comparison for the basin thickness h(t). A reasonably good agreement verifies
the validity of the solution procedure.

We see clearly that in the case of fast compaction (A >> 1), compaction occurs
throughout the basin, and the basic equilibrium solution near the surface is a near
parabolic profile of porosity. However, as depth increases, the permeability has de-
creased sufficiently, and there is a narrower transition region which marks the sharp

variation of permeability with porosity. More generally, we might therefore expect
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that in a marine environment where stratigraphic layers cause sudden changes in

permeability, that clay layers with small permeability may be associated with the

formation of abnormally high pressures.

Scaled height: Z
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Figure 8.7 Comparison of travelling wave solution (8.135), and tran-

sition solution (8.170) (dashed) with the numerical results (solid) for

A = 100) at ¢t = 5.
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Figure 8.8 Comparison of short time solution (8.128) and large time
solution (8.174) (dashed) with the numerical results (solid) for A = 100)
at t < 5. The two dashed curves joins at t = t* (or h = Ilj), and there

is a jump [Al5F = O(™2™) which is relatively small.
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8.5.4 Summary

For a model of sedimentary basin formation which incorporates viscous compaction
due to pressure solution, we have been able to derive approximate solutions in the
distinct limits of slow compaction (A < 1) and fast compaction (A > 1). When
A < 1, compaction is limited to a basal boundary layer of thickness O(\/)T) (8.106).
This result is similar to that which occurs for elastic compaction, and is equivalent
to results obtained in viscous compaction in the asthenosphere (McKenzie 1984).
When A > 1, compaction occurs throughout the basin, and the basic equilibrium
solution (which we may call normally pressured, since the pore pressure increases
hydrostatically) which applies near the surface is a near parabolic profile of porosity

as a function of depth.

b~ o — M(h — 2)?, (8.182)

2=
this compares with the equilibrium elastic profile, which is exponentially decreasing

with depth. However, this normally pressured solution is only valid to a depth Ilj,

given by (8.142), and approximately

| 2=, 1— ¢\
HON{(1_¢0)1n<1_¢0>} . (8.183)

At this depth, the permeability has decreased sufficiently, and there is a narrower

transition region which marks the sharp variation of permeability with porosity. No-
tice also that even if the permeability exponent is not large, so that ¢* is small
(¢" = ¢oexp|—=In A]), nevertheless (8.183) implies that the critical depth is still fi-
nite. Thus the switch from normally pressured to abnormally pressured is predicted
to occur in any case in a marine environment where stratigraphic layers cause sudden
changes in permeability and the subsequent formation of abnormally high pressures.

At greater depths still, cementation begins to occur. As the grain boundaries
begin to become cemented, pressure solution will decrease, and it can be expected
that the rheology reverts to an elastic one; from the point of view of the sediments,
compaction will cease and the medium will become virtually rigid, with pore pressure
being controlled purely by Darcy flow. Incorporation of these and other processes

such as diagenesis will form the substance of future developments.
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Conclusions

Conventional studies have treated compaction and diagenesis separately, and the ex-
perimentally derived nonlinear behaviour of soils is generally studied numerically and
has never been investigated on a basin scale. One main novelty of the current re-
search work, based on previous work (chapters 1-2), is to model compaction, thermal
history (chapters 2-4), unloading (chapter 5), diagenetic (smectite-illite) reactions
(chapters 6-7) and pressure solution creep (chapter 8) simultaneously in a compact-
ing 3-D frame. Another novelty is that the nonlinear sediment behaviour including
phenomena such as hysteresis is treated for the first time on a basin scale, and the
basinwide response to the unloading from surface erosion is also investigated (chap-
ter 5). The coupled partial differential equations with a free boundary are solved
numerically, and analytical solutions are obtained for some geologically interesting
cases such as rapid and slow sedimentations, diagenesis in the temperature range of
hydrocarbon generations and basinal response to sediment erosion at the surface in
a nearly equilibrium state. The well known Athy’s law, derived from field data, can
be easily obtained from our analytical solutions.

Based on the pseudo-steady state approximations, the transport-reaction model
equations of compaction and diagenesis can be simply written in dimensionless form

o1 —¢) 91 —¢)u’]
ot + 0z

=0, (Mass conservation) (9.1)
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u’ = —)\/;:[% + (1 —¢)]. (Darcy’s law) (9.2)

A constitutive relation is needed to complete this model. In the case of poro-elastic

compaction, we use an Athy-type relation p = p(¢) (chapter 4); while in the case of

—n du®

viscous compaction due to pressure solution creep only, we choose p = —=( 4 )"

b0
(chapter 8). These two different rheological relations result in two quite different

behaviours of porosity evolution. In the simpler poro-elastic case, we have a single

non-linear diffusion equation for porosity ¢

o = Ap - 0P - 1) 99
k= (3/¢o)"™, m=38, (9.4)
with a moving boundary described by
h:1+>\l§:(1—¢)[%%—1], (9.5)
and boundary conditions
¢.—¢p=0at z=0, (9.6)
¢=¢oat z=h, (9.7)

The analysis in Chapter 4, which was further elaborated by Fowler & Yang (1997),
showed that the limit A << 1 (slow compaction) can be simply analysed by means of
a boundary layer analysis at the sediment base. The more interesting mathematical
case is when A >> 1 (fast compaction). For sufficiently small times, the porosity
profile is exponential with depth, corresponding to an equilibrium (long-time) profile.
However, because of the large exponent m in the permeability law & = (¢/¢)™, we
find that even if A >> 1, the product Mk may become small at sufficiently large
depths. In this case, the porosity profile consists of an upper part near the surface
where Ak >> 1 and the equilibrium is attained, and a lower part where Mc << 1,
and the porosity is higher than equilibrium. Straightforward asymptotic methods are
difficult to implement because the limit m >> 1 implies exponential asymptotics,
but we use a hybrid method which appears to correspond accurately to numerical

computations.
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For the case of viscous compaction due to pressure solution creep, the equations

can be simplified as, by taking n = 0,

8¢ 0 B
— t g, (1=} =0,
_ i |9p
0
p=—E5. (9.8)

whose boundary conditions are that
u=0 on z=0,

p=0, ¢ =¢o, h=rms+u at z=h(t). (9.9)

The analysis in Chapter 8, which was given in more detail by Fowler & Yang (1998),
showed that for A < 1, compaction is limited to a basal boundary layer of thickness
O(\/)T) This result is similar to that which occurs for elastic compaction, and is
equivalent to results obtained in viscous compaction (McKenzie, 1984; Birchwood &
Turcotte, 1994).

When A > 1, compaction occurs throughout the basin, and the basic equilibrium
solution (which we may call normally pressured, since the pore pressure increases
hydrostatically) which applies near the surface is a near parabolic profile of porosity

(1-— ?0)2

2=m

O~ Py — (h — 2)% (9.10)

this compares with the equilibrium elastic profile, which is exponentially decreasing
with depth.
However, this normally pressured solution is only valid to a depth Ily, given by

(8.142), and approximately

[ 2=, 1—¢*\"?
e o

At this depth, the permeability has decreased sufficiently that the hydrostatic balance

no longer applies, and there is a narrower transition region in which the effective

pressure drops to near zero, and the porosity profile changes shape. This transition
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region marks a (relatively sudden) switch from a normally pressured environment to
one with high pore pressures, and is caused by the sharp variation of permeability
with porosity. Notice also that even if the permeability exponent is not large, so that
¢* is small (¢* = ¢ exp[—-LIn A]), nevertheless (9.11) implies that the critical depth
is still finite. Thus the switch from normally pressured to abnormally pressured is
predicted to occur in any case. More generally, we might therefore expect that in a
marine environment where stratigraphic layers cause sudden changes in permeability,
that clay layers with small permeability may be associated with the formation of

abnormally high pressures.

9.1 Main Conclusions

A general mathematical model of compaction and diagenesis is presented in this work.
The coupled non-linear diffusion equations have been solved numerically and several
asymptotic solutions are given for the cases of geological importance. Asymptotic

analysis and numerical simulations showed that

e The processes of diagenesis, temperature and porosity evolution for continuously
compacting sediments are characterised and controlled by three dimensionless
parameters A, A, R which relate the sedimentation rate, permeability, heat con-

ductivity, viscosity, diagenetic reaction rate and heat flux.

e The present model clearly degenerates to that of Audet & Fowler (1992) by
setting @ = 0, k. = 0 and omitting the temperature equation, or equivalently

leaving out the parameters A and R by setting them to zero.

e The parameter A\ = 1 defines a transition between slow sedimentation and fast
sedimentation. Here, the fast and slow are only meaningful relative to the time
scale for the compaction process. A >> 1 corresponds to the case of slow sed-
imentation or high permeability and A << 1 corresponds to that of fast sedi-
mentation or low permeability. The parameter A governs the mechanism of the
excess pressure development of the sedimentary basins. High sedimentation rate

may cause excess pressures even in basins with moderate permeability.
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e The effect of variation of sedimentation rates and unloading are investigated
by solving two sets of equations with a switching condition derived from critical
state soil mechanics. A very interesting phenomenon arises in the case of constant
unloading. A downward travelling interface separates the unloading region from
the loading region. If the system is reloaded, a discontinuous porosity may occur.
A literature survey suggests that this is the first attempt to investigate unloading

on a basin scale.

e The parameter A also defines a transition in a quite similar manner. A << 1
shows that the temperature solution is dominated by the fast moving bound-
ary effect of the basin due to fast sedimentation, while A >> 1 shows that the
sedimentation rate has an negligible influence on the temperature development.
In the realistic geological environment, it is usually A >> 1, which means that
the time scale of thermal conduction is much shorter than the time scale of com-
paction, thus temperature evolution is essentially independent of the compaction

process as the coupling is very weak.

e The parameter R, which may be defined in terms of a critical temperature ©.,
controls the speed of diagenesis and its characteristic effect on compaction. This
study reveals that mechanical compaction, which is controlled by the strata
permeability and sedimentation rate, is the most important geological factor in
porosity reduction and the formation of overpressure. The chemical compaction
controlled by the diagenesis is of secondary importance in the whole mechanism.
The first-order dehydration model of diagenesis is a good approximation in the
sense of only describing the extent of progress of the overall smectite-to-illite

transformation without much care of its detailed geochemical features.

e Diagenesis has been successfully modelled as a dissolution-precipitation reaction
model which can reproduce many essential features of the smectite-to-illite pro-
cess if the appropriate reaction rate laws are used based on the known physics

and chemistry from experimental studies.

e Pressure solution is an effective compaction mechanism as well as a source of
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cementing material, especially in sandstones and carbonate packstones. Pressure
solution is successfully modelled as a viscous compaction creep model. Athy’s

law is replaced by a viscous rheology, and the present model extends earlier work.

9.2 Future Work

Based on our current research work, the main further research objectives are

e Application to practical sedimentary basins. Our new models will be tested
by real field data, and modifications will be added to the models in order to
make more realistic modelling. We aim at making reasonable predictions of
overpressuring before drilling and identification of its precursors by using in situ
data; and modelling hydrocarbon generation and migration to predict reservoir
quality. We also aim at applying the present diagenetic reaction model to other
clay minerals such as quartz production, and geochemical weathering processes

in the near surface environment.

e Frtensions to formulations of new rate laws of natural water-rock systems. One
unsolved problem in the studies of water-rock interactions is that the laboratory
data are not directly applicable to field observations. The discrepancies between
field estimates and laboratory measurements of reaction rates are as large as up
to four orders of magnitude (Swoboda-Colberg & Drever, 1993; Bitzer, 1996).
Therefore, we intend to aim at extending our present models to formulate more

realistic rate laws of water-rock systems in the field.

e Development to model the nonlinear sediment creep behaviour. Biot theory in
soil mechanics prescribes a relation between porosity (volume fraction of pore
space in total volume) and effective pressure (overburden pressure minus pore
pressure). It is valid for small strains and usually in the one-dimensional case.
It is not true for large strains. We therefore intend to aim at developing a
fully nonlinear soil mechanic model to correct the drawbacks of the present Biot
theory and to reproduce much of the experimentally derived nonlinear features

of sediments.
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An eventual aim of the model development will be the production of a code which
can solve the compaction problem which includes most of the known physics and

chemistry, in a three-dimensional environment.
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