
1.  Introduction
Subduction zones host most of the Earth's great earthquakes and explosive volcanoes, and present one of the 
primary settings for chemical differentiation of the planet. Those processes are strongly influenced by the prop-
erties of the interface between the descending plate and the overriding plate and mantle wedge, often referred to 
as the subduction interface. For example, metamorphism of subducted hydrous slab-top rocks mediates global 
exchange of volatile elements between the hydrosphere and Earth's interior reservoirs (e.g., Bebout,  1995; 
Hacker, 2008; Kerrick & Connolly, 2001; Peacock, 1990; Rupke, 2004). Enrichment of primitive arc lavas in 
H2O, large-ion lithophiles, and light rare earth elements implies appreciable mass transfer from the lower plate, 
across the subduction interface, to the arc wedge (e.g., Elliott et al., 1997; Hawkesworth et al., 1991, 1993; Plank 
& Langmuir, 1993; Tera et al., 1986; Turner & Langmuir, 2022). Seismic observations show that earthquakes 
in the upper 40–60 km of subduction zones, to perhaps as deep as 150 km, are located within low-wave-speed 
material that is often interpreted as representing the interface (e.g., Abers, 2005; Kim et al., 2012, 2014; Patzig 
et  al.,  2002; Song et  al.,  2009) implying that the generation of earthquakes, slow-slip events, and tremor in 
subduction zones depend on the physical properties of the subduction interface (e.g., Behr & Bürgmann, 2021; 
Saffer & Wallace, 2015).

Direct observations of active subduction interfaces are limited to depths of a few kilometers, but fragments 
of ocean-floor rocks containing metamorphic records of high pressure and low temperature (HPLT) are 
found widely in orogenic belts, and have commonly been considered to form on subduction interfaces (e.g., 
Ernst, 1971, 1973, 1975; Miyashiro, 1972, 1973; Oxburgh & Turcotte, 1971; Peacock, 1992). Recently, however, 
disagreement has arisen as to whether those terrains are representative of present-day subduction interfaces (e.g., 
Kohn et al., 2018; Peacock, 1992, 1996; Penniston-Dorland et al., 2015; Tsujimori & Ernst, 2013), or merely 
record conditions of generation or preservation that are unrelated to modern subduction interfaces (e.g., Abers 
et  al.,  2017; Syracuse et  al.,  2010; van Keken et  al.,  2018). A related matter is that geological observations 
from HPLT terrains are increasingly being used to propose detailed tectonic scenarios for their formation. Such 
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most plausibly by (near-)cessation of subduction. During prograde metamorphism temperatures increase 
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proposals are, however, often based on tenuous lines of argument, and contested among different authors. Inves-
tigation of these issues is hampered by the lack of a clear framework in which to interpret metamorphic data and 
observations.

Prerequisites for such a framework include that it be derived from the relevant physical equations, and that any 
geological outcome it predicts should be clearly connected to the physics behind those equations. The framework 
should also contain the essential features of the physical processes taking place in subduction zones, without 
incorporating so many complexities that clarity is lost. It is sometimes argued that simple models are not appro-
priate to geological processes, with complex models often being described as “realistic.” That usage disguises 
pitfalls that are worth recalling in the present context. The greater the number of parameters a model has, the 
greater is the likelihood that it will fit the data that it was designed to fit, while nevertheless being incorrect (e.g., 
Ben-Zion, 2017; Dyson, 2004; Paola, 2011). Whereas any geological process might be complex in detail, it does 
not follow that any individual complex model lies close to reality. We therefore use models with few parame-
ters. It is inevitable that a model with a small number of parameters will fail to fit all the details of a particular 
situation—a failure that could, but should not, be disguised by the addition of parameters. If, however, a simple 
model misfits the data in a range of situations, then we may be able to diagnose which of its assumptions is/are 
incorrect, and thereby develop our understanding of the processes.

This paper establishes a thermal and mechanical framework for the interpretation of the metamorphism and 
deformation of HPLT terrains. We use this framework to analyze the available P-T data and demonstrate that they 
are consistent with pressure-temperature conditions within present-day subduction zones that are constrained by 
heat flux measurements and seismological observations. We establish the conditions required for the generation 
and preservation of HPLT terrains, considering a wide range of rheological behavior and emphasizing the role 
of earthquakes in the burial process. We consider implications of this framework for the P-T-time (P-T-t) and 
P-T-deformation paths that rocks follow on the subduction interface. Section 2 describes the structural settings of 
HPLT terrains, and establishes a coherent set of pressure and temperature data from such terrains; these obser-
vations and data provide the constraints on our analyses. Section 3 sets out the thermal framework within which 
we analyze the P-T data and Section 4 uses it to test whether the data are consistent with pressure-temperature 
conditions within present-day subduction zones. We establish the mechanical framework in Section 5 and use it 
to discuss the conditions required for the generation and preservation of HPLT terrains, considering a wide range 
of rheological behavior and emphasizing the role of earthquakes in the burial process. Section 6 investigates the 
P-T-time (P-T-t) and P-T-deformation paths that rocks follow on the subduction interface. In a companion paper 
(Smye & England, 2022) we use this framework to calculate the mineral parageneses that would be generated for 
sedimentary and mafic rock types that are likely to be found on subduction interfaces, to constrain their rheolog-
ical parameters and other physical properties, and to relate observations of HPLT terrains to processes occurring 
on present-day subduction interfaces.

2.  Structural Settings and Metamorphic Data From HPLT Terrains
We assembled a set of 281 measurements of pressure and temperature from HPLT terrains regarded as having 
been metamorphosed within subduction interfaces. Appendix A explains how we assign uncertainties to the meas-
urements; data and references are provided in Data Set 1 (https://doi.org/10.17605/OSF.IO/JASV5), available in 
the online data repository. This set of data overlaps with the compilations of Penniston-Dorland et al. (2015) and 
Agard et al. (2018) and includes data published more recently than, or that are otherwise not present in, previous 
compilations. This compilation also excludes some data present in other sets; our set is restricted to P-T estimates 
derived from subducted oceanic crust. We do not consider subducted continental crust, and we regard the data 
from locations referred to as “metamorphic soles to ophiolites” as being unrepresentative of HPLT rocks in 
general (see Figure 8b of Agard et al. [2018]).

2.1.  Structural Settings of HPLT Terrains

Most of the P-T data come from rocks that are located in one or other of two tectonic settings. Of the 281 measure-
ments, 231 are from structurally continuous slices, often referred to as thrust sheets, and 50 come from composite 
rock associations that are usually referred to as subduction mélanges.
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2.1.1.  HPLT Thrust Sheets

Thrust sheets of eclogite- and blueschist-facies rocks are dominated by clastic rocks that are interpreted as repre-
senting sediments derived either from the top of the lower plate or from the sedimentary apron to the forearc. Indi-
vidual thrust sheets have a maximum thickness of ∼4 km and are generally <1 km thick (e.g., Agard et al., 2018; 
Kimura & Ludden, 1995). These thrust sheets commonly retain primary stratigraphic relations on length scales of 
meters to kilometers (e.g., Ernst, 1993; Kurz et al., 1998; Vitale Brovarone & Agard, 2013), and P-T estimates are 
usually similar within individual thrust sheets. Furthermore, geochronological data show that different structural 
levels within the same unit experienced similar P-T-t conditions (e.g., Agard et al., 2009; Guillot et al., 2009), 
implying that these slices behave coherently during both subduction and exhumation.

The thrust sheets often consist of a calcsilicate matrix containing centimetric to hectometric blocks of mafic 
oceanic rocks (e.g., England & Holland, 1979; O’Brien & Grove, 2022; Reinecke, 1998; Searle et al., 1994; Xia 
& Platt, 2017). Internal deformation fabrics include penetrative foliations, HP-mineral lineations and isoclinal 
folding of prograde or primary stratigraphic fabrics. Mafic rocks commonly occur as boudins within metased-
imentary matrices with steep strain gradients proximal to boudin boundaries. The proportion of mafic rocks 
varies between localities but ultramafic bodies are rare, implying that the processes involved in formation and 
preservation of the thrust sheets take place within the subduction interface, and do not involve deeper portions of 
the lower plate, or upper mantle of the overriding plate and wedge.

HPLT thrust sheets are commonly bounded, above and below, by rocks of lower metamorphic grade and, in many 
cases, the upper boundary to the sheet is defined by a zone of normal-sense shear, whereas its base is defined by 
thrust-sense kinematic indicators (e.g., Maruyama et al., 1996; Platt, 1987). These associations are expected if 
such thrust sheets return to the surface under the influence of pressure gradients within a confined channel (e.g., 
England & Holland, 1979; Ernst et al., 1997; Platt, 1987, and see Section 5.5).

2.1.2.  Blocks in Mélanges

The second common type of unit that is interpreted to represent part of the subduction interface consists of 
chaotic associations of blocks of eclogites and blueschists within intensely deformed matrices, which are 
dominated either by serpentinite-group minerals (35/50 samples), by low-grade mudrocks (14/50), or by both 
(8/50) (proportions of matrix lithologies taken from literature; see Data Set 1 [https://doi.org/10.17605/OSF.
IO/JASV5]). Mafic eclogite and blueschist blocks within mélanges typically exhibit penetrative foliations 
defined by high-pressure phases and range in size from centimeters to hectometers; metasedimentary blocks 
are rare. Individual blocks typically have similar compositions to oceanic crust (e.g., Coleman et al., 1965, 
and references therein), record heterogeneous and diachronous metamorphic evolutions and yield distinct 
P-T-t paths in which the timing and conditions of HP metamorphism vary non-systematically with structural 
depth in the terrain. In our compilation, we report the P-T conditions recorded by the blocks, not those of the 
matrices. The densities of serpentinites are low compared both with the blocks they enclose, and with the 
plates and mantle surrounding the interface (∼2.5–2.8 Mg m −3, e.g., Christensen,  2004; Coleman,  1971), 
so it is reasonable to envisage that serpentinite mélanges represent the ascent of buoyant material within the 
subduction interface (England & Holland, 1979; Hermann et al., 2000) in a fashion similar to, but less coher-
ent than, the thrust sheets (Section 5.5).

The smaller group of mélanges, in which the matrices consist of (meta-)sedimentary rocks, is dominated 
by samples from the Franciscan terrain of California, which has been the object of intense (and perhaps 
disproportionate) attention. The mechanics of emplacement of the Franciscan mélange must differ from 
that of the serpentinite mélanges and metasedimentary mélanges in Iran (Rad et al., 2005), Taiwan (Keyser 
et al., 2016) and Turkey (Şengün et al., 2012), because the matrix lithologies have experienced only low-grade 
metamorphism relative to entrained HP blocks (≲1  GPa and ≲300°C, Cloos,  1983; Ukar & Cloos,  2013). 
It is therefore probable that the blocks are derived from other HPLT units that were previously brought to 
the surface and dismembered before being incorporated into the shallow levels of the Franciscan subduction 
zone (Krohe,  2017; Platt,  2015; Wakabayashi,  2012; Wakabayashi & Dilek,  2011). Accordingly, we have 
restricted our analysis to mélange terrains in which it is demonstrated that the matrix materials underwent 
subduction-related HP metamorphism.
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2.2.  Pressure-Temperature Measurements

As do Penniston-Dorland et al. (2015), we include only P-T estimates derived from maximum pressure condi-
tions. Generally, those estimates also correspond to maximum temperatures (e.g., Angiboust et  al.,  2012; 
Reinecke, 1991; Smye et al., 2011), although there are cases in which maximum temperatures occurred during 
decompression (e.g., Whitney & Davis, 2006) (see Appendix A).

The P-T estimates are derived from a range of different thermobarometric methods, including: pseudo-section 
analysis, conventional geothermobarometry, optimal thermobarometry (average P-T), single-phase solution ther-
mometry, Raman barometry/thermometry and petrogenetic grids. Where available, P-T uncertainties for indi-
vidual data points were taken from the literature cited in Data Set 1 (https://doi.org/10.17605/OSF.IO/JASV5). 
For P-T determinations by analysis of pseudo-sections and petrogenetic grids, uncertainties were determined by 
the P and T interval of the P-T stability field containing the peak pressure mineral assemblage. Where formal 
uncertainties were not provided we assumed nominal uncertainties of ±0.2 GPa in pressure and ±80°C in temper-
ature (1-σ). Justification for these assumptions is presented in Appendix A; it is sufficient to note here that P-T 
estimates made by the two most commonly employed methods (pseudo-sections and average P-T method) exhibit 
distributions that are indistinguishable from one another (Figure A2).

The P-T data are shown in Figure 1a. At P < 1.5 GPa, temperatures increase by about 350°C per GPa. With T/P 
converted to apparent temperature gradient, 70% of the observations lie in the range 11 ± 3°C/km (Figure 1c). Such 
apparent temperature gradients are commonly regarded as being typical, or indeed diagnostic, of metamorphism 
in subduction zones (e.g., Agard et al., 2018, 2009; Bebout & Penniston-Dorland, 2016; Guillot et al., 2009; Kohn 
et al., 2018; Penniston-Dorland et al., 2015). They do not, however, persist to pressures greater than ∼1.5 GPa; 
there, the temperatures are better described by a range of 560 ± 80°C that is independent of pressure (Figure 1b). 
These relations are summarized by the double line in Figure 1a. The transition between P-T gradients of ∼350°C 
per GPa shallower than ∼1.5 GPa and the smaller variations in temperature at greater pressure takes place over 

Figure 1.  The 281 measurements of pressure and temperature from high-pressure-low-temperature terrains discussed in this paper (see Appendix A and Data Set 1 
[https://doi.org/10.17605/OSF.IO/JASV5]) (a) P-T data, with 2-σ uncertainties shown by bars. Histogram (horizontal bars, right) shows distributions of pressures of 
the 281 measurements. Horizontal bars at the left show the distribution of maximum depth of thrust-faulting earthquakes, zT, for 82 profiles across subduction zones 
(England, 2018) with depths are converted to pressure using PREM (Dziewonski & Anderson, 1981). (b) Scatter of temperatures for P > 1.5 GPa. (c) Distribution of 
P-T data from shallower than 1.5 GPa, expressed as apparent temperature gradients.
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the range of the maximum depths of thrust-faulting earthquakes in present-day subduction zones (England, 2018; 
Hayes et al., 2018): see the histogram of those depths on the left of Figure 1a.

Agard et al. (2018) suggested that there are two peaks in the abundance of pressure recorded by HPLT rocks “at 
30–40 km (i.e., down-dip of the seismogenic zone [sic]) and at 80 ± 10 km, perhaps with one additional peak 
at 50–55 km” and attributed a gap in return of rocks between 40 and 80 km to lubrication of the plate interface 
by serpentinite. Our compilation gives little support for that suggestion. The histogram to the right of Figure 1a 
shows the distribution of pressure data, with the width of the bins being 0.25 GPa, comparable with the uncer-
tainties in pressure. Recorded pressures are approximately evenly distributed between about 0.75 and 2.5 GPa.

It has been suggested that systematic differences exist between P-T data from different structural settings (e.g., 
Agard et al., 2009, 2018; Guillot et al., 2009). In Figure 2a each P-T estimate is assigned to one of three structural 
classifications, based on the criteria presented in Sections 2.1.1 and 2.1.2: (a) HPLT thrust sheets, (b) HPLT 
blocks within a serpentinite or (c) metasedimentary matrix. The distribution of P-T estimates from HPLT thrust 
sheets is similar to that from exotic blocks within serpentinite and metasedimentary mélanges (Figure 2a). This 
observation disagrees with the contention of Guillot et al. (2009) and Agard et al. (2018) that exotic blocks within 
mélange preserve peak conditions that are systematically hotter than coherent slices, or thrust sheets. Maximum 
pressures are ∼2.5 GPa for blocks within mélanges and ∼3 GPa for thrust sheets. We have also assessed, from 
the original publications, whether the upper plate to the terrains is continental or oceanic. Figure 2b shows no 
discernible difference between the P-T conditions preserved from HPLT rocks from the two different types of 
subduction zone.

3.  Thermal Framework
3.1.  Configuration of the Subduction Interface

This paper is concerned with the conditions of pressure, temperature, and deviatoric stress in ocean-floor rocks 
during subduction and exhumation. The subduction interface contains two well-defined segments separated by 
a transitional region that is less well defined (Figure 3). The plate interface is the segment bounded by two rigid 
plates; the wedge-slab interface is the segment bounded by the descending lower plate and the mantle wedge. We 
avoid the term “subduction channel,” which is often employed in this context, because it is sometimes applied to 
the plate interface alone, and sometimes to the whole interface.

The plate interface accommodates all the relative motion between the plates whereas, it is commonly assumed, the 
base of the mantle wedge moves with the same velocity as the slab, and the relative motion between the two plates 
is accommodated by flow in the wedge. The width of the transition between the two regimes is uncertain. It is 

Figure 2.  Data of Figure 1 separated according to structural setting and type of subduction zone. (a) P-T data plotted with 
open, dark gray, and light gray symbols, according to structural setting: high-pressure-low-temperature (HPLT) thrust sheets, 
HPLT blocks within a serpentinite or metasedimentary matrix, respectively. Uncertainties, shown in Figure 1, are omitted 
here for clarity. (b) P-T data for ocean-continent subduction zones are shown by open symbols; data from ocean-ocean zones 
are shown by gray symbols.
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reasonable to assume that the plate interface extends at least to the maximum depth of thrust-faulting earthquakes, 
which varies from less than 30 km to more than 60 km from one subduction zone to another (England, 2018; 
Hayes et  al.,  2012,  2018; Heuret et  al.,  2011). The hypocenters, and in some cases the moment tensors, of 
low-frequency earthquakes and episodic tremor and slip (ETS) show that the plate interface extends beyond the 
maximum depth of thrust faulting earthquakes (e.g., Audet & Kim, 2016; Brown et al., 2009, 2013; Brudzinski 
et al., 2016; Ide & Yabe, 2014; Maury et al., 2016; Wech, 2021). Where the locations of ETS are well constrained, 
they are distributed over a depth range of approximately 10 km (e.g., Wech, 2021), but it is uncertain whether the 
plate boundary continues deeper than that. It has been suggested that zones of ETS are located close to the corner 
of the mantle wedge, although opinions differ as to whether they lie beneath the nose of the mantle wedge (e.g., 
Kato et al., 2010; Obara, 2011), are shallower than the nose (e.g., Audet et al., 2009; Peng & Gomberg, 2010), or 
straddle it (e.g., Wang & Tréhu, 2016).

Other lines of evidence, such as distributions of surface heat flux and attenuation of seismic waves, are less direct 
and do not constrain more tightly the depth of the transition. Wada and Wang (2009) investigated the constraints 
provided by measurements of surface heat flux, modeling the surface heat flux on 17 profiles across subduc-
tion zones. For three of these profiles, they showed that the heat flux data permit transitions in the depth range 
∼60–90 km (Wada & Wang, 2009, Figures 5–7). For the remaining 14 profiles they showed that a depth of 75 km 
is not inconsistent with the data (Wada & Wang, 2009, Figures 11 and A1–A13), although on most profiles the 
location of the transition is constrained by fewer than five data—sometimes none—and all permit a wide range 
of depth for the transition.

Zones of high seismic attenuation have been identified above the descending plate in a number of subduction 
zones (e.g., Chen & Clayton, 2009; Eberhart-Phillips et al., 2020; Kita et al., 2014; Liu et al., 2014; Nakajima 
et al., 2013; Rychert et al., 2008; Schurr et al., 2003, 2006; Stachnik et al., 2004; Ventouzi et al., 2018; Wei & 
Wiens, 2018). Many of those studies show a boundary between low and high attenuation in the wedge which, it 
is reasonable to assume, marks a change in properties of the wedge related to its thermal structure. If it is further 
assumed that this boundary marks the limit of that part of the wedge in which advection of heat dominates over 
diffusion, then the top of the slab beneath that boundary must be part of the wedge-slab interface—otherwise the 
slab would not be driving the flow necessary to advect that heat (e.g., Abers et al., 2020). Constraints from these 
data are also loose, because of the number of steps, and their uncertainties, in the chain of logic between meas-
urement of attenuation and deduction of the depth of the base of the transition from plate to wedge-slab interface.

Because of these uncertainties, and because speculative models do not lead to reliable knowledge, we do not 
carry out calculations for the region of transition between the plate and wedge-slab interfaces. In this paper, 
and its companion (Smye & England, 2022), we concentrate on the upper 150 km of the subduction interface. 

Figure 3.  Definition sketch for the subduction interface. Material of the interface is shown in light gray, and the extents of 
plate and wedge-slab interfaces are indicated by the lines and labels beneath the interface. The transition between the two 
regimes is shown as a dashed line.
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If the inferences of location of the wedge corner from ETS are correct, then the transition occupies about 10% 
of this  interval; if, as hypothesized by Wada and Wang  (2009), the depth of the wedge corner is a constant 
75 km  then that percentage may be somewhat larger on interfaces where the maximum depth of thrust faulting 
is shallower than 50 km.

3.2.  Temperature Profiles

3.2.1.  Plate Interface

We assume (following e.g., Molnar & England, 1990; Turcotte & Schubert, 1973), that the transport of heat at 
plate interfaces occurs principally by diffusion perpendicular to the interface and by advection parallel to the 
interface due to the relative motion of the two plates. We neglect any transport of heat along the interface by 
volatiles or by upward motion of interface material with respect to Earth's surface. This assumption allows us to 
use analytical expressions for temperature on the plate interface. van Keken et al. (2019) argued that analytical 
expressions are inaccurate when applied to curved plate interfaces, or when the ocean floor of the lower plate is 
young, but their arguments are erroneous (England & May, 2021, Section 2.4.1).

Dips, convergence rates, and ages of ocean lithosphere in ancient subduction zones are unknown; we therefore 
simplify the expressions of England and May (2021) by removing details that cannot be constrained. We approx-
imate the cosine of the dip of the interface to one, neglect obliquity in convergence, and treat thermal properties 
as being constant. Temperatures on the plate interface, Tf, are then given by

𝑇𝑇𝑓𝑓 ≈
𝑄𝑄𝑄𝑄𝑓𝑓

𝐾𝐾𝐾𝐾𝑄𝑄

+
𝜏𝜏 ′𝑉𝑉 𝑉𝑉𝑓𝑓

𝐾𝐾𝐾𝐾𝜏𝜏

,� (1)

𝑆𝑆𝑄𝑄 = 1 + 𝑏𝑏𝑄𝑄

√

𝑉𝑉 𝑉𝑉2
𝑓𝑓

𝜅𝜅𝜅𝜅
,� (2)

𝑆𝑆𝜏𝜏 = 1 + 𝑏𝑏𝜏𝜏

√

𝑉𝑉 𝑉𝑉2
𝑓𝑓

𝜅𝜅𝜅𝜅
.� (3)

Here, zf is the depth of the interface, u is the distance along the plate interface from the trench to point of inter-
est, V is the convergence rate between the two plates, K is thermal conductivity, and κ is thermal diffusivity. 
Dissipative heating takes place at a rate τ′V, where τ′ is the average shear stress during relative motion across 
the interface; if that motion takes place primarily in earthquakes, then τ′ may be much lower than the static shear 
stress (e.g., Rice, 2006).

The constants bQ, bτ are of order 1 (Table 1) and depend on the evolution of the temperature on the interface with 
time which, in turn, depends on the mode of heating and the shape of the interface (Molnar & England, 1990, 
Appendix B and England & May, 2021, Section 2.3). The lower plate is assumed to consist of ocean lithosphere 
of a given age as it passes beneath the point of interest (u, zf); Q is the heat flux that would have been flowing 
through the surface of that lithosphere, had it not been subducted (for which we use the expressions of Parsons 
and Sclater [1977]).

The approximation sign in Equation  1 indicates that the analytical expressions agree with numerical solu-
tions to the full equations within a few per cent, or a few tens of degrees (England & May, 2021; Molnar & 
England, 1990). The first term on the right-hand side gives the contribution to temperature on the interface 
from heat flowing out of the top of the lower plate; the second is the contribution from heating on the interface. 
Equation 1 shows that temperatures on the interface are reduced, by the divisor SQ or Sτ, from those that would 
be calculated for the same sources of heat (Q and/or τ′V), but in the absence of slip across the interface (England 
& May, 2021; Section 2.4; Molnar & England, 1990). The term in the square root of the divisor has the form of 
a Péclet number

Pe =

𝑉𝑉 𝑉𝑉2
𝑓𝑓

𝜅𝜅𝜅𝜅
� (4)
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which is the ratio of the time scale for diffusion of heat through the thickness zf of the upper plate, 𝐴𝐴

(

𝑧𝑧2
𝑓𝑓
∕𝜅𝜅

)

 , to the 
time, u/V, taken for the lower plate to travel the distance u down the interface (England & May, 2021).

Parameter Definition Units or value

bQ 𝐴𝐴 2∕

√

𝜋𝜋 (Equation 2) a

bτ 𝐴𝐴 15

√

𝜋𝜋∕16, 𝜏𝜏 ′ ∝ 𝑧𝑧𝑓𝑓 (Equation 3) a; 𝐴𝐴
√

𝜋𝜋∕2, 𝜏𝜏 ′ constant b

C Rheological parameter (Equation C5 and C6) Pa s 1/n

c Curvature of the plate interface 1.5 × 10 −3 km −1

E Activation energy for creep process kJ/mol

g Acceleration due to gravity 9.8 m s −2

h Thickness of subduction interface m

K Thermal conductivity 3 W m −1 K −1

n Power-law exponent for creep process

Q Surface heat flux appropriate to age of lower plate mW m −2

r Radial distance from the corner of the mantle wedge m

SQ, Sτ Divisors expressing influence of advection (Equations 2 and 3)

t Time s

T c Temperature °C

𝐴𝐴 𝐴𝐴𝑓𝑓 c Temperature on the plate interface at depth zf Equation 1

𝐴𝐴 𝐴𝐴𝑇𝑇  c Temperature on the plate interface at depth zT

u, uT Distance along the subduction interface, measured from the trench km

V Speed of convergence between plates mm/year

v Speed, relative to upper plate, of material within the subduction interface m

xT Horizontal distance from trench to point on surface above zT m

y Distance measured perpendicular to surface of lower plate m

z Depth below surface m

zf Depth of subduction interface m

zT Maximum depth of thrust-faulting earthquakes on subduction interface m

α Thickness of advective-diffusive boundary layer at base of mantle wedge Equation 7

β Thickness of diffusive thermal boundary layer at top of lower plate Equation 8

δ Average dip of interface between surface and zf

𝐴𝐴 𝐴𝐴𝐴  Strain rate s −1

η Viscosity Pa s

Θ Absolute temperature K

𝐴𝐴 𝐴𝐴 =
𝐾𝐾

𝜌𝜌𝜌𝜌
  Thermal diffusivity 10 −6 m 2 s −1

μ′ Effective coefficient of friction Equation 5

ρ Average density of the upper plate kg m −3

τ Shear stress Pa

τ′ Average shear stress during slip on plate interface Pa Equation 1

Φ Pressure gradient along the interface (Equation 15) Pa m −1

Note. Symbols used only in the Appendices, or only close to where they are defined, are omitted from this table.
 aEngland and May  (2021, Section 2.3).  bMolnar and England  (1990, p. 4839).  cThe Celsius scale is used; the boundary 
condition on temperatures at z = 0 (the land surface or the sea floor) is close to 0°C.

Table 1 
Notation and Values of Parameters
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We consider two conditions for the shear stress, τ′: in one it is constant along the plate interface and in the other 
it is proportional to depth

𝜏𝜏 ′ = 𝜇𝜇′𝑔𝑔𝑔𝑔𝑔𝑔𝑓𝑓� (5)

where g is the acceleration due to gravity and ρ is the average density of the plate above zf. Here μ′ is an effective 
coefficient of friction; on most plate interfaces it represents heating in earthquakes and is not directly related 
to static friction (e.g., Kanamori & Rivera, 2006; Rice, 2006). As discussed in Section 3.1, we do not calculate 
temperatures in the transition region from the base of the plate interface to the wedge-slab interface because the 
magnitude of τ′ is highly uncertain there.

The temperature gradient immediately beneath the interface is

𝜕𝜕𝜕𝜕

𝜕𝜕𝜕𝜕

|

|

|

|𝑧𝑧𝑓𝑓−

∼
𝑄𝑄

𝐾𝐾
−

𝑇𝑇𝑓𝑓

√

𝜅𝜅𝜅𝜅
,� (6)

where t = u/V is the time taken for the top of the lower plate to pass from the trench to the point of interest and y 
is distance perpendicular to the interface (England & May, 2021; Molnar & England, 1990).

3.2.2.  Wedge-Slab Interface

There is no analytical solution for temperature profiles along the wedge-slab interface, and numerical solutions 
differ considerably one from another because of differing assumptions about the nature and depth of the transition 
between plate and wedge-slab interfaces. Three specific aspects of the numerical solutions are robust, however, 
and these are central to the interpretation of P-T data from HPLT terrains.

The first aspect is an appreciable inverted temperature gradient that is developed over a distance 𝐴𝐴
√

𝜅𝜅𝜅𝜅 below 
the top of the lower plate (see Equation 6). By the time the lower plate reaches the top of the wedge-slab inter-
face, 100–300 km from the trench at convergence rates of 30–100 mm/yr (see Figure 6, below), that distance 
is ∼5–15 km. Second, temperature gradients along the wedge-slab interface are generally low (about 5°C per 
kilometer of depth), and are relatively insensitive to descent speeds and to age of the slab, provided that the age is 
more than about 25 My (e.g., England & Katz, 2010; England & Wilkins, 2004; Syracuse et al., 2010). The third 
aspect is that the temperature on the wedge-slab interface is controlled primarily by the maximum temperature in 
the wedge above it and, again, is insensitive to the parameters of subduction.

A scaling argument allows us to understand the insensitivity of temperature profiles along the wedge-slab inter-
face to the parameters of subduction. Temperatures on the wedge-slab interface are controlled by a balance 
between advection of heat toward the top of the slab by the circulation in the wedge and diffusion perpendicular 
to the interface. A diffusive-advective boundary layer forms along the base of the wedge whose thickness, for a 
Newtonian wedge, scales as

𝛼𝛼 ∼

(

𝜅𝜅𝜅𝜅2𝛿𝛿

𝑉𝑉

)
1

3

,� (7)

where r is distance from the wedge corner (England & Wilkins, 2004). The inverted thermal gradient at the top 
of the lower plate is developed over a thickness,

𝛽𝛽 ∼

√

𝜅𝜅𝜅𝜅 ∼

√

𝜅𝜅𝜅𝜅

𝑉𝑉
� (8)

(Equation 6). Writing Tw for the temperature in the interior of the wedge, at the top of the advective-diffusive 
boundary layer, and equating the thermal gradients above and below the wedge-slab interface

𝑇𝑇𝑤𝑤 − 𝑇𝑇𝑓𝑓

𝛼𝛼
∼

𝑇𝑇𝑓𝑓

𝛽𝛽
� (9)

𝑇𝑇𝑓𝑓

𝑇𝑇𝑤𝑤

∼
1

1 +
𝛼𝛼

𝛽𝛽

� (10)
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The length scales α and β both increase with depth and decrease with convergence speed V; their ratio depends 
weakly on either parameter hence the temperature on the wedge-slab interface is close to a constant fraction of 
the maximum temperature in the wedge. For the range of conditions of relevance here, α and β are of comparable 
magnitude, so that fraction is approximately one half.

Although the scaling argument of Equations 7–10 was initially developed for the case in which the mantle wedge 
is a constant-viscosity fluid (England & Wilkins, 2004), England and Katz (2010, Figure 2 and Supplementary 
Information) showed that a similar scaling explains the dependence of Tf on Tw for their calculations, which 
used the rheological parameters for diffusion creep of olivine, and set the subduction interface to have constant 
dip with transition to the wedge-slab interface occurring at a depth of 55 km. Syracuse et al. (2010) calculated 
temperatures for 56 profiles across present-day subduction zones, using the observed configurations of plate 
interface for those zones, employing a combination of diffusion and dislocation creep parameters for the mantle 
(Karato & Wu, 1993). They allowed the transition to begin at a depth of 40–50 km. In one set of experiments 
the transition ends when a temperature of 550°C is reached on the interface; in a second set the transition ends 
at a depth of 80 km. Figure 4 shows that, in each of these sets of calculations, that ratio of Tf to Tw, for the great 
majority of calculations, lies within the range 0.5–0.65, consistent with the scaling argument above.

Figure 4.  Relation between maximum temperature in the wedge and temperature at the top of the lower plate for calculations 
of Syracuse et al. (2010). (a) Ratio of temperature Ts at the top of the lower plate beneath the volcanic arc to Tw, maximum 
temperature in wedge above this point, when the top of the wedge-slab interface is constrained to be at a temperature of 
500°C (Syracuse et al., 2010, Tables 2 and 3 [T550]). (b) As for (a), except for the calculations in which the base of the 
transition was constrained to be at 80 km (Syracuse et al., 2010, Table 3 [D80]). (c and d) Distributions of Ts from the 
calculations illustrated in (a and b).
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The balance between diffusion and advection near the wedge-slab interface (Equations 7–10) explains the 
slow variation of temperature with depth, and relates temperature on the interface to maximum temperatures 
in the wedge (e.g., Figure  4). In analyzing temperatures from HPLT terrains that may have experienced 
conditions on the wedge-slab interface (Section 4.2), we shall rely on these simple and robust features of that 
interface.

4.  Are HPLT Terrains Representative of Present-Day Subduction Zones?
Early discussions of high-pressure-low-temperature metamorphism concluded that the P-T data are consistent 
with conditions in present-day subduction zones (e.g., Ernst, 1971, 1973, 1975; Miyashiro, 1972, 1973; Oxburgh 
& Turcotte,  1971; Peacock,  1992). Some recent studies have, however, argued that data from HPLT terrains 
represent special conditions of preservation that are not relevant to subduction zones in general and, specifically, 
that HPLT rocks record temperatures that are hundreds of °C higher than found by numerical modelers (e.g., 
Abers et al., 2017; van Keken et al., 2018). Others have argued that shear heating on the plate interface explains 
the observed temperatures (e.g., Kohn et al., 2018; Penniston-Dorland et al., 2015). Under the latter interpreta-
tion, these rocks contain information on processes occurring at otherwise inaccessible depths on present-day 
subduction interfaces; under the former, they do not. We now analyze this issue using the framework established 
in Section 3.

Figure 1a shows a change in the trend of P-T data at around 1.5 GPa, with data below this pressure following a 
slope of ∼11 ± 3°C/km (Figure 1c), and those above showing weak, if any, dependence on pressure and being 
in the range of 560 ± 80°C (Figure 1b). The dependence of temperature on depth in the first of these groups is 
characteristic of plate interfaces (Section 3.2.1) and its near-independence of depth is characteristic of wedge-slab 
interfaces (Section 3.2.2.) In practice, because of the variation in maximum depth of thrust faulting (Figure 1a), 
we should expect that some points at ∼550°C and pressures lower than 1.5 GPa came from shallow wedge-slab 
interfaces, while some at pressures higher than 1.5 GPa came from deep plate interfaces. We therefore discuss the 
trends shown by the ensemble of data, which are more informative than individual data points.

4.1.  P-T Data Shallower Than 1.5 GPa, Probably Relevant to the Plate Interface

If shear stresses on plate interfaces are assumed to be negligible, then Equation 1 may be rewritten, with τ′ = 0 as

𝑇𝑇𝑓𝑓

𝑧𝑧𝑓𝑓
=

𝑄𝑄

𝐾𝐾𝐾𝐾𝑄𝑄

.� (11)

Figure 5 shows the temperature gradients that would be maintained along the plate interface in the absence of 
shear heating, as a function of SQ and age of the ocean floor. The lower-right and upper-left panels of Figure 5 
show the distributions of age of the ocean floor and SQ in 82 profiles across present-day subduction interfaces 
investigated by England (2018); here, SQ is evaluated at the observed maximum depth of thrust-faulting earth-
quakes. At those depths, SQ lies in the range 4 ≤ SQ ≤ 13, and in 90% of the cases the ocean floor is older than 
25 Myr. The gray box delineating those ranges of SQ and age in Figure 5 shows that, in the absence of dissipative 
heating, those segments could maintain temperature gradients no higher than 8°C/km, and for most of the range, 
4°C/km or less. For the range of SQ in present-day subduction zones, the age of the ocean floor would have to be 
≲12 Myr (SQ = 4) to ≲4 Myr (SQ = 14) in order to maintain gradients equivalent to those recorded by HPLT rocks 
(11 ± 3°C/km, Figure 1). This analysis, in considering the full relevant range of parameter space, reinforces the 
conclusions based on a range of numerical calculations (e.g., Abers et al., 2017; van Keken et al., 2018) that, if 
shear heating on the plate interfaces were negligible, then the conditions recorded by HPLT rocks would not be 
representative of present-day subduction zones.

If, however, it is allowed that dissipation could have been occurring on plate interfaces while the HPLT rocks 
formed, then Equations 1–5 may be used to estimate the level of shear stress required to explain the P-T data. 
Rearranging Equation 1

𝜏𝜏 ′ =
𝑆𝑆𝜏𝜏

𝑉𝑉
(𝐾𝐾𝐾𝐾𝑓𝑓∕𝑧𝑧𝑓𝑓 −𝑄𝑄∕𝑆𝑆𝑄𝑄)� (12)
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𝜇𝜇′
=

𝑆𝑆𝜏𝜏

𝑉𝑉 𝑉𝑉𝑉𝑉𝑉𝑉𝑓𝑓
(𝐾𝐾𝐾𝐾𝑓𝑓∕𝑧𝑧𝑓𝑓 −𝑄𝑄∕𝑆𝑆𝑄𝑄) .� (13)

Figure  6 shows the ranges of effective coefficient of friction, μ′, and effective stress, τ′ that would be 
required if dissipative heating were to maintain a temperature gradient of Tf/zf  =  11°C/km on the plate 
interface, with lower plate of age 55 Myr (the median age of the profiles: top-right panel of Figure 5). The 
upper-left panel of Figure  6 shows the distribution of V for the 154 present-day subduction segments of 
SubMap 4.3 (see Figure 5); 131 of those segments have 50 ≤ V ≤ 125 mm/yr. The lower-right panel shows 
the distribution of distance along the interface, uT, between the trench and the maximum depth of thrust 
faulting on the interfaces for the 82 profiles of England (2018); 73 of the interfaces have 100 < uT < 300 km. 
The gray box delineating those conditions in Figure  6 shows that the effective coefficient of friction on 
the plate interface is required to be μ′ ∼ 0.065–0.075 (solid contours in Figure 6). If it is assumed that the 
shear stress during slip is independent of depth, then those stresses lie between 25 MPa and about 125 MPa 
(dashed contours in Figure 6).

Figure 5.  Temperature gradient along a plate interface in which there is no dissipative heating. The interface has a 
parabolic form, characteristic of present-day plate interfaces, with depth zf depending on horizontal distance x from the 
trench as zf = cx 2; here c = 1.5 × 10 −3 km −1, which is the median of c calculated for present-day plate interfaces (England & 
May, 2021). Solid lines in the main panel show dependence of temperature gradient (Tf/zf, Equation 11) on SQ (Equation 2) 
and age of ocean floor (with heat flux, Q, calculated from Parsons and Sclater [1977]). Cumulative histogram in upper-left 
panel shows the distribution of SQ, calculated at the maximum depth of thrust-faulting earthquakes on the plate interface, 
for 82 profiles across present-day subduction zones (England, 2018). Dots in main panel show (SQ, Age) for the 82 profiles. 
Upper-right and lower-right histograms shows distribution of ages of ocean floor for the profiles across subduction zones 
of SubMap 4.3 (Heuret et al., 2017); the 154 profiles used exclude those for which convergence velocities are uncertain 
(principally those involving small plates in the south-west Pacific), or for which the age of ocean floor is unavailable. Gray 
shading is bounded by an age of 25 Ma for the ocean floor and by the range of SQ for present-day subduction zones.
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This analysis demonstrates that, for the ranges of convergence speed and plate boundary length pertinent to 
present-day subduction zones, the P-T data can be fit with geophysically reasonable shear stresses—as has been 
suggested, for example, by Kohn et al. (2018), Peacock (1992), and Penniston-Dorland et al. (2015). The required 
shear stresses during slip are consistent with independent estimates of shear stress on the interface from measure-
ments of heat flux (Table 2). Figure 7 shows that the temperature rises due to the dissipative heating amount to 
several hundreds of degrees (see also Penniston-Dorland et al. [2015], Figure 9).

Figure  8 compares the P-T data with temperatures on the plate interface calculated from Equation  1 for the 
subduction segments of Table 2, using the appropriate values of convergence rate, dip, and Q0 for each interface, 
with μ′ as determined from the heat flux observations by England (2018). The profiles are calculated from the 
surface to the maximum depth of thrust-faulting earthquakes for each segment, which varies from about 20 km 
on the Hikurangi margin (Profile [1], Figure 8, temperature ∼250°C) to over 60 km beneath Kamchatka (Profile 
[9], temperature ∼650°C). The calculated thermal profiles span the range of P-T conditions observed in HPLT 
terrains (Figure 1).

We emphasize, as will be discussed more fully in Section 5.1 that, for most plate interfaces, the conversion of 
mechanical energy into heat takes place primarily in earthquakes, with the effective coefficient of friction, μ′, 
representing dynamic stresses during the rupture process (e.g., Kanamori & Rivera, 2006). It is noteworthy, in 
this context, that the few reports of pseudotachylites from subduction settings are from rocks whose ambient P-T 
conditions lie within the field of the HPLT data we analyze here (Figure 8). They lie toward the high-temperature 
end of the field, as would be expected because temperatures are lower both above and below the source of heat—
see Figure 12a.

Figure 6.  Values of shear stress during slip required to maintain a temperature gradient of 11°C/km along a plate interface 
by heat from the lower plate plus dissipative heating. Interface shape as in Figure 5. Solid lines are contours of μ′ calculated 
from Equation 13 with Q0 = 0.064 mW/m 2 (equivalent to ocean floor of age 55 Myr). Dashed lines are calculated from 
Equation 12. Cumulative histogram in the lower-right panel shows the distribution of distance along the interface from the 
trench to the maximum depth of thrust faulting, uT, for the 82 profiles of England (2018) across present-day subduction zones. 
The upper histograms show distribution of velocities, V, for the 154 profiles of SubMap 4.3 (see Figure 5). Dots in the main 
panel show (V, uT) points for those profiles; see text for the boundaries to the gray shading.
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4.2.  P-T Data Deeper Than 1.5 GPa, Probably Relevant to the 
Wedge-Slab Interface

The P-T data at pressures greater than 1.5 GPa show weak, if any, depend-
ence on pressure and lie in the range of 560 ± 80°C (Figures 1a and 1b). In 
the light of Section 3.2, which showed that temperatures in the wedge-slab 
interface are—relative to those in the plate interface—insensitive to pres-
sure, it is reasonable to treat the ensemble of these data as representing 
conditions in the wedge-slab interface. The steep decrease in temperature 
with depth beneath the top of the interface (Equation 6 and Section 3.2.2) 
results in considerable variation of temperature at constant pressure within 
the interface, and we expect that only the highest among these temperatures 
represent conditions near the top of the interface. With a small number of 
exceptions, temperatures in this set of data do not exceed 650°C (Figures 1a 
and 1b). The scaling arguments of Section 3.2.2 and Figures 4a and 4b then 
suggest  that  the maximum temperature in the wedge above those interfaces 
would have been ∼(650/0.6 ≈ 1100)°C. These temperatures do not approach 
the temperatures of 700–900°C that are calculated for the slab top beneath 
the arc volcanoes (e.g., England & Katz, 2010; Syracuse et al., 2010, Table 3, 
and see Figures 4c and 4d above).

4.3.  Summary

Although measured temperatures from pressures ≲1.5 GPa in HPLT terrains 
are higher than the outputs of some numerical models (e.g., van Keken 
et  al.,  2018), they are entirely consistent with temperatures calculated for 
plate interfaces with dissipative heating at rates constrained by measurements 
of heat flux (e.g., England, 2018; Kohn et al., 2018; Molnar & England, 1990; 

Profile

Gao and Wang (2014) England (2018)

zT
 a (km)

τ (zT) b 
(MPa)μ′ c μ′ d μ′ e μ′ f

N. Hikurangi 0.13 0.07 0.02–0.12 35 75

British Columbia 0–0.06 0.02 0.07 g 0–0.14 g 40 85

Nankai ≤0.03 0.03 0.05 0.04–0.08 35 65

Manila 0.09 0.06 0.02–0.11 40 73

N. Honshu 0.025 0.05 0.03–0.08 52 80

N. Sumatra <0.08 0.03 0.06 0.02–0.09 55 100

N. Kermadec ∼0.07 0.05 0.04–0.06 52 80

S. Kermadec 0.05 0.03–0.07 52 80

Kamchatka <0.09 0.03 0.05 0.02–0.07 61 95

Note. The reader is referred to the Supplementary Materials of Gao and Wang (2014) and to Section 2.3 and Appendix B 
of England (2018) for discussion of uncertainties associated with these estimates, and for review of other estimates of, and 
assumptions about, shear stresses on those plate boundaries. The profile of Gao and Wang  (2014) for southern Chile is 
omitted because the maximum depth of the slab beneath the heat flux measurements is 10 km, less than the pressure range 
that we consider.
 aMaximum depth of thrust faulting, zT, from England (2018, Figures 2–4 and B1–B5).  bShear stress at zT, calculated using 
an average density of 3,100 kg m −3 for the upper plate.  cGao and Wang (2014) best, or range of, fit.  dGao and Wang (2014) 
preferred value.  eEngland  (2018) best fit.  fEngland  (2018) range.  gSee (England,  2018, Section 3.1.3, and Figure 4) for 
discussion of uncertainties in the influence of hydrothermal cooling of young oceanic lithosphere that yield a large range in 
acceptable values of μ′, with no clear best fit. The value used here is in the middle of that range.

Table 2 
Estimates of Effective Coefficient of Friction, μ′, From Profiles of Surface Heat Flux Above Plate Interfaces 
(England, 2018; Gao & Wang, 2014)

Figure 7.  Illustration of temperature increases, ΔT, arising on the plate 
interface due to dissipative heating. Curves, labeled with interface depth, show 
the dependence on convergence rate of temperature increases calculated from 
the second term on the right-hand side of Equation 1. For this illustration, the 
plate interface is taken to be planar, with sin(dip) 𝐴𝐴 =

1

4
 . Temperature rises are 

proportional to μ′, which is taken here to be 0.06. The average density of the 
upper plate is taken to be 3.1 Mg m −3and the remaining parameters are given 
in Table 1.
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Peacock, 1992; Penniston-Dorland et al., 2015, and see Table 2). Temper-
atures at pressures likely to be representative of the wedge-slab interface 
(≳1.5 GPa) are at least 100°C cooler than found in model calculations of 
temperatures for comparable locations; we return to this issue in Section 5.6.

5.  Mechanics of Generation and Preservation of HPLT 
Terrains
Most of the ocean-floor sediment entering convergent plate boundaries is 
subducted with the rest of the oceanic plate (e.g., Clift & Vannucchi, 2004; 
Scholl & von Huene, 2007; von Huene and Scholl, 1991). This observation 
raises two questions. The first is: what mechanical conditions are required in 
order to subduct sedimentary sections whose average thickness is of order 
a kilometer (e.g., Scholl & von Huene,  2007)? The second is: given that 
protoliths for HPLT terrains are continually delivered to depth in present-day 
subduction zones, why are such terrains so rare in the geological record? 
Clearly, if rocks of the interface are denser than their surrounding plates or 
mantle wedge, there is no difficulty in subducting them, nor in explaining 
their absence from the record. This section analyses the subduction of mate-
rial, such as sediment or hydrothermally altered mafic and ultramafic rock, 
that is less dense than the rocks either side of the interface.

In Section 5.1 we discuss the role of earthquakes and related phenomena in 
the burial of HPLT terrains. To address the remaining aspects of the questions 
above, we need expressions for flow in a dipping layer of buoyant power-
law fluid, representing the interface rocks, which are derived in Appendix C 
and summarized in Section 5.2. These are used to analyze the capacity the 
subduction interface, in Section  5.3, the transition from descent to ascent 
within the interface (Section 5.4), and the ascent of rocks with the interface 
(Section 5.5) and from the wedge-slab interface (Section 5.6).

A note on terminology: Several terms commonly found in discussions of the 
mechanics of HPLT terrains have unclear or disputed meanings, and some 
carry imprecise mechanical connotations. Such terms include “coupling,” 
which is defined in a number of ways, some of which contradict one another 

(see e.g., Wang & Dixon, 2004) and in some papers the term is not defined at all. Similar problems arise with 
the use of “accretion,” “detachment,” and “décollement” (e.g., Agard et al., 2018, Table 1). We avoid such terms, 
as far as we can. We shall refer to displacements and velocities in a frame of reference fixed to the upper plate.

5.1.  Role of Earthquakes and Related Phenomena

In most present-day subduction zones relative motion across plate interfaces takes place predominantly in earth-
quakes and related phenomena, which include slip that, although slow in the seismological sense (days to years) 
(e.g., Beroza & Ide,  2009; Schwartz & Rokosky,  2007), is geologically rapid. The mean fraction of relative 
plate motion that is accommodated seismically in the present-day subduction zones examined by Scholz and 
Campos (2012) is between 60% and 70%. The instrumental record is probably too short to characterize accurately 
the long-term seismic moment release at plate interfaces (e.g., McCaffrey,  2008; Rong et  al.,  2014; Stein & 
Okal, 2007), so the contribution of earthquakes to long-term slip on apparently aseismic interfaces may be under-
estimated. It therefore seems probable that the downward displacement of material within most plate interfaces 
takes place primarily not by viscous creep, but during thrust-faulting earthquakes.

Most of the seismic relative motion across plate interfaces takes place in the few largest earthquakes (Brune, 1968; 
Molnar, 1979), which typically are great earthquakes (Mw ≳ 8), with tens of meters of slip over areas that are 
several hundred kilometers along-strike, and one or two hundred kilometers in the down-dip direction; most of 
the moment release in those earthquakes is in the depth range 20–50 km (Bilek & Lay, 2018). In addition, slow 

Figure 8.  Comparison between P-T data from HPLT terrains and calculated 
conditions in present-day subduction zones. Black dots show the P-T data 
of Figure 1, with their uncertainties suppressed for clarity. Open lines 
show calculated temperature profiles along the top of the descending plate 
in subduction zones where shear stresses are constrained by surface heat 
flux measurements (England, 2018, see Table 2). Labels denote profiles as 
follow: (1) Hikurangi margin; (2) British Columbia; (3) Nankai; (4) Manila; 
(5) N. Honshu; (6) N. Sumatra; (7) N Kermadec; (8) which overlies (7) S. 
Kermadec; (9) Kamchatka; (for detailed locations see England, 2018). Red 
circles show ambient P-T conditions for rocks from subduction settings in 
which pseudotachylytes have been reported (Andersen et al., 2014; Ikesawa 
et al., 2003; John & Schenk, 2006; Magott et al., 2016; Menant et al., 2018; 
Okamoto et al., 2007; Pittarello et al., 2022; Rowe et al., 2011; Vitale 
et al., 2019).
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slip events suggest that relative plate motion continues to be accommodated discontinuously deeper than the 
maximum depth of thrust faulting (see Section 3.1).

Although reports of pseudotachylites from HPLT terrains are scarce (e.g., Sibson & Toy, 2006), this does not 
imply that HPLT terrains were untouched by earthquakes. Even for great earthquakes, the shear planes are 
likely to be millimetric to centimetric in width and difficult to detect (e.g., Cowan, 1999; Rice, 2006; Rowe & 
Griffith, 2015; Sibson, 2003). Furthermore at temperatures of several hundred degrees (Figure 1), pseudotachy-
lytes and other features associated with rapid slip may be erased swiftly (e.g., Fondriest et al., 2020; Kirkpatrick 
& Rowe, 2013; Kirkpatrick et al., 2009). In the companion paper (Smye & England, 2022) we discuss which of 
the lithologies present in the plate interface are likely to strain slowly enough under ambient conditions that the 
relative motion across the interface would likely be seismic.

5.1.1.  Deformation During Seismic Descent in Plate Interface

The widespread observation that coseismic deformation in major earthquakes at subduction zones is reversed 
inter-seismically suggests that ductile deformation within the plate interface is generally small in comparison 
with overall rates of convergence which for, 90% of present-day subduction zones, lie in the range 30–100 mm/yr 
(Heuret et al., 2017; Jarrard, 1986, and see Figure 6). If 10% of those rates were absorbed aseismically, the equiva-
lent strain rates would be in the range 3 × 10 −14 to 3 × 10 −11 s −1 for interface thicknesses between 3 km and 100 m.

If HPLT terrains were subducted the same fashion as present-day ocean-floor rocks, then the ductile deformation 
they record would represent only a small fraction of their down-dip displacement, most of which was seismic. 
That ductile strain may, nevertheless, be significant: to reach the conditions recorded in Figure 1, rocks must 
have traveled along their interfaces for between 100 and 300 km (Figure 6); if 10% of that relative motion were 
absorbed across a 100 m-to-3-km interface, the average finite shear strain would be between ∼300 and ∼3.

Displacements of 100–300 km across the interface are equivalent to slip in ∼10 4 great (Mw > 8) earthquakes. 
During that motion, the interface will also have experienced ∼10 5 Mw > 7 earthquakes, each of which involved 
slips of a few meters on fault planes having areas of several times 10 4 km 2. It seems probable that, during the 
time over which those tens of thousands of earthquakes took place, the principal plane(s) of shear would migrate 
within the interface. Were they to migrate downwards within the interface, they would generate relations that are 
often referred to as “accretion” (e.g., Agard et al., 2018, Table 1) or “underplating” (e.g., Shreve & Cloos, 1986). 
If a shear plane were to migrate downwards from sediments into mafic portions of the upper crust of the lower 
plate, then the resultant stratigraphic relationship would resemble what is often referred to as “detachment” (e.g., 
Agard et al., 2018, Table 1).

Accretion and detachment are sometimes argued, on the basis of field observations, to require special tectonic condi-
tions (e.g., Agard et al., 2018; Bialas et al., 2011); a more parsimonious interpretation is that migration of major slip 
planes is a commonplace result of accommodation of hundreds of kilometers of convergence across plate interfaces 
by slip in large-to-great earthquakes. The implications of this process for PTt paths are discussed in Section 6.

5.2.  Flow of the Interface

We now consider ductile deformation of the subduction interface, which probably applies to aseismic plate inter-
faces, and to wedge-slab interfaces. The physical properties of the interface are governed by a large number of 
parameters that are poorly constrained by observation; these include temperature, pressure, pore-fluid pressure, 
and intrinsic physical properties of the widely differing rock types that make up the interface (e.g., Fagereng & 
Sibson, 2010; Fagereng & Toy, 2011). Deformation within the interface has been examined with rheological 
models that range from a single Newtonian fluid (e.g., England & Holland, 1979; Shreve & Cloos, 1986) to multi-
ple lithological units, each with its own rheological parameters (e.g., Gerya et al., 2002; Z. H. Li et al., 2011). The 
main questions may, however, be addressed by a general analysis that does not depend on details of the rheolog-
ical properties of rocks in the interface.

We employ a power-law relationship between shear stress, τ, on the interface and velocity gradients within it,

𝜏𝜏 = 𝐶𝐶
d𝑣𝑣

d𝑦𝑦

|

|

|

|

d𝑣𝑣

d𝑦𝑦

|

|

|

|

1∕𝑛𝑛−1

.� (14)

 15252027, 2023, 1, D
ow

nloaded from
 https://agupubs.onlinelibrary.w

iley.com
/doi/10.1029/2022G

C
010644 by T

est, W
iley O

nline L
ibrary on [02/05/2023]. See the T

erm
s and C

onditions (https://onlinelibrary.w
iley.com

/term
s-and-conditions) on W

iley O
nline L

ibrary for rules of use; O
A

 articles are governed by the applicable C
reative C

om
m

ons L
icense



Geochemistry, Geophysics, Geosystems

ENGLAND AND SMYE

10.1029/2022GC010644

17 of 40

Here C contains the dependence of strain rate on temperature (Equations C1–C6). An equivalent form holds for 
aggregates of minerals (Huet et al., 2014), so Equation 14 is appropriate for a wide range of cases.

We treat the interface as having thickness h; the x-coordinate is in the down-dip direction; the base of the 
layer is at y = 0, and y increases upwards. If the layer is thin in comparison with its depth, and h changes 
slowly in the down-dip direction (dh/dx  ≪  1) then, neglecting accelerations, the stress balance may be 
written as

d𝜏𝜏

d𝑦𝑦
= 𝐶𝐶

d

d𝑦𝑦

[

d𝑣𝑣

d𝑦𝑦

|

|

|

|

d𝑣𝑣

d𝑦𝑦

|

|

|

|

(1∕𝑛𝑛−1)
]

= 𝑔𝑔 sin(𝛿𝛿)Δ𝜌𝜌 = Φ,� (15)

𝜏𝜏(ℎ) = 𝜏𝜏(0) + Φℎ� (16)

(e.g., Batchelor, 1967, pp. 182–183 and 220, and England & Holland, 1979; Shreve & Cloos, 1986). Here τ is the 
shear stress acting on planes parallel to the layer, with negative τ corresponding to x-velocity decreasing upwards; 
g is the acceleration due to gravity, δ is the dip of the layer, and Δρ is the average density of the overburden minus 
the density of the layer. We shall refer to Φh as the buoyancy stress.

We first consider the case in which all material within the interface moves down-dip, in the x-direction, which 
requires τ(h) ≤ 0. This condition is met when the shear stress at the base, τ(0), ≤−Φh (Equation 16). For a typical 
dip of 20° of the plate interface, a density contrast between upper plate and interface material of ∼500 kg m −3 and 
for interfaces of width ∼1–3 km, the buoyancy stress is ∼1–5 MPa (see also England & Holland, 1979; Shreve 
& Cloos, 1986).

In Appendix C1 we obtain an expression for the velocity in terms of the power-law exponent, n, and the quan-
tity γ, which is the negative of the shear stress on the top of the interface divided by the buoyancy stress Φh 
(Equation C13)

𝑣𝑣 = 𝑉𝑉

(

(1 + 𝛾𝛾 − 𝑦𝑦∕ℎ)
𝑛𝑛+1

− 𝛾𝛾𝑛𝑛+1

(1 + 𝛾𝛾)
𝑛𝑛+1

− 𝛾𝛾𝑛𝑛+1

)

,� (17)

(Equation C15 and C16).

When γ is small, flow is concentrated toward the base of the interface, the more so the greater is n (Figure 9a). As 
γ increases, the velocity tends toward a linear gradient between top and bottom of the interface

lim
𝛾𝛾→∞

𝑣𝑣 = 𝑉𝑉

(

1 −
𝑦𝑦

ℎ

)

.� (18)

Even when γ = 3 (Figure 9b), the gradient is close to linear and for γ ≳ 10 departures from linearity are 
negligible (Figure 9c). As an example: for interface thickness of 2 km, the buoyancy stress is of order 3 MPa, 
so velocity gradients across the interface are close to linear once the shear stress on the interface exceeds 
about 10 MPa.

After the cessation of subduction, v(0) = v(h) = 0. In this case

𝑣𝑣 = −
ℎ

2 (𝑛𝑛 + 1)

(

Φℎ

2𝐶𝐶

)𝑛𝑛
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|

|

|

|

𝑦𝑦

ℎ

|

|

|

|

𝑛𝑛+1
)

,� (19)

where y = 0 is now in the center of the layer −h/2 ≤ y ≤ h/2 (Appendix C2). This generalizes the solution of 
Turcotte and Schubert (2014, p. 357), allowing n to have any real positive value.

Appendix C4 considers the influence of temperature dependence on the fluid flow, which is governed by two 
dimensionless parameters. One relates the activation energy, E, to the characteristic absolute temperature, Θ, of 
the interface and to the temperature difference ΔΘ across it,

𝐸𝐸′
= Br

𝐸𝐸ΔΘ

𝑅𝑅Θ2
,� (20)
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(Equation C37). Here Br is the Brinkman number, which is the ratio of viscous dissipation, τV, to the conduc-
tive flux of heat across the interface, KΔθ/h, and is of order one for the cases we consider (Appendix C4). For 
common rock-forming minerals, E is between 1 and 5 × 10 5 J mol −1 so, with Θ ∼ 1000 K, and ΔΘ ∼ 100 K, E′ 
lies in the range ∼1–10. The second parameter (Equation C38) is

Ψ ∼
Φℎ

𝜏𝜏
.� (21)

For descent along many plate interfaces, Ψ is small, as discussed above, so we illustrate the influence of 
temperature-dependent rheology on velocity profiles during descent using Equation C39 with Ψ = 0 (Figure 9d). 
The influence of temperature differences on the velocity profile across the interface is modest unless E′ ≳ 3, when 
shear becomes concentrated in the top 1/E′ of the interface, and the rest of the interface descends at the velocity 
of the lower plate.

After subduction ceases there is no velocity difference between top and bottom of the interface, and velocities 
within the interface are proportional to Ψ (Equation C39). Again the influence of temperature gradients on the 
velocity profile is small for E′ ≲ 3 (Figure 10a). Because the thermal gradient due to dissipative heating drops 
quickly after cessation of subduction (Figure 12), it is probable that E′ ≲ 1 and that the influence on return flow 
of temperature variation across the interface is less significant than that of lithological variation.

5.3.  Capacity of the Subduction Interface

The local capacity of the interface (Shreve & Cloos, 1986) is the maximum flux of material that can be sustained 
at the point of interest, for given convergence rate and properties of the interface. Shreve and Cloos  (1986) 
provide an illuminating discussion of the response of the interface to changes in sediment supply, which we 

Figure 9.  Dependence of profiles of descent speed on γ (Equation 17) and E′ (Equations 20 and C39). (a–c) Evaluation of 
Equation 17 for power laws of 1, 3, and 5, and for γ = 0, 3, and 10. (d) Profiles of downward velocity for a Newtonian fluid 
with temperature-dependent viscosity (Equation C39), with Ψ = 0, equivalent to γ → ∞. Thick, thin, and dashed lines show 
profiles for, respectively, E′ = 1, 3, and 10.
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discuss briefly in Section 6.2. Here, we confine our attention to the specific issue of the local capacity of the 
interface, which determines the thickness of buoyant material that may be subducted to any depth of interest. 
Buoyant material may rise from the wedge-slab interface (e.g., Behn et al., 2011; Gerya & Stöckhert, 2006; Miller 
& Behn, 2012), so the concept of interface capacity is relevant principally to the plate interface.

If the interface behaves as fluid, with temperature independent of y, it is at its capacity when γ = 0, equivalently 
when the shear stress on its base is equal to the buoyancy stress, Φh. Equation C26 shows that the local capacity is 
approximately proportional to convergence rate, V (for n ≳ 3, as is commonly the case for rock-forming minerals), 
and declines strongly as its temperature increases. We illustrate the principal features of this behavior by evaluat-
ing the expression for capacity (Equation C26) using the rheological parameters of wet quartzite and aragonite. 

We emphasize that these calculations are purely illustrative, they are uncer-
tain by at least a factor of ten—and far greater than that if the influence of 
dissolution-precipitation creep is considered (Smye & England, 2022, Section 
4 and Figure 13). Figure 11 shows that interface capacity of rocks having the 
rheological properties of wet quartzite (Hirth et al., 2001) drop from ∼10 km 
at 300°C to of order 1 km at 800°C. The equivalent thicknesses for an interface 
with the properties of aragonite (which probably is stronger than most other 
carbonate minerals, Rybacki et al., 2003) range between 10s of km and ∼100 m.

5.4.  Transition From Descent to Ascent

The previous section argues that shear stresses in active subduction interfaces 
are generally much greater than buoyancy stresses, implying that a significant 
departure from the prevailing force balance is required if the rocks within an 
interface are to return to shallow depths. The ratio of exhumed HPLT mate-
rial to subducted oceanic crust is small (≲2%, e.g., Agard et al., 2009), which 
further implies that exhumation is inefficient in comparison with subduction. 
The purpose of this section is to focus on processes that are clearly linked 
to the required change in force balance, and to determine how, or whether, 
observations of HPLT rocks may be used to discriminate among them.

5.4.1.  Cessation of Subduction

The simplest explanation for the exhumation of interface material is the cessa-
tion, or slowing by a large fraction, of the convergence across the interface (e.g., 
England & Holland, 1979; Ernst, 1970, 1975, 1988; Platt, 1993). Modern plate 
interfaces appear to support shear stresses much greater than the buoyancy 

Figure 10.  Ascent speeds in the subduction interface. (a) Solid lines show profiles of upward velocity for fluids with power-
law rheology with n = 1, 4 (Equation C1 and C20). Dashed lines show profiles of upward velocity for a Newtonian fluid with 
temperature-dependent viscosity with E′ = 3 and 10 (Equation 20 and C39). (b) Rates of ascent of sheets of interface, of thickness 
1, 2, and 3 km and density contrast 500 kg m −3 with overburden. Rates are calculated from Equation 19 with the rheological 
parameters for aragonite given by Rybacki et al. (2003) (dashed lines) and wet quartzite Hirth et al. (2001) (solid lines).

Figure 11.  Local capacity of plate interface for specimen rock types. 
Capacities are expressed as effective thickness, hlocal (Equation C26), for 
interfaces with the rheological parameters of wet quartzite and aragonite; 
gray bands show ranges of capacity associated with uncertainties in activation 
energy (Table 3). Buoyancy stress (right-hand axis) is the product of hlocal with 
g, a density contrast of 500 kg m −3 and a dip of 20°.
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stress, regardless of convergence rate (e.g., Table  2), so the transition from 
subduction to exhumation requires a major reduction in shear stress on the 
interface. With laboratory experiments yielding values of ∼3 to 5 for the power-
law relation between strain rate and stress for many minerals, reduction in shear 
stress by a factor of two would require convergence rates to drop by a factor of 
8–32; correspondingly greater reductions in rates would be required for greater 
reductions in stress. Such reduction may occur either in response to changes 
in large-scale plate motions or because convergence shifts to a new interface. 
In either case, because downward tractions are greatly reduced or removed, 
rocks are free to move back up the interface. Major reorganizations of subduc-
tion zones are rare, so this requirement helps to explain the rarity of HPLT 
terrains (e.g., Monié & Agard, 2009). Recent high-resolution reconstructions 

using marine magnetic anomalies show rapid (few Myr) changes in plate motion (e.g., Croon et al., 2008; DeMets & 
Merkouriev, 2019, 2021; Demets et al., 2015), some of which may linked to rearrangement of subduction boundaries.

The ascent of a package of rocks along the interface results in normal-sense shear at the top of the package and 
reverse-sense shear at its base; such a flow can also entrain much denser blocks if they are small with respect 
to the interface thickness and/or the material of the interface has a yield stress of a few Pa (e.g., England & 
Holland, 1979). Although this process has been called “diapiric ascent” by Maruyama et al. (1996), the rocks 
remain confined to the interface and do not penetrate their overburden.

It may be necessary to repeat that attribution of exhumation to thrusting is erroneous (England & Molnar, 1990). 
Although this point was clearly made by Platt (1993) in a review of exhumation of HPLT terrains, the mechanism 
is still sometimes invoked (e.g., Guillot et al., 2009, p. 182, in discussion of their Figure 4).

5.4.2.  Break-Off or Retreat of Slabs

A mechanism frequently proposed to explain exhumation of HPLT terrains is separation of part of the slab 
from the lower plate. Gaps in intermediate-depth seismicity suggest that this process does occur (e.g., Isacks 
et al., 1968; McCaffrey et al., 1985), and it has been suggested as the cause of surface uplift at the New Hebrides 
plate boundary (Chatelain et al., 1992). We are not aware, however, of a mechanical analysis that clearly demon-
strates a link between breaking of slabs and ascent of HPLT terrains within the subduction interface. Indeed, it 
is not obvious that this process, alone, should lead to exhumation of HPLT rocks: the descent of material in the 
interface is driven by the shear tractions within the interface, not by the negative buoyancy of the slab below. If 
the loss of negative buoyancy of the slab leads to cessation of subduction, then the mechanical considerations are 
those of Section 5.4.1. If, however, convergence continues at a rate imposed by large-scale plate motion, as is the 
case for example, in the New Hebrides (Chatelain et al., 1992), then the downward shear traction in the remaining 
parts of the subduction interface should not be substantially affected, and exhumation would not be expected.

In a review of slab break-off, Garzanti et al. (2018) describe how the process is invoked not only for the exhuma-
tion of the subduction interface but also to account for an immense range of geological phenomena in virtually 
every mountain belt on Earth, from Archean time to the present. The notion of slab rollback has, similarly, been 
invoked as a cause of exhumation of HPLT rocks, among many other phenomena. The principal mechanical influ-
ence of rollback is to make horizontal tractions on the plate interface slightly less compressional than lithostatic 
pressure (Le Pichon, 1982). Calculations of the attendant reductions in shear stress indicate that they are of the 
order of a few tens of percent (Husson et al., 2009), which are small in comparison with the many-fold reduction 
that is likely to be required if shear stresses are to become smaller than buoyancy stresses (Section 5.4.1).

It is worth considering the field relations that would be observed if either the breaking off or the rolling back of 
a slab were to lead to exhumation. The motion of rocks within the interface depends only on the local relative 
magnitudes of buoyancy and shear stresses, we should therefore expect the same field relations whether exhuma-
tion arises from cessation of subduction, the break-off or retreat of a slab, or indeed from any other process that 
leads to buoyant ascent of material within the interface. Attributing exhumation to any one of these processes, on 
the basis of observations that are consistent with all of them, is an unprofitable exercise.

Finally, we note that both rollback of, and breaks in, slabs are widespread at present, so an additional argument 
is required to make either of these a convincing cause for a phenomenon that is rare in the geological record. We 

Mineral
A 

(MPa −n s −1)
E (kJ/
mol) n

Viscosity Pa s

400°C 550°C 700°C

Quartzite a 6.3 × 10 −12 135 ± 15 4 2 × 10 21 2 × 10 19 1 × 10 18

Aragonite b 200 240 ± 29 3 5 × 10 20 2 × 10 17 9 × 10 14

 aHirth et al. (2001).  bAfter Rybacki et al. (2003), see discussion in Section 4.1 
of Smye and England (2022).

Table 3 
Rheological Parameters Used in Figure 11 and Viscosities for a Shear Stress 
of 3 MPa at Different Temperatures and a Pressure of 2 GPa
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repeat the warning of Garzanti et al. (2018) that one should be alert to the conversion of hypothesis into factoid 
by amplification, distortion, or transmutation of citations (see Greenberg, 2009, for definition of those terms).

5.5.  Ascent of Material Within the Subduction Interface Following Cessation of Subduction

When shear stress associated with relative motion of the bounding plates is removed, or greatly decreased, buoy-
ancy stress dominates. Individual packages of rock within the interface will rise at different rates; in particular, 
packets of rock that are less dense, or have lower strengths, than rocks higher up the interface will move more 
rapidly up the interface, increasing the thickness—and hence the ascent speed—of rocks in the interface above. 
We show in Appendix C5 that, provided the effective viscosity of rocks in the interface is lower than about 
10 19 Pa s, this type of instability could develop within a million years of the cessation of subduction.

Ascent speeds of individual packages will depend heavily on their rheological parameters, on their thicknesses, and 
upon their temperatures. We discuss this process in more detail in the companion paper (Smye & England, 2022), 
once we have determined the properties of the interface for specific protoliths, but we can make some general 
remarks here. The ascent speed of a packet of rock described by a rheology with power-law exponent n is propor-
tional to the (n + 1) th power of its thickness (Equation C20). Values of n ∼ 3–4 are commonly determined from 
laboratory studies of minerals and rocks, thus thickening of the interface by a factor of two would increase ascent 
rates by factors of 16–32; tripling the thickness would induce up to hundred-fold increases in rates.

For fluids with a power-law exponent of 3 or more, speeds throughout most of the interface are close to the maximum 
value, giving a plug-like form to the flow (Figure 10a, Equation 19). Speeds depend strongly on temperature, and 
upon thickness, because of their power-law dependence on this quantity (Equation C20). We illustrate these factors 
in Figure 10b by showing ascent speeds for homogeneous interfaces of thickness 1, 2, and 3 km with the rheological 
parameters of aragonite (Rybacki et al., 2003) and wet quartzite (Hirth et al., 2001). In this illustrative example the 
ascent speed for the 3-km unit of aragonite drops from ≳100 mm/yr at ∼550°C to ≲0.1 mm/yr at ∼420°C; the ascent 
speed of a 3-km-thick unit of quartzite drops from ∼10 mm/yr at ∼800°C to less than 0.1 mm/yr at ∼550°C.

Figure 10b shows that, for a single homogeneous unit, more than a hundred-fold change in ascent speed can 
result from variation in its thickness by a factor of three, or in its temperature by ∼100°C. Rates of ascent in real 
subduction interfaces are likely to be further influenced by contrasts in effective viscosity and shear zones asso-
ciated with variation in lithology, strain history, pore fluid pressure, and metamorphic reactions. It is therefore 
clear that buoyant ascent of interface material following cessation of subduction is likely to result in complex and 
unpredictable juxtaposition and intercalation of tectonic units.

5.6.  Diapiric Ascent From the Wedge-Slab Interface

Ascent of rocks of the plate interface is constrained, by the rigidity of the overlying plate, to lie within the 
interface. That constraint does not apply to rocks of the wedge-slab interface; indeed, whereas we have argued 
(Section 5.4) that ascent within the plate interface requires significant reduction, or cessation, of shear stresses 
associated with plate relative motion, rocks of the wedge-slab interface may rise continually into the overlying 
mantle wedge, via a Rayleigh-Taylor-like instability (Behn et al., 2011; Miller & Behn, 2012). Whether such 
diapirs melt within the core of the wedge, rise to the base of the crust, or penetrate the crust depends on their 
size and composition (e.g., Behn et al., 2011; Erdman & Lee, 2014; Kelemen & Behn, 2016).We consider in the 
companion paper which of the candidate rock types are likely to rise from the wedge-slab interface in this way.

6.  Pressure-Temperature-Time Paths
We now turn to the pressure-temperature-time (P-T-t) paths that we should expect rocks to follow as they travel 
along the subduction interface. Temperatures on the plate interface are given by Equation 1 and, during motion 
down the plate interface, the prograde paths of rocks will follow P-T profiles similar to the profiles illustrated 
in Figure  8: once rocks are within the wedge-slab interface, their temperatures increase slowly with depth 
(Sections 4.1 and 4.2). The retrograde paths are dictated by the rate at which rocks of the interface rise through 
the differently evolving thermal regimes of plate and wedge-slab interfaces.
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Figure 12 illustrates the temperature distributions near plate and slab-wedge interfaces during subduction, the 
evolution of those temperature profiles following cessation of subduction, and representative P-T-t paths. (See 
Appendix B for details of calculations.) During subduction, dissipative heating within the interface keeps temper-
atures higher there than in rocks above or below the interface (red line in Figure 12a), but once dissipation ceases 
the plate interface cools. In contrast, the wedge-slab interface is colder than the wedge above it, so that interface 
warms following the cessation of subduction (Figure 12b).

In each of the initial thermal profiles shown in Figures 12a and 12b there is an inverted thermal gradient at the 
interface that is approximately 𝐴𝐴 𝐴𝐴𝑓𝑓∕

√

𝜅𝜅𝜅𝜅 , where 𝐴𝐴 𝐴𝐴𝑓𝑓 is the temperature on the interface, and t is the time since 
the lower plate entered the trench (Equation 8). In Figure 12a, that time is approximately 3 Myr, and the region 
of inverted gradient is about 10 km thick. In Figure 12b, t ∼ 6 Myr and the inverted gradient below the top of 
the interface is about 14 km thick; the region of inverted gradient in the wedge (Figure 12b) is of comparable 

Figure 12.  Illustrative thermal histories and P-T-t paths for plate and wedge-slab interfaces. (a and b) Thermal relaxation on 
profiles through the subduction interface following cessation of subduction. (a) Calculations for plate interface at depth 55 km 
with V = 50 mm/yr, δ = 20°, μ′ = 0.07 and age of ocean floor 100 Myr. Red line corresponds to the steady temperature 
during subduction; black lines show temperature structure at 1-Myr intervals during thermal relaxation, up to 5 Myr (blue 
line). (b) Red line shows temperature profile 55 km above and below wedge-slab interface at a depth of 110 km; black lines 
show temperature structure at 2-Myr intervals during thermal relaxation, up to 10 Myr (blue line). (c) P-T-t path followed by 
rock originally buried to 55 km on the plate interface that is exhumed along the interface at 50 mm/yr (solid blue line) and at 
1/3 and 1/10 that rate (dashed and dotted lines, respectively). (d) As (c), for rock initially buried at 110 km on the wedge-slab 
interface. See Appendix B for details of calculations.
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thickness (Section 4.2). Once subduction ceases, thermal diffusion erases these inverted gradients over approxi-
mately the same time interval that they took to form (black lines in Figures 12a and 12b).

Figure 12c illustrates the P-T-t paths associated with the thermal history shown in Figure 12a. The black line 
shows the P-T conditions as the rock passes down the plate interface at a speed V = 50 mm/yr, with dissipative 
heating on the interface corresponding to an effective coefficient of friction μ′ = 0.07 (Equations 1–5). When 
the rock has reached a depth of 55 km (equivalent to ∼1.6 GPa) subduction ceases and the rock begins to ascend 
the interface. Three different return paths are illustrated, for ascent speeds of 50, 17, and 5 mm/yr; the thermal 
relaxation takes place principally in the first million years (Figure 12a), and the paths generally differ from each 
other by less than 100°C at any depth. Because dissipation on the interface has stopped, the retrograde path that 
the rock follows is cooler than the prograde path (except, in the example shown, for the slowest exhumation rate 
and at temperatures ≲150°C). For the slowest of these ascent rates, it is likely that P-T paths are also affected by 
changes in slab dynamics (Holt & Condit, 2021).

Figure 12d illustrates the P-T-t paths followed by a rock initially buried to 110 km on the wedge-slab interface, 
then exhumed at speeds of 50, 17, and 5 mm/yr. In contrast to rocks on the plate interface, these rocks are heated 
during their passage along the interface, as heat flows from the wedge into the lower plate (Figure 12b). In conse-
quence, the P-T-t paths show slightly increasing temperatures during decompression, with greater temperature 
increases at slower exhumation rates.

The P-T-t paths for different ages of ocean floor and convergence rates will differ in detail from those illustrated 
here, but the principles will remain the same. Rocks buried and exhumed within the plate interface will cool 
after the cessation of shear heating, and their paths are likely to have the “hairpin” form shown in Figure 12c. 
In contrast, diffusion of heat from the wedge will maintain temperatures in the wedge-slab during exhumation. 
Therefore, the difference between P-T-t paths showing approximately isothermal decompression and those show-
ing cooling during decompression may depend more upon their starting positions within the subduction interface 
than upon variation in tectonic setting of the subduction zone as a whole (cf., Agard et al., 2009; Ernst, 1988).

6.1.  Influence of Earthquakes on P-T-t Paths

As discussed in Section 5.1, direct evidence of the thermal imprint of earthquakes, in the form of pseudotachylites 
or their altered remnants, is expected to be rare. The duration of heating is short (seconds) in comparison with 
likely time scales for the alteration of the pseudotachylites (perhaps a few days [e.g., Fondriest et al., 2020]) 
which, in turn, is short in comparison with the time between successive large earthquakes (hundreds or thousands 
of years).

We should, however, expect a distinctive imprint on P-T-t paths from the migration of fault planes within the inter-
face (Section 5.1). Consider a unit that follows a prograde path within the interface similar to that in Figure 12c 
with the principal fault zone, on which the large and great earthquakes occur, being above it. Suppose that, at 
some point in the burial of this unit, the principal fault zone were to switch from being above to being beneath 
it. The unit would cool slightly (see Figure 12a), at constant pressure. Assuming that mineral growth terminates 
at this PT condition, we should expect metamorphic mineral geochronometers, such as the garnet Lu-Hf, garnet 
Sm-Nd and zircon and monazite (U/Th)-Pb systems, to preserve a record of the timing of the switch. In contrast, 
thermochronometers sensitive to thermally activated volume diffusion at temperatures relevant to the plate inter-
face (300–600°C; see Figure 8), such as muscovite and amphibole  40Ar/ 39Ar, and rutile and apatite U-Pb, would 
record the passage of individual isotopic systems through their closure temperatures—which may be delayed 
until the interface and its surroundings cool rapidly following the cessation of subduction (Figures 12a and 12c).

Given the hundreds of kilometers of convergence accommodated by large and great earthquakes across the 
plate-interface, it seems likely that the fault plane migrates repeatedly throughout the lifetime of a subduction 
zone. This process could assemble an imbricate stack of thrust sheets above the fault plane, each recording 
similar PT conditions and successively younger ages of migration and subsequent isobaric cooling. Such a frame-
work draws empirical support from a number of regional-scale structural and metamorphic observations from 
exhumed HPLT terranes. Particular examples include the Cycladic Blueschist Unit (e.g., Kotowski et al., 2022; 
Ring et al., 2020), the Tavşanli zone (western Turkey) (e.g., Plunder et al., 2015), the southern Tianshan meta-
morphic belt (e.g., Bayet et al., 2018), the HPLT massifs of the Western Alps (e.g., Angiboust et al., 2011, 2012; 
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Reinecke, 1998; Smye et al., 2021; Starr et al., 2020) and the Raspas Complex of Ecuador (e.g., John et al., 2009). 
In each of these examples, stacking of thrust sheets occurred at ∼2–3 GPa and 500–600°C over several millions 
of years.

The similarity of PT conditions within individual thrust sheets has led to postulation of a common depth of 
“detachment” or “decoupling” of slab-top material, caused by reaction-induced changes to interface rheology 
(e.g., Agard et al., 2018). We note that the length scales of exhumed HPLT terranes are generally small in compar-
ison with the scales of fault planes on which large and great earthquakes occur (tens km downdip, hundreds km 
along-strike) so if, as suggested in Section 5.1.1, “detachment” is caused by earthquakes, this will be difficult to 
identify from field observations.

6.2.  Repeated Burial and Exhumation

A small fraction of the P-T-t paths reported from HPLT terrains show evidence of more than one episode of burial 
and exhumation (e.g., Blanco-Quintero et al., 2011; J.-L. Li et al., 2016; Rubatto et al., 2011; Tamblyn et al., 2020). 
Some of these paths (e.g., J.-L. Li et  al.,  2016) appear to record a few kilobars of approximately isothermal 
decompression, followed by a P-T-t path that is consistent with later heating and exhumation within thickened 
crust, as we discuss in the companion paper (Smye & England, 2022). Others, however (e.g., Blanco-Quintero 
et al., 2011), are consistent with the circulation that might be expected within the plate interface if a rapid increase 
in sediment influx were to exceed the capacity of the interface (Shreve & Cloos, 1986, Figure 3).

Such P-T-t paths are sometimes explained by invoking circulation in an interface that is closed at its base 
(Cloos, 1982). This model is referred to as tectonic wedging (e.g., Maruyama et al., 1996) or extrusion (e.g., 
Beaumont et al., 2001). In its pure form, this scenario requires that all material entering the interface eventually 
returns to the surface, which is inconsistent with the observation that most sediments entering convergent margins 
are subducted (Clift & Vannucchi, 2004; Scholl & von Huene, 2007; von Huene and Scholl, 1991). Shreve and 
Cloos (1986) showed that, although the base of the interface should not close, there may nevertheless be circu-
lation within the interface, depending upon sediment supply, interface capacity, and convergence rate (see also 
Cloos & Shreve, 1988a, 1988b). A re-investigation of the model of Shreve and Cloos (1986) with a wider range 
of values for their key parameters may provide further insights (cf., Gerya & Stöckhert, 2006).

7.  Conclusions
Pressures and temperatures calculated from 281 analyses of rocks from HPLT terrains show that they represent 
two regimes: one, at pressures ≲1.5  GPa, in which temperature increases with pressure at about 350°C/GPa 
and one, at pressures above ∼1.5 GPa, in which the temperatures are ∼560 ± 80°C (Figure 1). The pressure of 
1.5 GPa coincides with the modal maximum depth of thrust faulting in present-day subduction zones, and we 
interpret these two regimes as representing the plate interface and the wedge-slab interface. This distribution, 
which is seen both in HPLT thrust sheets and mélanges (Figure 2a), shows no difference between terrains that are 
interpreted as coming from ocean-ocean or from continent-ocean subduction zones (Figure 2b).

Using analytical expressions for temperatures along present-day plate interfaces (Section 3.2.1, England & 
May, 2021), we show that the observed distribution of data from pressures lower than 1.5–2 GPa is consistent 
with conditions on present-day plate interfaces constrained by measurements of surface heat flux (Figures 6 
and 8, and Table 2, Section 4.1). This agreement provides detailed quantitative support for the contention of 
Penniston-Dorland et al. (2015) and Kohn et al. (2018) that geophysically reasonable rates of shear heating on the 
plate interface explain the difference between the metamorphic P-T data and some numerical models.

The low temperature gradients in the regime that we associate with the wedge-slab interface (P  ≳  1.5  GPa, 
Figure  1) is qualitatively consistent with scaling arguments about the temperature structure of the interface 
(Section 3.2.2, England & Katz, 2010; England & Wilkins, 2004). However, the observed temperatures them-
selves are lower than predicted by numerical calculations of temperatures at the top of the slab beneath the arc 
volcanoes (e.g., Syracuse et al., 2010) suggesting (Section 5.6) that the rocks of the wedge-slab interface, and of 
the wedge above it, have viscosities low enough to permit the buoyant ascent of diapirs (Behn et al., 2011; Miller 
& Behn, 2012) before sub-arc depths are reached.
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Seismological and geodetic measurements at most subduction zones show that the relative motion between plates 
is accommodated predominantly in earthquakes. Thus, the principal mechanism by which sediments are carried 
to depth on plate interfaces is slip in great earthquakes. Migration of slip surfaces during subduction of the inter-
face may lead to relationships that are referred to as accretion, underplating, or detachment (Section 5.1).

The magnitude of shear stresses (some tens of MPa) estimated for present-day plate boundaries considerably 
exceeds the buoyancy stresses, which are a few MPa for interface thicknesses of a few hundred meters to a few 
kilometers (Section 5.2, England & Holland, 1979; Shreve & Cloos, 1986). Therefore, the conditions for subduc-
tion of sediments to depths greater than the base of the plate interface are likely met in all present-day subduction 
zones, regardless of the mode of deformation within the interface (Section 5.3). These estimated  shear  stresses 
imply that the effective viscosity of interfaces in which the relative plate motion is accommodated by distrib-
uted flow, must be much higher (≳10 19  Pa  s: tens of MPa divided by strain rates of ∼10 −14 to ∼10 −11 s −1, 
Section 5.1.1), than assumed in some previous analyses (∼10 17 Pa s (e.g., Shreve & Cloos, 1986, Section 5.3)). In 
the companion paper (Smye & England, 2022) we discuss the conditions under which different rock types within 
the interface are capable of sustaining these stresses.

The simplest explanation for exhumation of HPLT terrains is cessation of subduction (Section 5.4); we cannot 
rule out other mechanisms that have been proposed, but we do not support the invocation of processes that are 
common today to explain a phenomenon that is rare in the geological record. A key aspect of the ascent phase is 
that, because of variations of density and effective viscosity within the interface—hence in ascent rates—units of 
contrasting compositions and metamorphic histories will be juxtaposed (Section 5.5).

Rocks ascending within the wedge-slab interface will follow P-T-t paths of isothermal decompression, or slight 
heating; due to the cessation of dissipative heating when subduction stops, retrograde paths for rocks within the 
plate interface will be parallel to, but cooler than, their prograde paths, showing a “hairpin” form (Section 6).

Appendix A:  PT Data
A1.  Uncertainties in P-T Estimates

The P-T estimates we use in our compilation are derived from one of six techniques, each with different sources 
and magnitudes of systematic and epistemic uncertainty. It is beyond the scope of the paper to discuss these 
individually; rather, in this appendix we provide an illustration of the magnitudes of systematic and random 
uncertainties associated with PT estimates derived from mineral equilibria. Readers are referred to Hodges and 
McKenna (1987), Kohn and Spear (1991), and Powell and Holland (1994) for a comprehensive treatment of the 
issue.

Uncertainty on a P-T determination derived from the intersection of multiple mineral equilibria stems primarily 
from uncertainty in ΔHR and ln K, where ΔHR is the enthalpy of reaction and ln K is the natural logarithm of the 
equilibrium constant of each reaction (Powell & Holland, 1994). By comparison, uncertainties in ΔSR (entropy 
of reaction) and ΔVR (volume of reaction) are small. Of these, ln K dominates the total uncertainty budget of 
P-sensitive equilibria used for barometry (e.g., Powell & Holland, 1988), originating from propagation of count-
ing statistics through relevant (and uncertain) activity-composition models. Errors in ln K are correlated between 
reactions if the respective reactions involve any of the same mineral end-members; these correlations propagate 
through to correlations between the P-T positions of the reaction intersections according to the general error 
propagation equation:

𝐕𝐕𝐲𝐲 = 𝐉𝐉𝐉𝐉𝐱𝐱𝐉𝐉
𝐓𝐓� (A1)

where, Vy is the covariance matrix of y, Vx is the covariance matrix of x and J is the Jacobian of y with respect to x.

Eclogites and blueschists present a particular challenge for thermobarometry. Pelitic metasediments at HPLT 
conditions can yield low-variance assemblages with restricted PT fields, favoring application of the pseudo-section 
approach (e.g., the garnet-chloritoid-kyanite assemblage; Smye et al., 2010). However, in the absence of hydrous 
phases such as amphibole and lawsonite, the assemblage: garnet + omphacite + phengite ± kyanite ± quartz is 
stable in mafic HPLT rocks over several hundred degrees and several tens of kbar. Given the relative strength of 
mafic eclogites and blueschists to metasediments, such rocks typically preserve higher fidelity records of HPLT 
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conditions; as such, it is worthwhile to investigate the uncertainties associated with P-T determination from such 
assemblages.

The example chosen to illustrate the magnitude of uncertainties associated with thermobarometry of mafic eclog-
ites is sample 2544 from Hoschek (2007). This sample is a texturally equilibrated mafic eclogite from the Tauern 
Window, Eastern Alps, characterized by the peak assemblage: garnet + omphacite + kyanite + quartz and addi-
tionally, zoisite. Avoiding discussion of epistemic uncertainties related to choice of equilibrium mineral phases 
and compositions, Figure A1 shows the results of PT determinations using three different calibrations of reactions 
among mineral end-members: grossular, pyrope, almandine, diopside, hedenbergite, celadonite, Fe-celadonite, 
muscovite, kyanite and quartz.

The specific reactions used are:

6CaMgSi2O6

diopside

+ 3KAl2AlSiO10(OH)2
muscovite

= 2Ca3Al2Si3O12

grossular

+ Mg3Al2Si3O12

pyrope

+ 3KAlMgSi4O10(OH)2
celadonite

� (A2)

2Al2SiO5

kyanite

+ 3CaMgSi2O6

diopside

= Ca3Al2Si3O12

grossular

+ Mg3Al2Si3O12

pyrope

+ 2SiO2

quartz∕coesite
� (A3)

Fe3Al2 (SiO4)3
almandine

+ 3KAl2AlSiO10(OH)2
muscovite

+ 4SiO2

quartz∕coesite

= 3KFeAlSi4O10(OH)2
Fe−celadonite

+ 4Al2SiO5

kyanite
� (A4)

3KAl2AlSiO10(OH)2
muscovite

+ 6CaFeSi2O6

hedenbergite

= 2Ca3Al2Si3O12

grossular

+ Fe3Al2 (SiO4)3
almandine

+ 3KFeAlSi4O10(OH)2
Fe−celadonite

� (A5)

Each of the PT determinations presented in Figure A1 is calculated using the same set of mineral composi-
tions (garnet 4, omphacite 9, phengite 14 from sample 2544 of Hoschek [2007]). PT determinations using the 
Holland and Powell  (1998) and Krogh Ravna and Terry  (2004) calibrations are similar, around 2.7 GPa and 
600°C with 2σ uncertainties of ∼0.2 GPa and ∼80°C. Incorporation of Fe-bearing mineral end members (dashed 
ellipse) yields a higher-temperature PT estimate with a larger uncertainty ellipse (∼3 kbar and ∼80°C), likely 
reflecting the effects of post-peak diffusional re-equilibration or inaccuracies in the assumptions made to calcu-
late Fe 2+/Fe 3+ ratios of Fe-bearing phases. These three overlapping PT estimates are also in broad agreement 
with the pseudosection-derived PT estimate (gray polygon). The garnet-clinopyroxene-phengite barometer of 
Waters (1993) yields significantly higher pressure estimates, >3 GPa.

These calculations demonstrate that typical magnitudes of absolute error associated with equilibria-based ther-
mobarometry applied to mafic HPLT rocks is of order ±0.2 GPa and ±50°C (2σ). In the example shown, this 

Figure A1.  Thermobarometry of mafic eclogites: an illustration. Plot shows superimposed equilibria and error ellipses 
associated with three different calibrations of the garnet–clinopyroxene–phengite–kyanite–quartz/coesite thermobarometer 
applied to an Alpine eclogite (sample 2544 from Hoschek [2007]). The Krogh Ravna and Terry (2004) (blue line) and 
Holland and Powell (1998) database (red line) calibrations use Equation A2 and A3 whereas the Waters (1993) barometer 
(green line) uses Equation A2. The dashed error ellipse represents the PT estimate derived using the THERMOCALC average 
PT mode (Equations A2–A5) and the shaded polygon denotes the region of PT space defined by the peak mineral assemblage 
on a PT pseudosection calculated using the whole-rock bulk composition reported by Hoschek (2007).
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dominates over the relative uncertainties between calibrations and, indeed, techniques. While the precision of the 
pseudosection-derived PT field is less than 0.2 GPa and 80°C, we emphasize that full propagation of geological 
uncertainties yields absolute magnitudes of uncertainty of similar order (e.g., Palin et al., 2016). Accordingly, we 
assume these values as minima in our compilation of HPLT data (Figure A2).

A2.  Preservation of Peak HPLT Mineral Assemblages

Here we consider the implications of the P-T-t paths that HPLT terrains are likely to follow (Section 6) for the 
preservation of HPLT metamorphic mineral assemblages and the degree to which such mineral assemblages 
correspond to the maximum P and T attained along the path. The P-T conditions at which a metamorphic mineral 
assemblage is preserved are considered to reflect the point on a P-T-t path at which grain boundary fluid is 
removed from the rock (e.g., Fyfe, 2012; Fyfe et  al., 1978; Walther & Orville, 1982), thus inhibiting further 
reaction.

Following the approach outlined by Guiraud et al. (2001), Figure A3 shows high-P segments of the P-T-t paths 
presented in Figure 12, superimposed on isopleths of bulk-rock weight percent H2O in typical MORB and pelitic 
compositions. The large dP/dT characteristic of dehydration reactions means that rocks undergoing burial along 
the plate interface are expected to reach minimum bulk-rock H2O contents at maximum depths of burial. As 
burial and dissipative heating are intrinsically linked, the cessation of burial and rapid onset of isobaric cooling 
moves plate interface rocks rapidly across isopleths of increasing bulk-rock H2O content (Figures A3a and A3b). 
Assuming that (a) prograde fluids are lost from the rock volume and (b) the rock remains dry during exhumation, 
this analysis shows that—at least for pelitic and MORB-type compositions—estimates of maximum temperatures 
and pressures for plate interface rocks represent peak metamorphic conditions.

In contrast to the plate interface, rocks undergoing exhumation along the wedge-slab interface experience heat-
ing. For the pelite, this results in dehydration (and melting) during decompression, controlled by the breakdown 
of white mica (Figure A3c), and implies that exhumed HPLT metasediments may preserve a record of meta-
morphic conditions relevant to exhumation and not the true maximum burial depth associated with subduction. 
Bulk-rock H2O contents for MORB at wedge-slab interface conditions are also controlled by the stability of white 
mica (Figure A3d), but notably, the isopleths are characterized by shallow dP/dT at sub-solidus conditions. This 
implies that mafic eclogites returned along the wedge-slab interface preserve a record of maximum pressure and 
temperature.

Figure A2.  P-T data separated according to method of P-T determination. Shades indicate method of determination: P-T 
pseudo-sections (P'sec; light gray), average P-T method (AvPT; dark gray) and conventional thermobarometry (Thermo; open 
symbols). P-T estimates derived by Raman thermo/barometry, petrogenetic grids and single-phase solution thermometry are 
not shown here are because, combined, these methods account for <15% of the data set.
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Appendix B:  Calculations of Wedge Temperatures and of P-T-t Paths
For the calculations illustrating P-T-t paths (Figure 12), we used the analytical expressions (Equations 1–5 and 
Equations 7–10) to set up the temperature profiles during subduction. We do this in preference to using numerical 
solutions so that readers may readily repeat the calculations for their own choices of parameters.

The initial temperature profile for the plate interface is calculated with convergence rate V = 100 mm/yr, dip 
δ = 25° and age of ocean floor 55 Myr. An effective coefficient of friction μ′ = 0.07 is used in Equation 1 to 
calculate temperature on the plate interface. For the wedge-slab interface (Figure 12b), we choose an illustrative 
value of Tf = 680°C for the syn-subduction temperature of the interface and Tw is taken to be 1300°C. This choice 
is somewhat higher than the temperature expected from the scaling arguments of Section 3.2.2, and is made for 
clarity of presentation of the retrograde paths; lower values of Tw give less heating during decompression. We 

Figure A3.  Relations between plate and wedge-slab interface P-T-t paths and bulk-rock H2O contents. (a and b) P-T-t paths for the plate interface as shown in 
Figure 12, with contours of weight percent H2O in solid mineral phases computed for a typical pelite and MORB, respectively. (c and d) As for (a and b) except for 
P-T-t paths along the wedge-slab interface and contours in (c) represent vol percent white mica–the only hydrous solid stable at conditions of interest (presented to avoid 
complications with H2O in silicate melt). In each of the panels, arrowheads represent the direction of burial/exhumation a rock experiences; circles represent the point 
at which the P-T-t path is tangential to bulk-rock H2O content and thus the P-T point corresponding the preserved mineral assemblage. See Appendix B for details of 
calculations.
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use β = 15 km in Equation 8, which is appropriate for the chosen depth and descent speed of the top of the lower 
plate. In this situation, heat flows from the wedge into the lower plate, while the temperature at the top of the 
lower plate changes little.

The thermal relaxation of the initial profiles shown in Figure  12 is calculated by the Crank-Nicolson 
finite-difference method (Crank, 1975) from the initial geotherms. All material is stationary; diffusion of heat 
parallel to the interface is ignored, as is the advection of heat by motion of the material of the subduction inter-
face. The calculation domain extends from the surface, where temperature is fixed at 0°C, to the base of the lower 
plate, which is taken to be at a depth of 100 km below the interface, and is held at a temperature given by the heat 
flux, Q0, through the lower plate.

Appendix C:  Flow in the Subduction Interface
In this appendix we derive expressions for velocity distributions in a layer of power-law fluid confined between 
two parallel planes in the presence of a pressure gradient. In Appendices C1–C3 we derive expressions for fluids of 
constant physical properties then, in (Appendix C4), indicate the influence on the flow of temperature-dependent 
rheological properties. Appendix C5 discusses local thickening of the interface during ascent.

The layer has thickness h; the x-coordinate is in the down-dip direction and the y-coordinate is perpendicular 
to the layer, with its origin at the base of the layer. We express the rheology of the layer in the power-law form 
commonly used to describe laboratory measurements of the flow of rocks and minerals.

𝜀̇𝜀 = 𝐴𝐴𝐴𝐴𝑟𝑟
(𝜎𝜎1 − 𝜎𝜎3)

𝑛𝑛
exp

(

−𝐸𝐸

𝑅𝑅Θ

)

,� (C1)

where (usually) 𝐴𝐴 𝐴𝐴𝐴 is the uniaxial shortening strain rate, σ1 and σ3 are the greatest and least principal compressional 
stresses, n is the power-law exponent, A is a material property, E is the activation energy for the deformation 
mechanism, Θ is absolute temperature, R is the gas constant, and f is the fugacity of H2O.

Equation C1 may be re-cast in terms of the strain-rate and deviatoric-stress tensors (e.g., Molnar et al., 1998, 
Appendix):

𝜀̇𝜀𝑖𝑖𝑖𝑖 =
1

2

√

3

(𝑛𝑛+1)

𝐴𝐴𝐴𝐴𝑟𝑟


(𝑛𝑛−1)𝜏𝜏𝑖𝑖𝑖𝑖exp

(

−𝐸𝐸

𝑅𝑅Θ

)

� (C2)

where 𝐴𝐴 𝐴𝐴𝐴𝑖𝑖𝑖𝑖 is the ijth component of the strain-rate tensor, τij is the ijth component of the deviatoric stress, and

 =
1
√

2

(𝜏𝜏𝑘𝑘𝑘𝑘𝜏𝜏𝑘𝑘𝑘𝑘)
1

2� (C3)

is the second invariant of the deviatoric stress tensor, with the convention of summation over repeated subscripts. 
With our assumed configuration of flow there is only one component of strain rate to consider, 𝐴𝐴 𝐴𝐴𝐴 , with its corre-
sponding deviatoric stress, τ.

𝜀̇𝜀 =
1

2

d𝑣𝑣

d𝑦𝑦
,� (C4)

and 𝜏𝜏 = 𝐶𝐶
d𝑣𝑣

d𝑦𝑦

|

|

|

|

d𝑣𝑣

d𝑦𝑦

|

|

|

|

1∕𝑛𝑛−1

,� (C5)

where, from Equations C1 and C5

𝐶𝐶 =

⎛

⎜

⎜

⎝

exp (𝐸𝐸∕𝑅𝑅Θ)
√

3

(𝑛𝑛+1)

𝐴𝐴𝐴𝐴𝑟𝑟

⎞

⎟

⎟

⎠

1∕𝑛𝑛

.� (C6)

Initially, we neglect variation of temperature across the interface, discussing the likely influence of such varia-
tions at the end of this subsection.
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C1.  Velocity Difference Between Top and Bottom of the Layer

Here we consider conditions relevant to the plate interface, taking the top of the layer to be fixed to the upper 
plate and its base to move at the speed of the lower plate (v(h) = 0, v(0) = V). Gerya and Stöckhert (2002) gave a 
solution of Equation 15 for n = 3. Complete solutions for higher integer values of n require the roots of quintic or 
higher polynomials, for which there are, in general, no algebraic expressions. Solutions can, however, be obtained 
for any positive value of n if the sign of the velocity does not change with depth in the layer.

If all the material of the layer of interest moves entirely in the +x-direction, the shear stress on top of the layer 
τ(h) ≤ 0 and 𝐴𝐴

d𝑣𝑣

d𝑦𝑦
≤ 0 throughout the layer. We are interested in the case in which the layer is less dense than its 

surroundings (Φ > 0); with v everywhere positive (down the layer), both sides of Equation 15 are always positive 
and we may write

d𝑣𝑣

d𝑦𝑦

|

|

|

|

d𝑣𝑣

d𝑦𝑦

|

|

|

|

(1∕𝑛𝑛−1)

=
Φ𝑦𝑦

𝐶𝐶
− 𝑎𝑎� (C7)

|

|

|

|

d𝑣𝑣

d𝑦𝑦

|

|

|

|

1∕𝑛𝑛

= 𝑎𝑎 −
Φ𝑦𝑦

𝐶𝐶
� (C8)

|

|

|

|

d𝑣𝑣

d𝑦𝑦

|

|

|

|

=

(

𝑎𝑎 −
Φ𝑦𝑦

𝐶𝐶

)𝑛𝑛

� (C9)

d𝑣𝑣

d𝑦𝑦
= −

(

𝑎𝑎 − Φ𝑦𝑦

𝐶𝐶

)𝑛𝑛

,� (C10)

where a and b are constants of integration.

Let the shear stress on the top of the layer, y = h, be a negative multiple, −γ, of the buoyancy stress, Φh:

𝜏𝜏(ℎ) = −𝐶𝐶
|

|

|

|

d𝑣𝑣

d𝑦𝑦

|

|

|

|

1∕𝑛𝑛|
|

|

|

|ℎ

= −𝛾𝛾Φℎ,� (C11)

𝑎𝑎 =
Φℎ (𝛾𝛾 + 1)

𝐶𝐶
,� (C12)

d𝑣𝑣

d𝑦𝑦
= −

(

Φ

𝐶𝐶

)𝑛𝑛

(ℎ(1 + 𝛾𝛾) − 𝑦𝑦)
𝑛𝑛+1

,� (C13)

𝑣𝑣 =
1

(𝑛𝑛 + 1)

(

Φ

𝐶𝐶

)𝑛𝑛

(ℎ(1 + 𝛾𝛾) − 𝑦𝑦)
𝑛𝑛+1

+ 𝑏𝑏𝑏� (C14)

On y = h, v = 0, hence

𝑣𝑣 =
1

(𝑛𝑛 + 1)

(

Φ

𝐶𝐶

)𝑛𝑛
[

(ℎ(1 + 𝛾𝛾) − 𝑦𝑦)
𝑛𝑛+1

− (ℎ𝛾𝛾)
𝑛𝑛+1

]

.� (C15)

The velocity on the base of the layer, V, is expressed in terms of the other parameters:

𝑉𝑉 =
1

(𝑛𝑛 + 1)

(

Φ

𝐶𝐶

)𝑛𝑛
[

(ℎ(1 + 𝛾𝛾))
𝑛𝑛+1

− (ℎ𝛾𝛾)
𝑛𝑛+1

]

.� (C16)

C2.  Zero Velocity at Top and Bottom of the Layer

Here we give a solution for the dipping buoyant layer having velocity v = 0 on each boundary. In this case,  
dv/dy changes sign in the middle of the layer and, because n is not necessarily an integer, we need—as in Appen-
dix C1—to avoid dealing with non-integer powers of negative numbers. It is convenient to place y = 0 in the 
center of the layer and, making use of the condition
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𝜕𝜕𝜕𝜕

𝜕𝜕𝜕𝜕

|

|

|

|0

= 0,� (C17)

to solve for velocities in the half of the layer where both y and dv/dy are positive; the other half follows by 
symmetry.

With the boundary condition Equation C17 and Equation C10 becomes, for the half of the layer with dv/dy > 0,

d𝑣𝑣

d𝑦𝑦
=

(

Φ𝑦𝑦

𝐶𝐶

)𝑛𝑛

� (C18)

and with v(h/2) = 0

𝑣𝑣 = −
ℎ

2(𝑛𝑛 + 1)

(

Φℎ

2𝐶𝐶

)𝑛𝑛

(

1 −

(

2𝑦𝑦

ℎ

)𝑛𝑛+1
)

.� (C19)

The full solution (Equation 19) differs from Equation C19 only in replacing y by its magnitude.

The maximum (upward) velocity in the layer is at y = 0

𝑣𝑣max = −
ℎ

2(𝑛𝑛 + 1)

(

Φℎ

2𝐶𝐶

)𝑛𝑛

� (C20)

C3.  Local Capacity of Layer

In the case of fixed velocity at top and base of the layer, the flux through the layer is, from Equation C15,

� = ∫

ℎ

0
�d� = � ℎ

( 1
�+2

(

(1 + �)�+2 − ��+2
)

− ��+1

(1 + �)�+1 − ��+1

)

,� (C21)

=
[

(� + 1)� (�+2)
(�
Φ

)�]1∕(�+1)
( 1

�+2

(

(1 + �)�+2 − ��+2
)

− ��+1

(

(1 + �)�+1 − ��+1
)(�+2)∕(�+1)

)

,� (C22)

where we have substituted for h in Equation C21 from Equation C16. It may be shown, by the usual means of 
differentiating F with respect to γ, that the maximum of F is at γ = 0. (The algebra is not illuminating, so we omit 
it.) Thus the maximum flux is obtained when the shear stress on the top of the layer goes to zero (γ = 0) and the 
shear stress on its base is equal to the buoyancy stress, Φh. Then, Equation C15 reduces to

lim
𝛾𝛾→0

𝑣𝑣

𝑉𝑉
=

(

1 −
𝑦𝑦

ℎ

)𝑛𝑛+1

� (C23)

𝐹𝐹local = lim
𝛾𝛾→0

𝐹𝐹 =
1

𝑛𝑛 + 2

[

(𝑛𝑛 + 1)𝑉𝑉 (𝑛𝑛+2)

(

𝐶𝐶

Φ

)𝑛𝑛
]1∕(𝑛𝑛+1)

.� (C24)

For n = 1 these expressions reduce to those of Shreve and Cloos (1986).

Substituting for C (Equation C6) in Equation C24 gives the local capacity as

𝐹𝐹local =
1

𝑛𝑛 + 2

⎡

⎢

⎢

⎣

(

(𝑛𝑛 + 1)𝑉𝑉 (𝑛𝑛+2)

Φ𝑛𝑛

)

⎛

⎜

⎜

⎝

exp (𝐸𝐸∕𝑅𝑅Θ)
√

3

(𝑛𝑛+1)

𝐴𝐴𝐴𝐴𝑟𝑟

⎞

⎟

⎟

⎠

⎤

⎥

⎥

⎦

1∕(𝑛𝑛+1)

.� (C25)

If no material is added to or subtracted from the interface, then Flocal represents the maximum flux of buoy-
ant material entering the interface that can be accommodated at the depth of interest (Shreve & Cloos, 1986). 
Because of the variations in velocity profile with n and γ (Figures 9a–9c), the thickness, h, of interface required 
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to accommodate a given flux varies; when γ ≳ 3, however, the average speed in the interface is ∼V/2 (Figures 9b 
and 9c), so the local flux is ∼Vh/2. It is convenient to define the capacity in terms of an effective thickness

ℎlocal =
𝐹𝐹local

𝑉𝑉
=

1

𝑛𝑛 + 2

[

(𝑛𝑛 + 1)𝑉𝑉

Φ𝑛𝑛

]1∕(𝑛𝑛+1)⎡

⎢

⎢

⎣

exp (𝐸𝐸∕𝑅𝑅Θ)
√

3

(𝑛𝑛+1)

𝐴𝐴𝐴𝐴𝑟𝑟

⎤

⎥

⎥

⎦

1∕(𝑛𝑛+1)

.� (C26)

This thickness depends weakly on V is inversely proportional to Φ to a power close to one, and depends strongly 
on the physical properties of the interface material.

In the companion paper (Smye & England, 2022) we investigate the capacity for a wide range of rock types that 
are likely to be present in subduction interfaces;

C4.  Influence of Temperature Variation Across the Interface

In this section we assess the influence on flow in the interface of the inverted temperature gradient associated 
with dissipative heating there. Duprat-Oualid et al. (2015) presented a dimensional analysis of the relative impor-
tance of the generation, diffusion, and advection of heat in major shear zones. We follow that analysis, with slight 
adaptations to the specifics of subduction interfaces.

Here, as established in the discussion of Section 3.2.1, we treat horizontal diffusion as negligible, and consider 
steady-state (∂Θ/∂t = 0). The temperature equation is

𝜅𝜅
𝜕𝜕2Θ

𝜕𝜕𝜕𝜕2
− 𝑣𝑣

𝜕𝜕Θ

𝜕𝜕𝜕𝜕
+

𝜏𝜏

𝜌𝜌𝜌𝜌

d𝑣𝑣

d𝑧𝑧
= 0.� (C27)

From Equations 1–6, for high rates of convergence, V, and dissipative heating, τV, the thermal gradient across the 
interface is ∼τV/K. We consider a portion of interface, of thickness h, having absolute temperatures Θf at its top 
and Θf − ΔΘ at its base, where ΔΘ scales as

ΔΘ ∼ 𝜏𝜏𝜏𝜏 𝜏∕𝐾𝐾𝐾� (C28)

Dissipative heating is confined within the interface, so a natural non-dimensionalization is

Θ = Θ′ΔΘ � = �′ℎ; � = �′� .� (C29)

Equation C27 becomes

𝑉𝑉 𝑉

𝜅𝜅

𝜕𝜕Θ′

𝜕𝜕𝜕𝜕′
=

𝜕𝜕2Θ′

𝜕𝜕𝜕𝜕′2
+ Br

d𝑣𝑣′

d𝑧𝑧′
,� (C30)

Br =
𝜏𝜏𝜏𝜏 𝜏

𝐾𝐾ΔΘ
.� (C31)

Br is the Brinkman number, which expresses the relative importances of heat production and diffusion (e.g. 
Duprat-Oualid et al., 2015; Yuen et al., 1978). Because the thermal gradient across the interface, ΔΘ/h, ≈ τV/K, 
Br is of order 1.

For typical convergence rates and interface thicknesses, Vh/κ is of order 1. Because temperature gradients along 
the interface are much smaller than those across the interface, ∂Θ′/∂x′ ≪ 1 and the left-hand side of Equation C30 
may be neglected. Hence

𝜕𝜕2Θ′

𝜕𝜕𝜕𝜕′2
≈ −Br,� (C32)

where we recall, from Equation C29, that dv′/dz′ ∼ 1. This corresponds to the regime of Duprat-Oualid et al. (2015) 
in which mechanical dissipation and thermal diffusion have comparable influence (see their Figure 2). Curva-
ture of the temperature gradient across the shear zone is modest, as shown by the calculations of Duprat-Oualid 
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et al. (2015, Figure 3) and Duprat-Oualid and Yamato (2017, Figure 1). For clarity, we therefore consider the 
mechanical impact of temperature dependence using a constant temperature gradient.

We consider a Newtonian fluid having the constitutive relation

� = �0 exp
( �
�Θ

) d�
d�

.� (C33)

With Equation C33, the stress-balance equation (Equation 15) becomes

Φ = d�
d�

≈ �0 exp
( �
�Θ

)

[

d2�
d�2

− �
�Θ2

dΘ
d�

d�
d�

]

,� (C34)

≈ �0 exp
( �
�Θ

)

[

d2�
d�2

− �
�Θ2

��
�

d�
d�

]

,� (C35)

where we have approximated dΘ/dz using Equation C28. Full solutions to this problem require numerical tech-
niques (e.g., Yuen et al., 1978) and are beyond the scope of this paper. We may, however, assess the influence 
of temperature-dependent rheology on the flow through approximate solutions. The non-dimensional form of 
Equation C35 is

d
2𝑣𝑣′

d𝑧𝑧′2
+ 𝐸𝐸′ d𝑣𝑣

′

d𝑧𝑧′
− Ψ ≈ 0,� (C36)

where

𝐸𝐸′
=

𝐸𝐸𝐸𝐸𝐸𝐸 𝐸

𝑅𝑅𝑅𝑅Θ2
= Br

𝐸𝐸ΔΘ

𝑅𝑅Θ2
;� (C37)

Ψ =
Φℎ2

𝑉𝑉 𝑉𝑉0 exp (𝐸𝐸∕𝑅𝑅Θ)
∼

Φℎ

𝜏𝜏
.� (C38)

With v′(0) = V and v′(1) = V, and holding Ψ constant,

𝑣𝑣′ =
𝐸𝐸′𝑉𝑉

(

𝑒𝑒𝐸𝐸
′

− 𝑒𝑒𝐸𝐸
′𝑧𝑧
)

− Ψ

(

𝑧𝑧𝑧𝑧𝐸𝐸
′

− 𝑒𝑒𝐸𝐸
′𝑧𝑧
+ (1 − 𝑧𝑧)

)

(

𝑒𝑒𝐸𝐸
′

− 1

)

𝐸𝐸′

� (C39)

Solutions for Ψ = 0 are shown in Figure 9d, and for V = 0 in Figure 10a. As the temperature gradient across the 
interface goes to zero we recover the temperature-independent solutions for the velocity profiles:

lim
𝐸𝐸′

→0

𝑣𝑣′ =

(

𝑉𝑉 −
Ψ𝑧𝑧

2

)

(1 − 𝑧𝑧)� (C40)

C5.  Variations in Layer Thickness

If the thickness of the layer changes with time then mass conservation requires that

𝜕𝜕𝜕

𝜕𝜕𝜕𝜕
= −

𝜕𝜕𝜕𝜕

𝜕𝜕𝜕𝜕
� (C41)

where F is the flux through the layer (Shreve & Cloos, 1986).

Our focus is on instability of the layer once subduction has ceased. A full analysis of this problem is beyond the 
scope of this paper; here we indicate only how such instabilities may arise, and estimate approximate time scales; 
see Ghosh et al. (2020) for further discussion. For simplicity, we consider a Newtonian fluid. We imagine a situation, 
immediately after the cessation of subduction, in which Φ and the layer thickness are both constant, but the viscosity 
of the layer varies with x. In particular, because the temperature of the layer increases with depth, we suppose
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𝐶𝐶 = 𝜂𝜂(𝑥𝑥) = 𝜂𝜂0 exp

(

−𝑥𝑥

𝜆𝜆

)

,� (C42)

where x is the distance (positive down-dip) from the location at which the viscosity is η0, and λ is a scale length 
representing the temperature dependence of the viscosity and the temperature gradient down the layer.

When the velocities of top and bottom of the layer are the same, the flux through the layer in the + x direction is, 
from Equation C19 with n = 1,

𝐹𝐹 = 2
∫

ℎ∕2

0

𝑣𝑣d𝑦𝑦 = −
Φℎ3

12𝐶𝐶
,� (C43)

and

𝜕𝜕𝜕

𝜕𝜕𝜕𝜕

|

|

|

|𝑥𝑥=0

=
Φℎ3

12𝜆𝜆𝜆𝜆0
.� (C44)

Here, we have assumed that, initially, h is constant in the region of interest. Equation C44 shows that, if viscos-
ity of the layer decreases downwards, the layer will increase in thickness as material further down the layer 
moves more upwards. This process increases the thickness—hence buoyancy—of the layer at the point of interest 
increasing the upward flux there (Equation C43), leading to an instability in which the thickness of the layer, and 
the speed of ascent of material within it, both increase until they are limited by a phenomenon such as the highly 
viscous material more shallow in the layer and/or the perturbations in pressure arising from the instability. The 
time scale associated with the growth of such an instability is approximately

12𝜂𝜂0𝜆𝜆

Φℎ2

0

.� (C45)

We estimate λ by using variation in viscosity of a form commonly found in from laboratory experiments

� = �0exp
( �
��

)

1
�
��
��

= −1
�
= − �

�� 2
��
��

� ∼ �� 2

��

� (C46)

where G is the temperature gradient along the interface and E is the activation energy for creep. With G(∼10°C/
km), E being a few times 10 5 kJ/mol for most minerals, and for temperatures of order 1000 K, λ ∼ 1–10 km. With 
Φ ∼ 1,000 Pa/m, such instabilities will occur on time scales that are of order a million years or less, provided that 
η0 ≲ 10 19 Pa s.

Data Availability Statement
All datasets supporting the conclusions in this paper are freely available online at this site: https://doi.org/10. 
17605/OSF.IO/JASV5.
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