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Abstract

Global volcanism has implications for planetary evolution far beyond the surface features that

we observe. Magmatic and volcanic processes control the structural, thermal and composi-

tional evolutions of the bodies where they operates. Jupiter’s moon Io, the most volcanically

active body in the Solar System, is an extreme ‘end-member’ that allows us to investigate the

effects of planetary magmatism and volcanism in relative isolation of other processes. Previ-

ous research has generally investigated melting and magmatism within Io’s partially-molten

mantle separately from the volcanic systems in its lithosphere. In this thesis I present a suite

of models that move beyond previous works by coupling mantle melting and magmatism to

lithospheric evolution and volcanism. With this approach I show that magmatic intrusions

within Io’s lithosphere are a fundamental part of the global heat balance, delivering signifi-

cant mass and energy to the lithosphere and controlling its thickness. As well as transporting

heat, magmatism and volcanism also transport chemical species. With the inclusion of a

simple chemical system, I show how magmatism and volcanism control Io’s compositional

evolution, leading to a layered mantle structure and the generation of ultra-high-temperature

magmas in the deep mantle that can explain Io’s highest temperature eruptions. Finally,

the structural implications of magmatism and volcanism can be related to underlying tidal

heating; I show how tidal heating distributions can be inferred from improved observations

of long-wavelength lithospheric thicknesses and topography.
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CHAPTER 1

Introduction

Heat transport mechanisms play a pre-eminent role in the evolution of planetary bodies.

Volcanism, perhaps the most dynamic of these, is not merely the eruption of molten rock

onto the surface of a body, but is also a pathway for heat and chemical species to move from

the interior to the exterior. Planetary-scale volcanic activity also allows the transfer of large

amounts of energy, and is thought to have played an important role in the evolution of the

early Earth (Moore and Webb, 2013) and Venus (Moore et al., 2017), exoplanets (Lourenço

et al., 2018), planetesimals, and icy moons like Europa and Enceladus (Keane et al., 2020).

By affecting large proportions of planetary interiors, far below the surface features that we

observe, planetary volcanism leads to compositional evolution and the formation of atmo-

spheres. Indeed with its role in the generation of Earth’s atmosphere, volcanism contributed

significantly to the emergence of life. Conversely, volcanism on Venus has lead to what ap-

pears to be a thoroughly uninhabitable surface. Understanding the role that volcanism plays

in the evolution of planetary interiors and surfaces is of vital importance to understanding

how it may facilitate or prevent the emergence of habitable environments.

This thesis focuses on the most volcanically active body in the Solar System, Jupiter’s moon
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Io. Slightly larger than our Moon, Io is an extreme ‘end-member’ that allows us to investi-

gate magmatism and volcanism in relative isolation from other processes. With virtually no

atmosphere, no plate-tectonics, and a relative wealth of observations, it is the perfect staging

point for an investigation into how magmatism and volcanism control planetary evolution.

By understanding how these processes dominate Io’s structural, thermal, and chemical evo-

lution, we can start to understand their more transient effects throughout the Solar System

and beyond.

Io is also particularly interesting because of the source of the heat that drives its volcanism:

tidal heating. Tidal heating is a process of fundamental importance in the Solar System

(de Kleer et al., 2019b), not least because it has generated water oceans inside Enceladus

(Spencer and Nimmo, 2013) and Europa (Carr et al., 1998) that potentially harbour life.

Io’s volcanism provides a direct window into its interior, allowing a joint investigation of

magmatism, volcanism, and tidal heating in a way not possible with any other body.

In this chapter I will introduce Io, giving a brief history of its observation and presenting

its key characteristics together with the works that have described and constrained them.

I will then discuss some of the main open questions in the Io research landscape, covering

those that I will tackle in this thesis, as well as those that I will not. I will conclude with an

outline of this thesis.

1.1 The Galilean satellites of Jupiter

The Galilean satellites are Jupiter’s four largest moons: Io, Europa, Ganymede, and Callisto,

so named for their discovery by Galileo Galilei in the 15th Century. The Jupiter system is

often informally referred to as a mini-solar-system because of the similar trends that can be

observed between the Jovian satellites and the Solar System planets. The Galilean satellites

are progressively enriched in volatiles with distance from Jupiter, in a similar manner to the

2
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increasing volatile content of bodies with distance from the Sun, yielding a density decrease

with distance from Jupiter (table 1.1). The Galilean satellites also experience progressively

smaller gravitational tides with distance from Jupiter. Io is the closest Galilean satellite to

Jupiter, and has received enough internal heating throughout its history to differentiate into

an iron-rich core and a silicate shell. Indeed present day tidal forces result in its pervasive

silicate melting and surface volcanism.

1.2 A brief history of exploration

1.2.1 The Voyager 1 era

The extreme tidal heating of Io was first predicted by Peale et al. (1979), who proposed

that its Laplace resonance with Ganymede and Europa (see section 2.1) — first discovered

in 1771 by Pierre-Simon Laplace — would lead to significant internal heating. They were

proven spectacularly correct a few months later when Voyager 1 first observed Io’s volcanic

terrains and over 10 km high mountains (left hand side of figure 1.1, Morabito et al., 1979).

Voyager 1 revealed that Io’s surface is rich in sulphur allotropes and sulphur dioxide (Smith

et al., 1979). This led to debate as to whether Io’s surface was dominantly silicate (Carr

et al., 1979) or composed of primary sulphur compounds (Sagan, 1979). After infra-red

data revealed the high surface heat flux however, it was established that sulphur compounds

would be too weak to support Io’s topography, and the silicate nature of the near-surface

was established (Clow and Carr, 1980). As the flight of NASA’s flagship Jupiter orbiter

Galileo approached, eruption temperatures were constrained to be over 1000 K, well above

the boiling point of sulphur (Blaney et al., 1995), and as Lopes and Spencer put it “the

case for silicate volcanism as the dominant mechanism at work in Io’s hot crust was soundly

established” (Lopes and Spencer, 2007, p.27).

3
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Table 1.1: Bulk physical properties and orbital characteristic of the Galilean satellites

Galilean
satellites

Mass
(1020 kg)

Radius
(km)

Mean
density
(kg/m3)

Semi-
major
axis
(103 km)

Orbital
period
(days)

Orbital
eccentricity

Io 893.2 1821.5 3530 421.8 1.769 0.004
Europa 480.0 1560.8 3010 671.1 3.551 0.009
Ganymede 1481.9 2631.2 1940 1070.4 7.155 0.001
Callisto 1075.9 2419.3 1830 1882.7 16.689 0.007

Figure 1.1: Left: ‘The discovery photo’ taken by Voyager 1, showing the first evidence of active
volcanism on an extra-terrestrial body (Morabito et al., 1979). Note that Voyager took significantly
higher resultion images than that shown here. Right: True colour image taken by Galileo in 1999.

4
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1.2.2 The Galileo era

The Galileo mission revolutionised Io research (right hand side of figure 1.1). Initial Galileo

observations indicated widespread ultramafic volcanism, estimating the Pillan eruption to

be 1870± 25 K (McEwen et al., 1998). Over time these temperatures were revised down to

∼ 1600 K (Keszthelyi et al., 2007), but nonetheless it became clear that Io’s eruptions are

dominantly mafic to ultramafic silicate lavas. Again we can turn to Lopes and Spencer who

noted (Lopes and Spencer, 2007, p.292)

“...so far we have no proof that sulfur-dominated volcanic flows exist. This ques-

tion can probably only be answered by high-resolution spacecraft observations

capable of measuring the peak temperatures of active flows.”

Indeed the following decade provided no evidence of primary sulphur volcanism, despite

sulphur’s obvious role in providing the yellow, red, and green hues that dominate the surface

(figure 1.1).

In many regards we are still in the Galileo era of Io observation, despite the end of the

Galileo mission in 2003. No new mission has provided anywhere near as much data on

Io as Galileo did. Earth-based observational campaigns are, however, enabling continued

monitoring and cataloguing of eruption events, in particular the 2013–2018 observational

campaign utilising the Keck and Geimini N telescopes in Hawaii (de Kleer et al., 2019a).

Improving Earth-based observations are providing significant insight into secular variation

in volcanic activity, and with new observational techniques (e.g., Davies et al., 2016, 2017)

robust lava temperature and composition data are within reach. These advances, together

with new missions to the Jupiter system (JUICE, Europa Clipper, and the proposed Io

Volcano Observer), demonstrate that we may be about to enter a new era of Io research.

5



Chapter 1. Introduction 1.3. The composition and basic structure of Io

1.3 The composition and basic structure of Io

A good starting point for a geophysical description of a planetary body is in considering its

bulk composition and structure. The predominantly mafic to ultramafic character of Io’s

volcanism, and the silicate nature of its lithosphere were well established before the flight of

Galileo. Gravity data from Galileo placed the average density at∼ 3528 kg/m3, which implies

a silicate/iron bulk composition. Classic solutions for the shape and gravity field (quantified

by the tidal Love numbers, see section 2.1) of a homogenous body are inconsistent with Io’s

observed shape and gravity field, which implies that it has differentiated into an iron-rich

core and a silicate mantle.

Whilst we can ascertain that Io has differentiated, the sizes and compositions of the core

and mantle are not uniquely constrained. Moore et al. (2007) presented the family of results

for core/mantle densities and sizes that are compatible with Io’s mass and Love numbers

(reproduced in figure 1.2). The range of possible core densities comes from the potential

incorporation of a light element into the iron core. This light element is typically assumed to

be sulphur given the abundance of sulphur at the surface. The more sulphur there is in the

core, the lower its density and so the greater its size must be in order to match the mass and

Love number constraints. It is most likely that the core density lies between that of pure Fe

and FeS (figure 1.2), and throughout this thesis I take a commonly used intermediate value

of 7640 kg/m3 (Bierson and Nimmo, 2016). This corresponds to a core radius of ∼ 700 km.

Present shape and gravity data can only tell us this much because as more layers are added

to a model, the solutions become less and less constrained. The density of Io’s mantle is

constrained to be between about 3000 − 3300 kg/m3, assuming that it does not have an

extremely large and sulphur rich core (figure 1.2). This is a relatively strong constraint on

density, but given that we don’t know the temperature it is not straightforward to turn this

into a composition. Sohl et al. (2002) used equation of state data and an assumption of a

6



Chapter 1. Introduction 1.4. Surface volcanism on Io

Figure 1.2: Two-layer models of Io that are consistent with observed Love numbers and the bulk
density, reproduced from Moore et al. (2007). These models assume that Io’s shape is roughly
hydrostatic, consistent with the high surface heat flow.

pure olivine mantle to estimate the forsterite content of the mantle to be between 76 and

85 wt%, but this is about as far as the field has come in this direction. Simply put, better

gravity data are required to further constrain interior structure based on these shape/gravity

techniques.

1.4 Surface volcanism on Io

Having broadly established what Io is made of and its basic structure, we can turn to a

discussion of the most obvious process controlling its evolution: volcanism. The surface is

crater free and covered in volcanic features, indicating ongoing global resurfacing. There are

three main areas that, together, describe Io’s volcanism. The first — which I have already

7
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touched on — is the temperature and composition of erupta. The other two areas consider

the style of volcanic activity, and the distribution of volcanic activity. In this section I will

discuss all three, providing a picture Io’s volcanic activity.

1.4.1 Eruption temperatures and compositions

As I have discussed, it appears that Io’s lavas are mafic to ultramafic, but discerning their

temperatures is not straight-forward. The difficulty in ascertaining the erupta temperatures

ultimately comes from the difficulty in observing the cooling history of flows. Infra-red

data are used to estimate lava temperatures through the application of a cooling model.

With some assumptions about the style of volcanism (see below), a time-series of infra-red

measurements can be fit with a cooling model, which can be used to extrapolate back to an

eruption temperature (e.g., Keszthelyi et al., 2007). In order to do this requires a somewhat

serendipitous eruption that is within line-of-sight of a ground-based infra-red telescope at a

number of points early after lava emplacement. The cold surface of Io makes this even more

difficult as lavas cool extremely quickly upon eruption. The complexity of this procedure is

why works can frequently only present lower limits on eruption temperatures.

Despite these complications, there does appear to be significant variability in eruption tem-

peratures. Most eruptions are consistent with basaltic-like temperatures on the order of

1300 K (McEwen et al., 1998), but rarer ‘outburst’ eruptions (see below) appear to have

much higher temperatures, with lower bounds as high as 1900 K (de Kleer et al., 2014).

Whether this is a true dichotomy or if temperatures range between these two values is un-

clear, it is nonetheless apparent that Io’s volcanism is hot, mafic, and non-uniform.

8
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1.4.2 Styles of volcanic eruption

There are three predominant eruption styles observed on Io. The first are the extensive flow

dominated eruptions. These eruptions emplace magma relatively slowly over the course of a

number of years and generate huge flow fields hundreds of kilometres in extent. The Amirani

flow field (figure 1.3) is an example of one of these. New eruptions are seen at the edges

of the flow field where lava breaks through the cooling crust. Magma is presumably fed to

these features through lava tubes (Davies et al., 2017). Given the huge areal extent of these

features, it seems likely that they play a significant role in resurfacing. The temperatures of

these flow dominated eruptions seem to be consistent with terrestrial basalts (Davies et al.,

2017).

The second type of eruptions are termed ‘intra-patera’ eruption (Lopes and Spencer, 2007).

These eruptions are confined within volcanic paterae, which are similar to terrestrial calderas

(Radebaugh et al., 2001) and are found in great number across Io (most of the dark ‘spots’

seen on Io’s surface are at the sites of these paterae, figure 1.1). Intra-patera eruptions tend to

be overturning lava lakes with quasi-periodic activity (de Kleer and de Pater, 2016). Similar

to flow dominated eruptions, intra-patera eruptions seem to be consistent with basaltic

temperatures (de Kleer et al., 2017). Loki is the archetypal intra-patera volcano and is

the most eruptive volcano in the Solar System (de Kleer et al., 2017), contributing about

15% of Io’s global heat loss (Spencer et al., 2000). Intra-patera eruptions can occur with

or without associated dust/gas plumes, but the effusive parts of these eruptions appear to

be well confined within the paterae. This implies that these eruptions do not significantly

contribute to resurfacing despite their important role in global heat loss.

The third and final type of volcanic activity observed on Io are the explosive eruptions. These

eruptions tend to occur at paterae or fissures, but are much shorter lived than intra-patera

eruptions, with a large amount of energy going toward the formation of large pyroclasic

plumes. These plumes can reach > 200 km in height above the surface of Io (as seen in the
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Figure 1.3: The Amirani flow field, imaged by the Galileo solid-state imager (SSI) in Feb 2000.
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‘discovery photo’ in figure 1.1). These explosive eruptions produce both pyroclastic deposits

as well as dark lava flow fields (Lopes and Spencer, 2007). It is these eruptions that result in

the ring structures seen on Io’s surface, with plume material following ballistic trajectories.

The rare, most powerful explosive eruptions are termed ‘outburst’ eruptions, and are defined

as events that double the global infra-red flux at the 4.5−5.0 µm wavelength range (de Kleer

et al., 2014). The highest eruption temperature estimates come from these outbursts, with

the present highest estimate being ≥ 1900 K (de Kleer et al., 2014), indicative of ultramafic,

komatiite like eruption compositions (Williams et al., 2000).

1.4.3 Volcanic activity distributions

A large amount of work has been dedicated to analysing the distribution of Io’s hotspots,

volcanic features, and volcanic activity. These works generally analyse a catalogue of eruption

events, or a catalogue of eruption features, in order to determine if there are regions with

higher rates of volcanism (e.g., Ross et al., 1990; Kirchoff et al., 2011; Hamilton et al.,

2013; Rathbun et al., 2018; Cantrall et al., 2018). A lot of time is spent deciding what

features/events to include in these analyses with relatively little consensus in the community

both on what features should be included and on what activity distributions they imply. On

the one hand, by counting volcanic units and constructs, formerly eruptive regions could be

identified, but on the other hand, if eruptive features are erased by subsequent eruptions,

more active regions may not show more features (these trade-offs are discussed in Rathbun

et al., 2018).

Some recent works propose that there are higher rates of volcanic activity near the equator

(Cantrall et al., 2018), with others proposing the opposite, advocating greater activity at the

poles (Rathbun et al., 2018). Part of the difficulty here is that there is a significant observa-

tional bias against polar observations, which cannot generally be observed with ground-based

systems. Rathbun et al. (2018) included new data from the Juno mission, which is in an
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initially polar orbit around Jupiter and so can make occasional observations of Io’s poles,

which goes some way to addressing this observational bias. Ultimately, far more observa-

tions of the polar regions are needed to accurately ascertain whether any latitudes on Io are

systematically less active. Certainly there does not appear to be a systematic region that is

inactive, and so at least at leading order we can say that the volcanism is global.

Considering the temperatures, compositions, eruption styles, and global distribution of Io’s

volcanism we can start to piece together a picture of its global, large scale volcanism. Io’s

volcanism is mafic to ultramafic, with a range of explosive and effusive activity. Large flow

fields and explosive eruptions appear to do most of the resurfacing on Io, but intra-patera

eruptions may be dominating heat flow. Sulphur clearly plays a role in the volcanic systems,

but it is not necessarily clear how deep this association goes. How this picture of volcanism

that we have obtained over the last 40 years relates to long-timescale evolution is a significant

open question; as is the role of sulphur. In this thesis I will address some of the broader

questions about long-timescale resurfacing, but there are also a multitude of interesting

volcanological research avenues that could be explored in this system.

1.5 Tidal dissipation

Tidal dissipation (or tidal heating) is the process that is supplying energy to Io, and thus

is the driving force behind its activity. This fundamental planetary process is an important

component of this thesis and I will spend some time discussing details of its operation in

Chapter 2, but here I will provide an overview of its importance to Io.

Tidal dissipation occurs when a satellite undergoes time-dependent deformation. In the case

of Io this time dependent deformation is caused by its eccentric orbit, which is maintained

by its Laplace resonance with Europa and Ganymede. There are different ways to calculate

the rate of tidal heating within a body, and I will cover these in Chapter 2, but for now it
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is enough to know that the total heating rate can be estimated from orbital characteristics

and the gravitational Love number. Lainey et al. (2009) estimated the total heating rate in

Io to be 9.33± 1.87× 1013 W. If Io is losing heat at the rate that it is dissipated (we believe

it is, see section 1.6.2), and if this heat is lost uniformly across at the surface, it corresponds

to a surface heat flux of ∼ 2.4 W/m2, which is about two orders of magnitude greater than

the average surface heat flux on Earth. It is important to note, however, that a number of

assumptions go into the the calculation of tidal heating rates (as I shall discuss in section

2.1) and so whilst there is a relatively strong community consensus on this value for the

heating rate, it should be treated with some caution.

The total tidal dissipation rate is of course of great importance in the Io story, but so is the

distribution of heating. The distribution of tidal heating in a body depends on its internal

structure; this is a fundamental point that I will discuss in Chapter 2 and at a number

of other points in this thesis. For now it is important to understand that there are two

competing models for the distribution of tidal heating within Io. The first assumes that

heating is distributed throughout the silicate mantle, with a maximum near the core and a

minimum at the surface; this is the distribution expected for a solid, differentiated body and

I will refer to it as the ‘mantle heating model’. The second model assumes that heating is

concentrated within a dissipative asthenosphere just beneath Io’s lithosphere, which I will

refer to as the ‘asthenosphere heating model’. This asthenosphere heating model would be

expected to be relevant if Io has a dissipative, low viscosity layer beneath its lithosphere such

as a magma ocean — a feature that has been proposed in a number of works (e.g., Khurana

et al., 2011) and that I will discuss below. If heating is distributed through the mantle, more

dissipation occurs at the poles, and is expected to produce high polar heat fluxes, whereas

if heating is concentrated in an asthenosphere, more dissipation occurs at the equator, and

is expected to produce high equatorial heat fluxes.

The works analysing the distribution of Io’s volcanic activity that I described above have
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generally done so with an aim of distinguishing these different dissipation models. If there

was a bias of volcanic activity toward the equator this would favour an asthenosphere heating

model, whereas a bias of activity to the poles would favour a mantle heating model. Un-

fortunately, as I have discussed there is little consensus in the community on this question

and so volcanic activity distributions cannot currently be used to constrain tidal heating

distributions. The distribution of tidal heating and its relationship to interior structure is

one of the most significant open questions surrounding Io, and indeed planetary science in

general.

1.6 Heat transport in Io

The heat transport processes that operate in planetary interiors exert a pre-eminent control

on interior structure. Earth’s plate tectonics for example — which controls so much of how

the outer layers of the Earth operate — is a manifestation of mantle convection, which is the

primary means of heat transport in Earth’s mantle. By understanding what heat transfer

processes are operating in the different regions of a planetary body, we can build a picture

of a body’s interior structure and dynamics. Tidal dissipation supplies energy to Io, but it is

its action alongside the heat transfer processes operating that determine interior structure.

1.6.1 Lithospheric heat transport

Early in the observational history of Io it was clear that its prodigious surface heat flow could

not be supported by conduction. The > 10 km mountains first observed by Voyager 1 could

not be supported by the ∼ 5 km lithosphere that conduction would imply. O’Reilly and

Davies (1981) provided a solution to this problem, proposing the ‘heat-pipe’ mechanism for

heat transport through Io’s lithosphere. Volcanic systems provide a rapid, direct means for

molten rock to export heat across the lithosphere, upon which it radiates its energy to space.
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The continual eruption of this material onto the surface buries the lithosphere downward,

producing a lithospheric conveyor belt that advects the cold surface temperatures (∼ 150 K)

into the interior. This eruption and burial process leads to the growth of a thick and cold

lithosphere capable of supporting Io’s mountains.

Strong support for heat-piping lies in the observation that the majority of heat flow from

Io’s surface comes from volcanic features (Davies et al., 2015). We can estimate the Péclet

number in Io’s lithosphere (which we’ll take to be h ∼ 75 km thick for this purpose) assuming

a resurfacing rate of v ∼ 1.25 cm/yr (obtained from assuming all heat lost from Io is volcanic,

with a temperature drop of 1350 K) and a thermal diffusivity of κ = 10−6 m2/s; this yields

a Péclet number (Pe = vh/κ) of ∼ 30, implying that advective heat transfer is about an

order of magnitude faster than conductive heat transport. The importance of advective

heat transfer implies that most of the lithosphere should be cold and capable of supporting

significant topography

As well as facilitating the growth of a lithosphere capable of supporting Io’s mountains, heat-

piping also explains how these mountains form. The eruption and burial process is happening

on a sphere, which means that as the surface is buried, its area must reduce. The burial of

the lithosphere causes significant lateral compression, which results in thrust faulting that

facilitates the reduction in area, and causes the growth of high mountains (McKinnon et al.

(2001), figure 1.4). This hypothesis for mountain building has been refined over time to

account for volcanic heat fluxes, thermal stresses, and near-surface extension (Kirchoff and

McKinnon, 2009; Kirchoff et al., 2011, 2020), but has remained largely unchanged.

1.6.2 Mantle heat transport

The dominant heat transfer mechanisms within Io’s mantle are not as clear as those within its

lithosphere. The eruption and burial process described in section 1.6.1 requires a significant

magma flux out of the mantle, but does not constrain where this magma forms or how it
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Figure 1.4: Schematic of heat piping and the lateral compressional stress σh caused by the eruption
and burial process, reproduced from McKinnon et al. (2001).

reaches the base of the lithosphere. Io’s estimated tidal heating rate of ∼ 1×1014 W (Lainey

et al., 2009) appears to be in good agreement with total amount of energy being lost from

Io’s surface. This has been used to infer that Io is in thermal steady state. However, as I

noted in section 1.5 there are a number of assumptions involved in the calculation of tidal

heating rate that complicate this issue. We do not know whether the heating rate is changing

over time, and it is possible (though perhaps unlikely) that the apparent match between the

estimated heating rate and the observed surface heat flux is a coincidence. Nonetheless,

the assumption of a thermal steady state has dominated the research landscape, and in this

thesis I will also make this important and fundamental assumption. It is important to keep

in mind, however, that the question of the total tidal heating rate within Io is not fully

settled, and won’t be until we have a much firmer grasp on its internal structure.

If Io is in thermal steady state then the heat transfer processes in the mantle must be

in equilibrium with the tidal dissipation rate, which is not guaranteed given the expected

feedbacks between heat transport, rheology, and dissipation (see Chapter 2). Moore (2003)

looked for such equilibria using a tidal heating model and heat transport calculations (figure

1.5). One potential heat transport mechanism is convection, which is the heat transport

process that dominates in Earth’s mantle. In convective heat transport, buoyant material
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Figure 1.5: Cartoon showing possible thermal equilibria between heat production processes and
heat transport processes in a tidally heated body, reproduced from Breuer and Moore (2015).
Equilibria between tidal heat production and convective heat transfer cannot match observations
of Io’s surface heat flux. At temperatures where tidal heating matches the surface heat flux,
convection is too inefficient to transport the generated heat. Magmatic segregation can transport
energy efficiently at low melt fractions, at which tidal heat production is also high. It is these
arguments that have lead to the paradigm view that heat transport in Io’s mantle is dominated by
magmatic segregation.
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transports heat upward, and cold material sinks to replace it. Moore and Webb (2013),

however, proposed that when convection is in equilibrium with tidal heating it falls orders

of magnitude short of producing the observed surface heat flux. Convective heat transport

increases with temperature due to the decreasing viscosity, but tidal heating has a parabolic

relationship with temperature (section 2.1), with a maximum just above the solidus (figure

1.5). At temperatures where dissipation is high and can match the observed surface heat

flux, the mantle is too viscous to transport the generated heat by convection. This causes the

temperature to increase and dissipation to reduce towards the equilibrium value (figure 1.5).

Moore (2003) proposed that instead of convection, another more efficient heat transport

mechanism must be operating that can transport the observed surface heat flux at lower

mantle melt fractions and temperatures. Moore (2003) proposed that buoyant magmatic

segregation could be this mechanism.

Buoyant magmatic segregation is a process of central importance to this thesis. I will in-

troduce it fully with an overview of two-phase flow in Chapter 2. For now a qualitative

understanding is sufficient; in a magmatically segregating system, heating causes the pro-

duction of magma, which segregates upward due to buoyancy. Segregating magma carries

sensible and latent heat upward, transporting heat out of the deep interior.

The heat transport processes that dominate in Io are thus relatively well understood. Mag-

matic segregation transport energy out of the partially molten mantle, and volcanic systems

carry this energy to the surface. It is important to point out that if a magma ocean is

present it may complicate this picture. Heat transport in a magma ocean occurs by tur-

bulent convection, and the importance of such a layer will depend on how much energy is

directly dissipated within it. It is also important to note that whilst solid-state convection

cannot dominate heat transport in Io’s mantle, this does not mean that convection does not

occur. There may be thermal or compositional drives for convection that are not removed

by the segregation of magma, in which case solid-state convection may exert an important
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control on Io’s internal structure.

1.7 Io as a spherically symmetric body

In this introduction I have spent a lot of time discussing broad, leading-order observations,

some time discussing large-scale variations, and very little time discussing high-fidelity, small-

scale features. When discussing volcano distributions I noted that a lot of effort has been

dedicated to finding patterns in Io’s volcanism, but perhaps the simplest conclusion we can

draw is that the entire surface is volcanically active. Taking another look at the Galileo

true-colour image in figure 1.1 we can see that volcanic features cover the entire surface.

There are no craters, which implies that resurfacing is global on long-timescales. Indeed the

crater free nature of Io’s oldest surfaces (the regions of greatest mass wasting) means that

they must be younger than 106−107 years (Lopes and Spencer, 2007). It is also important to

remember that at leading order, tidal heating is degree-1 (spherically symmetric). There is

certainly nuance in the distribution of heating, and a lot of questions would be addressed by

a close knowledge of this distribution, but fundamentally, heating is taking place throughout.

There is a great deal of small-scale complexity on Io, but at leading-order, it appears to be

a spherically-symmetric body.

As observational fidelity improves, there is a natural drive to build models that investigate

increasingly detailed features. Importantly, however, there are a number of open questions

surrounding Io’s leading order structure, as I shall discuss in the next section. In this thesis

(with the exception of Chapter 5) I will make the fundamental assumption that at leading

order Io can be treated as a spherically symmetric body. The heterogeneity that is seen on

the surface, as well as that expected within the interior, is then considered to be a deviation

from this spherical symmetry. In this context, Io’s deviations from spherical symmetry can

only be understood once the leading order structure is ascertained.
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1.8 Open questions

The observations of Io that have been accumulated since Voyager 1, together with the now

over 40 years of literature surrounding them, paint an intriguing picture of an extraordinarily

active world. Nonetheless there are still a number of important open questions. Some of these

questions are perhaps out of reach without a dedicated mission (Keane et al., 2020), but some

are beginning to be tackled as our observational catalogue and the fidelity of measurements

grows. In this thesis I will tackle a small subset of the many interesting avenues of research

that Io presents. In this section I will take some time to discuss the primary open questions

surrounding Io; I will discuss both those that I will address in this thesis, and those that I will

not. It goes without saying that this will not be an exhaustive account of every open question

in Io research, and I will focus specifically on geodynamics, structure, and volcanology, not

touching on the rich magnetosphere and plasma-physics literature.

1.8.1 The presence or absence of a magma ocean

The single biggest open question surrounding Io is whether it hosts a global, sub-surface

magma ocean. There has been an unfortunate lack of clarity in the literature on the definition

of a magma ocean (it has been used to describe melt fractions as low as 20%, significantly

below matrix disaggregation), but here and throughout this thesis I will consider a magma

ocean to be a global layer with melt fractions above disaggregation (∼ 35%) that behaves

as a fluid on short timescales. Khurana et al. (2011) used magnetometer data to infer the

presence of a global melt layer beneath Io’s lithosphere. A conducting fluid layer results in

induction in the vicinity of Jupiter’s strong magnetic field; this induction can be detected by

magnetometers such as that on Galileo. Khurana et al. (2011) proposed that a melt fraction

of at least 20% over a 50km region was needed to satisfy observations, and whilst I noted

above that a 20% melt fraction layer should not be considered a magma ocean, they did
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favour higher melt fractions exceeding disaggregation. This observation has been challenged

in a number of works; Roth et al. (2017) proposed that observations of Io’s aurora hotspots

are inconsistent with the presence of a magma ocean, and Blöcker et al. (2018) noted that

plasma interactions in Io’s atmosphere can provide an alternate explanation for induction

measurements. This question is being actively investigated by a number of groups and little

consensus has yet been reached.

The presence of a magma ocean would raise a number of questions about Io’s interior dy-

namics (as well as for dissipation structure). If this layer is buoyant, how are such vast

quantities of magma prevented from erupting all at once, and how can a fluid magma ocean

explain the apparent variability in erupted temperatures and compositions? Within this

thesis I will not directly tackle the question of whether a magma ocean is present, but I will

make some related points. Foremost of these is that I will ask by what mechanisms could a

high melt fraction layer within Io be generated. By developing our understanding of magma

dynamics within Io, I hope to parallel the advances in magnetohydrodynamics and allow us

to move toward an answer to this fundamental question. The fact remains, however, that

the best way to ascertain whether a magma ocean is present is to make new geophysical

measurements with an orbiting spacecraft (Keane et al., 2020).

1.8.2 Io’s dissipation structure

The presence or absence of a magma ocean on Io has significant implications for the distri-

bution of tidal heating. The mechanisms by which tides cause heating are different in solid

bodies (e.g., Segatz et al., 1988) and fluid bodies (e.g., Tobie et al., 2005), but it has been

argued that a fluid magma ocean in Io would lead to a concentration of heating within such

a layer (e.g., Bierson and Nimmo, 2016). This is the origin of the two opposing dissipation

models I discussed above. The dissipation structure will exert a leading order control on

interior structure and dynamics and so is of fundamental importance to understanding Io’s
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interior. Further, by understanding how tidal heating operates on Io we can gain insights into

its operation on other bodies such as Europa, and this relevance is increased if a sub-surface

“ocean” is present on Io as it is on Europa.

As I have discussed, some works have tried to address this question by observing the dis-

tribution of volcanic activity on Io (e.g., Ross et al., 1990; Kirchoff et al., 2011; Hamilton

et al., 2013; Rathbun et al., 2018; Cantrall et al., 2018). Different distributions of tidal heat-

ing predict different surface variations in volcanic activity, with asthenosphere dissipation

favouring high equatorial activity. The lack of a consensus in this area is perhaps telling.

What magnitude of variability in surface eruption rates are we really expecting, and have we

been observing Io for long enough to see such variability? Indeed it is unclear whether the

short timescale of our observations, the bias against polar observations, and more generally

the possibility of lateral magma flow, allow us to utilise this approach. The best way to

understand Io’s dissipation structure is to develop our understanding of how tidal heating

operates in complex three-dimensional bodies, as well as to better understand how dissipa-

tion couples to interior dynamics. In this thesis I will spend some tackling this last point,

particularly in Chapter 5.

1.8.3 Volcanic resurfacing

A fundamental assumption in the heat-pipe model is that on long timescales, Io is resurfacing

uniformly. The presence of volcanic deposits across the surface and the lack of craters support

this, but there are still significant questions surrounding the details of how it occurs. In

section 1.4.2 I noted that there are three categories of eruption on Io: flow-dominated,

explosive, and intra-patera. Flow-dominated eruptions and explosive eruptions resurface

relatively large regions, with extensive lava flows in the former and pyroclastic deposits in

the latter. Intra-patera eruptions, however, only seem to resurface the floors of the patera in

which they occur. This produces something of a problem as intra-patera eruptions appear
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to be a source of much of Io’s current surface heat flow, with the largest, Loki Patera,

representing about 15% of the global heat flow (Spencer et al., 2000). Is a significant amount

of energy being lost at the surface without resurfacing? If so, what implications does this

have for the heat-pipe model, which requires rapid global resurfacing? If the heat-pipe

model is correct, on long-timescales volcanoes must either be able to resurface regions far

from volcanic edifices, or the positions of volcanoes must change. We simply haven’t been

observing Io for long enough to know how volcanic resurfacing operates on long-timescales,

but there is clearly a complex story here.

1.8.4 Io’s sulphur cycle

Whilst it has been clear since the mid-90s that sulphur is not the primary constituent of

Io’s lavas, it clearly plays an interesting role given the rich sulphur chemistry on the surface.

The association of sulphur species with plume and pyroclastic deposits imply that sulphur

is playing the role of a volatile in Io’s eruptions, and indeed given the lack of water and

CO2 on the surface, it may be the dominant volatile species. We don’t know, however,

how deep this association goes. Are sulphur compounds simply providing a light dusting on

the surface and interacting with lavas only during the eruption process, or are they being

cycled through significant portions of the lithosphere? Does sulphur affect melting behaviour

by modifying the solidus in an analogous way to water in terrestrial systems? Species like

SO2 are expected to melt or boil in contact with even well cooled silicate lavas, but other

species such as the sulphur allotropes may be able to be buried some distance down into the

lithosphere, feasibly enabling sulphur to play a role in silicate melting.

The question of sulphur’s role in the Io system is almost certainly tied to the oxidation state

of the mantle. If Io is not highly oxidised then the stable form of sulphur is likely to be

FeS, which has a melting point comparable to basalt. Does buried sulphur form FeS, or is

it remobilised before a reaction can take place? If large amounts of dense FeS are formed,
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what are the implications for dynamics? Do we expect a separate sulphide liquid to form,

and if so how does this interact with the volcanic systems? If Io is highly oxidised then

sulphur would be expected to form sulphate compounds, be we don’t see clear evidence for

such compounds at the surface. Zolotov and Fegley (1999) proposed that the oxidation state

of Io’s mantle lies close to this transition in primary sulphur stability and so it is possible

that all of these different species play some role in the sulphur cycle. There has not, to date,

been a model that aims to describe the physical and chemical processes of this system.

1.8.5 Magma flow within Io

An area that has seen relatively little work in recent years is the dynamics of magma flow

within Io. Since O’Reilly and Davies (1981) presented the heat-pipe model it has remained

relatively unchanged. Similarly, since Moore (2001) presented magmatic segregation as a

model for heat transport within Io’s mantle it has remained largely the same. This is a

product of the success of both models in explaining basic observations, as well as the lack of

new geophysical data since Galileo. Importantly though we have very little understanding of

how magmatic segregation in the mantle and lithospheric heat-piping interact. The dynamics

at this boundary will have broad consequences for both the mantle and lithosphere, as well

as linking to a number of the other open questions I have discussed such as the potential

formation of a magma ocean. If a high-melt-fraction layer is present near this boundary,

does that imply strong asthenospheric dissipation, or does it imply that magma has difficulty

penetrating the base of the lithosphere? Related to this is the question of how buried erupta

are recycled back into the mantle. This recycling is a fundamental part of the heat-piping

story but no work has aimed to quantify how it works in relation to mantle and lithosphere

dynamics.

We also have relatively little understanding of how Io’s volcanic systems operate beyond the

basic heat-pipe model. The heat-pipe model simply assumes that conduits allow magma to
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migrate rapidly to the surface, but the variability in eruption styles on Io implies a more

complicated story. Intra-patera volcanism appears to be quasi-periodic, potentially imply-

ing a tidal control on volcanism (de Kleer and de Pater, 2016), whilst explosive eruptions

highlight the potential importance of sulphur as a volatile species. Outburst eruptions com-

plicate this story further; are the highest temperature magmas on Io indicative of a distinct

ultramafic source region, or do they demonstrate a lack of lithospheric processing that may

have altered the compositions and temperatures of other erupta? A particular leading-order

question that has not been addressed is the relative importance of intrusive and extrusive

volcanism on Io. Given the sheer volume of material being erupted onto the surface, if any-

thing approaching a comparable amount is freezing intrusively in the lithosphere it would

be expected to have significant implications for mass and energy balances, as well as for the

interpretation of eruption temperature and composition estimates at the surface.

These questions on the flow of magma within Io’s interior, and in particular how mantle

magma flow interacts with the lithospheric volcanic systems, are the primary focus of this

thesis.

1.9 This thesis

At the start of this introduction I proposed that in order to fully understand how plane-

tary volcanism controls the evolution of planetary bodies requires a parallel investigation of

volcanic systems and the melting and melt transfer processes that feed them. A great deal

has been achieved by investigating these separately (e.g., O’Reilly and Davies, 1981; Moore,

2001; McKinnon et al., 2001; Bierson and Nimmo, 2016) but to answer the questions posed

in the previous section requires a coupled approach. By building models that consider the

mantle and lithosphere together, in this thesis I will investigate how processes in each domain

affect the other, and how they combine to control Io’s thermal, structural, and compositional

25



Chapter 1. Introduction 1.9. This thesis

evolution.

The primary difficulty in coupling mantle magmatism and lithospheric volcanism is the

inherently different timescales upon which they operate. Magmatic segregation in the mantle

has velocities on the order of millimetres to centimetres per year, and evolves on thousands

to millions of year timescales, whereas volcanic systems involve much faster flows that vary

on the timescales of days or even hours. In order to resolve flows in volcanic systems as

well as in the mantle would quickly become intractable. The approach I will take in this

thesis is to parametrise the complex processes of volcanic systems with simple conservation

equations.

In Chapter 2 I will provide some of the fundamental background that this thesis is built upon.

I will spend some time going into the details of how tidal heating operates and the different

approaches typically used in its calculation. I will then introduce some of the fundamental

principles of two-phase fluid dynamics, upon which much of the mathematics in this thesis is

built; I will do this in two parts, with a discussion of dynamics being followed by a discussion

of energy conservation, utilising the enthalpy method (Katz, 2008). This chapter will finish

with an overview of how I will couple volcanic systems to mantle magmatism in this thesis.

Armed with this background, in Chapter 3 I develop my parametrisation of Io’s volcanic

systems in a spherically-symmetric model, showing how mantle magmatism and volcanic

systems can be modelled together, and what implications this has for interior structure. In

this chapter I show that the eruption and burial process in Io’s lithosphere is extremely

efficient and, unchecked, predicts the formation of a lithosphere > 600 km thick. I propose

that the formation of magmatic intrusions in the lithosphere acts to limit its growth, yielding

a thickness in agreement with observations. In Chapter 3 I also show that as solid lithosphere

downwells into the mantle, high magma pressures cause the solid to rapidly decompact,

feasibly resulting in the production of high melt fractions beneath the lithosphere.

In Chapter 4 I explore the implications of this coupled lithosphere–mantle system for Io’s
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compositional evolution. Previous works considering the compositional evolution of Io have

not coupled it to dynamics (e.g., Keszthelyi and McEwen, 1997; Keszthelyi et al., 2007). I

am able to investigate this system with my coupled lithosphere-mantle model as it provides

a way to model the burial of erupted lavas back into the mantle. With the introduction of

a simple compositional system, I show that magmatic segregation and volcanism predict a

compositionally stratified mantle. This stratification leads to the generation of refractory,

high-temperature magmas in the deep mantle. I propose that if these magmas are able

to migrate to the surface, they can explain Io’s highest-temperature ‘outburst’ eruptions

(de Pater et al., 2014).

Following this, in Chapter 5 I investigate the implications of spatially variable tidal heating

on my coupled lithosphere–mantle model. By combining a three-dimensional tidal heating

calculation with a system of one-dimensional column models, I show that variable tidal

heating predicts specific lithospheric thickness variations and topography. This provides a

new way to probe the tidal heating distribution from robust surface observations, where

transient volcanic features have previously been relied upon (e.g., Rathbun et al., 2018).

I then turn to the broader implications, conclusions, limitations, and future work in Chapter

6. The results presented in this thesis have implications far beyond those that I have had

time or space to investigate. The framework I have provided for a coupled investigation into

magmatism and volcanism can be expanded in a number of directions, including two- and

three-dimensional systems, more complex chemical models, secularly cooling bodies, and

tidally heated exoplanets.
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CHAPTER 2

Background

The work in this thesis builds upon a large amount of previous literature. Much of that

surrounding Io was introduced in the previous section, but two areas of central importance to

this thesis that I have not yet discussed in sufficient detail are tidal dissipation and two-phase

fluid dynamics. Tidal dissipation, as introduced in the previous section, is the process that

drives Io’s volcanism by providing energy to the system. Two-phase fluid dynamics describes

the magma flow processes that transport this energy from the interior to the surface. Given

their central importance, I will take some time here to discuss each in the detail relevant for

this thesis.

Tidal dissipation is a complex subject that is closely intertwined with orbital dynamics and

material science. This thesis does not aim to make advances in the calculation of tidal

heating, instead focussing on investigating its effects. Nonetheless, many of the assumptions

that this thesis is built upon, as well as many of the questions that I will address, require at

least a cursory understanding of how tidal heating operates and its relationship to interior

structure and rheology. The first part of this chapter aims to provide the relevant back-

ground in this area. Following my discussion of tidal heating I will introduce two-phase fluid
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dynamics, discussing the modelling approaches that I will utilise throughout this thesis, as

well as deriving a number of key equations. I will finish with an overview of how I will couple

volcanic systems to mantle magma flow in this thesis.

2.1 Introduction to tidal dissipation

Io’s volcanism is driven by tidal dissipation. Tidal dissipation (or tidal heating) is a process

of fundamental importance in the Solar System (de Kleer et al., 2019b) from driving Io’s

volcanism to producing sub-surface oceans on Europa and Enceladus that may harbour life.

Gravity raises tides on a satellite because of the gradient in gravitational potential across

the body. A gravitational ‘bulge’ forms at the regions oriented toward and away from the

parent because they feel the strongest and weakest gravitational attraction respectively. Io,

like almost all major moons in the Solar System, is tidally locked. Tidally locked bodies

rotate on their axis once per orbit, and so the same face always points toward the parent.

For a tidally locked body in a circular orbit, the tidal bulges are static; there is no time

dependent tidal stress, and no tidal heating.

Io and a large number of other satellites, however, are not in circular orbits. For a body

in an elliptical orbit, the distance from the satellite to its parent changes as it orbits. At

periapsis, when the satellite is closest to its parent, the differential gravity across the satellite

is greatest, producing large tidal bulges. At apopasis, when the satellite is furthest from its

parent, the differential gravity is weakest, producing small tidal bulges. As a satellite moves

through an eccentric (elliptical) orbit, the tidal bulges grow and shrink, producing time

dependent deformation (figure 2.1). These are eccentricity tides.
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Figure 2.1: Schematic illustrating how an eccentric orbit causes time-dependent tidal deformation.

2.1.1 Tidal dissipation and rheology

The response of a body to deformation depends on its material properties (or ‘rheology’).

When an elastic body is deformed, the resultant strain is proportional to the applied stress,

and occurs effectively instantaneously. When the stress is removed, the strain is also removed;

the deformation is recoverable. For a viscous body, however, strain rate is proportional to

stress, and so when the stress is removed, strain rate drops to zero and the deformation is

not recovered. How this causes heating can be best understood by considering the energy in

the system.

When a body is subjected to stress, energy is put into the system. The work done by a force

F in creating a displacement x is given by the dot product F ·x. In many systems, however,

energy is recovered when the deformation is removed, so calculating dissipated energy is
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not straightforward. Whether (and how much) energy is recovered depends on the body’s

response. An elastic body recovers its shape, and so the energy is also recovered. A viscous

body does not recover its shape, and so the energy is lost. The energy that is not recovered

is dissipated within the system, primarily causing heating. Tidal dissipation, therefore, is

the loss of energy in a planetary body that arises from a non-elastic response to tidal stress.

This is also why tidally locked bodies in a circular orbit are not tidally heated; there is no

time dependent tidal stress, and so there is no on-going viscous response.

Most real materials, and indeed the rocks and ices that Solar System moons are a made

from, are viscoelastic. A viscoelastic body has an instantaneous elastic response to defor-

mation, as well as a time dependent viscous response. Herein lies the principal difficulty in

calculating tidal heating; the energy dissipated in a system depends strongly on the mate-

rial properties of the system, which are poorly known in planetary bodies. The situation is

further complicated by the fact that viscoelastic materials respond differently on different

deformation timescales, which makes comparisons difficult between the systems of interest

and laboratory experiments that aim to constrain them. In actuality many different rheo-

logical models could be assumed, and the choice is usually dependant on the timescales and

physical processes being considered. The simplest rheological models treat the deep mantle

as a viscous fluid, whereas in tidal calculations a viscoelastic model is commonly used. It is

important to point out, however, that neither are an accurate description of the near-surface.

The calculation of tidal heating in a planetary body can typically be approached from two

directions. The first and simplest is a calculation that considers a global average of the

material properties of the interior. The global tidal dissipation Ψ (units W) caused by

eccentricity tides is given by (Segatz et al., 1988; Lainey et al., 2009)

Ψ = −21

2

k2
Q

n5
mR

5

G
e2, (2.1)

where R is the radius of the satellite, G is the gravitational constant, e is the orbital eccen-
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tricity, k2 is a tidal Love number, Q is the tidal quality factory, and nm is the ‘mean motion’

of the Satellite (the average speed of its orbit). The tidal Love number k2 quantifies the

deformation of the gravity field of a body in response to tides raised by an external forcer,

which is clearly a complicated function of the interior structure and material properties of

the body. Indeed Murray and Dermott note that the Love numbers (there are two, k2 and

h2, corresponding to gravity and shape respectively) “are mostly used as a convenient way

of cloaking our ignorance of a body’s internal structure”(Murray and Dermott, 2000, p.164).

The tidal quality factor Q can be thought of as analogous to the quality factor of a simple

harmonic oscillator, a low quality factor means that a lot of energy is lost as the body de-

forms, and a high quality factor means that little energy is lost. Clearly k2 and Q mask a

large amount of complexity, and indeed are usually bundled together in the combined quan-

tity k2/Q. The calculation of a body’s k2/Q from observations is an involved process, and is

reviewed in Lainey (2016). The details of this calculation are not important here, the point

is to remember that all methods for calculating tidal heating involve assumptions about the

material properties of the body in question.

The other direction from which we can calculate tidal dissipation is to calculate the stress

and strain rate tensors throughout a body. The tidal dissipation per unit volume ψ (units

W/m3) in a body averaged over one orbital period P is given by (Beuthe, 2013)

ψ =
1

P

∫ P

0

σij(t)ε̇ij(t)dt, (2.2)

where σij and ε̇ij are the components of the stress and strain rate tensors, which are time

and location dependent, and summation of components is implied. Equation (2.2) comes

from the fact that the rate at which stresses do work per unit volume is given by the product

σij ε̇ij (see Appendix 5.B for a derivation), and implies that if the stress and strain rate are

known throughout a body, not only the total tidal heating can be calculated (which is all

equation (2.1) yields), but also its distribution. The calculation of the stress and strain rate
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tensors throughout a tidally deformed body is an involved process that I outline in Appendix

5.B, but for now it is important to note that, as discussed above, the relationships between

stress and strain in a deformed body depend on the material properties of the body, as well

as its structure.

Equation (2.2) provides some useful intuition into what makes a material dissipative. For

a stiff (or rigid) body the strain is limited by elastic stress, which results in low dissipa-

tion. Further, if the body is nominally elastic then stress and strain are almost exactly

in phase, resulting in no dissipation. For a low viscosity body, however, strain is limited

by self-gravitation — a restoring force that acts to maintain hydrostatic equilibrium. This

also results in low dissipation, even though the stress and strain may be completely out of

phase. A dissipative material will lie in between these end-members; it will be rigid enough

that self-gravitation does not significantly limit strain, but weak enough that elastic stresses

don’t either. An important piece of this puzzle then is to think about what makes a ma-

terial ‘strong’ or ‘weak’. Temperature can exert a strong control on dissipation because as

temperature increases materials weaken — especially if they begin to melt. Thus as a body

is heated by tides, its response to those same tides changes. Through these considerations

the links between tidal dissipation, heat transport mechanisms, and interior dynamics start

to become clear.

Some aspects of how tidal heating operates are well understood, but many are not. One of

the key areas in which tidal heating is poorly understood is its relationship to rheology. In

order to calculate the stress and strain rate tensors throughout a body, a specific viscoelastic

rheological law must be used. The most commonly used viscoelastic law is Maxwell viscoelas-

ticity, but it has been noted since this methodology first emerged that in order to match

Io’s observed dissipation, a very low shear viscosity of order 1013 − 1016 Pa s is required —

much lower than is considered reasonable for a competent silicate body (Bierson and Nimmo,

2016). Steps have been made to address this by investigating empirical rheologies that have
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some laboratory justification (Bierson and Nimmo, 2016; Renaud and Henning, 2018) but

the issue remains largely unresolved; we do not know enough about how rocks respond to

deformation on the length-scales or time-scales involved in tidal processes.

Despite this considerable limitation, the general patterns of heating that can be produced

by tides on a spherically symmetric body are relatively well known (Beuthe, 2013). These

patterns depend on the rheological structure of the body, and for Io two end-members have

emerged, which are shown schematically in figure 2.2. If heating is distributed throughout

the mantle then the radially integrated heating rate will be highest at the poles, whereas if

heating is concentrated in a dissipative asthenosphere then radially integrated heating will

be highest at the equator (Segatz et al., 1988; Beuthe, 2013). As discussed in section 1.5, a

number of works have aimed to look for these patterns in observations of volcanic activity

with little community consensus.

The possible tidal heating patterns predicted for Io themselves depend on some very im-

portant assumptions. The calculation of these patterns assumes a symmetry of spherical

harmonic coefficients — an assumption that breaks down if the body is not spherically sym-

metric. Indeed the heating distribution produced within a spherically symmetric body is

itself not spherically symmetric, and so when applied back to the body will not result in

a spherically symmetric structure. This problem lies at the heart of efforts to couple tidal

heating calculations to interior dynamics (including my own in Chapter 5), and we as yet

do not know the extent to which the patterns of dissipation would change in a fully three-

dimensional calculation. Ultimately the assumption is made that the tidal heating patterns

would not change much, at least not in the general prediction of whether heating rate is

higher at the poles or equator, and I will continue with this assumption in this thesis.

We see then that there are a number of open questions in the tidal dissipation literature,

with potentially significant implications for an investigation into Io’s dynamics. Perhaps the

foremost of these is the question of what rheological law is appropriate for tidal calculations.
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Figure 2.2: Schematic illustrating two plausible radial viscosity and dissipation structures, and the
corresponding radially integrated dissipation patterns. The top row shows viscosity and dissipation
averaged over spherical shells, and the bottom row shows the radially integrated dissipation rate at
the surface. Panels a, b, and c show the case where viscosity is uniform in the mantle, and panels
d, e, and f show the case where a low viscosity asthenosphere is present. In general dissipation
increases with depth, but the presence of a low viscosity asthenosphere concentrates dissipation in
that layer. I assume that the total dissipation is known and constant. Pattern 1 is ‘mantle heating’,
where radially integrated dissipation is highest at the poles. Pattern 2 is ‘asthenosphere heating’,
where radially integrated dissipation is highest at the equator.
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If, for example, the appropriate rheological law results in high dissipation rates in regions of

high melt fraction, this will have significant implications for dynamics. Further, a means of

calculating dissipation for a non-spherically symmetric body is required to rigorously couple

tidal heating and dynamics. Such a method would ideally not come at the cost of orders of

magnitude increases in computation time if it is to be coupled to a dynamic model. These

complexities, together with the leading-order degree-1 nature of tidal heating motivate my

approach for the next two chapters of this thesis in simply taking a constant tidal heating

rate. I will show that many of my solutions in the near surface such as eruption rates

and lithospheric thicknesses depend only on the radially integrated heating rate and so the

effects of this simplification are relatively small. In Chapter 5 I will employ a coupled tidal

heating–dynamics model that relies upon the assumptions and falls victim to the limitations

discussed here.

2.2 The dynamics of two-phase flow

Buoyant magmatic segregation — a process central to this thesis — is the differential flow

of pore-space magma with respect to a solid matrix. In section 1.6.2 I noted that magmatic

segregation is thought to be the dominant heat transfer process operating in Io’s mantle

(Moore, 2001; Breuer and Moore, 2015; Bierson and Nimmo, 2016). Qualitatively this is

a process where buoyant magma rises through a solid matrix. A full, quantitative under-

standing, however, requires a review of the underlying fluid dynamics. In a magmatically

segregating system, both the liquid and the solid matrix can flow; this is referred to as two-

phase flow. The theoretical models developed in this thesis build upon large amounts of

previous work on two-phase fluid dynamics. In this section I will overview the dynamics of

two-phase flow and magmatic segregation that are pertinent to this thesis. I will discuss the

energy transfers in two-phase flow in the subsequent section.
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2.2.1 The representative volume element

At its most fundamental, two-phase flow is the migration of interstitial liquid through com-

plicated pore structures. Modelling fluid migration on the grain-scale quickly becomes in-

tractable when trying to scale up to larger physical systems. In order to derive models for

two-phase flow that can be applied at scales much larger than the grain-scale, I adopt a

continuum approach. Following a rich history of continuum theories, in order to do so I

introduce the concept of a representative volume element (RVE). In this thesis, an RVE is

considered as a macroscropic volume that contains a large number of grains, but that is small

enough such that continuum scale changes across the volume are approximately linear. This

allows us to average over microscopic complexities, and form finite-volume approximations

at the continuum scale.

It is important to understand the relationship between the RVE and microscopic quantities

like porosity. In a two-phase system we can define an indicator function Φl(x̆) that identifies

whether liquid is present at a microscopic point x̆ within the RVE (the˘symbol denotes a

microscopic quantity).

Φl ≡


1 if there is liquid at x̆

0 if there is solid at x̆.

(2.3)

With this we can define the macroscopic porosity φ by integrating over the RVE, and nor-

malising by its volume VRVE

φ =
1

VRVE

∫
RVE

Φl(x̆) d3x̆. (2.4)

So we see that the RVE tells us an average of what is occurring at the microscopic level,

and so cannot give us information below the scale of the RVE. I note that I don’t take the

subscript denoting liquid at the macroscopic scale because in a two-phase system, the solid

fraction is simply 1− φ.
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2.2.2 Conservation of mass

Utilising the concept of the representative volume element, we can write an integral form for

conservation of liquid mass

d

dt

∫
RVE

Φlρ̆l d3x̆ =

∫
∂RVE

−Φlρ̆lv̆l · dS +

∫
IRVE

ρ̆l(v̆I − v̆l) · n̆l dSI , (2.5)

where ρ̆l is the microscopic liquid density, v̆l is the microscopic liquid velocity, v̆I is the

velocity of the interface between solid and liquid phases, and n̆l is the unit vector normal

to this phase boundary, pointing into the solid. The first term in equation (2.5) represents

the rate of change of the liquid mass in the RVE, the second term represents the rate at

which liquid is flowing into the RVE, and the third term represents the rate at which liquid

is crossing the moving interface between the two phases. This last term represents melting,

and because we assume no ‘gaps’ can be opened up between the two phases, it must be equal

and opposite for the solid. As such, the volumetric melting rate is defined as

Γ ≡ 1

VRVE

∫
IRVE

ρ̆l(v̆I − v̆l) · n̆l dSI = − 1

VRVE

∫
IRVE

ρ̆s(v̆I − v̆s) · n̆s dSI , (2.6)

where ρ̆s is the microscopic solid density, ŭs is the microscopic solid velocity, and n̆s = −n̆l.

By dividing equation (2.5) by VRVE, utilising the Divergence Theorem, shrinking the size of

the RVE to a point in the continuum, and doing the same for the solid phase, we arrive at

conservation of mass equations for the liquid and solid phases

∂φρl
∂t

+ ∇·(φρlv) = Γ, (2.7)

∂(1− φ)ρs
∂t

+ ∇·[(1− φ)ρsu] = −Γ, (2.8)

where v and u are the macroscopic liquid and solid velocities respectively. These equations
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tell us that changes in the solid and liquid fractions are caused by divergences of the solid

and liquid fractions respectively, and phase changes (melting or freezing). It is important to

note that I have not given a thermodynamic means of calculating the melting rate Γ. If the

porosity evolution and phase velocities are known then the melting rate can be inferred, but

to use equation (2.7) to calculate porosity evolution requires a closure on the melting rate.

Continuing the discussion of conservation of mass, by making the extended Boussinesq ap-

proximation (assuming the phases are mutually incompressible and that densities of the

phases are equal and constant except in body force terms, see section 2.2.3), and adding

equations (2.7) – (2.8) we get

∇·v = 0, (2.9)

where an overline denotes a phase-averaged quantity a = φal+(1−φ)as. This is a continuity

equation for the two-phase system that tells us that the two-phase system cannot dilate or

contract. This can have the trivial solution that the solid and liquid are not moving, but if

the segregation flux q = φ(v − u) is non-zero, equation (2.9) can be satisfied with non-zero

solid and liquid velocities.

With a non-trivial solution to equation (2.9), it is often illustrative to consider the defor-

mation of one of the individual phases. This is generally done by the introduction of the

compaction rate, which is defined as

C ≡∇·u, (2.10)

and quantifies the volumetric deformation of the solid phase. The compaction rate is often

defined this way but it is important to recognise that a positive compaction rate describes

a dilating matrix, and so would perhaps be more accurately described as a ‘decompaction

rate’. For consistency with previous literature, however, I take this definition.
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2.2.3 The Darcy segregation flux

In section 2.2.2 I showed that mutually incompressible solids and liquids can flow past one-

another provided q = φ(v − u) 6= 0, but this doesn’t tell us anything about why solids and

liquids would flow.

Flow of a liquid is driven by pressure gradients. McKenzie (1984) gives a form of Darcy’s

Law appropriate for a two-phase medium

q = φ(v − u) = −kφ
ηl

(∇Pl − ρlg) , (2.11)

where Pl is the liquid pressure, ηl is the liquid viscosity, and kφ = K0φ
n is the matrix

permeability in which K0 is a permeability constant and n is a constant generally taken to

be between 2 and 3. Equation (2.11) tells us that the segregation flux q (which I will refer

to at times as the Darcy segregation flux or the Darcy flux) is driven by liquid pressure

gradients and gravity, and is modulated by the permeability and the liquid viscosity.

Equation (2.11) represents conservation of momentum for the liquid, but of course momen-

tum must also be conserved in the solid phase. In this thesis I follow much of the two-phase

fluid dynamics literature by treating the solid matrix as a viscous fluid. This is a poor

approximation at low temperatures where brittle processes become important, and as such

these processes cannot be investigated using the formulation employed in this thesis (see

section 2.4). McKenzie (1984) gives conservation of momentum in the solid as

∇· 2ηε̇s + ∇ ζC = ∇Pl − ρg (2.12)

where η is the shear viscosity of the two-phase aggregate, ε̇s is the deviatoric strain rate

tensor, and ζ is the compaction viscosity (which is sometimes referred to as the bulk viscosity,

McKenzie, 1984). Equation (2.12) tells us that the deviatoric and isotropic deformation of
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the matrix is driven by gradients in liquid pressure, and gravity acting on the bulk two-phase

aggregate.

The liquid pressure can be eliminated from equation (2.11) by substituting equation (2.12)

to give

q = −kφ
ηl

(∇ ζC + ∇· 2ηε̇s + (1− φ)∆ρg) , (2.13)

where ∆ρ is the density difference between the solid and liquid. This system can be simplified

further using the definition of the deviatoric solid strain rate tensor

ε̇ ≡ 1

2

[
∇u+ (∇u)T − 2

3
CI
]
, (2.14)

which allows us to write

q = −kφ
ηl

(∇ ξC + (1− φ)∆ρg) , (2.15)

where ξ = ζ + 4η/3 is the augmented compaction viscosity, and where I have assumed that

all off-diagonal terms in the solid deviatoric strain rate tensor are zero. Clearly this is an

important assumption as it will preclude lateral flow, but given that the models employed in

this thesis will be one-dimensional, I proceed with this simplification. Finally, as neither the

compaction viscosity nor the shear viscosity are known for Io’s mantle, I will simply assume

that ξ = ζ and explore a range of values for both the compaction and shear viscosities.

Some intuition into equation (2.15) can be gained by defining the liquid overpressure (or

compaction pressure) P . Compaction of the matrix is caused by a difference in pressure

between the solid and liquid, which is quantified as (Keller et al., 2013)

P = (1− φ)(Pl − Ps) = ζC, (2.16)

where Ps is the solid pressure. If liquid pressure exceeds solid pressure, the matrix will

be forced to decompact. I formulate conservation of momentum in terms of this liquid
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overpressure

q = −kφ
ηl

(∇P + (1− φ)∆ρg) , (2.17)

thus arriving at the form of Darcy’s Law — representing conservation of momentum — that

I use throughout this thesis.

2.3 Magmatic energy transport

Magmatic segregation is of fundamental importance in transporting tidal heat out of Io’s

deep interior (section 1.6.2). As described in the previous section, two phase flow involves

the buoyant rise of magma through pore-space, and the corresponding sinking of the dense

solid matrix. This process transfers energy because even if the solid and liquid are at the

same temperature, the melt also carries latent heat, and so more energy is transported by

the melt than the solid. In this section I will discuss how energy transport is modelled in a

two-phase system, focusing on the enthalpy method (Katz, 2008), which I employ throughout

this thesis.

2.3.1 Conservation of energy: the enthalpy method

The enthalpy method allows melting and freezing rates (see equations (2.5) – (2.8)) to be

calculated based on an equilibrium phase diagram (Katz, 2008). Within an RVE, there is a

total amount of energy that is available to be partitioned between sensible and latent heat.

This total amount of energy is given by the bulk enthalpy H = ρh. The enthalpy per unit

mass for the solid and liquid respectively is

hs = h0 + C(T − T0), (2.18)

hl = h0 + C(T − T0) + L, (2.19)
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where C is the specific heat capacity (assumed constant and equal between phases), L is the

latent heat, T is the temperature, and h0 is some reference enthalpy defined at a reference

temperature T0. Combining equations (2.18) – (2.19), we have an expression for the bulk

enthalpy (Katz, 2008)

H = φρL+ ρh0 + ρC(T − T0). (2.20)

We can choose to take h0 = 0 at absolute zero to simplify this equation, though it is important

to note that the specific heat capacity is not constant over large temperature ranges, and

so defining T0 close to the temperatures in the system is preferable. In a single component

system where the melting temperature Tm is known, if H > ρh0 + ρC(Tm − T0) then the

porosity is uniquely defined because temperature cannot exceed the melting point until all

of the solid has melted. Similarly if H < ρh0 + ρC(Tm − T0) then we know the temperature

because porosity cannot be negative. The equilibrium ‘phase diagram’ is clearly trivial in a

single component system, but in all applications of the enthalpy method, the temperature,

porosity, and compositions of the phases are uniquely defined by the phase diagram, the

local composition, and the bulk enthalpy (see Chapter 4). This has three significant benefits.

Firstly, there is no need to solve a porosity evolution equation such as (2.7). Secondly, no

ad-hoc (or highly-complicated) parametrisations of the melting rate are required. Thirdly,

the same system of equations can be easily applied in solid and partially molten domains.

With this approach I can model the lithosphere and mantle of Io together without explicitly

prescribing the position of the boundary between them.

All that is then left is to provide a conservation of energy equation, by which the bulk

enthalpy evolves. The conservation of energy equation is derived in a similar way to conser-

vation of mass, by utilising the finite volume element to give

1

ρC

∂H

∂t
+ ∇ · [(u+ q)T ] + ∇ ·

[
(φu+ q)

L

C

]
= ∇ · (κ∇T ) +

ψ

ρC
, (2.21)

where ψ is the volumetric tidal dissipation rate. A derivation of equation (2.21) can be
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found in Appendix A of Katz (2008), except that no internal heating is included there, and I

neglect adiabatic pressure changes due to Io’s small size. Equation (2.21) says that changes

in the bulk enthalpy are driven by the advection of sensible and latent heat, diffusion of

sensible heat, and internal heating.

2.4 Volcanic plumbing systems

I have indicated at various points in this introduction that a central theme to this thesis

is the parallel consideration of mantle two-phase flow and volcanic plumbing systems in

the lithosphere. The primary complexity in coupling these domains is the vastly different

timescales on which magma flows in each. The details of how I approach this problem will

be set out throughout this thesis (in particular in Chapter 3 where it is first introduced),

but it is illustrative at this point to set out the general principles in the context of two-phase

fluid dynamics.

To couple Io’s volcanic systems to the underlying mantle, we must consider how they can be

described on the timescales relevant to the evolution of the mantle. My approach is to treat

the volcanic systems as a reservoir that interacts with the lithosphere and underlying mantle

only by the exchange of mass (and the energy that it carries). By analogy with equations

(2.7) – (2.8), conservation of mass per unit volume in the volcanic systems (which I will refer

to as a ‘plumbing system’ interchangeably) can be written as

∂φp
∂t

+ ∇· qp = E −M, (2.22)

where φp is the average proportion of the RVE that is taken up by the volcanic plumbing

systems, qp is the flux of material in the system, E is the rate of transfer of material into the

plumbing system, and M is the rate of transfer of material out of the plumbing system. I will

immediately make the fundamental assumption that the proportion of Io that is occupied
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by the volcanic system is very small φp � 1. This means we can take

φl + φs + φp ' φl + φs = 1, (2.23)

where φl is the liquid fraction and φs is the solid fraction. Equation (2.23) allows us to

revert to using φ to refer to the liquid fraction, and (1 − φ) the solid fraction. Equation

(2.23) allows the further assumption that the proportion φp can be considered constant. This

allows equation (2.22) to be written as

∇· qp = E −M, (2.24)

The terms E and M must also be present in the conservation of mass equation for the

continuum as melt can only enter the volcanic system by leaving the pore-space, and can

only leave the volcanic system by transferring into the continuum. Thus equation (2.9)

becomes

∇·v = −E +M. (2.25)

Terms in E and M are also present in the conservation of energy equation, the formulation of

which involves substituting conservation of mass equations (see Appendix A of Katz, 2008).

The full conservation of energy equation including these terms is

1

ρC

∂H

∂t
+∇·[(u+q)T ]+∇·

[
(φu+ q)

L

C

]
= ∇·(κ∇T )+

ψ

ρC
−E

(
T +

L

C

)
+M

(
Tm +

L

C

)
,

(2.26)

where Tm is the temperature of emplacing magma. We see that the extraction and emplace-

ment of magma removes heat from or adds heat to the continuum respectively. The energy

associated with the transfer is in the form of both sensible and latent heat, as we assume

this transfer occurs in the liquid phase. A conservation of energy equation in the plumb-

ing system is not required when there is only one chemical component; the temperature of

magma is constant. In Chapter 4 I present the formulation for a two chemical component
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system.

The conservation of mass approach that I employ for Io’s volcanic systems clearly masks a

significant amount of detail. Firstly, my approach precludes a consideration of the mechanical

processes by which dikes actually propagate. The wildly different timescales on which dikes

propagate compared to viscous mantle flow makes an approach that encompasses both com-

plex. By focussing on the long timescales of viscous flow I significantly reduce the complexity

of the system, enabling the broad implications of magmatic extraction and emplacement to

be investigated, but it also means that I must introduce abstract terms like E and M to

describe a range of different physical processes. An understanding of how these physical

processes actually operate on Io would illuminate a great deal about the thermal structure

and stress state of the lithosphere, but cannot be obtained from my highly parametrised

approach. Forms for E and M could be devised that replicate results from more detailed

studies into the physics of dike initiation, propagation and emplacement such as Havlin et al.

(2013), but a complete understanding will ultimately require a full coupling of the physics

of dike propagation to mantle magma flow.

Another significant drawback to my conservation of mass approach is that it cannot be used

to rigorously explore compositional evolution in volcanic systems. Chemical differentiation

of magmas within Earth’s crust is an extremely important process in determining the com-

positions of erupted products. Jackson et al. (2018) showed that the reactive flow of magmas

injected into the lithosphere causes significant compositional evolution, and that this compo-

sitional evolution in turn gives rise to the high-melt-fraction magmas that ultimately erupt.

My approach does not provide a context in which to explore the physical processes that

govern the evolution of magmas in the lithosphere, instead implying a much closer relation-

ship between mantle magmas and erupted products. The lack of evidence for any silica-rich

lavas on Io provides some justification for neglecting magma evolution in the lithosphere,

but this in of itself is an interesting problem. Why would lavas propagating through a thick
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lithosphere never evolve to silica-rich compositions? This kind of question cannot be tackled

with the conservation of mass approach that I take in this thesis.

My approach for modelling Io’s volcanic systems is chosen for the ease with which it can

be coupled to the underlying mantle. It allows me to investigate the two domains together,

and quantify the broad importance of magma extraction, emplacement, and eruption for

both regions. The points of coupling between the volcanic systems and the lithosphere and

underlying mantle are clearly the rates E and M . These parameters are discussed extensively

throughout this thesis but I will introduce each here. As I have noted in this section, much

more complicated forms for E and M than those presented here could be devised — ones that

aim to parametrise complex physical processes in more detail. This would be an interesting

avenue for future work, but will always fall short of a full consideration of the physics of dike

initiation, propagation, emplacement, and eruption.

2.4.1 Extraction of magma to volcanic systems

Within the mantle, I am assuming that magma is ubiquitous and exists in the pore-space of

the partially molten rock. Some mechanism must allow this pore-space magma to transfer

into the volcanic systems that carry it to the surface. There is extensive literature on the

formation and migration of dikes within the lithosphere (e.g., Havlin et al., 2013), but I

assume that these processes operate on shorter timescales than I am aiming to investigate

here. Rather, I make use of Io’s apparent thermal steady state; it is losing heat from its

surface at the rate it is being generated in the interior by tidal dissipation (Lainey, 2016).

This implies that magma is not accumulating in the interior on long timescales. As such I

seek a rate of transfer from the mantle pore space to the volcanic systems that is related to

magma production in the interior, and that can respond dynamically if there are changes in

the production rate.

I choose to base extraction on the liquid overpressure. If liquid overpressure is high it may
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facilitate processes like brittle failure, initiating dikes. Further, as I will show in this thesis,

the liquid overpressure is highest beneath impermeable barriers such as the lithosphere,

which is also where we would expect any such features to form. Throughout this thesis I

take extraction to be

E = ν(P − Pc), (2.27)

where ν is some constant, and Pc is some critical liquid overpressure that must be exceeded

in order for a transfer to occur. Equation (2.27) ensures that extraction of magma to volcanic

systems occurs at places where magma accumulates (i.e., beneath the lithosphere) and allows

its continued rise by transferring it to the volcanic systems.

The details of how this extraction physically occurs are beyond the scope of this thesis

(though I speculate on this in Chapter 3); on the long timescales of interest here it is simply

important that such a transfer occurs. In this vein I will take ν to be large such that

overpressure in regions of extraction P ' Pc, and I will explore the effect of varying Pc (see

Chapter 3).

2.4.2 The formation of magmatic intrusions

As discussed in section 1.8, it is possible that the formation of magmatic intrusions is a

significant source of mass and energy to Io’s lithosphere. To explore this possibility I allow

for the emplacement of magma out of the volcanic system into the surroundings through the

transfer rate M in equations (2.24) – (2.25).

There are a number of different choices that could be made in defining the emplacement

rate. In this thesis I will consider three different formulations. The first of these is the most

detailed, aiming to investigate both the rate and distribution of emplacement. This formula-

tion assumes that intrusions form because of a temperature difference between magma and
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the surrounding host-rock

M =


hC(Tm−T )

L
T > Te,

0 T < Te,

(2.28)

where h is a constant to be explored, Tm is the temperature of magma in the volcanic

system, and Te is some temperature below which emplacement is assumed not to occur. This

formulation introduces two largely unconstrained parameters in h and Te; the first determines

the absolute rate at which intrusions form, and the second controls where intrusions can form.

Discussion of these values is given in Chapter 3.

The other two formulations that I consider are developed to have greater simplicity, and I

will use them in particular when the detailed effects of emplacement are not the primary

focus (Chapter 5). These more simple formulations are based around the assumption that

the emplacement rate may be related to, or independent of, the magnitude of the flux

through the volcanic systems qp. The second formulation I investigate takes a simple linear

relationship between emplacement rate and the magnitude of qp

M = λq |qp| . (2.29)

The third and final formulation that I consider assumes simply that emplacement occurs at

a constant rate

M = λc. (2.30)

The third formulation can be considered a simplification of the first, with emplacement being

set by external factors unrelated to the amount of magma in the volcanic system. In Chapter

3, I will show that each formulation produces broadly the same effects. In Chapters 3 and 4 I

focus on the temperature dependent formulation. In Chapter 5, I will use the flux-dependent

and constant formulations as these can be used to derive analytical expressions.
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CHAPTER 3

Coupling magmatism and volcanism in Io

The model, results, and analysis presented in this chapter have been published in

Spencer et al. (2020a). This chapter constitutes a minor reformatting of that work

to fit within the broader context of this thesis.

3.1 Introduction

Io’s extensive volcanism has lead to significant interest in understanding its internal struc-

ture and the energy balances that control it. To begin an investigation into Io’s planetary

volcanism I can make use of some key observations. The rate of tidal dissipation — the

process heating Io, see section 2.1 — appears to coincide closely with the rate of surface heat

loss (Lainey et al., 2009), implying that Io is close to a state of thermal equilibrium. Further,

the surface is crater free with globally distributed, low-relief volcanoes, implying relatively

uniform global resurfacing. These observations imply that Io’s leading-order structure is

spherically symmetric and roughly steady state. An understanding of this leading-order

structure must serve as the foundation for investigations into spatial heterogeneity and tem-

poral evolution.
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As discussed in section 1.6, Io’s radial structure is determined by the heat and mass transport

mechanisms operating in its interior. Energy emission from the surface is concentrated at

volcanic features, suggesting that volcanism, not conduction, is the primary heat transport

mechanism in the lithosphere. The ‘heat-pipe’ process introduced by O’Reilly and Davies

(1981), and summarised in section 1.6.1, exports heat across the lithosphere by advection

though volcanic systems. This allows the growth of a thick lithosphere, which limits the

efficiency of conductive heat loss, and supports Io’s high mountains.

Heat transport in Io’s mantle is more widely debated (see section 1.6.2). A thermal equi-

librium requires that the rate of energy export matches the rate of tidal dissipation. Moore

(2003) demonstrated that an equilibrium between convective heat transport and tidal dissipa-

tion would occur at melt fractions above disaggregation (figure 1.5). However, the expected

tidal heat production under these conditions is significantly less than the observed surface

heat flux. This suggests that convection cannot be the primary mechanism for delivering

heat to the lithosphere. Alternatively, magmatic segregation is capable of transporting the

observed tidal heat input at low melt fractions (Moore, 2001; Breuer and Moore, 2015). It

is has thus become the paradigm view that Io’s tidal heat is removed from the mantle by

magmatic segregation and is transported across the lithosphere by a volcanic plumbing sys-

tem. Previous works, however, have not aimed to couple the heat transfer processes in these

two domains. In this chapter I explore how these processes combine and affect each-other,

and specifically address what controls the total amount of magma produced, the amounts

emplaced intrusively as plutons and extrusively as surface volcanism, and the controls these

place on lithospheric thickness.

The thickness of Io’s lithosphere is determined by the depth to which buried erupta downwell

before they are heated to their melting point. Previous work has not considered the dynamics

of magma at the boundary between the lithosphere and the underlying mantle or in the

lower lithosphere, but the emplacement of plutons introduces heat to the lithosphere, which
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reduces the lithospheric thickness and modifies its thermal profile. In this chapter I present

a coupled model of lithosphere and mantle dynamics that assesses these processes. The

model is formulated to make predictions of elastic thickness, surface heat fluxes, and globally

averaged eruption rates, predictions that can be readily tested by future missions to the

Jupiter system. My results indicate that the heat balance and melt-transport mechanisms

in the lithosphere and at the boundary between the lithosphere and underlying mantle

ultimately determine the thickness of Io’s lithosphere and the melt distribution below it.

Magnetic induction measurements — interpreted in terms of mantle electrical conductivity

— have been used to infer the presence of a layer around 50 km thick with more than 20%

melt fraction (a “magma ocean”) beneath Io’s lithosphere (Khurana et al., 2011). I note,

however, that the interpretation of the induction measurements as a high-melt-fraction region

is debated; Blöcker et al. (2018) argue that interaction with Io’s plasma environment is a

better explanation of induction measurements than is a magma ocean. Nonetheless, previous

studies have proposed that this inferred high-melt-fraction layer could be a region of enhanced

tidal dissipation (Hamilton et al., 2013; Bierson and Nimmo, 2016). Tidal dissipation theory

predicts that for a homogeneous body, dissipation is highest at the center. A low viscosity

layer underlying a rigid lithosphere may allow the concentration of dissipation, but models

that invoke it must explain how such a structure arises. In this chapter I use my coupled

dynamical model of the lithosphere and underlying mantle to investigate the feasibility of a

high-melt-fraction layer occurring without the need for enhanced dissipation.

This chapter is organised as follows. First I outline the physics of the model before presenting

results showing the key controls on i) lithospheric thickness, ii) emplacement rates, and iii)

a high-melt-fraction layer beneath the lithosphere. I then discuss the implications of these

results for interior structure and evolution.
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3.2 Model description

The model, shown schematically in figure 3.1, considers the dynamical effects of tidal dissi-

pation on Io’s lithosphere and underlying mantle. These are modelled as a continuum that is

either solid (the lithosphere) or partially molten (the underlying mantle). I model melting,

magmatic segregation, and compaction (the contraction of a solid matrix as melt is expelled)

with a system of conservation equations for mass, momentum, and energy appropriate for a

compacting two-phase medium (McKenzie, 1984, and also see sections 2.2 – 2.3). Magmatic

flow can also occur in a volcanic plumbing system that stretches from the upper mantle to

the surface, and that exchanges mass with the partially-molten mantle and lithosphere. In

the upper mantle, melt can leave the pore space and enter the plumbing system and then,

as melt rises in the plumbing system, it can form intrusions (freeze) in the lithosphere, de-

livering mass and energy to the surroundings. The volcanic flux that reaches the surface

(the eruptive flux) instantly cools and imparts a downward flux of cold surface material.

The boundary between the lithosphere and partially-molten mantle is defined as the depth

at which the temperature is equal to the solidus temperature (see table 3.1); its location is

determined as part of the model. Lithospheric thickness is thus defined as the distance over

which the cold, downwelling surface material heats before it begins to re-melt. At points

I will refer to the mantle underlying the lithosphere as simply ‘the mantle’. On Earth the

lithosphere includes part of the mantle, which is defined by a petrological transition from

the crust. It is not clear that such a petrological transition exists on Io, and in the absence

of a better name for region between the core and lithosphere, I simply use mantle.

The model invokes some simplifying assumptions. Io’s volcanoes are distributed across its

entire surface (Kirchoff et al., 2011; Williams et al., 2011); this and the lack of craters implies

global resurfacing. Though it has been proposed that there is a degree-2 pattern to hotspot

locations (Kirchoff et al., 2011; Hamilton et al., 2013; Rathbun et al., 2018), I investigate a
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spherically symmetric model for consistency with Io’s apparent global resurfacing. I assume

that deviations from spherical symmetry are secondary effects imprinted on a leading-order

radial structure. These deviations from spherical symmetry are expected to be important

in discerning the global distribution of tidal dissipation (Veeder et al., 2012; de Kleer and

de Pater, 2016; Cantrall et al., 2018; Rathbun et al., 2018). Tidal dissipation models that

match Io’s surface heat flux utilise either very low viscosities (Steinke et al., 2020) or empir-

ically parameterised rheologies (Bierson and Nimmo, 2016; Renaud and Henning, 2018). To

explore the leading-order dynamics without a dependence on poorly constrained parameters,

in this chapter I take tidal dissipation to be uniformly distributed. I assess the melt configu-

rations this produces and discuss whether this may lead to significant radial partitioning of

tidal heating; a coupled system of dynamics and tidal heating will be explored in Chapter

5. In order to keep this initial model simple, I assume one-component thermodynamics, so

the composition of the rock is neglected. I will relax this assumption in Chapter 4, where

I incorporate a two-component system. I neglect the pressure-dependence of the melting

temperature due to the small size of Io and hence the low pressures in the mantle. Finally

I assume that melt is mobile in the partially molten mantle due to the large grain size,

and hence large permeability, expected for a refractory, annealed mantle (Lichtenberg et al.,

2019).

In the mantle (radii rm < r < rl), temperature is at the melting point and heat transport

occurs solely by magmatic transport of latent heat. Buoyancy causes the upward flow of

magma, which is balanced by the downward flow of solid. In the lithosphere (rl < r < R,

defined as having a spherically-averaged temperature below the melting point), the tempera-

ture drop to the surface drives a conductive heat flux, while the downwelling solid lithosphere

transports the cold surface temperature inward (Schenk and Bulmer, 1998). The volcanic

plumbing system continues to transport magma and latent heat upward through the litho-

sphere. I make minimal assumptions about what this plumbing system actually looks like,

but require that it interacts with the solid lithosphere by emplacement of material (the for-
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Figure 3.1: Schematic of the model for Io. Magma rises buoyantly through the mantle while the
solid moves downward. At the top of the mantle, magma enters the volcanic plumbing system.
Some of this magma is emplaced (intruded) into lithosphere; the rest rises to the surface and fuels
volcanic eruptions. The core is excluded from the model.

mation of plutonic intrusions). This emplaced material is a lithospheric source of both mass

and heat. The actual volume of the plumbing system is assumed to be negligible (consistent

with the flow there being much faster than that of the solid and melt elsewhere).

3.2.1 Model equations

In the partially molten mantle, which has melt fraction φ(r, t), I represent the solid velocity

by u and the relative liquid velocity (the Darcy segregation flux) by q = φ(v − u). Darcy’s
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law relates the segregation flux to pressure gradients and buoyancy

q = −K0φ
n

ηl

[
(1− φ)∆ρg + ∇P

]
, (3.1)

where K0φ
n is the permeability, n is the permeability exponent, ∆ρ is the density difference

between solid and liquid, g = −gr̂ is the gravity vector, ηl is the liquid viscosity, and

P = (1− φ)(Pl − Ps) is the compaction pressure (Keller et al., 2013). See section 2.2.3 for a

derivation.

Transfer of material between the lithosphere–mantle system and the volcanic plumbing sys-

tem is considered in the conservation of mass equation. Making a standard Boussinesq

approximation (that is, ignoring the density difference except were it appears in the body

force term of equation (3.1)), conservation of solid and liquid mass require

∂

∂t
(1− φ) + ∇ · [(1− φ)u] = −Γ +M, (3.2)

∂φ

∂t
+ ∇ · (φu+ q) = Γ− E, (3.3)

where Γ is the volume transfer rate of solid into liquid (the melting rate), E is the extraction

rate to the plumbing system (a sink of mass from the partially-molten mantle), and M is the

emplacement rate from the plumbing system (a source of mass to the lithosphere). Adding

equations (3.2) and (3.3) gives conservation of mass in the lithosphere–mantle system

∇ · (u+ q) = M − E, (3.4)

where I have assumed that the total fraction of Io occupied by the plumbing system is neg-

ligible. The flux of material in the plumbing system qp increases when material is extracted

from the mantle and decreases when material is emplaced back into the lithosphere (this can

be compared to the standard two-phase continuity equation (2.9)). Conservation of mass in
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the plumbing system is therefore given by

∇ · qp = E −M. (3.5)

I assume that the magma in the plumbing system is at the melting point Tm. I consider

three different parametrisations for emplacement. The first (and primary) formulation pa-

rameterises the emplacement rate based on the temperature difference to the host material

at temperature T ,

M =


hC(Tm−T )

L
T > Te,

0 T < Te,

(3.6)

where C is the specific heat capacity, L is the latent heat, h is an emplacement rate constant

(units s−1) and Te is the elastic-limit temperature. Regions of the lithosphere colder than

the elastic-limit temperature are assumed to be brittle; magma propagates through these

without permanent emplacement. This assumption is introduced to highlight and investigate

the importance of the distribution of magmatic emplacement in controlling the lithospheric

temperature profile. The detailed mechanisms of dike propagation and emplacement are

subsumed in this parametrisation. I treat h as a free parameter and explore the model’s

behaviour for a wide range of values.

The other two parametrisations of emplacement that I investigate are more simple than the

first. They consider emplacement to be proportional to the magnitude of the flux of material

in the plumbing system, or a constant respectively

M =


λq |qp| T > Te,

0 T < Te,

(3.7a)
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M =


λc T > Te,

0 T < Te,

(3.7b)

where λq and λc are constants to be explored; they are similar to h in that they control of

the magnitude of emplacement, but have different units and different numerical values, and

so are given different symbols. I retain the temperature cut-off Te such that the effect of the

distribution of emplacement can still be explored.

A parametrisation of emplacement based on temperature (equation (3.6)) can be thought of

as representing conduction in the vicinity of a propagating dike. The dike loses heat at a

rate related to the temperature difference, and it is this energy loss that drives freezing. The

other two parametrisations are more simple than the first. It is feasible that as volcanic flux

increases, contact area with the host rock increases, leading to an increase in emplacement.

This is the rationale before the flux-proportional formulation. The constant emplacement

rate formulation is a simplification of each of the other parametrisations, where emplacement

is assumed to be at a constant rate when averaged over long timescales. I investigate these

different parametrisations to see whether the exact form of emplacement plays an important

role in determining internal structure.

Extraction of liquid from the mantle into the plumbing system is expected to take place at

the top of the partially-molten mantle. I assume that this transfer is a function of liquid

overpressure,

E =


ν(P − Pc) P > Pc,

0 P < Pc,

(3.8)

where ν is an extraction rate constant (units s−1Pa−1) and Pc is a critical overpressure that

liquid must attain in order to be extracted into the plumbing system. Liquid overpressure

(compaction pressure) is related to the compaction rate ∇ ·u by the relationship (McKenzie,
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1984)

P = ζ∇ · u, (3.9)

where ζ = η/φ is the compaction viscosity, related to the shear viscosity η. This form of

the compaction viscosity is commonly assumed, but other forms have been proposed with a

weaker singularity as φ→ 0 (Rudge, 2018).

I model heat transport in the lithosphere and mantle of Io together, using an enthalpy

method (Katz, 2008) so that no boundary conditions need be imposed an the lithosphere–

mantle boundary (see section 2.3). Conservation of energy requires

1

ρC

∂H

∂t
+∇·[(u+q)T ]+∇·

[
(φu+ q)

L

C

]
= ∇·(κ∇T )+

ψ

ρC
−E

(
T +

L

C

)
+M

(
Tm +

L

C

)
,

(3.10)

where bulk enthalpy is defined as H = ρCT + ρLφ, and κ is the thermal diffusivity. I note

here that I have made the assumption that the specific heat capacity is constant between

absolute zero and Tm (see the discussion following equation (2.20)). Changes in bulk enthalpy

are caused by advection of sensible heat, advection of latent heat, diffusion, tidal heating,

extraction of melt, and emplacement of melt, which are represented respectively by each

term in equation (3.10). The integral of the tidal heating rate ψ over silicate Io gives the

total tidal heating input Ψ, which I take to be 1× 1014 W (Lainey et al., 2009).

The required boundary conditions for the system are

q = 0, qp = 0,
∂H

∂r
= 0,

∂P

∂r
= −(1− φ)∆ρg at r = rm,

H = Ts, u = −qp at r = R.

(3.11)

At the base of the domain there is no solid or liquid flow — I assume that there is no

transfer of material across the core-mantle boundary, justified by the large and stable density

difference expected between an Fe-rich core and a silicate mantle. The volcanic plumbing

flux is by definition zero at the base of the domain. I assume that there is no energy flow
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Table 3.1: Dimensional parameters

Quantity Symbol Definition Preferred Value Units
Radial position r m
Radius R 1820 km
Core radius1 rm 700 km
Lithosphere radius rl m
Boundary layer coordinate Z m
Solid velocity u m/s
Segregation flux q q = φ(v − u) m/s
Volcanic plumbing flux qp m/s
Porosity φ
Permeability constant2 K0 K = K0φ

n 10−7 m2

Permeability exponent2 n see above 3
Density ρ 3000 kg/m3

Density difference ∆ρ 500 kg/m3

Gravitational acceleration g 1.5 m/s2

Shear viscosity η 1× 1020 Pas
Liquid viscosity ηl 1 Pas
Volume transfer rate Γ s−1

Emplacement rate∗ M M = hC(Tm − T )/L s−1

Emplacement constant h see above 7 Myr−1

Alt emplacement constant λq M = λqqp m−1

Alt emplacement constant λc M = λc s−1

Extraction rate E E = ν(P − Pc) s−1

Extraction constant ν see above 1.4× 10−5 Myr−1Pa−1

Compaction pressure P P = ζ∇ · u MPa
Critical overpressure Pc 5 MPa
Compaction viscosity ζ ζ = η/φ Pas
Temperature T K
Elastic limit temperature Te 1000 K
Melting temperature Tm 1500 K
Surface temperature Ts 150 K
Thermal diffusivity κ 10−6 m2/s
Latent heat L 4× 105 J/Kg
Specific heat capacity C 1200 J/Kg/K
Total tidal heating3 Ψ 1× 1014 W
Tidal heating rate∗∗ ψ 4.2× 10−6 W/m−3
1Bierson and Nimmo (2016), 2Katz (2008), 3Lainey et al. (2009)
∗ Alternative forms for the emplacement rate are considered in (3.7a) – (3.7b)
∗∗ Ψ divided by the volume of silicate Io

across the core-mantle boundary, and so enforce zero gradient on enthalpy. This condition on

enthalpy means that porosity may not be precisely zero at the core-mantle boundary. This
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is the source of the condition on compaction pressure, which comes from equation (3.1) and

the condition that the Darcy flux must equal zero at the base of the domain even if porosity

is non-zero. At the surface, enthalpy is set to the surface temperature Ts. This condition

means that porosity, Darcy segregation flux, and the compaction pressure are also zero at

the surface. The solid velocity at the surface is the negative of the surface plumbing system

flux. This ensures conservation of mass and can be seen through the sum of equations (3.4)

and (3.5).

3.2.2 Solution methods

The full model to be solved comprises the enthalpy equation (3.10) for H, the combination

of equations (3.1) and (3.9) in a compaction equation for P and q, total mass conservation

(3.4) for u, and conservation of mass in the plumbing system (3.5) for qp. The enthalpy

solution gives φ and T through the definition of bulk enthalpy H = ρCT +ρLφ, by assuming

that temperature is buffered to the melting point when enthalpy exceeds that of the melting

temperature; melt fraction is zero wherever temperature falls below the melting point. Pa-

rameter values are given in table 3.1. The system is scaled (see Appendix 3.A) and solved

using the Portable, Extensible Toolkit for Scientific Computation (PETSc) (Balay et al.,

2020, 2019, 1997). Robust convergence is obtained by splitting the system of governing

equations into three non-linear problems for enthalpy, pressure, and plumbing-system flux.

These are solved iteratively at each timestep until the `2-norm of their residual vectors are

all below a small tolerance (10−7). I run the model to steady state and report the final,

steady solutions. To facilitate exploration of the parameter space, I employ an asymptotic

approximation of these solutions. This is developed in Appendix 3.B.
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3.3 Results

A representative solution of the model is plotted in figure 3.2. This representative solution

uses the temperature dependent parametrisation of the emplacement rate (equation (3.6)).

Panel (a) shows that melt upwells throughout the mantle and the solid correspondingly

downwells. This process, driven by magmatic buoyancy, results in relatively low melt frac-

tions (∼ 3%) except in a thin boundary layer beneath the lithosphere that I discuss below.

Magma that reaches the surface solidifies and cools to the surface temperature (with the heat

released to space). The continual eruption and burial of the surface causes the lithosphere

to downwell, balancing the upward flux of magma in the plumbing system. The downwelling

lithosphere advects the cold surface temperature into the interior, resulting in a relatively

cold upper lithosphere, capable of supporting Io’s mountains. As the lithospheric material

continues to downwell through the lower lithosphere, it is heated by magmatic emplacement

(the formation of plutonic intrusions) and eventually reaches the solidus, where it starts to

melt. The balance between downward advection of the cold surface temperature, and intru-

sive heating, results in a steady lithospheric thickness being maintained. A steep temperature

gradient arises in the lithosphere (fig. 3.2b) between the upper lithosphere, where heat trans-

port is dominated by the downward advection of cold lithosphere, and the lower lithosphere,

where emplacement causes significant heating. Throughout most of the underlying mantle,

liquid pressure is low, causing the solid matrix to compact (fig. 3.2d). Approaching the litho-

sphere boundary, liquid pressure increases and causes the decompaction of the downwelling

lithospheric material.

I now explore the behaviour of the model. I first investigate the effect of the parameters

associated with the volcanic plumbing system, utilising the temperature dependent form of

emplacement, before exploring alternative parametrisations of emplacement. I then explore

material and rheological parameters.
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Figure 3.2: Example solution to the model with h = 7 Myr−1, Te = 960 K. a) Upwelling magma is
replaced by downwelling solid. b) The lower lithosphere (T > Te) is heated by magmatic intrusions
(emplacement), but the upper lithosphere (T < Te) is cold due to the downwelling cold surface
material. c) Melt fractions are low throughout the mantle but increase in a thin boundary layer on
the order of 50 km thick. d) Compaction occurs throughout most of mantle as the liquid is at low
pressure, but beneath the lithosphere P ' Pc = 0.8 MPa, and downwelling solid is decompacted by
liquid pressure. The elastic thickness (defined at a homologous temperature of 0.6 Tm) is 80 km and
the eruption rate is 1.25 cm/yr, with 99.5% of heat transport through the surface being volcanic.
Parameter values can be found in table 3.1.
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3.3.1 Dependence on volcanic plumbing system parameters

The main parameters that control the behaviour of the volcanic plumbing system are the

emplacement rate constant h, and the elastic limit temperature Te. The behaviour of the

system for three values of emplacement rate constant h and elastic-limit temperature Te is

shown in figures 3.3 – 3.4, where I am using the temperature dependent form for emplacement

(equation (3.6)). The solid lines are the full, numerical solutions to the model and the dashed

lines are from the asymptotic approximation (see Appendix 3.B).

Figure 3.3 demonstrates that the rate of magmatic emplacement exerts a strong control on

Io’s lithospheric thickness. When the emplacement rate is zero (fig. 3.3, h = 0), magma does

not re-heat the sinking lithosphere and therefore the cold surface material downwells far into

the mantle before it is heated to its melting point (by basal conduction and tidal heating

only), producing a > 600 km thick lithosphere. Conversely, when emplacement is rapid,

the lithosphere is very quickly heated to its melting point and therefore is thin. Figure 3.3e

shows how the volcanic plumbing flux changes through the lithosphere. When there is no

emplacement, the drop in volcanic plumbing flux is purely due to radial spreading.

Figure 3.4 shows the effect of increasing the elastic-limit temperature Te. When Te is low,

emplacement can take place throughout a large portion of the lithosphere. This causes most

of the lithosphere to be hot (fig 3.4, Te = 825 K) and thus the elastic thickness is small.

Increasing Te leads to the growth of a large, cold upper lithosphere where no emplacement

is taking place. This provides a large elastic thickness capable of supporting Io’s mountains.

Figure 3.4e shows that the total amount of material being emplaced at steady-state does not

significantly change as Te is increased, and the thickness of the emplacement region (T > Te)

is roughly constant as Te increases. As I will discuss in section 3.4.1, the total amount of

erupted and emplaced material is controlled by a global energy balance.

To comprehensively map the parameter space of Te and h I utilise the asymptotic approxima-
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Figure 3.3: The effect of emplacement rate h on a) temperature profile, b) porosity distribution,
c) compaction pressure, d) solid and e) liquid fluxes. Solid lines are full solutions to the model, and
heavy dashed lines are the approximate solutions. Thin dashed lines mark the lithosphere–mantle
boundaries. Dots on panels d and e show the surface erupted fluxes. When there is no magmatic
emplacement (h = 0), the lithosphere grows to be over 600 km thick due to the rapid downwelling
of the cold surface temperature. As emplacement rate is increased, the heating that this provides
to the lithosphere can increasingly balance the cold downwelling surface temperature, resulting in
smaller lithospheric thicknesses. Te = 960 K in these solutions, and I use the temperature dependent
form for emplacement. Liquid flux is the sum of the segregation flux q and plumbing-system flux
qp. Parameters values can be found in table 3.1.

Figure 3.4: The effect of elastic limit temperature Te on a) temperature profile, b) porosity
distribution, c) compaction pressure, d) solid and e) liquid fluxes. Solid lines are full solutions to
the model, and heavy dashed lines are the approximate solutions. As the elastic limit temperature
Te is increased, lithospheric thickness increases and a larger proportion of the upper lithosphere is
cold, resulting in larger elastic thicknesses. h = 7 Myr−1 in these solutions, and again I use the
temperature dependent form for emplacement.
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tion of the steady solution. Figures 3.3 – 3.4 show that there is good agreement between the

full solutions and the asymptotic approximation. Figure 3.5 shows how (a) elastic thickness

(defined at a homologous temperature of 0.6 Tm), (b) eruption rate, and (c) volcanic heat

flux vary as a function of the emplacement rate constant h and elastic-limit temperature Te.

Figure 3.5 confirms the trends seen in figures 3.3 and 3.4, and places them in the context

of observable features. The blue region in figure 3.5 indicates the parameter space that

gives reasonable elastic thicknesses (10 − 100 km) at reasonable brittle–ductile transition

temperatures (homologous temperature 0.5 − 0.7 Tm). Figure 3.5a shows that the elastic

thickness varies rapidly with relatively small changes in Te and h around the main solution

(the central star, plotted in fig. 3.2). Elastic thickness is thus the most useful observation

for constraining the characteristics of Io’s volcanic plumbing system. Figure 3.5b shows that

eruption rate reaches a maximum of ∼ 1.25 cm/yr over much of the parameter space, a value

that is discussed further below. The conductive heat flux in this part of the parameter space

is negligible (fig. 3.5c) as virtually all of the input tidal heating is lost in eruptions. Figure

3.5b shows that if emplacement rate is very high and takes place through the majority of

the lithosphere, eruption rate goes to zero. All heat is lost by conduction through a thin lid

in this case.

3.3.2 Alternative forms for emplacement

I now investigate the effects of changing the parametrisation of emplacement used in the

model. Figure 3.6 shows how the three different emplacement formulations compare: tem-

perature dependent emplacement rate (equation (3.6)), volcanic flux dependent emplacement

rate (equation (3.7a)), and constant emplacement rate (equation (3.7b)). The top row of fig-

ure 3.6 show how the emplacement formulations control the lithospheric temperature profile

and volcanic flux when the elastic limit temperature Te = 0. The bottom row of figure 3.6

shows the same, but when Te = 0.6 Tm. The relevant emplacement rate constants (h, λq,
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Figure 3.5: Model predictions of a) elastic thickness, b) eruption rate, and c) volcanic heat flux in
the parameter space of emplacement constant h and elastic limit temperature Te. The dashed lines
on panel a) mark homologous temperatures 0.5 Tm and 0.7 Tm, an estimated range for the transition
from brittle to ductile behaviour. The blue region covers the parameter space for potential elastic
thicknesses (10 − 100 km). The central red star marks the solution displayed in figure 3.2, and
other stars mark the solutions in figures 3.3 and 3.4.

λc) were chosen to give a uniform lithosphere thickness of 80 km, allowing the formulations

to be compared.

If the elastic limit temperature Te = 0 (or Te is low, as seen in figures 3.4 – 3.5), a tem-

perature dependant formulation of the emplacement rate predicts a hot upper lithosphere

that would be incapable of supporting Io’s high mountains. If, however, emplacement rate

is proportional to the plumbing system flux or is a constant, the upper lithosphere is ex-

pected to retain some strength even if emplacement is allowed to take place up to the surface

(figure 3.6a, shown by the intermediate temperatures in the upper lithosphere for these em-

placement formulations). When the elastic limit temperature is high Te = 0.6, however,

these formulations of emplacement predict very sharp temperature gradients and drops in

plumbing system flux within a small portion of the lower lithosphere (figure 3.6c–d).

The primary features of the different emplacement parametrisations are broadly the same.

A high emplacement rate results in a thin lithosphere, and if emplacement is concentrated in

the lower lithosphere, the upper lithosphere is strongest and most able to support Io’s high

mountains. Given these broad similarities and the lack of a means to constrain h, λc, or λq
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Figure 3.6: The effect of using different parametrisations for emplacement rate M on the litho-
spheric temperature profile (panels a and c) and volcanic flux (panels b and d) for two values of the
elastic limit temperature Te. If there is no elastic cut-off temperature for emplacement (Te = 0), a
temperature dependent formulation predicts a much weaker upper lithosphere than flux dependent
or constant emplacement formulations. If a reasonable temperature for the transition from brittle
to ductile behaviour is used (Te = 0.6Tm), flux dependent or constant emplacement formulations
predict very sharp temperature gradients and changes in magma flux near the base of the litho-
sphere. The temperature dependent emplacement rate is defined in equation (3.6), the volcanic flux
dependent rate is defined in equation (3.7a), and the constant rate is defined in (3.7b). Parameter
values h, λq and λc — which control the emplacement rate in each formulation — are chosen to
give a lithospheric thickness of ∼ 80 km at the relevant value of Te.

based on physical processes, I will continue my analyses using the temperature dependent

formulation.

3.3.3 Dependence on material and rheological parameters

I now examine the effects of varying material and rheological parameters in the model. Figure

3.7 shows solutions of porosity and pressure for a range of critical compaction pressures Pc,

and figure 3.8 shows solutions of porosity for a range of matrix shear viscosities η and
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liquid visosities ηl. I consider the critical overpressure Pc to be a material parameter as it

parameterises the strength of the downwelling lithosphere.

Pressure differences between the solid and liquid in the partially molten rock causes the

solid matrix to deform. When the solid pressure is higher, the matrix compacts, expelling

liquid, and when the liquid pressure is higher, the solid decompacts and melt accumulates.

Away from boundary layers, the melt fraction is almost entirely controlled by the buoyant

segregation of magma. Figures 3.7 and 3.8a show that Pc and η do not affect the melt fraction

outside of boundary layers, while figure 3.8b shows that increasing the liquid viscosity ηl

increases melt fractions throughout the mantle. This is because the buoyancy-driven melt

fraction is controlled by the permeability and liquid viscosity in Darcy’s law (3.1).

As solid lithosphere downwells, warms, and begins to melt, the high pressure of rising magma

forces the solid matrix to decompact to accommodate infiltration of buoyant magma. This

decompaction occurs over a region known as a decompacting boundary layer, in which the

compaction pressure gradient term in Darcy’s law (3.1) becomes important. Figure 3.7 shows

that if a large compaction pressure (liquid overpressure) is required for magma to move out

of the mantle pore-space into the plumbing system, large porosities build up beneath the

lithosphere. This is because the large liquid overpressure drives rapid decompaction of the

downwelling solid material. High shear viscosities also lead to the development of a larger

boundary layer with a higher peak porosity (fig. 3.8a). An increased shear viscosity (and so

through ζ = η/φ, an increased bulk viscosity) causes greater resistance of the downwelling

matrix to compaction, which means a larger length scale over which the compaction pressure

gradient counteracts buoyancy, and in which the porosity must therefore increase to enable

upward melt motion. The thickness of the boundary layer is on the order of the compaction

length, which is an emergent length-scale governing the interaction of liquid and solid in a

two-phase medium (McKenzie, 1984).

The interaction between compaction pressure driving melt flow and compaction sets up
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an oscillation of the porosity and pressure (Spiegelman, 1993) that decays to match the

buoyancy-dominated mantle region below. The wavelength of these oscillations is set by the

compaction length. This can be seen in figure 3.8 where a lower shear viscosity (and hence a

smaller compaction length, table 3.A.1) results in a shorter wavelength of oscillations. Figure

3.8 shows that high shear viscosities and low magma viscosities (both of which represent high

bulk viscosities) damp porosity oscillations effectively so that porosity rapidly relaxes to the

buoyancy-driven profile.

In figures 3.7 and 3.8 the location of the lithosphere–mantle boundary and the flux of melt

out of the mantle are not affected by the parameter changes (where porosity increases, melt

velocity decreases and so the flux is unchanged). As such, the material parameters control

the form of the decompacting boundary layer and the underlying porosity, but do not affect

the lithosphere or volcanic plumbing system. In particular, and perhaps surprisingly, the

value of Pc, which encodes information about the strength of the lithosphere in this model,

does not significantly affect the lithospheric thickness.

3.4 Discussion

My results demonstrate the importance of magmatic intrusions (emplacement) in controlling

Io’s lithospheric thickness and temperature profile. A significant proportion of magmas

generated in the mantle must contribute to heating the cold downwelling lithosphere —

otherwise it would be extremely thick. Further, the intrusions must be concentrated in the

lower lithosphere if the upper lithosphere is to retain significant elastic strength, which it

requires to support Io’s high mountains (McKinnon et al., 2001). The results also suggest

that a high-melt-fraction layer can develop beneath Io’s lithosphere due to decompaction,

without requiring any radial partitioning of tidal heat. I now discuss these results further

and consider their implications.
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Figure 3.7: a) Porosity and b) compaction pressure in the decompacting boundary layer beneath
the lithosphere for different values of critical compaction pressure Pc. High values of Pc cause the
material downwelling from the lithosphere to decompact rapidly, leading to the accumulation of
large amounts of melt. Note the different radial scale from other figures.

Figure 3.8: Porosity distribution for varying a) shear viscosity and b) melt viscosity. High
shear viscosities cause thick decompacting boundary layers with high peak porosities. High melt
viscosities cause high-melt-fractions throughout the mantle as melt can less easily segregate. High
shear viscosity and low melt fractions increase the bulk viscosity, damping porosity oscillations.
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3.4.1 Magmatic intrusions

The foremost result of this chapter is captured in figure 3.5, which indicates that magmatic

intrusions are the primary control on Io’s lithospheric thickness. Models of heat piping

that neglect heating from intrusions will result in steady-state lithospheric thicknesses of

over 600 km. Models with a downwelling lithosphere that fix the lithospheric thickness

cannot be assumed to be in thermal steady state and may violate energy conservation. The

primary control on the temperature profile in Io’s lithosphere is the distribution of magmatic

emplacement. Unless intrusions are confined to the lower lithosphere, the upper lithosphere

becomes hot and weak, so would be unable to support significant topography. With a

sufficiently large elastic-limit temperature, colder regions (in the upper lithosphere) have no

emplacement and so remain strong. Kirchoff et al. (2020) note that the release of confining

stress by lithospheric faults leads to extension in Io’s upper lithosphere, which manifests

as rifts, pull-apart basins, and simple graben structures. This transition to an extensional

regime may further explain the low level of emplacement that must be taking place in the

upper lithosphere, with magmas instead rising all the way to the surface. A more detailed

description of heat piping might attempt to account for the mechanics and energetics of

emplacement in the context of the lithospheric stress profile.

The relevant parametrisation for emplacement is not known, but figure 3.6 shows that three

reasonable parametrisations all produce the same broad behaviour; high emplacement rates

lead to a thin lithosphere, and predominantly lower-lithosphere emplacement produces a

strong upper lithosphere. To rigorously identify the most relevant emplacement parametri-

sation would likely require a close knowledge of the temperature distribution in Io’s litho-

sphere. This is out of reach of current or planned observations. I favour the temperature

dependent form of emplacement because it does not predict very sharp temperature gradients

or changes in volcanic flux in the lower lithosphere (figure 3.6). In other applications where

simplicity is the priority, a constant emplacement rate or one proportional to the plumbing
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flux may well be preferable.

Unless the lithosphere is unrealistically thin, my model shows that conductive heat loss at the

surface is negligible (fig. 3.5c), consistent with the conclusions of O’Reilly and Davies (1981).

As shown in more detail in Appendix 3.C, the heat loss due to eruption is qs(ρL+ρC(Tm−Ts))

per unit surface area, where qs is the globally averaged eruption rate, ρL is the latent heat

of erupted magma, and ρC(Tm − Ts) is the sensible heat lost as erupted magma cools to

the surface temperature Ts. At steady state, with negligible conduction through the elastic

lithosphere, this surface heat flux must balance the total dissipation rate Ψ, implying a

volcanic resurfacing rate

4πR2qs =
Ψ

ρL+ ρC(Tm − Ts)
. (3.12)

For Io, equation (3.12) predicts a resurfacing rate of 1.25 cm/yr (Breuer and Moore, 2015);

this is the maximum rate seen in figure 3.5b. Equation (3.12) also provides a means of

estimating eruption rates for other tidally heated lava-worlds, utilising their tidal heating

rate, size, and surface temperature, all of which are obtainable from observations (Bolmont

et al., 2013). In particular I note the potential application of equation (3.12) — and the

model in general — to the TRAPPIST-1 planets, which are undergoing comparable levels

of tidal heating with moderate surface temperatures (150–400 K) (Barr et al., 2018).

The predicted eruption rate can be compared to an estimate of the total melt production

rate. Assuming that all tidal heating directly causes melting, the total melt production rate

is Ψ/ρL. The predicted eruption rate is therefore less than the melt production rate by a

factor of C(Tm − Ts)/(L + C(Tm − Ts)). For Io, this indicates that around 80% of magma

must be emplaced into the crust. This analysis demonstrates that the eruption rate and the

total amount of emplaced material are controlled by the tidal heating rate and the relative

temperatures of the magma and the surface. This explains why these quantities remain

almost unchanged in figures 3.3 and 3.4, despite significant differences in the thickness of

the lithosphere and the precise location at which emplacement occurs. Equation (3.12) also

73



Chapter 3. Coupling magmatism and volcanism in Io 3.4. Discussion

shows that if the total heating rate Ψ is increased, it results in a proportional increase in

both the eruption rate and the intrusive emplacement rate.

3.4.2 Magma-rich layer beneath the lithosphere

Figures 3.7 and 3.8 demonstrate that if a high-melt-fraction layer exists within Io, it does not

necessarily imply the presence of a magma ocean with melt fractions above disaggregation

(Khurana et al., 2011; Tyler et al., 2015), nor was it necessarily formed by concentrated

tidal heating (Moore, 2001; Bierson and Nimmo, 2016). Instead, my model suggests that a

high-melt-fraction layer could form if a large liquid overpressure is required in order to inject

dikes into the lithosphere, or if the compaction length is large.

McKinnon et al. (2001) and Kirchoff and McKinnon (2009) note that high compressive

stresses must arise in Io’s lithosphere due to the downwelling of a spherical shell. If these

compressive stresses are present at the lithosphere–mantle boundary, they will have to be

overcome by magma pressure to form dikes; this would indicate a high value for Pc, promot-

ing the formation of a high-melt-fraction region beneath the lithosphere. However, I have

demonstrated that Io’s lower lithosphere must be hot due to extensive magmatic intrusion,

and so it is likely that the stresses associated with downwelling lithosphere would be ac-

commodated by faulting in the upper lithosphere and viscous creep in the lower lithosphere.

The relevant value for Pc in the model is thus unclear; more investigation is needed into the

strength and deformation mechanisms of Io’s lithosphere.

Nevertheless, I have demonstrated that a high-melt-fraction layer can in principle arise from

a state of uniform tidal heating. Further work is needed to ascertain whether such a layer is

likely to exist. In particular, it must determine whether the required high shear viscosities

are compatible with the observed tidal heating (Bierson and Nimmo, 2016; Renaud and

Henning, 2018). If such a layer does not exist, my model suggests that melt fractions are

relatively uniform within Io (fig. 3.8), providing little drive for radial partitioning of tidal
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heating. The most promising means for investigating Io’s dissipation structure (aside from

improved gravity and induction measurements) remains the search for its signature in three-

dimensional patterns of surface features (e.g., Rathbun et al., 2018; Cantrall et al., 2018).

This will be discussed in detail in Chapter 5.

At this point I emphasise that the presence and form of the decompacting boundary layer are

independent of the model predictions for lithospheric thickness. In the context of my model,

a decompacting boundary layer is a feature beneath the lithosphere that does not affect the

mass or heat fluxes out of the mantle, nor how energy is deposited in the lithosphere; it is

these factors that control Io’s lithospheric thickness.

3.4.3 Model limitations

A primary simplification made in formulating this model was my assumption of spherical

symmetry. As described in Chapters 1 and 2, tidal heating does not just vary with radius

but also with latitude and longitude. Steinke et al. (2020) show that if dissipation is signif-

icantly concentrated in a layer beneath the lithosphere (termed crust in that work), lateral

variations in mantle temperature can exceed 100 K, perhaps impacting the usefulness of

a one-dimensional approach. More distributed heating leads to much lower lateral mantle

temperature variations (∼ 1 K, Steinke et al., 2020), but may still cause significant lateral

variations in melting rate. The presence or absence of a dissipative layer is thus key to

understanding Io’s three-dimensional tidal heating distribution.

Convection of the partially molten mantle is also a potentially important three-dimensional

effect. If buoyant segregation is inefficient at transporting heat, convection of the two phase

medium could occur and imprint deviations from the one-dimensional model presented here.

Further, compositional effects may lead to thermochemical convection (see Chapter 4 for a

discussion). However, I stress that convection cannot dominate Io’s mantle heat transport

due to its low efficiency at melt fractions relevant for Io (Breuer and Moore, 2015). Also
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neglected here is that compaction effects can cause the lateral migration and focusing of melt

(Sparks and Parmentier, 1991; Turner et al., 2017), which could lead to channelisation of

melt and may exert a control on Io’s volcano distribution. My model represents a long-term

average resurfacing rate that is spatially uniform. Volcanic eruptions are discrete events in

both space and time, so at any given instant the eruption and resurfacing rate will not be

spatially uniform. My model does not resolve the details of the eruption process, which are

likely to include shorter time-scale variability in both space and time around the average

rate. As such some caution is required in comparing detailed observations of the current

surface heat flux and eruption rate with that predicted by the model.

Another key simplification in this model is the assumption that Io is composed of a single

chemical component. Continued melting in the interior is likely to have caused significant

chemical stratification (Keszthelyi and McEwen, 1997). Melting of a polymineralic rock oc-

curs over a range of temperatures, with more fusible minerals melting first. The upward

migration and eruption of fusible melts plausibly depletes the deep mantle of fusible ma-

terial and enriches the near-surface. Interesting is the lack of observed olivine in surface

erupta (Keszthelyi et al., 2004), indicating either that deep refractory melts do not form,

that they predominantly freeze in the interior, or that they evolve significantly in the litho-

sphere. Erupted fusible material would also melt at shallow depths upon burial, affecting

the lithospheric thickness. How magmatism and volcanism control chemical evolution is the

subject of Chapter 4.

3.5 Conclusions

Io is a body that is complicated in its detail but observations suggest it has a simple structure

at leading order. In this chapter I have demonstrated that a coupled model of magmatic

segregation, compaction, and heat-piping can explain this leading-order structure and the
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associated observations: globally averaged elastic thickness, eruption rate, and surface heat

flux, as well as a possible high-melt-fraction layer beneath the lithosphere. I have shown

that magmatic intrusions into Io’s lithosphere are a fundamental control on its lithospheric

thickness. Without the heating associated with the formation of magmatic intrusions, the

lithosphere would grow to be > 600 km thick. However, these intrusions must be confined

to the lower lithosphere if the upper lithosphere is to retain sufficient strength to support

Io’s high mountains. I have also shown that an inferred high-melt-fraction region can be

understood as a decompacting boundary layer if a process such as lateral compression makes

it difficult for magma to migrate from the partially-molten mantle into the lithosphere. An

extension of this model to include more elaborate chemical thermodynamics and non-uniform

tidal dissipation will given further insights into how this system operates, and begin to give

insight into the deviations from the spherically symmetric view I have presented.
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3.A Model scaling and non-dimensional parameters

Here I non-dimensionalise the governing equations. Dimensional parameter definitions are

given in table 3.1, and the scales and definitions of the non-dimensional parameters are given

in table 3.A.1. I write for example u = u0û, where u0 is the velocity scale and û is the di-

mensionless velocity, insert similar expressions for all the variables into the equations, and

finally drop the hats on the dimensionless quantities to arrive at a dimensionless model. For

the temperature I write T = Ts + T0T̂ with T0 = Tm− Ts so that the non-dimensional tem-

perature varies between 0 and 1. I also assume spherical symmetry, and write all quantities

as a function of r, noting that ∇ · u = r−2 ∂(r2u)/∂r where u is the radial component of

the solid velocity.

The non-dimensional equations for conservation of solid and liquid mass are

∂

∂t
(1− φ0φ) +

1

r2
∂

∂r

(
r2(1− φ0φ)u

)
= −Γ +M, (3.13)

φ0
∂φ

∂t
+

1

r2
∂

∂r

(
r2(φ0φu+ q)

)
= Γ− E, (3.14)

where the three formulations for the emplacement rate are M = ĥ(1− T )IM , M = λ̂qqpIM ,
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Table 3.A.1: Reference scales and non-dimensional parameters

Quantity Symbol Definition Preferred Value Units
Tidal heating scale ψ0 4.2× 10−6 W/m3

Liquid velocity scale q0 q0 = ψ0R/ρL 6.4× 10−9 m/s
Solid velocity scale u0 u0 = q0 6.4× 10−9 m/s
Porosity scale φ0 q0 = K0φ

n
0∆ρg/ηl 0.044

Temperature scale T0 T0 = Tm − Ts 1550 K
Bulk viscosity scale ζ0 ζ0 = η/φ0 2.3× 1021 Pas
Pressure scale P0 P0 = ζ0q0/R 8.0× 106 Pa

Péclet Number Pe Pe = q0R/κ 1160
Stefan Number St St = L/CT0 0.25

Emplacement constant ĥ ĥ = hρCT0/ψ0 200
Extraction constant ν̂ ν̂ = νζ0 1000

Scaled elastic limit temperature T̂e T̂e = Te−Ts
Tm−Ts 0.6

Compaction parameter δ δ = ζ0K0φ
n
0/ηlR

2 5.8× 10−3

The tidal heating scale ψ0 is imposed, which gives the velocity scale q0 which in turn gives
the porosity scale φ0.

and M = λ̂cIM . IM is an indicator function that equals 1 for T > Te and qp > 0, and

equals zero otherwise. This ensures that emplacement only occurs above the elastic limit

temperature, and provided there is melt present in the plumbing system to be emplaced.

E = ν̂(P −Pc)IE is the extraction rate, where the indicator function IE equals 1 for P > Pc,

and equals zero otherwise, ensuring that extraction only occurs in regions above the critical

overpressure.

Total conservation of mass for the lithosphere–mantle and plumbing system are

1

r2
∂

∂r
(r2(u+ q)) = M − E, (3.15)

1

r2
∂(r2qp)

∂r
= E −M. (3.16)

Darcy’s law and the compaction relation become

q = φn
(

1− φ0φ− δ
∂P

∂r

)
, (3.17a)
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φP =
1

r2
∂(r2u)

∂r
, (3.17b)

where δ is a dimensionless parameter defined in table 3.A.1. This measures the typical size

of the compaction pressure gradients relative to the buoyancy; it is expected to be relatively

small. It can be related to the compaction length (McKenzie, 1984) l =
√
ζ0K0φn0/ηl, by

δ = l2/R2 (so the square root of δ is the ratio of the compaction length to the radius of the

planet).

Conservation of energy becomes

∂H

∂t
+

1

r2
∂

∂r
(r2(u+q)T )+

St

r2
∂

∂r
(r2(φ0φu+q)) =

1

Pe r2
∂

∂r

(
r2
∂T

∂r

)
+Stψ+M(1+St)−E(T+St),

(3.18)

where Pe is the Peclet number, St is the Stefan number (table 3.A.1), and where bulk

enthalpy has been scaled by T0ρC.
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3.B Asymptotic approximation

To facilitate a rapid exploration of parameter space, I construct an approximation to the

steady states of the model. This approximation makes use of the fact that the porosity scale

φ0 and the compaction parameter δ are both much less than unity. Neglecting them in the

equations provides a good approximation over most of the lithosphere and the mantle, apart

from in the boundary layer just below the boundary between the lithosphere and partially

molten mantle (which is discussed in section 3.B.2). Importantly I note that Pe−1 is also

expected to be a small parameter, but I retain conduction in the equations because it is

important in controlling the temperature distribution within the lithosphere.

3.B.1 Lithosphere and mantle

I consider the lithosphere and the underlying mantle separately and solve for the position

of the boundary r = rl between them. I assume that all extraction from the mantle occurs

within the decompacting boundary layer, just below the base of the lithosphere (as is verified

by the full numerical solutions). The extraction term E is therefore non-zero only in a narrow

region of thickness O(δ) and hence is neglected from the continuum equations. At the base of

the lithosphere r = rl, the entire flux q(rl) (hereafter referred to as ql) is transferred into the

plumbing system. As qp = 0 in the mantle, emplacement M only appears in the lithosphere

equations. Taking this into account, the combination of mass continuity equations (3.13)

and (3.14) indicate that u = −q throughout the mantle. Since we also have T = 1 in the

mantle, conservation of energy (equation (3.18)) becomes simply

1

r2
∂(r2q)

∂r
= ψ, (3.19)
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so melting (or equivalently, the transport of latent heat by melt) balances tidal heating.

Equation (3.19) can be integrated directly to give

q(r) = −u(r) =
ψ

3

(
r − r3m

r2

)
. (3.20)

Darcy’s law (3.17) becomes q = φn so φ is deduced directly from q, and the compaction

relation (3.17) further indicates that P = −ψ/φ. In particular, these expressions give the

values for the flux ql, porosity, and compaction pressure at the top of the mantle r = rl,

which are used below to feed into the decompacting boundary layer,

ql =
ψ

3

(
rl −

r3m
r2l

)
, (3.21a)

φ(rl) = q
1/n
l , (3.21b)

P (rl) =
ψ

q
1/n
l

. (3.21c)

The flux ql transfers to the plumbing system at the top of the mantle for its continued

transport through the lithosphere, to which I now turn.

In the lithosphere, q = 0 and the combination of mass equations (3.15) and (3.16) now

requires u = −qp, the plumbing-system flux. Conservation of mass in the plumbing system

(3.16) becomes

1

r2
∂(r2qp)

∂r
= −M. (3.22)

Conservation of energy in the lithosphere (4.18) becomes

1

r2
∂

∂r
(r2uT ) =

1

Pe r2
∂

∂r

(
r2
∂T

∂r

)
+ Stψ +M(St + 1), (3.23)

so advection of the solid balances conduction, tidal heating, and heating from intrusions

(emplacement). These two equations (3.22) – (3.23) are solved together to determine the
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temperature profile T , the plumbing system flux qp (and hence the solid velocity u), and the

position of the lithosphere-mantle boundary rl. The required boundary conditions are

qp = ql, T = 1,
∂T

∂r
= 0, at r = rl,

T = 0, at r = 1.

(3.24)

Although this solution to the lithospheric system involves a numerical integration, it is

considerably more straightforward and faster than the solution to the full model.

From this approach I find a good approximation to the thickness of the lithosphere, the

temperature profile within the lithosphere, the plumbing flux qp and emplacement rate (and

hence the eruptive flux at the surface), as well as the porous melt flux and porosity in the

majority of the mantle. A detail in the full solutions that is not yet captured by this asymp-

totic approximation is the high-porosity region — the decompacting boundary layer — just

below the base of the lithosphere. In the context of my model, apart from transferring melt

from the porous mantle to the plumbing system, the details of this layer are unimportant in

determining the large scale structure of the solutions (thickness and temperature distribution

of the lithosphere). However, in order to understand the dynamics further, I now analyse

this region.

3.B.2 Decompacting boundary layer

The behaviour in the boundary layer is obtained by rescaling the equations locally to find a

local approximation of the solution close to the lithosphere–mantle boundary. A composite

approximation valid over the whole domain can then be found by combining the two approx-

imations (the ‘outer’ mantle and lithosphere solution given above, and the ‘inner’ boundary

layer solution).

As rising magma approaches the lithosphere–mantle boundary at r = rl, it is no longer
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reasonable to neglect the compaction pressure gradient term in equation (3.17). Approaching

the lithosphere, rising magma is impeded by the low permeability of downwelling solid, which

causes magma to accumulate. The accumulation of magma in this layer generates pressure

that decompacts the low-porosity-solid that is downwelling from the lithosphere (cf. Hewitt

and Fowler, 2008). To understand what happens in this boundary layer, we must reintroduce

the term proportional to δ in equation (3.17), and rescale lengths to consider the dynamics

close to the lithosphere–mantle boundary.

First I note that including extraction, the conservation of mass equations for the solid, liquid,

and plumbing system in the mantle are

1

r2
∂

∂r

(
r2(1− φ0φ)u

)
= −ψ, (3.25a)

1

r2
∂

∂r

(
r2(φ0φu+ q)

)
= ψ − E, (3.25b)

1

r2
∂(r2qp)

∂r
= E. (3.25c)

I also note that the compaction pressure relation (3.17) can be combined with conservation

of solid mass in the mantle (3.25a), giving

φ0u
∂φ

∂r
− (1− φ0φ)φP = ψ. (3.26)

I then write r = rl − δZ, where Z is a boundary layer coordinate describing the rescaled

distance beneath the lithosphere–mantle boundary. Rewriting equations (3.25a) – (3.25c),

(3.17), and (3.26) in terms of this coordinate, we find

∂u

∂Z
= O(φ0, δ), (3.27a)

∂q

∂Z
= E +O(φ0, δ), (3.27b)
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∂qp
∂Z

= −E +O(φ0, δ), (3.27c)

q = φn
(

1 +
∂P

∂Z

)
+O(φ0), (3.27d)

−µu ∂φ
∂Z

= ψ + φP +O(φ0, δ), (3.27e)

where O(φ0, δ) represents terms of order φ0 or δ, which may be neglected (note that having

rescaled into the boundary layer, the neglected terms are not the same as those neglected

earlier, reflecting the different dominant physics in the boundary layer). I write φ0/δ = µ,

and treat this as an O(1) parameter.

The first mass conservation equation (3.27a) indicates that u is approximately constant

throughout this layer, and its value is given by matching the value in the mantle below,

u = −ql, where ql is the liquid flux defined in equation (3.21a). Moreover, adding together

the second two mass conservation equations (3.27b) – (3.27c) shows that q + qp is constant,

and must be equal to ql to match with the mantle. The final two equations (3.27d) – (3.27e)

(which represent Darcy’s law and the compaction relation) can therefore be written as

qlµ
∂φ

∂Z
= ψ + φP, (3.28a)

∂P

∂Z
=

q

φn
− 1. (3.28b)

Extraction occurs over the region 0 < Z < ZE (ZE is determined shortly). In this region we

have E = ν̂δ(P − Pc), and I take the limit of very large extraction rate constant ν (so ν̂δ is

large), such that P ' Pc throughout this region. Equation (3.28a) can then be integrated

to give

φ(Z) =
ψ

Pc

(
e
PcZ
qlµ − 1

)
, 0 < Z < ZE, (3.29)

and as P is approximately constant, equation (3.28b) gives q = φn. The porosity and flux q

therefore increase with Z through this extraction region and since qp = ql − q, the plumbing
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flux correspondingly decreases with Z until it reaches 0. This defines the position ZE at

which extraction started. Substituting ql = q = φn into equation (3.29) gives

ZE =
qlµ

Pc
ln

(
Pcq

1/n
l

ψ
+ 1

)
. (3.30)

Turning to the region below extraction where E = 0, mass conservation equations (3.25b)

– (3.25c) indicate that qp = 0 and q = ql are now approximately constant. In this region

equations (3.28a) and (3.28b) comprise a two-dimensional phase-plane problem for φ(Z)

and P (Z). A solution is sought with P = Pc and φ = q
1/n
l at ZE (for continuity with

the extraction region), and that matches the correct far-field behaviour as Z → ∞. The

correct behaviour is that φ and P tend towards the values q
1/n
l and −ψ/q1/nl , given earlier in

equation (3.21b) – (3.21c), to match with the rest of the mantle. Since this corresponds to

a fixed point of the system that is a stable spiral or node, such a solution can be found. The

solution involves decaying oscillations of both φ and P towards the far-field values, which

are evident in figures 3.3 and 3.4, and even more so in figures 3.7 and 3.8.

It it worth pointing out that the 1/φ dependence of bulk viscosity is an important control

on the porosity oscillation within this boundary layer. Other forms of bulk viscosity with a

weaker singularity have also been suggested; for example with ζ ∼ − lnφ as φ→ 0 (Rudge,

2018). The weaker dependence on porosity leads to greater oscillations, but the general form

of the boundary layer is maintained.

To compare the asymptotic approximation with the full numerical solution, I construct a

combination of the ‘outer’ solution for the majority of the mantle (where q is given by equa-

tion (3.20), φ = q1/n, and P = ψ/φ), together with the ‘inner’ solutions for the decompacting

boundary layer. Denoting the former solution as φm(r) and the latter solution φbl(Z), this
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composite solution is defined by

φ(r) = φm(r) + φbl

(
rl − r
δ

)
− φl, (3.31)

with equivalent expressions for P and q, where the subtraction of the ‘overlapping’ value φl

is necessary to avoid double counting.
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3.C Analysis of heat flux and emplacement

Useful information can be obtained by integrating the energy equation (3.23) over the litho-

sphere (from r = rl to r = 1). Substituting equation (3.22) into equation (3.23), recalling

that u = −qp and integrating, gives

(
(St + 1)qp −

1

Pe

∂T

∂r

) ∣∣∣∣
r=1

= Str2l ql + St

∫ 1

rl

ψ r2dr (3.32)

where ql is the melt flux at the top of the mantle, which was defined in equation (3.21a).

Equation (3.32) can thus be written as

(
(St + 1)qp −

1

Pe

∂T

∂r

) ∣∣∣∣
r=1

= St

∫ 1

rm

r2ψdr. (3.33)

where I recall that rm is the radius of the core. The left hand side here represents the heat

loss due to eruption and conduction at the surface, and the right hand side is the total tidal

input; this expression thus represents a global energy balance.

After re-dimensionalising the variables, this can be written as

4πR2

(
qp (ρL+ ρCTm − ρCTs)− k

∂T

∂r

) ∣∣∣∣
r=R

= Ψ, (3.34)

where k is the conductivity.

As shown in figure 3.5, for the parameter regime applicable to Io, the surface conductive

heat flux is negligible. In this case we see that the resurfacing rate qs (that is, the value of

qp at the surface) is given by

qs =
Ψ

4πR2(ρL+ ρC(Tm − Ts))
. (3.35)

This expression can be contrasted with the liquid flux into the lithosphere ql in equation
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(3.21a). Since rl is typically close to R, that expression can be written dimensionally as

ql ≈
Ψ

4πR2ρL
. (3.36)

As such, qs is approximately a fraction L/[L + C(Tm − Ts)] of ql, and the proportion of ql

that must be emplaced is

C(Tm − Ts)
L+ C(Tm − Ts)

. (3.37)

For Io, equation (3.35) gives a resurfacing rate of of 1.25 cm/yr. Compared to the flux into

the base of the lithosphere (equation (3.36)) of 6.3 cm/yr, equation (3.37) predicts that 80%

of magma produced inside Io is emplaced into the lithosphere.
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CHAPTER 4

Compositional evolution by magmatism and volcanism

The model, results, and analysis presented in this chapter have been published in

Spencer et al. (2020b). This chapter constitutes a minor reformatting of that work

to fit within the broader context of this thesis.

4.1 Introduction

In Chapter 3 I presented a model coupling magma formation and migration in Io’s mantle

to the volcanic systems in its lithosphere. Melting of an impure material invariably produces

melts and residua with different compositions, and if the two phases separate, compositional

evolution is expected. Despite Io’s long history of study, it is not well known to what ex-

tent melting and volcanism control its interior structure and evolution and, in particular, if

these processes create compositional layering within the mantle. The framework provided

in Chapter 3 provides a new means of addressing these questions. Direct constraints on

Io’s interior structure would be provided by measurements of the composition and temper-

ature of erupted lavas. To keep pace with recent improvements in observational techniques

(e.g., Davies et al., 2016, 2017; de Kleer et al., 2019a,c), interior evolution models that are
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predictive of eruption temperatures and compositions are increasingly required.

Keszthelyi and McEwen (1997) presented an initial attempt to estimate the geochemical

and petrological structure of Io’s interior that would arise from the extensive volcanism.

They predicted that the lithosphere would be dominated by felsic lavas rich in incompatible

elements and that the mantle would be dominantly a forsterite-rich dunite. When the initial

Galileo observations suggested widespread eruption of ultramafic lavas and constrained the

temperature of the Pillan eruption to 1870 ± 25 K (McEwen et al., 1998), this model was

abandoned. It was replaced by a model that called upon a region with ∼ 50% partial

melting at the base of the lithosphere. This configuration hypothetically allowed efficient

recycling of the erupted lavas back into the mantle (Keszthelyi et al., 1999, 2004). This

magma-ocean model was supported by Galileo magnetometer results (Khurana et al., 2011)

and is consistent with the suggestion of magnesian orthopyroxenes in Ionian lavas (Geissler

et al., 1999). The magma-ocean model predicts a well-mixed and geochemically homogeneous

mantle (Keszthelyi et al., 2004); erupted lavas would be largely uniform in temperature and

composition, most likely similar to terrestrial komatiites (Williams et al., 2000).

However, there were significant challenges to the magma-ocean model as proposed in Keszthe-

lyi et al. (2004). For example, once partial melting exceeds ∼ 20%, the shear modulus drops

to the point that tidal dissipation cannot match the surface heat flow (Moore, 2003; Bier-

son and Nimmo, 2016; Renaud and Henning, 2018), limiting the possible thickness of such

a high-melt-fraction layer (however, dissipation in a magma ocean may be significant e.g.,

Tyler et al., 2015; Hay et al., 2020). Furthermore, applying a different thermal model to

the Pillan eruption, its temperature was revised down to ∼ 1600 K (Keszthelyi et al., 2007).

Indeed, even the initial McEwen et al. (1998) results showed most eruptions being consistent

with ∼ 1300 K (i.e., basaltic) temperatures. Spectroscopic constraints on the mineralogy

of Io’s lavas were always known to be weak because the Galileo camera did not observe

far enough into the infrared to reliably detect other key minerals such as olivine (Geissler
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et al., 1999). These issues led to a revised magma-ocean model with the maximum degree of

mantle partial melting only reaching ∼ 25% and decreasing rapidly with depth (Keszthelyi

et al., 2007). Auroral hotspot oscillations have been used as evidence against a magma ocean

(Roth et al., 2017), and reanalysis of the magnetometer results suggests that plasma inter-

actions with the atmosphere provide an alternative explanation to a magma ocean (Blöcker

et al., 2018; de Kleer et al., 2019b). In Chapter 3 I showed that high melt fractions can arise

within a decompacting boundary layer at the top of a low-melt-fraction mantle. Indeed, the

distinction between a magma-ocean model and a low-melt-fraction model has significantly

reduced since Keszthelyi and McEwen (1997) and McEwen et al. (1998); at this point, the

hypothesis that Io is a largely solid body that has developed significant stratification needs

to be investigated.

In this chapter I present a fluid dynamical model of lithosphere and mantle dynamics that

builds on the framework presented in Chapter 3 by including compositional evolution. The

compositional model is in the form of a two-component phase diagram between hypothetical

refractory and fusible components. I use this simplified theory to investigate the effect of

magmatic segregation and volcanic eruptions on leading-order chemical structure. My results

show that magmatic segregation causes a rapid stratification of the mantle, with fusible

material in the upper mantle and lithosphere, and refractory material at depth. Magma

forms in both the upper and lower mantle and, importantly, magma must be able to leave

the lower mantle in order to facilitate heat loss. The model exhibits two distinct modes of

behaviour, depending on the fate of magma produced in the lower mantle. If lower mantle

melts stall within the upper mantle, high temperature eruptions should not occur. However,

if these refractory melts migrate to the surface, they can provide an explanation for the

highest temperature eruptions observed on Io.

This chapter is organised as follows. First I outline the physics of the model before presenting

results showing the two distinct modes of behaviour. I demonstrate the time evolution of
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both modes, and investigate the effect of bulk composition on the system. I then discuss

these results in the context of present and potential future observations.

4.2 Model description

The model, shown schematically in figure 4.1, considers the evolution and dynamics of a

tidally heated body composed of a mixture of two chemical components. It is an extension of

the model described in Chapter 3 using the same equations, and also solved in one dimension.

Here I extend it to consider conservation of chemical species and the effect of composition on

melting behaviour, using a phase diagram described below. I consider the lithosphere and

mantle to be a continuum that can either be entirely solid or partially molten, depending on

the local energy content, and solve a system of conservation equations for mass, momentum,

energy, and chemical species.

Alongside the continuum, I model a magmatic plumbing system that provides a means

of upward magma transport distinct from magmatic segregation. Keszthelyi and McEwen

(1997) proposed that deep, refractory magmas may sometimes ascend to the surface from

great depth, but a mechanism to allow this has not been explored. I assume that anywhere

magma reaches high overpressure, it enters into a magmatic plumbing system and migrates

upward; this system can be present in both the lithosphere and the underlying mantle.

The plumbing system presented in this chapter is thus a generalisation of that described

in Chapter 3, with the potential to be present throughout the domain, as opposed to just

in the lithosphere. The plumbing system could be interpreted as a system of fractures

formed by buoyant, high pressure melt. However, in the formulation of my model I am

purposefully agnostic to its exact physical form; I consider possible interpretations in section

4.4. When magma enters the plumbing system, it transports the local melt composition and

temperature upward into the upper mantle and lithosphere. The flux of plumbing-system
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melt that reaches the surface is the erupted flux; its composition sets the composition of the

newly resurfaced lithosphere. As in Chapter 3, the lithosphere is defined as the portion of

the domain that is below the solidus (where the porosity is zero), and so the thickness of the

lithosphere is the distance over which cold, surface material downwells before it is heated

sufficiently to begin re-melting.

I revisit the thermochemical melting models that have been used to predict the segregation

of Io’s mantle into an upper fusible layer and a deep layer of almost-pure olivine (Keszthelyi

and McEwen, 1997). My approach is to simplify the compositional model to two represen-

tative end-members, aiding their incorporation into a dynamical framework. I consider Io

to be composed of a mixture of these two components, with a melting behaviour that is

described by the two-component phase diagram shown in figure 4.2. The presence of fusible

material (component A) significantly reduces the melting point of the refractory component

(component B), and so upon heating, fusible melts are produced until component A is al-

most entirely removed from the system. These types of compositional model have proven

fruitful in studies of mantle melting at mid-ocean ridges (Katz, 2010; Katz and Weatherley,

2012).

As in Chapter 3, I assume spherical symmetry motivated by the global distribution of Io’s

volcanoes (Kirchoff et al., 2011; Williams et al., 2011). The one-dimensional approach of

this work precludes my ability to investigate processes such as thermochemical convection

that may be a consequence of stratification, a point I discuss in section 4.4.5, below. I focus

my analysis on the chemical evolution of the system, and therefore take tidal dissipation to

be uniform, avoiding dependence on poorly constrained rheological parameters (Bierson and

Nimmo, 2016; Renaud and Henning, 2018). In actuality, the tidal heating rate depends on

radius, latitude, and longitude, and so while I would not expect significant changes in radial

structure to arise from its inclusion, it is likely to be an important component of models that

aim to predict surface variability (see Chapter 5). I neglect the pressure-dependence of the
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Figure 4.1: Schematic of the model. Magma rises buoyantly in the mantle while the solid moves
downwards. If a critical overpressure is exceeded, magma is extracted to a magmatic plumbing
system. It freezes (is emplaced) from the plumbing system back into the continuum at a rate defined
in equation (4.10). Some magma reaches the surface, fueling volcanic eruptions and burying the
lithosphere. The composition of erupted magma determines the composition of the lithosphere.
The core is excluded from the model.

melting temperature due to the small size of Io and hence the low pressures in the mantle.

I also neglect solid-state phase change and any compositional dependence of latent heat or

phase density. For more detailed petrological modelling, it may be important to include

these effects.

My model considers the time-dependent evolution of the interior structure and composition,

and explores the evolution to a steady state. I develop a reduced model to elucidate key

features of the dynamics predicted by the full model. The reduced model is formulated at

steady state and its structure is motivated by solutions obtained to the full model; it is

detailed in Appendix 4.C.
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Figure 4.2: The phase diagram employed in the model. The black lines show the solidus and
liquidus between a refractory component B and a fusible component A. Coloured lines show the
smoothed solidus using equation (4.1) for different values of γ, which allow the presence of a small
amount of fusible material in solid solution with component B. As γ → 0, the smoothed solidus
approaches the solidus of pure solid B. The full model uses a smoothed solidus with γ = 0.01, and
the reduced model uses the γ = 0 solidus.

4.2.1 Model equations

I consider a generic refractory component B and a fusible component A, and the phase

diagram shown in figure 4.2. The concentration of the fusible component A in phase i (solid

s or liquid l) is denoted ci, and that of the refractory component is 1 − ci. The solidus

temperature Ts is given by

Ts = TB + (TA − TB)
1− e−cs/γ

1− e−1/γ
, (4.1)

and the liquidus temperature Tl is given by

Tl = TB − (TB − TA)cl, (4.2)
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where TB is the melting point of the refractory component, TA is the melting point of the

fusible component, and γ > 0 is a parameter that controls the amount of fusible material

that is incorporated in a solid solution with component B. I allow this small degree of

solid solution simply because it provides a smoothed solidus curve, which facilitates my

numerical method (the effect of smoothing the solidus is small, and is discussed in section

4.C). As γ → 0, the smoothed solidus approaches that of pure refractory component B. It

is important to note that the chosen form for the solidus is arbitrary and does not have a

thermodynamic basis.

The model presented in Chapter 3 is described by conservation equations for mass, momen-

tum, and energy in a compacting two-phase medium and conservation of mass and energy

equations in the magmatic plumbing system. These are

∇·(u+ q) = −E +M, (4.3)

q = −K0φ
n

ηl
[(1− φ)∆ρg + ∇P ] , (4.4a)

P = ζ (∇·u−M) , (4.4b)

1

ρC

∂H

∂t
+∇·[(u+q)T ]+∇·

[
(φu+ q)

L

C

]
= ∇·(κ∇T )+

ψ

ρC
−E

(
T +

L

C

)
+M

(
Tp +

L

C

)
,

(4.5)

∇· qp = E −M, (4.6)

∇·(qpTp) = ET −MTp, (4.7)

where u is the solid velocity, q = φ(v−u) is the Darcy segregation flux, E is the extraction

rate to the plumbing system, and M is the emplacement rate from the plumbing system.

Porosity is denoted by φ, and K0φ
n is the permeability, in which n is the permeability

exponent. In addition, ∆ρ is the density difference between solid and liquid, g = −gr̂ is the
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gravity vector, ηl is the liquid viscosity, P = (1−φ)(Pl−Ps) is the compaction pressure, and

ζ = η/φ is the compaction viscosity, related to shear viscosity η. Bulk enthalpy is defined

as H = ρCT + ρLφ, T is temperature, L is the latent heat, C is the specific heat capacity,

ρ is the density, ψ is the volumetric tidal heating rate, κ is the thermal diffusivity, Tp is

temperature in the plumbing system, and qp is the plumbing system flux.

Conservation of mass (4.3) tells us that material leaves the lithosphere–mantle system by

extraction to the plumbing system and enters the lithosphere–mantle system by emplace-

ment from the plumbing system back into the continuum. Conservation of momentum is

formulated by the combination of Darcy’s law (4.4a), which tells us that fluid flow is driven

by buoyancy and compaction pressure gradients, with the compaction relation (4.4b), which

relates the liquid overpressure to the compaction rate ∇·u (McKenzie, 1984). Equation

(4.4b) includes magmatic emplacement because I assume that emplacement does not cause

fluid pressurisation. Conservation of energy (4.5) tells us that changes in bulk enthalpy

occur by the advection of sensible and latent heat, diffusion of sensible heat, tidal heating,

the energy removed by extraction, and the energy delivered by emplacement. Conservation

of mass (4.6) in the plumbing system tells us that the plumbing system flux increases when

material is extracted from the mantle and decreases when material is emplaced back into the

continuum. Equation (4.7) represents conservation of energy in the plumbing system. There

are no time derivatives in equations (4.6) – (4.7) because the plumbing system is assumed

to occupy negligible volume (see section 2.4).

To the equations above, I add an equation that tracks the composition of the system

∂c

∂t
+ ∇·[(φu+ q)cl] + ∇·[(1− φ)ucs] = −Ecl +Mcp, (4.8)

where c = φcl + (1 − φ)cs is the phase averaged composition and cp is the composition of

material in the plumbing system. This equation tells us that changes in phase averaged

composition occur through advection of the liquid composition, advection of the solid com-
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position, extraction of the liquid to the plumbing system, and emplacement of the plumbing

system material. I neglect compositional diffusion due to the large advective velocities com-

pared to chemical diffusivity. The composition of plumbing system material is given by a

conservation of chemical mass equation

∇·(qpcp) = Ecl −Mcp, (4.9)

where the plumbing system composition can only change by the addition of melts from the

lithosphere–mantle system of a different composition.

In Chapter 3 I proposed three feasible parametrisations for the rate of magmatic emplacement

M . I showed that these three different formulations all produce broadly similar effects,

especially considering the uncertainties in the parameters involved in each. Here I explore

only a temperature-dependent formulation because, as shown in Chapter 3, this formulation

has the smoothest temperature derivatives at places where emplacement initiates, which

facilitates better numerical convergence. The magmatic empalcement rate is taken to be

M =



hMC(Tp−T )
L

T ≥ TA,

hLC(Tp−T )
L

TA > T ≥ Te,

0 T < Te,

(4.10)

where Te is an elastic limit temperature below which no emplacement occurs (see Chapter 3).

The emplacement rate constant h was discussed at length in Chapter 3, but here I propose

that it may have different values in the mantle hM and the lithosphere hL (the lithosphere

is where T < TA). The mechanisms by which magma propagates through a partially-molten

medium are likely to be very different to those in a solid, and so would be expected to have

a different efficiency of magma transport. In this work, hL is directly analogous to h in

Chapter 3 and the behaviour with different values of hM will be explored.
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Extraction of liquid from the mantle into the plumbing system is treated in the same way

as in Chapter 3; the transfer is taken to be a function of liquid overpressure,

E =


ν(P − Pc) P ≥ Pc,

0 P < Pc,

(4.11)

where ν is an extraction rate constant (units s−1Pa−1), and Pc is a critical overpressure that

the liquid must exceed in order to be extracted into the plumbing system. I recall that P is

the overpressure relative to the solid pressure Ps, not the absolute liquid pressure Pl. I take

Pc to be a constant, but a more realistic model might relate this parameter to depth and the

local system state, to capture the different pressures required to initiate and sustain dikes.

The full model to be solved comprises equations (4.3) – (4.11), which govern the time evo-

lution of temperature, porosity, and composition, as well as the magma and solid velocities.

The phase averaged composition c and the bulk enthalpy H uniquely define the temperature,

porosity, and liquid and solid compositions through the solidus and liquidus equations (4.1)

– (4.2), the definition of bulk enthalpy, and the definition of phase averaged composition.

The required boundary conditions for the system are

q = qp = 0,
∂H

∂r
=
∂c

∂r
= 0, cp = cl, Tp = T,

∂P

∂r
= −(1− φ)∆ρg at r = rm,

H = Ts, u = −qp, c = cp at r = R.

(4.12)

As in Chapter 3, at the base of the domain there is no solid or liquid flow, as well as no flux

in the volcanic plumbing system. I again assume no gradient in enthalpy at the base of the

domain, which in turn leads to the condition on compaction pressure, which ensures that

the Darcy flux is zero at the base of the domain even if porosity is not (see the text after

equation (3.11)). To this I add conditions on the bulk composition, and on the composition
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and temperature of the plumbing system. I assume no gradient in the bulk composition at the

base of the domain, and I set the composition and temperature of the plumbing system equal

to the surrounding liquid composition and temperature respectively. The surface boundary

conditions are the same as in Chapter 3 except for the addition of a condition on composition.

This condition states that the composition at the surface is set by the erupted composition,

which together with the zero basal fluxes, conserves the bulk composition. Initial conditions

are required for enthalpy and composition. I take a body of uniform composition (the value

of which sets the bulk composition), uniformly on its solidus. Other initial conditions, for

example starting uniformly cold, do not affect the broad behaviour of the system after an

initial transient phase (see section 4.3.2).

Parameter values and definitions are given in table 4.1. The system is scaled (see Appendix

4.A) and spherical symmetry is assumed so that all variables are a function of only radial

position r and time. The system is solved using the Portable, Extensible Toolkit for Scientific

computation (PETSc) (Balay et al., 1997, 2019, 2020; Katz et al., 2007). Details of the

implementation are given in Appendix 4.B. The code is benchmarked against the single

component model presented in Chapter 3.

4.3 Results

The steady-state behaviour of the model across parameter space can be broadly divided

into two distinct modes. This division is on the basis of the transport of refractory melts

that form in the lower mantle, which is controlled by the value of the mantle emplacement

constant hM . The results in this section are framed to exhibit the contrasting behaviour

of these two modes; the implications of each mode will be discussed further below. In

mode 1, rising refractory magma in the magmatic plumbing system interacts and exchanges

substantial energy with the lower-temperature partially-molten upper mantle. This drives
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Table 4.1: Dimensional parameters

Quantity Symbol Preferred Value Units
Radial position r m
Radius R 1820 km
Core radius1 rm 700 km
Lithosphere radius rl m
Boundary layer coordinate Z m
Solid velocity u m/s
Segregation flux q m/s
Volcanic plumbing flux qp m/s
Porosity φ
Permeability constant2 K = K0φ

n 10−7 m2

Permeability exponent2 n 3
Density ρ 3000 kg/m3

Density difference ∆ρ 500 kg/m3

Gravitational acceleration g 1.5 m/s2

Shear viscosity η 1× 1020 Pa s
Liquid viscosity ηl 1 Pa s
Volume transfer rate Γ s−1

Emplacement rate M s−1

Lithospheric emplacement constant∗ hL 5.7 Myr−1

Mantle emplacement constant hM Myr−1

Extraction rate E s−1

Extraction constant ν 1.4× 10−5 Myr−1Pa−1

Compaction pressure P MPa
Critical overpressure Pc 0 MPa
Compaction viscosity ζ Pa s
Bulk enthalpy H J/m−3

Temperature T K
Plumbing system temperature Tp K
Solidus temperature Ts K
Liquidus temperature Tl K
Solidus constant γ 0.01
Elastic limit temperature Te 1000 K
Refractory melting temperature TB 1500 K
Fusible melting temperature TA 1230 K
Surface temperature Tsurf 150 K
Thermal diffusivity κ 10−6 m2/s
Latent heat L 4× 105 J/kg
Specific heat capacity C 1200 J/kg/K
Phase-averaged composition c
Solid composition cs
Liquid composition cl
Plumbing system composition cp
Tidal heating rate∗∗ ψ 4.2× 10−6 W/m−3
∗ h in Chapter 3
∗∗ Such that the integrated heating matches the observed input3 of ∼ 1× 1014 W
1Bierson and Nimmo (2016), 2Katz (2008), 3Lainey et al. (2009)
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all plumbing-system magmas to freeze within the upper mantle and, as a result, refractory

melts to not reach the lithosphere. In mode 2, refractory plumbing-system magmas rise

through the upper mantle with little to no interaction. These melts reach the base of the

lithosphere, combine with more fusible melts, and are erupted to the surface. Figures 4.1

and 4.2 show steady-state solutions for the full model for each of the two modes. Figure 4.3

shows the evolution of the model from an initial uniform state, again for each of the two

modes. Finally, in figure 4.4 I summarise the behaviour of the model as a function of the

bulk composition of the body, demonstrating the transition between the two modes. These

figures are discussed further below.

In this chapter I do not explore the parameter space of the lithospheric emplacement constant

hL, the elastic limit temperature Te, nor the critical extraction pressure Pc. The effect of

variation in these parameters was considered in Chapter 3 and their effects here are the same.

The lithospheric emplacement constant hL and the elastic limit temperature Te control the

thickness and temperature distribution in the lithosphere, and the critical extraction pressure

Pc affects the melt fraction in decompacting boundary layers that occur where magma is

extracted to the plumbing system. In the results presented here, I choose values of hL and

Te that give reasonable lithospheric thicknesses and temperature distributions. I take Pc = 0

and explore whether compositional effects also exert a control on melt fractions.

4.3.1 Two modes of magmatism

Figure 4.1 shows temperature, porosity, fluxes, and compositions at steady state for two

representative values of hM . Refractory magmas that form in the lower mantle are transferred

to the magmatic plumbing system at the top of the lower mantle, enabling their continued

rise. As they rise through the upper mantle, they are emplaced at a rate proportional to hM ,

and it is the size of this parameter that distinguishes the two modes. Mode 1 arises when

hM is sufficiently large that all the melt from the lower mantle is emplaced into the mid-
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and upper mantle. Mode 2 arises when some of the melt extracted from the lower mantle

reaches the lithosphere, which occurs if hM is sufficiently small. Solid lines in figure 4.1 are

steady-state solutions to the full model; dashed lines are solutions to the reduced model.

The two modes share various features that can be identified from figure 4.1. I discuss these

similarities before considering their differences. Some features are similar to those in the one-

component case of Chapter 3, which I cover only briefly here. The radial porosity profiles

in figure 4.1b,f show that the uniform tidal heating causes melt to form throughout the

mantle. Figure 4.1c,g shows that these melts rise buoyantly while the solid correspondingly

sinks. Where melt reaches high pressure it is extracted into the plumbing system, through

which it continues to rise. The lithospheric plumbing system carries melt to the surface

where it erupts. The globally-averaged eruption rate is the surface plumbing-system flux in

figure 4.1c,g. Over long timescales and given the negligible surface conduction, this global

eruption rate must extract heat at the same rate that it is input to the interior by tidal

heating. The upward flux of melt through the lithospheric magmatic plumbing system is

balanced by downwelling of the solid lithosphere. This recycles erupted material back into

the mantle.

At steady state in both modes, the mantle has segregated into three layers: a refractory

lower mantle with T = TB, a low-melt-fraction mid-mantle with TA < T < TB, and a

fusible upper mantle with T ≈ TA. As lithospheric solid downwells through the upper

mantle, tidal heating causes the formation of fusible melts, which buffers the temperature

close to TA. With continued melting and the buoyant segregation of fusible melts, material

downwelling out of the upper mantle is almost exhausted in fusible material and so its solidus

temperature has increased according to the phase diagram. In this mid-mantle region, tidal

heating primarily acts to raise the temperature of the solid. As a result, melting rate and

porosity are low in the mid-mantle, as seen in both modes in figure 4.1b,f. Further, the

Darcy flux in the mid-mantle is approximately zero (figure 4.1c,g), so heat transport across
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Figure 4.1: Steady-state solutions to the full model for two end-member behaviours showing
temperature; porosity; solid, plumbing, and Darcy fluxes; solid and plumbing system compositions.
Panels a–d show mode 1 where hM = 0.3 Myr−1; deep refractory plumbing material is emplaced
into the upper mantle. Panels e–h show mode 2 where hM = 0; deep refractory material is not
emplaced in the mantle. Bulk composition is 0.5. In both modes the lower mantle is segregated to
a purely refractory composition at temperature TB, but in mode 2 the ability of refractory material
to migrate to the lithosphere means that the upper mantle is a mixture of refractory and fusible
components. In mode 1 the emplacement of refractory melts into the upper mantle drives increased
melting, resulting in a porosity peak in the lower part of the upper mantle. The dashed lines show
solutions to the reduced model. Parameter values are given in table 4.1.

this region occurs only by conduction, advection in the plumbing system, and downward

solid advection, a result that I discuss below. Continued heating as the solid downwells
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Figure 4.2: Schematic describing the steady-state solutions. Colour indicates composition (panel
c). a) The upper and lower mantle are at the melting point of the fusible and refractory components
respectively. b) Melting in the lower mantle is driven by tidal heating. Melting rate in the mid-
mantle is low because energy goes toward raising the temperature of downwelling material. If
emplacement of refractory melts in the upper mantle occurs, this drives large amount of melting
and exhausts the plumbing system material. Fusible melt is extracted from the top of the upper
mantle and combines with any plumbing-system material, some of which is emplaced in the lower
lithosphere; the remainder rises to fuel volcanic eruptions. d) In mode 1, all refractory material is
emplaced in the upper mantle. In mode 2, refractory material rises to the lithosphere and so cycles
through the surface.

through the mid-mantle melts out the remaining small amount of fusible material, and the

solid is raised to the refractory melting point TB. Melting rate and thus porosity increase in

the lower mantle because, as in the upper mantle, all imparted tidal heating directly causes

melting.

Magma rising through a two-phase medium cannot pass into impermeable regions. Such

regions act as barriers to flow, causing an increase in magma pressure, which forces the solid

to decompact and produces higher melt fractions (figure 4.1b,f). The lithosphere represents

such an impermeable barrier to melts rising through the upper mantle, and similarly, the
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mid-mantle region acts as an essentially impermeable barrier to melts rising from the lower

mantle. The high liquid pressure below these layers causes melts to be extracted into the

magmatic plumbing system. Magma extracted from the lower mantle is composed entirely

of the refractory component and is at temperature TB. Flow through the plumbing system

enables these refractory melts to migrate from the lower mantle into the colder overlying

mantle and lithosphere. The differences between the two modes are then a consequence

of what happens to this melt. The mid- and upper mantle are below the melting point

of the refractory component, and it may be expected that these lower temperatures causes

refractory plumbing system material to be emplaced during ascent.

In mode 1 (figure 4.1a–d), this emplacement is significant — it acts to exhaust the plumbing

system of refractory material before it reaches the lithosphere. As refractory melts are

emplaced they release their latent heat to the upper mantle, providing additional heat to

melt surrounding fusible material. This is reflected in the rapid increase of Darcy flux in

the lower part of the upper mantle in figure 4.1c. The emplacement of refractory melts into

the upper mantle eventually exhausts the material in the plumbing system, as shown by the

plumbing system flux in 4.1c. Where the plumbing system material runs out, the melting

rate in the upper mantle decreases to just that produced by tidal heating, which causes the

change in gradient of the Darcy flux in the upper mantle in figure 4.1c. The change in melting

rate caused by the cessation of emplacement means that downwelling solid must suddenly

decompact, creating a high-porosity decompacting layer in the upper mantle, which can be

seen in figure 4.1b.

Mode 2 (figure 4.1e–h) is the case where at least some of the melt that is extracted from

the lower mantle makes it all the way to the surface. The end-member shown in figure

4.1 is when hM = 0, in which case there is no emplacement in the upper mantle at all.

The plumbing-system flux still decreases in figure 4.1g, but only due to radial spreading in

a spherical coordinate system, and so the total volume of melt extracted from the lower
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mantle reaches the top of the upper mantle. Fusible magmas extracted at the top of the

upper mantle combine with refractory plumbing system melts rising from below, produc-

ing lithospheric plumbing-system material with a volumetrically averaged temperature and

composition. This lithospheric plumbing-system material describes either an average of non-

interacting melts of different temperatures and compositions, or a mixture with an interme-

diate composition; I assume that the effect is the same on the long timescales considered

here. The lithospheric plumbing system melts are emplaced into the lithosphere at a rate

determined by hL and the temperature of the melt, and with a distribution determined by

Te. Material that erupts onto the surface in mode 2 is at a higher temperature than in mode

1, and so serves as a more efficient heat-loss mechanism. This increased heat-loss efficiency

results in a lower eruption rate and a thinner lithosphere (see below).

Figure 4.2 shows a schematic of temperature, mass transport, and the phase diagram.

Colours in figure 4.2 denote composition according to the phase diagram in panel c. Mode

1 is characterised by a strong segregation of fusible and refractory material; refractory ma-

terial does not erupt, instead it is cycled between the lower mantle and the deep parts of

the upper mantle, whilst fusible material is cycled between the upper mantle and the litho-

sphere. In mode 2, refractory material is cycled from the lower mantle to the surface, and

fusible material is cycled from the upper mantle to the surface. In both modes, the lower

mantle is composed purely of refractory material, and the mid-mantle spans compositions

corresponding to the steep section of the solidus in figure 4.2c. In mode 1 there is a transition

from almost pure refractory to pure fusible material above the region of the upper mantle

where emplacement takes place (figure 4.1d). In mode 2, the segregation of the mantle is

much less complete, as shown by figure 4.1h. The lack of mantle emplacement means that

refractory melts rise all the way to the surface. The intermediate-composition erupted mate-

rial is buried down through the lithosphere and upper mantle, and its composition gradually

changes due to the melting of the fusible material by tidal heating.
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4.3.2 Time-evolution to steady state

Figure 4.3 shows how both modes of the model evolve to steady state, presenting results for

eruption rate, temperature, porosity, and composition. I assume an initially homogeneous

body with a bulk composition of 50% fusible material that is initially on its solidus through-

out. Other initial conditions, for example starting uniformly cold, or with a cold lithosphere,

result in the same broad behaviour, but starting on the solidus removes the spin-up time

required to heat the mantle. Thus, despite not knowing the precise ‘initial condition’, various

distinctive behaviours can be found that may have important implications for the evolution

of Io and other volcanic bodies. The left column of figure 4.3 shows the evolution of mode

1, and the right column shows the evolution of mode 2. Note that steady state is reached

much more rapidly in mode 1 and so the time axis of mode 2 is significantly expanded. The

final steady states are those shown previously in figure 4.1.

The early (t ≤ 5 Myr) evolution of the model is the same for both modes. Fusible (pure-A)

melts are produced throughout the mantle and rise upward. They are erupted onto the

surface and so a cold fusible lithosphere begins to grow. The upper mantle is being continu-

ally resupplied with fusible material as it is buried through the lithosphere and remelted at

its base. There is no such resupply of fusible material to the deep mantle, which becomes

increasingly refractory. After ∼ 5 Myr, about 20% of Io’s volume has been erupted and

reburied; the lower mantle is almost completely depleted in fusible material. As a result,

melting rate there drops and the solid starts to climb the solidus toward T = TB (figure

4.2). Panels a and d in figure 4.3 show that the decreased melting rate in the lower mantle

reduces the eruption rate to almost zero. This reduction in eruption rate causes the litho-

sphere to thin, increasing conductive heat loss from the surface. Once the lower mantle has

been heated to TB, the 3-layer mantle structure described above in the steady-state solution

emerges. From this point in the evolution onward, the mid-mantle is acting as an imper-

meable barrier to refractory melts formed in the lower mantle. The presence of this barrier
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Figure 4.3: The evolution of the full model to steady state, showing eruption rate, temperature,
porosity, and phase-averaged (bulk) composition. Panels a–d show mode 1 of the model where
hM = 0.3 Myr−1, and panels e–h show mode 2 where hM = 0. In both cases, the initial condition is
an unstratified mantle of composition c = 0.5, uniformly on the solidus. In mode 1, the emplacement
of deep melts into the upper mantle rapidly drives the system to segregate, and equilibrium is
reached in ∼30 Myr. No refractory material reaches the surface. Mode 2 takes much longer to
reach steady state. In mode 2, refractory melt reaches the surface and intermediate compositions
exist throughout the upper mantle.
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causes melt to accumulate at the top of the lower mantle, as shown by the bright region at

∼ 1300 km in figure 4.3c. The accumulation of melt at the top of the lower mantle increases

liquid overpressure, which initiates the extraction of refractory melt to the magmatic plumb-

ing system. It is at this point, after around 15 Myr, that the evolution of the two modes

diverge.

In mode 1, the emplacement of the refractory melts into the upper mantle creates a band of

intermediate composition there, but the top of the upper mantle and the lithosphere remain

purely composed of the fusible material. Steady state is reached after ∼ 30 Myr, coincid-

ing with the attainment of thermal equilibrium, where heat loss from eruptions equals that

input by tidal heating. In mode 2, the deep refractory melts make it to the surface, and

the lithosphere — initially composed of purely fusible material — becomes of intermediate

composition. As there is little to no emplacement in the upper mantle the downwelling

lithosphere maintains its composition, which results in cyclic behaviour where the compo-

sition of new lithosphere depends on the downwelling composition of the lithosphere a few

Myr previously. For example, the initial, purely fusible lithosphere creates a pulse of fusible

melt at ∼ 40 Myr, which produces a new pulse of erupta, more fusible than that in the

intervening period. This cycle continues with a decreasing amplitude of differences between

erupta compositions until eventually a steady state is reached after ∼ 200 Myr. Thermal

equilibrium is reached after ∼ 100 Myr, which can be seen by the constant eruption rate

after ∼ 100 Myr in figure 4.3e.

4.3.3 Bulk composition and mantle emplacement rate

Figure 4.4 shows how lithospheric thickness, mantle structure, eruption rate, and erupted

composition vary as a function of bulk composition for three values of hM . The primary

control on whether the model is in mode 1 or mode 2 is the mantle emplacement constant

hM , but figure 4.4 shows that bulk composition also exerts a significant control. The results
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in figure 4.4 are produced using the reduced, steady-state model. The agreement of the

reduced model and the full model is demonstrated in figure 4.1.

Figure 4.4: Reduced model solutions of a) lithospheric thickness, b) location of the mid-mantle,
c) eruption rate, and d) erupted composition for varying bulk composition, for three values of hM .
Refractory material can reach the lithosphere (mode 2) when hM is low, and/or when the bulk
composition is refractory (panel d). Higher temperature erupta provide a more efficient heat loss
mechanism, so at steady state the eruption rate must decrease (panel c), and this results in a
thinner lithosphere (panel a). When refractory material is all frozen in the mantle (at higher values
of hM or more fusible bulk compositions), the system is in mode 1. High values of hM create a
smaller lower mantle and a large upper mantle for a given bulk composition (panel b). The dotted
line on panel b shows the boundary between the upper and lower mantle if fully segregated.
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Refractory bulk compositions produce bodies with large refractory lower mantles and thin

fusible upper mantles, as shown by figure 4.4b. If hM = 0, all of this refractory material

reaches the lithosphere upon melting and the model is always in mode 2. When hM > 0,

some of the refractory material is emplaced and if there is too little of it (i.e., if the bulk

composition is fusible enough) then it is all emplaced before reaching the surface and the

erupted composition is purely fusible (mode 1). For a given value of hM there is a critical

bulk composition that divides mode 2 from mode 1 (figure 4.4d). Equivalently, for a given

bulk composition there is a critical hM which divides mode 2 (low hM) from mode 1 (high

hM).

A prominent feature of figure 4.4 is that the lithospheric thickness and eruption rate both

decrease at more refractory bulk compositions. When hot, refractory melt reaches the sur-

face, the eruption rate and lithospheric thickness drop. The drop in lithospheric thickness is

due to increased emplacement, which I discuss below.

4.4 Discussion

My results demonstrate that magmatic segregation and volcanic eruptions lead to a rapid

stratification of the mantle. Fusible material is cycled in the upper mantle and lithosphere,

and its depletion at depth generates a refractory lower mantle that rises to its melting point.

The fate of high-temperature refractory magmas formed in the lower mantle controls the

degree of chemical stratification and the composition and temperature of erupted products.

If high-temperature refractory melts freeze in the upper mantle (mode 1), no refractory

lavas will be observed at the surface and the mantle will be fully stratified. Alternatively, if

refractory melts can migrate to the surface (mode 2), refractory eruptions will be observed

and the mantle will not be fully stratified.

I first discuss the stratification caused by magmatic segregation and the mantle structure it
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produces. Next I discuss the key results from each mode, analysing their successes and short-

comings in explaining present observations, and their predictions for future observations. I

then consider how lower mantle extraction and the migration of deep refractory melts could

be interpreted physically, before finally discussing the limitations and future directions of

this work.

4.4.1 Stratification by magmatic segregation

The formation of a pure-refractory lower mantle at steady state is a necessary consequence

of magmatic segregation in my model. Magmas that form in the lower mantle rise toward

the upper mantle, leaving behind an increasingly refractory residuum, a feature shown in the

time evolution plots in figure 4.3. The composition of the lower mantle only reaches steady

state when all fusible material has been removed. Compositional stratification in my model

can be best understood by noting that solids are continually moving downward (see solid

flux in figure 4.1c,g), and are continually heated as they downwell. Continued heating of

intermediate compositions produces fusible melts that segregate buoyantly upward, leading

to increasingly refractory compositions with depth.

The structure of the mid- and upper mantle depends on both the phase diagram and the fate

of refractory magmas produced in the lower mantle. For my simple two-component phase

diagram, the upper mantle is at the fusible melting temperature TA, and the mid-mantle

must span the temperature range between TA and the temperature TB of the pure-refractory

region below. The reduced model shows that the thickness of the mid-mantle (TA < T < TB)

is determined by the rate at which downwelling solid is heated from TA to TB, which is

slowest (and thus the mid-mantle is thickest) when no emplacement takes place there. If

emplacement of the lower refractory magma there is very efficient (see the largest value of

hM and the dotted line in figure 4.4b) the mid-mantle is thin and there is almost complete

segregation between a pure refractory lower mantle and a pure fusible upper mantle. On
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the other hand, if refractory melts migrate far into the upper mantle, stratification is less

complete. The upward migration reduces the thickness of the pure refractory lower mantle,

and increases the thickness of intermediate-composition upper mantle.

With a more detailed phase diagram, I would expect a general structure similar to that

proposed here but with greater complexity. In particular, the chemistry of the lithosphere

and uppermost mantle would likely be much more complex, with layering controlled by

melting temperature, and potentially influenced by near-surface sulphur cycling. Sulphur

may be acting as a volatile that reduces melting temperatures (Battaglia et al., 2014). The

formation of a lowermost olivine layer is expected to be a feature of any relevant silicate

phase diagram, and so my prediction of the formation of high temperature refractory melts

is expected to hold. Any temperature range in the mantle over which there is not significant

melting would be present as a low-melt-fraction layer that acts as a barrier to melts rising

from below, potentially leading to magma overpressure and, in the context of my model,

transfer to a plumbing system.

4.4.2 Implications of the two magmatic modes

In this section I discuss the specific results and implications of each mode, analysing the

degree to which each mode can explain current observations, and the predictions they make

of future observations.

In mode 1, high-temperature refractory magmas formed in the lower mantle migrate into the

upper mantle and freeze, delivering their latent heat to the fusible surroundings. The addi-

tional melting this emplacement causes can manifest as a high-melt-fraction decompacting

layer, as seen in figure 4.1b. Magnetic induction models have been used to infer the presence

of a ≥ 50 km region of ≥ 20% melt fraction beneath Io’s lithosphere (Khurana et al., 2011).

This has been previously interpreted as a region of concentrated tidal heating (Tobie et al.,

2005; Bierson and Nimmo, 2016), or as I presented in Chapter 3, a decompacting boundary
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layer. Mode 1 of my model shows another manifestation of this decompaction hypothesis;

a high melt fraction layer can arise due to freezing of deep refractory melts into the upper

mantle. This is a result of the viscous resistance of the mantle to decompaction, and does not

occur if the viscosity of the mantle is small, as shown by the solutions to the reduced model

in figure 4.1, in which this viscous resistance is effectively ignored. A decompacting layer,

whether caused by freezing or the strength of the lithosphere, provides a means of generating

high melt fractions in the upper mantle without requiring concentrated tidal heating in this

layer.

Mode 1 predicts that no eruptions of refractory material take place. This could be consid-

ered consistent with the lack of observed olivine on the surface of Io, although this apparent

absence may simply reflect an observational limitation (Geissler et al., 1999). The key devia-

tion of mode 1 from observations is that it does not predict any high temperature eruptions.

For mode 1 to produce high temperature eruptions would require invoking processes like

viscous heating on ascent (Keszthelyi et al., 2007).

In mode 2, refractory melts formed in the lower mantle rise to the base of the lithosphere and

are ultimately erupted. This predicts the presence of refractory phases on the surface. If Io

behaves according to mode 2 of my model, the abundance of refractory phases at the surface

could be used to constrain the intrusive behaviour and bulk composition through model

outputs like those in figure 4.4. The relative lack of upper mantle emplacement in mode 2

means that melting throughout the upper mantle is caused predominantly by tidal heating

(Moore, 2001). A key strength of mode 2 in relation to observations lies in its prediction

of high eruption temperatures. This provides a means of reconciling heat flow arguments

that require heat transport by magmatic segregation (Moore, 2003; Breuer and Moore, 2015),

with observations of high temperature eruptions (McEwen et al., 1998; de Kleer et al., 2014).

Mode 2 supports the hypothesis of Keszthelyi and McEwen (1997) that eruptions of deep,

refractory melts formed within a stratified Io could produce very high temperature lavas.
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Here I expand on that suggestion, demonstrating the dynamical conditions necessary for

such eruptions. The rise of deep refractory melts to the surface is a means of recycling deep

material to the lithosphere, and so the upper mantle is never fully depleted in refractory

material.

The eruption rate predicted by mode 2 is lower than that in mode 1. At steady state and

given the negligible surface conduction, the heat lost through eruptions must equal that

input by tidal heating. Increasing the temperature of erupted material means therefore that

a lower eruption flux is needed (figure 4.4c). Despite this decreased eruption rate, in my

model there is very little change in total melting. The combination of the decreased eruption

rate and the approximately constant total melt production means that more emplacement of

intrusions takes place in bodies operating in mode 2. This effect was explained in Chapter 3,

where I showed that the emplaced fraction is given by C(Terupt−Tsurf)/(L+C(Terupt−Tsurf)),

where C is the specific heat capacity, L is the latent heat, Terupt is the eruption temperature,

and Tsurf is the surface temperature. The increased emplacement yields a thinner lithosphere

than mode 1 for the same value of the lithospheric emplacement constant hL. However, I

note that the appropriate value of hL is not known, so larger lithospheric thicknesses could

also be produced in mode 2, with emplacement spread over a larger region.

A conclusive detection of olivine on Io’s surface would provide significant support for mode

2, though I note that processes such as fractional crystallisation may evolve magmas in the

lithosphere, meaning that a lack of surface olivine cannot conclusively rule out mode 2.

Further, additional observations to constrain the globally averaged volcanic eruption rate

and eruption temperature would also test whether refractory melts are migrating out of the

deep mantle. On the basis of its ability to explain high eruption temperatures originating

from a mantle governed by magmatic segregation, I propose that mode 2 is the more likely

state for Io.
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4.4.3 Mechanism of ascent for deep refractory magmas

A fundamental assumption of my model is that deep refractory melts are able to migrate

out of the lower mantle without equilibration as they rise. From a modelling perspective,

I assume that this occurs due to the accumulation of magmatic overpressure in the lower

mantle, which enables melt to leave the lower mantle through some arbitrary ‘magmatic

plumbing system’. In the model, this plumbing system is treated in the same way as the

plumbing system in the lithosphere, which I envision as a network of dikes. However, its

physical manifestation in the mantle may well be different. In this section I first discuss the

assumption that refractory magmas can leave the lower mantle, and then discuss possible

physical interpretations of the plumbing system.

If Io is indeed in a thermal steady state (Lainey et al., 2009), heat supplied to the lower

mantle must be able to leave to the upper mantle. The heat being transported is primarily

in the form of latent heat (Moore, 2001), which can only be lost by the freezing of lower

mantle melts. If lower mantle melt was not extracted to a plumbing system, it would have

to freeze at the top of the lower mantle where the temperature drops, passing its latent heat

to fusible material at the base of the upper mantle, which would melt and continue heat

transport upward. I consider such a perfect exchange of mass and energy unlikely due to

the extreme liquid overpressures it would generate. These large liquid overpressures would

be expected to cause melt to penetrate the overlying upper mantle, which is at its solidus

and so is unlikely to have significant strength. The mantle magmatic plumbing system is

intended to capture the range of possible fates of this lower mantle melt. The ultimate

freezing and heat transfer could take place at the very base of the upper mantle (large hM);

in a distributed region of the upper mantle (intermediate hM); or in the lithosphere and on

the surface (small or zero hM).

Assuming then that magma does leave the lower mantle, its rise could be accomplished in a

number of ways. The lower mantle is hotter and, at the top, has a higher porosity than the
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overlying mid- and upper mantle. Together these create a lower bulk density that gives the

potential for a Rayleigh-Taylor overturn. In my model, the entire mantle is on its solidus,

so I would not expect significant resistance to such an overturn on long timescales. In

this interpretation, hM parameterises the equilibration of rising refractory plumes with their

surroundings. If the plumes are large and rise rapidly, the degree of equilibration may be very

low, representing mode 2 of my model. Such an overturn represents a mode of convective

heat transport. Another possibility is that lower mantle melts rise through a system of

dikes. High magma pressure in the decompacting boundary layer may localise and nucleate

fractures that are driven by magmatic buoyancy. It is possible that such conduits become

semi-permanent features, although this would require large amounts of lateral melt transport

in the decompacting boundary layer. Interpretations of my deep magmatic plumbing system

as a system of dikes would presumably imply a higher value of hM than large convective

plumes. Related to the concept of lower mantle melts rising through dikes is the formation

of reactive channels. If rising refractory melts are corrosive to more fusible compositions,

they can localise into high-flux channels (Kelemen et al., 1995; Rees Jones and Katz, 2018).

Rising lower mantle melts are undersaturated in SiO2 and so may dissolve pyroxene and

precipitate olivine. This could create high permeability, pure-olivine conduits that allow for

the rapid upward rise of refractory melts.

I emphasise that my model makes no explicit assumption about the nature of this plumbing

system, other than that it provides some mechanism for upward transport with an efficiency

determined by the parameter hM . Further work might pursue a more detailed mechanistic

interpretation, but that is beyond the scope of this thesis.

4.4.4 Model limitations and future work

This work represents an initial step toward a full coupling of geodynamics and thermo-

chemistry in volcanic bodies like Io. I have used a simplified phase diagram that, whilst
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providing useful insight into the general processes of stratification, could be significantly

extended. Revisiting previous thermochemical modeling (Keszthelyi and McEwen, 1997;

Keszthelyi et al., 2007) in light of the dynamics presented here could give a more realistic

picture of the compositional structure of Io. I have also ignored the pressure dependence

of melting temperature, the different latent heats of refractory and fusible material, and

solid-state phase changes. While I justified these simplifications, a more complete model

would aim to incorporate their effects. Further, I did not consider the possibility that the

two chemical components and their melts may have different densities. This, and the one-

dimensionality of the model precludes my ability to investigate thermochemical convection,

which may be an important part of this system, as discussed below.

In this work I have also neglected the radial distribution of tidal heating. In Chapter 3 it

was demonstrated that the lithospheric balances of eruption, emplacement and lithospheric

thickness depend only on the integrated heating from below, not its distribution. In the

present case, the thicknesses and melt fractions of the different layers in the model would

change with variable tidal heating with radius, but the general principles of stratification

and melt migration will hold. Future work may aim to couple dynamic models like that

presented here with evolving tidal dissipation models. In Chapter 5 I investigate the effects

of spatially variable tidal dissipation on the single component model of Chapter 3, but do

not expand this to the two-component model presented here.

Another significant simplification in my model is the assumption of spherical symmetry.

Tidal heating is a function of not just radius but also latitude and longitude (Segatz et al.,

1988; Ross et al., 1990), and may lead to lateral temperature differences on the order of

∼ 100 K (Steinke et al., 2020). Such considerations will be key to deciphering the links

between interior dissipation and heat transport, and the surface expression of volcanism. If,

as speculated above, convective overturn is a mechanism of upward migration of buoyant

refractory melts, then future work should include this inherently symmetry-breaking process.
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The model here is developed to describe leading-order dynamics and compositional evolution;

more detailed three-dimensional models are probably needed to facilitate close comparisons

to specific surface observations or to make predictions of the surface distribution of eruption

products. Such models would be best constrained by more detailed observations of eruptive

heat fluxes, temperatures, and petrology.

4.4.5 The possibility of solid-state convection

A potentially significant limitation to my model is its neglect of compositional and thermal

density variations. At the pressures relevant for Io’s mantle, Fe is expected to preferentially

partition into the melt. Such an interpretation of my compositional model might suggest an

unstable density stratification with hot, Fe-depleted, refractory material in the lower mantle,

and cooler, Fe-enriched, fusible material in the upper mantle (Ballmer et al., 2017). Indeed

Keszthelyi and McEwen (1997) proposed that an Fe-rich mid-mantle would form due to

the production of fractionated Fe-rich melts. Unstable density stratifications are expected

to result in convective instabilities. In this section I therefore discuss the possibility of

convective instabilities arising from the chemical structures predicted in this work.

Consider a highly simplified system of two static layers of thickness b separated by a horizon-

tal boundary, where the upper layer (layer 1) has density ρ1 and the lower layer (layer 2) has

density ρ2 < ρ1. Both layers have the same viscosity η. Such a configuration is susceptible to

a Rayleigh-Taylor instability. Turcotte and Schubert (2014) show that the fastest-growing

wavelength of instability is given by λ = 2.568b, with a growth rate τα = 13.04η/(ρ1− ρ2)gb.

Taking b to be half the thickness of Io’s mantle, we get a wavelength of ∼ 1300 km; with

a viscosity of η = 1020 Pa s and a density difference of 100 kg/m3, the growth rate of the

instability is ∼ 200 kyr. This can be compared to the ∼ 20 Myr timescale for advection

across half the depth of the mantle. This simple calculation indicates that the structure

presented in this work may be susceptible to very long-wavelength convective instabilities.
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Long-wavelength convective overturn would induce the rise of refractory material, potentially

affecting the spatial distributions of eruption products.

The applicability of such a calculation to the full system of downwelling solid and buoyantly

segregating magma is not immediately clear, especially given the close links between melting,

composition, temperature, and density. If convective overturns are able to re-mix the mantle,

the drive for compositional convection will be removed. This may lead to episodic behaviour

where the mantle becomes increasingly stratified until a convective overturn occurs and

resets the compositional structure. Alternatively, convective overturns may sequester Fe at

the base of the mantle, removing it from the system considered here. A full analysis of the

propensity for thermochemical convection as a consequence of magmatic segregation and

volcanism is an interesting avenue of future research. It would require a two-dimensional

(at least) model, and potentially a more elaborate petrological parametrisation to assess the

partitioning of Fe. It is interesting to note, however, that convection in this system will not

necessarily alter heat transport in the way that it does in other systems, since conduction

already plays an essentially insignificant role in the one-dimensional structure my model has

predicted. Heat transport occurs almost entirely through advection of latent heat by the

buoyantly ascending melt, which we might expect to be relatively unaffected by convective

motion of the solid. On the other hand, the effect of convection on composition would likely

be more significant.

4.5 Conclusions

In this chapter I have demonstrated that magmatic segregation and volcanic eruptions can

rapidly lead to significant compositional stratification of Io’s mantle. This stratification

produces a refractory lower mantle and a fusible upper mantle and lithosphere. Melting

of the refractory lower mantle produces high-temperature melts that must leave the lower
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mantle in order to facilitate heat loss. The fate of these refractory melts controls the de-

gree of stratification of the mantle and the composition and temperature of erupted lavas.

If high-temperature, refractory melts reach the surface, they can provide an explanation

of the highest temperature observed eruption, but if they stall in the upper mantle, high

temperature eruptions are not predicted. I hypothesise that Io’s highest temperature erup-

tions originate from a deep lower mantle, and that their eruption limits the stratification of

the upper mantle. Future observations of the petrology and temperature of eruptions will

directly test this hypothesis.
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Appendix

4.A Model scaling and non-dimensional parameters

Here I non-dimensionalise the governing equations of the full model. Much of this process

is the same as in Appendix 3.A. Dimensional parameters and definitions are given in table

4.1. Scales and definitions of the non-dimensional parameters are given in table 4.A.1. I

write, for example, u = u0û where u0 is the solid velocity scale and û is the dimensionless

velocity, insert similar expressions for all the variables into the equations, and finally drop

the hats on the dimensionless quantities to arrive at a dimensionless model. As in Chapter

3, for temperature I write T = Tsurf + T0T̂ , but here I take T0 = TB − Tsurf, so that a

non-dimensional temperature of 1 denotes the melting point of refractory material. I assume

spherical symmetry and write all quantities as a function of r.

The non-dimensional equation for conservation of mass in the lithosphere–mantle and plumb-

ing system are

1

r2
∂

∂r
(r2(u+ q)) = −E +M, (4.13)

1

r2
∂(r2qp)

∂r
= E −M. (4.14)
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Conservation of the phase-average composition c is

∂c

∂t
+

1

r2
∂

∂r

[
r2(φ0φu+ q)cl

]
+

1

r2
∂

∂r

[
r2(1− φ0φ)ucs

]
= −Ecl +Mcp. (4.15)

Conservation of chemical composition in the plumbing system is

1

r2
∂

∂r
(r2qpcp) = Ecl −Mcp. (4.16)

Darcy’s law and the compaction equation become

q = φn
(

1− φ0φ− δ
∂P

∂r

)
, (4.17a)

P

ζ
+

1

r2
∂

∂r

[
r2φn

(
1− φ0φ− δ

∂P

∂r

)]
= −E, (4.17b)

where δ is a dimensionless compaction parameter defined in Chapter 3 and table 4.A.1.

Conservation of energy becomes

∂H

∂t
+

1

r2
∂

∂r
(r2(u+q)T )+

St

r2
∂

∂r
(r2(φ0φu+q)) =

1

Pe r2
∂

∂r

(
r2
∂T

∂r

)
+Stψ+M(Tp+St)−E(T+St),

(4.18)

where Pe is the Peclet number, St is the Stefan number (table 4.A.1), and where bulk

enthalpy has been scaled by T0ρC. Conservation of energy in the plumbing system is

1

r2
∂

∂r
(r2qpTp) = ET −MTp. (4.19)
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Table 4.A.1: Reference scales and non-dimensional parameters

Quantity Symbol Definition Preferred Value Units
Tidal heating scale ψ0 4.2× 10−6 W/m3

Liquid velocity scale q0 ψ0R/ρL 6.4× 10−9 m/s
Solid velocity scale u0 q0 6.4× 10−9 m/s
Porosity scale φ0 K0φ

n
0∆ρg/ηl 0.044

Temperature scale T0 Tm − Ts 1550 K
Bulk viscosity scale ζ0 η/φ0 2.3× 1021 Pa s
Pressure scale P0 ζ0q0/R 8.0× 106 Pa

Péclet Number Pe q0R/κ 1160
Stefan Number St L/CT0 0.25

Emplacement constant ĥ hρCT0/ψ0 200
Extraction constant ν̂ νζ0 1000

Scaled elastic limit temperature T̂e
Te−Ts
Tm−Ts 0.6

Compaction parameter δ ζ0K0φ
n
0/ηlR

2 5.8× 10−3

The tidal heating scale ψ0 is imposed, which gives the velocity scale q0 which in turn gives
the porosity scale φ0.
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4.B Numerical implementation

Equations (4.13) – (4.19) are solved for phase averaged composition c, plumbing system

composition cp, compaction pressure P , enthalpy H, plumbing system flux qp, and plumb-

ing system temperature Tp respectively, using the finite volume method. Other variables

are obtained from these six primary variables. In particular enthalpy and phase-averaged

composition uniquely define temperature, porosity, solid composition, and liquid composition

through the solidus and liquidus equations (4.1) – (4.2), the scaled definition of bulk enthalpy

H = T + Stφ0φ, and the definition of phase averaged composition c = φ0φcl + (1− φ0φ)cs.

This local (cell-wise) problem is solved with a Newton method.

For the numerical solution, I introduce a small amount of artificial diffusion of phase-averaged

composition into the system as it helps to avoid discontinuous gradients in composition. The

modified composition equation including this artificial diffusion is

∂c

∂t
+

1

r2
∂

∂r

[
r2(φ0φu+ q)cl

]
+

1

r2
∂

∂r

[
r2(1− φ0φ)ucs

]
=
Dc

r2
∂

∂r

(
r2
∂c

∂r

)
−Ecl +Mcp, (4.20)

whereDc is a constant that controls the size of the artificial diffusion. A value ofDc ∼ 5×10−4

is generally required for robust convergence, and can be decreased with grid refinement. The

effect of this diffusion can be seen in figure 4.1d,h where the solid composition of the full model

deviates slightly from that of the reduced model. Figure 4.1 shows that the introduction of

this diffusion does not affect the model results.

The monolithic system (equations (4.13) – (4.19)) is highly non-linear and tightly coupled

(Katz et al., 2007). Robust convergence is obtained by splitting the system into three non-

linear sub-system solvers shown schematically in figure 4.B.1. The first sub-system solves

equation (4.15) for phase averaged composition c, and equation (4.18) for enthalpy H. Time

integration is performed using the theta method. When θ = 0 the system is fully explicit,
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and is fully implicit when θ = 1. Initially θ = 0.5 is used, but if convergence fails an explicit

timestep is taken. Sub-system 1 employs Newton’s method (with globalization). As part of

the residual evaluation for this sub-system, a local non-linear solve for porosity, temperature,

and solid and liquid compositions (described above) is required.

Once a solution is found for sub-system 1, the result is passed to solver 2, which solves

equation (4.17b) for compaction pressure P using Newton’s method (with globalization).

This separates the non-linearity of permeability in equation (4.17b) from the composition–

enthalpy system in sub-system 1, which also computes porosity. Solver 2 also calculates the

Darcy flux q and solid velocity u.

Upon convergence, the solutions to the previous two sub-systems are passed to solver 3, which

contains the plumbing system equations (4.14), (4.16), and (4.19). Placing the plumbing

system equations in a separate non-linear solver separates them from the pressure dependence

of extraction, and the temperature/plumbing system flux dependence of emplacement. Even

so convergence can be poor when new regions of extraction emerge, which causes rapid

changes to the solutions between timesteps. As per the previous two sub-systems solvers,

solver 3 also employs Newton’s method (with globalization). If Newton fails to converge, I

use a pseudo transient continuation method with implict (backward Euler) time integration.

The pseudo transient problem is evolved to steady-state to yield the solutions to equations

(4.14), (4.16), and (4.19).

An adaptive time step is used. At the beginning of each time step k, a trial value for the

step size ∆tk = 1.005 ∆tk−1 is selected. The time step is aborted if any of the solvers for

the three sub-systems fail to converge, and the step size is reduced by 50%. In the event of

multiple sub-system solve failures, when ∆tk < 1×10−12, an explicit timestep is taken using

∆tk−1, and the process of step size reduction is repeated. The simulation is terminated if an

explicit step with ∆tk < 1× 10−12 fails to converge.

After the convergence of all three non-linear sub-systems, a unified residual to the monolithic
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Figure 4.B.1: Schematic of the solver used for the full model. The system is split into three
non-linear solvers for enthalpy and composition, pressure, and the plumbing system. The solutions
to each solver are iterated until all solvers agree to within some small tolerance. A pseudo-transient
solver is used for the pipe equations when convergence is poor.

non-linear problem (4.13) – (4.19) is computed. Successive solution of the three sub-systems

are continued until the `2-norm of the residual of each discrete PDE is < 1 × 10−7. Once

satisfied, the time step is accepted and the state of the time-dependent PDE is advanced in

time from tk to tk+1 = tk + ∆tk.

The discretisation and system of non-linear equations is solved using the Portable, Extensible,

Toolkit for Scientific computation (PETSc) (Balay et al., 1997, 2019, 2020).
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4.C Reduced model

Illuminating simplifications can be made to the full model by assuming small porosity and

zero compaction length — this involves neglecting terms in φ0 and δ within the scaled

equations. Conservation of composition in the lithosphere–mantle system becomes

∂c

∂t
+

1

r2
∂

∂r

(
r2qcl

)
+

1

r2
∂

∂r

(
r2ucs

)
= −Ecl +Mcp. (4.21)

I assume that extraction E is zero outside of boundary layers at the base of any solid regions,

where it acts to transfer any liquid flux q to the plumbing flux qp. E can therefore be thought

of as a delta function on the boundaries between partial melt and solid (as boundary layers

go to zero thickness in the zero-compaction-length approximation).

Darcy’s law and the compaction relation become

q = φn, (4.22a)

φP = − 1

r2
∂(r2q)

∂r
. (4.22b)

The reduced energy equation (4.18) splits naturally into two cases: ‘solid’, in which case

q = 0 and we have

u
∂T

∂r
=

1

Pe r2
∂

∂r

(
r2
∂T

∂r

)
+ Stψ +M(Tp − T + St); (4.23)

and ‘partially molten’, in which case given the phase diagram of pure component B (figure

4.2) we have constant T (either at TA or TB) and

St
1

r2
∂(r2q)

∂r
= Stψ +M(Tp − T + St), (4.24)

where I recall that all extraction occurs on boundaries and so E is absent. In partially-molten
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regions the compaction pressure is thus given by

P =
Stψ +M(Tp − T + St)

Stφ
. (4.25)

Informed by solutions to the full model, I seek solutions that have a partially molten, pure-

refractory lower-mantle with T = TB and c = 0, occupying rm < r < rb; a mid-mantle solid

region rb < r < ra where TA < T < TB; an upper-mantle partially molten region ra < r < rl

where T = TA; and a solid lithosphere rl < r < R where Ts < T < TA. Note that the

mid-mantle region in the full model has non-zero porosity, but since the porosity and Darcy

flux there are small, it is treated as a pure solid region in this reduced model.

Throughout, I note that solid velocity u = −q − qp is known from q and qp. In the deep

refractory mantle, the enthalpy equation (4.24) can be integrated to give

q =
ψ

3

(
r − r3m

r2

)
, rm < r ≤ rb. (4.26)

In particular, this gives the value qb at the position rb (which is to be determined). This flux

is transferred to the plumbing system, which then has temperature Tp = TB and composition

cp = 0. In the region rb < r < ra, we have to solve

u
∂T

∂r
=

1

Pe r2
∂

∂r

(
r2
∂T

∂r

)
+ Stψ +M(Tp − T + St), (4.27)

1

r2
∂(r2qp)

∂r
= −M, (4.28a)

M = ĥM(TB − T )IM , (4.28b)

where IM is an indicator function that is zero when qp = 0 and 1 otherwise. This problem

is very similar to that solved for the lithosphere in Chapter 3. It is solved with boundary
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conditions

T = TB,
∂T

∂r
= 0, qp = qb at r = rb

T = TA at r = ra.

(4.29)

If the position of ra is known (or guessed — see below), this problem determines the position

of rb, as well as the temperature profile and the plumbing flux qp,a at ra. This problem can

be solved with a shooting method as in Chapter 3.

In the partially molten upper mantle (ra < r < rl) where cs ≤ 1, from the phase diagram we

have cl = 1, cp = 0, and T = TA. Equation (4.21) therefore tells us that the solid composition

is simply given by

cs = − q
u
. (4.30)

The emplacement rate M = ĥM(TB − TA) is constant and so the plumbing flux is

qp =

(
qp,a

r2a
r2
− ĥB(TB − TA)

r3 − r2a
3r2

)
Iqp (4.31)

where the indicator function Iqp indicates that this quantity cannot go below zero. The

reduced enthalpy equation (4.24) then gives

q =
ψ

3

(
r − r3a

r2

)
+

(
1 +

TB − TA
St

)[
qp,a

r2a
r2
− qp

]
+ qa

r2a
r2
. (4.32)

The second term here is the melting due to the heat released when material is emplaced from

the plumbing system. The final term comes from balancing energy at the interface r = ra;

since there is a temperature gradient below, the Stefan condition (jump condition for the

enthalpy equation) gives a sudden melt flux

qa = − 1

St Pe

∂T

∂r

∣∣∣∣
−
, (4.33)
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where the temperature gradient here is known from the solution of (4.27) – (4.29). From

these solutions we know the plumbing flux qp,c and liquid flux ql arriving at the lithosphere–

mantle boundary rl (which is to be determined). Since the flux ql is then transferred to

the plumbing system, the plumbing system in the lithosphere subsequently has constant

temperature and composition given by

cp =
ql

qp,l + ql
, (4.34a)

Tp =
qp,lTB + qlTA
qp,l + ql

. (4.34b)

Note that if all refractory material has been emplaced beneath the lithosphere, then qp,c = 0

and this simply says that the lithospheric plumbing system has cp = 1, and Tp = TA. Within

the region rl < r < R, we have to solve the system

u
∂T

∂r
=

1

Pe r2
∂

∂r

(
r2
∂T

∂r

)
+ Stψ +M(Tp − T + St), (4.35)

1

r2
∂(r2qp)

∂r
= −M, (4.36a)

M = ĥC(Tp − T )IM . (4.36b)

This system has the boundary conditions

T = TA,
∂T

∂r
= 0, qp = ql + qp,l, at r = rl,

T = Ts at r = R.

(4.37)

This system is solved the same way as the mid-mantle solid region: a shooting method is

used to find the position rl, as well as the lithospheric temperature distribution and the

plumbing flux. Seeking a particular bulk composition for silicate Io, a guess can be made of

ra, and a Newton method used on the resultant bulk composition to find the position of ra

that gives the desired bulk composition.
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Figure 4.1 shows solutions to the reduced model as dashed lines, showing good agreement

with the full model. There are slight differences in the position of the mid-mantle that arise

in the full model due to the smoothed solidus (equation (4.1)).

134



CHAPTER 5

Spatially variable tidal dissipation, magmatism and volcanism

The model, results, and analysis presented in this chapter have been published in

Spencer et al. (2021). This chapter constitutes a minor reformatting of that work

to fit within the broader context of this thesis.

5.1 Introduction

In Chapter 3 I investigated Io’s ‘top-down tectonics’, where the eruption and burial of lava,

combined with the low surface temperature leads to the growth of a thick and cold lithosphere

in spite of the high surface heat flux. This high heat flux is primarily exported from the

interior by magmatic segregation in the mantle (Moore, 2001), and through volcanic ‘heat-

pipes’ in the lithosphere (O’Reilly and Davies, 1981). Heat is supplied to the interior by

tidal dissipation — a process of great importance in the Solar System (de Kleer et al., 2019b)

— and the distribution of input tidal heating is expected to control the surface heat flux

distribution (Ross et al., 1990; Tackley, 2001; Kirchoff et al., 2011; Beuthe, 2013; Rathbun

et al., 2018; Steinke et al., 2020). However, the implications of tidal heating for interior

structure, magma dynamics, tectonics, and topography are not well known.
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The spatial distribution of tidal heating is a longstanding and still largely unresolved problem

in planetary science (Segatz et al., 1988; Roberts and Nimmo, 2008; Beuthe, 2013; Bierson

and Nimmo, 2016; Renaud and Henning, 2018). The end-members generally considered for

Io are that of lower-mantle heating or asthenosphere heating (Segatz et al., 1988; Ross et al.,

1990; Tackley et al., 2001; Hamilton et al., 2013), though magma-ocean dissipation has also

been proposed (Tyler et al., 2015; Hay et al., 2020). Lower-mantle dissipation predicts high

polar heat fluxes, whereas asthenospheric dissipation predicts high equatorial heat fluxes. A

number of works have sought to identify tidal dissipation patterns from surface heat fluxes

(Veeder et al., 2012), volcanic activity (Rathbun et al., 2018), and volcano distributions

(Ross et al., 1990; Kirchoff et al., 2011; Hamilton et al., 2013). The primary hindrance to

these works is the poor polar coverage of observations, so whilst a number of these works

favour an asthenosphere heating model (e.g., Ross et al., 1990; Kirchoff et al., 2011), the

general consensus is that more polar observations are needed to fully address this question

(Rathbun et al., 2018; de Kleer et al., 2019b). Further, long-timescale, averaged heat fluxes

are difficult to estimate, and it is unclear to what extent short-timescale observations of

volcanic activity reflect the global dissipation structure. Tectonic features, which vary on

much longer timescales, may provide a more robust link between surface observations and

the distribution of tidal heating.

An important tectonic feature that is expected to relate to the surface heat flux, and thus the

tidal heating distribution, is the long-wavelength lithospheric thickness (Ross et al., 1990;

Steinke et al., 2020). In Chapter 3 I proposed that the eruption and burial of lava results

in the growth of a cold lithosphere, with a steady-state thickness that is controlled by the

balance of downward advection and heat delivered by magmatic intrusions. Conduction

plays a minor role in this model because the rate of burial is so large. In such a system,

the lithospheric thickness is primarily controlled by the rate of melt production and the rate

of intrusive heating. An alternative model was put forward by Steinke et al. (2020), who

proposed a stagnant lid convection model where a portion of mantle heat transport occurs
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by convection, and this convectively-transported heat is transported though the lithosphere

by conduction. This predicts that the lithosphere is thinnest where heat flux is highest.

It should be noted that Steinke et al. (2020) referred to the surface layer as the crust; I

have used lithosphere instead because the crust is usually considered to be a petrologically

distinct layer, a distinction that becomes important in the isostatic calculations below. If the

thickness of the lithosphere can be related to topography and heat flow, then long-wavelength

variations in lithospheric thickness could be used to infer the tidal heating distribution.

Constraints on the lithospheric thickness could also be combined with future spacecraft

measurements of Io’s libration amplitude to investigate its interior structure (Van Hoolst

et al., 2020).

The model I presented in Chapter 3 and that in Steinke et al. (2020) propose different con-

trols on the lithospheric thickness and so may be expected to predict different relationships

between the tidal heating distribution and thickness. Steinke et al. (2020) used radially

integrated tidal heating profiles to predict the effect of spatially variable tidal heating on

lithospheric thickness, finding that the thickness anti-correlates with surface heat flux. In

this chapter I extend my model from Chapter 3 to consider the effect of variable tidal heating

on the eruption and intrusion model for lithospheric thickness such that comparisons can be

made between my models and Steinke et al. (2020).

I generalise the simplified, steady-state model presented in Chapter 3 (and derived in Ap-

pendix 3.B) to allow variable tidal heating. Io is divided into a set of laterally contiguous,

one-dimensional columns that are coupled to a viscoelastic tidal heating model. The tidal

heating model calculates a three-dimensional heating rate from a spherically symmetric rhe-

ological structure. This leads to a recognised limitation of these type of tidal heating models;

the three-dimensional heating rate that they produce generates a non-spherically symmet-

ric structure that cannot be used to recalculate the heating distribution without averaging

over spherical shells (Roberts and Nimmo, 2008; Bierson and Nimmo, 2016). Thus, models
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coupling such tidal heating calculations to dynamics cannot be fully self-consistent. I use

this coupled, pseudo-three-dimensional model to investigate the links between tidal heat-

ing, lithospheric thicknesses, and long-timescale eruption rates/heat fluxes. My results show

that the relationship between lithospheric thickness and heat flux depends on how magmatic

intrusions form within the lithosphere. If the rate of formation of permanent magmatic in-

trusions is independent of the (non-zero) magma flux through volcanic conduits, as may be

expected if the volcanic system exploits pre-existing fractures, I predict the lithosphere to

be thickest where radially integrated heating rate (and thus eruption rate and heat flux) is

highest. If, however, magmatic intrusions form at a rate proportional to the magma flux in

volcanic conduits, as may be expected if volcanic conduits form due to basal magma pressure

that generates new pathways for magma to propagate into the lithosphere, the lithospheric

thickness should be weakly anti-correlated with radially integrated heating rate.

Having predicted the lithospheric thickness and its global variation, I then use a simple

isostasy calculation to convert it to topography. This calculation assumes that the density

difference between the lithosphere and mantle, which depends on both temperature and

composition, is known. If the lithosphere is assumed to be compositionally similar to the

mantle, thermal effects control density variations, and are such as to predict that topog-

raphy anticorrelates with lithospheric thickness. If, on the other hand, the lithosphere is

assumed to be compositionally distinct and of a lower chemical density, topography is pre-

dicted to correlate with thickness. These isostasy results are an independent extension to

the lithospheric thickness calculation; the lithospheric thickness calculations do not require

assumptions about the compositions or densities of the lithosphere and mantle. The isostasy

model relates a feature that generally has to be indirectly inferred (lithospheric thickness), to

an observation that is more readily obtained (topography). Improved observations of surface

heat fluxes and their relationships to lithospheric thickness and topography will test different

models for the controls on Io’s lithospheric thickness (that presented in this thesis and that

from Steinke et al., 2020). With a means of critically evaluating these models, the structure
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of tidal heating can feasibly be constrained by future estimates of lithospheric thickness.

5.2 Methodology

My model consists of two main parts: a theory for magmatic segregation and volcanism,

and another for tidal dissipation. I also append a separate isostasy calculation. The one-

dimensional magmatic segregation and volcanism model is a generalisation of the asymptotic

approximation presented in Chapter 3. In it, melting is driven by the tidal dissipation model,

which most closely follows the approach of Beuthe (2013), utilising a Maxwell viscoelastic

rhology. Rheological parameters required by the tidal calculation are predicted by the seg-

regation and volcanism model, completing the coupling of the two systems. The isostasy

calculations utilise the equal-pressure formulation of Hemingway and Matsuyama (2017).

The dynamics are described by the magmatic segregation and volcanism model. In Chapter

3 I derived a system where tidal heating causes the formation of magma in the mantle that

rises buoyantly toward the solid lithosphere. High magma overpressure just below the base

of the lithosphere facilitates a transfer of magma from the pore space into a lithospheric

magmatic plumbing system, which can be thought of as a system of dikes. Magma rising in

this plumbing system can freeze into the cold, surrounding lithosphere, forming permanent

magmatic intrusions, delivering both mass and energy to the surroundings. The rest of the

magma in the plumbing system rises to the surface and erupts, imparting a compensating

downward flux of the (now cold) erupted products. In Chapter 3 I found that the delivery

of heat from the freezing of magmatic intrusions is required to raise the temperature of cold,

downwelling lithosphere such that a lithospheric thickness within observational constraints

can be maintained. The formulations for emplacement utilised in this chapter are discussed

below.

The dynamic model is coupled to tidal dissipation to yield a consistent, three-dimensional
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structure. I use a spherically symmetric structure to calculate a three-dimensional heat-

ing rate. This heating rate distribution (which importantly is not spherically symmetric)

is applied to a suite of column models, producing a three-dimensional structure. This

structure is averaged over spherical shells and used to re-calculate the heating distribu-

tion. This processes is iterated until the heating-distribution converges, yielding the three-

dimensional structures that I present here. I utilise a Maxwell viscoelastic law despite the

well-documented inability of such a rheological law to produce observed dissipation rates

at realistic mantle viscosities (Bierson and Nimmo, 2016; Renaud and Henning, 2018). I

also neglect all lateral flow, justified by the long-wavelength of the tidal forcing; the one-

dimensional columns are considered isolated. This is a significant simplification that I discuss

below, and I note that future work should aim to analyse the propensity for lateral flow. I

also inherit some of the assumption I made in Chapter 3, namely that I ignore the chemical

composition and as a consequence neglect the possibility of compositional convection in the

mantle. Parameter values are given in table 5.1.

5.2.1 Magmatic segregation and volcanism

The model presented in Chapter 3 is based on conservation equations for mass, momentum,

and energy in a compacting two-phase medium, together with conservation of mass in a

magmatic plumbing system that transports magma through the solid lithosphere. Here, I

make use of the simplified model described in Appendix 3.B. In the mantle, which is at the

melting temperature Tm, tidal heating produces melt, and mass conservation of the melt

phase reads

1

r2
∂ (r2q)

∂r
=

ψ

ρmL
(5.1)

where q = K0φ
n∆ρg/ηl is the Darcy segregation flux related to the porosity φ, ρm is the

density of the mantle, ψ is the local volumetric heating rate (see section 5.2.2), and L is the

latent heat. Here K0 is a permeability constant, n is the permeability exponent, ∆ρ is the
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Table 5.1: Model parameters

Quantity Symbol Preferred Value Units
Dynamics model
Radial position r m
Radius R 1820 km
Core radius1 rm 700 km
Solid velocity u m/s
Segregation flux q m/s
Volcanic plumbing flux qp m/s
Porosity φ
Permeability constant2 K0 10−7 m2

Permeability exponent2 n 3
Reference mantle density ρm 3000 kg/m3

Solid–liquid density difference ∆ρ 500 kg/m3

Gravitational acceleration g 1.5 m/s2

Liquid viscosity ηl 1 Pas
Emplacement rate M s−1

Emplacement constant∗ λc 1.66 Myr−1

Emplacement constant∗ λq 0.05 km−1

Temperature T K
Melting temperature Tm 1500 K
Surface temperature Ts 150 K
Latent heat L 4× 105 J/kg
Specific heat capacity C 1200 J/kg/K
Thermal diffusivity κ 10−6 m2/s
Tidal heating model
Colatitude θ rad
Longitude ϕ rad
Orbital frequency ωf 4.11× 10−5 s−1

Orbital eccentricity e 4.1× 10−3

Time t s
Complex stress tensor σ̃ Pa
Complex strain tensor ε̃
Tidal potential Ω m2s−2

Associated Legendre polynomial Pm
l (x)

Shear viscosity η Pas
Reference shear viscosity∗∗ η0 Pas
Activation energy EA 3× 105 J/mol
Reference temperature T0 K
Porosity constant Λ 27
Tidal heating rate ψ W/m−3

Isostasy model
Pressure P Pa
Depth z km
Compensation depth rccd km
Reference lithosphere density ρl ρm kg/m3

Lithosphere density ρ kg/m3

Thermal expansivity α 3× 10−5 K−1

Lithospheric thickness l km
Topography h km
1Bierson and Nimmo (2016), 2Katz (2008), 3Lainey et al. (2009)
∗ Chosen to give an average lithospheric thickness of ∼ 35 km
∗∗ Chosen to give a total heating rate of 1014 W
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density difference between the solid and liquid, and ηl is the magma viscosity (numerical

values are given in table 5.1). The magma flux is therefore

q =
1

ρmL

1

r2

∫ r

rm

ψr2 dr, (5.2)

where rm is the base of the mantle. At the base of the lithosphere this flux is transferred to

the plumbing system, in which the flux is denoted qp. Conservation of mass and energy in

the lithosphere are described by

1

r2
∂

∂r

(
r2(u+ qp)

)
= 0, (5.3a)

1

r2
∂

∂r

(
r2qp

)
= −M, (5.3b)

and

1

r2
∂

∂r

(
r2uT

)
=

1

r2
∂

∂r

(
r2κ

∂T

∂r

)
+

ψ

ρmC
+M

(
Tm +

L

C

)
, (5.4)

where u is the solid velocity, T is the temperature, M is the emplacement rate (the rate at

which magmatic intrusions remove material from the plumbing system), and C is the specific

heat capacity. The final term in equation (5.4) represents the heating that emplacement

provides to the downwelling lithosphere. The solution of equations (5.3) – (5.4) together

determines the temperature profile in the lithosphere as well as the lithospheric thickness

(see Chapter 3 for details).

In Chapter 3 I introduced three feasible parametrisations for the magmatic emplacement

rate M ; the first related to the temperature difference between volcanic material and the

surroundings, the second related to the flux through the volcanic systems, and the third

had a constant emplacement rate. I showed that all three mechanisms produced broadly the

same behaviour, with high emplacement rates producing low lithospheric thicknesses, and

demonstrating that emplacement must be predominantly in the lower-lithosphere in order to

produce the large elastic thicknesses required of supporting Io’s mountains. In this Chapter
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I investigate the two simpler forms of emplacement that I have introduced, both of which

can be used to derive analytical expressions for the lithospheric thickness, as I show below.

To allow emplacement to be proportional to the volcanic flux, or a constant, I take

M = λc + λqqp, (5.5)

and explore cases where only one of λc or λq is non-zero at a time. Taking a constant

emplacement rate (λc 6= 0 and λq = 0) can be interpreted as modelling a system of dikes

where the number of dikes is fixed but the flux through them varies. If emplacement is

a function of contact area with the host rock, such a system could result in emplacement

rate being independent of the magma flux. This is similar to, but more simple than the

temperature dependence taken in Chapter 3. Taking emplacement to be proportional to the

amount of melt in the plumbing system (λc = 0 and λq 6= 0) can also be interpreted as a

system of dikes, but where the dikes have equal fluxes and the number of dikes varies. As

the flux (and thus the number of dikes) increases, the contact area with the host rock also

increases, and so the total emplacement rate increases. In summary, I consider cases where

emplacement is positively related to, or independent of the magma flux. I do not consider

the possibility of a negative relationship between emplacement rate and magma flux as I

cannot conceive of a realistic physical system that this would represent.

Finally, it is important to note that λc and λq parametrise long-timescale averages of a range

of complex processes. As such, I do not attempt to closely interpret the numerical values

of these parameters; I use values that give rise to a globally-averaged lithospheric thickness

that is comparable to that inferred from observations. I focus on the broad behaviour of the

model in response to these parameters. I also note from equation (5.5) that λc has the same

units as M (s−1), whereas because qp multiplies a flux, it has units m−1.
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5.2.2 Tidal heating

For the calculation of tidal heating I most closely follow the methodology of Beuthe (2013).

Volumetric tidal dissipation averaged over an orbit is given by (Tobie et al., 2005)

ψ(r, θ, ϕ) =
ωf
2

[Im(σ̃ij)Re(ε̃ij)− Re(σ̃ij)Im(ε̃ij)] , (5.6)

where ωf = 4.11 × 10−5 s−1 is the orbital frequency, θ is the colatitude, ϕ is the longitude,

σ̃ij and ε̃ij are the components of the complex stress and strain tensors, and summation over

components i and j is implied. I present a derivation of equation (5.6) from force balance

equations in a two-phase medium in Appendix 5.B. I calculate the complex stress and

strain tensors using the propagator matrix approach detailed in Sabadini and Vermeersen

(2004), and explained in appendix A of Roberts and Nimmo (2008). I give some details

of this approach in Appendix 5.B. Broadly, the calculation starts with the formulation of

momentum conservation and Poisson equations for a body subjected to gravitational and

rotational potentials. These equations are then expanded in spherical harmonics. This

results in a set of six ODEs for the radially-varying spherical harmonic coefficients, which

are solved in each layer of a spherically symmetric body. Together with a rheological law

these coefficients yield the complex stress and strain tensors.

The tidal potential that forces the system arises from consideration of a synchronous eccentric

orbit, to first order in eccentricity. It is given by (Kaula, 1964; Tobie et al., 2005)

Ω = r2ω2
fe

[
−3

2
P 0
2 (cos θ)cos(ωf t) +

1

4
P 2
2 (cos θ) [3cos(ωf t)cos(2ϕ) + 4sin(ωf t)sin(2ϕ)]

]
,

(5.7)

where e = 4.1 × 10−3 is the orbital eccentricity, θ and ϕ are the colatitude and longitude

(the latter being zero at the sub-Jovian point), t is the time, and P 0
2 and P 2

2 are associated

Legrendre polynomials.
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To couple the tidal heating model to the dynamical model I follow the approach of Bierson

and Nimmo (2016). I take the shear viscosity to be a function of temperature and porosity

through the relationship (Katz, 2010)

η = η0 exp

[
EA
Rg

(
1

T
− 1

T0

)
− Λφ

]
, (5.8)

where EA = 3× 105 J/mol is the activation energy, Rg is the gas constant, η0 is a reference

viscosity at the reference temperature T0 (taken to be the melting point), and Λ = 27 is a

positive constant. Temperature T and porosity φ are extracted from the model in section

5.2.1 and averaged over spherical shells, so η depends only on radius r. The value of η0 used

is chosen so that the total global rate of tidal dissipation approximately matches the observed

dissipation rate of ∼ 1× 1014 W (Lainey et al., 2009). It is well documented that a Maxwell

viscoelastic constitutive law requires a very low viscosity to produce the amount of tidal

heating observed in Io (Segatz et al., 1988; Tackley, 2001; Bierson and Nimmo, 2016; Steinke

et al., 2020). I assume that this is a failure in the present understanding of the rheology that

affects dissipative processes (Bierson and Nimmo, 2016; Renaud and Henning, 2018), rather

than a reasonable assesment of Io’s long-timescale mantle viscosity. Bierson and Nimmo

(2016) also take a porosity dependence of the elastic shear modulus, but I neglect this small

effect in line with my simplified approach. I refer to the first coupled model, using (5.8), as

the ‘mantle heating’ model.

Numerous previous works have considered the possibility that tidal dissipation is concen-

trated within a lower-viscosity asthenosphere (e.g., Segatz et al., 1988; Tackley, 2001; Hamil-

ton et al., 2013; Davies et al., 2015). Such a dissipative layer does not arise in the above

formulation, even when a large decompacting boundary layer is included in the dynamic

model because the porosity dependence in a Maxwell viscoelastic model is too weak. In

order to investigate the lithospheric thickness and long-wavelength topography implications

of such a dissipation structure, I calculate an alternative ‘asthenospheric heating’ model,
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where the shear viscosity in a 300 km layer beneath the lithosphere is set to be a factor of

1000 lower than the rest of the mantle. In the asthenospheric heating model I do not include

the temperature and porosity dependence of shear viscosity; in this case the tidal heating

model is decoupled from the dynamical model. I do, however, set the shear viscosity in the

cold lithosphere is be effectively infinite so no dissipation occurs there, consistent with the

calculated dissipation structure in the coupled mantle heating model.

The tidal heating code has been benchmarked against the radial functions in figure 2 of

Tobie et al. (2005), against the TiRADE software used in Roberts and Nimmo (2008), and

by reproducing figures 8 and 10 of Segatz et al. (1988).

5.2.3 Isostasy calculations

For my isostasy calculations I follow Hemingway and Matsuyama (2017) in using an equal-

pressure formulation of isostasy in spherical coordinates. This assumes that compensated

columns have equal pressures at their bases (the compensation depth, rccd). Equal pressure

isostasy assumes that we have (Hemingway and Matsuyama, 2017)

P =

∫ R

rccd

ρg dr, (5.9)

where P is a constant (independent of latitude and longitude), ρ is the density profile, and

R is the local planetary radius. I take gravity g to be uniform for simplicity, a reasonable

assumption given the likely heavy core. I assume that density in the lithosphere is a function

of temperature only

ρ = ρl[1− α(T − Tm)], (5.10)

where α = 3 × 10−5 K−1 is the coefficient of thermal expansion, and ρl is the reference

density of the lithosphere at the melting temperature Tm. It is at this point that the dis-

tinction between ‘crust’ and ‘lithosphere’ becomes important for Io. In terrestrial systems,
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the base of the crust represents a petrological boundary between the low-density crust and

the high-density mantle. In Chapter 4 I proposed that efficient recycling of erupted material

back into the partially molten mantle removes any significant compositional variation across

this boundary. In such a view there is no petrologically distinct crust, and so there is no

compositionally derived density change between the lithosphere and upper mantle. Consis-

tent with that result, I take ρl = ρm for our initial topography calculations. It is plausible,

however, that certain chemical species are melted and mobilised at lower temperatures, po-

tentially resulting in a density stratification, even if the bulk of the lithospheric material is

efficiently recycled into the mantle. I investigate the effect of an upper-most layer with a

density ρl 6= ρm in Appendix 5.A.

The integral in equation (5.9) can be split at the base of the lithosphere, which has a thickness

l to write

P = ρmg(R− l − rccd) +

∫ l

0

ρg dz, (5.11)

where z = R − l is the distance downward from the surface. Both l and ρ (in terms of

temperature T ) are known from the magmatic segregation and volcanism model, so this

expression can be re-arranged to determine the variable radius R relative to its spatial

average R. Since P and rccd are constant, we obtain this topography h = R−R as

h = l −
∫ l

0

ρ

ρm
dz + constant, (5.12)

where the constant is chosen to make the spatial average of h zero.

5.3 Results and discussion

Figure 5.1 shows model solutions for the lithospheric temperature distribution, mantle poros-

ity, and tidal heating distribution at Io’s north pole and three points around the equator,
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for the (coupled) mantle heating model and the (de-coupled) asthenosphere heating model.

In the mantle-heating case (figure 5.1a–c), heating rate is highest at the poles, and lowest at

the sub- and anti-Jovian points, whereas in the asthenosphere-heating case (figure 5.1d–f),

heating rate is highest at the sub- and anti-Jovian points, and lowest at the poles. A higher

heating rate leads to increased melt production, though for the permeabilities used here

melt fractions only vary by ∼ 1%. Lower permeabilities lead to higher porosities and greater

porosity variation between localities (Moore, 2001; Bierson and Nimmo, 2016). Throughout

this work, eruption rate and surface heat flux are a proxy for radially integrated heating

rate.

The rate of emplacement is controlled by λc and λq (5.5). The values of λc and λq used in

this work were chosen to yield an average lithosphere thickness of ∼ 35 km. Increasing these

parameters results in a reduction of the average lithospheric thickness, whilst decreasing

them increases the average thickness. This reflects the role of the emplacement constant M

in controlling lithospheric thickness, as discussed in Chapter 3.

An analysis of the equations can be used to obtain a useful analytical approximation for

the lithospheric thickness. When the emplacement rate is a constant (λc 6= 0 and λq = 0),

integration of equation (5.3b) in the lithosphere yields

qp =
qeR

2

r2
+
λc
3

(
R3

r2
− r
)
, R− l ≤ r ≤ R, (5.13)

where qe = qp(r = R) is the eruption rate. Assuming negligible surface conduction, the

eruption rate must be given by a column-wise energy balance as

qe =
1

R2(ρmL+ ρmC(Tm − Ts))

∫ R

rm

ψr2 dr, (5.14)

where the integral is the total tidal heating delivered to the column. From equation (5.2),
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the plumbing flux at the base of the lithosphere is

qp(r = R− l) =
1

(R− l)2ρmL

∫ R−l

rm

ψr2dr. (5.15)

Since negligible tidal heating takes place in the lithosphere (figure 5.1, note that the green

shaded region denotes the upper 100 km, which includes part of the upper mantle where

dissipation is not negligible), the integrals in (5.14) and (5.15) are essentially identical. Thus,

equating (5.15) with (5.13) at the base of the lithosphere yields an analytical expression for

the lithospheric thickness in terms of the local eruption rate

l = R−R
(

1− 3qe
Rλc

C(Tm − Ts)
L

)1/3

. (5.16)

A Taylor expansion of the term in brackets provides some intuition into this expression.

Expanding to the first non-trivial term yields

l ≈ C(Tm − Ts)
L

qe
λc
. (5.17)

The thickness of the lithosphere is controlled by the balance between latent heat release in

the lithosphere and sensible heat loss at the surface. The greater the temperature difference

between erupting lava and the surface, the more heat that must be provided to downwelling

material to raise it to its melting point. As the eruption rate increases, material downwells

more quickly, and with no corresponding increase in emplacement rate, the thickness of

the lithosphere grows. This effect can be seen in the main panels of figure 5.1. A higher

rate of emplacement means that downwelling material is heated more rapidly, reducing the

lithospheric thickness. I note that an average lithospheric thickness can be estimated using

the modelled global average eruption rate in Chapter 3.

The insets in panels a and d of figure 5.1 show the lithospheric temperature profiles when

emplacement rate is proportional to the plumbing system flux (λc = 0 and λq 6= 0). In this
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case equation (5.3b) can be integrated to give

qp =
R2qe
r2

eλq(R−r). (5.18)

Again assuming negligible surface conduction and equating equation (5.18) to the total melt

production in the interior (equation (5.15)) gives an expression for the lithospheric thickness,

l =
1

λq
ln

(
1 +

C(Tm − Ts)
L

)
. (5.19)

Interestingly, this is independent of the melting rate, so lithospheric thickness is expected to

be virtually constant when emplacement rate is proportional to the plumbing system flux.

A Taylor expansion of (5.19) to first order yields equation (5.17) but with qe/λc replaced by

1/λq, illustrating that in this case, the relationship between eruption flux and emplacement

is fixed. The small variations in lithospheric thickness seen in the insets in panels a and d

of figure 5.1 are due to conduction (which is neglected in arriving at the estimate, equation

(5.19)), with higher heating rates producing thinner lithospheres.

Figure 5.2 shows lithospheric thickness, eruption rate, and topography as a function of lat-

itude and longitude in the coupled mantle-heating model. The top row of figure 5.2 shows

the case where emplacement rate is a constant and the bottom row shows the case where

emplacement rate is proportional to the plumbing system flux. A constant emplacement rate

means that lithospheric thickness correlates with the eruption rate, as specified by equation

(5.16). Lithospheric thickness varies by about 25 km, with the most pronounced variation

being between the thick polar lithosphere and the thin equatorial lithosphere. In figure 5.2

I assume that there is no compositionally derived density change at the base of the litho-

sphere, and so take ρl = ρm. The lack of a compositionally density step means that the

cold lithosphere is more dense than the underlying, partially molten mantle; this results in

topographic highs where the lithosphere is thinnest. The coupled, mantle-heating model
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Figure 5.1: Lithospheric temperature profiles, mantle porosities, and tidal heating distributions
at the poles and three points around the equator, for the mantle heating (a–c) and asthenosphere
heating (d–f) models, with constant emplacement rate, λc = 1.66 Myr−1. Panels a and d show
the temperature profile in the top 100 km layer of Io; this region is indicated by the green strip
in the other panels, which show porosity and heating in the whole mantle and lithosphere. Where
radially integrated heating rate is highest, melt production and porosity is highest. This results in
an increased eruptive flux and the growth of a thicker lithosphere. The insets in panels a and d show
the case when emplacement rate is proportional to plumbing system flux, with λq = 0.05 km−1.
In this case, lithospheric thicknesses vary weakly (porosity and tidal heating profiles in the mantle
are almost exactly the same as constant emplacement rate). Dots indicate estimates of lithospheric
thickness using equations (5.17) (panels a and d) and (5.19) (insets). Differences between the
analytical estimates and the model are caused by conduction, which is neglected in the analytical
estimates.

with constant emplacement rate predicts long-wavelength topography with an amplitude of

about 250 m. In the case where emplacement rate is proportional to the amount of material

in the plumbing system, shown in the bottom row of figure 5.2, the lithospheric thickness

only varies by a couple of kilometres and the amplitude of long-wavelength topography is
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< 40 m. This can be understood through equation (5.19); increased heating and the resul-

tant increased eruption rate is balanced by increased emplacement, resulting in an almost

uniform lithospheric thickness. In this case, the long-wavelength lithospheric thickness and

topography variations are a result of different conductive heat fluxes and so lithospheric

thickness is anti-correlated with eruption rate (Ross et al., 1990; Steinke et al., 2020). I

stress that the lithospheric-thickness solutions are independent of the topography estimates.

The topography estimates rely on an assumption of the compositionally derived density dif-

ference (or lack thereof) between the lithosphere and mantle, but the lithospheric thickness

estimates do not. An exploration of the effect of varying the mantle density is presented in

Appendix 5.A.

Figure 5.3 shows the same plots as figure 5.2, but for the case of asthenospheric heating. All of

the relationships between heating rate, eruption rate, lithospheric thickness, and topography

are the same in this case, but the pattern of dissipation and so the pattern of the plotted

solutions is different. Asthenospheric heating predicts higher eruption rates at the equator. If

emplacement rate is constant, this predicts a thicker lithosphere at the equator (amplitude

∼ 30 km), and assuming ρl = ρm, topographic highs at the poles (amplitude ∼ 300 m).

If emplacement rate is proportional to the amount of material in the plumbing system,

lithospheric thickness is much more uniform (amplitude ∼ 6 km) and topography is reduced

(amplitude ∼ 90 m), with lithospheric thickness variations being controlled by variation in

conductive heat fluxes.

Assuming dominantly vertical flow — a significant assumption that I discuss below — the

global pattern of heat flow should be reflective of the tidal heating distribution, as has

been noted elsewhere (e.g., Segatz et al., 1988; Tackley, 2001; Veeder et al., 2012; Davies

et al., 2015). The primary means to distinguish between lower mantle and asthenospheric

heating models is on the basis of heat flux. Lower mantle heating predicts higher polar

heat fluxes, whereas asthenosphere heating predicts higher equatorial heat fluxes. With
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Figure 5.2: Solutions for lithospheric thickness, eruption rate, and topography in the case of
coupled dynamics and tidal heating, assuming the mantle and lithosphere have the same density
at equal temperature. Tidal heating is concentrated in the lower mantle in the coupled model,
producing maximum eruption rates at the poles (see figure 5.1). Panels a–c show the case where
emplacement rate is constant, and panels d–f show the case where emplacement rate is proportional
to the plumbing system flux. Constant emplacement rate predicts a correlation of lithospheric
thickness with eruption rate (or heat loss), and topographic lows where heat flux is high. An
emplacement rate proportional to plumbing system flux predicts a relatively uniform lithospheric
thickness and little long-wavelength topography.
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Figure 5.3: Solutions for lithospheric thickness, eruption rate, and topography in the case of
asthenosphere heating. Panels a–c show the case where emplacement rate is constant, and panels d–
f show the case where emplacement rate is proportional to the plumbing system flux. Relationships
between lithospheric thickness, eruption rate, and topography are the same as in figure 5.2, but
patterns and amplitudes are different due to the different heating mode.
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the present dearth of polar observations, this is a difficult distinction to make. Rigorous

observation of Io’s poles is required to understand which mode of heating is more likely to be

occurring. However, if the mode of emplacement can be established, lithospheric thickness

and topography can serve as a useful proxy for long-timescale heat flux.

This work predicts that the long-wavelength variations in lithospheric thickness should either

correlate with the long-timescale eruption rate/heat flux, or be weakly anti-correlated, as

summarised schematically in figure 5.4. In the constant emplacement rate model, I predict

that lithospheric thickness correlates with eruption rate. An explanation for why emplace-

ment would be independent of magma flux could be that volcanic conduits are not formed

by magma pressure at depth, but rather tectonic processes in the lithosphere. Io’s eruption

and burial tectonics are thought to form mountains by thrust faulting (McKinnon et al.,

2001; Kirchoff and McKinnon, 2009). If, for example, such faults can act as conduits for

magma ascent, freezing of ascending magma on their walls may be largely independent of the

flux through the conduit. Alternatively, in the flux-proportional emplacement rate model,

I predict that long-wavelength lithospheric thickness varies by only a few kilometers, and

is weakly anti-correlated with heat flux. A rationale for why emplacement rate would be

proportional to volcanic plumbing flux may be that volcanic conduits are created by over-

pressured magma at the base of the lithosphere. It is plausible that higher melt production

in the interior would lead to a larger number of conduits. If magma in each of these con-

duits has a chance of stalling within the lithosphere, this would imply a positive relationship

between lithospheric magma flux and emplacement rate.

The flux-proportional emplacement rate model makes predictions for variations in litho-

spheric thickness that are similar to the results of Steinke et al. (2020). When comparing

this work to Steinke et al. (2020), it is important to note that whilst both can predict a

conductive control on lithospheric thickness variations, the controls on the absolute values

of lithospheric thickness are different. In this work the lithospheric thickness is primarily
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Figure 5.4: Schematic illustrating the primary results of this chapter. The lithospheric thickness
is correlated with radially integrated heating rate if magmatic intrusions form at a constant rate
(panel a), but is approximately uniform (or weakly anti-correlated) if intrusions form at a rate
proportional to the flux through volcanic conduits (panel b).

controlled by the rate of magmatic emplacement, whereas in Steinke et al. (2020) the litho-

spheric thickness is controlled entirely by conduction through a stagnant lid. To address the

relative importance of convective heat transport in the mantle likely requires a model that

couples two-phase flow and convection, a significant challenge due to the different timescales

on which these processes operate.

The proposed link between lithospheric thickness and topography provides a means of re-

lating more readily-obtainable observations (topography) to the predictions of lithospheric

thickness in works like this one and Steinke et al. (2020). However, to quantify this prediction

requires an additional assumption about the relative densities of the lithosphere and mantle.

In Chapter 4 I demonstrated that in Io’s top-down tectonics, the lithosphere is expected to

be efficiently recycled into the mantle, resulting in the lithosphere and upper mantle having

the same composition. This is the case presented in figures 5.2 – 5.3, where the densities of

the mantle and lithosphere are the same when their temperatures are equal (ρm = ρl). It is

nonetheless plausible that as erupta are buried through the lithosphere, fusible components
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are melted and mobilised first, which may in turn lead to a density stratification. The extent

of this effect is perhaps small, however, given the expected mafic nature of Io’s lithosphere.

In Appendix 5.A I show that if Io does have a distinct layer of different chemical density,

its effect on topography depends on the density difference ρm − ρl. At a critical density

difference of ∼ 30 kg/m3, the compositional density effect cancels out the temperature de-

pendence of density, resulting in no topography. If ρm−ρl is sufficiently large, topography is

inverted from that presented in figures 5.2 – 5.3. If the density difference can indeed be esti-

mated, topography observations can be compared to eruption rates and volcanic heat fluxes

to clarify the heat-transfer and emplacement mechanisms in the lithosphere. Alongside re-

cent work that demonstrates a way to constrain interior structure from libration amplitudes

(Van Hoolst et al., 2020), this provides a means to investigate Io’s interior structure and

heating distribution.

My isostasy calculations assume that compositional variation within the lithosphere can be

approximated by a density step at the base of the lithosphere. It is likely that the compo-

sitional profile in the lithosphere is complex, reflecting shallow magma fractionation, sulfur

cycling, and other processes. If the vertical structure of the lithosphere is approximately

uniform with latitude and longitude, and simply scaled to lithospheric thickness, the results

in this chapter should be largely unchanged. If, however, there is significant variation in

lithosphere composition with latitude and longitude, the applicability of the isostatic model

presented here would be reduced. It is not clear, however, that any such variation would mir-

ror the degree-two tidal forcing, and so may average out on the long wavelengths considered

here.

White et al. (2014) created a partial stereo-topographic DEM of Io that found a system of

longitudinally arranged alternating basins and swells near the equator, with amplitudes ∼

1–2 km and a wavelength ∼ 400 km. This large amplitude may imply that compositional

density differences are important in controlling topography (see Appendix 5.A), or that dy-
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namic topography caused by upwelling mantle plumes is significant (Tackley et al., 2001). It

is important to note however that there are considerable discrepancies between stereo-derived

and limb-profile-derived long-wavelength topography (White et al., 2014), and hence that

long-wavelength topography is not well constrained. Further, the long-wavelength, isostatic

topography described here may be difficult to disentangle from tidal and rotational defor-

mation. Efforts are generally made to remove tidal and rotational effects from global topo-

graphic maps, but this process may also inadvertently remove all or part of the topography

described here. Improved observations of long-wavelength topography, particularly in the

polar regions, as well as a means of disentangling different contributions to long-wavelength

topography are required to make robust comparisons between modelled topography and

data.

A primary limitation of the work in this chapter is the neglect of lateral flow in either the

lithosphere or mantle. Differences in lithospheric thickness are expected to be counteracted

by deformation of the lithosphere. Such calculations are common in studies of the ice-shells

of icy satellites (Stevenson, 2000; Nimmo and Stevenson, 2001; Nimmo, 2004), where there

is a clear rheological and density transition at the base of the shell. The application of such

a model to Io is not straightforward because rheological and density transitions are expected

to be more gradual (Chapter 4). It is not clear whether there is an easily defined petrological

‘crust’ of Io. Nonetheless such lateral flow is possible, and would be best investigated by

a two-dimensional model of upper Io. Lateral flow is also possible in the partially molten

mantle. Pressure gradients would be expected to drive flow of the mobile magma phase.

Pressure gradients could be produced by processes such as different melting rates or spatially

variable extraction rates to the lithosphere. An investigation of lateral melt flow would likely

require a two-dimensional model of the partially molten mantle. Here I simply note that

the relationships proposed in this model are expected to hold if vertical motion is much

greater than lateral motion, as generally expected in Io’s eruption and burial tectonics at

long wavelengths.
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5.4 Conclusions

I have demonstrated how spatially variable tidal heating leads to long-wavelength variations

in lithospheric thickness in a model of magmatic segregation and volcanic eruptions. My

models predict that such variations are controlled by how magma intrudes into the litho-

sphere. If permanent magmatic intrusions form at a rate independent of the magma flux

through volcanic conduits, the lithosphere should be thickest where tidal heating is greatest.

In this case the lithopshere thickness can vary by 10s of km. If however magmatic intrusions

form at a rate proportional to the magma flux through volcanic conduits, lithospheric thick-

ness will only vary by a few km, and will be anti-correlated with eruption rates. I also predict

that if density differences are predominantly derived from temperature differences, then ar-

eas of thin lithosphere will sit on topographic highs. Improved observational constraints on

eruption rates, heat fluxes, and long-wavelength topography, particularly at Io’s poles, will

help distinguish between different models for the controls on lithospheric thickness.
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5.A Topographic effects of a petrologically distinct

crust

The isostasy calculations presented in this chapter require an assumption about the chem-

ical densities of the lithosphere and the underlying mantle. If the lithosphere and upper

mantle have different chemical densities, then this will affect topography. In Io’s top-down,

heat-pipe tectonics, compositions are expected to become increasingly refractory with depth.

Keszthelyi and McEwen (1997) proposed that the near surface would be fusible and com-

posed of low density, silica rich components. This view fell out of favour when improved

observations illuminated the mafic to ultra-mafic nature of the lithosphere (Keszthelyi et al.,

2007). In Chapter 4, I demonstrated that efficient recycling of erupted lavas back into the

mantle prevents the mafic near-surface from significantly differentiating; I proposed that the

lithosphere and upper mantle have approximately the same composition. Heat-pipe tecton-

ics appears to result in a relatively uniform composition in the near surface; Io may well lack

a petrologically distinct crust.

Figures 5.2 – 5.3 incorporate this assumption, taking the lithosphere and mantle to have

the same density at equal temperatures (ρm = ρl). It is plausible, however, that a degree of
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Figure 5.A.1: Topography at the sub- or anti-Jovian point (0N 0/180W) for the coupled mantle
heating model as a function of the chemical density difference ρm − ρl between the upper mantle
and lithosphere. If the lithosphere is buoyant with respect to the mantle, topography is expected
to correlate with lithospheric thickness. For a density difference of ∼ 30 kg/m3 topography derived
from the low lithospheric temperature is cancelled out, resulting in no topography. Figures 5.2 –
5.3 assumed ρm = ρl.

compositional differentiation does take place in the near surface, with more fusible material

being mobilised first, which may in turn result in a density difference (ρm 6= ρl). This process

likely doesn’t produce large density differences for the reasons described above, but may still

play a significant role in controlling topography.

Figure 5.A.1 shows the topography at the sub- or anti-Jovian point for the coupled, mantle-

heating model as a function of the density difference ρm− ρl. Figure 5.A.1 shows that if the

mantle is ∼ 30 kg/m3 more dense than the lithosphere, then the temperature dependence

of density in the lithosphere is cancelled out, resulting in no topography. If the density

difference is greater than this then the topography patterns in figures 5.2 – 5.3 are inverted.
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5.B Calculating spatially variable tidal heating

5.B.1 Derivation of the tidal dissipation rate from force balances

The calculation of tidal heating from the complex stress and strain tensors (globally, equation

(2.2), and locally equation (5.6)) is well established in the literature (e.g., Tobie et al., 2005;

Beuthe, 2013; Steinke et al., 2020). Here I derive these equation in the context of a two-phase

solid-liquid system, ultimately neglecting terms associated with the dissipative processes in

two-phase flow.

Force balances for each phase were not explicitly stated in Chapter 3 as the derivation started

with Darcy’s law, which arises as a consequence of these. Force balances for the solid and

liquid phases respectively are

−(1− φ)∇ p+ ∇·σ′ + φ
µ

kφ
q + (1− φ)ρsg = 0, (5.20)

−φ∇ p− φ ηl
kφ
q + φρlg = 0, (5.21)

where p = ps − pl is the effective pressure (note that this is related to but distinct from the

compaction pressure P defined above), and σ′ is the deviatoric stress tensor. Inertial terms

have been neglected due to the small Reynolds number in the mantles of silicate bodies. In

the solid equation the first term is the force caused by pressure differences between phases;

the second term is the force caused by deviatoric stresses; the third term is an inter-phase

force, and the fourth term is gravity. The liquid equation is similar but I assume that the

liquid cannot support deviatoric stress. The rate of mechanical work is computed as the dot

product of the phase velocity with the force balance equations (5.20)–(5.21), which are then

summed to give

u ·∇·σ′ − (u+ q) ·∇ p =
ηl
kφ
q · q − vp · g, (5.22)
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where vp = φρlvl+(1−φ)ρsu. The first term represents the rate at which deviatoric stresses

in the solid do work; the second term represents the rate at which liquid pressure gradients

do work on both phases; the third term represents the rate of irreversible dissipation by

Darcy flow, and the fourth term represents the rate of change of potential energy.

I now consider the power input to the system, which for a two-phase deforming medium is

given by

P =

∫
S

σs · u(1− φ) · dS +

∫
S

σl · vlφ · dS +

∫
V

vp · gdV, (5.23)

which I have written generally, in terms of the full solid tensor σs and full liquid tensor σl.

The solid and liquid tensors, as well as the local gravitational acceleration g are determined

by the specific tidal problem in question (see below). Using the definition of the effective

stress tensor σ = −pI + σ′, assuming that σ′l = 0, and applying Gauss’ theorem, this

becomes

P =

∫
V

(u ·∇·σ′ + σ′ : ∇u− (u+ q) ·∇ p− p∇·(u+ q) + vp · g) dV. (5.24)

Then, using total mass conservation (4.3) with the assumption that M = E = 0 on the

timescale of dissipation, and equation (5.22) we have

P = σ′ : ∇u+
ηl
kφ
q · q,

= σ′ : ε̇+
ηl
kφ
q · q,

(5.25)

where ε̇ is the deviatoric strain rate tensor, and I have dropped the integration over the

arbitrary volume. P now represents the power input per unit volume. Utilising the first law

of thermodynamics (Ė = P +Q) for an adiabatic system (Q = 0), this power represents the

rate of change of internal energy per unit volume. In equation (5.25) the first term represents

the change in internal energy caused by deformation of the matrix, and the second term is

the irreversible dissipation in Darcy flow. I neglect this Darcy flow dissipation, but note that
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it may well play an important role in dissipation. With this assumption I arrive at the rate

of change of internal energy

Ė = P = σ′ : ε̇. (5.26)

We are interested in cyclic deformation with a period T , so I define the volumetric, cycle-

averaged power

P◦ ≡
1

T

∮
Pdt,

=
1

T

∫ t+T

t

σ′ : ε̇ dt.

(5.27)

For a purely elastic solid equation (5.27) will integrate to zero, but for a viscoelastic material

the phase lag between stress and strain rate will result in dissipation. The relationship

between stress and strain rate is determined by the rheological law used. In this chapter

I use Maxwell viscoelasticity, as is done in most previous works (e.g., Segatz et al., 1988;

Tobie et al., 2005; Roberts and Nimmo, 2008; Steinke et al., 2020), but I do note that other

rheological laws have been utilised and may be more appropriate (Bierson and Nimmo, 2016;

Renaud and Henning, 2018). The constitutive equation for Maxwell viscoelasticity is

σ̇′ +
µ

η

(
σ′ − 1

3
Tr(σ′)

)
= 2µε̇+

(
K − 2

3
µ

)
Tr(ε̇), (5.28)

where µ is the shear modulus, η is the viscosity, and K is the bulk modulus. Equation (5.28)

is much simplified by making a Fourier transformation. The correspondence principle states

that in the frequency domain the constitutive law for a linear viscoelastic material is of the

same form as that of an elastic material in the time domain, where rheological constants

are replaced by complex analogues (Biot, 1954). I follow previous works (e.g., Tobie et al.,

2005; Roberts and Nimmo, 2008; Beuthe, 2013) in utilising the correspondence principle to

calculate the complex (Fourier transformed) stress and strain tensors. The method for the

calculation of these is presented below. The stress and strain rate tensors are related to their
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complex forms by an inverse Fourier transform (Tobie et al., 2005; Beuthe, 2013)

σ′ =

∫ ∞
0

σ̃(ω)eiωtδ(ω − ωf ) dω = σ̃(ωf )e
iωf t, (5.29)

ε̇ =
∂

∂t

∫ ∞
0

ε̃(ω)eiωtδ(ω − ωf ) dω =
∂

∂t

(
ε̃(ωf )e

iωf t
)

= iωf ε̃(ωf )e
iωf t, (5.30)

where I have assumed that the the body responds only at the orbital forcing frequency ωf ,

enforced by the delta function δ(ω−ωf ). Equations (5.29) – (5.30) show that the stress and

strain rate tensors are complex; in equation (5.27), the physical solution is just the real part.

Substituting equations (5.29) – (5.30) into equation (5.27) we have

P◦ =
1

T

∫ t+T

t

(σ̃(ωf )e
iωf t)re : (iωf ε̃(ωf )e

iωf t)re,

=
1

T

∫ t+T

t

1

4

[
σ̃ : (iωf ε̃) e

2iωf t + σ̃∗ : (iωf ε̃)
∗e−2iωt + σ̃∗ : (iωf ε̃) + σ̃ : (iωε̃)∗

]
dt,

(5.31)

where I note that the real part of a complex vector a = ã exp(iωt) can be computed as

are = (ã exp(iωt) + ã∗exp(−iωt))/2, and ∗ denotes the complex conjugate. Averaging over

a full orbital period, all oscillatory terms disappear and we are left with

P◦ =
1

4
[σ̃∗ : (iωf ε̃) + σ̃ : (iωf ε̃)

∗]

=
1

2
[σ̃∗ : (iωf ε̃)re]

=
ωf
2

[i(σ̃∗ : ε̃)]re.

(5.32)

This is the cycle-averaged power density. Expanding terms we arrive at the expression for

cycle-averaged power density, or equivalently volumetric dissipation rate, given by Tobie

et al. (2005)

P◦ = ψ =
ωf
2

[Im(σ̃ij)Re(ε̃ij)− Re(σ̃ij)Im(ε̃ij)] , (5.33)

where summation over components i and j is implied.

165



Chapter 5. Spatially variable tidal dissipation 5.B. Calculating spatially variable tidal heating

5.B.2 Calculation of complex stress and strain rate tensors

To calculate the dissipation rate ψ with equation (5.6) requires knowledge of the complex

stress and strain tensors. To calculate these I follow the methodology of Sabadini and Ver-

meersen (2004), Roberts and Nimmo (2008) and Beuthe (2013). I detail my implementation

here because my notation and the form of my equations combine aspects of each of these

works. I calculate dissipation assuming that material parameters are a function of radius

only, allowing the problem to be formulated as the product of six radial functions yi with

spherical harmonics (Sabadini and Vermeersen, 2004). The six components of the vector

y correspond to the radial and tangential displacements, the radial and tangential stresses,

the potential, and the ‘potential stress’ (Sabadini and Vermeersen, 2004). The vector of

solutions yl at spherical harmonic degree l are the solutions to the system

∂yl(r)

∂r
= Al(r)yl(r), (5.34)

where the coefficients of the matrix Al are given by equation (1.95) in Sabadini and Ver-

meersen (2004). I solve this system with the propagator matrix approach detailed in Sabadini

and Vermeersen (2004), and also well explained in appendix A of Roberts and Nimmo (2008)

(though I note that the definitions of y2 and y3 are reversed in these two works; I use that

of Sabadini and Vermeersen, 2004).

The tidal potential for a synchronous orbit to first degree in eccentricity is given by (Kaula,

1964; Tobie et al., 2005; Roberts and Nimmo, 2008)

Φ = R2ω2
fe

[
−3

2
P 0
2 (cos θ)cos(ωf t) +

1

4
P 2
2 (cos θ) [3 cos(ωf t) cos(2φ) + 4 sin(ωf t)sin(2φ)]

]
,

(5.35)

where e is the eccentricity, Pm
l is the associated Legendre polynomials at spherical harmonic

degree l and order m, θ is colatitude, and φ is longitude, which is zero at the sub-Jovian
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point. The six unique components of the strain tensor are related to the six components of

the vector y and derivatives of the tidal potential by (Beuthe, 2013)

εrr =
dy1
dr

Φ,

εθθ =
y2
r

∂2Φ

∂θ2
+
y1
r

Φ,

εφφ =
y2

r sin2θ

[
∂2Φ

∂φ2
+ cosθ sinθ

∂Φ

∂θ

]
+
y1
r

Φ,

εrθ =
y4
2µ

∂Φ

∂θ
,

εrφ =
y4

2µ sinθ

∂Φ

∂φ
,

εθφ =
y2

r sinθ

[
∂2Φ

∂θ∂φ
− cotθ

∂Φ

∂φ

]
,

(5.36)

where again I note that my definitions of y2−3 follow Sabadini and Vermeersen (2004) and

so are interchanged in the equations of Beuthe (2013). The correspondence principle (Biot,

1954) states that constitutive laws for linear viscoelasticity in the frequency domain are the

same in form as for elastic materials in the time domain, with the substitution of com-

plex rheological parameters. A Fourier transform of the constitutive Maxwell viscoelasticity

equation (5.28) gives (Roberts and Nimmo, 2008)

σ̃ = 2µ̃(ω)ε̃+

[
K − 2

3
µ̃(ω)

]
Tr(ε̃). (5.37)

where the Maxwell complex shear modulus is given by (Tobie et al., 2005)

µ̃ =
µω2η2 + iµ2ωη

µ2 + ω2η2
. (5.38)

Other rheological laws have other forms for the complex shear modulus. Through the solution

to the system of equations (5.34), and the relationships in equations (5.36) – (5.37), we can

now compute tidal heating as a function of colatitude, longitude, and radius using equation

(5.6).
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CHAPTER 6

Conclusions

6.1 Thesis summary

The heat transfer processes operating within Io’s interior have been known for some time;

magmatic segregation exports energy from the partially-molten mantle, and volcanic systems

export it through the lithosphere. There has, however, been little work that aims to couple

these processes. In this thesis I have presented a suite of one-dimensional models of tidal

heating, mantle magmatism, and lithospheric volcanism that move toward a more complete

picture of planetary volcanism. I have demonstrated how these different processes combine

to determine Io’s structural, thermal, and compositional evolution.

In this thesis I have demonstrated that the formation of magmatic intrusions is a fundamental

process in Io’s evolution, from controlling the thickness of the lithosphere to setting the

compositions of erupted products. I have shown how models that couple the near-surface to

the deep interior can make specific, quantifiable predictions of surface observations that can

directly constrain the deep interior. By providing these links, my models broaden the scope

of new observations, allowing them to constrain a wider array of features and processes.



Chapter 6. Conclusions 6.1. Thesis summary

In this chapter I summarise the findings of this thesis, assess the limitations of this work,

and outline future avenues of research that build on the work I have presented. Through

this process I will provide a broader contextualisation of my thesis work, demonstrating its

applicability to a range of planetary problems.

6.1.1 Couped magmatism and volcanism

In Chapter 3 I developed a framework for coupling the rapid, complex processes of volcanic

systems to the slowly evolving underlying mantle. This framework enables us to investi-

gate how the heat-pipe system in Io’s lithosphere couples to magma generation and flow

in its underlying mantle. Tidal heating drives melting in Io’s mantle, producing magmas

that segregate buoyantly upward. As these magmas approach the impermeable lithosphere,

magma overpressure increases and melt accumulates. My framework allows this high pres-

sure magma to transfer into a volcanic system, which enables its continued rise. As this

magma rises through the volcanic system, some of it freezes within the lithosphere, form-

ing magmatic intrusions that deliver mass and energy to the surroundings. The rest of the

magma rises to the surface and erupts, imparting a downward flux of solid back down into

the interior. By allowing the lithosphere–mantle boundary to evolve dynamically, I showed

that the eruption and burial process is extremely efficient at advecting the cold surface tem-

perature down into the interior. In the absence of a heating process within the lithosphere,

heat-piping predicts the formation of a > 600 km thick lithosphere.

The formation of magmatic intrusions delivers a significant amount of energy to Io’s litho-

sphere. As buried lavas descend, they are heated by intrusions, counteracting the downward

advection of the cold surface temperature. This balance between cold downwelling ma-

terial and intrusive heating controls Io’s lithospheric thickness, resulting in thicknesses in

agreement with observations. I contextualised this with an analytical global heat balance.

The proportion of magma generated within Io’s mantle that freezes intrusively within the
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lithosphere is given by

Intrusive fraction =
C(Tm − Ts)

L+ C(Tm − Ts)
, (6.1)

where C is the specific heat capacity, L is the latent heat, Tm is the temperature of erupting

lava, and Ts is the surface temperature. For Io, equation (6.1) predicts that about 80% of

magma generated forms lithospheric intrusions.

In Chapter 3 I also showed that the distribution of intrusive heating, not just its rate, is

important in explaining observations of Io. Io hosts some of the Solar System’s highest

mountains, with the highest reaching over 17 km. To support such high mountains, Io’s

lithosphere must be very strong. I showed that if intrusions form predominantly in the lower

lithosphere, the upper lithosphere is cold and thus capable of supporting large mountains.

This lead me to propose that significant intrusive magmatism is taking place in Io’s lower

lithosphere, but that little is taking place in the upper lithosphere.

Modelling the coupled evolution of the lithosphere and underlying mantle also illuminated

aspects of the lithosphere–mantle boundary. As solid lithosphere downwells into the mantle,

high magma pressure forces the solid to rapidly decompact, leading to the production of

a high melt fraction region beneath the lithosphere. The melt fractions reached in this

layer are a function of material parameters and the magma pressure below the boundary.

If high magma pressures are required for magma to migrate into the lithosphere, or if the

shear or magma viscosity is high, high porosities can form. A decompacting boundary layer

provides another potential explanation for observations of a high melt fraction layer within

Io (Khurana et al., 2011).

More broadly, the work presented in Chapter 3 provides a framework for linking deep interior

processes to the surface and near surface of volcanic worlds. By providing such direct links,

this model and subsequent ones constructed in the same manner broaden the scope of new

surface observations by allowing them to potentially inform on deep interior processes. Such

an approach is valuable in the field of planetary science where geophysical measurements
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that directly constrain the deep interior are sparse if they exist at all.

6.1.2 Compositional evolution

A key way in which we may aim to relate surface observations of volcanic worlds to internal

magmatic processes is through the compositions of erupted products. In Chapter 4 I ex-

panded my model to incorporate a simple compositional system to investigate the effects of

magmatic segregation and volcanism on compositional evolution. I employed a binary phase

diagram consisting of a fusible (low-melting-point) and a refractory (high-melting-point)

component. As melting progresses, the fusible component melts and is extracted toward

the near surface by magmatic segregation. This produces a near surface that is increasingly

enriched in the fusible component, and leaves behind an increasingly refractory lower man-

tle. Ultimately a steady state is reached where the lower mantle is composed purely of the

refractory component, and the near surface is fusible. Magmatic segregation and volcanism

provides a pathway for fusible material to migrate upward, but the burial of erupta cannot

return it to the lower mantle; this results in a stratification of the mantle.

Above the pure-refractory, lowermost mantle, a transitional region forms where material is

heated from the melting point of the fusible component to that of the refractory component

as it downwells out of the upper mantle. In this region, tidal dissipation predominantly acts

to raise the temperature of downwelling material and so the melting rate is low. This low

melting rate, and the resulting low melt fraction and permeability means that this layer acts

as an impermeable barrier to hot, refractory magmas formed in the lowermost mantle. This

causes melt to accumulate in the lower mantle, and in Chapter 4 I proposed that this melt

must be able to leave the lower mantle in order to facilitate heat loss. In my model I allow

this accumulating melt to enter a volcanic system to enable its continued ascent. I showed

that Io’s evolution depends strongly on the fate of this rising, refractory magma.

If refractory magmas that form in the lower mantle freeze quickly after rising into the cooler,
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fusible upper mantle, Io’s mantle becomes stratified. In this case, the upper mantle and

lithosphere are formed purely of fusible material. If, however, rising refractory magma can

rise all the way to the surface and erupt, the upper mantle will have more intermediate

compositions as refractory material is cycled throughout silicate Io. In Chapter 4 I proposed

that Io is more likely to be in this second mode, with the eruptions of hot, refractory material

from the lower mantle providing an explanation for Io’s highest temperature eruptions.

In Chapter 4 I also provided plots that demonstrated how observations of the average compo-

sitions and temperatures of surface erupta could be used to constrain Io’s bulk composition,

as well as evaluating the extent to which its mantle has segregated. Naturally this work is

but an initial step into the complex world of coupling igneous petrology and geodynamics,

and it has a number of limitations (that I discuss below). It does, however, provide a frame-

work upon which to base more detailed models that closer tie surface melts to the interior

processes that form and transport them.

6.1.3 Spatially variable tidal heating

It is important to remember that whilst aspects of Io’s structure and evolution can be

investigated with idealised, spherically-symmetric models, more detailed models are required

to interpret increasingly high-fidelity observations. These improving observations not only

require increasingly detailed one-dimensional models, but also two- and three-dimensional

models that aim to describe the real, three-dimensional Io. An initial step in this direction

is to asses the effects of its primary, non-spherically-symmetric tidal forcing. In Chapter 5 I

coupled a three-dimensional tidal heating model to a suite of one-dimensional column models

containing physics similar to that presented in Chapter 3, with the aim of understanding how

tidal heating can impart non-spherically symmetric (but long-wavelength) structure to Io. I

investigated two configurations for the tidal heating model; the first couples tidal heating to

porosity and temperature, calculated using the simplified magmatism and volcanism model
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presented in Appendix 3.B. It predicts high levels of heating in the lower mantle, with

high polar heat fluxes. The second includes a dissipative layer beneath the lithosphere —

following from a number of previous works that hypothesise the presence of such a layer

(e.g., Kirchoff et al., 2011; Hamilton et al., 2013; Rathbun et al., 2018; Cantrall et al., 2018)

— that produces a dissipation structure with high equatorial heat fluxes. I showed how non-

uniform tidal heating affects magmatic segregation in the interior. High radially integrated

heating rates lead to higher melt fractions in the interior, higher eruption rates, and high

surface heat fluxes.

The effect of spatially variable tidal heating on lithospheric thickness depends on how in-

trusions form within the lithosphere. If intrusions form at a constant rate irrespective of

the magma flux (and by extension the heating rate), my model predicts the lithosphere to

be thickest where radially integrated heating rate is highest. In these regions there is an

increased eruption flux, which increases the downward advection of the cold surface material

without a corresponding increase in emplacement rate; this leads to a thickening of the litho-

sphere. Alternatively, if magmatic intrusions form at a rate proportional to the magma flux

through the volcanic system, increased emplacement balances the increased advection of the

cold surface, resulting in an almost uniform lithosphere thickness. By whatever mechanism

magmatic intrusions form, there appears to be a close relationship between the mechanism

of their emplacement and the lithospheric thickness.

Each of the proposed emplacement mechanisms have plausible physical interpretations. A

constant rate of emplacement may be expected if magma rises through pre-existing conduits.

In such a case, an increased heating rate may increase magma flux through these conduits

without increasing the total number of conduits; if the contact area with the cold host rock

remains almost constant, it is plausible that emplacement rate doesn’t increase with volcanic

flux. Alternatively, intrusions may form at a rate proportional to magma flux if volcanic

conduits form by basal magma pressure. In this case a high heating rate will produce more
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magma, which creates more volcanic conduits, increasing contact area with the host rock.

With a higher contact area with the host rock, emplacement rate would be expected to

increase. For each of these possibilities I derived analytical expressions for the lithospheric

thickness l, which can be approximated as

Constant emplacement rate l ≈ C(Tm − Ts)
L

qe
λc

(6.2)

Flux dependant emplacement rate l ≈ C(Tm − Ts)
L

1

λq
(6.3)

where qe is the eruption rate, and λc and λq are constants that describe the rate of emplace-

ment in each of the two systems. The prediction of absolute lithospheric thicknesses clearly

requires a knowledge of the largely unconstrained constants λc and λq. The present useful-

ness of these equations lies primarily in their predictions of lithospheric thickness variations,

but their applicability could be expanded if λc and λq can be related to physical processes

in the lithosphere.

In Chapter 5 I used a simple isostatic balance to relate long-wavelength lithospheric thickness

variations to topography. Assuming that Io doesn’t have a petrologically distinct, low density

crust (see Chapter 4), I predict that thick lithosphere sits in topographic lows because of its

high density. This relates a readily observable feature in topography to a much harder to

observe feature in lithospheric thickness. Improved observations, in particular in the polar

regions, will enable these competing models to be tested, but a full examination would likely

require an orbiter that can make independent estimates of the lithosphere thickness, perhaps

from multi-frequency magnetic sounding (Keane et al., 2020).

Previously, attempts to relate surface observations to interior dissipation structure have

focussed on volcanic activity (Ross et al., 1990; Kirchoff et al., 2020; Hamilton et al., 2013;

Rathbun et al., 2018; Cantrall et al., 2018). We have been observing Io in some capacity for

over 40 years now, but even so we cannot be sure that our observations of volcanic activity
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are representative of either long-timescale activity nor the underlying dissipation structure.

The primary advantage of the work presented in Chapter 5 is that lithospheric thickness and

topography are expected to vary on much longer timescales. I propose that long-wavelength

lithospheric thickness variations and topography provide a more robust means of interpreting

Io’s interior dissipation structure.

6.2 Limitations and assumptions

The work in this thesis represents a novel way of investigating planetary volcanism. Whilst

built upon a large amount of previous work in the fields of planetary science and two-phase

fluid dynamics, the combined approach employed here is new to planetary research. This

fact has, naturally, led me to employ a large number of assumptions and simplifications. In

this section I discuss some of these and the resultant limitations that they introduce.

• Many of my results assume that Io is in a thermal steady state, based on the apparent

match between the orbitally derived heating rate (from equation (2.1)) and the surface

heat flux (Lainey et al., 2009). It is important to note, however, that there are a

number of assumption that go into using equation (2.1), and that even if the heating

rate matches the surface heat flux, the heating rate may, for example, be changing

over time. Whilst my models do no require constant or steady state heating rates,

my investigations and results have focussed on this being the case. The assumption of

thermal steady state has been used to set the heating rate, either directly (in Chapters

3 and 4), or through the choice of parameters (in Chapter 5). If Io is not in a thermal

steady state, the rate of heat production in the interior may be different to what

has been employed in this model, or may be changing over time. The assumption of

thermal steady state is also the basis for assuming that convective heat transport is at

most a secondary process in transporting tidal heat. The arguments of Moore (2003)
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on which this assumption is built are weakened if Io is not in a thermal equilibrium.

• All of the dynamic models presented in this thesis are one-dimensional; they only

allow radial flows. This precludes an investigation of convection in Io’s interior. In

the two-component model of Chapter 4, there is thermal drive for convection, as well

as a plausible chemical drive (see below). My one-dimensional models cannot be used

to investigate the character or consequences of any such convective motion. Further,

lateral flow may be expected in the melt phase specifically, not just the solid or bulk

two-phase system. Io’s volcanoes are discrete features on its surface, so even if magma

flow in the mantle is dominantly radial, lateral flow must be facilitating a transfer to a

discrete set of volcanoes. Extraction of magma from the mantle is likely to be discrete,

and this will have significant consequences for compaction pressure distributions in

the upper mantle, and may control magma distribution beneath the lithosphere. My

one-dimensional models are not able to investigate any such lateral magma flows, nor

the consequences of discrete magma extraction.

• My parametrisation of the volcanic plumbing systems consider a long-timescale average

of these systems. This means that care must be taken when comparing my model

outputs to observations, which inevitably capture short-timescale processes. Caldera-

like features have been observed on Io (Radebaugh et al., 2001), implying that magma

does stall in the near surface on at least short timescales. On short, observational

timescales, conductive heat loss through the lids of such features may imply a steep

geothermal gradient, even though the main process that has exported this material

from the mantle is advection through volcanic systems.

• My one-dimensional models assume that Io resurfaces uniformly on long timescales.

Io’s volcanoes are discrete and look remarkably fixed. Indeed Io’s most eruptive feature,

Loki, is an overturning lava lake that does not seem to significantly resurface the

surroundings away from the lake (de Kleer et al., 2017). Much of the Io literature
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implicitly assumes either that the distribution of surface activity changes over time to

allow uniform resurfacing, or that extensive flow-volcanism resurfaces areas distal to

volcanoes. I inherit this assumption, and because of my long-timescale averaging of

the volcanic systems, my models cannot investigate how Io’s short-timescale volcanism

leads to long-timescale resurfacing.

• In my models I have neglected the pressure dependence of melting temperature. Io’s

small size means that changes in melting temperature with depth are expected to be

much smaller than on Earth, but nonetheless it may still have important effects. The

high heating rate is expected to put the whole mantle onto the solidus, this would

then manifest as an increase in temperature with depth. This temperature increase

will reduce density, and if this is not balanced by the pressure dependence of density,

it will provide a thermal drive for convection.

• The compositional model used in Chapter 4 is greatly simplified compared to real

petrological systems. Io’s lavas will reflect complex processes such as partial melt-

ing, magma mixing, and magma transport in a multi-chemical-component system.

This complicates the process of making direct comparisons between the predictions of

Chapter 4 and surface observations.

• My parametrisation of the volcanic system in the two-component model of Chapter 4

does not allow for magma compositions to evolve within the lithosphere. As magma

traverses the thick lithosphere, it is likely that refractory phases are precipitated, pro-

ducing cooler and more evolved magmas than those that entered the volcanic systems

at their base. This means that if refractory lavas are not seen on Io’s surface, it would

not necessarily imply that refractory magmas do not migrate out of the deep interior.

• The petrological model in Chapter 4 does not consider the different densities of the two

end-member compositions. At the pressures relevant to Io, Fe is expected to partition

preferentially into the melt, and so in the context of Chapter 4, we would expect Fe to

177



Chapter 6. Conclusions 6.2. Limitations and assumptions

become enriched in the near surface. This will increase the density of material in the

near surface and may provide a drive for compositional convection (see below).

• There are a number of other assumptions in the petrological model of Chapter 4 that

a more detailed model may aim to avoid. The different latent heats of refractory and

fusible materials will have consequences for melting behaviour and the global heat

balances I have presented. In theory, an accurate knowledge of long-timescale eruptive

and conductive heat fluxes as well as the eruption rate could be used to constrain the

compositions of erupta by constraining the latent heat.

• The tidal heating calculation in Chapter 5 is not formally three-dimensional. The

methodology employed calculates a three-dimensional heating distribution from a spher-

ically symmetric interior structure. This means that when iterating back from the

dynamic model to the tidal heating model, the three-dimensional structure must be

averaged over spherical shells. This limitation is not unique to this work, and is a

feature common to a large number of works on tidal dissipation (e.g., Segatz et al.,

1988; Moore, 2003; Bierson and Nimmo, 2016; Renaud and Henning, 2018).

• In Chapter 5 I use a Maxwell viscoelastic model despite its well documented failings

when employed in tidal heating calculations. In order to produce heating rates in

agreement with the observed surface heat flux requires extremely low mantle shear

viscosities on the timescales of tidal deformation. In this work I am assuming that

using a Maxwell constitutive law with a low shear viscosity produces the same heating

distribution as the true (unknown) rheological law. This will not be the case if, for

example, the true response results in greatly amplified dissipation in a high porosity

layer. It is this possibility, as well as its presence in other works, that motivated my

inclusion of the asthenosphere dissipation model. Other works have investigated an

Andrade rheology as an alternative that produces high rates of dissipation because

the mantle shear viscosity is low at tidal frequencies (e.g., Bierson and Nimmo, 2016;
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Renaud and Henning, 2018). Such empirical models present their own issues, being

heavily dependent on a number of poorly constrained rheological parameters. Linking

deformation to dissipation through a rigorous and physically defined rheological law is

a significant outstanding problem in both material science and planetary science.

This list covers a number of limitations from major to relatively minor, and with different

levels of tractability. In the next section I will draw from some of the more interesting and

tractable limitations to propose future directions for work that can continue to develop our

understanding of planetary volcanism.

6.3 Future work

The models presented in this thesis initiate a new, more complete way of investigating plan-

etary volcanism by coupling magmatism in the deep interior to volcanism in the lithosphere.

There are a number of ways that this approach could be extended, as well as various other

planetary bodies at which a form of this approach could be directed. In this section I set

out recommended avenues for future research that directly build on the work presented in

this thesis.

6.3.1 Io as a three-dimensional body

We can observe how magmatism facilitates heat loss from Io’s surface, but a lack of under-

standing of how magma flows in the interior makes relating this to interior processes like

tidal heating difficult. The models presented in this thesis focussed on purely radial flows,

and other, higher-dimensional works have not directly modelled magma flow (e.g., Tackley,

2001; Tackley et al., 2001; Steinke et al., 2020). A two-dimensional model that investigates

magma flow in the mantle and lithosphere together would provide a more realistic picture

that could be rigorously compared to increasingly high-fidelity observations. Lateral magma
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flow in the mantle will drive the transition from deep, radial magmatic segregation (such as

that discussed in this thesis) to the three-dimensional near-surface we observe. The complex

details of how magma flows in partially molten mantles are as yet, however, largely unknown.

This decade is poised to provide unparalleled insight into planetary volcanism with the flight

of the JUpiter ICy moons Explorer (JUICE ), Europa Clipper, and the selection of two out of

four NASA Discovery mission candidates targeting Venus, Triton, and Io. With the upcom-

ing wealth of new observations of volcanic worlds, there is a need for a campaign to provide

robust bridges between interior structure and specific, observable surface features. The first

phase of this campaign has been detailed in this thesis, by relating global, leading-order

structure to observations. The next phase is to develop two- and three-dimensional mod-

els of planetary volcanism that make specific, quantifiable predictions of spatially-variable

surface observations.

My framework for coupling mantle magmatism to volcanic systems can be expanded initially

into two dimensions. The model presented in Chapter 3 can be written in a two-dimensional

finite volume representation with relatively few changes. Perhaps the simplest initial im-

plementation would be to use the model derived in Chapter 3 and investigate whether the

system is stable or unstable to two-dimensional perturbations. If spherical symmetry is in-

deed lost, the primary complexity becomes how magma is extracted to the volcanic systems.

One approach that enforces a loss of spherically symmetry is to allow extraction only at

a series of discrete regions of high magma overpressure (figure 6.1). The locations in the

mantle where high overpressure is generated would then control where volcanoes form at the

surface. It is likely that the compaction length would exert a leading-order control on the

spacing of volcanoes by preventing the generation of high magma overpressure in the vicin-

ity of already-active regions of extraction. This hypothesis would explain the statistically

uniform spacing of Io’s volcanoes, which suggests that volcanoes may be distributed such as

to evenly share magma supply (Hamilton et al., 2013).
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Figure 6.1: Schematic showing how a two-dimensional model for magmatism and volcanism on
Io may be constructed, and some of the features it would investigate.

A new framework for the emplacement of magma within the lithosphere and on the surface

would need to be developed in a two-dimensional extension to my models. As indicated

in figure 6.1, local resurfacing would be expected to thicken the lithosphere around active

volcanoes, but between volcanoes where there is little or no resurfacing the lithosphere would

thin by conduction. It is possible that a steady state emerges where lateral solid-state flow in

the lithosphere maintains a constant thickness, or that the intrusive emplacement of magma

balances the thickening caused by eruptions. It is also possible, however, that no such steady

state emerges. In this case it may be that a given configuration of volcanoes is not stable on

long timescales, or that by some process, regions far from volcanoes can be resurfaced at a

comparable rate to proximal regions.

A two-dimensional model would also allow an investigation into the propensity for convection

in Io. This could initially be done by including a pressure dependent solidus and a solid

density that is a function of temperature and pressure. It is, however, unlikely that the

small changes in solidus temperature expected for the low pressures of Io (< 8 GPa) would

provide a significant drive for thermal convection, given the high heating rate and magmatic

segregation. The inclusion of this possibility would, however, provide a useful framework for
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investigating convection in two-chemical component system.

In Chapter 4 I noted that if Fe becomes concentrated in the fusible component, it may lead

to an unstable density stratification. This compositional stratification, together with the

thermal stratification may be expected to drive thermochemical convection. By allowing the

density of both the solid and liquid to be a function of temperature and composition, the

propensity for such a convective mode could be investigated. There are a number of plausible

outcomes for such a model: convection may completely remove the mantle stratification

described in Chapter 4, convection may produce a mixed layer between a fusible upper

mantle and a refractory lower mantle, or dense Fe may be mobilised to the base of the

mantle and removed from the system. A two-dimensional model would be able to address

this, as well as tackling the rich mathematical problem of coupled magmatic segregation and

two-phase convection.

It is also important to note that the distribution of volcanoes on Io is three-dimensional, not

two-dimensional. A two-dimensional model would provide a mathematical idealisation that

bridges the gap between a one-dimensional model and the true, three-dimensional system,

but relating such a model to the actual surface is not necessarily straightforward. The tidal

forcing is three-dimensional, and so the flows and structures that it produces will also be.

A full understanding of Io as a three-dimensional body will ultimately require fully three-

dimensional models.

6.3.2 A more detailed petrological model

To rigorously compare model predictions of Io’s erupta to observations requires both to be

defined at a similar level of fidelity. The two-component system described in Chapter 4 of

this thesis was designed to be testable against observations of ‘high’ and ‘low’ temperature

eruptions, or ‘refractory’ and ‘fusible’ erupta; the coarse detail of this basic system will be

quickly eclipsed by improving observational fidelity. There are two clear possibilities for
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the next level of detail to be added to the model system. The first is to expand the two-

component system to a three component phase diagram for SiO2–MgO–FeO, and the second

is to include a consideration of sulphur. In this section I discuss an extension to a three-

component system of SiO2–MgO–FeO; an incorporation of sulphur will be discussed in the

subsequent section.

One approach to constructing a more detailed compositional system is through ideal solution

theory. Ideal solution theory assumes thermodynamic equilibrium and uses this, together

with definitions of partition coefficients, to evaluate a chemical assemblage from the local

bulk composition and energy content. In this way the approach is similar to that which I

employed in Chapter 4. In practice, the partition coefficients are often chosen to produce an

expected phase diagram. Indeed as the components considered are often ‘hypothetical’ (in

the same sense as my refractory and fusible components in Chapter 4), a rigorous calibration

of partition coefficients is often not possible. Ideal solution theory is applied in a two-

component system by Rudge et al. (2011), where a means for chemical disequilibrium is

included, and is applied to three- and four-component systems by Keller and Katz (2016).

An alternative and perhaps more direct approach would be to simply fit surfaces to the

solidii and liquidii of a desired N-component phase diagram. This approach yields analytical

expressions for solidii and liquidii, but a root finding method is generally still required to find

phase compositions within the enthalpy method. There is very little difference between this

approach and ideal solution theory, and if the intention was to fit a desired phase diagram,

the choice would likely come down to a preference between fitting solidus surfaces or tuning

partition coefficients.

As stated in Chapter 4, the broad behaviour of the model as written would not be expected

to change significantly by the incorporation of a more detailed phase diagram; a layered

structure with increasingly refractory material with depth would be anticipated. Any part

of the phase diagram that has a steep solidus would be expected to manifest as a region of low
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melt fraction, and would act as a barrier to melts rising from below. The true advantages of

incorporating a more detailed phase diagram would be revealed by a simultaneous expansion

to two-dimensions. In such a system the partitioning of dense, Fe-rich material may lead to

thermochemical convection.

Finally a word can be said on the lessons that have been learned from the chemical geody-

namic modelling of Chapter 4, which illuminated some useful numerical considerations that

can be transferred to an N -component models if a time-evolving solution is sought:

• The phase diagram should be smooth. This point was illustrated in figure 4.2 where

a smoothed form of a discontinuous solidus was presented. The required smoothness

can be reduced under grid refinement, but can actually have relatively little effect on

the solution, particularly at steady state.

• Artificial compositional diffusion may be required. In Appendix 4.B I noted that

convergence of my numerics required a degree of compositional diffusion. It is of

course possible that a different numerical method will not require this.

• The energy-composition system can fail to converge when solved alongside other sig-

nificant non-linearities, such as the porosity dependence in Darcy’s law. This is partic-

ularly the case when the solidus is steep and so compositions are changing rapidly. To

avoid this problem I found it most effective to separate the energy-composition system

from the momentum equation; I split my system into three sub-systems with their own

non-linear solvers, and iterated between the solvers. See Appendix 4.B for details on

my numerical implementation.

6.3.3 Sulphur cycling

The framework for coupled mantle magmatism and lithospheric volcanism that I have devel-

oped in this thesis could be turned to an investigation of Io’s sulphur cycle. A fundamental
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aspect of planetary dynamics and habitability is the cycling of volatile elements through the

solid interior (McGovern and Schubert, 1989; Dasgupta and Hirschmann, 2010; Kagoshima

et al., 2015; Mallik et al., 2018; Hirschmann, 2018). As outlined in Chapter 1, chemical ob-

servations of Io’s global volcanic system indicate that sulphur is the abundant volatile species

and arrives at the surface through volcanic eruptions (Williams et al., 2011); this leads to

a key question. What are the physical and chemical pathways by which sulphur is cycled

through Io’s interior? Further, how does the abundance and speciation of sulphur affect

Io’s interior dynamics and evolution? The pathways that transport sulphur will control the

abundance and speciation of sulphur on Io’s surface. Predictive models of sulphur cycling

can therefore be tested against observations of Io’s surface. This would help to illuminate

the role that volatile cycling plays in the evolution of terrestrial planet interiors.

The petrological behaviour of sulphur is controlled by the oxidation state of Io’s mantle,

which is thus of crucial importance in understanding Io’s sulphur cycle. Analysis of Io’s

volcanic plumes indicate a relatively oxidised plume source for its largest volcano, Loki (an

overturning lava lake), between the Ni–NiO and hematite–magnetite buffers, whilst Pele

(a lava lake with plume eruptions) has a plume source below the Ni–NiO buffer (Zolotov

and Fegley, 1999). In the region of the Ni–NiO buffer, sulphide stability changes rapidly

(Baker and Moretti, 2011). Below the Ni–NiO buffer, S2− is the stable form of sulphur and,

unless there is very little Fe present, virtually all sulphur forms FeS. Above the Ni–NiO

buffer however, SO2−
4 is the stable form of sulphur, resulting in the formation of sulphates

such as CaSO4. The precise nature of this transition depends on temperature, pressure, and

composition (Moretti and Baker, 2008), and most experiments on this transition have been

conducted on hydrous rhyolitic melts (Baker and Moretti, 2011). Therefore, for the mafic

and virtually anhydrous Io, an a priori assumption cannot be made as to whether sulphur

is stable as sulphide or sulphate, and so both possibilities should be investigated.

The dynamics of mantle magmatism and lithospheric volcanism could have significant effects
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on the physical pathways by which sulphur is cycled in Io’s interior. How sulphur interacts

with this system depends on the liquid phase that carries the sulphur (i.e., an immiscible

sulphide melt or the silicate melt), which is sensitive to the oxygen fugacity. It may also

depend on the thermal and flow structure of the lithosphere and underlying mantle. If, the

lower lithosphere is hot, as has been proposed in this thesis, this region could potentially

remobilise downwelling, low-melting-point, sulphur rich material. Magmatic intrusions could

also provide an opportunity for the segregation of high-density magma components. There

is clearly a rich vein of geochemistry and geodynamics that could be investigated in a project

such as this.

6.3.4 Applications to other bodies

Io is a unique body in the Solar System, but the physics that describe its evolution have

wide-ranging applications to other bodies in the Solar System and beyond. Potential targets

for the kind of modelling presented in this thesis include Venus and the early Earth, both

of which are thought to have operated in a heat-pipe regime at some point in their history

(Moore and Webb, 2013; Moore et al., 2017). Tidally heated exoplanets are also potential

targets, such as those in the TRAPPIST-1 system, which are expected to be geologically

active (Barr et al., 2018). Beyond silicate bodies, my models are also applicable to volcanic

ice-moons such a Europa and Enceladus, where the physics of water–ice systems is similar

to that of partially molten silicates, with the crucial difference being the densities of the

phases. In these final few paragraphs I will describe how my models could be adapted for

new targets, expanding the applicability of my approach to modelling planetary volcanism.

6.3.4.1 Venus and the early Earth

Present-day Earth, Venus, and Io operate in very different tectonic regimes. Earth and

Venus both have convecting interiors but are both expected to have been much hotter in
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Figure 6.2: Illustration of planetary heat-flux against internal temperature, showing different
heat-transfer regimes, reproduced from Moore et al. (2017). Initially hot bodies evolve to lower
temperatures and heat fluxes, and convecting bodies like Earth and Venus may have evolved out
of heat-pipe regimes. LTP stands for Large Terrestrial (exo)Planet, where an initial magma ocean
stage is indicated as distinct from smaller bodies like Io.

the past (figure 6.2). In their early histories, both transitioned out of a magma ocean state

into a partially-molten state with volcanic activity presumably not dissimilar to present day

Io. The current states of both Earth and Venus are closely related to their atmospheres,

which developed in their early, highly volcanic histories. Whilst a lot of research has been

dedicated to understanding outgassing from a magma ocean (e.g., Carlson et al., 2014;

Pahlevan and Stevenson, 2007; Rubie et al., 2016; Lammer et al., 2018), relatively little work

has investigated interactions between the interior and atmosphere in a heat-pipe regime.

A highly volcanic period — and its more general role as a transitional stage between a

magma ocean and solid-state convection — has significant implication for volatile cycling and

atmospheric evolution. Most outgassing from the interiors of Earth and Venus occurred in the

magma-ocean state, but we know that outgassing from the magma ocean was not complete

due to the abundance of primordial volatiles such as 3He in present day ocean island basalts
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(Kurz et al., 1982). The divergent evolutions of Earth and Venus likely emerged at this early

stage of transition from magma ocean to solid-state convection (Hamano et al., 2013), and

an investigation into volatile cycling at this juncture could illuminate this divergence.

The incorporation of volatile species into the chemical systems presented in this thesis could

be approached from a trace-element perspective, where the species are assumed to have no

impact on melting behaviour, or by considering a three-component system of dunite, basalt,

and hydrous basalt such as in Keller and Katz (2016). This compositional system would

then be modelled together with a representation of the atmosphere, which could be done

by treating the atmosphere as a box model, in which only mass exchanges at the planetary

surface are considered. Such a system would enhance our understanding of how the interiors

and atmosphere of highly volcanic bodies evolve, and could help to answer outstanding

questions such as how much water Earth and Venus have lost, and how the presence or

absence of water controls the evolution from magma ocean to solid-state convection (Hamano

et al., 2013).

6.3.4.2 Tidally-heated exoplanets

Another potential suite of targets for the models developed in this thesis are tidally-heated ex-

oplanets. In the last decade our capacity for observing exoplanets has exploded, and all signs

indicate that this trend will continue as spectroscopic methods improve, allowing us to better

characterise exoplanetary compositions, atmospheres, and geological activity. An emerging

class of exoplanets are the tidally-heated exoplanets such as those in the TRAPPIST-1 sys-

tem (Barr et al., 2018). These bodies are thought to be highly volcanically active with

melting driven by tidal heating — in many ways they are thought to be similar to present

day Io. In such a case, Io serves as our ‘exoplanet next door’, and models for its evolution can

be directly applied to such exoplanets in an attempt to understand improving observations.

Another interesting and related class of exoplanets are those thought to host surface magma
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oceans. Exoplanets such as the super-Earth 55 Cancri e have small enough semi-major axes

that the side facing their star is thought to be kept molten by solar insolation (Hammond

and Pierrehumbert, 2017). This presents an interesting, alien system where the primary

planetary heat source is external. To what depth would a magma ocean be expected? How

would it interact with the planet’s ‘dark-side’, which likely does not have a surface magma

ocean? The dynamics of such a planet will be very different to Io, but the physics of melting

will be similar and could be approach with the same general formulations as presented in

this thesis.

6.3.4.3 Al-26 heated planetesimals

A closer-to-home suite of targets for the models I have developed are Al-26 heated plan-

etesimals. Aluminium-26 is a short-lived radioactive isotope that is thought to have caused

extensive melting in the Solar System’s earliest forming planetesimals, allowing them to dif-

ferentiate. The cooling history of these bodies are recorded by the achondrite meteorites.

Their thermal evolution is a competition between heating by Al-26 decay and secular cooling,

which is rapid because of the small size of these bodies. Lichtenberg et al. (2019) showed

that parameters like the mantle grain size (and, by extension, the permeability) affect the

mobility of magmas that form, which in turn affects the thermal evolution. The magma

generation and flows in these bodies are very similar to those in the models I have presented

in this thesis.

A key difference between the evolution of Al-26 heated planetesimals and that of Io is that the

distribution of heating evolves as compositional structure evolves. Aluminium has different

chemical affinities in different melts, resulting in its partitioning during evolution. An aspect

of this that has not been investigated is its transport in volcanic systems. If magmas enter

into a volcanic system, they could transport Al-26 upward into the cooling lid, providing a

source of heat that keeps the near-surface hotter for longer. Such a transport would have
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significant implications for the cooling histories and melt distributions in these bodies, and

may even be observable in the meteorite record.

Adapting the compositional model in this thesis for application to Al-26 heated planetesimals

would require two primary changes. The first is the derivation of a relevant compositional

systems that tracks the partitioning of aluminium during melting. Lichtenberg et al. (2019)

achieved this by using an olivine–pyroxine–feldspar system and assuming that aluminium

partitions into the feldspar. The second requirement is changing the heat-production term

in the enthalpy equation to being determined by the local Al-26 content as well as the

time (because of the rapid decay of Al-26). Finally, it is important to remember that

these planetesimals are far smaller than Io. This means that they have much lower gravity,

significantly reducing the drive for magmatic segregation. Despite these considerations, this

avenue is probably the simplest application of my models to another type of planetary body.

6.3.4.4 Icy moons

The final potential targets for my models that I will discuss are the icy moons of the Solar

System. Bodies such as Enceladus and Europa receive high levels of interest due to their

potentially habitable sub-surface oceans. The obvious difference between partial melting of

an icy moon as compared to a silicate body is that the melt generated is more dense than

the solid residuum, and so under gravity it migrates downward. This explains the stability

of a sub-surface ocean on these bodies; the density stratification of a water ocean underlying

an icy shell is stable. A number of previous works have investigated the onset of convection

in icy shells (e.g., Barr and McKinnon, 2007; Allu Peddinti and McNamara, 2019), and a

smaller number of more recent works have investigated two-phase flow in ice shells (e.g.,

Kalousová et al., 2014; Hammond et al., 2018). Little work, however, has investigated the

coupling of convection and melt segregation in the ice shells of icy satellites. The melt

segregation modelling presented in this thesis could be developed into a two-dimensional
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model of an ice shell model that investigates both convection and two-phase flow by using a

full Stokes-Darcy formulation.

A model for ice shell evolution could be expanded along similar lines to the work presented in

this thesis. An important aspect of icy moon evolution is in the distribution of salts, which

can significantly alter melting points and affect melting dynamics. Similar to in terrestrial ice

sheets, as the ice-shell freezes, salts are rejected downward. The increasing salinity of these

waters results in gravity drainage and compositional convection in the pore-space, which

ultimately controls the distribution of salts and impurities (Buffo et al., 2020). The types of

two-phase flow model presented by Hammond et al. (2018) and Buffo et al. (2020) could be

combined with cryovolcanism models (e.g., Manga and Wang, 2007; Quick and Marsh, 2016)

in a framework similar to that proposed in this thesis to provide a more complete model for

the dynamics of planetary ice shells.
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