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Abstract

The collection and analysis of a large number of belemnites and oysters with 
excellent biostratigraphic and diagenetic control has resulted in a highly detailed 
determination of the seawater Sr-isotope curve through the Jurassic and Early Cretaceous. 
The new data confirm the broad trends established by prev ious work, but the much sharper 
resolution of the new data allows the application of Sr-isotope stratigraphy with an optimal 
stratigraphic resolution of ± 1 to 4 ammonite subzones (± 0.5 to 2 Ma). The data show a 
general decline from the Hettangian (Early Jurassic) to a minimum in the Callovian and 
Oxfordian (Middle/Late Jurassic). This is followed by an increase through the 
Kimmeridgian (Late Jurassic) to a plateau reached in the Barremian (Early Cretaceous). In 
addition, there are major negative excursions in the Pliensbachian/Toarcian (Early Jurassic) 
and Aptian/Albian (Early Cretaceous).

Stable isotope data collected from belemnites and oysters have resulted in the most 
extensive Jurassic S13C and 618O database to date. While both the carbon and oxygen data 
appear to give reasonable marine signals, the scatter in the data suggests that future research 
must document possible biological fractionation effects and develop better indicators for the 
diagenetic alteration of 613C and 6i 8O.

The final chapter documents an unexpected correlation between sudden shifts in the 
Sr-isotope curve, the occurrence of positive 513C excursions, and the eruption of flood 
basalts. In the Jurassic and Cretaceous there is a correlation in time between sudden 
downward shifts in the Sr-isotope curve (Pliensbachian, Aptian, Cenomanian/Turonian), 
the occurance of positive 613C excursions, and the eruption of flood basalts. Each of these 
major downward shifts in the Sr-isotope curve is followed by a sudden upward shift, 
which although associated with a positive 613 C excursion is not associated with an episode 
of flood basalt volcanism. In the Cenozoic the Sr-isotope curve no longer displays 
downward shifts, but the correlation continues between the occurrence of flood basalts and 
positive 513C excursions. Several lines of evidence suggest that the eruption of flood 
basalts is associated with pulses of hydrothermal activity, and that this hydrothermal 
activity brings about the conditions necessary for the genesis of carbon-burial events.
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Extended Abstract

This study presents an extensive new data set yielding a detailed outline of the 

seawater Sr-isotope curve through the Jurassic and Early Cretaceous. Belemnites and 

oysters were collected from well-exposed, well-described, and well-dated strati graphic 

sections exposed along the Dorset and Yorkshire coasts and in various other localities 

throughout Great Britain. Measurement of Mn and Fe concentrations in the fossil calcite 

allows diagenetically altered samples to be distinguished from more pristine samples. As a 

result of the excellent biostratigraphic and diagenetic control, the quality of the Jurassic and 

Lower Cretaceous data rivals that of the best portions of the Cenozoic Sr-isotope curve. 

The highest quality data are of Early Jurassic age.

Beginning in the latest Triassic, the Sr-isotope curve rises out of the Rhaetian and 

reaches a plateau in the Hettangian (Early Jurassic). Beginning in the earliest Sinemurian it 

rapidly descends until reaching a minimum in the latest Pliensbachian. After an initially 

slow recovery in the Toarcian, the curve suddenly jumps up across the exaratum/falciferum 

subzonal boundary. The rate of this increase is probably accentuated by a gap in the 

sedimentary record spanning 1 2 units of subzone time. The curve then smoothly 

increases through the rest of the Toarcian and Aalenian (Middle Jurassic) and reaches a 

peak near the Aalenian/Bajocian boundary. After an initially slow decline, the curve rapidly 

descends through the Late Bajocian. It is not clear whether there is a small reversal in the 

earliest Bathonian or if the curve simply continues its rapid descent down to the minimum 

located probably in the Early Callovian. The curve then rises slightly to reach a peak in the 

Late Callovian and then descends to a second minimum in the Early Oxfordian (Late 

Jurassic). From this time through the Barremian (Early Cretaceous) the curve steadily 

increases, with periods of apparently accelerated increase during the Early Kimmeridgian 

(Late Jurassic) and Ryazanian/Valanginian (Early Cretaceous). A major downward shift 

occurs some time during the late Barremian or early Aptian and the curve reaches another 

minimum during the middle-to-late Aptian. By the Albian the curve has recovered from 

this downward shift and is ready to begin its general increase into the Late Cretaceous. The 

data are of sufficient quality over many intervals that they can be used as a stratigraphic 

correlation tool that allows a potential correlative resolution of ± 1 to 4 ammonite subzones 

(± 0.5 to 2 Ma).



Stable isotopic data collected from the same belemnites and oysters have resulted in 

the most detailed, extensive Jurassic 513C and 618O database to date. The carbon data 

appear to reproduce all known positive carbon-isotope excursions in the Jurassic and Early 

Cretaceous and are used to confirm intervals in the Early Jurassic that are suspected to host 

carbon-burial events on the basis of sedimentological evidence. The 618Q data seem to 

indicate that the Early Jurassic was warmer than the rest of the Jurassic and Early 

Cretaceous, but before such conclusions may be drawn with confidence, considerable 

work needs to be done to document possible biological fractionation effects and to develop 

better indicators of the diagenetic alteration of both 613 C and 618O.

A detailed consideration of the geochemical cycle of Sr in seawater attempts to 

reconcile the considerable discrepancy between the volume of the hydrothermal flux of 

seawater through the mid-ocean ridges as calculated by geophysical and geochemical 

models. Because the geophysical estimate seems more robust, the reconciliation of the two 

estimates requires an adjustment of the Sr cycle such that the importance of the riverine flux 

is reduced and additional sources of basaltic Sr are found that do not come under the 

constraints of the geophysically modelled axial fluid flow. The riverine component of the 

Sr cycle was modified through the exclusion of the anomalous Ganges and Brahmaputra 

rivers from the weighted global average. This results in a slightly lower average riverine Sr 

concentration and a significantly lower average 87Sr/86Sr ratio. Addition of the diagenetic 

and groundwater flux terms to the Sr cycle has little effect on the magnitude of the 

hydrothermal flux required to balance the Sr cycle. A detailed consideration of the 

hydrothermal component of the Sr cycle suggests that the axial hydrothermal fluid flux can 

be broken into two components, a volumetrically dominant fluid that has not undergone 

phase separation and that shows little net change in the average Sr concentration relative to 

seawater, and a brine that has undergone phase separation and shows a large enrichment in 

Sr relative to seawater. Although current evidence suggests that the brine flux is a minor 

component of the Sr cycle, the possible importance of this term provides good reason for 

future scrutiny. A more important hydrothermal flux is associated with the off-axis, low- 

temperature alteration of basalts. This term may comprise 25% of the total flux of basaltic 

Sr to the oceans. Despite the identification of these additional terms in the Sr cycle, the 

discrepancy between the geophysical and geochemical estimates can only be reduced from a
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factor of 6 difference to a factor of 2 difference. The likely cause of this discrepancy is 

either recent glacial and tectonic erosion that has increased the flux of radiogenic riverine Sr 

to the oceans, or a bias in the riverine data set towards rivers draining tectonically active 

areas of the world that results in an inflated estimate of the global riverine 87Sr/86Sr ratio. 

The final chapter documents a correlation in time between sudden shifts in the Sr- 

isotope curve, the occurrence of positive 51? C excursions, and the eruption of flood 

basalts. In the Jurassic and Cretaceous there is a correlation between sudden downward 

shifts in the Sr-isotope curve (Pliensbachian, Aptian, Cenomanian/Turonian), positive 613C 

excursions, and flood basalts. Each of these major downward shifts in the Sr-isotope 

curve is paired with a sudden upward shift, and each upward shift is associated with a 

positive 613C excursion, but not with an episode of flood basalt volcanism. In the 

Cenozoic the Sr-isotope curve no longer displays downward shifts, but a correlation 

between the occurrence of flood basalts and positive 613C excursions remains. Although 

the Sr-isotope curve is commonly viewed as a record of continental erosion, model 

calculations indicate that the variations in the curve between roughly 125 and 40 Ma are 

faithfully reproduced when the mid-ocean ridge hydrothermal input is varied according to 

measured changes in the rate of oceanic crustal generation. This result, combined with the 

correlation between negative shifts in the Sr-isotope curve and the eruption of flood basalts, 

suggests that the major negative excursions in the Sr-isotope curve in the 

Pliensbachian/Toarcian, Aptian/Albian, and Cenomanian-Coniacian are the result of 

hydrothermal activity. Moreover, the occurrence of positive 613C excursions at the 

beginning and end of inferred hydrothermal events in the Mesozoic and at the same time as 

the eruption of flood basalts in the Cenozoic suggests that periods of enhanced organic 

carbon burial are linked to bursts of hydrolhermal activity. The occurrence of 613C 

excursions at the beginning and end of hydrothermal events presents difficulties for current 

models attempting to explain the genesis of carbon-burial events.
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Chapter 1: Introduction 

1.1 Principles and Applications

Strontium-isotope stratigraphy is founded on three principles: 1) Sr is isotopically 

homogeneous in seawater at any given time; 2) The marine ^Sr/^Sr ratio has varied 

systematically through geological time; 3) The seawater Sr-isotope signal is accurately 

recorded by Ca-bearing minerals precipitated directly from normal seawater. The isotopic 

homogeneity of seawater Sr is a consequence of the long residence time of Sr (2 - 4 Ma; 

Hodell et a/., 1989, 1990) compared to the short mixing time of the oceans (ca. 1 2 ka; 

Broecker and Peng, 1982), which allows a given mole of Sr atoms to be dispersed and 

mixed several thousand times throughout the world's oceans before finally being removed 

as a component of biogenic carbonate. The variation in the seawater Sr-isotope curve 

through geological time is caused by fluctuations in the various geochemical inputs of Sr 

into the marine system. The modern seawater ^Sr/^Sr ratio of 0.7092 is primarily 

determined by the balance between radiogenic Sr delivered to the oceans by rivers 

weathering the continents (^Sr/^Sr = 0.7119; Palmer and Edmond, 1989) and 

nonradiogenic Sr delivered to the oceans by the mid-ocean ridge hydrothermal systems 

(87Sr/86Sr __ o 7035. pai mer and Elderfield, 1985). A minor buffering effect is provided by 

the re-dissolution of recently deposited marine carbonates yielding Sr of near-seawater

isotopic composition (^Sr/^Sr = 0.7084; Elderfield and Gieskes, 1982).
 

The most obvious application of the Sr-isotope curve is as a global correlation tool. 

The main advantages of Sr-isotope stratigraphy are that the globally synchronous signal is 

not limited by faunal provincialism; the technique requires relatively small amounts of 

well-preserved primary marine calcite for analysis; correlation is relatively objective; and it is 

relatively easy for the careful novice to become involved. The main disadvantages are that 

the technique requires well-preserved, primary marine calcite and that at present there are 

few geochemical guidelines that allow one to distinguish objectively between primary and



diagenetically contaminated results. Despite these drawbacks, Sr-isotope stratigraphy is 

well-enough advanced to have been applied to a wide variety of strati graphic problems 

(Hurst, 1986; Smalley et al., 1986, 1989; Knittel and Daniels, 1987; Ludwig et al., 1988; 

McKenzie et al., 1988; Rundberg and Smalley, 1989).

In addition to simple correlation, the known history of seawater Sr isotopes allows 

one to constrain such processes as fluid flow and the diagenetic alteration of sediments. If 

the age of a given package of sediments is known, the original ^Sr/^Sr ratio of the pore 

waters and primary carbonate and phosphate phases may be inferred from the seawater Sr- 

isotope curve. Any deviation from the primary signal may be due to older porewaters 

advecting up towards the seafloor during compaction (Richter and DePaolo, 1987, 1988), 

recrystallisation of volcanic materials releasing relatively nonradiogenic Sr (Gieskes et al.,

1986), groundwater flow transporting relatively radiogenic Sr (Kastner et al., 1990), and 

the breakdown of detrital minerals providing either radiogenic or nonradiogenic Sr, 

depending on sediment provenance (Emery et al., 1987). Thus, the combination of Sr 

isotopes and other geochemical tracers has so far provided insight into processes of 

diagenesis in deep sea and shallow marine sediments (Gieskes et al., 1986; Emery et al.,

1987), causes of certain types of dolomitisation (Sailer, 1984; Aharon et al., 1987; Andrews 

el., 1987; Swart et al., 1987; Vahrenkamp et al., 1988), fluid flow pathways in continental 

margin sediments (Elderfield et al., 1990; Gieskes et al., 1990 Kastner et al., 1990, 1991),
*

and pathways of fluids related to mineralisation and oil migration events (Medford et al., 

1983; Burtner, 1987; see review by Veizer, 1989).

The evolution of the seawater Sr-isotope curve is also interesting in its own right as 

a biostratigraphically well-dated curve whose features reflect the balance between competing 

processes of tectonism, global weathering, and sea floor hydrothermal activity. As shown 

in Figure 1.1, the seawater Sr-isotope curve remained roughly level between 70 and 40 Ma. 

Then at 40 Ma this invariance was abruptly terminated and the curve began a steady if



uneven increase towards the present. This rapid rise over the past 40 Ma could have been 

caused by a decreasing flux of mid-ocean ridge hydrothermal fluids, an increase in the 

y7Sr/S6Sr of river water, an increase in the mass flux of riverine Sr, or a combination of 

these three factors. Under the assumption that hydrothermal venting is proportional to sea- 

floor crustal generation rates, the limited changes in global spreading rates over the past 40 

Ma appear to rule out a reduction in the hydrothermal flux as the main cause of the increase 

(Palmer and Elderfield, 1985). Although there are no independent constraints on the 

variations of either the mass flux or the ^Sr/^Sr ratio of riverine Sr over geological time, 

most authors interpret the last few million years of the Sr-isotope curve in terms of a higher 

mass flux of Sr due to increased chemical weathering of the continents in general and the 

Himalayas in particular (Hess et al., 1986; Raymo et al., 1988; Hodell et al., 1989, 1990, 

1991; Richter et al., 1992; Krishnaswami et al., 1992), and several authors have used the Sr- 

isotope curve as an index of continental weathering over the entire Phanerozoic (Francois 

and Walker, 1992; Richter et al., 1992; Fran£ois et al., in press). However, despite the 

enthusiasm for a purely continental interpretation of the Sr-isotope curve, it is worth noting 

that it is difficult to eliminate the possibility that hydrothermal processes may have at times 

been significant in determining the evolution of the curve. 

1.2 Compilation and Summary of Previous Results

Frans Wickman (1948) was the first to recognise the possibility of using the
•

evolution of the seawater Sr-isotope curve, as recorded by limestones, to help constrain the 

ages of marine sediments. He reasoned that the average age, and hence the average 

^Sr/^Sr ratio, of the earth's surface should increase monotonically as a function of age due 

to the decay of ^Rb to ^Sr. The world's rivers provide a link between the aging of the 

earth's surface and the Sr-isotopic evolution of the oceans by providing a globally averaged 

sample of continental Sr to the seas. Thus, in the absence of mid-ocean ridge hydrothermal 

springs, which were not then known to exist, the seawater ^Sr/^Sr ratio should increase
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Figure 1.1: Evolution of the seawater Sr-isotope curve over the past 75 Ma. Data from Hess etal. (1986).



monotonically as a function of the average age of the earth's surface. A number of studies 

tested this idea by analysing bulk limestone samples spanning the past 2.5 Ga (Gast, 1955; 

Gerling and Shukolyukov, 1957; Hedge and Walthall, 1963; Hurley et al, 1965). They 

found that the increase was much less than originally predicted and ascribed this to 

preferential weathering of volcanic and Rb-poor minerals and to an over-estimation of the 

average crustal Rb/Sr ratio. While Brookins et al. (1969) found that some Permian ^Sr/^Sr 

ratios did not in fact fit the linear trend, it was Peterman et al. ( 1970) who first proved that 

the seawater Sr-isotope curve has shown repeated fluctuations over Phanerozoic time. Over 

the next 10 years a large number of studies set out to document the details of this curve, but 

due to poor analytical precision and poor sample preparation, the results are now largely of 

historical interest (Elderfield, 1986). The results from these early studies are 

well-summarised by Faure (1982).

The turning point for Sr-isotope stratigraphy was the publication of a second 

Phanerozoic seawater curve by Burke et al. (1982). This study benefited from a much 

higher degree of analytical reproducibility, a large number of samples from DSDP cores that 

appear to have suffered relatively minor diagenesis, and a vast number (786) of bulk-rock 

samples from around the world. The DSDP material yielded a well-defined curve for the 

Cenozoic and much of the Late Cretaceous, but unfortunately older limestone samples from 

land-based outcrops gave data of much lower quality (Fig. 1.2). Thus, although Burke et
•

al. (1982) conclusively demonstrated that the seawater Sr-isotope curve has undergone 

significant variations throughout the Phanerozoic, the scatter in data older than 70 Ma 

partially obscures the true path of the curve and thus impairs the application of Sr-isotope 

stratigraphy and limits palaeoceanographic interpretations over these intervals.



Figure 1.2: The Phanerozoic Sr-isotope curve of Burke et al. (1982). The line drawn along the bottom of the data scatter represents the best-estimate of the true trend of the 
seawater curve based on the assumption that diagenetic alteration generally raises the 
^Sr/^Sr of the bulk limestone.



Since 1985 a number of studies have refined the seawater Sr-isotope curve for the 

Cenozoic and Late Cretaceous (DePaolo and Ingram, 1985; Palmer and Elderfield, 1985; 

Hess et al., 1986, 1989; DePaolo, 1986; Hodell et al., 1989, 1990, 1991; Miller et al., 

1988, 1990; Capo and DePaolo, 1990; Nelson et al., 1991) and for the Precambrian and 

Early Palaeozoic (Veizer and Compston, 1976; Veizer et al., 1983; Shaw and Wasserburg, 

1985; Keto and Jacobsen, 1987; Derry and Jacobsen, 1988; Derry et al., 1989). Only a 

smattering of data points has been published for intervening times (Jurassic: Fischer and 

Gygi, 1989; SmaUey et al., 1990; Permian: Brookins, 1988; Carboniferous: Poppet al., 

1986; Brand, 1991). The development of the Cenozoic and Late Cretaceous Sr-isotope 

curve reflects the abundance and generally good preservation of OOP material whereas the 

work on the Precambrian portions of the curve mainly reflects an interest in the long-term 

growth and evolution of the continents over the past 4.5 Ga. The intervening times have 

been neglected due to the difficulty of working with land-based sections, which tend to be 

relatively incomplete, poorly exposed, and diagenetically altered, and because most of the 

isotopically interesting continental growth events seem to have been completed by the 

beginning of the Cambrian (Condie, 1989).

The results of these studies for the Cenozoic and Mesozoic are summarised in 

Figures 1.3 and 1.4. Figure 1.3 shows the evolution of the Sr-isotope curve over the past 

210 Ma based on data from DePaolo and Ingram (1985), Hess et al. (1986), DePaolo
•

(1986), Nelson^ al. (1991), Me Arthur et al. (1992), and this study. It illustrates at once 

the reproducibility and the systematic trend of the seawater curve over the past 210 Ma as 

well as the high quality of the Jurassic and Early Cretaceous data collected in this study. 

Figure 1.4 represents a comparison between previously published data for the Cretaceous, 

Jurassic, and Triassic (Faure, 1982; Hess et al., 1986; Fischer and Gygi, 1989; Koepnick et 

al., 1990; Smalley et al., 1990; Nelson et al., 1991) and the data collected in this study. 

The fact that the data in this study trace a line running along the bottom of the data scatter



8

I I I I 1

fl-l

o o • < »

«

1 ' ' I ' ' ' ' I '
LOo

O>o
(V.

o

1 ' ' ' I ' ' ' ' I
LO Or- h-o o

UJ 1-3

Eariy Cret

CD

O — LO

8
CM

Figure 1.3: The evolution of the seawater Sr-isotope curve over the past 210 Ma. Time- 
scale of Harland et al. (1990) for the Mesozoic and Berggren et al. (1985) for the Cenozoic.



era n 
n 

vf
in

o
• 4
t

• 
• § 

0.
70

80
 -

1. 
:

8 3 
0.

70
78

y I 
:

§ 
0.

70
76

 -

f 
& 

:
•o

 
°°

^ 
|:
 

^
 0

.7
07

4 
-

W
 

CO

£ 2
 

0.
70

72
 -

o 8 8 £
 

0.
70

70
 -

P a
 

f\
 7

/1
C

Q
(J.

 /U
o
o
 —

3- o CL
 

1
| 

22
o

1 1 
i 1

 1 
i 1 

1 1
 1 

1 1
 1 

1 1
 1 

i 1 
1 1 

1 1 
1 1

 1 
1 1 

1 1
 1 

1 1 
1 1

 1 
1 1

 1 
1 1

 i 
i 1 

1 1 
1 1 

1 1
 1 

1 1
 1 

i 1
 1 

i i 
i 1 

1 i
 1 

1 i 
1 1 

1 1 
1 i

 1 
1 i

 1 
1 1

 1 
1 1 

1 i
 1 

1

0 o 
0

* 
c§

,»
 

o 
_. 

o 
rP

-S
..
£
.t
 

0 
o 

&
5

p
 

o
^8

 
«A

+O
 

» 
j
f
 *e

«»
0c

^o
 

<
f^

°
 

o
Q 

° 
g
o
 

/
f
t
/
 

'^
%

^
A

 
^
 

O
 
o

 
r^

 ^
 

•
 i

^
" 

• 
• 

• 
• 

•
^
 

»
 

O
Q

0
^
"
-
"
"
"

1^
0
*

V
 °

 
° 

c9 
„ 

^°
°^

°^
 

<3b
3r«

° v
°o 

„ °o
°o 

°v
 v

 :
....

....
 

«
^
.»

.j
-
ft
 

....
..:Q

 ..
. ^

*
 

...
...

 .Q
 

....
.. 

Q
*>

 ... 
.. 

J
^
Q

Q
^
p

 ^
^
F

 
S2

rV
^
 

o 
«°

 
oo

 
^ 

@
&l

r 
^
i 

%
_ 

y
 "

A
->

 " 
" 

" 
»a

 ^
 

"^
" 

" Q
T"

 "
 " 

*
m

 
jP

' 
o*

 
-•

••
-,

 ?
•*

'
^
 v

 
M

^ 
•-

 F
au

re
(1

98
2)

 
V

f 
**

 
o

o
* 

° 
Bu

rk
e 

er
a/

. 
(1

98
2)

 
W

 
*A

* 
* 
jo

 
• 

He
ss

 e
ra

/. 
(1

98
6)

 
0 

*
 

^
b

 
jW

P
o 

• 
Ne

lso
n 

er
a/

. 
(1

99
1)

....
....

. 
....

0 
...

...
...

.. .
^
 

....
....

....
 

Q
o
"*

- 
-•••

••••
• 

A 
M

cA
rth

ur
 e

/a
/. 

(1
99

2)
J!

Li
S

» 
o 

H 
Sm

al
le

y 
er

a/
. 

(1
99

0)
 

*j
«

k
 

* 
Th

is 
St

ud
y

^
r»

Tr
ia

ss
ic 

Ea
rly

 Ju
ra

ss
ic 

M.
 J

ur
as

sic
 

L. 
J. 

Ea
rly

 C
re

ta
ce

ou
s 

La
te

 C
re

ta
ce

ou
s 

P 
Eo

.
1 

1 
1 

1 
| 

1 
1 

1 
1 

1 
1 

1 
1 

| 
1 

1 
1 

1 
1 

1 
1 

1 
1 

| 
1 

1 
1 

1 
1 

1 
1 

1 
1 

| 
1 

1 
1 

1 
1 

1 
1 

1 
| 

1 
1 

1 
1 

[ 
1 

1 
1 

1 
j 

1 
1 

1 
1 

1 
1 

1 
1 

1 
| 

1 
1 

1 
1 

1 
1 

1 
1 

1 
| 

1 
1 

1 
1 

I 
I 

1 
1 

1

JO
 

20
0 

18
0 

16
0 

14
0 

12
0 

10
0 

80
 

60
A

n
p
 f

M
a^

- -

O
.



10

confirms the reasoning of Burke et al. ( 1982) in drawing their best-estimate curve at the 

base of the data scatter and upholds the widely-held notion that diagenetic alteration of a 

carbonate generally results in higher ^Sr/^Sr ratios due to the diagenetic uptake of 

radiogenic Sr (Veizer and Compston, 1974; Burke et al., 1982). 

1.3 Aims of This Study

This thesis has two main goals. The first is to define the evolution of the Sr-isotope 

curve over the Jurassic and Early Cretaceous. To produce the highest quality curve possible 

requires good analytical techniques, adequate screening for diagenetic alteration of sample 

material, and a detailed sampling of the bio- and litho-stratigraphically well-characterised 

sections. Chapter 2 discusses the analytical techniques and in particular focuses on the 

reproducibility of the mass spectrometry. Chapter 3 examines the utility of four diagenetic 

tracers~Mn, Fe, d 13C, and d 18O--to weed out samples whose ^Sr/^Sr ratios have been 

appreciably affected by diagenesis. Chapter 4 starts out by documenting in detail the bio- 

and litho-stratigraphy of the classic British Jurassic and Cretaceous stratigraphic successions 

sampled in this study. With this firm foundation in place, the chapter moves on to assess 

quantitatively the stratigraphic resolution of the best-estimate Sr-isotope curve.

The second main thrust of this thesis is to examine the causes of the fluctuations in 

the Sr-isotope curve. Chapter 5 takes a minor detour to examine the d 13C and d 18O data 

collected from belemnites and oysters and to document the evidence for several global
*

carbon burial events in the Early Jurassic. Chapter 6 then extensively discusses the modern 

geochemical cycle of seawater Sr with the aim of better understanding the mechanisms that 

could produce the observed variations in the Sr-isotope curve. Finally, Chapter 7 

documents an intriguing correlation between times of rapid movement in the Sr-isotope 

curve and the occurrence of positive 3 13C excursions and then moves on to constrain 

possible mechanisms that could link the geochemical cycles of carbon and strontium.
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Chapter 2: Methods

The methodology of this project has been designed to minimise the three major 

sources of error encountered when constructing a seawater Sr-isotope curve: stratigraphic 

error due to poor biostratigraphic and/or structural control, diagenetic error due to 

extraneous Sr in noncarbonate or secondary calcite phases, and analytical error associated 

with laboratory procedures and the analytical reproducibility of the mass spectrometer. The 

following sections describe the methodology adopted to minimise each major source of 

error. 

2.1 Stratigraphy of Sample Materials

The simple structure, excellent exposure, and detailed published litho- and 

biostratigraphic descriptions of the British Jurassic and Lower Cretaceous allow highly 

precise and reproducible sample collection. Most samples were collected from the 

extensive cliff sections exposed along the Dorset and Yorkshire coasts. These sections are 

characterised by finely bedded, laterally continuous strata disturbed only by minor faults 

and gentle folding; both structural elements serve to bring most stratigraphic horizons down 

to beach level where they can be readily observed. For intervals of time represented by 

poorer exposures, such as the slumped cliffs of the Lower Cretaceous Speeton Clay 

(Yorkshire), great care was taken to dig out the sections, identify all relevant beds and 

markers, and collect only those samples that were definitely in situ. Details and limitations
•

of all exposures relevant to this study are discussed in more detail in Chapter 4.

The British Jurassic and Lower Cretaceous successions consist of a diversity of 

rock-types including finely bedded mudstones, impure limestones, oolites, siltstones, and 

fine-grained sandstones. The stratigraphy of all sections sampled in this study has been 

described in painstaking, bed-by-bed detail in one or more papers published over the past 

150 years with the purpose of allowing future workers to recollect fossils from the same 

beds. These papers, noted in Tables 2.1, 2.2, and 2.3 and Chapter 4, describe the basic
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lithology of each bed along with all ammonites and other fossils collected from that bed. 

The large number and diversity of ammonites found throughout these sections has allowed 

the Mesozoic sequences to be finely subdivided into a large number of zones and subzones. 

The Lower Jurassic, for example, contains 54 subzones, each with an estimated average 

duration of about 540,000 years (see below).

The data tables (2.1, 2.2, 2.3) list the exact lithostratigraphic and assigned 

biostratigraphic position of each sample along with its isotopic and trace element data. The 

sample labels in the first column are coded to indicate the initials of the formation or the 

main author who described the formation and the bed number in which that sample was 

found. The second column lists the ammonite subzone or zone to which the sample is 

assigned. The assignments generally follow Cope el al. (1980a,b) and Rawson el al. 

(1978), but with numerous minor modifications described more fully in Chapter 4. All 

subzones or zones that comprise each stage are listed, even if no sample was taken from a 

given biozone. The third column gives the position of the sample above the base of the bed 

relative to the total thickness of the bed, and Column 4 gives the distance above the base of 

the biozone relative to the total thickness of the biozone. The stratigraphic "age" of each 

sample (Column 5) is measured in terms of ammonite subzones to facilitate direct 

correlation to the British standard. By convention subzone "ages" are calculated assuming 

that each ammonite subzone is of equal duration and that the base of the Jurassic, which is
•

clearly defined by the first appearance of the ammonite P. planorbis (Cope el al., 1980a; 

Cope, 1991a,b), is set equal to zero. All zones that are not subdivided into subzones are 

assumed, following Cope el al. (1980a,b), to be equal to two subzone units of time. The 

top of the first subzone in the Jurassic, planorbis, marks the passage of 1 subzone unit of 

time, the top of the second subzone marks 2 subzone units, and so on until a total of 54 

subzone units are covered by the end of the Toarcian (Early Jurassic) and 268 subzone 

units are covered by the end of the Albian (Early Cretaceous) (Table 2.4). The fractional
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"age" of a sample is calculated using the relative position of the sample in that biozone as 

tabulated in Column 4 and assuming a constant sedimentation rate within a biozone. Thus, 

for example, sample BL-H75 was collected from the top of Lang's (1924) Bed H75 in the 

Blue Lias. Cope et al. (1980a) assign this bed to the laqueus subzone, which extends from 

Bed H69 at the base to H83 at the top. Sample BL-H75 was therefore found 107 cm above 

the base of the 160 cm-thick laqueus subzone, the base of which marks the passage of 3 

subzone units of time, and the assigned subzone "age" therefore becomes 3.67. Stated 

errors on the subzonal "ages" (Column 6) are due to uncertainties in the exact strati graphic 

horizon sampled or to a lack of zonally significant ammonites clearly defining the base or 

top of the biozone. Errors due to variations in sedimentation rates within a biozone cannot 

be quantitatively estimated. In some cases zonal boundaries are published as uncertain, but 

with no located ammonite data to allow quantification of their uncertainties. Although these 

uncertainties are generally insignificant compared to errors on the ^Sr/^Sr axis, the 

interested reader may wish to consult the primary sources cited in Tables 2.1,2.2, and 2.3. 

Measuring geological time using ammonite subzone units is useful when attempting 

to correlate other lithological successions to the well-characterised zones, subzones, and 

lithological successions of the Jurassic and Cretaceous of Great Britain. However, in other 

situations it is more useful to convert "ages" measured in ammonite subzone units to ages 

measured in millions of years. (Throughout this study "age" refers to time measured in
•

subzone units whereas age written without quotes refers to time measured in millions of 

years (Ma)). This conversion requires that certain biostratigraphic horizons be 

radiometrically dated and that there exists biostrati graphic units of time that can be used as 

equal-duration time units in a linear interpolation between these radiometrically determined 

tie-points. The time scales of Kent and Gradstein (1985) and Harland et al. (1990) use 

ammonite zones as equal-duration units, but for this study it is much more convenient to 

use subzones as the basic unit of time. In fact, because zones are defined on the basis of
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their constituent subzones (Dean et al., 1961; Callomon, 1985), the subzone is arguably a 

better choice for an equal-duration unit. Either way, however, yields nearly the same ages 

for the stage boundaries of the Jurassic and Early Cretaceous (Table 2.4). 

Table 2.4: Zones, Subzones, and the Radiometric Time Scale.

Stage boundary ages are calculated using radiometrically calibrated tie-points and zones or 
subzones as equal-duration time units. The final column (GTS 89) presents the time scale 
used in this study. It is based on subzones and additional palaeomagnetically calibrated tie- 
points from Harland et al. (1990). Zones and subzones are numbered consecutively up 
from the base of the Jurassic.

Stage Boundary Zone Ma Subzone Ma GTS891

Cenomanian/Albian* 115 97.0* 268 97.0* 97.0*
Albian/Aptian* 108 112.0* 244 112.0* 112.0*
Aptian/Barremian 101 119.5 227 120.5 124.5*
Barremian/Hauterivian 93 128.0 211 128.5 131.8*
Hauterivian/Valanginian* 86 135.5* 197 135.5* 135.0*
Valanginian/Ryazanian 81 138.7 187 138.7 140.7 *
Ryazanian/Portlandian 76 141.9 177 141.9 145.6*
Portlandian/Kimmeridgian 67 147.7 159 147.7 149.0
Tithonian/Kimmeridgian 59 152.8 143 152.8 152.1 *
Kimmeridgian/Oxfordian* 54 156.0 * 133 156.0 * 154.7 *
Oxfordian/Callovian 48 158.9 118 159.1 157.1*
Callovian/Bathonian 41 162.3 101 162.7 161.4
Bathonian/L.Bajocian 33 166.2 84 166.2 165.8
Late/Early Bajocian + 29 168.2+ 74.5 168.2+ 168.2 +
E.Bajocian/Aalenian 25 173.6 65 173.1 173.1
Aalenian/Toarcian 20 180.4 54 178.8 178.8
Toarcian/Pliensbachian 14 188.6 37 187.5 187.5
Pliensbachian/Sinemurian 9 195.4 22 195.3 195.3
Sinemurian/Hettangian* 3 203.5* 6 203.5* 203.5*
Hettangian/Rhaetian 0 208.0 0 208.0 208.0
Rhaetian/Nonan* -1 209.5* -2 209.5* 209.5*

•

f refers to reliance on A Geologic Time Scale 1989 by Harland el al. (1990).
* indicates stage boundary used as a tie-point.
+ indicates a pseudo-tie-point placed in the mid-Humphriesianum subzone._________

The final time scale used in this study is presented in the last column of Table 2.4. 

The stage boundary ages are calculated using ammonite subzones as equal-duration time 

units and using both the radiometrically and palaeomagnetically derived tie-points of 

Harland et al. (1990). The equations used to convert subzone units to ages measured in
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millions of years are listed in Table 2.5. Table 2.6 presents a comparison of the average 

lengths of zones and subzones between the various tie-points used in the time scale. Zones 

average between 0.38 and 2.14 Ma long and subzones range between 0.16 and 0.75 Ma 

long. Although the errors on the stage boundary ages are far too large to make accurate 

estimates of the duration of zones or subzones, these calculations at least serve to 

emphasise that despite the assumption of uniform-duration subzone units, ammonite 

subzones are in fact likely to be a highly nonuniform measure of time.

Table 2.5: Equations used to convert subzone "ages" to ages measured in millions of 
years.

Stratigraphic Interval Equation Range of Subzone Units

Albian 15/24*(244 - X) + 112.0 (244 < X < 268) 
Aptian 12.5/17*(227 X) + 124.5 (227<X<244) 
Barremian 7.3/16*(211 X) + 131.8 (211<X<227) 
Hauterivian 3.2/14*(197 X) + 135.0 (197<X<211) 
Valanginian 5.7/10*(187 X) + 140.7 (187<X<197) 
Ryazanian 4.9/10*(177 X) + 145.6 (177<X<187) 
Tithonianf 6.5/34*(143 X) + 152.1 (143 < X < 177) 
Kimmeridgian* 2.6/10*(133 X) + 154.7 (133 < X < 143) 
Oxfordian 2.41 15*(118 - X) + 157.1 (118<X<133) 
Mid-Bajocian to

basal Oxfordian 11.1/43.5*(74.5 - X) + 168.2 (74.5 < X < 118) 
Basal Sinemurian

to Mid-Bajocian 35.3/68.5*(6 - X) + 203.5 (6 < X < 74.5) 
Basal Rhaetian to
basal Sinemurian 6/8*(-2 X) + 209.5 (-2<X<6)

'''The Tithonian stage is equivalent to the Portlandian and Late Kimmeridgian of Great 
Britain; the Kimmeridgian is equal to the British Early Kimmeridgian.___________

In summary, the clearly defined lithostratigraphy has allowed careful sample 

collection that ensures that all samples from a set of related exposures are in the correct 

relative order. The abundance and thorough collection of ammonites in these sections over 

the course of several decades tightly constrains the positions of the subzonal boundaries 

and makes it unlikely that the assigned "ages" are far from their correct position in (local) 

ammonite subzone time. When data from separate time-equivalent successions are
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collated, the samples may be slightly out of sequence due to diachroneity in the first 

appearances of ammonite species or to variations in the sedimentation rates within a given 

biozone at separate localities. It is thus concluded that scatter due to strati graphic error is 

minimal and insignificant. The Sr-isotope curve resulting from this study should allow 

other stratigraphic sections from around the world to be directly correlated to the standard 

ammonite biozonation schemes of the British Jurassic and Early Cretaceous as well as to 

the associated classic English lithologic successions. It is worth emphasising that 

throughout this study great care was taken to collect samples from the solid outcrop with 

close reference to the published stratigraphic descriptions. This allows future workers to 

reproduce this data set, for verification or standardisation purposes, simply by consulting 

the papers and stratigraphic details cited in Tables 2.1, 2.2, and 2.3.

Table 2.6: Comparison 
interval of time between

of the average duration of the zones and subzones for each 
the tie-points of Harland el al. ( 1990).

Interval Ma/zone Ma/Subzone Subzones/Zone

Albian
Aptian 
Barremian
Hauterivian
Valanginian 
Ryazanian 
Tithonian*
Kimmeridgian 
Oxfordian
Mid-Bajocian 

Callovian
Sinemurian -

Mid. Bajocian 
Rhaetian

Sinemurian

2.14
1.79 
0.91
0.46
1.14 
0.98 
0.38
0.52 
0.40

0.58

1.36

1.50

0.65 2.78
0.74 2.43 
0.46 2.00 +
0.23 2.00 +
0.57 2.00 + 
0.49 2.00 + 
0.19 2.00 +
0.26 2.00 + 
0.16 2.50

0.26 2:29

0.52 2.63

0.75 2.00

Average for 
Jurassic and 
Early Cretaceous: 0.97 0.42 2.32

The Tithonian stage is equivalent to the Portlandian and Late Kimmeridgian of Great 
Britain; the Kimmeridgian is equal to the British Early Kimmeridgian. 
+The zones in these stages are generally not subdivided into subzones.
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2.2 Diagenetic Error

Diagenetic error presents the most serious limitations for Sr-isotope stratigraphy. 

Many land-based limestones and dolomites have had a complex diagenetic history and most 

contain a significant proportion of clay minerals. While the primary marine signal may be 

retained somewhere within a bulk limestone, this signal is frequently obscured by the 

leaching of extraneous Sr from diagenetic cements or silicate minerals during sample 

dissolution (see for example Banner et al., 1988). Sr-isotope curves derived from bulk 

limestones are thus apt to show considerable scatter (e.g., Brookins et al., 1969; Burke et 

al., 1982; Koepnick et al., 1985, 1990). A second approach is to analyse only so-called 

"well-preserved" fossil aragonite, calcite, or phosphate. The difficulty here is determining 

exactly what the phrase "well-preserved" actually means with regards to the preservation of 

a primary marine Sr-isotope signal. Careful efforts directed towards selecting only well- 

preserved material have still yielded a considerable degree of data scatter (e.g., Popp et al., 

1986; Brand, 1991). Given these difficulties, the methodology developed in this study 

was designed first to remove as much secondary material as possible from apparently well- 

preserved low-Mg calcite macrofossils and then to develop geochemical tracers that would 

allow diagenetically altered material to be distinguished a priori from unaltered material.

Thus all samples used in this study were rigorously cleaned before Sr-isotopic 

analysis. The matrix was first removed from the fossil (almost exclusively belemnites or
•

oysters) using a grinding stone or dentist's drill followed by a distilled water ultrasonic 

bath. From this point onwards, only distilled, deionized water and ultrapure HC1 came into 

contact with the fossil material and all samples were cleaned, dissolved, and stored 

exclusively in Teflon or quartz glass beakers that were acid-washed in 50% concentrated 

HNQ3 or HC1 for at least 24 hours. After the initial ultrasonic bath to remove any 

remaining mud, the samples were placed for 15 minutes in a 0.6 M HC1 ultrasonic bath to 

remove any extraneous adsorbed Sr, dissolve away an external layer of calcite, and
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highlight any remaining matrix, borings, or other imperfections in the calcite. Small 

samples received a shorter acid bath to prevent total dissolution. Cathodoluminescence 

studies (Saelen, 1989; this study) indicated that the secondary (Mn-rich) calcite in 

belemnites is located along the central axis and along two or three very thin, radially 

propagating cracks. The 0.6 M HC1 treatment described above deeply etched the calcite in 

these cracks, apparently because the high organic content of the belemnite calcite strongly 

inhibits dissolution relative to the inorganically precipitated diagenetic calcites. The 

samples were then crushed to < 30 mg pieces to expose as much crack-filling calcite as 

possible and then were placed in a 0.3 M HC1 ultrasonic bath. Additional drops of 6 M 

HC1 were added to larger samples to maintain a vigorous dissolution for at least 10 

minutes. This treatment should have preferentially removed as much of the inorganically 

precipitated, crack-filling secondary calcite as possible and left behind pure belemnite 

calcite. In oysters the secondary calcite is most likely to be concentrated between the 

parallel laminae of the shell structure and in any cracks formed during compaction of the 

sediments. This two-step acid-dissolution treatment is probably less effective for oysters 

because oyster calcite dissolves approximately as rapidly as does any diagenetic calcite. 

However, the crushing and acid treatment should still have removed a significant 

proportion of any secondary calcite present.

60 mg of sample were then accurately weighed out and dissolved in 4 ml of 2.5 M
•

HC1. 1 ml was loaded onto standard ion exchange columns for the Sr separation while the 

remaining 3 ml were analysed for Fe and Mn using atomic adsorption spectrophotometry in 

flame mode. The Sr was loaded in water and 0.25 M H3PO4 onto a single Ta filament and 

analysed on a VG Isomass 54E single collector thermal ionisation mass spectrometer. 

Blanks for the whole procedure were less than 1 ng Sr (compared to -15,000 ng loaded on 

the columns) and all results were normalised to an 86Sr/88Sr ratio of 0.1194. The very low 

Rb/Sr ratios found in belemnites (Fischer and Gygi, 1989) and other low-Mg calcite
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material (DePaolo and Ingram, 1985; Hess et al, 1986; DePaolo, 1986; Capo and 

DePaolo, 1990) result in negligible corrections to the measured ^Sr/^Sr ratio due to the 

decay of ̂ Rb to ^Sr over the past 200 Ma.

The stable isotopes of carbon and oxygen were measured on samples prepared as 

above and then crushed, treated with 5% H2O2 and acetone to remove organic matter, and 

oven-dried at 60°C for 30 minutes. Turrets of 36 samples and 8 standards were analysed 

under computer control on a VG Isogas Prism using a common acid bath of anhydrous 

orthophosphoric acid held at 90°C. The results were calibrated to the PDB standard and 

expressed in the conventional d 13C and d 18O notation using internal laboratory standards 

and the Carrara Marble standard. Analytical precision for the Prism was always better than 

0.1 %c (1 standard deviation) for d13C and d 18O based on 8 daily analyses of the Carrara 

Marble. The use of a common acid bath always carries the risk of a "memory effect". 

However, because most samples yielded fairly similar d' 3C and d 18O values, this would 

not generally present a significant source of error. Replicate analyses of samples yielding 

extreme values along with the following two or three samples generally confirmed the 

original analysis, suggesting that the memory effect was minimal in all cases. The 

application of Fe, Mn, d 13C, and d 18O as tracers of diagenesis is discussed in Chapter 3. 

2.3 Analytical Error

The analytical reproducibility of the Oxford VG Isomass 54E has recently been
•

significantly improved due to the installation of a Schlumberger Solartron 7150+ digital 

multimeter and a Keithley 642 remote head electrometer. This new hardware has greatly 

reduced the electronic corrections ('tau corrections') associated with the decay of the 

electronic signal in the remote head resistor, improved the analytical reproducibility by 

housing the remote electrometer in a stable microenvironment, and improved the linearity of 

the electronic response such that a l»10" n A and an 8»10" n A beam give analytically 

identical ratios on a standard. Nearly all analyses were performed after the new hardware
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was installed in June 1990.

Machine performance was routinely monitored by running 2 standards in every 

turret load of 14 samples. The Oxford Age and Isotope Research Laboratory has 

traditionally run only the Eimer and Amend SrCO, standard. However, this standard is no 

longer commercially available and more recently established labs run only the NBS SRM 

987 standard. To facilitate comparison between older and newer data sets I have 

consistently analysed both the Eimer and Amend and NBS 987 standards in the same 

turrets. The weighted average (weighted by analytical errors using the IBM-compatible 

program I so plot 2.11 written by Ludwig (1990)) of 34 analyses of the 

E & A standard is 0.708028 with a 95% confidence interval of ± 5 in the 6th decimal place 

(Figure 2. la). The weighted average of 26 analyses of NBS 987 is 0.710254 ± 6 (Figure 

2. Ib). Eight samples of modern marine shell material from Britain and the Queen Charlotte 

Islands (W. Canada) were also analysed, but unfortunately the samples did not run well 

and gave relatively scattered results (Fig. 2.2). The weighted average for modern seawater 

is 0.709189 ± 22. These figures represent the best-estimates of the true values of each 

standard as measured in the Oxford Age and Isotope Research Laboratory.

An estimate of the analytical reproducibility of the VG 54E over the course of this 

study is provided by the variation of the repeated measurements of the E & A and NBS 987 

standards. Excluding two results that lie well outside of a 95% confidence interval (Isoplot
•

2.11), the analytical reproducibility (= 'external population errors' of Fig. 2.1) is better 

than ± 25 in the 6th decimal place for the E & A and NBS 987 standards. This compares 

favourably with other recent studies (Hodell etal., 1989, 1990, 1991; Miller etal., 1988, 

1990).
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external population error = .000023 (.0032$) 
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Figure 2.1 Weighted average (according to errors) of 34 analyses of the Eimer and 
Amend standard (top) and 26 analyses of the NBS 987 standard (bottom) calculated using 
Ludwig (1990). Shaded boxes represent outliers rejected as being beyond the 95% 
confidence interval.
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Robust (Biweightl9) 'Average 1 .709189 t .000022
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[Gaussian j

Figure 2.2 Weighted average of 8 samples of modem marine shell material collected 
from Britain and the Queen Charlotte Islands (western Canada)._______________

Possible systematic offsets of data restricted to a given turret load were monitored 

by measuring the E & A standard at the beginning and end of each turret run (using the 

same filament) and the NBS 987 standard at the middle of each run, and by loading 

samples of a variety of different ages into each turret. The E & A standard was analysed 

twice to minimise the possibility of one analysis being unrepresentative of the whole turret. 

The advantage of loading samples of a variety of ages together in the same turret is that 

when the results from all turrets are plotted together on the Sr-isotope curve, each sample 

from a given turret is surrounded by samples from a variety of other turrets. Thus, if most 

turrets give reproducible results while only a few show systematic offsets, these offset data 

should plot systematically above or below the main trend of the Sr-isotope curve.

As indicated in Figure 2.1, most turrets give results for the standards that are
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analytically indistinguishable from one another. Accordingly, most of the data forming the 

Sr-isotope curve show no systematic, turret-by-turret offsets relative to the main trend of 

the data. However, it turns out that the data from a number of turrets are systematically 

offset (usually higher) than the rest of the data, and that this offset is accurately recorded by 

measurement of the E & A standard. As a result, it is possible to correct for these offsets 

by normalising the data in each turret according to the value of the E & A standard 

measured in that turret. Although one could apply a normalisation only to those data that 

show an obvious offset or to those turrets whose standards are offset by a certain amount 

relative to the mean value, it turns out that any line drawn to distinguish between those 

turrets that should or should not be normalised would be quite arbitrary and thus that it is 

most consistent to normalise the data of every turret according to the value of E & A 

measured in that turret. The effect of this normalisation on each turret relative to the whole 

data set was systematically monitored with the following results: 1) In no case does the 

normalisation result in a new, unwanted offset. 2) As expected, the relative positioning of 

the data from most turrets is little changed by the normalisation. 3) All obvious systematic 

offsets were corrected by the normalisation. A comparison of the unnormalised and 

normalised Lower Jurassic data (Fig. 2.3) shows that the overall effect of the normalisation 

is relatively small. It is only in the finest structure of the curve that the normalisation 

increases the resolution of the curve. The causes behind the offsets of a few turrets are not
•

known, but they may involve the considerable temperature and humidity variations 

encountered in the lab during the course of this study or the problems encountered with 

maintaining a good vacuum pressure in the mass spectrometer.

Figures 2.4 and 2.5 compare the reproducibility of 46 replicate analyses before and 

after the turret-by-turret normalisation. In the unnormalised data set one turret was 

normalised from an extreme E & A of 0.708091 to an E & A of 0.708028 to avoid making
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Figure 2.3 Comparison between unnormalised (top) and normalised (bottom) data from 
the Lower Jurassic of Great Britain. Time axis is in ammonite subzone units counting up 
from the basal Jurassic. Crosses represent samples with no evidence of diagenesis and 
diamonds represent samples suspected of diagenetic alteration based on their iron content 
(see Chapter 3).
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Figure 2.4 Comparison of 23 replicate analyses plotted relative to their weighted means 
and normalised to unity (= horizontal line). Shading differentiates adjacent sample pairs. 
Upper diagram shows unnormalised data; lower diagram shows the turret-by-turret 
normalised data.
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the unnormalised data look unnecessarily bad. Among the normalised data there are three 

turrets with failed or poorly run E & A standards; in these cases normalisations compatible 

with measurements from the previous turret were applied. In Figures 2.4 and 2.5 each pair 

of replicate analyses is plotted relative to the weighted average (weighted according to the 

number of individual ratios measured for each analysis) and arithmetically normalised to 

unity. This allows all replicates to be displayed on the same ordinate while still preserving 

their original variability. The unnormalised data (Fig. 2.4a and 2.5a) include 5 replicates 

with non-overlapping error bars and 11 whose error bars do not include the weighted 

average (the horizonal line at unity). By contrast, all error bars of the normalised replicates 

overlap (Fig. 2.4b and 2.5b), and only 2 do not overlap with their weighted averages. The 

overall improved reproducibility of the normalised replicates is reflected in better values for 

the M.S.W.D. (mean square of the weighted deviates) and for the probability of the data 

scatter being due to analytical error alone. The M.S.W.D. and probability, as calculated by 

Isoplot (Ludwig, 1990), are measures of the ability of the analytically determined error bars 

to explain the observed scatter in the data. An M.S.W.D. of unity indicates a perfect match 

between the observed scatter and the size of the error bars. If the M.S.W.D. is greater than 

unity, then some of the scatter is not accounted for by the error bars; an M.S.W.D. of less 

than unity indicates that the error bars are too generous relative to the observed scatter. The 

probability is a measure of the likelihood that the analytical error alone explains the
•

observed scatter. A probability of zero indicates that such an explanation is very unlikely. 

In both Figures 2.4 and 2.5 the M.S.W.D. and probability values indicate better results for 

the turret-by-turret normalised data.

A similar conclusion is reached when comparing the data obtained from replicate 

analyses of a suite of 12 different belemnites collected from a single bedding plane (Fig. 

2.6; discussed in more detail in Chapter 4). Again, comparison of replicate analyses shows 

a higher degree of consistency in the normalised data set. Moreover, while the
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unnormalised replicate data appear more or less to scatter randomly about the mean, the 

normalised data seem to indicate that there is a consistent variability between samples.

In total there are 58 replicate analyses. Of these, 100% of the normalised replicates 

plot within their 2o error bars (-95% confidence interval) and 97% (56 out of 58) plot in 

range of their weighted averages. Of the unnormalised data, 88% (51/58) plot within their 

error bars and 76% (44/58) plot with range of their weighted average. Thus, in 

conclusion, the consistently applied turret-by-turret normalisation has both qualitatively 

(Fig. 2.3) and quantitatively improved the quality of this data set without introducing any 

unwanted artifacts. In future studies it may also be useful to adopt such a normalisation 

procedure, but in each case the efficacy of the normalisation must be carefully evaluated. 

All data presented in this thesis are normalised to E & A = 0.708000.
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Figure 2.6 Comparison between unnormalised (top) and normalised (bottom) replicate 
analyses of 12 belemnites from a single bedding plane within Lang's Bed 115. Shading 
differentiates adjacent samples.
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Chapter 3: Diagenesis 

3.1 Introduction

Any attempt to reconstruct the history of a geochemical tracer in seawater is 

bedeviled by the possibility of contamination from diagenetic and non-carbonate phases. In 

this study such contamination is minimised by using only well-preserved belemnites and 

oysters that have been physically separated from their matrix and put through the double 

partial dissolution technique described earlier. However, despite careful sample 

preparation and all visual appearances of good preservation, it is still possible for samples 

to contain significant amounts of diagenetic calcite (e.g., Stevens and Clayton, 1971). It is 

therefore useful to develop a set of geochemical tracers that monitors the diagenesis of the 

Sr-isotopic signal in calcitic macrofossils.

Attempts to reconstruct the history of seawater Sr isotopes using land-based 

outcrops commonly use, implicitly or explicitly, the Sr isotopes themselves as the primary 

indicator of diagenesis (e.g., Veizer and Compston, 1974; Burke et al., 1982; Derry and 

Jacobsen, 1988; Derry et al., 1989). Because of the long residence time of Sr in seawater, 

the seawater Sr-isotope curve is expected to be relatively smooth, with no sudden spikes. 

Therefore, any points that deviate significantly from the main trend of the data set are taken 

as diagenetically altered. In the case of material from land-based outcrops, it is generally 

expected that diagenetic carbonates yield higher ^Sr/^Sr ratios than their precursor phases
•

due to the incorporation of radiogenic ^Sr from the breakdown of high Rb/Sr detrital 

silicate minerals (Moore, 1989).

Both meteoric fluids and in situ alteration of detrital minerals tend to contribute 

radiogenic Sr to a diagenetic system. The predominance of radiogenic ^Sr in meteoric 

fluids is perhaps best illustrated by the fact that 93% of the measured global river runoff, 

along with many subsurface waters, have higher ^Sr/^Sr ratios than modern or palaeo- 

seawaters (Palmer and Edmond, 1989; Doe et al., 1966; Burtner, 1987; Emery et al., 1987;
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Moore, 1989; Veizer, 1989). Because of their high Rb/Sr ratios, the breakdown and 

recrystallisation of small amounts of clay minerals and other detrital silicate phases can 

release large amounts of ^Sr into a diagenetic system. For example, Banner et al. ( 1988) 

calculate that homogenisation of 4% glauconite (present-day 230 ppm Rb, 5.5 ppm Sr, 

"Sr/^Sr = 1.3329) with 96% dolomite (1 ppm Rb, 110 ppm Sr, ^Sr/^Sr = 0.7080) 

results in a whole-rock ^Sr/^Sr of 0.7092. It is thus not surprising that Burke et al. 

(1982) find that eliminating data from bulk-rock samples containing more than 10% 

insoluble residue significantly reduces the scatter in their seawater Sr-isotope curve. The 

exceptions to the general rule are those sedimentary sequences that either contain 

volcanogenic sediments or were recrystallised by meteoric fluids weathering a volcanic 

terrane. Diagenetic alteration of carbonates in these situations should lower the final 

Sr-isotope ratio.

The predominance of situations in which diagenesis increases a carbonate ^Sr/^Sr 

ratio is best illustrated by the superposition of the data of the present study over the large, 

globally extensive data set of Koepnick et al. (1985, 1990) (Fig. 3.1). In their original 

work, Burke et al. ( 1982) note that their data tend to cluster at the lower range of the scatter 

and to "smear" up towards more radiogenic values due to variable diagenetic alteration of 

the samples. They use this observation to justify drawing their "best-estimate" curve along 

the lower limits of their data set. The data from the present study confirm this interpretation
•

by tightly defining a curve that closely follows the minimum ranges of the Koepnick et al. 

data. The only exceptions plotting significantly below this curve are a few in the Early 

Jurassic, which come from a volcanic terrane characterised by nonradiogenic (low ^Sr/^Sr 

ratios) surface waters, and a few in the Late Jurassic, which, like most of the Jurassic 

samples of Koepnick et al. (1990), are dated only to the stage and therefore may be 

somewhat misplotted on the time axis.
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JS99 /JS,

Figure 3.1 Comparison between the bulk-rock carbonate data of Koepmck et al. (1985, 
1990) and the calcitic macrofossil data collected in this study. All data converted to the time 
scale of Harland et al. (1990) and normalised to NBS 987 = 0.710230.
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Thus, given a sufficiently dense data set, it is probably a valid, albeit intellectually 

unsatisfying exercise to form a best-estimate curve based on the trend of the main body of 

the data and ignoring the "fliers". Sufficient knowledge of the geological setting of the 

samples should further allow one to predict over which intervals diagenesis should result in 

higher or lower isotopic ratios. However, in a general application of Sr-isotope 

stratigraphy one may wish to date, for example, a suite of 10 samples from well cuttings or 

a borehole. Given the lack of strati graphic context and low sample density, it is impossible 

to assess realistically the quality of the Sr-isotope results based on the Sr-isotope data 

alone. It is thus essential to develop independent criteria to evaluate the diagenetic alteration 

of Sr isotopes in carbonates. 

3.2 Tracers of Diagenesis

The choice of tracers selected for this study (Fe, Mn, d' 3C, d 18O) is heavily 

influenced by the discussion of Veizer (1983) so we begin with a summary of his 

reasoning. Marine organisms precipitate CaCO3 as either high-Mg calcite (HMC), 

aragonite, or low-Mg calcite (LMC). HMC and aragonite are thermodynamically stable in 

seawater while LMC tends to be stable in most terrestrial weathering environments. In this 

study we are primarily concerned with LMC because it is the primary mineralogy of oysters 

and belemnite rostra (Milliman, 1974; Veizer, 1974; Saelen, 1989).

In simple terms the trace element composition of a given calcite is governed by the
• 

composition of the primary fluid and the magnitude of the distribution coefficient Dx for

each element X. Dx is defined by

(mx/m Ca ) LMc - D^mx/nicJnuid,

where m x and m^ are the molar concentrations of element X and Ca in the solid (LMC) and 

fluid phases. While this equation is strictly valid only for ideal solutions in complete 

equilibrium and with no concentration gradients in either the solid or fluid phases, it 

illustrates that as a first approximation the trace element composition of a calcite is
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determined by the molar abundance of element X relative to Ca in the fluid, and not, for 

example, by the salinity of the fluid. The magnitude of Dx , ideally determined under a wide 

variety of experimental conditions, allows us to predict whether a given element is likely to 

be relatively enriched or depleted in the solid phase. If Dx < 1 then element X is selectively 

excluded from the calcite structure while if Dx > 1 then element X is selectively 

incorporated into the calcite structure. Table 3.1 summarises the distribution coefficients of 

a number of elements:

Table 3.1: Distribution Coefficients for Selected Elements (Veizer, 1983)

Element D< 1 Element D> 1 
Sr 0.13 D.P. Mn 6 D.P.

0.05 A -»dLMC, 15 A ^dLMC, 
HMC -*dLMC HMC ^dLMC

0.03 LMC ^dLMC 30 LMC ->dLMC
Na 2-3 * lO'5 Fe 1 < X < 20
Mg 0.006-0.013 Cu 25
Ba 0.1 0.4 Co 2-5
(UO2)2+ <0.02 Zn 5-20

Cd 8-30

D.P. = direct precipitation; A = aragonite; HMC = high magnesium calcite;
LMC = low magnesium calcite; dLMC = diagenetic LMC__________________

The trace element composition of a primary marine calcite is hence determined by 

the composition of seawater, the magnitude of Dx for each element, and any biological 

fractionation imposed during precipitation. Biogenic calcites are thus generally 

characterised by low («1000 ppm) concentrations of Fe, Mn, Zn, Co, Cd, Cu, Ba, and 

UO2 and high (»1000 ppm) concentrations of Mg, Sr, and Na (Milliman, 1974; Veizer, 

1983). The choice of elements used to monitor diagenesis depends on the relative 

difference in the molar ratios between seawater and the probable diagenetic fluids, the 

magnitude of Dx , and the absolute concentration of the elements of interest relative to 

available analytical capabilities. In this study Mn and Fe were selected due to the probable
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large differences between the molar metal/Ca ratios of oxygenated seawater and the 

reducing diagenetic fluids expected in organic-rich sedimentary sequences, the large 

observed difference in Mn and Fe concentrations between primary belemnite and bulk-rock 

LMC (Veizer, 1974), the relatively large distribution coefficients of Mn (DMn = 3 to 22) and 

Fe (Dpe ~ 1.5 to 7.7) (Dromgoole and Walter, 1990), and the ease and accuracy of analysis 

using atomic absorption spectrophotometry. In the following sections the expected 

prevalence of Mn2+ and Fe2+ in diagenetic fluids is demonstrated for a variety of burial and 

meteoric diagenetic environments. The discussion is focused on diagenesis in mudrocks 

because diagenesis in this setting appears to be well-understood and because mudrocks are 

the dominant lithology of many sections sampled in this study. 

3.2.1 Behaviour of Mn and Fe during Diagenesis

During burial of fine-grained, relatively organic-rich sediments, a series of 

geochemical reactions governs the breakdown of organic matter and modifies the chemistry 

of the porewaters and sediments. Early diagenesis is catalyzed by the bacterial degradation 

(oxidation) of organic matter, which proceeds by a series of reactions acting sequentially 

according to a decreasing yield of free energy (Irwin et a/., 1977; Froelich et a/., 1979; 

Bemer, 198 la):

1. CH2O + O2 —> CO2 + H2O (Oxic diagenesis)

2. 5CH2O + 4NCV -> 2N + 4HCO2 + CO2 + 3H2O (Nitrate reduction)
•

3. CH2O + 3CG>2 + H2O + 2MnO2 —> 2Mn2+ + 4HCCV (Mn4"- reduction)

4. CH2O + 7CO2 + 4Fe(OH)3 -> 4Fe2+ + 8HCCV + 3H2O (Fe3+ reduction)

5. 2CH2O + SO42' —> H2S + 2HCCV (Sulphate reduction)

6. 2CH2O — > CHt + CO2 (Fermentation or methanogenesis)

7. RCO2H — > RH + CO2 (Abiotic decarboxylation)

Consideration of these reactions is particularly appropriate in this study because not only 

are many of the sequences sampled in this study made up of relatively organic-rich,
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fine-grained sediments (i.e. much of the British Lower Jurassic, Callovian, Kimmeridgian, 

and Lower Cretaceous), but there is also evidence for many of these processes found 

fossilised within these sequences (Irwin et al., 1977; Irwin, 1980; Raiswell, 1976, 1988; 

Fischer, 1986; Bottrell and Raiswell, 1989; Scotchman, 1991).

While the first four reactions occur only within the first few tens to hundreds of 

centimetres below the sediment/water interface (Froelich et al., 1979; S0rensen and 

J0rgensen, 1987), sulphate reduction occurs down to a depth of about 10 - 20 m (Coleman 

and Raiswell, 1981; Claypool and Threlkeld, 1983), fermentation occurs down to a depth 

of 0.5 - 1 km, and decarboxylation occurs down to perhaps 2.5 km (Curtis, 1977). The 

positioning of the actual boundaries between diagenetic zones depends on such factors as 

sedimentation rates, organic matter content, and geothermal gradients. While very small 

amounts of carbonate can precipitate during the reduction of Mn and Fe oxides (Froelich et 

al., 1979), it is sulphate reduction and methanogenesis (fermentation) that allow significant 

volumes of carbonate to precipitate (Curtis, 1977; Claypool and Threlkeld, 1983; Curtis 

and Coleman, 1985; Raiswell, 1988; Irwin et al., 1977; Irwin, 1980; Matsumoto, 1983).

Diagenetic carbonate precipitated during the zone of sulphate reduction is expected 

to be low in Mn and Fe because the production of H2S results in the rapid precipitation of 

pyrite and presumably alabandite (Berner, 1981b; Berner, 1984; Scotchman, 1991). In 

their examination of sulphate reduction in sediments Leslie et al. ( 1990) find that below an
•

initial maximum, the down-core Fe2+ concentrations asymptotically approach the lower 

detection limit of 1 pM. Even this value represents significantly more Fe2+ than is found in 

seawater (Holland, 1978) and, assuming a seawater concentration of 10.2 mM Ca and the 

range of DFe reported by Dromgoole and Walter (1990), can result in a diagenetic calcite 

containing at most 80 - 200 ppm Fe. After sulphate reduction ends and methanogenesis 

begins, Fe2+ begins to accumulate in the pore waters and eventually reaches concentrations 

sufficient to precipitate ferroan calcite, ankerite, and even siderite (Curtis, 1977;
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Matsumoto, 1983; Irwin et a/., 1977; Irwin, 1980). Limited data also suggest elevated 

Mn2+ levels during methanogenesis (Matsumoto, 1983; Scotchman, 1991). At greater 

depths, where diagenetic zones ranging from decarboxylation to low-grade metamorphism 

occur, pore waters should continue to be reducing and relatively rich in Mn2+ and Fe2+ . 

For example, Moore (1989) reports Mn and Fe concentrations in the subsurface brines of 

the Jurassic Smackover Formation of the U.S. Gulf Coast as 550 /<M and 700 }*M, 

respectively. Calcite cements apparently precipitating from these fluids contain 

approximately 500 ppm Mn and 2000 ppm Fe.

Diagenesis involving meteoric fluids can include a diverse array of geochemical 

situations. Of particular relevance to this study is whether or not the fluids are reducing, 

and hence can support dissolved Mn2+ and Fe2+, or oxidising and hence unable to mobilise 

Mn and Fe. The oxygen content of meteoric fluids depends on the composition of the host 

rocks and the amount of time spent isolated from the atmosphere below the water table. In 

soils penetrated by roots, soil gases tend to be quite enriched in CO2 but depleted in O2 

(Holland, 1978; Eriksson, 1985). Within the root zone a given packet of water can 

equilibrate with soil gases, but once this water has seeped below the water table, it is 

effectively in a closed system with respect to CO2 and C«2 (Eriksson, 1985). The 

combination of the oxidation of pyrite and organic matter in the British Mesozoic mudrocks 

plus the long residence time in these relatively impermeable formations makes reducing
•

conditions quite likely. In the oolitic and sandy units, however, meteoric fluids are more 

likely to remain oxidising due to the lack of readily oxidisable material and the higher fluid 

flow rates through these more permeable units. Thus it is likely that any diagenesis that 

occurs between the root zone and the water table in a typical Cotswold quarry occurs under 

relatively oxidising conditions. Only if diagenesis occurs within a system of regionally 

extensive groundwaters (on the scale of a few kilometres) will these fluids tend to be 

reducing enough to support dissolved Mn2+ and Fe2+ (Eriksson, 1985; Moore, 1989).
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Surface weathering at the outcrop is a special case of meteoric diagenesis. 

Weathering crusts are ubiquitous features at all but the most freshly exposed mudrock 

outcrops and, upon visual examination, appear to range in thickness from a few centimetres 

on the vertical, fresh exposures of Dorset's Belemnite Marls to a few tens of centimetres on 

the slumped mudstones of the Gault near Folkstone in Kent. Rainwater soaking into a 

mudrock by capillary action is corrosive because it is oxidising and undersaturated with 

respect to CaCO3 . As it soaks in, dissolution of CaCQ3 brings the solution to saturation 

with calcite and the oxygen begins to react with the pyrite to form sulphuric acid, which in 

turn attacks carbonates and silicates (Berner and Bemer, 1987). Because large quantities of 

oxygen are required to complete pyrite oxidation,

19/4 02(aq) + FeS2 -> 1/2 Fe2O3 + 2 SO4(aq) ,

it is likely that beyond some depth in the outcrop the shortage of O2 allows dissolved Fe2+ 

to persist. During drier weather the water evaporates and gypsum and carbonate 

precipitate. Frequent repetition of this cycle results in a surface crust leached of all 

rainwater-soluble minerals overlying a deeper volume of rock that has undergone a variable 

degree of alteration. Visual examination of pyrite-rich horizons in the field provides ample 

evidence for these weathering reactions in the form of abundant Fe oxyhydroxides ('rust'), 

elemental sulphur ('yellow bands'), and gypsum (selenite). Calcite precipitated under these 

conditions is expected to be Fe-rich, due the proximity of dissolving pyrite, and variably
•

Mn-rich, depending on the amount of Mn locally available.

In summary, it appears that in many diagenetic environments, especially those 

dominated by mudrocks, Mn2+ and Fe2+ should commonly occur in sufficient quantities 

relative to Ca to enable high levels of Mn2+ and Fe2+ in calcite to be used as a fingerprint for 

diagenesis. In oolites and sandstones, however, elevated levels of Mn2+ and Fe2+ are not 

guaranteed, and it remains to be determined whether or not the conclusions based on the 

mudrock samples apply to other geological circumstances as well. Because further
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information regarding the specific environment of diagenesis may be obtainable through the 

analysis of calcite d 13C and d 18O values, a discussion of carbon and oxygen isotope 

systematics during diagenesis follows. 

3.2.2 Behaviour of 613C and S18O during Diagenesis

In contrast to the relatively consistent response of Sr isotopes and Mn and Fe 

concentrations to diagenesis, the stable isotopes of carbon and oxygen display variable and 

distinctive behaviour depending on the specific environment of alteration. An important 

parameter in stable isotope diagenesis is the ratio of carbon or oxygen initially contained in 

the fluid to that obtained from rock dissolution (Veizer, 1983; Lohmann, 1988). Carbon, in 

the form of bicarbonate, tends to be quite dilute in natural waters compared to the amounts 

of HCCV derived from carbonate dissolution or the breakdown of organic matter. Thus the 

response of d 13C to diagenesis is highly dependent on the nature of the host rocks and the 

organic matter degradation. Oxygen, by contrast, is obviously highly concentrated in water 

and, because water oxygen exchanges rapidly with HCO3 oxygen (Hendy, 1971), the 

isotopic composition of the fluid tends to determine the d 18O of the diagenetic calcite.

During burial diagenesis of mudrocks, the d 13C of pore waters, and hence of 

diagenetic calcites, is highly dependent on the breakdown of organic matter. During 

sulphate reduction the oxidation of organic matter and upwards-diffusing methane yields 

carbonate d 13C values as low as -20 to -35 %o (Irvvin et al., 1977; Curtis and Coleman,
•

1986; Raiswell, 1988). Methanogenesis (fermentation) converts organic matter into 

methane and carbon dioxide. Because the methane is isotopically very light (-60 to -75 

%o), the residual CO2 is relatively heavy and yields calcite d 13C values of +10 to +15 %o 

(Irwin et al., 1977; Claypool and Threlkeld, 1983). Once decarboxylation begins to take 

over, porewater d 13C begins to decrease (Irwin et al., 1977) and eventually reaches 

approximately -20 %o (Curtis and Coleman, 1986). During sulphate reduction oxygen 

become increasingly isotopically lighter, apparently due to the input of oxygen derived
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from the reduction of SO4" (Coleman and Raiswell, 1981; Sass et al., 1991). During 

methanogenesis and decarboxylation the d18O values continue to decrease due to the 

increased temperatures associated with deeper burial. After some point the residual 18O 

begins to buffer and even reverse the trend towards lower 618O values (Moore, 1989).

Under meteoric conditions water entering the recharge area will have a d 13C of 

approximately -16 %o due to equilibration with soil gas (Lohmann, 1988). Because of the 

low initial concentration of carbon, the meteoric d'3C rapidly rises until it equilibrates with 

the host carbonates. Meanwhile the oxygen isotopes, dominated by the initial d 18O of the 

meteoric fluid (~ -6 to -8 %o PDB in Britain; Anderson and Arthur, 1983), tend to remain 

invariant until the system becomes highly rock-dominated (Lohmann, 1988). Thus the 

bulk of meteorically precipitated carbonates are likely to have d13C values only slightly 

lighter than the primary host rock carbonates but d18O values that are quite negative. The 

response of the stable isotopes to surface weathering of an outcrop is expected to be 

similar. Thus, in summary, d 18O is generally a much more sensitive indicator of meteoric 

diagenesis than is d13C whereas d'3C is a much more sensitive indicator of burial 

diagenesis in mudrocks that is 3 18O.

With this background discussion in place we can move on to consider the observed 

geochemistry of belemnites and oysters in an attempt to address the problem of calcite 

diagenesis as it affects Sr isotopes. The first step is to define the initial, primary
•

composition of the belemnites and oysters used in this study. Then we can examine the 

ability of the four tracers to predict which samples are most likely to be significantly altered 

with respect to the Sr isotope system. 

3.3 Results for Mn and Fe

The Mn and Fe data for all belemnites are displayed in the histograms of Figure 

3.2. The Mn data show a strong peak for samples containing between 5 and 15 ppm Mn 

followed by a rapid decrease in the number of individuals with higher levels of Mn. The
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Figure 3.2 Histograms showing the Mn (top) and Fe (bottom) data for all belemmtes 
collected in this study.



57

asymptotic tail is reached by 35 - 60 ppm. To get an impression of the generality of these 

results, Figure 3.3 compares Mn data for belemnites collected from the Dorset and 

Yorkshire sections. The Dorset data again show the large peak at 5 - 15 ppm Mn followed 

by a dramatic drop in the number of specimens with higher Mn levels. A reasonable cutoff 

between the main body of data and the asymptotic tail is 35 ppm. The Yorkshire data also 

show the significant 5-15 ppm peak, but the succeeding decline is more irregular as 

compared to the Dorset data. There is a secondary maximum at 45 - 60 ppm and possibly a 

third between 70 and 80 ppm. These maxima are largely due to Sinemurian/Pliensbachian 

samples from Robin Hood's Bay in Yorkshire. In the whole data set there are 3 samples 

with more than 150 ppm Mn (up to 516 ppm).

The Fe data for all belemnites (Fig. 3.2b) show a peak in the number of individuals 

containing between 25 and 60 ppm Fe followed by a step down to a secondary plateau for 

specimens containing 60 to 120 ppm Fe. The transition to the asymptotic tail occurs 

between 120 and 140 ppm. In Figure 3.4 the data from the Dorset and Yorkshire coasts 

are again compared. The Dorset data show the three divisions of the whole data set (25 - 

60 ppm; 60 - 120 ppm; > 120 ppm Fe) while the Yorkshire data show a smoother decline 

from a maximum at 25 - 40 ppm to a reasonable cutoff at 140 - 180 ppm. Four samples 

from the Dorset coast and three from the Yorkshire coast contain more than 400 ppm Fe 

(up to 1490 and 1875 ppm, respectively).

The oysters as a group tend to show significantly higher lex els of both Mn and Fe 

(Figure 3.5). The Mn data show a well-defined maximum in specimens containing 5 - 30 

ppm Mn followed by an irregular decline to an asymptotic cutoff at about 80 ppm. Two 

samples have more than 300 ppm Mn (up to 665 ppm). The Fe data show a broad 

maximum between 50 and 250 ppm followed by an irregular decline to an asymptotic 

cutoff of 350 ppm. Of the 7 samples that have more than 1000 ppm Fe (up to 3630 ppm), 

a large proportion are from the silty/sandy sediments of the Aptian of the Isle of Wight.
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Cross-plots of the Mn and Fe data (Fig. 3.6) show a general broad linear 

relationship for the bulk of the belemnite and oyster data. However, a significant number of 

particularly oyster samples show elevated Fe concentrations without correspondingly 

higher Mn concentrations. In part this is an artefact of the dissolution of the heavily 

pyritised oysters from the Upper Kimmeridgian of Dorset. These samples generally show 

quite low levels of Mn, but, because it was impossible to separate pyrite from the oyster 

calcite, significant quantities of partially decomposed pyrite undoubtedly dissolved during 

storage of the Mn and Fe sample aliquots. The elimination of these clear exceptions still 

leaves a number of samples with somewhat elevated Mn concentrations (> 40 ppm) that 

plots well to the right of the broadly linear relationship defined by the bulk of the data.

The prominent peak in the numbers of belemnites containing 5-15 ppm Mn (Figs. 

3.2 3.3) indicates that this range of values characterises relatively unaltered low-Mg 

belemnite calcite. The Fe histograms suggest a "best-estimate" range of 25 - 60 ppm for 

primary belemnite calcite, although concentrations up to 120 ppm are allowed by the data. 

Similarly, the oyster data suggest primary Mn levels between 5 and 30 ppm while Fe may 

range from 25 up to as high as 250 ppm. This range of values is compatible with the data 

of Milliman (1974), who reports on the order of 9 - 13 ppm Mn and 140 - 200 ppm Fe for 

LMC planktonic foraminifera and 11 78 ppm Mn and 12 170 ppm Fe for a variety of 

benthonic LMC macrofauna, and with the conclusions of Veizer (1974) regarding the
•

primary composition of German belemnites.

Maxima at low Mn and Fe concentrations followed by a rapidly decreasing number 

of samples with higher levels of Mn and Fe is consistent with the bulk of individuals 

retaining largely primary calcite while a minority contains variable but significant amounts 

of Mn- and Fe-rich diagenetic calcite. As discussed above, the precipitation of such calcite 

is expected from most major diagenetic environments associated with mudrocks. It is, 

however, also possible to interpret the elevated concentrations of these redox-sensitive
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elements as a primary signal indicative of low-oxygen palaeo-seawaters (e.g., Morrison 

and Brand, 1988; Morrison and Veizer, 1990). In order to distinguish between these two 

interpretations it is necessary to highlight any temporal and regional patterns that might 

characterise a palaeo-seawater signal by plotting the whole Mn and Fe data set as a function 

of time and place. Because elevated Mn and Fe concentrations are expected from both 

diagenesis and low-oxygen seawaters, the apparent Mn maxima in the 

Sinemurian-Pliensbachian and Oxfordian cannot be uniquely interpreted. Because the 

minimum Mn and Fe concentrations at any given time and place probably represent the best- 

preserved material available, it is these minimum Mn and Fe levels that would be best 

interpreted in terms of a regional palaeoceanographic signal.

From Figure 3.7 it is clear that throughout the time interval studied there are fairly 

constant minimum baselines for Mn at about 5-10 ppm and Fe at about 25 ppm. The 

Oxfordian, Aptian, and Yorkshire Pliensbachian contain significant numbers of fossils 

containing elevated metal concentrations and might therefore be interpreted as times 

characterised by low palaeo-oxygen levels. However, a consideration of the data of Figure 

3.7 in their sedimentological and palaeotological context leads to a firm rejection of such a 

hypothesis. For example, a text-book example of sediments deposited under low-oxygen 

conditions is provided by the organic-rich clays and markedly reduced benthonic 

macrofaunal diversity of the Kimmeridge Clay Formation (Oschmann, 1988; Wignall,
»

1990). Even if the oysters of the Kimmeridge Clay had lived during a moment in which 

the bottom waters were temporarily relatively oxidising, it is likely that the porewaters 

escaping from the compacting sediments would have been relatively Mn-rich and therefore 

would have kept the oysters bathed in Mn-rich waters. However, despite this strong 

evidence for low-oxygen conditions, the Kimmeridge Clay oysters show Mn levels that are 

as low or lower than the minimum levels found in belemnites (Fig. 3.7).
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By contrast, the majority of Oxfordian and Aptian oysters collected in this study 

lived on silty sands and oolites deposited in relatively shallow waters that probably were 

well-oxygenated. The concentration of dissolved Mn and Fe in and around these sediments 

as they were deposited should therefore have been greatly reduced as compared to the 

Kimmeridge Clay. Nevertheless, the Oxfordian and Aptian oysters show highly elevated 

minimum Mn and Fe concentrations. Because the minimum Mn and Fe levels do not 

correspond to their expected trends based on sedimentological and palaeontological 

indicators of palaeo-seawater oxygen levels, it is concluded that elevated Mn and Fe 

concentrations are a result of diagenesis. Thus it appears that the oysters of the 

oolitic/sandy sediments of the Oxfordian and Aptian are generally more altered than those 

oysters collected from the organic-rich mudstones of the Kimmeridge Clay. This is 

consistent with the higher expected permeabilities of the coarser shallow-water sediments.

An expanded view of the Lower Jurassic (Fig. 3.8) shows that whereas most Mn 

and Fe data define generally low baselines consistent with the rest of the data set, the 

Yorkshire Sinemurian and Pliensbachian data show consistently higher minimum values. 

It is not until the Toarcian that these baselines drop down to the normal levels. The 

remarkable similarity and consistency of the Mn and Fe signals seem to suggest some sort 

of primary variation. Again, these data provide no support for an interpretation involving 

palaeo-oxygen levels. During the lower Toarcian, globally extensive anoxic waters 

allowed the deposition of black shales in Yorkshire and around the world (Jenkyns, 1988). 

Elevated Mn concentrations in the water column are attested to by the synchronous 

deposition of regionally extensive, economically viable Mn-carbonates in Central Europe 

(Jenkyns et al, 1991). Although the present writer considers it highly unlikely that the 

free-swimming, predatory belemnites would venture into low-oxygen waters, it is the 

contention of Morrison and Veizer (1990) that they did in fact inhabit low-oxygen
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(Mn-rich), even brackish waters. If belemnites had been living in the low-oxygen, Mn-rich 

waters of the Yorkshire lower Toarcian, it is possible that they would have recorded these 

elevated Mn levels. Instead, the data of the Yorkshire Toarcian mark this time as the return 

to low Mn concentrations in belemnites. Thus it appears that neither belemnites nor oysters 

record the oxygen levels of palaeoseawater and diagenesis therefore remains the simplest 

interpretation of elevated Mn and Fe concentrations in calcitic macrofossils.

The explanation of the consistently higher minimum Mn and Fe concentrations in 

the Yorkshire Sinemurian and Pliensbachian is not clear. It may have to do with these 

sediments having been deposited nearer to the North Sea deltaic systems (Pienkowski, 

1991; Richards, 1991) as compared to Dorset. The rivers feeding these deltas with their 

loads of freshly weathered sediments could act as a source of Mn and Fe oxyhydroxides to 

local seawater (Carroll, 1958; Porrenga, 1967). Higher levels of Mn and Fe could be 

incorporated into a belemnite rostrum either because belemnites living near such a source 

could consume these oxyhydroxides simply by living in these waters, or because higher 

levels of Mn and Fe oxyhydroxides in sediments could yield consistently higher levels of 

pore water Mn2"1" and Fe2+ that could then find their way into the rostrum during the earliest 

stages of fossilisation. A third possibility is that the whole population of fossil material 

incorporated a remarkably consistent proportion of diagenetic calcite during the relatively 

intense diagenetic/low-grade hydrothermal event centred in the Sinemurian/Pliensbachian
•

strata of Robin Hood's Bay (Hemingway and Riddler, 1982). 

3.4 Results for d13C and 518O

The belemnite carbon isotope data (Fig. 3.9 a) show a bimodal distribution due to 

the superpositioning of the Dorset data, which show a main peak at about +0.5%c and a 

secondary peak at about +2%o, over the Yorkshire data, which show a single, 

well-developed peak at +2%c. The oyster d'3C data (Fig. 3.9 b) are on average shifted 

about l%c heavier than the belemnite data, with a peak at about 3%c. The Aptian oysters
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from the Isle of Wight contribute significantly to the > 3.5%o data. In both data sets the 

distributions centre around plausible marine values with few specimens yielding extreme 

values. One data point (-11%0) is omitted from the oyster diagram.

The belemnite oxygen isotope data are again bimodal (Fig. 3.10 a), but in this case 

it is the Yorkshire data set that has yielded the secondary hump at -3.5%o. Otherwise the 

data sets form a strong maximum centred at about -1%0 . The oyster data are again offset 

relative to the belemnite data (Fig. 3.10 b), but this time the oyster data are about \%o 

lighter than the belemnite data. The maximum is centred near -2%c. Again, both data sets 

are dominated by plausible marine values with few points deviating towards extreme 

values.

Because the bulk of the stable isotope data are closely clustered near normal marine 

values, it turns out that d13C and d 18O are not very useful for highlighting samples that have 

suffered alteration of their primary Sr-isotope ratios. Thus a full discussion of the stable 

isotope data, along with a more detailed consideration of belemnite and oyster diagenesis, 

will be left until Chapter 5. 

3.5 Aragonite Samples

Three samples whose original primary mineralogy was aragonite were sampled to 

determine whether or not aragonite is likely to be useful in Sr-isotope stratigraphy. In 

principle, the very high concentrations of Sr found in aragonite should effectively dilute
•

any Sr-isotope signal inherited during diagenesis. During small scale 

dissolution/reprecipitation, for example, the diagenetic pore waters should be swamped 

with primary marine Sr as the fossil is converted from aragonite containing some 1000 to 

5000 ppm Sr (Milliman, 1974) to an inorganically precipitated LMC containing a few 

hundred ppm Sr (Veizer, 1983). Of the three samples studied, one, BL38, is a bivalve that 

undoubtedly had transformed to diagenetic LMC. Unfortunately the sample was too small 

to obtain Mn and Fe data. The carbon and oxygen isotope data are consistent with minor
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diagenesis (Table 2.1), but are not remarkably extreme. The other two samples are what 

appear to be very well-preserved ammonite aragonite collected from organic-rich shales. 

These samples have retained their nacreous lustre and under the SEM show the tabular 

structure that characterises unaltered aragonite (e.g., Brand, 1991). Moreover, there is no 

trace element or stable isotope evidence to suggest diagenetic alteration of either sample. 

Sample "DonBay 246" appears to be generally better preserved under the SEM, although 

the sample is cut by diagenetic crack-filling calcites that formed when the ammonite was 

compacted. Every effort was made to avoid this diagenetic calcite during sample 

preparation, and the Mn and Fe data indicate no great contribution from such calcite (Table 

2.3). An X-ray diffraction (XRD) trace, however, proves that secondary calcite can make 

up a significant proportion of the sample (Fig. 3.11). Sample "Pearce's Pit 2" appears to 

be better preserved under a hand lens, although under the SEM the tabular structure is less 

clearly defined. An XRD trace shows no evidence of calcite (Fig. 3.11). In summary, the 

samples range between "altered" (BL38), "partially altered" (DonBay 246), and, at least by 

Brand's (1991) criteria, "unaltered" (Pearce's Pit 2). As will be shown below, all three 

aragonite samples plot well above their expected values on the Sr-isotope curve and thus 

appear to be altered. 

3.6 Using Trace Elements to Detect Diagenesis of Sr Isotopes

Having established that high calcite Fe and Mn concentrations are most probably
•

good indicators of the presence of diagenetic calcite, the approach adopted here is to 

empirically determine what levels of Fe and Mn usefully discriminate between the 

diagenetic outliers and the main body of the Sr-isotope data. This approach is clearly only 

semi-quantitative. Although we can measure the present-day composition of the fossil 

material, the composition of the diagenetic fluids is unknown, and it is easy to imagine 

situations in which diagenetic calcites precipitate from either a low-Fe fluid containing quite 

radiogenic Sr or an Fe-rich fluid containing nearly marine Sr. Because the Rhaetian to
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Bajocian interval has exceptionally dense data cover, this interval is considered first before 

moving on to the sparser data of the rest of the Jurassic and Lower Cretaceous. Although 

much of the Lower Jurassic comprises a relatively homogeneous collection of mudstones, 

marls, and impure limestones, some lithological diversity is introduced by the silty 

sandstones of the upper Pliensbachian and upper Toarcian and the silty oolites of the 

Aalenian and Bajocian.

In Figure 3.12a the Sr-isotope data are divided into eight categories: belemnites 

containing less than 150 ppm Fe, between 150 and 200 ppm Fe, and more than 200 ppm 

Fe; oysters containing less than 150 ppm Fe, between 150 and 200 ppm Fe, between 200 

and 300 ppm Fe, and more than 300 ppm Fe; and samples whose primary mineralogy is 

aragonite. Both aragonite samples (BL38 = "altered" and DonBay 246 = "partially 

altered") and most samples containing more than 200 ppm Fe plot significantly above the 

main trend of the data. Taking the limit down to 150 ppm Fe includes all points 

conspicuously above the curve. Closer inspection of the data reveals a number of minor 

deviations that are not accounted for by the greater than 150 ppm limit. These may reflect 

real variations in the Sr-isotope curve or may be due to analytical error, alteration by 

Fe-poor fluids, or, particularly in the case of the Sinemurian data that scatter below the 

curve, mixing of samples of different ages on hiatus surfaces (see Chapter 4). Whereas 

there appears to be more scatter than can be accounted for by Fe-indicated diagenesis in the
•

oyster-dominated Hettangian, it generally appears that oysters have the same useful Fe cut­ 

off as belemnites. In general, therefore, Fe seems to be a useful indicator of diagenesis as 

it affects Sr isotopes in calcite. Of the two aragonite samples, it is curious that the clearly 

altered bivalve has plotted quite close to the rest of the data while the better-preserved 

ammonite sample, which is still largely aragonite, plots well off of the curve.
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For a sample of unknown age, it is helpful to have some indication of the 

probability of it preserving the primary 87Sr/86Sr ratio necessary to assign a correct 

stratigraphic age. Of the samples containing more than 200 ppm Fe, 12/21 (56%) 

significantly deviate from the curve. Of the 9 that do not deviate, a large proportion (5/9) 

come from a narrow interval near the highly condensed, pyritiferous Belemnite Bed 

(Lang's Bed 120c). Eliminating these samples as anomalous yields a perhaps more 

representative discrimination efficiency of 12/16 (75%). Of the samples containing 

between 150 and 200 ppm Fe, a similar percentage (10/14 = 71%) plot significantly above 

the curve. Thus, the results of this study suggest that if a belemnite or oyster of unknown 

age has less than 150 ppm Fe, it almost certainly retains a Sr-isotope signal not resolvably 

different from the primary value. If the Fe levels exceed 150 ppm, however, diagenetic 

alteration of the Sr-isotope signal is quite likely and great care must be taken when 

attempting to constrain the age of a sample.

In a similar fashion, the Sr-isotope data of Figure 3.12b are divided into eight 

categories based on their Mn contents: belemnites containing less than 50 ppm Mn, 

between 50 and 75 ppm Mn, and more than 75 ppm Mn; oysters containing less than 50 

ppm Mn, between 50 and 75 ppm Mn, between 75 and 100 ppm Mn, and more than 100 

ppm Mn; and samples made up of aragonite. In general Mn is not as efficient as Fe at 

highlighting diagenetically altered samples. Of the samples containing more than 75 ppm
•

Mn, 10/19 (53%) deviate significantly from the main Sr-isotope curve. Lowering the 

maximum allowable Mn content to 50 ppm highlights a few more deviations, but not all, 

and results in the highlighting of a large number of samples that do not deviate from the 

curve (8 altered out of 25 highlighted = 32%). Lowering the Mn limit further makes 

identification of diagenesis still less efficient. There are 3 "fliers" that do not contain more 

than 50 ppm Mn; these do nevertheless show somewhat elevated Mn levels of 27, 38, and 

49 ppm. In conclusion, Mn is not as effective as Fe at predicting which samples are likely
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to have resolvably altered ^Sr/^Sr ratios. However, Mn may still be useful in some cases 

in that low Mn concentrations (« 50 ppm) indicate a strong probability of a sample 

retaining its primary Sr-isotope signal.

It is worth noting that the good preservation of the material collected from the upper 

Toarcian sands and Aalenian-Bajocian oolites provides little opportunity to test the 

effectiveness of Fe and Mn in these sediments. In the upper Toarcian sands there is one 

sample (BWS 82) with elevated Fe concentrations, and it plots above the main trend of the 

data. The three preceding samples (BridportSnds6, DnClClyl and BWS 81) also plot 

somewhat above the flat Toarcian-Aalenian portion of the curve, and it is unclear whether 

they define a small feature in the late Toarcian Sr-isotope curve or have suffered a mild 

dose of oxic diagenesis.

In contrast to the relatively homogeneous Lower Jurassic, the rest of the Jurassic 

system and the overlying Lower Cretaceous is lithologically quite diverse, consisting of 

oolites, siltstones, sandstones, condensed phosphatic mudstones, organic-rich mudstones, 

and rather weathered mudstones. In addition, oysters are important over many intervals. 

From Figures 3.13a,b it is immediately apparent that several intervals are characterised by 

more scatter than can easily be accounted for by Fe- or Mn-indicated diagenesis. Although 

the scatter in the belemnite data of the Albian seems a bit excessive, the worst belemnite 

scatter is through the Callovian, Oxfordian, and lower Kimmeridgian. These data,
•

compiled from localities in Dorset, Oxfordshire, Yorkshire, and Scotland, show no Fe or 

Mn evidence for diagenesis and yet show such a high degree of scatter as to make their 

interpretation as a primary seawater signal extremely unlikely. The reasons for this scatter 

are not clear. The three oldest Callovian belemnite samples come from sandstones and thus 

may have suffered diagenesis under oxidising conditions that prohibited mobilisation of 

dissolved Fe2+. The two belemnite samples with the lowest 87Sr/86Sr ratios in the upper 

Callovian and lowest Kimmeridgian come from the Isle of Skye and thus may have
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suffered unusual diagenesis associated with the emplacement of the Tertiary flood basalts. 

The Bathonian to Callovian interval clearly requires more work and will be discussed in 

more detail in Chapter 4. The belemnite data of the Bajocian, lowest Bathonian, upper 

Kimmeridgian, and Ryazanian through Barremian behave much more consistently but 

because most samples appear to be well-preserved, they provide little opportunity to test 

further the applicability of Fe and Mn as tracers of Sr-isotope diagenesis in belemnites.

Much of the data of the Bathonian, Callovian, Oxfordian, Kimmeridgian, 

Portlandian, and Aptian come from oysters. While the few oysters containing less than 

150 ppm Fe do show Sr-isotope data consistent with adjacent trends, oysters with 150 - 

200 ppm Fe and 200 - 300 ppm Fe show no systematic deviations from the main trend of 

the data. Clear deviations from the Sr-isotope curve (Bathonian, Oxfordian) occur only 

when oyster Fe concentrations exceed 300 ppm, although it must be noted that similarly 

Fe-rich oysters from near the Oxfordian/Kimmeridgian boundary and in the Portlandian, 

Barremian, and Aptian still manage to plot along with the rest of the data. As mentioned 

earlier, the elevated Fe concentrations of the oysters of the Upper Kimmeridgian are 

attributable to pyrite dissolution during sample storage.

The low Mn concentrations (< 50 ppm) found in many of the oysters is more 

consistent with the generally good preservation indicated by the self-consistent Sr-isotope 

data (Fig. 3.13b). For example, the Mn concentrations in oysters from the Bathonian,
*

Oxfordian, and lower Kimmeridgian are frequently less than 50 ppm (generally ranging 

between 20 and 40 ppm Mn) and the Sr-isotope data seem to define a fairly regular trend, 

particularly in the Oxfordian. In the Upper Kimmeridgian the very low Mn concentrations 

suggest a high degree of preservation consistent with the fine Sr-isotope data. The greatest 

anomaly with respect to using Fe and Mn as indicators of diagenesis is in the Aptian. The 

Aptian oysters show very high concentrations of both Fe and Mn and thus indicate 

relatively intense diagenesis in the permeable silty sands found on the Isle of Wight.
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However, these samples nevertheless define a Sr-isotope curve that is both self-consistent 

and consistent with the minimum limits set by the larger data set of Koepnick et al. ( 1985, 

1990; see Fig. 3.1).

Fe appears to be less effective in detecting diagenesis in oysters. Many of the 

Oxfordian and Aptian oysters come from sediments dominated by terrigenous siliciclastics 

such that diagenesis should clearly raise the Sr-isotope ratios. To combine high Fe 

concentrations with relatively unaltered Sr-isotope ratios requires either alteration by 

exceptionally Fe-rich but Sr-poor, nonradiogenic diagenetic fluids or the incorporation of 

Fe-rich minerals (oxides, carbonates) on the surfaces of primary calcite crystals in oysters. 

(The possibility of a contribution from detrital silicates incorporated into the oyster shells 

during growth is eliminated because if a dissolved sample showed any non-pyritic 

insoluble residue, it was discarded and another portion of the fossil was selected for 

dissolution.) Because most of the oysters sampled in the Bathonian, Callovian, Oxfordian, 

Portlandian, Barremian, Aptian, and Albian show foliated calcite shell structures, it is 

possible that Fe-bearing fluids have migrated between these different shell layers by 

capillary action. An increase in alkalinity caused by the dissolution of minute quantities of 

oyster calcite may have facilitated the precipitation of Fe-bearing minerals on the surfaces of 

the oyster calcite. In this way the presence or absence of Fe-bearing diagenetic calcites 

could be masked by the dissolution of surfacial Fe-rich minerals released during sample
*

dissolution. Because the Gryphaea oysters commonly found in the Lower Jurassic have 

more massive shell structures, such surface adsorption is less likely and this could explain 

why Fe remains an effective indicator of diagenesis in Lower Jurassic oysters. Future work 

will have to develop more careful sample preparation techniques or different tracers of 

diagenetic calcites so as to avoid the possibility of surfacial Fe contamination in oysters. 

3.7 Summary

Primary belemnite and oyster calcite is characterised by relatively low
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concentrations of Mn and Fe. Secondary calcites from many but not all diagenetic settings 

should generally contain significantly higher levels of Mn and Fe. Thus, monitoring Fe 

and Mn concentrations in belemnites and oysters potentially provides independent criteria 

for determining which samples are likely to yield diagenetically altered ^Sr/^Sr ratios. It 

turns out that belemnite Fe concentrations greater than 150 ppm indicate a high probability 

that the primary ^Sr/^Sr ratio has been measurably altered. This gauge works particularly 

well for mudrocks, but there is some indication that it is not as effective in oolites and 

sandier sediments that may support diagenesis under oxic conditions. The worst interval is 

in the Callovian sands, where it is possible that oxic diagenesis has prevented the 

mobilisation and hence incorporation of excess Fe. Fe concentrations are only moderately 

useful for detecting oyster diagenesis. While samples containing less than 150 ppm are 

very likely to preserve their primary Sr isotope signal, samples with 150 to 300 ppm Fe 

show variably altered Sr-isotope ratios and even concentrations in excess of 300 ppm do 

not guarantee markedly altered ratios. This may in part be due to Fe oxyhydroxides 

adhering to the surfaces of the foliated oyster calcites. While elevated Mn concentrations 

are less useful for highlighting samples with altered Sr-isotope ratios, low Mn 

concentrations (< 20 ppm) seem to be useful for indicating a high probability of good 

sample preservation in both belemnites and oysters. In oysters it is desirable to look at 

both Fe and Mn concentrations to obtain a 'feel' for any diagenetic alteration, but at present
•

the best way to gauge the Sr-isotopic alteration of an oyster is to place it within the context 

of a whole suite of oysters collected with tight stratigraphic control. Future studies should 

independently document the utility of Mn and Fe as tracers of Sr-isotope diagenesis in each 

geological setting. The stable isotope data for carbon and oxygen do not show enough of a 

deviation from plausible marine values to allow their useful application in the detection of 

Sr-isotope diagenesis.
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Chapter 4: Sr-Isotope Stratigraphy 

4.1 Introduction

For the purposes of Sr-isotope stratigraphy it is vital that the data points of the 

reference curve are solidly tied to a clearly defined litho- and bio-strati graphic framework. 

In this chapter the classic English lithologic successions and ammonite biostratigraphy are 

discussed in the context of assigning relative ages to the sample material, examining the 

reproducibility of the curve based on contemporaneous samples collected from separate 

localities, and highlighting problematic intervals and small-scale features in the curve that 

may serve as highly precise time markers. The stratigraphy of the samples collected for 

this study is conveniently divided into the exposures of the Lower Jurassic, the rest of the 

Jurassic, and the Lower Cretaceous. The Lower Jurassic is characterised by excellent 

coastal exposures, minor structural disturbances, relatively homogenous lithologies, 

generally abundant fossil material, and detailed published lithologic and biostratigraphic 

descriptions. The rest of the Jurassic and Lower Cretaceous is quite variable with respect 

to lithology, abundance of appropriate fossil material, provinciality of biostratigraphic 

markers, the quality and type of outcrop exposure, and the quality of the literature 

coverage. As a result, the Lower Jurassic data allow the fullest exploration of the potential 

of Sr-isotope stratigraphy whereas the data from rest of the Jurassic and Lower Cretaceous 

illustrate some of its limitations.
»

Figure 4.1 provides an overview of the Jurassic and Lower Cretaceous Sr-isotope 

curve plotted as a function of equal-duration ammonite subzone units. In this chapter the 

Sr-isotope data are differentiated according to whether they are belemnites, oysters, or 

aragonite samples. The belemnites are further subdivided according to whether they came 

from Dorset, Yorkshire, or one of the other localities, and whether they contain more than 

150 ppm Fe and thus are likely to be diagenetically altered. Oysters are subdivided 

according to their Fe content only (< 150 ppm; 150 to 300 ppm; > 300 ppm Fe).
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4.2 The Lower Jurassic

The ammonite zonal and subzonal scheme for the British Lower Jurassic is 

relatively stable and has remained largely unchanged from the synthesis of Dean, Donovan, 

and Howarth in 1961 to the correlation charts of Cope et al. (1980a). The subzonal scheme 

used in this work follows Cope et al. (1980a) with the following modifications 

(Ivimey-Cook and Donovan, 1983): the reynesi and sauzeanum subzones have for 

taxonomic reasons been renamed after the subzonal indices C. lyra and E. resupinatum, 

and the bucklandi subzone has been deleted because it is not easily recognised; its strata 

have been reassigned to the rotiforme subzone. The correlation of the Dorset and 

Yorkshire strata to the ammonite subzone scheme follows Cope et al. (1980a) with the 

exceptions of the bulk of the Yorkshire Pliensbachian, which follows Phelps (1985), and 

the Yorkshire Sinemurian and lower Pliensbachian, which follows Getty (1972) and 

unpublished data collected in conjunction with the work of Hesselbo and Jenkyns (pers. 

comm., 1991).

The Lower Jurassic Dorset and Yorkshire sections (Fig. 4.2) form a remarkably 

complete succession of mudstones, siltstones, impure limestones, and, in the upper 

Pliensbachian and upper Toarcian, fine-grained sands (Plates 1 and 2). The Yorkshire 

succession differs in that it is generally thicker, more expanded and complete, and time- 

equivalent sediments are generally slightly coarser and contain less carbonate. Thus the
•

Yorkshire strata consist predominantly of silty mudstones (van Buchem and McCave, 

1989), display an extra interval of sandy beds in the middle to upper Sinemurian 

(equivalent in time to an erosive episode in Dorset), and show a thick succession of 

mudstones in the Toarcian (compared to the 0.5 - 2.6 m-thick Junction Bed in Dorset). On 

both coasts the mudstones, siltstones, and sandstones are so weakly lithified that it 

generally requires little effort to convert the rock back into disaggregated sediment. 

However, the Yorkshire rocks are somewhat more lithified as compared to Dorset.
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Figure 4.2 Map showing the disposition of Lower Jurassic strata in Great Britain and the 
outcrop localities sampled in this study.
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4.2.1 Rhaetian and Hettangian

In overview (Fig. 4.3), the latest Rhaetian and Hettangian portions of the 

Sr-isotope curve are relatively well-constrained. The Sinemurian data show a fair amount 

of scatter due to a paucity of samples from Dorset plus a number of altered samples from 

Yorkshire, and the Pliensbachian and Toarcian data yield a tightly constrained Sr-isotope 

curve. Close comparison of the data from Dorset and Yorkshire (Fig. 4.3) reveals a high 

degree of reproducibility between the two independently biostratigraphically calibrated data 

sets. Such reproducibility is reassuring both for the application of Sr-isotope stratigraphy 

and for the generally assumed synchroneity in the first appearances of new ammonite 

species in Dorset and Yorkshire (Cope et al., 1980a).

The Rhaetian, Hettangian, and lowest Sinemurian sections of the curve (Fig. 4.3) 

rest exclusively on oyster samples collected from the Ostrea Beds and Blue Lias of Dorset. 

These strata consist of rhythmically bedded (decimetre-scale) mudstones and impure 

limestones (Lang, 1924) that appear to reflect a forcing mechanism operating on a 

Milankovitch time scale (Weedon, 1985). As in nearly all of the Dorset Lias, the 

ammonites have been extensively collected and there is very little room for "slop" in the 

placement of subzonal boundaries. These sections are complete in the sense that all 

ammonite subzones are present, but there is some evidence for missing strata in the 

angulata zone (Smith, 1989) and at the top of the lyra subzone (etg., concentrations of fish 

teeth and belemnites on top of Lang's Bed 49). During the Rhaetian, the Sr-isotope curve 

rises from what appears to be a minor dip in the Late Triassic (Koepnick et al., 1985, 1990; 

Fig. 3.1) to reach a plateau at approximately 0.70772 throughout the Hettangian and 

earliest Sinemurian. On a fine scale this plateau appears to be broken into two segments 

recording a decline from 0.70775 to 0.70771; one segment runs from the basal Jurassic to 

the laqueus subzone and the other from the laqueus to the rotiforme subzone. The



86

I I I I I I I ' I I ' I ' I ' ' ' ' I I ' ' • I • • I I I • • • I I I I I I I

Isi. «Q-K g,,, £r-i T— "•I'T

"iilfftlo o£l> >*>,:>, 5 
Q>OmOOO< •se——»•

2

^^

V a m XS

m 
w

m

>
CO

COh-
o F-

i 1 i 
CMh- 
o r^ 
ci

CO

§

-8
cc !

1
CO

0)

3 

0)

c/5

DC

CD
o

O)

_o

O

Figure 4.3 Sr-isotope curve for the Lower Jurassic. Stages and zones are labelled on the 
ammonite subzone time axis counting up from the base of the Jurassic.



87

discontinuity in the laqueus subzone, which could be taken as evidence for some sort of 

stratigraphic break, occurs before the gap found by Smith (1989) in the mid-angulata zone. 

Because there is no evidence for a significant gap in the laqueus subzone (Smith, 1989), 

and because such a sudden discontinuity in the Sr-isotope curve is unlikely to be a primary 

feature due to the long residence time of Sr in seawater, it seems best to regard this feature 

as a diagenetic or analytical artefact. It is probable that the curve should display at most 

only a small wiggle through the laqueus subzone. 

4.2.2 Sinemurian

In Dorset the Blue Lias is followed by the black organic-rich mudstones of the 

Shales-with-Beef and the Black Yen Marls (Lang et al., 1923; Lang and Spath, 1926). 

While there are belemnite concentrations suggestive of minor hiatuses at Lang's Beds 49, 

69a, 71c, and the base of 83a, the major gaps in the Dorset Sinemurian occur at the 

Coinstone (Lang's Bed 89) where 3 full subzones are missing and at the base of the 

Belemnite Marls (Lang et al., 1928) where 2 subzones are cut out (Fold-Out 1).

In Yorkshire (Robin Hood's Bay) the oldest sampled Jurassic rocks are the Upper 

Sinemurian Calcareous Shales. Mr. L. Bairstow extensively documented the litho- and 

bio-stratigraphy of the mid-Sinemurian through mid-Pliensbachian of Robin Hood's Bay 

but unfortunately, after decades of research, never published his efforts. Following his 

death the location of his manuscripts seems to be unknown and his fossils have been sold
•

to private collectors. It was therefore necessary for Drs S.P. Hesselbo and H.C. Jenkyns 

to re-compile a detailed lithologic log of the Yorkshire sections while A.L. Coe and I re­ 

collected the ammonites. These have been provisionally identified by Drs D.J. Donovan 

and K.N. Page and allow the placement of tentative subzonal boundaries in the Calcareous 

Shales, Siliceous Shales, and the lower Pyritous Shales (Fold-Out 2). The base of the 

resupinatum subzone of the lowest Calcareous Shales is undefined and the brooki/birchi 

and obtusum/stellare subzonal boundaries are as yet poorly constrained. The subzonal
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boundaries of the rest of the Upper Sinemurian (denotatus - aplanatum) are well-defined 

by the unpublished work of Getty (1972) and confirmed by our efforts. Although over this 

interval the relative order of samples will not change, the assigned numerical subzonal 

"ages" (Table 2.2) may change slightly as more ammonites are collected.

The Sinemurian succession (Calcareous Shales, Siliceous Shales, and the lower 

Pyritous Shales) consists predominantly of silty mudstones with many beds and nodular 

horizons of impure and sideritic limestones. Minor sandy limestone beds appear near the 

top of the Calcareous Shales (turnerilobtusum zonal boundary) and throughout the upper 

half of the Siliceous Shales (oxynotum to raricostatum zones). The latter episode of sandy 

beds coincides with the erosive episodes of the Coinstone and uppermost Sinemurian 

horizons in Dorset. Sphalerite and galena, although disseminated throughout the 

succession, are commonly found in the chambers and phragmacones of ammonites and 

belemnites located on top of the prominent carbonate horizons. These minerals in 

combination with regional patterns of heavy mineral corrosion and authigenie mineral 

formation suggest localised low-grade metamorphism due to one or more episodes of 

post-depositional hydrothermal fluid flow along the Cleveland structural axis (Hemingway 

and Riddler, 1982). The area of most intense diagenesis intersects the coast precisely in the 

Sinemurian and lowest Pliensbachian of Robin Hood's Bay (Hemingway and Riddler's 

figures 5, 6, and 8).

The trend of the Sinemurian portion of the Sr-isotope curve is the most poorly 

constrained of the Lower Jurassic. While the Dorset Sinemurian yields abundant material 

only in the densinodulum and raricostatoides subzones (Upper Sinemurian), the abundant 

Yorkshire material appears to have suffered during the regional diagenetic/hydrothermal 

event noted above. The curve begins its descent in the bucklandi zone of the lowest 

Sinemurian. Throughout the bucklandi, semicostatum, turneri, and obtusum zones (which 

include parts of the Blue Lias, Shales-with-Beef, and the Black Yen Marls), belemnites are



89

so rare that, despite careful and thorough collection by Lang and Spath (1926) and the 

present writer, they have only been collected from a number of discrete belemnite-rich 

horizons that apparently represent pauses in sedimentation or mild erosive events. Of these 

horizons (Lang's Beds BL 49/50, SWB 69a, SWB 70c, BVM 83, BVM 89, BVM 103, 

and BVM 104), SWB 70c, BVM 83, BVM 89, and BVM 103/104 have each yielded one 

apparently well-preserved sample that plots significantly below the main trend of the data 

(Fig. 4.3). When examined in their strati graphic context (Plate 1), samples from beds 89, 

103, and 104 are understood as a mixture of material dating from above and below a gap of 

2 or 3 subzones. The large "age" error bars placed on one of the BVM 89 samples 

illustrates the reasonable positioning of that sample in the stratigraphic gap (Fig. 4.3). 

Unfortunately this simple explanation does not seem to apply to the samples from beds 

SWB 70c (sauzeanum ) and BVM 83 (birchi). There is no evidence at either level for a 

subzonal break or for a small-scale downwards shift in the curve that could accommodate 

mixing of belemnites across a short gap in time. It is possible that there may be a local 

diagenetic source of nonradiogenic Sr, such as a volcanic ash, but at present it is simpler to 

attribute these results to analytical error. 

4.2.3 The Bedding Plane Test

Samples from the upper Sinemurian and Pliensbachian of Dorset have yielded the 

highest quality data of this study. To test the maximum resolution attainable through this
•

interval a set of 12 belemnites was collected from a single bedding plane within Lang's Bed 

115 in the Belemnite Marls. This horizon shows gradational, bioturbated contacts with 

adjacent strata and thus represents as close to a single instant in time as is possible in the 

geological record. (As indicated above, it is important to avoid belemnite-rich horizons that 

represent a hiatus or erosive gap because individuals of different ages could be mixed 

together.) The mean of the 28 analyses of the 12 individuals is 0.707297 ± 20 (Fig. 4.4). 

Of the 28 results, the measured error bars of 23 analyses (82%) overlap the mean of the
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whole data set. If error bars of + 20 • 10"6 are uniformly applied to each data point, these 

error bars overlap the grand mean in 26 out of the 28 analyses (93%). When all replicate 

analyses are combined, no sample plots outside these error limits and all samples are thus 

analytically indistinguishable from the data set mean of 0.707297. It should be pointed out 

that this conclusion is specific only to the Belemnite Marls because belemnites from units 

with different lithological characteristics may have encountered different diagenetic 

conditions.

Looking at the data set more closely reveals that replicate analyses of these samples 

tend to be highly reproducible such that multiple analyses of samples a, b, and h all plot 

above the data set mean at around 0.707310 whereas samples f and g plot below the mean 

at around 0.707280. This may indicate that the samples preserve a slightly heterogeneous 

^Sr/^Sr signal, but a difference of only 30 • 10"6 is too near the limits of the analytical 

resolution to be certain. If this heterogeneity is real, it may be because either the samples 

lived at slightly different times (lateral variations in bed thicknesses make it impossible to 

be certain that all samples come from exactly the same time-plane) or their are slight 

differences in the diagenetic alteration of the samples. 

4.2.4 Pliensbachian

The positioning of the gap at or near Lang's Beds BVM 103 and 104 determines the 

positioning of the Sinemurian-Pliensbachian stage boundary and thus merits further
•

discussion (Fig. 4.5). Lithologically, one would place the gap between Lang's Bed 102, a 

90 cm-thick, easily weathered black mudstone typical of the Black Yen Marls, and Lang's 

Bed 103, a 13 cm-thick impure resistant limestone that marks the transition to the paler, 

more carbonate-nch Belemnite Marls above. The highest lithologically deduced boundary 

would be at a concentration of belemnites and pyrite that marks the contact between the 

limestone beds 103a (3 cm) and 103b (10 cm). However, the discovery of fragments of a 

coarse ('raricostate') Echiocerasm Bed 104 (Spath, 1956) implies that the 2-subzone gap
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Figure 4.5 A close-up of the Sinemurian/Pliensbachian boundary in Dorset showing the 
behaviour of the Sr-isotope curve as it passes into the Pliensbachian. Shading refers to 
light, medium, or dark grey mudstones and vertical hatching refers to carbonate beds or 
concretionary horizons. Bed numbers are from Lang and Spath (1926) and Lang et al. 
(1928) and the stratigraphic log from S.P. Hesselbo (pers. comm.,1991).
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in fact lies in the finely gradational contact between Beds 104 (10 cm-thick) and 105 (41 

cm-thick).

The Dorset and Yorkshire Sr-isotope data indicate that the curve declines from 

0.70746 in the densinodulum subzone to 0.70744 in the raricostatoides subzone, and the 

Yorkshire data further indicate that the curve goes no lower than 0.70743 in the succeeding 

inacdonneli subzone and does not reach 0.70740 until the middle-to-end of the succeeding 

aplanatum subzone marking the end of the Sinemurian (Tables 2.1, 2.2). Figure 4.5 

shows that the Dorset data remain steady at raricostatoides levels of about 0.70744 up 

through a sample taken from the base of 103a. If beds 103 and 104 are truly of 

raricostatoides age (Spath, 1956; Cope et al., 1980a), then their samples should give 

^Sr/^Sr ratios at or above 0.70743. Instead, the next sample, also from 103a, shows a 

^Sr/^Sr ratio more compatible with an aplanatum subzone age (0.707406), and the 104 

sample containing less than 150 ppm Fe seems to be clearly set in the lowest Pliensbachian 

(^Sr/^Sr = 0.70738). Although teetering on the edges of analytical reproducibility, these 

data are compatible with the placement of the gap at the prominent lithological break 

between beds 102 and 103.

In some sense a difference of 23 cm in the placement of a stage boundary seems 

trivial. However, if one is trying to understand the nature of the sedimentary processes that 

form erosive or non-depositional gaps in mudrocks, or to distinguish between erosive gaps
*

and condensed intervals, it is essential to know exactly where the gap is located. For 

example, if in this case the gap is located between Beds 104 and 105 (Cope el al., 1980a), 

then a significant hiatus of 2 subzones can, in mudrocks, be cleverly hidden across what 

appears to be a finely gradational contact. On the other hand, if the gap is between Beds 

102 and 103, or if some part of it is concentrated in 103a, then it appears either that the 

Echioceras fragments of 104 have been mixed with younger belemnites by the erosive 

processes that formed the gap, or that a raricostate Echioceras managed to survive into the
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Pliensbachian, or that the Echioceras in question was misidentified. The Sr-isotope data 

are as yet too few in number and too near the limits of analytical resolution to be taken as 

entirely conclusive, but they do suggest a useful application of seawater Sr isotopes to the 

strati graphic record.

Apart from this gap at or below the base of the stage, the Dorset Pliensbachian is 

complete as regards the ammonites. The Belemnite Marls (Lang et al., 1928) mark a return 

to Milankovitch-scale alternations between relatively carbonate-rich (pale) and 

carbonate-poor (dark) banded mudstones (Weedon and Jenkyns, 1990). The tightening of 

cycles up-section suggests an increasing degree of condensation that culminates in a 

pyritiferous belemnite horizon in the valdani subzone known as the Belemnite Bed (Lang's 

Bed 120c) and the compression of the whole of the luridum subzone into 24 cm of 

sediment capped by the Belemnite Stone (Bed 121; Phelps, 1985). The succeeding Green 

Ammonite Beds (Lang, 1936) represent a period of increased accumulation rates that 

characterise the rest of the Pliensbachian sequence up to the spinatum zone (Howarth, 

1957). This episode of high accumulation rates, which includes several intervals of fine 

sand, is punctuated by a condensed limestone bed, the Marlstone Rock, at the top of the 

Pliensbachian (spinatum zone).

In Yorkshire the basal Pliensbachian (jainesoni zone) is characterised by the dark, 

organic-rich mudstones of the Pyritous Shales. The placement of the subzonal boundaries
•

within thejamesoni zone (Plate 2, S.P. Hesselbo, pers. comm., 1991) follows Bairstow's 

thicknesses for each subzone as recorded in Cope et al. ( 1980a). Bairstow's measurements 

indicate that the taylori subzone is much thicker (by a factor of 4 or 5) than adjacent 

subzones. By contrast, the taylori subzone of Dorset is of unremarkable thickness, 

suggesting that if the parallelism that exists between the Dorset and Yorkshire sequences 

extends to thejamesoni zone, then the taylori subzone in Dorset either is missing potential 

strata at its erosive base or is relatively condensed. In Yorkshire the Milankovitch-scale
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banding that characterises the Dorset Belemnite Marls begins around polymorphus time in 

the Pyritous Shales (van Buchem and McCave, 1989) and continues up through the paler 

Ironstone Shales (Phelps, 1985). As in Dorset this banding becomes tighter towards the 

top of the section, suggesting a progressively condensed sequence, and culminates in a 

series of minor belemnite horizons and lag concentrations in the valdani subzone. The 

luridum and succeeding subzones are characterised by increased sedimentation rates, 

including the deposition of silty, fine-grained sands (Staithes Sandstone, Howarth, 1955; 

Phelps, 1985), and the margaritatus and spinatum zones see a return to the finer-grained 

sediments of the Cleveland Ironstone Formation (Howarth, 1955). There appears to be a 

short (< 1 subzone) gap at the top of the margaritatus zone (Howarth, 1955; Cope el al., 

1980a; Howard, 1985).

The Pliensbachian is ideal for examining the fine structure of the Sr-isotope curve 

and for comparing the reproducibility of the Dorset and Yorkshire data sets because of 

good sample preservation and the relatively detailed sampling of both coastal sections. 

Immediately across the Sinemurian/Pliensbachian boundary the curve appears to drop 

suddenly in the mid-taylori subzone (basal jawesoni zone) and then level off for a short 

time before resuming its otherwise steady downwards trend (Fig. 4.3). In Dorset this 

sudden drop is clearly defined by 10 data points (Plate 1, Fig. 4.5). At first glance the 

Yorkshire data appear less striking (Plate 2), but when plotted as a function of subzone
•

units (Fig. 4.3), they do confirm the feature. At present it is not possible to determine 

whether this feature is a real palaeo-seawater excursion or whether it is an artifact of the 

non-uniform duration of ammonite subzones. The feature could be a result of an 

anomalously long taylori subzone, which would produce an apparently rapid rate of change 

when normalised to uniform subzone units, plus an unusually short polymorphits subzone, 

which would flatten the curve when expressed in subzone units. In fact, the polymorphus 

and succeeding brevispina subzones are not distinguishable even in Dorset (Cope el al.,
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1980a), and it may be that the two should be merged. If this were so, the slight plateau and 

the gap in the data following the taylori subzone (Fig. 4.3) would be compressed along the 

time-axis and the curve would resume its steady descent that much sooner after the taylori 

subzone. It may be worth undertaking future work to determine whether this feature is the 

result of a real seawater Sr-isotope excursion, which could offer a highly precise albeit 

small "event" offering global correlation at the basal Pliensbachian, or the result of a 

somewhat lengthy taylori subzone, which is of interest for understanding the detailed 

depositional history of the British sediments.

After the taylori dip the curve descends smoothly until the ibex zone, when there 

appears to be a slight divergence between the Yorkshire and Dorset data (Fig. 4.3). The 

Yorkshire data show the curve simply continuing its steady descent through the ibex and 

davoei zones. Meanwhile, the Dorset data seem to level off for a moment in the lower ibex 

zone before suddenly dropping in the middle ibex zone. This is unlikely to be a primary 

palaeoceanographic signal and is instead best viewed as an artefact of the sedimentary 

record in Dorset. A plot of the Sr-isotope data against the stratigraphic section (Fig. 4.6) 

shows that the sudden step in the Dorset data occurs entirely across the Belemnite Bed. 

This bed, a 1 to 2 cm-thick layer packed with belemnites and pyrite, was suspected on the 

basis of sedimentological evidence to host a stratigraphic gap of short but unknown 

duration. The length of time represented by the Belemnite Bed may be calculated by 

assuming that the seawater curve was moving at the average rate measured between the 

Sinemurian raricostatoides and the Pliensbachian luridum subzones (0.000025/subzone = 

0.000050/Ma). Thus, for the Sr-isotope curve to evolve from 0.707260 before the 

Belemnite Bed to 0.707230 after the Belemnite Bed requires slightly more than 1 subzone 

unit of time. Thus, although a jump of 0.000030 is near the limits of analytical resolution, 

the data seem to confirm sedimentological observations suggesting that the Belemnite Bed 

represents a significant proportion of the time inhabited by valdani subzone ammonites.
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Figure 4.6 A close-up of the Belemnite Bed and the Belemnite Stone at the top of the Belemnite Marls in Dorset showing the behaviour of the Sr-isotope curve as it passes through the upper valdani subzone. Lithological shading as in Figure 4.6; black blobs indicate exceptional pyrite concretions. Bed numbers are from Lang et al. (1928) and the section is from S.P. Hesselbo (pers. comm., 1991).
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The curve also appears to level off for a moment during the luridum and maculatum 

subzones before beginning a poorly defined but significant "wiggle" that reaches a 

minimum in the capricornus subzone and a maximum probably in the stokesi subzone. 

Unfortunately, the scatter in the data prevents a closer resolution of this reversal of the 

overall downward trend of the curve. After the stokesi subzone the curve descends 

smoothly to the Lower Jurassic minimum of about 0.707050 at the Pliensbachian/Toarcian 

boundary. 

4.2.5 Toarcian

Most of the Toarcian of Dorset (14 subzone units) is represented by the Junction 

Bed, which, despite being only 0.5 - 2.6 m thick, is nearly complete with respect to the 

ammonites (Cope et al., 1980a). No samples were collected from the Junction Bed due to 

the difficulty of accurately dating the samples. The 3 remaining subzones of the Toarcian, 

by contrast, show 51 m of the Downcliff Clay and Bridport Sands. The 3 samples 

collected over this interval are located against the detailed lithologic logs constructed by 

Drs. S.P. Hesselbo and H.C. Jenkyns (unpublished data, 1991). While subzonal 

ammonites have been recorded from these units, they are not properly located and the 

positions of the subzonal boundaries are uncertain. It makes little practical difference 

whether the "ages" of the samples are calculated using the estimated subzonal boundaries of 

Hesselbo and Jenkyns or assuming a constant sedimentation rate throughout the interval.
•

To be consistent with the "ages" of other data calculated without firm ammonite evidence, 

these "ages" were calculated assuming a constant sedimentation rate.

In Yorkshire the lower Toarcian consists of a variety of mudstones including the 

Grey Shales, Jet Rock, Alum Shales, Peak Shales, and the Striatulus Shales (Howarth, 

1962, 1973; Dean, 1954; Knox, 1984). The upper Toarcian (levesquei zone) sees a return 

to sandy sediments (Blea Wyke Sands, Dean, 1954; Knox, 1984) and is finally terminated 

by an erosive break that puts the moorei subzone in contact with the lower Aalenian (Cope
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et al., 1980b). These Toarcian sections show all ammonite subzones except for the 

aalensis, although it should be noted that the levesquei subzone is not proved (Dean, 

1954).

The Toarcian Sr-isotope curve gently rises from the Pliensbachian minimum before 

beginning an accelerated increase in the exaratum subzone. Despite the lack of evidence for 

diagenesis, it is doubtful whether the two higher points in the lowest Toarcian record an 

unaltered seawater signal (Fig. 4.3). Upon reaching the end of the exaratum subzone, the 

curve suddenly skips from 0.707127 to 0.707190 as it crosses the exaratum/falciferum 

subzonal boundary (Fig. 4.7), and then it continues its gentle increase through the rest of 

the Toarcian.

This "skip" at the exaratum/falciferum boundary is significant in that it implies a 

certain amount of "time" missing at this horizon. The amount of time may be estimated 

using different plausible rates of change for seawater Sr isotopes. The most rapid 

sustained rate of change in the Lower Jurassic curve occurs during the Pliensbachian, when 

the curve shifts from 0.707230 in the mid-stokesi to 0.707050 in the upper-apyrenum . 

Taking this rate (0.000050/subzone) as the maximum likely rate of change across the 

exaratum/falciferum boundary implies that at least 1.3 subzone units of time are required 

for the seawater curve to evolve naturally from 0.707127 to 0.707190. Using the average 

rate of change observed from the upper Sinemurian through the lower Pliensbachian
•

(0.000025/subzone) increases the estimated gap to 2.4 subzone units.

The presence of a significant stratigraphic gap at this time is completely unexpected. 

While the gap does mark a subzonal boundary, the index ammonites are of the same genus 

on either side of the gap (Harpoceras exaratum and H. falciferum) and are found in direct 

succession all over Europe (e.g., Jenkyns, 1988). Whereas in Dorset the 3-subzone gap 

above the stellare subzone is marked by the distinctive bored and encrusted Coinstone 

horizon (Lang, 1945; Hallam, 1969; Hesselbo and Palmer, submitted, 1991), and the
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"skip" across the exaraturn/falciferum boundary (Howarth, 1962; section from S.P 
Hesselbo, pers. comm., 1991). Lithological shading as in Figure 4.5. Samples collected 
above the mid-falciferum subzone come from a separate section.
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2-subzone gap at the top of the Sinemurian is marked by the problematic but lithologically 

distinctive Hummocky Limestone, in Yorkshire the exaratum/falciferum boundary is 

marked only by the ordinary-looking Millstone nodules and a number of unremarkable 

minor shell beds (Morris, 1980). The single outstanding feature of this section, and the 

one that may offer additional support for the existence of a 1- or 2-subzone gap, is the 

Whale Stone concretionary horizon (see Fig. 4.6).

The Whale Stones occur some 3 m below the Millstones and consist, as the name 

implies, of enormous oblong concretions up to several metres long and a metre or more 

thick and wide (Hallam, 1962; Howarth, 1962; Morris, 1980). At their cores and along the 

same horizon occur the 'extraordinary' Lower Pseudovertebrae concretions (Hallam, 1962; 

Howarth, 1962). According to Morris (1980), the Millstones and Whale Stones are 

distinguished from the many other concretionary horizons in the section by not having the 

pyritic margins that indicate formation in the zone of sulphate reduction (e.g., Coleman and 

Raiswell, 1981). Moreover, while the pyrite-coated nodules have d' 3C values of -12 to 

-15%o that are typical of formation under sulphate reduction, the Whale Stones show values 

of more than +7 to +8 %o. Such heavy carbon is strongly suggestive of formation during 

methanogenesis (Campos and Hallam, 1979). One analysis of a Millstone gives d 13C = 

+4.3 %o, which, although quite heavy, is less positive than contemporary belemnites 

measured from this section (see Chapter 5; Table 2.2) and thus may have precipitated 

directly from seawater.

The growth of early (burial) diagenetic concretions requires pore fluids to supply 

diffusional Ca2+ and HCO3 " for CaCO3 precipitation, pore space to allow room for the 

CaCOs to precipitate, and time for these processes to become focused at one horizon and 

produce sizeable concretions. In a marine setting the simplest way to obtain these 

conditions is to slow or stop sedimentation. This halts the compaction of the sediments and 

keeps a zone of sulphate reduction or methanogenesis at one level long enough to supply
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plenty of HCOy from the degradation of organic matter (Coleman and Raiswell, 1981; 

Raiswell, 1988). While precipitation of diagenetic carbonates can continue to several 

hundred meters depth (Irwin, 1980; Matsumoto, 1983), the growth of diagenetic 

concretions slows exponentially with depth as compaction of the sediments makes 

diffusion less efficient and removes the pore spaces required for carbonate precipitation 

(Irwin, 1980). Thus the bulk of an early diagenetic concretion forms relatively near the 

surface, in relatively uncompacted sediment, and all other things being equal, the relative 

sizes of concretions should be proportional to the amount of time they were left to grow 

near the surface.

The Whale Stones began life as the Lower Pseudovertebrae concretions, which 

show d 13C values and pyrite coatings consistent with formation in the sulphate reduction 

zone (Campos and Hallam, 1979). After sulphate reduction ended, probably when the 

horizon was buried to a depth where pore fluids lost diffusional contact with seawater SO4" 

(on the order of 15 m; Claypool and Threlkeld, 1983), methanogenesis was able to take 

over as the main producer of HCO3". A shallow depth of burial during formation is in fact 

suggested by a primary porosity of some 80% preserved in the Whale Stones (Campos and 

Hallam, 1979). For the Whale Stones to have grown to such an enormous size during 

methanogenesis implies that sedimentation must have slowed or ceased for some time.

Although a suitable hiatus or condensed interval is not immediately apparent in the first few
• 

metres above the Whale Stones, the "skip" in the Sr-isotope curve puts the gap near the

Millstone concretions. Upon closer examination the Millstones seem to be a reasonable 

horizon on which to focus this hiatus in sedimentation, not only because of the "skip" in 

the Sr-isotope curve over this interval, but also because this horizon shows occasional 

scours and an increased abundance of shell-beds (Morris, 1980), it is the only other 

concretionary horizon in these sediments without pyritic skins, and it is the only 

concretionary horizon with plausible marine stable isotope ratios (Campos and Hallam,
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1979). Thus it may be that the Millstones are analogous to the problematic Hummocky 

Limestone (Fig. 4.5), which is similar in that it is known to cap a 2-subzone gap, it also 

gives plausible marine stable isotope ratios (Reynolds, 1991), and there are no features that 

immediately indicate a stratigraphic gap at that level.

It may be rewarding to carry out more work over this interval. Detailed Sr- isotope 

data would be useful to pinpoint the gap and determine whether it represents a sharp 

discontinuity or a markedly condensed interval. A more systematic collection of stable 

isotope data from the concretions in the section would yield clues as to how they formed 

and help constrain the sedimentary history of the section. It would also be useful to 

examine other sections in Europe for gaps at this time and to integrate this knowledge with 

carbon-isotope and other data to shed more light on the nature of the early Toarcian anoxic 

event that occurred at exactly this time (Jenkyns, 1988). 

4.3 The Middle and Upper Jurassic

The rocks of the Middle and Upper Jurassic are lithologically diverse and variably 

exposed, described, and biostratigraphically dated. This has made it more difficult to 

collect well-dated samples and results in a sparser data set. In addition, the samples have 

been exposed to a much wider range of diagenetic environments that might collectively be 

expected to have degraded the original seawater Sr-isotope signal. The principal sample 

localities are shown in Figure 4.8.
•

The correlation charts of Cope et al. (1980b) are somewhat out-of-date for much of 

the Middle and Upper Jurassic. The Aalenian and Bajocian have been revised in a key 

paper by Callomon and Chandler (1990). The Lower Callovian ammonite biostratigraphy 

has been expanded by Callomon et al. (1988) and Page (1989). The correlation of the 

Dorset Oxfordian sediments to the ammonite standard has been revised by Wright 

(1986a,b), and the Kimmeridgian (sensu anglicd) has been described in detail by Cox and 

Gallois (1981). The Portlandian follows Copeetal. (1980b) and Wimbledon (1986).
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4.3.1 Aalenian and Bajocian

The continuous successions of muds and siltstones of the Lower Jurassic are in 

marked contrast to the highly incomplete, thin, discontinuous sections of the Inferior Oolite 

of southern Britain (Aalenian - Bajocian). Any one section is likely to contain several 

significant biostratigraphic gaps and this makes the piecing together of a continuous 

Sr-isotope curve subject to the time-axis errors associated with correlation between distant 

exposures. Fortunately the thorough work of Callomon and Chandler (1990) has defined a 

large number of ammonite horizons, usually several per subzone, that allows highly precise 

correlation between sections. Thus, time-axis errors due to combining several sections are 

probably minimal and insignificant. The sections sampled in this study (Burton Bradstock, 

Sandford Lane Quarry, Barn's Batch Spinney) consist of blocky to rubbly beds of oolitic 

limestone with occasional marly partings; these are well-described by Buckman (1893), 

Buckman and Wilson (1896), Richardson (1928, 1932), Parsons (1974, 1979), Torrens 

(1969b), and Callomon and Chandler (1990). The Aalenian/Bajocian portion of the 

Sr-isotope curve (Fig. 4.9) is characterised by a smooth, concave-down feature continuing 

from the middle Toarcian through the discites/ovalis zones. From this point the curve 

begins a poorly documented descent on its way to the Bathonian. The belemnites collected 

from the Yorkshire Scarborough Formation, a thin marine horizon in a predominantly 

nonmarine sequence dating from the hwnphriesianum zone (Parsons, 1977), show highly
•

elevated Fe concentrations. Sample Scarb 10-5, for example, contains 1445 ppm Fe and 

gives the most radiogenic ^Sr/^Sr ratio of the entire study (0.707936).

4.3.2 Bathonian

The British Bathonian is poorly exposed and poorly dated compared to the rest of 

the Jurassic. Instead of yielding a relatively continuous supply of ammonites that allows 

strata to be accurately assigned to one subzone or another, the English Bathonian frequently 

offers only a few ammonites from a few beds widely spaced in time. Thus a sample from
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above an ammonite-bearing horizon may belong either to the same zone or to one or more 

above it. A great deal of effort has been expended searching the literature for well-dated, 

presently exposed Bathonian quarries containing oysters or belemnites, but with little 

success. Samples have been collected from Burton Bradstock (Infenor Oolite, Richardson, 

1928), Snowshill Hill Quarry (Great Oolite carbonates and silty beds, Torrens, 1968, 

1969a), and the Shipton-on-Cherwell Cement Works (Lower Cornbrash, Page, 1989). 

The Burton Bradstock belemnite (BBr 17) and the Snowshill Hill oysters (Table 2.3) 

appear to signal a small reversal in the downwards plunge from the Upper Bajocian to the 

Lower Callovian. Unfortunately the highly elevated Fe concentrations in the oysters 

indicate an unknown and possibly significant diagenetic overprint on the primary 

Sr-isotope ratios. 

4.3.3 Callovian

In southern England the Callovian is variably exposed in quarries, brick pits, 

sewage pipe trenches, and the drainage pits of gravel quarries. Most Callovian exposures 

are thus continuously changing, but have fortunately proved consistent enough to allow 

confident collection of a number of samples with a bio- and litho-stratigraphic resolution 

similar to that of the Lower Jurassic. The Upper Cornbrash (tnacrocephalus zone) has 

been sampled in the Home Farm Quarry (Cox el a/., 1991), and the Shipton-on-Cherwell 

Cement Works Quarry (Page, 1989). The overlying Kellaways Clay and Kellaways Rock
•

is only rarely exposed (Callomon, 1955) and remains unsampled. The best exposures of 

the Callovian are the freshly exposed organic-rich clays of the Oxford Clay at the London 

Brick Company clay pits near Calvert (Callomon, 1968). In fresh exposures, the high 

organic content of the clays tends to favour good fossil preservation, including the 

preservation of primary ammonite aragonite, but where these clays have been exposed to 

long-term surface weathering, such as is the case for the athleta zone samples, the 

formation of sulphuric acid from the decomposition of pynte results in poorly preserved
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fossil material. The Callovian/Oxfordian boundary is exposed in the drainage trenches of a 

gravel quarry near Stanton Harcourt (Arc Southern, National Grid Reference SP 4105). 

This section has never been described in detail, but the lithologic succession closely 

matches the description of the Woodham Brick Pit (Arkell, 1939; Callomon, 1968), which 

is now unfortunately covered up. It is assumed that, as at Woodham (Cope et ah, 1980b), 

the Lamberti Limestone belongs entirely to the lamberli subzone while the Upper Spinosum 

Clays belong to the henrici subzone. There is a chance that this assumption is invalid 

(compare the definition of the lamberti and fienrici subzones by Callomon and Sykes in 

Cope et al. ( 1980b) with the correlation column C7 which indicates that the Lamberti 

Limestone can extend into the fienrici subzone), but either way the effect is small when 

plotting the data.

In Yorkshire the best exposure of the Callovian is the coastal section near 

Scarborough (Cayton Bay, Redcliff section). There the Upper Cornbrash is followed by 

the clays and sands of the Shales-of-the-Cornbrash, Kellaways Rock, Langdale Beds, 

Hackness Rock, and finally the Oxford Clay (Oxfordian) (Wright, 1968, 1977). While 

most beds are well-dated by ammonites, a significant proportion yields none (Page, 1989). 

I have followed Page (1989) in taking the subzone boundaries at the bases of the beds 

yielding ammonites, but obviously the thicknesses of the subzones could be considerably 

different depending on the subzone to which the non-ammonite bearing beds actually
•

belong. Thus while the samples are in the correct relative order and are assigned to the 

correct subzones, they may not be positioned correctly within a given subzone "age" unit. 

The dating of the samples from the Hackness Rock is somewhat problematic because half 

of the Hackness Rock (Bed 12) bears no ammonites while Bed 13 contains ammonites 

representing theproniae and lamberti subzones (Cope et a I., 1980b). I have assumed error 

bars on the samples collected from these beds spanning the proniae to lamberti subzones. 

In addition to the English material I have analysed 3 belemnites from the Callovian exposed
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on the Isle of Skye (Sykes, 1975) and collected by A.L. Coe.

It is difficult to determine the precise trend of the Sr-isotope curve during the 

Callovian (Fig. 4.9). The Lower Cornbrash oyster of the latest Bathonian and the 

following two belemnites (Scottish BelSands 9-1 and Yorkshire KlwyR 7-2) seem to bring 

the curve quite high relative to the succeeding data points. While the Lower Cornbrash 

oyster (and certainly the very radiogenic Upper Cornbrash oysters from Yorkshire) may be 

regarded as altered (containing > 150 ppm Fe), there is no evidence to support alteration of 

the two belemnite samples. However, as noted in Chapter 3, diagenetic alteration may not 

have imparted elevated Fe concentrations to the belemnites if it took place in well- 

oxygenated fluids percolating through the sandstone matrix. The succeeding Yorkshire 

sample (KlwyR10-2) plots much lower, but is consistent with the upward trend of the next 

3 samples from Calvert. Because the two Yorkshire Kellaways Rock samples are from the 

same subzone (cnrtilobus), it seems very unlikely that the data are recording a real "jump" 

in the Sr-isotope curve. The 2 oyster samples of the athleta zone (upper Callovian) appear 

to be altered and plot somewhat higher than one might expect, but an apparently unaltered 

Scottish belemnite from this zone plots much lower than expected. It is not clear why this 

sample would plot so low, although one possibility is that this belemnite (DunansClay2) 

was altered by oxygenated waters that had associated with the Tertiary flood basalts of 

Skye. By the lamberti zone a large number of samples from a variety of localities confirm 

that by the uppermost Callovian the Sr-isotope curve rests at about 0.706850.

The Middle and Upper Jurassic data of this study can be compared with a few data 

points recently published by Fischer and Gygi (1989) and Smalley el al. (1990). Because 

the Smalley et al. (1990) data are biostratigraphically dated only to the stage, the "age" and 

associated error bars had to be estimated based on the position of the assigned numerical 

age (in Ma) within the stage. The assigned age of the Bathonian sample, for example, is 

midway between the ages of the upper and lower stage boundaries and suggests that
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perhaps the error bars should cover the whole stage. Smalley et al. (1990) attempt to 

control for diagenesis by measuring the stable isotopic composition of their samples. 

However, as noted earlier the stable isotopes of oxygen and carbon are unfortunately 

relatively insensitive indicators of Sr-isotope diagenesis. Thus it is not possible to judge 

independently the state of preservation of the samples analysed in either study.

Figure 4.10 shows the data of Fischer and Gygi (1989) and Smalley et al. (1990) 

superimposed over the data of this study. The Bathonian sample does not greatly constrain 

the trend of the curve, but along with the 3 lower Callovian samples plotting near 

KlwyR10-2, it does suggest that the Bathonian curve comes in relatively low to reach its 

minimum some time in the lower Callovian. The remaining 2 Callovian samples are much 

higher than anything else in the Callovian and Oxfordian, which suggests that they are 

diagenetically altered. A best-guess for the Bathonian and Callovian is that the curve comes 

down rapidly from the Inferior Oolite data near the Bajocian/Bathonian boundary to reach a 

minimum in the Lower Callovian. The curve then recovers somewhat to reach a maximum 

in the athleta zone (Upper Callovian) before finally beginning its descent into the 

Oxfordian. 

4.3.4 Oxfordian

The Oxfordian ammonite biostratigraphy, although worked out in detail, is 

complicated by extreme ammonite provincialism that forces the use of three separate
•

European biostratigraphic schemes (Cope et «/., 1980b). The Northwest European scheme 

is used here because it most directly applies to the sampled Dorset coast sections (Wright, 

1986a,b) and because its intermediate position between the Boreal and Submediterranean 

provinces allows better correlation throughout Europe. The Oxfordian samples come from 

a number of separate, relatively poor exposures along the Dorset Coast (Wright, 1986a,b; 

Coe, 1992). The subzonal boundaries are not precisely constrained in certain sections due 

to a relative paucity of ammonites. Therefore, although the "age" assignments in this study
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are internally consistent, they may in places be in error by a maximum of one subzone with 

respect to real ammonite subzone time. In all cases the lithostratigraphy and thickness of 

the subzones are taken from Coe (1992) because her sections are the most detailed and 

precise available.

The Dorset Oxfordian is lithologically quite diverse-ranging from clays and sands 

to oolites and carbonates-and contains several biostratigraphic gaps (see Wright, 1986a,b). 

In addition, the lack of belemnites through the Oxfordian has forced the collection of a 

number of different oyster genera, ranging from large, massive Gryptiaea in the Jordan 

Cliff Clays to flaky, foliated Liostrea in the Nothe Grit to small foliated and partially 

silicified Nanogyra in the Shortlake Member. The best exposure of the Oxfordian- 

Kimmeridgian boundary is a section of organic-rich, pyritic mudstones that are 

unfortunately highly disturbed by the action of a nearby fault (Brookfield, 1978; Cox and 

Gallois, 1981; Coe, 1992). Despite the weathered, distorted nature of the exposure, the 

section is well-dated, fossiliferous, and strati graphically well-characterised. Three 

additional samples from the lowest Kimmeridgian were analysed from the Flodigry Shales 

from the Isle of Skye (Wright, 1989; collected by A.L. Coe).

The Oxfordian Sr-isotope curve is quite well-constrained compared to the scatter of 

the Callovian (Fig. 4.9). Despite generally elevated Fe concentrations, the oysters 

containing less than <300 ppm Fe define a clear minimum (~ 0.706810) in the bukowski
•

subzone followed by a steady increase to about 0.706860 in the lowest Kimmeridgian 

(baylei zone). The 3 Scottish belemnite samples (Flodigry 38, 41, 45-3) again yield one 

point that plots quite low (38) while the other two support the main data trend in the 

baylei/cymodoce zones. The Oxfordian data from both Fischer and Gygi (1989) and 

Smalley et al. ( 1990) generally plot higher than the data of this study, again indicating the 

probable impact of diagenesis on their samples.
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4.3.5 Kimmeridgian

The English Kimmeridgian, although generally broken down only into zones, is 

well-constrained by ammonite biostratigraphy. For historical reasons the English 

Kimmeridgian is considered to cover the entire interval represented by the Kimmeridge 

Clay in its type exposure on the Dorset Coast whereas in France the Kimmeridgian is 

restricted to what is the Lower Kimmeridgian in Britain (Cope et a/., 1980b). The 

succeeding Portlandian therefore covers a much shorter interval in Britain as compared to 

France. In the time scale of Harland et al. ( 1990) the Tethyan Tithonian stage is directly 

equated with the European Boreal Portlandian (i.e. both begin in the elegans zone at the 

base of the English Upper Kimmeridgian). In this work the British usage of the stage 

boundaries is retained.

The Kimmeridgian samples were collected from the type locality of the stage near 

Kimmeridge, Dorset (Cox and Gallois, 1981; Coe, 1992). The lithological sections of Cox 

and Gallois (1981) and Coe (1992) closely match except in the uppermostpallasioides 

zone, where due to difficult exposures, about 2 meters of strata are missing in the section 

of Cox and Gallois. The sample labels follow the bed numbering scheme of Blake (1875) 

as partially modified by Cope (1967, 1978). This scheme is quite simple to use provided 

that it is remembered that Blake's bed numbers count beds from the top down, whereas 

Cope's lettered subdivisions go from the bottom up. The uppermost Kimmeridge Clay
•

(rotunda andfittoni zones) is not well exposed and there is some doubt as to the exact 

placement of zonal boundaries (Cope, 1978). The Portlandian samples were collected by 

A.L. Coe according to the sections described in Arkell (1933) and Wimbledon (1986). 

The Kimmeridgian and Portlandian data define a consistently rising curve from 

0.707000 to about 0.707140. There is a small amount of scatter in the rotunda zone 

involving both belemnites and oysters that is not readily explainable in terms of either Fe- 

indicated diagenesis or a sudden shift in the curve. The lower Kimmeridgian aragonite



114

sample (Pearce's Pit 2, cymodoce zone) plots well above what is expected by a simple 

interpolation between the Lower and Upper Kimmeridgian data. It thus appears to have 

shared a similar degree of diagenesis as the Sinemurian aragonite sample (DonBay246- 2), 

and again without any trace element or stable isotopic evidence suggesting diagenesis. The 

data of Smalley el al. (1990) include two samples dated as Kimmeridgian and one as 

Tithonian (Fig. 4.10). The two Kimmeridgian points plot much higher than expected, 

again probably due to diagenesis. The Tithonian sample is quite consistent with the data 

trend and may thus be well-preserved. 

4.4 The Lower Cretaceous

The English Lower Cretaceous provides exposures of mudstones, siltstones, and 

sandstones that are relatively patchy, poorly exposed, variably fossiliferous, and 

biostratigraphically incomplete. The ammonite provincialism near the Jurassic/Cretaceous 

boundary is again extreme, making correlation between the Boreal and Tethyan realms 

difficult. The boundary in Britain is conveniently but arbitrarily taken at the Cinder Bed; 

there are no ammonites to prove or define this boundary (Cope el al., 1980b). The 

complete lack of overlap between the Boreal and Tethyan ammonites during the lowest 

Cretaceous means that it is not known whether the base of the Boreal Ryazanian stage 

occurs before, during, or after the base of the supposedly equivalent Berriasian stage of the 

Tethyan realm (Hancock, 1988). By the end of the Ryazanian/Berriasian, however, a
•

number of incursions of Tethyan "marker" ammonites into the Boreal realm allow the 

determination that the bases of the Boreal and Tethyan Valanginian, Hauterivian, and 

Barremian stages are synchronous to within an ammonite zone (Kemper el al., 1981). The 

basal zone of the boreal Valanginian correlates with a level high in the basal zone of the 

Tethyan Valanginian. The base of the Hauterivian stage in the Boreal and Tethyan 

provinces is synchronous to within a narrow margin of error (Rawson, 1983), and the 

English variabilis zone at the base of the Barremian shares elements with the basal zone of
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the Tethyan Barremian. By the Aptian many of the characteristic ammonites have 

essentially world-wide distributions (Hancock, 1988) and the base of the stage is 

confidently defined across Europe (Birkelund et al., 1984). The base of the Albian, 

although somewhat difficult to define (Birkelund et al., 1984), is also widely recognisable 

(Owen, 1984).

The Ryazanian to Barremian stages are best represented in England by the Speeton 

Clay of Yorkshire (Fig. 4.11). Correlation of the Speeton Clay to the English ammonite 

standard follows Rawson et al. (1978) for the Ryazanian, Valanginian, and Hauterivian, 

and Rawson and Mutterlose (1983) for the Barremian. The strata are comprehensively 

described by Lamplugh (1889), Neale (1960, 1962), Rawson (1971), Doyle (1989), 

Hetcher (1969), and Rawson and Mutterlose (1983). A map of the cliff (Neale, 1974) 

showing the location of the marker beds is very helpful, particularly for working out the 

stratigraphy of the large slumped blocks. Although these detailed descriptions approach 

the detail of Lang's papers on the Lower Jurassic of Dorset, the "generally obscure and 

difficult state of the cliffs" (Lamplugh, 1889) makes accurate sample collection difficult, 

particularly in the middle to upper C beds and the B beds. However, with persistent 

digging, much patience, and an insistence on exactly matching sections to the published 

descriptions, it is possible to collect samples firmly tied to the lithostratigraphy.

The best Aptian sections in England are exposed on the Isle of Wight off the
•

Hampshire Coast (Fig. 4.11). The ammonite zones and subzones of the Aptian follow 

Casey (1961) and the lithostratigraphy of the predominantly silty sandstone units is 

described by Fitton (1847), Casey (1961), and Simpson (1985). The sections are fairly 

straightforward and yield relatively abundant if not-so-well-preserved oysters. The 

phosphatic mudstones of the Gault (Albian) have been sampled at Folkstone in Kent and 

Leighton Buzzard in Bedfordshire. The Albian ammonite subzonation follows Owen 

(1984, 1985, 1988) while the stratigraphy of the Folkstone sections is covered by Casey
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Folkstone

Figure 4.11 Map showing the outcrops of the Lower Cretaceous of Britain and the 
principal sample localities.
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(1961) and Owen (1975) and the Leighton Buzzard sections by Owen (1972). With some 

digging the Gault sections are easy to follow and generally yield abundant belemnites.

The Lower Cretaceous Sr-isotope curve continues the smooth increase established 

in the Kimmeridgian, rising from about 0.707230 in the upper Ryazanian to a plateau of 

about 0.707450 in the Barremian (Fig. 4.12). The Ryazanian-through-Hauterivian curve 

does not follow the linear trend projected from the Kimmeridgian/Portlandian data, which 

suggests that the curve must level off somewhat during the Portlandian or lower 

Ryazanian. The one Tithonian data point of Smalley et al. ( 1990) appears to support this 

inference (Fig. 4.11). The accuracy of the Aptian data is difficult to establish due to the 

elevated Fe concentrations indicating diagenetic alteration of the oysters. However, the 

data are internally quite consistent and moreover plot along the lower limits of the data 

scatter of Koepnick et al. (1985) (Fig. 3.1). This suggests that the Aptian data are at least 

broadly accurate in recording a significant downwards shift from the Barremian plateau 

(0.707450) to an Aptian minimum near 0.707250. In the Albian an Fe-rich oyster from the 

mammillatum superzone (FlkstnBds 33) appears to record the recovery to what appears to 

be a slowly increasing curve through the rest of the Albian. This is also consistent with the 

data of Koepnick et al. (1985) (Fig. 3.1). 

4.5 Summary

In summary (Fig. 4.13), the Jurassic and Lower Cretaceous Sr-isotope curve rises 

out of the latest Triassic and reaches a plateau in the Hettangian. It rapidly descends from 

the lowest Sinemurian to a minimum reached in the uppermost Pliensbachian. After an 

initially slow recovery in the Toarcian, it suddenly jumps up across the exaratutnlfalciferum 

subzonal boundary. The rate of this increase is probably accentuated by a gap in the 

sedimentary record spanning 1 2 units of subzone time. The curve then smoothly 

increases through the rest of the Toarcian and Aalenian and reaches a peak near the 

Aalenian/Bajocian boundary. After an initially slow start, the curve rapidly descends
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Figure 4.12 Sr-isotope curve for the Lower Cretaceous. Symbols as in Figure 4.1.
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through the Upper Bajocian. It is not clear whether there is a small reversal in the lowest 

Bathonian or if the curve simply continues its rapid descent down to the minimum located 

probably the Lower Callovian. The curve then rises slightly to reach a peak in the Upper 

Callovian before descending to a second minimum in the Lower Oxfordian. From this 

point through the Barremian the curve steadily increases, with periods of apparently 

accelerated increase during the Lower Kimmeridgian and Ryazanian/Valanginian. A major 

reversal of this general increase occurs sometime during the upper Barremian or lower 

Aptian and the curve reaches another minimum during the middle-to-upper Aptian. By the 

Albian the curve has recovered from this downwards shift and is ready to begin a general 

increase into the Upper Cretaceous. 

4.6 Stratigraphic Resolution of the Seawater Sr-Isotope Curve

The most straightforward application of the seawater Sr-isotope curve is for the 

global correlation of marine sediments. In principle this is done by measuring the ^Sr/^Sr 

ratio of a sample of unknown age, tracing this value across the graph of the Sr-isotope 

curve, and noting the age where the sample isotope ratio intersects the curve. The errors on 

the age determination should take into account the 2a errors of the ^Sr/^Sr ratio of the 

unknown, the data scatter in the relevant portions of the reference curve, and any 

uncertainty associated with the diagenetic alteration of the sample materials. In the case of a 

belemnite collected from the freshly exposed Lower Jurassic mudstones of the Belemnite 

Marls, for example, it appears that the measured ^Sr/^Sr ratio is likely to be within 

±25 • 10"6 of the primary seawater value provided that the belemnite Fe content is below 

150 ppm. By contrast, the oysters of the Oxfordian show a fair amount of scatter and, 

until better methods are developed for distinguishing between altered and unaltered 

samples, this scatter has to be taken into account when assigning an age.

There are several techniques for obtaining an age from a Sr-isotope curve. The 

simplest way is to use a pencil and ruler to read off directly the age of a sample. However,
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Figure 4.13 "Best-estimate" Sr-isotope curve for the Jurassic and Lower Cretaceous. Dashed lines express uncertainty as to the actual trend of the curve.
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for the present purpose of estimating the stratigraphic resolution of the Jurassic and Lower 

Cretaceous Sr-isotope curve, it is certainly better to have a slightly more rigorous and 

objective procedure. A more mathematical approach is to use a series of line segments as 

approximations to the observed Sr-isotope curve (Elderfield, 1986; McKenzie et al., 1988; 

Hodell et al., 1989). This method has the advantage of allowing a statistical treatment of 

the errors associated with the linear regression and the measurement of the sample ^Sr/^Sr 

ratios. However, while it is possible to fit line segments through certain portions of the 

Jurassic and Lower Cretaceous data, over many intervals lines are relatively poor 

approximations to the curves defined by the data (see Fig. 4.13).

A third approach is adopted by Ludwig et al. ( 1988). They approximate the 

seavvater Sr-isotope curve using spline curves and then use these splines to assign 

numerical ages to samples collected from the Enewetak borehole. Spline curves have the 

advantage of being flexible enough to follow the curvature of the data and to approximate 

small-scale features in the data. Their main disadvantage is that the curve is not represented 

by a single mathematical expression but instead by a whole collection of cubic polynomials 

designed to fit or approximate the trend of a data set. As such, there is no rigorous way to 

derive the statistical errors of the age assignments (Ludwig, 1990).

The application of splines to Sr-isotope stratigraphy is greatly facilitated by a 

spline-fitting utility included with the IBM-compatible software program Isoplot 2.11
•

(Ludwig, 1990). Although this program includes Akima, Normal, and Smoothed Spline 

options, in this study only the Smoothed Spline option is used because it creates a best-fit 

average of a dense data set using a least-squares method. This spline curve should give the 

best approximation of the "real" seawater curve.

The first step in Sr-isotope stratigraphy is to select the data that will form the 

reference curve. While it may be considered valid to eliminate diagenetically altered 

samples simply by removing those that do not look good, a more objective result is
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obtained if diagenetically altered samples are eliminated using an independent criterion such 

as trace element concentrations. Thus, for this exercise all belemnites and Lower Jurassic 

oysters containing more than 150 ppm Fe, all Bathonian through Lower Kimmeridgian 

oysters containing more than 300 ppm Fe, and all aragonite samples are deleted from the 

reference curve. In addition, samples BVM 89-1, BVM 103a-2, and BVM 104 are 

excluded because their "scatter" is attributable to mixing of samples of different ages at 

stratigraphic gaps, and the Cinder Bed oyster sample (242 ppm Fe) is deleted simply 

because it looks bad.

When executing the Smoothed Spline option it is necessary to specify the minimum 

time interval over which the cubic polynomials attempt to follow the data and the minimum 

number of data points used to construct each segment. Values of 1 and 9, respectively, 

result in a spline that most sensibly follows the Lower Jurassic data while values of 10 and 

9 yield a sensible spline for the Upper Jurassic and Lower Cretaceous data (Figs. 4.14 and 

4.15). Selecting other values for the minimum x-interval and the number of points used to 

fit each spline results either in overly broad approximations to the data or in unwanted 

overshoots and other oscillatory artefacts.

The current versions of Isoplot do not handle inflections in the reference curve very 

well. Ideally, when one isotopic ratio intersects the curve at 2 or more points, the program

would calculate an age and associated errors at each point of intersection. Instead, Isoplot
• 

calculates an intermediate age located between the two points of intersection and gives very

large error bars on this age. To overcome this problem the reference curve has to be 

broken into segments such that only unique age assignments are possible. Thus, the 

Rhaetian through Hettangian portion of the curve, which shows a rise to a plateau, is 

separated from the Sinemurian to uppermost Pliensbachian portion of the curve, and this is 

separated from the curve running from the basal Toarcian through the maximum in the 

Bajocian. The Bajocian to Callovian interval forms a fourth segment, the basal Oxfordian
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data points used for curve fitting (see text and Ludwig, 1990, for explanation.)
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through Barremian a fifth, and the Aptian/Albian interval is divided into two further curves. 

Clearly, at least until the software improves, it may be simpler over some intervals not to 

use Isoplot.

Isoplot's spline curves (Fig. 4.15) consist of a central spline representing the 

best-estimate of the true seawater signal and upper and lower "error envelope" splines 

intended to enclose most of the data points. These error splines have no rigorous statistical 

significance and serve only as a visual guide to the degree of data scatter. Note that the 

curve shows little detail where the data are sparse, such as in the Lower Sinemurian (6 to 

13 subzone units; see Tables 2.1, 2.2, and 2.3 for conversion of subzone "ages" to 

subzone names), whereas where the data are dense, such as in the Pliensbachian (22 to 37 

subzone units), the spline curve closely follows the details of the data set.

Isoplot presents the results of its spline calculations both graphically (Fig. 4.16) 

and on an information screen (Fig. 4.17). The calculated best-estimate ages are based on 

the intersection of the sample ^Sr/^Sr ratio with the central spline curve. Error estimates 

around this age are calculated in three different ways. The smallest error estimates are 

based on the interception of the sample 2aerror bars with the central spline curve (listed as 

"ages for plus- and minus- limit on ratio" in Fig. 4.17). Somewhat larger error bars are 

based on the interception of the 2aerrors with the error envelopes (listed as "ages from 

curve upper- and lower- limit" in Fig. 4.17), and the largest error limits are calculated
•

according to a relatively rigorous statistical formulation. The best-estimate age and the 

statistically derived error limits are presented as the final result at the bottom of the screen 

(Fig. 4.17).

One obvious test of the stratigraphic resolution of the Lower Jurassic Sr-isotope 

curve is to run each of the Bedding-Plane Test analyses (Fig. 4.4) as an unknown. The 

results, presented in Figure 4.18, demonstrate that all but one of the calculated "ages" fall 

within ±1 subzone unit of the true age, and that 20 out of 28 plot within ±0.5 subzone units
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Figure 4.16 Spline curve for the Lower Jurassic showing the results from 4 samples run 
as unknowns. The calculated results may be compared with the actual "ages" listed in the 
parentheses.
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Age from marine Sr-isotope curve for a y-value of 0.707003 +/- 0.000030 

Best-estimate age... 144.2 

Age for plus-limit on ratio... 147.4 

Age for minus-limit on ratio... 142.1 

Age from curve upper-limit... 141.8 

Age from curve lower-limit... 147.9

Age estimate for Sr-value of 0.707003 +/- 0.000030 is 144.2 Ma 

(error-limits are 141 and 149.1 Ma)

Figure 4.17 Isoplot screen showing typical output from calculated "age" for a sample 
run as an unknown. Note that the time units are subzone units and not millions of years.

of the true age. It turns out that the statistically derived error estimates presented by Isoplot 

are nearly always much too generous. Therefore, to give a better feel for the potential 

accuracy of Sr-isotope stratigraphy and for the age errors associated simply with sample 

analytical errors, only the uncertainty associated with the interception of the ±2a analytical 

errors with the central spline curve is shown in this and all subsequent diagrams. In the
•

case of the Bedding Plane Test analyses, these error limits, the smallest presented by 

Isoplot (see Fig. 4.17), intersect the actual age the samples in 23 out of 28 analyses (82%).

Although the Bedding Plane Test is an interesting exercise, it is limited in that the 

stratigraphic resolution of the Sr-isotope curve varies through time due to variations in the 

slope of the curve, variability in the sampling density, and the degree of data scatter. 

Therefore, a useful first step in any study involving Sr-isotope stratigraphy is to test the 

ability of the relevant sections of the Sr-isotope curve to reproduce the actual ages of
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selected samples throughout the data set. This is done by removing a given point from the 

data set, calculating the spline curve over that interval, and using the spline to calculate the 

age of the deleted sample. Comparison of the actual and calculated ages yields the highest 

degree of accuracy possible. It does not take into account diagenetic noise that will vary 

from locality to locality or the problem regarding the interlaboratory comparison of 

analytical results. In this study only the Sinemurian-to-Pliensbachian, 

Toarcian-to-Bajocian, and Oxfordian-to-Barremian intervals are examined because the other 

intervals do not have a sufficiently dense data set that allows the removal of one point 

without significantly altering the calculated spline curve. All dates are given in ammonite 

subzone units (= "ages") because the radiometric time scale is poorly calibrated for the 

Jurassic and Early Cretaceous and because correlation to the original bio- and litho- 

stratigraphy of the British sections is a more meaningful exercise.

Figure 4.19 presents the results for the Sinemurian to Pliensbachian segment of the 

curve. Of the 25 calculated ages, 20 are within one subzone unit of the correct age. Of the 

5 that are not, 3 have very large error limits associated with the inflection in the late 

Pliensbachian Sr-isotope curve (Fig. 4.16). In all cases the calculated "ages" match the 

actual "ages" within the wide statistically derived error limits (not shown). When just the 

errors associated with the 2a analytical errors are considered, 20 out of 25 (80%) include 

the correct age of the sample. These results suggest that the Sinemurian and Pliensbachian
•

portions of the Sr-isotope curve yield a stratigraphic resolution that is to within at least plus 

or minus 2 subzone units of time, and that may over some intervals be as good as plus or 

minus one subzone unit of time. This is roughly equivalent to a resolution of plus or minus 

0.5 to 1 Ma using the time scale of Harland el al. ( 1990). Although the late Pliensbachian 

inflection decreases the resolution possible if just one unknown sample is analyzed, 

measurement of a whole suite of samples across this interval should reproduce the 

inflection and thus allow highly precise correlation.
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The loss of stratigraphic resolution that occurs as one approaches a flatter portion of 

the curve is demonstrated in Figure 4.20. The calculated "ages" are relatively imprecise 

during the tenuicostatum zone, when the curve is fairly flat, and become highly precise and 

accurate during the steep feature in the falciferum zone. The errors and scatter increase 

dramatically when the curve flattens out into the upper Toarcian and Aalenian (see Fig. 

4.13). Even with this loss of resolution, however, all but 2 of the calculated ages plot 

within two subzone units of the actual age, and the error bars of only 1 sample do not 

intersect the actual age. (This sample is 1 of 2 in the tenuicostatum zone that seem to plot 

too high compared to neighbouring data but which cannot be eliminated on the basis of 

high diagenetic Fe concentrations; see Figure 4.3.)

The Upper Jurassic and Lower Cretaceous portions of the Sr-isotope curve are 

characterised by more data scatter, particularly in the Oxfordian, and sparser data coverage, 

particularly through the Lower Cretaceous. The effect of the increased scatter in the 

Oxfordian is seen in larger error bars and calculated "ages" that are more than 2 subzone 

units away from the correct "ages" (Fig. 4.21). The main effect of a sparse data set is that 

removing one sample has a relatively large impact on the shape of the calculated spline 

curve. This results in a higher probability of Isoplot miscalculating the correct "age" of a 

given sample that has been removed from the data set. As a result, whereas the 

stratigraphic resolution offered by the Sr-isotope curve is no more than plus or minus 

roughly 4 subzone units in the Oxfordian, the resolution increases to within 2 subzone 

units in the Upper Kimmeridgean, and degrades again to roughly 4 subzone units in the 

Lower Cretaceous. These correspond to a resolution of +2 Ma, ±1 Ma, and ±4 Ma, 

respectively, using the time scale of Harland el al. (1990).
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4.7 Conclusion: Sr-Isotope Stratigraphy

The combination of well-preserved sample material and a high-resolution 

lithostratigraphic and biostratigraphic framework makes the seawater Sr-isotope curve 

derived in this study ideal for the application of Sr-isotope stratigraphy. Although there 

are several important intervals that require more work, these data offer a highly precise 

correlation tool that compares favourably with the best of the Cenozoic data (e.g., Hess et 

al., 1986, 1989; Miller et al., 1988, 1991; Hodell et al, 1989, 1990, 1991). The 

importance of being able to correlate other sections of the world to the classic Jurassic and 

Lower Cretaceous sections of Great Britain lies not only in their significance as an 

international reference standard, but also in that they form one of the key successions used 

by Haq el al. (1987) for the calibration of the sea level curve covering this period. Thus, 

Sr-isotope stratigraphy may help to provide important constraints as to the relative timing of 

sequence stratigraphic surfaces and other apparently global events recorded in stratigraphic 

sections around the world.
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Chapter 5: 313 C and d18 O in Jurassic and Lower Cretaceous 
Belemnites and Oysters

5.1 Introduction

The stable isotopes of carbon and oxygen were originally measured in this study as 

possible indicators of diagenesis. However, because most samples yielded d13 C and 3 18O 

values that are indistinguishable from normal marine values, it is possible that belemnites 

and oysters retain an interpretable palaeoceanographic signal. Ideally, a study focused on 

stable isotopes in belemnites and oysters would include identification of all fossil material 

to the finest taxonomic level. Such a study would pay close attention to the isotopic 

variability within individual specimens and to possible interspecific vital effects in order to 

define an error envelope around the seawater curve and highlight any systematic patterns 

that may relate to the life habits of individual taxonomic groups. However, because this 

study was designed to collect high-quality Sr-isotope data, which are not subject to 

interspecific vital effects, the data of this study are of use largely as an assessment of the 

potential ability of belemnites and oysters to record and preserve a stable isotope 

palaeoseawater signal.

Measurement of the stable isotopes of carbon and especially oxygen in belemnites 

goes back to the early days of stable isotopic palaeotemperature determinations (Urey et al., 

1951; Lowenstam and Epstein, 1954). Palaeotemperature work focusing especially on the 

Cretaceous flourished during the 50's and the 60's (see references in Naydin et al., 1966; 

Stevens and Clayton, 1971), but seems to have come to a halt by the early 70's. This was 

due in part to the fact that the various regional palaeotemperature curves could not be 

combined to yield a simple global curve and in part to the increasing suspicion that 

belemnites may not be as well-preserved as originally thought. In this regard, Spaeth et al. 

( 1971) seem to have had the final word regarding belemnite preservation. They proposed 

that living belemnite rostra consisted of alternating concentric layers of solid, clear calcite,
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which could remain well-preserved to the present day, and a spongy organic matrix 

containing spicular calcite needles, which would rot away after death and leave a 

considerable volume to be replaced by diagenetic calcite. In their model a large but variable 

proportion of any given belemnite consists of diagenetic calcite and thus renders any 

palaeotemperature work highly suspect

Since that time only a few studies have aimed at an improved understanding of the 

primary structures and diagenesis of belemnites. Veizer (1974) measured the Mn, Fe, Mg, 

and Sr contents of 40 belemnites and their matrices. Assuming appropriate metal 

concentrations in seawater and appropriate distribution coefficients for calcite precipitating 

from seawater, Veizer was able to calculate that most belemnites contain a maximum of 

about 10 - 20% diagenetic calcite. More recently Saelen (1989) and Saelen and Karstang 

(1989) used a variety of optical and trace element techniques to learn more about the 

primary structure and diagenetic history of belemnites. They concluded that belemnites are 

most likely to be significantly altered along the apical line and alveolus, that different 

species preserve what appears to be primary differences in trace element and stable isotopic 

compositions (differences that are unrelated to the lithology of the matrix), and that the very 

tight spacing of the radial and concentric calcite crystals indicates a very low primary 

porosity that makes belemnite rostra "rather impervious" to diagenesis. In sum, the 

available geochemical and micromorphological data suggest that at least some 80 - 90% of a 

belemnite is primary calcite.

As a final introductory note, it is worth mentioning that all belemnites sampled in 

this study are visually well-preserved. They are translucent honey-brown to opaque dark 

brown in colour (depending on whether they come from southern England or Yorkshire, 

respectively) and all retain the primary concentric banding and radial calcite structure that 

characterise belemnite rostra. By contrast, a number of belemnites figured by Saelen 

(1989) and undoubtedly analysed by other authors show irregular whitish areas around the
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outside of the fossil. Such belemnites must be diagenetically altered and should be avoided. 

5.2 Diagenetic alteration of 813 C and d18O

In most studies aimed at discriminating between primary and diagenetic calcite, the 

diagenetic fluid is assumed to have been meteoric (Stevens and Clayton, 1971; Veizer, 

1974; Veizer, 1983; Brand, 1987,1989; Morrison and Brand, 1988). Meteoric diagenesis 

is relatively easy to detect using a combination of Sr isotopes, Mn and Fe concentrations, 

and d 13C and d 18O values. The predominance of detrital silicate minerals in most 

sedimentary sequences means that the diagenetic alteration of a marine carbonate is most 

likely to raise its ^Sr/^Sr ratio and increase its Mn and Fe concentrations. The 

predominance of isotopically light oxygen in meteoric fluids tends to shift altered bulk 

carbonate d18O towards more negative values. The low abundance of isotopically light 

dissolved carbon in such waters tends to have little effect on the primary d 13C signal.

In this study it was shown that belemnites and oysters particularly from mudrocks 

yield reproducible ̂ Sr/^Sr ratios, have generally low Mn and Fe concentrations, and show 

d 13C and d 18O results that are indistinguishable from plausible marine values (Chapter 3). 

While these data indicate that meteoric diagenesis has not generally added a significant 

component to the fossil calcites, they do not eliminate the possibility that the primary stable 

isotopic ratios were reset during sulphate reduction or one of the other phases of marine 

burial diagenesis. Therefore, a prerequisite to any interpretation of the d 13C and d 18O data 

obtained in this study is an examination of the sensitivity of the primary isotope ratios to the 

various stages of diagenesis to which the samples may have been exposed and of the ability 

of the tracers employed in this study to detect the addition of diagenetic calcites.

This sensitivity analysis is broken into two parts. In the first part the ability of five 

geochemical tracers to detect the addition of diagenetic calcite is examined using simple 

mixing diagrams. A variety of diagenetic calcites are added to an unaltered belemnite of 

assumed composition until the bulk sample would be analytically recognisable as
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diagenetically altered. The results of these calculations are then applied in the second part 

in an effort to reject those samples that are likely to have been altered under one or more 

diagenetic environments. The remaining samples should either produce a more internally 

consistent curve in a manner analogous to the Sr-isotope data or show no improvement, 

depending on the nature and variability of sample diagenesis. Throughout this essay 

meteoric and burial diagenesis are considered within the context of the mudrocks that 

dominate the sediments of the Lower Jurassic. Burial diagenesis in carbonates (oolites, 

iron stones) and sandstones is not directly addressed. 

5.2.1 Diagenetic Mixing Lines

Figure 5.1 shows the mixing lines between a belemnite with a primary Sr 

concentration of 1300 ppm (Veizer, 1974; Saelen and Karstang, 1989) and a ^Sr/^Sr ratio 

of 0.7075, and three end-member diagenetic calcites. Over densely sampled intervals 

where well-preserved fossil material yields consistent Sr-isotope data tightly defining a 

curve, diagenetically altered material may be detected if its ^Sr/^Sr ratio is more than 

0.000050 above the main trend of the data. If the deviation from the primary Sr-isotopic 

composition cannot be so precisely determined, Sr isotopes become markedly less effective 

at constraining the maximum amount of diagenetic calcite due to the 1/x form of the mixing 

lines. The range of possible Sr contents and isotopic ratios is large for diagenetic calcites, 

depending on the relative contributions from the break-down of silicate rocks and the 

recrystallisation of aragonite and other Sr-rich minerals. Curve 1 (Fig. 5:1) shows a 

mixing line with what is probably an extreme end-member of meteoric diagenesis; most 

diagenetic calcites in marine rocks are likely to have ^Sr/^Sr ratios below 0.7105 and Sr 

concentrations in excess of 100 ppm. In this example if the proportion of diagenetic calcite 

exceeds 20%, the sample ^Sr/^Sr ratio is raised above the diagenetic detection limit of 

0.000050 above the primary ratio of 0.707500. Increasing the Sr concentration in this 

meteoric calcite from 100 ppm to 1000 ppm causes the curve to move towards a straight
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Figure 5.1: Mixing curves between primary belemnite calcite and three end-member 
diaeenetic calcites showing the maximum amounts of diagenetic calcite that can be 
incorporated before being detected as an offset of the primary ^Srr'Sr ratio.
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line connecting the primary ^Sr/^Sr of 0.7075 with the diagenetic end-member at 0.7105, 

with the result that the Sr isotopes become increasingly sensitive to addition of diagenetic 

calcite.

The other two end-members in Rgure 5.1 are more typical examples of what might 

be expected for diagenetically altered Jurassic carbonate (Emery et at., 1987; Sellwood et 

al., 1989). The diagenetic Sr-isotope ratios are only moderately above the primary ratio of 

0.7075 and Sr concentrations range between 100 and 900 ppm (Veizer, 1974; Al-Aasm and 

Veizer, 1982). The Curve 2 diagenetic calcite (900 ppm Sr, 0.7085) is detectable once it 

exceeds about 10% of the bulk sample whereas the Curve 3 example (100 ppm, 0.7080) 

allows up to 40% secondary calcite before it raises the primary ^Sr/^Sr ratio by more than 

0.000050.

These results suggest that Sr isotopes should be effective at detecting meteoric 

diagenesis, which typically involves relatively radiogenic Sr, while remaining insensitive to 

marine diagenesis. During early burial diagenesis the stability of the detrital silicate 

minerals plus the dissolution/recrystallisation of aragonite and other carbonate phases 

should lead to a diagenetic solution with ^Sr/^Sr ratios near primary marine values. While 

advection of pore waters from deeper compacting sediments does bring up older marine Sr, 

the isotopic composition of these fluids will not be much different from the primary marine 

values. Thus Sr-isotopes remain insensitive to burial diagenesis until burial has reached the 

point at which detrital silicate minerals begin to recrystallise and inject isetopically 

distinctive Sr. Sr isotopes are not directly used in this study to highlight diagenetically 

altered samples because of the relatively limited conditions under which alteration of the 

primary signal occurs and because Fe concentrations tend to highlight the same samples as 

do the Sr isotopes (Chapter 3).

Mixing diagrams for Mn and Fe (Fig. 5.2) yield similar but slightly tighter 

constraints on fossil diagenesis. Calcites precipitating under reducing conditions in
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sediments containing detrital minerals are likely to show high concentrations of Mn and Fe. 

For example, diagenetic calcite apparently precipitating from the oil field brines of the 

Jurassic Smackover Formation of the U.S. Gulf Coast contains some 500 ppm Mn and 

2000 ppm Fe (Moore, 1989). A mixture of such calcite with primary belemnite calcite 

(minima of 5 ppm Mn and 25 ppm Fe) requires only 9% and 6% diagenetic calcite, 

respectively, to move the bulk sample beyond the SOppm Mn and 150 ppm Fe limits 

established by the Lower Jurassic Sr-isotope data as indicating significant diagenetic 

alteration. Even more restrictive constraints are imposed if the primary belemnite 

concentrations are set at the maximum primary limits of 15 ppm Mn and 60 ppm Fe 

(Chapter 3; Fig. 3.2). If a calcite contains only 100 ppm Mn and 300 ppm Fe (twice the 

Sr-isotope diagenetic limits), nearly 50% of a sample can be diagenetic calcite before 

exceeding the 50 ppm Mn and 150 ppm Fe limits. Thus, like Sr isotopes, Mn and Fe can 

effectively detect meteoric diagenesis, but only in the case when such diagenesis takes place 

under reducing conditions.

Mn and Fe are probably ineffective at detecting calcite precipitated during sulphate 

reduction. This is because the precipitation of Mn and Fe sulphides keeps pore-water 

concentrations of these elements low. However, whereas the stability of detrital silicate 

minerals and the instability of aragonite render Sr isotopes insensitive to calcite precipitated 

during the more advanced burial diagenetic stages of methanogenesis and perhaps 

decarboxylation, the lack of reduced sulphur species in these pore watere allows Mn and Fe 

concentrations to reach levels comparable to and in excess of the Smackover Formation 

cements (Astin and Scotchman, 1988). In fact, ferroan carbonates and sidentes are 

frequently associated with methanogenesis (Irwin*?? a/., 1977; Matsumoto, 1983; 

Scotchman, 1991). As a result, in contrast to Sr, Mn and Fe should be very effective at 

detecting calcite precipitated during the burial diagenetic zones of methanogenesis and 

decarboxylation.
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Figure 5.2: Mixing curves between a primary belemnite and two end-member diagenetic 
calcites showing the maximum amounts of diagenetic calcite that can be incorporated before 
being detected as elevated Mn (top) or Fe (bottom) concentrations.
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Figure 53: Mixing curves between a primary belemnite and three end-member 
diagenetic calcites showing the sensitivity of primary belemnite d 18O to the incorporation of 
various diagenetic calcites. _______^^_^_^_____

Figure 5.3 shows the mixing lines for a belemnite with a primary d 18O of -1.2%o, 

appropriate for a pre-glacial, ice-free world (Shackleton and Kennett, 1975), and 2 

diagenetic calcites with d 18O values typical of nodules thought to have formed by sulphate 

reduction (Irwin el a/., 1977; Coleman and Raiswell, 1981; Astin and Scotchman, 1988; 

Scotchman, 1991; Sass el al., 1991). Most examples attributed to sulphate reduction fall 

within the range d l8O = -3.5 to -2%o. While more negative values have been observed in 

sulphate reduction nodules (down to -10%o), d 18O values lower than -4%o are generally 

associated with carbonate precipitated under the higher temperatures associated with the 

deeper burial depths of methanogenesis and decarboxylation and with meteorically
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precipitated carbonates (Lohmann, 1988). A diagenetically induced offset of 0.5%0 is taken 

as the maximum acceptable limit to the distortion of the primary marine d 18O signal.

Incorporation of more than 6 to 20% meteoric or deep-burial carbonate with a 3 18O 

of less than -3.5%o causes a significant alteration of the primary belemnite signal (Fig. 5.3). 

However, belemnites altered in the zone of sulphate reduction can incorporate between 20 

and 63% secondary calcite at -2 to -3.5%o before the d 18O composition is lowered by more 

than 0.5%o. Thus, while primary d18O values are likely to be retained during sulphate 

reduction, d'8O, Mn, and Fe should all be strongly affected by other types of diagenesis.

Figure 5.4 shows the mixing lines between a belemnite with d13C = +2%o and three 

diagenetic calcite end-members. Meteoric diagenetic carbonates can have d13C values 

ranging between the host-rock average (little or no offset from the primary marine values) 

and less than -10%o if precipitation occurs near a soil containing root-derived CO2 

(Lohmann, 1988). Carbonates formed during early marine burial diagenesis show 

markedly different 313 C values, depending on the zone in which they precipitate. Sulphate 

reduction tends to produce strongly negative d°C values typically in the range of -10 to 

-16%o (Irwin et al., 1977; Coleman and Raiswell, 1981). Mixture of bicarbonate produced 

during sulphate reduction with bicarbonate derived either from normal marine carbonates or 

methanogenic carbonates produces intermediate 3 13C values ranging between -2 to -6%o 

(Astin and Scotchman, 1988; Scotchman, 1991). Dunng methanogenesis the production 

of isotopically very light methane (3 13 C = -65 to -75%o; Irwin et al., 1977; Claypool and 

Threlkeld, 1983) leaves behind a residual reservoir of isotopically heavy bicarbonate. As a 

result, methanogenic carbonates tend to show positive d 13 C values of up to +8%o (Irwin et 

al., 1977; Campos and Hallam, 1979). Decarboxylation tends to produce d 13 C values 

similar to those of sulphate reduction.
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Figure 5.4: Mixing curves between a primary belemnite and three end-member diagenetic 
calcites showing the sensitivity of primary belemnite d13C to the incorporation of various 
diagenetic calcites._______________^______^^^^^^^^^^^^^

Although meteoric diagenesis can produce carbonates with quite negative d l3C values, 

the overwhelming mass of host rock carbon relative to the fluid carbon means that meteoncally 

derived secondary carbonate generally has only a slight effect on the bulk d 13C values. By 

contrast, incorporation of only 3% diagenetic carbonate precipitated during sulphate reduction 

(d 13Cdiag ~ -15%o) produces a 0.5%o deviation from the primary value (Fig. 5.4). Fossil d13 C
•

is therefore very sensitive to the incorporation of carbonate during sulphate reduction or 

methanogenesis. During methanogenesis the porewater d 13C values tend towards +8%o and 

the primary belemnite 3 13 C signal is again highly sensitive to alteration. Incorporation of 

some 10% diagenetic calcite, depending on the d'3 C actually attained by the methanogemc 

carbonate, is sufficient to significantly alter the primary bulk fossil d'3 C compositioa

In summary, if the belemnites and oysters analysed in this study were largely altered 

under meteoric conditions, removal of samples with altered Sr, Mn, and Fe values should
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reduce the scatter in the d 18O data while having little impact on (he quality of the d 13C data. By 

contrast, if most diagenesis occurred during methanogenesis or deeper burial, removal of high 

Mn and Fe samples should variably improve the scatter in both data sets, depending on the 

temperatures of alteration and the extent of methanogenic production of isotopically heavy 

carbon. If most diagenesis occurred during sulphate reduction, however, Mn, Fe, d 18O, and 

^Sr/^Sr should remain largely unaffected whereas the d13 C should show significant scatter 

towards negative values. 

5.2.2 Results for &*O and dl3C

The most consistent pattern between d 18O values and Mn and Fe concentrations is that 

the more metal-rich samples tend to plot nearer the bottom of the envelope of data scatter 

(Figs. 5.5, 5.6). The most altered samples with respect to oxygen (d18O « -3.5%c) show no 

consistent pattern with respect to metal enrichments, indicating that these samples were 

probably altered under a variety of conditions. A similar pattern is observed in the carbon 

isotope data, except that in this case the more metal-enriched samples tend to plot along the top 

of the envelope of data scatter (Fig. 5.7,5.8). The most altered samples with respect to d 13C 

(«-1.5%o) tend to have high Mn and Fe concentrations, but the number of such altered 

samples is small. Another general pattern is that higher Mn and Fe concentrations tend to be 

associated with the Lower Jurassic Yorkshire samples as compared to those from Dorset (see 

ChapterS). Accordingly, the Yorkshire d 18O data tend to plot lower and the d 13C data tend to 

plot higher than the respective Dorset data (Figs. 5.9,5.10).

Taken alone, the stable isotope data could be interpreted in terms of slightly warmer 

(lower d 18O) and more productive (higher d13C) waters in Yorkshire as compared to Dorset 

However, in combination with the Mn and Fe data, it seems more logical to conclude that the 

Yorkshire samples tended to incorporate more methanogenic calcite than did the Dorset 

samples. Complete fossilisation of the Dorset belemmtes during sulphate reduction is 

consistent with their generally low Mn and Fe concentrations and implies that the d 18O values
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should be indistinguishable from the primary belemnite values whereas the d'3 C values may 

be lowered somewhat by the incorporation of unknown (but small) quantities of - 15%o 

diagenetic calcite. The fossilisation of the Yorkshire belemnites during methanogenesis is 

consistent with their generally higher Mn and Fe concentrations, lower d'8O values associated 

with the higher temperatures found at deeper burial depths, and with the more positive d 13C 

values that could either be associated with a more primary signal or with variable incorporation 

of isotopically heavy methanogenic calcites. Because methanogenesis takes place once pore 

waters are placed out of reach of the diffusion of SO42" from overlying seawater (beginning 

about 10 m below the sediment-water interface; Claypool and Threlkeld, 1983), the 

fossilisation of the Yorkshire belemnites during the zone of methanogenesis is consistent with 

the generally higher sedimentation rates in Yorkshire as compared to Dorset

In conclusion, Mn and Fe are not useful in this study for distinguishing altered stable 

isotopic values from unaltered values. However, systematic patterns between the Mn and Fe 

data and the d 18O and 3 13C data indicate that the belemnite and oyster data set has been at least 

slightly affected by diagenesis. The Dorset data may be affected by the incorporation of 

sulphate reduction calcite. This implies that whereas the d'8O values may be taken as 

representative of the original biogenic calcites, the d13C values are likely to be displaced 

towards more negative values. The Yorkshire data are more consistent with the inclusion of 

methanogenic calcite in the fossil samples. This implies that whereas the measured belemnite 

d 18O values may be too low, the d13 C values may be too high. However, the Yorkshire d13 C 

values are more likely to be more accurate than the corresponding Dorset data because the 

methanogenic calcites are less positive (up to +8%o) than the sulphate reduction calcites are 

negative (typically -15%o). At present it is not possible to go beyond this largely qualitative 

assessment of the extent of diagenetic alteration of the primary marine signal in the sampled 

belemnites and oysters.



148

CM <P

Figure 5.5: Comparison between d 18O values of belemnite and oyster samples 
containing more and less than 50 ppm Mn. Samples with less than 50 ppm Mn tend to be 
well-preserved with respect to their Sr-isotopic compositions; selection of a different Mn 
cut-off does not significantly affect the ability of Mn to resolve between apparently altered 
and unaltered material.
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Figure 5.6: Comparison between d I8O values of belemnite and oyster samples 
containing more and less than 150 ppm Fe. Samples with less than 150 ppm Fe tend to be 
well-preserved with respect to their Sr-isotopic compositions; selection of a different Fe cut­ 
off does not significantly affect the ability of Fe to resolve between apparently altered and 
unaltered material.
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Figure 5.7: Comparison between d 13C values of belemnite and oyster samples 
containing more and less than 50 ppm Mn. Samples with less than 50 ppm Mn tend to be 
well-preserved with respect to their Sr-isotopic compositions; selection of a different Mn 
cut-off does not significantly affect the ability of Mn to resolve between apparently altered 
and unaltered material.
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Figure 5.8: Companson between d 13C values of belemnite and oyster samples 
containing more and less than 150 ppm Fe. Samples with less than 150 ppm Fe tend to be 
well-preserved with respect to their Sr-isotopic compositions; selection of a different Fe cut­ 
off does not significantly affect the ability of Fe to resolve between apparently altered and 
unaltered material.
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Figure 5.9: Comparison of the d 18O values of samples collected in Dorset and 
Yorkshire. Oyster samples collected through the buddandi zone of the Smemunan come 
from Dorset whereas all other oysters come from Yorkshire.
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Figure 5.10: Comparison of the d 13C values of samples collected in Dorset and 
Yorkshire. Oyster samples collected through the bucklandi zone of the Sinemurian come 
from Dorset whereas all other oysters come from Yorkshire.
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5.3 Discussion of cPO Data

As indicated in the introduction, there is a large literature regarding the late 

Mesozoic marine d 18O curve. However, much of this literature suffers from analytical 

procedures that may have distorted the signal as recorded in the carbonate samples and 

from inadequate screening for diagenetically altered material. Of this extensive literature, 

Hudson and Anderson (1989) have helpfully selected a number of papers covering the 

Triassic, Jurassic, and Early Cretaceous that they feel fulfils modern criteria for both 

analytical and sample selection procedures (Stahl and Jordon, 1969; Jordon and Stahl, 

1970; Kalteneggere/o/., 1971;Spaeth^o/., 1971;StevensandClayton, 1971; Veizer and 

Fritz, 1976; Marshall, 1981; Wefer, 1982; Brand, 1986; Jenkyns and Clayton, 1986). 

Ages for the data of Veizer and Fritz (1976) are assigned using the biostratigraphic tables of 

Arkell (1956) and Urlichs (1977). Unfortunately, even this carefully selected data set is 

severely limited by the fact that it is composed of a large number of small data sets spaced 

widely in time and geographic coverage. The combination of poor time constraints and a 

mixture of different geographic settings makes delineation of any palaeoclimatic trend 

difficult Figures 5.11 and 5.12 present a comparison between the compiled data 

(represented by boxes delimiting both age and isotopic uncertainties) and the data collected 

in this study.

The curves of the Hettangian, Sinemurian, and early Pliensbachian stages are 

virtually unconstrained by previously published data (Fig. 5.11). The data from this study 

seem to indicate a decline in d18O across the Triassic/Jurassic boundary hitting a minimum 

probably in the mid-Hettangian (a number of data points from the upper Hettangian are 

very negative, probably due to diagenetic alteration, and are deleted from the graph; c.f. 

Fig. 5.6). The Sinemurian is characterised by a well-developed rise in the d'8O of samples 

from both coasts that culminates with a peak in the lowest Pliensbachian. The data seem to 

fall off somewhat through the Pliensbachian, but unfortunately beyond the mid-
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Figure 5.11: Comparison of the Early Jurassic d18O data collected in this study with 
previously published results collected mainly from European sections. Area of the boxes 
represents errors in both age assignments and d18O values compiled from the literature. 
Note that the temperature scale on right is non-linear (Anderson and Arthur, 1983) and that 
tic marks refer to the d18O scale on the left
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Pliensbachian it becomes difficult to define the trend of the curve due to many of the 

Yorkshire data plotting about 2%o lower than the Dorset data If these lower data points are 

ignored as diagenetic artifacts, it seems that the oxygen isotope curve reaches a minimum in 

the davoei-tnargaritatus zones and another maximum in the latest Pliensbachian. In the 

Toarcian and Aalenian there are few apparently reliable data points on which to base a best- 

estimate curve. The published data hint that the curve declines back to roughly - l%o and 

there is an indication of another maximum in the late Toarcian and Aalenian. However, the 

considerable scatter over this interval, including what seem to be unreasonably positive 

values, makes close definition of the curve impossible.

It is impossible to assign accurate palaeotemperatures to belemnite and oyster d 18O 

values without a knowledge of their biological fractionation effects or of the life habits of 

belemnites (e.g., water depths and migration patterns). However, approximate 

palaeotemperature estimates (Fig. 5.11; right axis) may be made by application of the 

palaeotemperature equation of Anderson and Arthur (1983),

T(C) = 16.0-4.14(d18OUpiepDB-d 18OsMow) + 0.13(5 18CUpiepDB-d18Q;Mow)2, 

assuming that calcite precipitated from global mean seawater has d 18OfeMow equal to -1.0%o 

on the SMOW scale (Shackleton and Kennett, 1975). According to this conversion, Early 

Jurassic palaeotemperatures off the coast of Britain ranged between a maximum of 18 - 23 

°C in the Hettangian to minima of 12 °C at the beginning and end of the Pliensbachian and 

probably in the latest Toarcian and Aalenian. The southern coast of Great Britain was at 

about 30 °N at the beginning of the Jurassic and moved to about 35 °N by the late 

Pliensbachian (Smith and Briden, 1977). Palaeotemperatures of 18 - 23 °C are perfectly 

compatible with modern ocean summer surface temperatures at similar latitudes (Gross, 

1987), although they seem slightly cool if it is considered that Britain was in the midst of 

the "European archipelago" at that time and may therefore have had warmer temperatures 

analogous to the Mediterranean located at a similar latitude today. The palaeotemperature
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minima of -12 °C is compatible with modem winter temperatures at the same latitude, but 

again these temperatures seem too cool for a long-term change for an inland seaway at this 

palaeolatitude. The fact that the rest of the Jurassic and Early Cretaceous data also indicate 

palaeotemperatures as cold or colder than -12 °C (see below) suggests several possibilities: 

either the local water masses were relatively depleted in 16O, perhaps due to enhanced 

evaporation in the interior seaway; that the ice-free world calculations of Shackleton and 

Kennett (1975) are in error for the Jurassic and Early Cretaceous; that there were episodic 

developments of Mesozoic ice that led to oceans depleted in 16O; or that oysters and 

belemnites exert systematic biological fractionation effects on d18Q

The d 18O data for the rest of the Jurassic and the Early Cretaceous are more sparsely 

distributed through time and are characterised by greater scatter (Fig. 512). The Aalenian, 

Bajocian, and Bathonian data of this and previous studies continue at the relatively heavy 

values of 0%o or even somewhat greater in the early Bathonian. This corresponds to 

palaeotemperatures of 12 °C or cooler according to the palaeotemperature equation listed 

above. While the scattered Bathonian and Callovian data seem to indicate a drop in 

seawater d'8O values, the evidence is not really strong enough to eliminate the simpler 

possibility that the curve continues undisturbed at - 0%o through at least the earliest 

Oxfordian. The succeeding Oxfordian and Kimmeridgian data are difficult to interpret due 

to a systematic offset between the oyster and belemnite data. Although in general there is 

no d 18O offset between the two fossil groups, over this interval the oyster data show a well- 

defined decline that by the Kimmeridgian reaches its lowest d18O values (highest 

temperatures) since the Hettangian whereas the sparse belemnite data are consistent, in 

conjunction with the previously published data, with a continuation of the curve at about 

0%c. This offset is unlikely to be due to primary difference in water temperatures inhabited 

by the two groups because the oysters come from the relatively deep-water fades of the 

Kimmeridge Clay and thus are unlikely to have lived in warmer waters than the belemnites
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Figure 5.12: Comparison of the Jurassic and Early Cretaceous d 18O data collected in this 
study with previously published results collected mainly from European sections. Area of 
the boxes represents errors in both age assignments and d18O values compiled from the 
literature. Note that the temperature scale on right is non-linear and that tic marks refer to 
the d 18O scale on the left
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living at shallower water depths. Diagenetic alteration is unlikely because although the low 

Mn concentrations, high pyrite content, lowered 318O values, and apparently well- 

preserved Sr isotopes are consistent with fairly pervasive alteration during the zone of 

sulphate reduction, the fact that the oyster carbon isotopes are heavier than those of coeval 

belemnites (see Fig. 5.15) is inconsistent with substantial recrystallisation during sulphate 

reduction. Diagenesis during methanogenesis is a possible explanation, although the 

extremely low oyster Mn concentrations are inconsistent with the Mn-rich pore waters that 

are expected under reducing conditions in mudrocks. Perhaps the most likely explanation 

is that the small, thin-shelled oysters of the Kimmeridge Clay exerted a biological 

fractionation against 18O as a result of a specialised metabolism that enabled them to live in 

the faunally impoverished, low-oxygen bottom-waters of the Kimmeridge Clay 

(Oschmann, 1988; Wignall, 1990).

The Early Cretaceous data begin at about 0%o in the Ryazanian and reach a 

maximum of slightly more than -K).5%o in the Hauterivian. Following this rise both the 

published data and the data of this study indicate a decline through the Barremian. The 

Aptian data are suspect because the oysters, although giving reasonable Sr-isotope values, 

show very high Fe concentrations (Chapter 3). It may be that the curve reaches a minimum 

in the Barremian and then, following the published data, recovers by the Aptian and 

declines slightly into the Albian. It is worth collecting more Early Cretaceous data because 

although the Aptian data are consistent with the proposed warming associated with a 

volcanic CO2-induced "greenhouse" (Weissert, 1989; Weissert and Lmi, 1991; Larson, 

1991), the probable diagenetic alteration of this material means that the current data cannot 

be used to test this hypothesis.

In overview, it is interesting to note that, assuming d 18C%Mow has remained 

constant over the Mesozoic, the Early Jurassic seems to have been generally warmer than 

the rest of the Jurassic and Early Cretaceous. The best-estimate Early Jurassic curve



160

oscillates around about -1%0 (Fig. 5.11), which is near the -1.2 d l8OpBD that Shackleton 

and Kennett (1975) calculate for an ice-free world, whereas the rest of the Mesozoic data 

indicate that the world oceans remained at about 0%o. 

5.4 Discussion of d13C Data

Changes in the d'3 C of the world's oceans reflect variations in the relative fluxes of 

isotopically distinctive carbon in and out of the ocean-atmosphere-terrestrial biosphere 

system (Fig. 5.13). Although both positive and negative d 13C excursions have been 

observed in the geological record, it is the positive excursions that have received the most 

attention. Positive excursions are thought to represent periods of accelerated global organic 

carbon burial. Because organic carbon is isotopically very light (d13 C = -25%c), 

accelerated removal of this carbon from the ocean-atmosphere-biosphere system results in a 

significant depletion of 12C and thus results in a positive d 13 C excursion.

A number of globally synchronous carbon burial events in the Jurassic and 

Cretaceous have received a considerable amount of attention due to their importance as 

potential oil source rocks and as sudden, naturally occurring major perturbations of the 

global carbon cycle (e.g., Schlanger et al., 1987; Arthur et al., 1987; Jenkyns, 1988; 

Arthur et al., 1990; Weissert and Lini, 1991; Lini et al., 1992). The best way to document 

firmly the timing, duration, and global importance of a given carbon-burial event is to 

record a positive 3 13 C excursion in a large number of widely distributed, 

biostratigraphically calibrated localities. Global coverage is essential to distinguish between 

local and truly global events.

In the absence of carbon isotope data it is possible to highlight candidate global 

carbon burial events by tracing the prevalence of organic-rich shales restricted to 

synchronous horizons around the world. The difficulty with this approach is twofold. 

First, for times such as the Triassic and most of the Jurassic where the deep-sea record has 

long since been subducted, the identification of carbon-burial events relies on the
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"Old" Corg: 900 Tg/yr at -25%c 
Carbonates: 14000 Tg/yr at +0.4%o
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2300 Tg/yr at -9.5%o
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Contributed to Rock Weathering: 

2100 Tg/yr at -6.0%c

Released to Atmosphere by 
Marine CaCO-^ Deposition:

2100 Tg/yr at -6.0%o.
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Net Burial of C : 1 150 Tg/yr at -257™

Deposition: 2100 Tg/yr at +0.4%0

Weighted Average Output: 3250 Tg/yr at -8.6%e>

Mantle Outgassing

Volcanic Emissions: 950 Tg/yr at -6.0%o

A Balanced Carbon Cycle for the Holocene (from Arthur et a/., 1985)

Figure 5.13: The major inputs to the marine carbon cycle are the weathering of 
carbonates and organic-rich sediments on land and mantle outgassing of primordial carbon. 
Atmospheric CO2 participates in the weathenng cycle, but makes no net contribution due to 
the balance between rock weathering and the marine precipitation of CaCC^. The main 
marine sinks of ocean carbon are the sedimentary bunal of organic matter and CaCO,. 
Note that the most extreme d13C values are associated with the burial of organic matter 
(d 13C ~ -25%o).
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land-based record. For times of restricted cpicontinental seas, the sedimentary record is 

necessarily sparse and it may be that periods of enhanced carbon burial are therefore 

overlooked For times of extensive epicontinental seas the record may yield abundant 

stratigraphic sections, but the difficulties of precise global biostratigraphic correlation and a 

lack of quantitative information as to the relative changes in global organic carbon buried 

make any conclusions tentative.

The best documented Mesozoic carbon burial events occur during the Early 

Toarcian (faldfenan zone, Jenkyns, 1988), across the Valanginian/Hauterivian boundary 

(Lini et al., 1992), from the middle to late Aptian (Weissert and Lini, 1991), in the early 

and latest Albian (Arthur et al., 1990), across the Cenomanian/Turonian boundary 

(Schlanger et al., 1987), and in the latest Coniacian (Jenkyns, 1991). The existence of 

these events is firmly based on well-correlated <3 13 C isotope excursions and backed up by 

the wide-spread occurrence of organic-rich sediments at these times. In addition to these 

events, Hallam (1987) has compiled a list of times that, based on the documentation of 

widely distributed organic-rich sediments, may also be characterised by accelerated rates of 

carbon burial. Although Lower Jurassic sediments are not common around the world, the 

Early Jurassic was a time of widely distributed ammonite genera, and this has allowed 

Hallam (1987) to achieve the most detailed results for this interval of the Mesozoic.

According to Hallam (1987), thin but widespread organic-rich shales of Rhaetian 

and early Hettangjan age are found throughout northwestern Europe and in northern 

Canada Unfortunately the restricted epicontinental seas of the time and make it difficult to 

assess the significance of these shales as representing a global carbon burial event. The 

Sinemurian sernicostatiim and turiieri zones mark an apparently global transgression 

characterised by a transition to shaley, frequently organic-rich deposits in eastern Asia, 

North and South America, and throughout Europe, (Hallam, 1981). The wide distribution 

of documented carbon-rich strata at this time make this is a good candidate for a global
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carbon burial event The davoei and margaritatus zones of the late Pliensbachian also show 

biostratigraphically well-documented evidence for transgressive deposition of organic-rich 

shales in Europe and especially in eastern Asia and North America (Hallam, 1981,1987). 

This event manifests itself as a minor positive d 13C excursion restricted to the margaritatus 

zone (Jenkyns and Clayton, 1986; Jenkyns, 1988). By far the best-documented event in 

the Early Jurassic occurs during the early Toarcianfaldferutn zone. This event is 

associated with a strong positive d13C excursion (Jenkyns and Clayton, 1986) as well as 

with well-documented black shales found around the world (Jenkyns, 1988).

Figure 5.14 demonstrates that for each of the candidate burial events discussed 

above there is a corresponding shift in the belemnite and oyster carbon-isotope data. The 

proposed Rhaetian/earliest Hettangian event appears to be confirmed by relatively positive 

(~ +4%o) d13C values for oyster data collected in this study and whole-rock data collected 

from slightly lower in the same stratigraphic succession by Campos and Hallam (1979). 

The relatively well-documented, widely distributed organic-rich shales from the turneri- 

obtuswn zones correspond to what appears to be the peak of a long-term increase in the 

d 13C curve. The curve then declines slowly until reaching the earliest Pliensbachian, when 

it suddenly shifts downwards from +2 to 0%o. Data from both coastal sections confirm this 

excursion, although later on there is a divergence between the Dorset and Yorkshire data. 

It is not certain whether this shift represents an actual negative excursion or merely 

increased diagenetic alteration at the two lithologjcally similar sample localities. The carbon- 

isotope curve recovers from 0 to nearly +3%o in the ibex zone. This positive shift probably 

does not constitute what is normally considered to be a positive carbon-isotope excursion, 

both because Hallam (1987) does not note the ibex zone as being characterised by organic- 

rich shales and because 613C values of +3%o are not markedly more positive than much of 

the Lower Jurassic data The curve levels off for the remainder of the Pliensbachian until 

the margaritatus zone, when there is another positive excursion
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Figure 5.14: The carbon-isotope curve for the Early Jurassic. The timing of the 
candidate carbon-burial events of Hallam (1987) is plotted for comparison with the positive 
d 13C excursions in the belemnite and oyster data set The ibex zone event is the only one 
not predicted by Hallam (1987); it may represent merely a recovery from the negative 613 C 
values of the lower Pliensbachian and not a true positive carbon-isotope excursion.
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reaching nearly +4%c. Although the data of this study suggest that the peak of this event 

occurs in the latest margaritatus, the more extensive data set of Jenkyns and Clayton (1986) 

and Jenkyns (1988) places the peak in the mid-margaritatus zone. From this point through 

most of the rest of the Toarcian the data are from the Yorkshire coast only. The most 

prominent feature is the +6%c peak centred exactly at the exaratum-falciferum subzone 

boundary in the mid-fakiferum zone. The timing of this peak corresponds exactly to that 

of the Jenkyns and Clayton (1986) and Jenkyns (1988) data The rest of the Early Jurassic 

sees a decline towards a level of roughly +l%o in the Aalenian.

For the rest of the Jurassic there is no convincing evidence for globally 

synchronous carbon-burial events. According to Hallam's (1987) analysis of the 

sedimentary record, the next candidate interval for organic-rich shales occurs in the 

Callovian. The English Middle Callovian is certainly marked by organic-rich, bituminous 

shales, but similar correlative deposits are not traceable into Europe or found extensively 

elsewhere. Hallam finds some Callovian organic-rich shales in a Blake Ridge DSDP hole 

and in Saudi Arabia, but there appears to be no compelling evidence to suggest that the 

Middle Callovian hosts a truly global event His review suggests that the Oxfordian 

through the Early Cretaceous Ryazanian/Berriasian stages seem to mark an extended 

interval generally characterised by organic-rich oil source rocks, but there does not seem to 

be any clear indication of a single, narrowly confined event analogous to that of the 

Toarcian.

The Jurassic and Early Cretaceous d 13C data of Figure 5.15 appear to suggest a 

major shift from roughly 0.5 to 3%c in the early Bathonian and major carbon-isotope 

excursions in the early Oxfordian and Aptian/Albian. However, the early Bathonian 

transition from +0.3 to +3%c coincides exactly with a change from belemnite to oyster 

samples. It is not simple to gauge the significance of this change in sample materials 

because there is no simple systematic offset between the belemnite and oyster data It turns
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out that whereas the belemnite and oyster data from the Lower Jurassic and Callovian show 

little or no systematic offset, there are large offsets between the belemnite and oyster data of 

the Kimmeridgian, Ryazanian, Barremian, and Aptian/Albian.

It seems likely that the Aalenian, Bajocian, and Bathonian data are relatively 

accurate since these samples come from oolitic rocks where any diagenetic shift of the 

primary dBC signal was probably buffered by the carbonate of the host rocks. There also 

seems to be little doubt about the Callovian data because both oysters and belemnites give 

similar results and because the positive d 13C shift corresponds to a transition to organic-rich 

sediments where diagenetic alteration is most likely to result in a negative shift Thus, 

whereas there is good evidence for a carbon-isotope shift from ~0.5 to ~3.0%o some time 

during the Bathonian, the transition from belemnites to oyster samples means that the 

timing of this shift cannot be constrained to have occurred suddenly in the early Bathonian. 

The shift may have been gradual or occurred somewhat later, perhaps across the apparently 

transgressive Bathonian/Callovian boundary.

The next major feature is a peak reached in the early Oxfondian cordatum subzone. 

Because this excursion is defined entirely by one fossil group (oysters), it seems likely that 

this peak is primary. Although there is additional stable isotopic evidence for an early 

Oxfordian event from sections in Italy and France (Jenkyns, pers. comm., 1991), these 

excursions are restricted to the transversariwn zone (Submediterranean fauna! province), 

which occurs roughly one zone after the Dorset cordatum subzone event Hallam (1987) 

notes that the late Jurassic is generally characterised by relatively organic-rich sediments, 

but unfortunately there is no independent sedimentological evidence in support of a carbon- 

burial event in the early Oxfordian. Without strong supporting sedimentological and stable 

isotopic evidence from other stratigraphic sections, this isotope excursion must be regarded 

as tentative and perhaps of only local importance.
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Figure 5.15: The carbon-isotope curve for the Middle and Late Jurassic and the Early 
Cretaceous. The interpretation of this curve is complicated by systematic offsets between 
the oyster and belemnite data that appear to be significant during some intervals but 
insignificant during others.
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After the early Oxfordian the d13 C data decline towards a minimum reached near the 

basal stage of the Cretaceous. This parallels a trend documented by Weissert and Channell 

(1989) for four Italian sections spanning the Kimmeridgian, Tithonian, and Berriasian 

stages. The large negative spike near the Kimmeridgian-Portlandian boundary is most 

probably a diagenetic artifact The data then rise towards about+1.5%o during the 

Valanginian, Hauterivian, and Barremian, but without any suggestion of the carbon-isotope 

event documented for the Valanginian/Hauterivian boundary by Uni et al. (1992). 

Although this may be a function of the sparsity of the data coverage, it should be noted that 

this is the only known carbon-isotope event that is not independently supported by the 

belemnite and oyster stable isotope data The negative excursion in the mid-Barremian is 

probably a result of diagenesis, and, although there is no doubt as to the existence of major 

carbon-isotope excursions during the Aptian and Albian, there are no belemnite data to 

confirm the magnitude of the oyster-dominated positive excursion through this interval. 

The pattern of carbon-isotope excursions in the Aptian/Albian is complex, but it appears 

that there are two events that cover much of the early and middle Aptian (Weissert and Lini, 

1991) while a third is concentrated in the late Aptian and earliest Albian (Weissert, 1989; 

Arthur et al., 1990). The data of this study seem to confirm the early Aptian excursion, but 

unfortunately coverage is too incomplete to be used to confirm the late Aptian/earliest 

Albian excursion. The time interval covering a latest Albian event (Arthur et al., 1990) is 

not represented by data collected in this study. 

5.5 Conclusion

In conclusion, belemnites and oysters appear to preserve reasonable stable isotopic 

data that may be useful in sorting out certain palaeoceanographic problems in the Jurassic 

and Cretaceous. At the current level of understanding, the considerable scatter of belemnite 

and oyster data requires that samples must be densely collected as a function of time in 

order to separate "noise" from what may be the primary seawater trends. A detailed
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consideration of different taxonomic groupings and of the variability within individual 

belemnites and oysters may yield useful insight not only into the trend of a primary 

seawater curve, but also into the palaeobiology of the different belemnite and oyster 

groups. A second area requiring much work is diagenesis. It is essential to develop tracers 

of diagenesis that are more sensitive to alteration as it affects the stable isotopic composition 

of belemnites and oysters preserved in a variety of host rocks. Finally, a more quantitative 

interpretation of the relationship between the d 18O data and the assigned palaeotemperatures 

requires a calibration of belemnite and oyster calcites to calcites whose biological effects are 

better understood. A good step in this direction would be to compare detailed 

measurements of belemnites collected in well-preserved nannofossil chalks with isotopic 

measurements obtained from the surrounding chalk matrix.



170 

Chapter 6: The Marine Geochemical Cycle of Strontium

6.1 Introduction

The interaction between the various components of the marine geochemical cycle of 

strontium determines the evolution of the seawater Sr-isotope curve through geological 

time. A detailed understanding of the components of this cycle is therefore a necessary 

prerequisite for a better understanding of the seawater Sr-isotope curve. Sr is primarily 

transported to the oceans by rivers and meteoric groundwaters, mid-ocean ridge (MOR) 

hydrothermal springs, and pore fluids escaping compacting marine sediments. Sr is 

removed from the oceans as a component of calcium carbonates, sulphates, and 

phosphates. The ^Sr/^Sr ratio of seawater Sr is controlled by the balance between river 

waters, with generally high ^Sr/^Sr ratios, MOR hydrothermal fluids, with low ratios, 

and Sr derived from the recrystallisation of ocean sediments, with intermediate ratios. 

Table 6.1 contains a set of quantitative estimates of these parameters used by various 

authors in their mass balance calculations.

Table 6.1: Published parameters of the geochemical

Ref.

1
2
3
4
5
6

RSW

0.70924
0.7092
0.70917
0.70916
0.70924
0.70916

Jr

2 ,
2.
3
o
3!
3,

w

.5

.5

.0

.5

.1

.3

0
0
0,
0.
0.
0,

Rrw

.7111

.7111

.7101

.7101

.7101

.7119

Jb

0.38
1.45
0.38
0.38
0.48

-1.08

Rh

0.7040
0.7029
0.7036
0.7036
0.7035
0.7035

cycle of Sr

0
0
0
0
0
0

Jd

.34

.55

.24

.30

.34

.34

Rd

0.7084
0.7084
0.7087
0.7087
0.7084
0.7084

T DJ g Kg

2.22 0.711

2.22 0.7101

R = ^Sr/^Sr ratio of Sr2*; J = flux of dissolved Sr in 1010 mol/yr
Subscripts sw = seawater, rw = river water, h = MOR hydrothermal spring water, d
diagenetic pore fluids, g = subsurface ground water (runout)

1 Palmer and Elderfield (1985) 4 Hodell et al ( 1989)
2 Chaudhuri and Clauer (1986) 5 Veizer (1989)
3 Goldstein and Jacobsen (1987)______6 Palmer and Edmond (1989a)____
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While the estimates are in broad agreement, the differences are large enough , 

particularly as regards the hydrothermal flux, to effect significantly the modelled evolution 

of the marine Sr-isotope curve through geological time. Figure 6.1, for example, shows 

the calculated effects of changing the hydrothermal flux proportionally to the amount of 

new oceanic crust produced each year (according to the data of Kominz, 1984; see Chapter 

7 for calculations). It is evident from this diagram that the importance of the hydrothermal 

component varies considerably according to the mass balance adopted. Thus, while we 

know qualitatively that the observed Sr-isotope curve simply reflects the relative 

contributions of radiogenic riverine Sr and nonradiogenic MOR Sr, it proves difficult to 

model quantitatively even the main features of the Sr-isotope curve over past 150 Ma. It is 

the purpose of this chapter to determine whether or not the main fluxes of the Sr cycle may 

be more closely constrained such that the seawater Sr isotope curve may be more 

quantitatively understood.

CO

Modem Seawater

0.7088- 

0.7086 -

0.7082 - 

0.7080 -

Palmer and Elderfield (1985) 
Chaudhuri and Clauer (1986) 

-A- Hodell eta/ (1989)
Palmer and Edmond (1989)

60 80 100 120 140

Age (Ma)

Figure 6.1: Calculated effects of varying the magnitude of the hydrothermal flux of Sr 
proportionally to the changes in the area of new oceanic crust produced each year (as 
tabulated by Kominz, 1984). Four different Sr cycles (see Table 6.1) give significantly 
different results.
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6.2 Strontium in Modern Seawater 

6.2.1 Distribution, Concentration, and Mass in World Oceans

There are relatively few high quality data on the distribution of Sr throughout the 

world's oceans. Early efforts were hampered by the poor precision, accuracy, and 

reproducibility of analytical techniques whereas more recent studies, using isotope dilution 

mass spectrometry (IDMS), are few in number. These later studies (Bemat et al, 1972; 

Brass and Turekian, 1972, 1974) find that whereas Sr is quite conservative throughout 

most of the water column, it can be strongly affected by biological activity in the surface 

layers of the ocean. The detailed profiles of Bernat et al. ( 1972) and Brass and Turekian 

(1972, 1974) show a significant depletion of Sr in surface waters (upper 100 m), a variable 

enrichment between about 500 m and 1500 m, and conservative behaviour below 1500 m. 

A strong correlation between Sr and the nutrient elements P, N, and Si suggests a 

biological carrier of Sr. While the calcareous tests of pteropods, foraminifera, and 

coccolithophores are obvious candidate carriers for Sr, the celestite (SrSO4) tests of the 

radiolarian genus Acantharia appear to be the only medium capable of producing the 

observed Sr tends. The strong undersaturation of seawater with respect to SrSO4 means 

that these tests dissolve after only a few hundred meters of descent through the water 

column (Broecker and Peng, 1982) and thus do not remove Sr from the oceans.

Table 6.2 shows a compilation of mean Sr/salinity ratios (measured in milligrams of
• 

Sr per gram of total salts) based on the data collected below the oceanic depths affected by

biological activity. Although the Atlantic data appear to be systematically lower than the 

Pacific data, this is probably only an artefact of the data set. The Atlantic data of Brass and 

Turekian (1972) and Bernat et al. (1972) may not be representative of the Atlantic Ocean 

because the former were collected using AAS while the later were collected from the 

Mediterranean Sea. The mean of the remaining Atlantic data, 0.2207, is nearly identical to
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the mean of the Pacific IDMS data, 0.2205, and the global mean Sr/salinity ratio is thus 

estimated at 0.2206 ± 0.0015.

Table 6.2: Sr/salinity ratios (mg Sr/g salt) in world oceans

Reference Atlantic Pacific Notes

Brass and 0.217 ±0.003 (n=18) 0.220 ±0.004 (n=14) 1
Turekian (1972) No IDMS data 0.220 ± 0.006 (n=3)
Bernat et al (1972) 0.217 ±0.003 (n=10) 0.219 ±0.001 (n=13) 2
Brass and 0.2201 ± 0.0003 (n=13) 0.2225 ± 0.0006 (n=7)
Turekian (1974) 0.2214± 0.0003 (n=ll) 0.2224 ± 0.0005 (n= 17) 3

All data collected using IDMS unless otherwise noted.
1 Analysed using atomic adsorption spectrophotometry (AAS)
2 Atlantic data collected in the Mediterranean Sea
3 Pacific data collected in the Drake Passage_________________________

The average salinity of the oceans, not including the marginal seas, is 34.72%o 

(Worthington, 1981). An earlier estimate of Montgomery (1958) has given 34.71%c not 

including marginal seas and 34.72 %o including the marginal seas (e.g., the Black Sea at 

22.5 %o, Mediterranean Sea at 38.5 %o, Arctic/Greenland-Norwegian Seas at 34.95 %o, and 

the Red Sea/Persian Gulf at 40.5 %o). The global average is best taken at 34.72 ± 0.01 %o. 

Taking (0.2206 +/. 0.0015 mg Sr/g TDS) times (34.72 +/. 0.01 g TDS/kg seawater) yields 

a mean Sr concentration in the world's oceans of 7.66 +/_ 0.05 mg/kg or 87.4 ± 0.6 

/<mol/kg. Using a volume of 136,891 X 104 km3 for the world's oceans (Montgomery, 

1958; Berner and Berner, 1987) and a density of seawater of 1.025 g/cm3 (Bemer and 

Berner, 1987), the total mass of Sr in the world's oceans is estimated at 1.075 +/. 0.007 * 

10 19 g or 1.227 */. 0.008 * 10 17 moles of Sr. 

6.2.2 The Isotopic Composition of Strontium in Modern Seawater

The analyses of an impressive array of calcareous organisms and seawater samples 

from a variety of marine environments scattered around the world have yielded two 

important conclusions: the world's oceans are isotopically homogeneous with respect to 

Sr and biogenic calcites accurately record the ^Sr/^Sr ratio of contemporary seawater
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(Burke et al., 1982; Faure, 1982, 1986; Palmer and Elderfield, 1985; DePaolo and Ingram, 

1985; Hess et al., 1986). DePaolo and Ingram (1985), for example, report a standard 

deviation of 0.000009 for the mean ^Sr/^Sr ratio of 14 shell samples from around the 

world. This certainly suggests that the oceans are very well stirred with respect to Sr.

Despite the agreement regarding the homogeneity of seawater Sr isotopes, the 

reported ^Sr/^Sr ratios of seawater are not identical (Table 6.3, first column). This 

variability stems from differences between mass spectrometers, laboratory procedures, and 

the assumed or measured values for the Eimer and Amend and NBS SRM 987 standards. 

The Eimer and Amend (E & A) standard is generally assumed to have a ^Sr/^Sr ratio of 

0.708000. The accepted value of the NBS 987 standard, however, has varied between 

0.71014 and 0.710275. Both Faure (1982, 1986) and Burke et al. (1982), for example, 

assume that E & A equals 0.70800 and NBS 987 equals 0.71014, resulting in estimates of 

seawater ^Sr/^Sr of, respectively, 0.70906 and 0.70910. Both values, while representing 

a large number of analyses, are considerably lower than those values obtained on more 

modern machines and are therefore not used when calculating the mean seawater ^Sr/^Sr 

ratio.

Only two subsequent seawater Sr-isotope studies report both the E & A and the 

NBS 987 standards. Palmer and Elderfield (1985) quote E & A = 0.708066 and NBS 987 

= 0.710275; normalising to E & A = 0.708000 gives an NBS 987 of 0.710209. Hess et 

al. (1986) normalised their NBS 987 values to an E & A value of 0.708000 to give NBS 

987 = 0.710220. In this study a large number of E & A and NBS 987 standards were 

measured in the same turrets such that the two are directly related by nearly identical 

operating conditions. The result is a mean of 0.708028 for E & A and 0.710254 for NBS 

987. Normalised to E & A = 0.708000, NBS 987 becomes 0.710226, which is nearly 

identical to the result obtained by Hess et al. (1986). In an effort to define more rigorously 

the isotopic composition of seawater, Table 6.3 summarises the observed seawater
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Table 6.3: Measured 8 'Sr/ODSr of Modern Seawater

Ref. Measured E & A NBS 987 Normalised Normalised Normalised 
^Sr/^Sr Standard Standard to 0.708000 to 0.710220 to 0.710226

1 -- 0.70800 - 0.70906
2 0.70907 0.70797 0.71014 0.70910 0.70915 0.709156
3 0.709238 0.708066 0.710275 0.709172 0.709183 0.709189
4 0.709234 - 0.71031 - 0.709144 0.709150
5 - 0.70800 - 0.709200
6 0.709187 - 0.71026 -- 0.709147 0.709153
7 -- 0.70800 0.710220 0.709198 0.709198 0.709204
8 0.709175 - 0.710235 -- 0.709160 0.709166
9 0.709250 -

10 0.709189 0.708028 0.710254 0.709161 0.709153 0.709161

Mean (without refs 1,2):___________0.709183 ± 19 0.709164 ± 22 0.709171 + 21

1 Faure (1982, 1986) 6 Elderfield and Greaves (1981),
as updated in Elderfield(1986)

2 Burke et al. (1982) 7 Hess et al. (1986)
3 Palmer and Elderfield (1985) 8 Hodell et al. (1989)
4 DePaolo and Ingram (1985) 9 Ludwig el al. (1988)
5 Staudigel et al. (1985)_____10 This study________________________

ratios from a number of studies, the observed or assumed E & A and NBS 987 

standards for each study, and the seawater ^Sr/^Sr ratios normalised to E & A = 

0.708000, NBS 987 = 0.710220 (Hess et al., 1986; Elderfield, 1986), and NBS 987 = 

0.710226 (this study). The 3 averages are within 1 standard deviation of each other 

(0.709183 ± 19; 0.709164 + 22; 0.709171 ± 21). The best estimate for the modern marine 

^Sr/^Sr ratio is taken as 0.709180 ± 25 when normalised to E & A = 0.708000. 

6.3 Continental Runoff and Groundwater Sr

Continentally derived Sr is carried to the oceans by rivers ̂ nd subsurface 

groundwaters. To constrain the impact of this Sr on the marine budget it is necessary to 

estimate the annual flux of river and ground waters and the concentration and isotopic 

composition of Sr in these waters.
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6.3.1 Estimates of River Runoff

For the purposes of examining the hydrological cycle, runoff (Q) is defined as the 

difference between the amount of precipitation (P) that falls on a given area and the amount 

of water that evaporates (E) or soaks into the ground (GW):

Q = P - E - GW.

Time-series data of measured river discharge and precipitation are used as the core of any 

estimate of global river runoff. For the significant areas of the world for which there are no 

data, regional extrapolations based on various models (e.g., water balance or 

precipitation/runoff ratios) must be used to fill in the gaps.

The most recent estimates of river runoff range between 39,700 and 44,700 km3/yr 

(Baumgartner and Reichel, 1975; Korzun et al., 1974). To my knowledge there is no 

detailed study that evaluates and compares the relative merits of the data sources and 

interpolation techniques of the two studies, and it is certainly beyond the scope of this 

study to undertake such an analysis. The work of Baumgartner and Reichel (1975) is more 

often favoured simply because the river runoff data (as well as the E and P data) are 

conveniently tabulated not only by continent and ocean but also by 5° belts of latitude 

(Berner and Berner, 1987; Meybeck, 1988; Tardy et al., 1989). However, comparison of 

the Baumgartner and Reichel (1975) data with previously published runoff estimates 

suggests that their estimate is in fact the more accurate.

A compilation of global river runoff estimates published since 1920 (Table 6.4) 

shows that the pre-1970 estimates tend to cluster near 37,000 km3/yr whereas those made 

after 1970 tend to cluster around 40,000 km3/yr. This offset in the flux estimates is due to 

several significant improvements in the basic hydrological data set (measured Q and P 

values) that forms the heart of any global water budget. Baumgartner and Reichel (1975) 

make a detailed comparison between their work and the work of Marcinic (1964/5) and find 

that improved runoff estimates for the Amazon and Orinoco rivers and the Antarctic, as
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well as improved precipitation estimates for a number of areas around the world, account 

for 2460 km3/yr out of the total 3350 knrVyr difference between the river runoff estimates 

of the two studies. If this extra 2460 knrVyr, which represents real improvements in the 

data base, is added to the pre-1970 estimates, the "jump" disappears and most estimates 

cluster near 40,000 knrVyr (Table 6.4). The exceptions are Livingstone (1963), which is 

too low, and Budyko (1963), Nace (1968), and Korzun et al. (1974), which are too high. 

Because most estimates are nearer to the 39,700 km3/yr of Baumgartner and Reichel (1975) 

than to the 44,700 km3/yr of Korzun et al. (1974), it is likely that the former is the more 

accurate.

Table 6.4: A compilation of global river runoff estimates.

Author Year

Wust 1 1920
Lvovitch 1 1945
Budyko2 1963
Livingstone3 1963
Lvovitch 1 1964
Marcinec2 1964/5
Mira Atlas2 1964
Nace 1 1968
Lvovitch 1 1969
Mather2 1970
Baumgartner
and Reichel2 1973
Lvovitch 1973
Korzun et al 1974
Baumgartner
and Reichel 1975
Mean (Standard Deviation)

1 Cited in Lvovitch (1973)
3 Corrected for an additional
4 Corrected by 2460 km3/yr

Runoff (km3/yr) Corrected Runoff4

37,100
37,000
47,000
34,690
37,320
36,350
36,000
42,600
38,150
37,000

40,000
40,930
44,700

39,700
39,180(3,550)

2 Cited in Baumgartner and
2300 knrVyr from Greenland

39,560
39,460
49,460
37,150
39,780
38,810
38,460
45,060
40,610
39,460

40,000
40,930
44,700

39,700
40,940 (3,270)

Reichel (1975)
and Antarctica

due to improvements in the core data.

Of this total runoff, a certain amount reaches the oceans as glacial ice and thus does 

not transport dissolved weathered material to the seas. Korzun et al. (1974) consider 

runoff in polar regions in some detail and conclude that out of the 2965 km3/yr of total
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polar runoff, 2405 km3/yr (80%) is in the form of ice. Taking 80% of Baumgartner and 

Reichel's (1975) total of 2300 knrVyr for Greenland and Antarctica yields 1840 knrVyr of 

frozen runoff. Subtracting this from the total runoff yields 37,860 knrVyr of river runoff. 

Meybeck (1988), Berner and Berner (1987) and others using Meybeck's work use a non- 

ice runoff of 37,400 km3/yr (not corrected for the 20% liquid runoff in Antarctica and 

Greenland), and this estimate will be used in this study for reasons of stability. Qualitative 

error estimates range from 34,000 (-10%) to the 42,300 km3/yr of ice-free runoff calculated 

by Korzun et al. ( 1974). 

3.3.2 River-Water Strontium

The concentration and isotopic composition of Sr in a given river is primarily 

controlled by the lithology of the basin. As a first approximation, three end-members may 

be defined: rivers draining Archaean crystalline terrenes have low Sr concentrations and 

high ^Sr/^Sr ratios (e.g., the Grande Riviere de la Baliene in Canada: [Sr] = 0.10 

^mol/kg, '"Sr/^Sr = 0.7384; Wadleigh et al., 1985); rivers draining basaltic or young 

volcanic terranes have intermediate Sr concentrations and low ^Sr/^Sr ratios (e.g., the 

Pampanga River in the Philippines: 1.3 |/mol/kg, 0.7054; Goldstein and Jacobsen, 1987); 

and rivers draining limestone terranes have high Sr concentrations and intermediate 

^Sr/^Sr ratios (e.g., the St. Lawrence River, North America: 2.0 ^mol/kg, 0.7095; 

Goldstein and Jacobsen, 1987). Most rivers drain a variable mixture of these end-members 

in addition to the spectrum of other possible rock-types. The final Sr composition of each 

river is a function of the relative proportion of each rock type exposed to weathering and 

the relative weathering rates of each lithology. These weathering rates are in turn a 

complex function of the local geology, the topographic relief of the basin, and the climate 

of the basin. As a result, it is exceedingly difficult to predict accurately the concentration 

and isotopic composition of a given river.
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The weighted average of all published river Sr data yields a concentration of 0.890 

^mol/kg Sr and an isotopic composition of ̂ Sr/^Sr = 0.7119 (Palmer and Edmond, 

1989a). A number of factors affect the accuracy of these estimates and make the 

assignment of accurate error bars difficult. First, Palmer and Edmond (1989a) feel that the 

average concentration may be somewhat low because many of the rivers were sampled at 

median to high stages when higher discharges tend to dilute the measured Sr 

concentrations. Second, a number of major rivers have not yet been sampled and it is 

difficult to assess how representative the current sample set is for the 53% of the world's 

river runoff that has not yet been sampled. Finally, the data set is difficult to handle 

statistically due to the strong river-to-river variability in the Sr concentration and isotopic 

composition and to the variations in the individual river discharges (which are used to 

weight each data point in the weighted average) that span 4 orders of magnitude.

It is useful to look at how the weighted average of the river data changes as a 

function of river runoff in order to evaluate any systematic changes in Sr concentration or 

isotopic composition and to gain an understanding of how representative the current data 

set may be for all world rivers. Figures 6.2a and b are constructed by beginning with the 

data from the smallest river at the far left and adding data from successively larger rivers to 

a weighted average moving to the right across the page. Thus the data point labelled 

"Rhine" in Figure 6.2a represents the weighted average of data from the Rhine and all 

smaller rivers. From this figure we can see that the Rhine is a Sr-'rich river that acts to raise 

the weighted average of the data set and that the next few rivers act to bring the calculated 

average Sr concentration down to lower values. There are two main advantages to this type 

of diagram. First, using a weighted average suppresses the strong variability of the 

concentration and isotopic data that otherwise tends to obscure any trends in the riverine 

data. Second, this type of diagram clearly shows the relative effects of each river on the
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weighted average of the data set and thus highlights those rivers that may have an 

anomalously large impact on the calculated global averages.

The evolution of the weighted mean river water Sr concentration (Fig. 6.2a) 

illustrates that although the medium-sized rivers (Yellow to Parana") tend to raise the mean 

to 1.7 - 2.1 /Ymol/kg, the addition of the 10 largest rivers brings the weighted mean down 

to the final weighted average of 0.89 /<mol/kg. The 3 largest rivers, in particular the 

Amazon, have the largest impact in moving the average from from 1.4 ^mol/kg to 0.89 

/*inol/kg. Another characteristic of the data set is a 'saw-tooth' shape produced by a few Sr- 

rich rivers that tend to raise sharply the weighted average followed by a number of larger 

rivers that tend to bring the average back down. Thus the Yellow, Rhone, Rhine, Indus, 

Mackenzie, Mekong, and Yangtze each act to raise the global average while the rest of the 

rivers tend to lower it. To test the sensitivity of the final weighted average to these 

unusually Sr-rich rivers, each in turn was deleted from the data base and the mean was 

recalculated. The result is that no single Sr-rich river raises the final answer by more than 

10% (at the extreme, the Mekong raises the average from 0.81 to 0.89 /<mol/kg). This 

suggests that no individual river has an anomalously large impact on the calculated average 

Sr concentration and thus that the final calculated average is relatively robust.

A firm upper limit on the average river Sr concentration may be calculated by 

assuming that the remaining 53% of the world's river water averages near the 1.8 ^mol/kg 

of the medium-sized rivers of Figure 6.2a. Taking the average 0.*89 //mol/kg for the 

measured 18,722 km3/yr of discharge plus an assumed average of 1.8 ><mol/kg for the 

remaining 18,678 km3/yr yields a global average of 1.34 /<mol/kg. A firm lower limit is set 

by assuming that the remaining unmeasured rivers have an average equal to the 0.51 

/<mol/kg that characterises the 10 largest rivers; this yields a global average of 0.70 

wmol/kg. The average concentration of Sr in river water is thus firmly bracketed to be 0.89 

/<mol/kg plus or minus a factor of 1.5.
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Figure 6.2 a,b: The evolution of the weighted mean concentration (a, top) and isotopic 
composition (b, bottom) of river water as a function of river size is calculated by starting 
with the smallest river (left) and adding successively larger rivers to the weighted average 
until the final result is obtained at the far right. See text for discussion.
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Figure 6.2b shows the evolution of the weighted mean ^Sr/^Sr ratio as a function 

of river size. The most distinctive feature of this diagram is the jump from 0.7102 to 

0.7117 that occurs with the addition of the Ganges River to the weighted average (top 

curve of Fig. 6,2b). As discussed by Palmer and Edmond (1989a), the Ganges and 

Brahmaputra are distinct from all other normal rivers in having both high Sr concentrations 

and high ^Sr/^Sr ratios. Normally Sr-rich waters are associated with marine sediments 

with intermediate Sr ratios (^Sr/^Sr = 0.7068 - 0.7092) whereas high ^Sr/^Sr ratios are 

associated with Sr-poor waters draining slowly weathering silicate terranes. The Ganges 

and Brahmaputra are exceptional because the Himalayan mountains expose highly 

metamorphosed old continental basement rocks to intensive weathering that rapidly releases 

highly radiogenic Sr to the river systems (Edmond, 1991). A comparison of the upper and 

lower curves of Figure 6.2b clearly illustrates that removing the Ganges and Brahmaputra 

rivers from the data set results in a significantly lower global average ^Sr/^Sr ratio. The 

large jump to 0.7117 disappears and the evolution of the weighted average ^Sr/^Sr ratio 

increases only slightly from 0.7101 to 0.7109 as it moves from the medium to large rivers. 

This diagram dramatically illustrates the effect that a single unusual geological feature can 

have on the calculation of a global riverine geochemical budget.

Many of the other major rivers draining the Himalayas (Mekong, Irrawady, Indus, 

Salween) and other tectonically active areas in the world have been sampled or estimated 

(Palmer and Edmond, 1989a), but none are as exceptional as the Ganges and Brahmaputra. 

Because the Ganges and Brahmaputra are highly unusual, it is inappropriate to treat them as 

ordinary data points when calculating the global weighted average of river water. A more 

representative global average is obtained by excluding the Ganges and Brahmaputra from 

the data set, calculating the weighted average of the remaining data, and using this figure to 

extrapolate to the remaining 53% of unsampled runoff. Finally, the Ganges and 

Brahmaputra are added in to obtain the final global average. The weighted
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average Sr isotopic composition excluding the Ganges and Brahmaputra (the lower curve in 

Figure 6.2b) is 0.7109. Adding the Ganges and Brahmaputra data (1053 knrVyr, 1.21 

^mol/kg, 0.7236) to the global extrapolation (36,347 knrVyr, 0.801 /<mol/kg, 0.7109) 

yields a best-estimate river water with 0.813 /<mol/kg Sr and ^Sr/^Sr = 0.7114. Note that 

this exercise only halves the influence of these two rivers on the final ^Sr/^Sr estimate (the 

average is raised from 0.7109 to 0.7114 instead of to 0.7119). The Ganges and 

Brahmaputra still have an exceptionally large impact on the global river water Sr budget. A 

reasonable lower limit on the ^Sr/^Sr estimate is calculated by assuming that the remaining 

53% of the data set is unlikely to be below the strongly developed median of the data set at 

about 0.711 (Palmer and Edmond, 1989a). This defines error limits ranging from 0.7112 

to the whole data set average of 0.7119.

The interpretation of the seawater Sr-isotope curve is hindered by the fact that the 

seawater Sr cycle is characterised by more variables than there are equations. To help 

overcome this problem, Figure 6.3 presents the relationship between the concentration and 

isotopic composition of Sr in the world's rivers. In general, one expects that rocks with 

high Rb/Sr ratios show radiogenic ^Sr/^Sr ratios whereas rocks with low Rb/Sr ratios 

show relatively non-radiogenic ratios. Rocks with high Rb/Sr ratios tend to have low Sr 

concentrations, while those with low Rb/Sr ratios tend to have high Sr concentrations. 

Thus rivers weathering rocks with high Rb/Sr ratios tend to have low concentrations of 

radiogenic Sr while rivers weathering rocks with low Rb/Sr ratios tend towards higher 

concentrations of nonradiogenic Sr. A simple mixing line between these two end- 

members produces a straight line on a ^Sr/^Sr - l/[Sr] plot. For real data we would 

expect considerable scatter around any "mixing" line due to real rivers draining different 

combinations of the end-member lithologies, e.g., limestone and basalt, basalt and 

Archaean gneiss, gneiss and limestone, in addition to the spectrum of other rock-types.
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The Sr/ Sr - l/[Sr] plot of Figure 6.3 suggests a general linear relationship for 

the river data. The notable exceptions are the Ganges and Brahmaputra, whose 

combination of high Sr concentrations and radiogenic ^Sr/^Sr ratios were noted earlier, 

and the Avon and Murchinson rivers, which combine high Sr concentrations with 

radiogenic ^Sr/^Sr ratios due to the evaporative concentration of Sr in the Australian 

deserts. The bulk of the data from the major rivers (arbitrarily taken as having runoff 

> 300 km3/yr) is indistinguishable from the data of the small and medium-sized rivers, 

indicating that there is no need to subdivide the data set based on river size. A regression 

of the data weighting each point equally yields a relationship of

^Sr/^Sr = (0.0022 ± 0.0004)/[Sr] + (0.7085 ± 0.0018).

This line is plotted in Figure 6.3. There are three estimates for the weighted global average 

(crosses) plotted for comparison. The estimate of Palmer and Edmond (1989a) plots well 

above the line, an average calculated excluding the Ganges and Brahmaputra data plots 

somewhat below the line and the best-estimate obtained in this study plots only slightly 

above the line. The three points form a trend moving towards the Ganges and Brahmaputra 

data. Although as a first approximation it seems reasonable to suppose that a global shift in 

the concentration of riverine Sr may be accompanied by a compensating shift in its isotopic 

composition, the poor resolution of the regression line plus the possibility that exceptional 

geological events may produce exceptional excursions, as illustrated by the Ganges and 

Brahmaputra data, make the application of the linear relationship of Figure 6.3 to the 

geological past somewhat hazardous.

In summary, the best-estimate of the total global river discharge is 37,400 km3/yr, 

with qualitative error estimates spanning 34,000 to 42,300 knrVyr. The best-estimate of 

Palmer and Edmond (1989a) is an average riverine Sr concentration of 0.890 /<mol/kg and 

a ^Sr/^Sr ratio of 0.7119. In this study it was shown that the Ganges and Brahmaputra
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data are exceptional and exert a disproportionate effect on the weighted average of the river 

data. Therefore the weighted average used to extrapolate to the 53% of unsampled river 

runoff is calculated using all river data except the Ganges and Brahmaputra, and the 

Ganges and Brahmaputra are added to the global best-estimate only after this estimate is 

obtained for all other river water. The revised best-estimate is 0.81 /^mol/kg with a 

^Sr/^Sr ratio of 0.7114. The Sr concentration is firmly constrained to be between 0.70
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and 1.34 ^mol/kg and the "Sr/^Sr ratio to between 0.7112 and 0.7119. The global Sr 

flux to the oceans, taking into account various error limits, is presented below: 

37,400 (34,000 - 42,300) km 3/yr * 0.81 /<mol/kg

= 3.0 (2.8 - 3.4) * 1010 mol/kg 

37,400 km3/yr * 0.81 (0.70 - 1.34) //mol/kg

= 3.0 (2.6 - 5.0) * 1010 mol/kg 

37,400 (34,000 - 42,300) km3/yr * 0.81 (0.70 - 1.34) /<mol/kg

= 3.0 (2.4 - 5.7) * 1010 mol/kg

Thus the flux of Sr to the oceans is constrained to within factors of + 1.9 and -0.8, with 

much of the error attributable to uncertainties in the average concentration of Sr in river 

water. Palmer and Edmond (1989a) consider that the river data constrain the Sr flux to 

within about 30%. This yields narrower error limits of (2.1 3.9) * 1010 mol/kg Sr. 

6.3.3 "Runout"

The magnitude of the subsurface flow of meteoric waters into the oceans ("runout") 

is difficult to measure. The flux of groundwaters into the oceans shows large variations 

both from point to point along a given coastline and as a function of depth below the earth's 

surface. There are few direct measurements of this flow, and only a few rough estimates 

of the global flux. Nace's (1969) rough calculations for the coterminous United States 

suggest that the subsurface flow is equal to about 5% of the total streamflow. 

Extrapolating this proportion to the global system, 0.05*37,400 k'm3/yr yields 1870 

km3/yr. Korzun et al. (1974) assume a zone of runout that is 200 m deep, with a 10% 

active porosity, a groundwater flow velocity of 0.5 m/day, and a total coastline (not 

including Antarctica or regions with coastal permafrost) of 600,000 km. They calculate a 

groundwater flux of 2200 km3/yr. Chaudhuri and Clauer (1986) break the system into two 

levels: the upper 10 m is characterised by a high fluid flow (15 m/day) while the next 3000 

m has a much lower flow rate of 0.1 mm/day. With effective porosities, respectively, of
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0.2 and 0.15 and a total coastline of 312,000 km (of which only 50% has sufficiently 

permeable rocks), an estimate is obtained of 1700 km3/yr for the upper 10 m and 2.6 

km3/yr for the lower 3000 m. The most recent estimate, based on 33% of global rain 

falling on an area equal to 5% of the continental shelves infiltrating and half of this amount 

discharging into the oceans through submarine springs, is 100 km3/yr ± a factor of 3 

(COSOD II, 1987). The estimates of the global subsurface meteoric fluid flux thus range 

between 30 and 2200 km3/yr. 

6.3.4 Strontium in Meteoric Groundwaters

There are few data on the concentration and isotopic composition of Sr in 

groundwaters. Chaudhuri and Clauer (1986) compiled the results from 3 studies for 

waters draining the upper 10 m zone and estimated a global average Sr concentration of 1 

ppm, and from 5 studies estimated a global average of 100 ppm for the fluids draining the 

lower 3000 m zone. The resultant global flux of Sr is 2.2 * 10 10 mol/yr. They found no 

measurements of the isotopic composition of Sr, and assumed a ratio near average river 

water (0.711). Palmer and Edmond (1989a) briefly considered the runout term and 

concluded that because most groundwater flow occurs through carbonate and evaporate 

formations, the groundwater Sr is predominantly of marine origin (^Sr/^Sr = 0.707 

0.709) and therefore does not have a significant impact on the Sr-isotope budget of the 

oceans. Recently published results from OOP cores drilled in active margins tend to 

support this conclusion. As is the case for the diagenetic flux (see below), the majority of 

continental margin sites show pore fluid ^Sr/^Sr ratios that are lower than seawater 

contemporaneous with the deposition of the surrounding sediments (Gieskes et a/., 1990; 

Kastner et a/., 1990; Elderfield et al. 1990). The only exceptions are two sites drilled on 

the Peruvian slope that showed pore fluids obviously affected by continentally derived 

radiogenic Sr (maximum ^Sr/^Sr * 0.70995). However, two other sites drilled on the 

Peruvian slope yielded Sr isotope ratios as low as 0.7083 and showed clear evidence for
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interaction with nonradiogenic volcanic or basaltic materials (Elderfield et al, 1990). For 

the purposes of this study, the estimate of Chaudhuri and Clauer (1986) will be taken as a 

maximum limit of the runout flux of Sr (2.2 * 1010 mol/kg). The isotopic composition of 

this Sr, based on pore fluid data collected from continental margin sediments approximately 

20 m depth below the sea floor, is very roughly estimated at 0.7085 - 0.7089 (Gieskes et 

al., 1990; Kastner et al., 1990; Elderfield et al., 1990). It should be emphasised that all 

parameters of the runout flux are very poorly constrained. 

6.4 Diagenetic Flux

There are 3 potential sedimentary sources of Sr in pore fluids: volcanic detritus 

(87Sr/86Sr v o 7025 . 0.704), continental detritus (0.712 - 0.743; Dasch, 1969), and marine 

carbonates (0.707 0.709). Sea-floor sediments characterised by each of these three end- 

members were examined by Elderfield and Gieskes (1982) in an effort to estimate the flux 

of Sr associated with the burial diagenesis of each sediment type.

At sites without carbonate material they find pore fluids with relatively small 

enrichments in dissolved Sr2* but relatively large decreases in the ^Sr/^Sr ratio, indicating 

significant exchange of Sr2"1" with volcanic glass and ash. The few sites that show pore 

water S7Sr/86Sr ratios higher than seawater contemporaneous with sediment deposition are 

associated with impure carbonates containing significant continental detritus. While the 

data are consistent with continental detritus contributing Sr to the pore fluids, they are also 

consistent with the possibility that the very low sedimentation rates at these sites have 

allowed seawater Sr2* to diffuse down into the pore fluids. Thus Elderfield and Gieskes 

(1982) conclude that there is no conclusive evidence for continental detritus as a significant 

contributor of Sr to the diagenetic flux. The concentration gradients at the non-carbonate 

sites are roughly 0.02 - 0.03 mM Sr2* per 100 m below the sea floor and have an average 

ratio of approximately 0.7064.
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The pore waters at carbonate sites show Sr^ concentrations up to 10 times that of 

seawater but with ^Sr/^Sr ratios that decrease only moderately with depth. The ^Sr/^Sr 

ratios of the pore fluids reflect the ^Sr/^Sr ratios of the carbonate sediments undergoing 

recrystallisation during compaction and lithification. The carbonate sites show 

concentration gradients of 0.5 - 1.0 mM Sr2+ per 100 m with an average ^Sr/^Sr of 

approximately 0.7087. This isotopic composition is equivalent to that of =16 Ma seawater 

(Hess et al., 1986).

Elderfield and Gieskes (1982) convert the vertical concentration gradients into 

global fluxes assuming no advection, an average distribution coefficient DSr of 2 * 10"6 

cm2/s, an ocean area of 361 * 1016 cm2 , and the equation Jd = DsXAtSr^/Adepth). This 

results in a flux of 1 2 * 1010 mol/yr for carbonate sediments and 0.05 - 0.07 * 1010 

mol/yr for non-carbonate sediments. These values are then corrected for the area of sea 

floor currently occupied by each sediment type. Assuming that carbonates occupy 25% of 

the sea floor and non-carbonates occupy the remaining 75%, this results in 0.25 - 0.50 * 

10 10 mol/yr for carbonate sediments and 0.038 - 0.053 * 10 10 mol/yr for non-carbonate 

sediments. In a later publication the best estimate values were fixed at 0.3 * 1010 and 0.04 

* 10 10 mol/yr (Palmer and Elderfield, 1985). Goldstein and Jacobsen (1987) applied a 

different diffusion model to the data and general assumptions of Elderfield and Gieskes 

(1982) and obtained a diagenetic carbonate flux of 0.24 * 1010 mol/yr. The best-estimate 

values selected by Palmer and Elderfield (1985) are used in this study. 

6.5 Mid-Ocean Ridge Hydrothermal Springs 

6.5.1 Geophysical Constraints

The circulation of seawater through oceanic crust at elevated temperatures exerts a 

fundamental control on the chemistry of Sr and other elements in the oceans. The 

inaccessibility of deep-sea hydrothermal vents forces us to constrain the magnitude of 

chemical exchange in hydrothermal systems using geophysical heat flow measurements, a
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small number of direct observations, geochemical basalt/seawater experiments, and simple 

mass-balance calculations.

The largest volume of seawater circulates through the oceanic crust along the mid- 

ocean ridges, with smaller volumes circulating around the ocean island hot spots (Karl et 

al, 1988), back-arc spreading centres (Fouquet et al., 1991), and other sites of sea-floor 

volcanism. The areal extent of seawater circulation at the mid-ocean ridges is best mapped 

by examining the discrepancy between the predicted and observed conductive heat flow 

through the oceanic crust (Figure 6.4). Thermal models of the oceanic crust predict that as 

it moves off-axis, the cooling of the crust causes both the elevation and conductive heat 

flow to decrease as a simple function of the square root of age. While the observed 

elevation of the sea floor beautifully matches the theoretical predictions (e.g., Tr£hu, 1975; 

Parsons and Sclater, 1977), the observed heat flow data fall well below the model 

predictions near the ridge axis and only match the predictions on relatively old oceanic crust 

(Figure 6.4; Anderson and Hobart, 1976; Anderson et al., 1977; Sclater et al., 1980). This 

'missing heat'-the difference between the theoretical and observed conductive heat flow-is 

thought to be convectively removed by cold sea water circulating through the highly 

fractured basaltic crust (Lister, 1972, 1974; Anderson and Hobart, 1976; Sclater et al., 

1976).

As indicated in Figure 6.4, convective heat flow generally dominates in oceanic 

crust 0-50 Ma in age while conductive heat flow generally dominates in crust older than 60 

Ma. In detail, however, the timing of the transition from predominantly convective heat 

flow to predominantly conductive heat flow varies from site to site (Figure 6.5), ranging 

from 4-6 Ma at the Galapagos rift, 10-15 Ma along the East Pacific Rise, 40-60 Ma in the 

Indian Ocean, and 50-70 Ma in the Atlantic Ocean (Anderson et al, 1977). The timing of 

this transition depends on a number of locally controlled variables such as burial of the 

permeable basaltic basement by more than 300 m of relatively non-calcareous sediments,
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Figure 6.5: Comparison between the theoretical heat flow curve and the observed heat 
flow data from a number of oceans, showing the vanations in the timing of the shut-down 
of convective flow. From Anderson et at. (1977).______________________

burial of all topographic irregularities of the basement, and the precipitation of sufficient
•

secondary material in the fluid pathways (Anderson et al., 1977; Sleep and Wolery, 1978). 

When near-axis conductive heat flow measurements are restricted to only those areas where 

thick sedimentary cover has shut down convective exchange, the observations match the 

theoretical predictions all the way up to the ridge axis and thus confirm the basic 

correctness of the geophysical models (Sclater et al., 1976).

In addition to giving an impression of the areal extent and geographic variability of 

oceanic crust open to seawater circulation, the 'missing heat1 removed by seawater can be
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used to estimate the amount of seawater moving through the seafloor. The total convective 

heat loss is calculated by subtracting the globally averaged, observed heat flow curve from 

the theoretical curve (e.g., Fig. 6.4). The results vary from about 20.9 * 10 19 J/yr (50 * 

1018 cal/yr) (Anderson et al., 1977; Sleep and Wolery, 1978) to 31.8 * 1019 J/yr (76 * 10 18 

cal/yr) (Sclater et a/., 1980). Williams and von Herzen (1974) arrive at a similar estimate 

of 25.8 * 10 19 J/yr (61.5 * 1018 cal/yr) based on the amount of heat released by newly 

emplaced crust at spreading centres and assuming that 50% of the heat lost in < 2 Ma crust 

is due to hydrothermal circulation. These convective heat flow estimates may be converted 

to an estimate of hydrothermal fluid flux using an entropy-balance equation (Sleep and 

Wolery, 1978):

4 = H/(ThC p h - TinCp in),

where Jh is the hydrothermal flux of water (kg/yr), H is the heat flux (J/yr), Tin is the 

temperature (°C) of the fluid entering the system, Th is the maximum hydrothermal 

temperature attained at depth (and presumably the temperature at which most interesting 

geochemical reactions occur), and Cp is the heat capacity (J/g°C) of the fluid when it enters 

and leaves the system. We have estimates for Tin (= 2 °C), and the heat capacity of 

seawater over a range of T and P (Bischoff and Rosenbauer, 1985), but we have to 

consider the appropriate values of H and Th in more detail.

For geochemical reasons it is useful to divide hydrothermal fluids into those 

emanating from high temperature axial systems (Th > 250 °C) an3 those exiting from low- 

temperature, off-axis (flank) systems. The amount of heat lost through axial hydrothermal 

flow is constrained by geophysical models of the thermal structure of the crust at mid-ocean 

ridges (Sleep et al., 1983; Morton and Sleep, 1985; Wolery and Sleep, 1988; Sleep, 1991). 

In these models, heat is supplied to the mid-ocean ridges by the intrusion of hot magmas 

and by the latent heat of crystallisation released by the cooling magmas. If heat were only 

conductively removed, the top of the magma chamber would be at about 1 km depth,
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whereas the chamber tops are seismically observed at 2.3 - 2.5 km depth. Sleep et al. 

(1983) and Morton and Sleep (1985) modelled the effect of hydrothermal vents on the 

thermal balance of a mid-ocean ridge by distributing a series of heat sinks at and near the 

ridge axis and then increasing the efficiency of these sinks until the depth and shape of the 

model magma chamber matched the seismically imaged magma chambers at three different 

spreading centres. Their results suggest that a time-averaged convective heat loss of 2.5 - 

4.1 * 10 19 J/yr (mean of three = 3.3 * 10 19 J/yr) is required to explain the observed thermal 

structure within about 2 km of the ridge axis. This is only about 12 - 20% of the total 

'missing heat' estimate of Sleep and Wolery (1978) and 8 - 13% of the estimate of Sclater 

et al. (1980). The remainder of the mid-ocean ridge convective heat loss is thus thought to 

occur through low-temperature, off-axis circulation.

Because the heat capacity of seawater rapidly changes at elevated temperatures and 

pressures (Bischoff and Rosenbauer, 1985), the calculated hydrothermal flux required to 

remove a given amount of heat from the ridge axis is strongly dependant on the assumed 

temperature and pressure of the hydrothermal fluids. Figure 6.6 clearly illustrates that it is 

essential to know not only the general P and T conditions for axial hydrothermal systems, 

but also the relative proportions of heat removed by different systems at specific P,T 

conditions. For example, if all heat were removed by fluids at 400 °C and P = 400 bars, 

roughly 11 * 1012 kg/yr of water would be required to do the job. If only 25% of the heat 

were removed by fluids at these conditions while the rest were removed by fluids at 200 

°C, a total of (1.1 * 10 12) + (36 * 1012) = 37 * 1012 kg/yr of water would be required. 

Thus it is clearly essential to consider not only the maximum temperatures attained by the 

hydrothermal springs, but also the range of temperatures characterising the fluids of 

geochemical interest.
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Figure 6.6: Variation in the amount of seawater required to remove 3.3 * 10 19 J/yr heat 
as a function of temperature and pressure attained by the seawater. Calculated using the 
entropy balance equation of Sleep and Wolery (1978) and the heat capacity data of Bischoff 
and Rosenbauer (1985)
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So far only high-temperature, vigorously circulating, black- and white-smoker 

vents have been well-sampled. These springs are characterised by relatively tight plumbing 

systems that prevent the subsurface admixture of large amounts of cold seawater and 

relatively small vent openings that allow relatively pure hydrothermal fluid samples to be 

taken. While there is evidence for diffusively flowing springs in close proximity to these 

smokers (Von Damm, 1990), diffuse venting makes sampling difficult and in any case it is 

likely that subsurface mixing with seawater has strongly altered the chemical and thermal 

properties of the original hydrothermal fluid. Thus, although lower temperature 

hydrothermal fluids are important, the bulk of the experimental and observational data 

concerns the high-temperature smokers.

Recent experimental data indicate a narrow temperature range for the reaction zone 

in which modified seawater interacts with basalt to become a typical black-smoker fluid. In 

a variety of basalt/modified seawater experiments at 400 bars pressure, Seyfried et al. 

(1988), Berndt et al. (1989), and Seewald and Seyfried (1990, and references therein) find 

that in order to produce the chemical characteristics of observed black smoker fluids, a 

temperature of at least 375 °C to about 400 °C is required. Their best-estimate range is 

between 385 and 400 °C. By contrast, a compilation of observed vent temperature data 

shows an apparent maximum exit temperature of only 350 ± 5 °C (Cambell et al., 1988; 

Seewald and Seyfried, 1990). While some recent work (Tivey et al., 1990; Fouquet et al., 

1991) has indicated exit temperatures up to 405 °C, 350 °C is still* taken as an appropriate 

maximum exit temperature for the majority of vents. To bridge the gap between exit 

temperatures of 350 °C and reaction zone temperatures of 385 - 400 °C, Seewald and 

Seyfried (1990) propose the following model: All black smoker fluids react at temperatures 

of 385 - 400 °C at pressures of around 400 bars. The fluids undergo adiabatic 

decompression as they rise towards the seafloor; this lowers their temperatures by about 10 - 

15 °C. The remainder of the 20 °C or more cooling takes place as the fluids pass through
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the massive sulphide deposits and vent chimneys. These structures are bathed in cold 

seawater and, especially when plumbing systems are complex, are thought to account for 

the number of vents with measured exit temperatures that are an additional 20 to 50 °C 

cooler than 350 °C. Because this conducted heat is emplaced very locally and on the 

surface, it does not affect the overall conductive heat flux of the new crust and thus is not 

detected in regional conductive heat-flux surveys (Sleep and Wolery, 1978). There is no 

reason, therefore, to take special consideration of this 20 - 70 °C/kg H2O conductive heat 

loss and it is appropriate to use hydrothermal fluid temperatures corrected only for adiabatic 

decompress!ve cooling (e.g., Texit = 370 - 390 °C).

A more traditional approach to the problem of maximum hydrothermal reaction 

temperatures has been to assume that the rapid ascent of the vent fluids does not allow 

significant conductive cooling (contra Seewald and Seyfried, 1990) and thus to take 350 °C 

as the maximum exit temperature attained by the black smoker fluids. Vent temperatures 

that are significantly cooler than 350 °C are assumed, with some evidence (e.g., Bowers et 

al., 1988; Palmer and Edmond, 1989b), to reflect cooler temperatures at depth. Following 

this approach, a histogram of the exit temperature data for the chemically analysed vents (N 

= 20, Guaymas data excluded) yields a range of vent temperatures (Texit) between 320 and 

360 °C.

Returning to the enthalpy-balance equation of Sleep and Wolery (1978),

JH = H/(T|,Cp i, TjnCp jj,

the estimated axial heat flux H is 3.3 (2.5 - 4.1) * 10 19 J/yr, the heat capacity data come 

from Bischoff and Rosenbauer (1985), the pressure range is 300 - 500 bars, the 

experimental exit temperatures are 370 - 390 °C, and the observed exit temperatures span 

320 - 360 °C. The estimated global high-temperature hydrothermal flux using the 

experimental temperatures ranges between 6.2 and 17.2 * 10 12 kg/yr, with a best estimate 

of 13.0 * 1012 kg/yr, while the same estimate using the observed exit temperatures yields
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between 10.5 and 26.7 * 10 12 kg/yr with a best-estimate of 18.3 * 1012 kg/yr. 

Incorporating both estimates yields a final best-estimate of 15 * 1012 kg/yr plus or minus a 

factor of 2. As a final comment, this estimate assumes that all axial 'missing heat1 is 

removed by high-temperature (> 320 °C) fluids. If 50% of this heat were removed by 

lower temperature fluids at 200 °C, a total of 29.3 * 1012 kg/yr of seawater is required to do 

the job, with only 9.2 * 10 12 kg/yr being due to high-temperature vents (Texi, = 340 °C). It 

is thus important in the future to place more rigorous constraints on the lower temperature 

limits of geochemically significant hydrothermal activity. 

6.5.2 Geochemical Constraints 

6.5.2.1 High-Temperature Axial Vents

The discovery of MOR (mid-ocean ridge) hydrothermal springs in the late 70's was 

of great interest to the geochemists who were unable to balance the geochemical cycles of a 

variety of seawater elements. In the case of Mg, for example, the known sources of Mg2+ 

to the oceans far outweighed the known sinks. Thus one had either to assume that modern 

riverine fluxes were seriously out of equilibrium with respect to the oceans, or to postulate 

widespread authigenic formation of Mg-bearing phyllosilicates for which there was little 

supporting evidence (see reviews in Holland, 1978; Berner and Bemer, 1987). The 

proposed existence of hydrothermal springs along the mid-ocean ridges therefore led to a 

large number of experiments in which seawater was made to react with basalt under a 

variety of elevated temperature and pressure conditions. The results of these experiments 

indicated that seafloor hydrothermal springs could be a major sink for Mg as well as 

significantly impacting the geochemical cycles of a number of other seawater components.

In 1979 Edmond et al. published the first chemical data on a series of hydrothermal 

vents discovered at the Galapagos Ridge. Since then a number of other sites have been 

discovered and sampled, including vents at 11-13° and 21° N on the East Pacific Rise 

(Michard et al., 1984; Grimaud et al., 1985; Bowers et al., 1988; Von Damm et al., 1985a;
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Campbell et al., 1988a), in the Guaymas Basin in the Gulf of California (Von Damm et al, 

1985b), on the Juan de Fuca Ridge off the coast of Oregon/Washington USA (Von Damm 

and Bischoff, 1987; Massoth et al., 1989), at 23° and 26° N on the Mid-Atlantic Ridge 

(Campbell et al., 1988b), and in the Lau back-arc basin (Fouquet et al., 1991). The data 

collected from these systems, in conjunction with the results of ongoing basalt/sea water 

experiments, have been used in a variety of thermodynamic models aimed at understanding 

the major controls on the chemistry of hydrothermal systems (e.g., Mottl, 1983; Bowers et 

al., 1985; Bowers and Taylor, 1985; Seyfried, 1987; Berndt et al., 1988, 1989; Seyfried et 

al., 1988; Von Damm, 1988; Seewald and Seyfried, 1990). As a result, although several 

problems remain and more data will surely yield new insight, the current data set and level 

of understanding are probably adequate to provide realistic constraints on the geochemical 

cycle of Sr.

As a whole, the chemistry of the sampled high-temperature vent fluids is 

remarkably similar despite salinity variations from 0.6 to 2.1 times that of normal seawater 

and the variety of seafloor depths and spreading rates encountered from site to site. All 

vent fluids show a complete loss of Mg and SO4, variable enrichments of K, Ca, Li, and 

H2S, and variable enrichments/depletions of Na, Cl, and Sr when compared to ambient 

seawater (Von Damm, 1990). The relative constancy of the relationships between various 

major and trace elements suggests that the relative proportions of these elements are 

controlled primarily by an equilibrium between the fluid and a variety of primary and 

secondary mineral phases (Von Damm, 1988). Indeed, computer-modelled 

thermodynamic calculations indicate a general equilibrium between these fluids and a 

variety of greenschist-facies alteration minerals (Bowers et al., 1988). The wide salinity 

variations are apparently due to variable mixtures between normal seawater-derived fluids 

and the vapour or brine component of an evolved fluid that has undergone phase separation 

(Von Damm, 1988, 1990; Massothet al., 1989).
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Despite the overall consistency of the fluids, there are several vent sites that deserve 

special mention. Nearly all vents are located along the central spreading axis on what 

appear to be the youngest, freshest basalt flows. Thus it is likely that the fluids from these 

sites have reacted with a relatively uniform basaltic reservoir and then vented directly into 

the oceans. The most prominent exceptions are the vents from the Guaymas basin in the 

Gulf of California (Von Damm el al., 1985b). Because the basaltic basement is buried by 

500 m of sediments, the fluids are strongly modified through interaction with sedimentary 

carbonates, detrital and biogenic silicates, and organic matter. Also unusual are the 

Galapagos vent fluids, which have undergone substantial subsurface mixing with cold 

seawater, with the result that the trace metal concentrations are strongly altered by extensive 

sulphide precipitation and that extrapolation back to the pure hydrothermal end-member is 

subject to large errors.

Table 6.5 presents the average composition of the sampled hydrothermal vents, 

excluding the Guaymas data, compared to average seawater. The averages suggest that all 

compiled elements—except Mg~show a considerable enrichment over seawater. Thus the 

axial hydrothermal springs appear to be a significant source of many elements to the 

oceans. While this seems reasonable in the sense that high-temperature alteration of basalt 

at low water/rock ratios seems likely to produce fluids rich in dissolved material, there are 

reasons for concern. First, the sample set is undoubtedly biased towards the metal-rich 

solutions that are able to build the sulphide chimneys that focus the flow of the 

hydrothermal fluids into easily-sampled vents. Solute-poor fluids that form as a result of 

phase separation are unlikely to precipitate the volume of sulphides necessary to channelise 

their flow and thus are likely to undergo diffuse venting. Although there is visual evidence 

for such solute-poor springs, they have, with one exception (Massoth et al., 1989), not 

been adequately sampled (Von Damm, 1990).
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That the compiled data are biased towards solute-rich solutions is clearly indicated 

by the excess of nearly 60 mM/kg of Cl compared to seawater. This Cl excess is unlikely 

to have come from the alteration of basalts because basalt contains only trace quantities of 

Cl. Instead, it seems more reasonable to pursue the idea that Cl and other elements are 

enriched in many observed hydrothermal fluids due to the admixture of brines or the 

separation of vapours from fluids originally of seawater chlorinity. 

Table 6.5: Mean composition of axial hydrothermal springs

Element Unit MOR Spring ± 1 S.D. Seawater (35%o)
Li ^M/kg 983 375 26
Na mM/kg 497 142 468
K mM/kg 26 9 10
Rb ^M/kg 22 8 1.4
Mg mM/kg 0 -- 53
Ca mM/kg 35 24 10
Sr ^M/kg 124 74 87

^Sr/^Sr 0.7033 0.0004 0.7092
Cl mM/kg 604 198 545
SiO2 mM/kg 19 3 0.16
Salinity %o 36.9 - 34.7
pH 3.5 0.3 7.8 

Sources cited in text; Von Damm (1990) contains a summary of most published data.

There seems to be no compelling evidence that Cl is either released or incorporated 

into oceanic crust during high or low temperature alteration (Palmer and Exlmond, 1989a). 

For example, Ito et al. ( 1983) have compiled data on altered and unaltered oceanic crust in 

an effort to balance the flux of H2O and Cl through the hydrosphere, crust, and mantle. A
•

compilation of literature analyses suggests an average of 48 ppm Cl (± a factor of two) in 

fresh MORB and 45 ±25 ppm Cl in the upper 2-5 km of altered sea floor basalt. Although 

the data are sparse, there is clearly no observational evidence for large-scale movements of 

Cl into or out of oceanic crust. A variety of seawater-basalt experiments (Mottl and 

Holland,1978; Seyfried and Bischoff, 1981; Rosenbauer and Bischoff, 1983; Seewald and 

Seyfried, 1990) also indicate that Cl behaves conservatively, with minor changes in
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concentration attributable to rock hydration. In a study specifically aimed at mechanisms of 

altering Cl concentrations in hydrothermal fluids, Seyfried et al. ( 1986) find evidence for a 

Cl-bearing phase that is stable at temperatures greater than 350° C (P = 400 bar) but which 

shows strong retrograde solubility at lower temperatures. There is no experimental 

evidence for a volumetrically significant, stable, Cl-bearing greenschist-facies mineral that 

could store Cl in oceanic crust.

There is, however, some evidence for the incorporation of seawater Cl into 

amphibolite-grade alteration products, fluid inclusions, and basaltic magmas. Wicks and 

Plant (1979), Rehtijarvi (1984), Vanko (1986), and Nehliq (1991) find relatively elevated 

Cl levels in amphiboles (up to 4 wt%) and serpentinites (up to a few tenths wt%). Michael 

and Schilling (1989) favour seawater-derived Cl as a source of elevated Cl concentrations 

in evolved MORE rocks (up to 1500 ppm Cl in FeTi basalts and up to 8000 ppm Cl in 

rhyodacites) because fractional crystallisation cannot alone account for the high Cl 

concentrations. Assimilation of bulk altered oceanic crust is not seen as a Cl source due to 

its low average Cl content; instead Michael and Schilling (1989) look towards melting or 

subsolidus breakdown of Cl-rich amphiboles or the incorporation of Cl-rich brines trapped 

in fluid inclusions as the most likely sources of Cl. Despite this evidence for some Cl 

incorporation into oceanic crust, Nehliq (1991) concludes, based on fluid inclusion and 

mineral studies from the Semail and Trinity ophiolites, the East Pacific Rise (13 °N), and
•

OOP Hole 504B, that the Cl content in all hydrated minerals and most amphiboles is too 

low and the fluid inclusions and Cl-rich amphiboles are too volumetrically insignificant to 

have any effect on the chlorinity of hydrothermal vent fluids. It appears, therefore, that the 

conservative behaviour of Cl allows it to be used as an index of the enhancement or 

depletion of other elements in hydrothermal vent fluids relative to seawater.

The elimination of the formation and breakdown of Cl-bearing minerals leaves rock 

hydration and phase separation as possible mechanisms to account for the wide variations
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in vent fluid chlorine levels (e.g., Von Damm, 1988, 1990). Rock hydration and 

dehydration could produce small changes, but is unlikely to account for the 188 - 1050 

mmol/kg range of Cl found in hydrothermal fluids (compared to seawater with 545 

mmol/kg Cl). Although the mechanism of phase separation has its problems (e.g., 

Campbell and Edmond, 1989b), it is currently favoured as the best way to produce the 

wide range of observed fluid chlorinities (Von Damm, 1988, 1990; Berndt and Seyfried, 

1990).

The phase diagram of seawater in P-T space is divided into 3 fields by a two-phase 

boundary and a critical point at about 405 °C and 300 bars (Bischoff and Rosenbauer, 

1985). When seawater (or evolved seawater in a hydrothermal system) is progressively 

heated at a pressure less than 300 bars, it eventually crosses the two-phase boundary and a 

small amount of dilute vapour separates from the bulk liquid. Above the critical point 

pressure of 300 bars, intersection with the two-phase curve results in the separation of a 

small amount of dense brine. According to measured exit temperatures and experimental 

efforts concerning controls on major element chemistry, most hydrothermal systems at 

depth cover a temperature range of 320 to at least 400 °C at pressures of 250 to 500 bars. 

These systems are very near the two-phase boundary for seawater, and it is thus entirely 

possible that some fraction of mid-ocean ridge hydrothermal fluids reacts at conditions 

above the two-phase boundary.
•

At present there is only one vent field with clear evidence for phase-separated fluids 

(Massoth et al., 1989; Butterfield et al, 1990). To account for both the large chlorinity 

variations and the lack of clear corroborating evidence from gas contents (vapour-rich 

fluids should be gas-rich, and brine-rich fluids gas-poor), Von Damm and Bischoff (1987) 

and Von Damm (1988, 1990) propose variable mixtures between a low-solute vapour 

phase, a fluid of roughly seawater chlorinity that has not undergone phase-separation, and 

a solute-rich brine. Geophysical calculations indicate that the different density and
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viscosity characteristics of the vapour and brine result in fluid migration along different 

pathways (although Goldfarb and Delaney (1988) and Fox (1990) indicate contradictory 

fluid pathways for the two fluids), and this provides a mechanism for their initial separation 

and later remixing during migration through the crust.

During simple phase separation the fluid metal/chlorine ratios should remain 

unchanged in the vapour and brine components. Mixing of either component with the 

original solution also preserves the original metal/chlorine ratios, but produces a linear 

array of data points that follows mixing lines between the vapour, original solution, and 

brine. As outlined by Palmer and Edmond (1989a), most hydrothermal spring data yield 

Sr and Cl concentrations that are similar to seawater, but with a linear spread towards more 

dilute (vapour-rich) and concentrated (brine-rich) values. However, Von Damm (1988) 

has demonstrated, using a wider array of elements, that while Cl-poor fluids are consistent 

with simple mixing between a Cl-normal (= seawater chlorinity) fluid and a dilute vapour, 

the Cl-rich fluids indicate mixing between the Cl-normal fluid and a brine with a distinctly 

different chemical composition. Data on gas concentrations from the Plume vent of the 

Juan de Fuca Ridge (Von Damm and Bischoff, 1987) has allowed Von Damm (1988) to 

calculate the composition of a geochemically distinctive brine that has mixed with Cl- 

normal fluids to produce the observed Plume chemistry. Although based on only one vent, 

the calculated composition of this brine produces a mixing model that is compatible with 

observed vent chemical constraints. This consistency lends weight to the use of this brine 

composition as a fairly good approximation to the brine component found in any mid-ocean 

ridge hydrothermal spring.

The 3-component mixing model is presented in Figure 6.7 as a plot of the Ca and 

Cl data placed in the context of mixing lines connecting a pure vapour (-distilled water) end- 

member, seawater acting as reference for a fluid of seawater chlorinity, and the pure brine 

end-member of Von Damm (1988; 441 mmol/kg Ca, 3270 mmol/kg Cl). The results of
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numerous basalt/seawater experiments indicate that the hydrothermal alteration of basalt 

releases Ca into solution. The excess of Ca relative to Cl for samples with chlorine 

concentrations near and slightly below that of seawater confirms the results of these 

experiments. Although it is possible that each of these samples reflects a complex 

combination of the three end-members, the data are also consistent with a simpler mixing 

scenario. In this paper it is assumed that all samples with Cl concentrations less than 

seawater are the result of simple mixing between a pure vapour and a Cl-normal fluid. All 

samples with elevated Cl concentrations are the product of mixing between the Cl-normal 

fluid and a dense brine similar to that calculated by Von Damm (1988). Given this 

arrangement, one can use a simple 2-component mixing model to calculate the average 

composition of the pure Cl-normal fluid end-member:

(Vapour or Brine)*X + (Cl-normal fluid)*(l-X) = Sampled Fluid. 

The compositions of the vapour (pure water), brine and sample are known. Since Cl 

appears to behave conservatively during sea water/basalt interaction, the concentration of Cl 

in a sample can be used to calculate how much (X) of either vapour or brine was added to 

the fluid to move the Cl concentration away from the seawater concentration of 545 

mmol/kg. The calculation may be visualised on Figure 6.7 as a series of mixing lines that 

project from either the vapour or brine end-members, pass through a given data point, and 

intersect a vertical line drawn at the seawater chlorine concentration of 545 mmol/kg. 

These points of intersection, which yield the calculated Ca concentrations in the pure Cl- 

normal fluids, are shown in Figure 6.7 as short horizontal lines. Nearly all points project 

above the seawater concentration of 10.2 mmol/kg Ca and yield an average Ca 

concentration of 21.7 mmol/kg (standard deviation = 11.0 mmol/kg). This result may be 

slightly high because the inclusion of a brine component in the vapour/Cl-normal mixtures 

or a vapour component in the Cl-normal/brine mixtures act to raise the calculated 

concentration of a given metal in the Cl-normal end-member.
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A similar diagram has been constructed for Sr (Fig. 6.8). Sr differs from Ca in that 

instead of showing a clear enrichment relative to seawater, the vent fluids with near- 

seawater Cl concentrations tend to have Sr concentrations that are lower than seawater. 

The Galapagos data are unusual in that the 4 vent fluids show identical Sr concentrations 

despite showing wide variations in Cl. While two of the samples are indistinguishable 

from the data set as a whole, the other two have higher Sr concentrations than what might 

be expected for fluids diluted with a vapour. The accuracy of these measurements is not 

beyond doubt because, as noted previously, the Galapagos fluids have undergone 

extensive subsurface mixing with cold seawater and this makes it difficult to calculate 

accurately the relative proportions of vent fluid and seawater. The average Sr concentration 

of the hydrothermal fluids that have not undergone phase separation, calculated as for Ca 

above, is 83.4 /<mol/kg with a standard deviation of 23.2 //mol/kg. If the Galapagos data 

are excluded as being subject to excessive uncertainties, the average falls to 79.8 /<mol/kg 

with a smaller standard deviation of 18.6 ^mol/kg. These later figures are taken as the best 

estimate Sr concentration for the Cl-normal hydrothermal fluids. For comparison, seawater 

contains 87 /<mol/kg Sr.

The existence of a chemically distinct hydrothermal brine end-member is of 

considerable importance to the marine Sr cycle. If the brine of Von Damm (1988; 1210 

|<mol/kg Sr, 3270 mmol/kg Cl) is reunited with its vapour to produce a fluid of seawater 

chlorinity, a Sr concentration of 202 ;<mol/kg results. Thus, tHe brine end-member shows 

a considerable enrichment in Sr relative to the seawater concentration of 87 /^mol/kg. This 

brine is in marked contrast to the results of the basalt/seawater experiments, the majority of 

vent data, and the calculations performed above, which indicate that Cl-normal fluids show 

only minor differences from a seawater Sr concentration (Mottl, 1983; Berndt et al., 1988; 

Von Damm, 1990), Although there is as yet only one estimate of the brine end-member 

based on the vent fluids from one site, the coherence between the calculated mixing lines
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Figure 6.8: A Sr versus Cl plot for vent fluids shows a similar double mixing trend 
between the vapour and Cl-normal fluids and the brine and Cl-normal fluids as was seen 
for Ca. However, in contrast to Ca, Sr is slightly depleted relatively to seawater.
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and the vent data for Na, K, Sr, Ca, and other trace elements (Figs. 6.7, 6.8, 6.9 and Von 

Damm, 1988) suggest that the composition calculated by Von Damm (1988) is a reasonable 

estimate. These calculations also indicate that the brine component is chemically distinct 

with respect to a number of other major and trace elements, showing considerable 

enrichments in Li, K, Rb, and Ca and a depletion in Na as compared to the bulk of 

hydrothermal fluids with Cl concentrations near that of seawater. It thus seems clear that 

the composition of hydrothermal brines is controlled by a somewhat different set of 

chemical reactions and equilibria as compared to those fluids that have not undergone phase 

separation. It is of considerable importance to outline the geological processes that favour 

the production of such fluids and to understand whether these differences relate to different 

P-T conditions or to the greatly increased salinity of the brine fluids. For the present 

consideration of the Sr cycle, it is important to constrain the relative mass fluxes of Sr from 

the brines and Cl-normal fluids.

One way to determine the relative importance of the flux of these brines into the 

oceans is to look at the geochemical controls of the molar seawater Na/Cl ratio. This ratio 

is largely determined by rivers adding relatively Na-rich waters to the oceans and mid- 

ocean ridge hydrothermal springs providing relatively Na-poor fluids. If the flux of river 

water is known, the flux of hydrothermal fluids required to make a solution with a seawater 

Na/Cl ratio may be calculated. The advantage of considering the relative fluxes of Na and 

Cl to and from seawater, rather than simply performing a mass" balance for Na, is that a 

number of poorly documented fluxes equally affecting Na and Cl can be ignored. For 

example, the burial of pore waters and any net landward transfer of NaCl in sea salts 

(Berner and Berner, 1987) can be disregarded as they are unlikely to exert a significant 

fractionation of one element over the other. In addition, there is some debate as to how 

much Na and Cl in river water is due to cyclic sea salts, how much due to the weathering of 

halite, and how much is due to the weathering of primary silicate minerals (e.g., Holland,
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1978; Meybeck, 1983; Berner and Berner, 1987). When the Na/Cl ratio is considered, the 

excess riverine NaCl due to cyclic salts and the dissolution of halite essentially drops out of 

the equation such that it does not matter which set of "corrected" river water data is chosen. 

The major limitation to this approach is that the residence times of Na and Cl are so long 

(-50 - 90 Ma; Holland, 1978; Berner and Berner, 1987) that it is very unlikely that the 

seawater concentrations of Na and Cl are at equilibrium with respect to modern sources and 

sinks. It is unfortunately difficult to estimate accurately the errors associated with the 

assumption that the modern seawater Na/Cl ratio is at steady state with respect to the 

modern flux terms.

A flux of 37,400 km3/yr of river water containing 0.159 mmol/kg Na and 0.086 

mmol/kg Cl yields a flux of some 595 * 10 10 mol/yr Na and 322 * 1010 mol/yr Cl to the 

oceans. Once in the oceans the geochemistry of Cl is uneventful. The only major output 

for Cl is the formation of evaporite deposits, but since evaporites are expected to remove 

Na and Cl in roughly equal proportions, evaporites need not be considered further. Na has 

a more eventful cycle. Ceding et al. ( 1989) have recently estimated that a maximum of 200 

* 10 12 mol/yr of Na is removed from the oceans by cation exchange of Na for Ca on river- 

borne clays deposited in the oceans. This estimate assumes that 100% of the modern 

suspended load of rivers (Milliman and Meade, 1983) consists of recycled smectite clays 

bearing plenty of exchangeable Ca. Berner and Berner (1987) have also considered cation 

exchange and the transport of clays to the oceans and conclude*that, due to a combination 

of agricultural practices and recent glacial activity, the modern suspended load is roughly 

twice what the recent long-term average would be. This already cuts the maximum rate of 

cation exchange removal in half, and if the proportion of exchangeable clays to total clays 

were known accurately, this would undoubtedly cut the importance of this sink still further. 

100 * 1012 mol/yr is therefore taken as a maximum Na removal rate and 50 * 10 12 mol/yr as 

a best-estimate.
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A second potentially significant sedimentary sink is the diffusional flux of Na into 

sediments (Sayles, 1979). While Sayles (1979) estimates a removal rate of 500 * 1010 

mol/yr, Drever el al. (1988) reconsider the diffusional flux of Na and other major seawater 

elements in the light of a mass balance model and conclude that 210 * 10 10 mol/yr is the 

maximum allowable value. Going still further, Berner and Berner (1987) state that while 

the concentration gradients observed by Sayles (1979, 1981) may be significant evidence 

for authigenic clay mineral formation in sediments, they may also be explained by 

diagenetic reactions that do not imply a sink for many elements. Berner and Berner (1987) 

therefore do not include the diffusional flux estimates in their mass-balance budgets. It is 

difficult to pick a best-estimate for this flux and therefore the Na/Cl budget will be balanced 

both with and without this diffusional term.

Another sink for Na, the magnitude of which is also poorly documented, is the low 

temperature alteration of basalt (Mottl et al., 1985; Mottl et al., 1988; Mottl, 1989; Mottl 

and Gieskes, 1990). In the absence of more information, it is assumed that the magnitude 

of this flux is included within the uncertainty of the diffusional flux.

The final sink of Na involves the high-temperature alteration of basalt at the axial 

mid-ocean ridges. Figure 6.9 presents a Na versus Cl diagram constructed as for Ca and 

Sr (Figs. 6.7 and 6.8). Mixing lines between a pure vapour, seawater, and the brine fluid 

calculated by Von Damm (1988) appear to yield a reasonable model explaining the 

variations in Na and Cl levels in the vent fluids. Although there are a number of points that 

are more Na-rich than would be expected from simple 3-component mixing, the majority of 

data form a good array along the mixing lines. Extrapolation of each data point back to a 

primary fluid of seawater chlorinity (following the procedure outlined above for Ca and Sr) 

produces an average Na concentration of 472 mmol/kg (standard deviation = 27 mmol/kg) 

for Cl-normal fluids. This is virtually identical to the seawater concentration of 468 

mmol/kg and thus suggests that the hydrothermal fluids that have not undergone phase
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separation do not alter the Na/Cl ratio of seawater. The brine end-member, however, 

contains 2120 mmol/kg Na and 3270 mmol/kg Cl, which, if normalised to seawater 

chlorinity, produces a fluid containing only 353 mmol/kg Na. It is thus clear that the 

hydrothermal processes that produce brine fluids cause a significant loss of Na relative to 

Cl and therefore represent a significant sink of Na in the world's oceans.

The mass balance is constructed by setting the seawater Na/Cl ratio equal to the sum 

of Na added to or removed from the oceans divided by the total Cl added to the oceans 

(neglecting those fluxes that do not affect the Na/Cl ratio). Thus,

(Na/Cl)sw = ZJN/£ Ja = (Jr.Na - Jcx-Na - Jdif-Na + Jfa-Na) / (Jr-Cl + Jh-Cl),

where (Na/Cl)sw is the molar seawater Na/Cl ratio, Jr.Na is the river flux of Na into the 

oceans, Jcx-Na is the amount of Na lost through cation exchange, Jair-Na is tne amount of Na 

lost through diffusion into the sediments, Jh-Na is the hydrothermal Na flux (brine 

component), Jr.a is the river Cl flux, and Jh-ci is the flux of the hydrothermal brine Cl. 

Because Cl is assumed to be conservative in oceanic hydrothermal systems, the mass 

balance could equally have been written with a term for the hydrothermal depletion of Na in 

the numerator (-Jh-Na) and no Jh.ci term. Rearranging to isolate the hydrothermal flux 

terms,

(Na/Cl) sw*Jh-Cl - Jh-Na = Jr-Na - Jcx-Na - Jdif-Na (Na/Cl)sw *J r. C|.

The hydrothermal flux of Na and Cl can be rewritten in terms of the flux of hydrothermal
•

fluid times the concentration of Na and Cl in that fluid, e.g.,

Jh-Na = JH20*[Na]fluid; Jh-Cl = JH2O*[C1] fluid-

Na and Cl concentrations of either the brine of Von Damm (1988; 2120 mmol/kg Na, 3270 

mmol/kg Cl) or of the brine reunited with its vapour to produce a fluid of seawater 

chlorinity (353 mmol/kg Na, 545 mmol/kg Cl) can be used, depending on whether a fluid 

flux of brine or Cl-normal composition is desired. Substituting the above relationship into
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the mass balance equation and solving for the hydrothermal fluid flux yields

JH2o = (Jr-Na - JCx-Na Jdif-Na - (Na/Cl)sw*J r.cl) / ((Na/Cl)sw*[Cl] nuid [Na] fluid). 

Uncertainty in the magnitude of the cation exchange (0 - 100 * 1010 mol Na/yr) and 

diffusional sink (0 - 210 * 10 10 mol Na/yr) terms results in a calculated brine flux spanning 

(0.13 - 4.7) * 1012 kg/yr. Assuming 0 mol Na/yr for both sink terms yields the maximum 

flux estimates. Although many authors ignore the diffusional sink term, it is important to 

include some Na loss, say 50 * 10 10 mol/yr, due to the uptake of Na during low 

temperature basaltic alteration (Davis, Mottl, et a/., 1992). Thus a combination of 50 * 

10 10 mol/yr lost to sediments and low temperature basaltic alteration plus 50 * 1010 mol/yr 

lost through the Na-for-Ca cation exchange produces a best-estimate brine flux of 3.2 (0.13 - 

4.7) * 1012 kg/yr. Additional uncertainty in this estimate is derived from the fact that, given 

the very long residence time of Na and Cl in seawater (50 - 70 Ma), it is unlikely that the 

Na/Cl ratio of modern seawater is in equilibrium with its present-day sources and sinks. 

The flux of brines calculated by the Na/Cl balance implies a much larger flux of 

dilute fluids forming when the brines separated from the fluids of seawater chlorinity. The 

formation of a pure water vapour and Von Damm's (1988) brine from a fluid of seawater 

chlorinity (19.32%o) produces the smallest possible total fluid flux, roughly 19 (0.78 - 28) 

* 10 12 kg/yr (seawater = 1 part brine plus 5 parts pure water). If the dilute fluids have a 

chlorinity of 10%o, a total fluid flux of (1 - 41) * 10 12 kg/yr is implied; if the chlorinity is 

16%o a total flux of (3 - 110) * 1012 kg/yr is implied. Clearly, any one of these possibilities 

more than uses up the total geophysically allowed axial fluid flux of 15 (6.2 - 27) * 10 12 

kg/yr and thus leaves no room for the non-phase-separated fluids that are observed to make 

up the bulk of hydrothermal fluids.

The geophysical constraints on the amount of heat that can be removed by high- 

temperature (T > 320 °C) axial springs appear to be severe. However, it is possible to 

accommodate the brine and total fluid fluxes to these constraints. The simplest way to do
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this is to assume that a large proportion of the phase-separated vapours are quite dilute and 

therefore able to make their way to the surface through widespread porous flow. This 

mechanism relies on the metal- and silica-poor chemistry of the fluids to prevent the 

precipitation of secondary mineral deposits that would otherwise rapidly clog small fluid 

conduits and channelise fluid flow into more readily observable vents (Sleep and Wolery, 

1978; Fox, 1990). Von Damm (1990) reports visual evidence for relatively diffuse 

outpourings of clear (and hence metal- and sulphur-poor) fluids, but there are no reliable 

analyses of these fluids due to the difficulty of obtaining good samples. If these fluids 

make their way to the surface by widespread porous flow, the slower rates of ascent 

combined with much more extensive interaction with the host rocks will allow conductive 

transfer of a significant proportion of their heat to the oceanic crust. Because the 

geophysical measurements detect conductive heat flow, the heat carried and transferred by 

these fluids would not contribute to the 'missing heat' anomaly and thus these dilute fluids 

would not be subject to the geophysical constraints.

In the simplest case all 3.2 (0.13 - 4.7) * 1012 kg/yr of brines would form by the 

separation of pure water vapours that would not come under the constraints of the 

geophysical calculations. This would leave 12 (6.1 22) * 1012 kg/yr for non-phase- 

separated fluids. At another extreme it is possible that all fluids have undergone some 

phase separation. In one example phase separation could produce 3.2 (0.13 - 4.7) * 10 12 

kg/yr of brines, 12 (6.1 22) * 1012 kg/yr of fluids with a 16%o*chlorinity, and diffusive 

venting of 29 (5.8 - 46) * 1012 kg/yr pure water vapour. These fluxes are not excessive 

and suggest that from a geophysical point of view the calculated brine flux is possible.

Another difficulty with the brine fluxes is the relative proportions of brine and non- 

phase separated fluids. The observed chlorinities of the hydrothermal vent fluids suggest 

that each fluid generally can contain at most only a few percent of the brine of Von Damm 

(1988). By contrast, the best-estimate figures above suggest typical hydrothermal fluids
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containing on the order of 20% brine. One way around this problem is to relax the 

geophysical constraints on axial fluid flow, as is done in Palmer and Edmond (1989a), 

which allows about a factor of 5 higher total axial fluid flux. However, given that the 

geophysical constraints seem stronger than the mass balance constraints, it might be more 

prudent to simply select brine and non-phase separated fluid fluxes that are in a proportion 

of roughly 1:50. This implies that of a total geophysically allowed fluid flux of 15 (6.2 - 

27) * 10 12 kg/yr, 0.30 (0.12 - 0.54) * 1012 kg/yr is brines and the rest is non-phase- 

separated fluids. This brine flux is at the lower range of the 3.2 (0.13 - 4.7) * 10 12 kg/yr 

estimated by Na/Cl balance. The Sr flux resulting from this brine may be calculated 

assuming a brine Sr concentration of 1210 /<mol/kg (Von Damm, 1988) and results in an 

estimated Sr flux of 0.04 (0.01 - 0.07) * 10 10 mol/yr. This compares to the range of 0.39 

(0.02 - 0.56) * 1010 mol/yr calculated by Na/Cl mass balance. The isotopic composition of 

the brine Sr is assumed equal to that of hydrothermal fluids that have not undergone phase 

separation (0.7033). 

6.5.2.2 Low-Temperature Off-Axis Hydrothermal Fluxes

As noted earlier, only some 8 to 20% of the total 'missing heat' is removed through 

the high-temperature axial systems. Assuming that the remaining 80% of the total 20.9 * 

10 19 J/yr is removed at a temperature only 10 °C warmer than ambient seawater, the entropy- 

balance equation of Sleep and Wolery (1978),

Jh = H/(ThCph - TinCpin),

yields about 5000 * 10 12 kg/yr of seawater. By comparison, the best-estimate high- 

temperature fluid flux (see above) is only 15 * 10 12 kg/yr. With such a large potential flux 

of warm seawater through the crust, only slight modifications of primary seawater 

chemistry are required to affect the mass balance of the oceans.

Although it has been demonstrated that there is extensive Sr isotopic exchange 

between seawater and basalt in off-axis oceanic crust (Hart and Mottl, 1983; Mottl et a/.,
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1985; Mottl and Gieskes, 1990), there is not a large amount of work specifically 

addressing the mass flux of basaltic Sr in off-axis settings. In one such study, Hess et al. 

(1991) selected 3 sites on the basis of high heat flow measurements (high heat flow = 

convective discharge of warmed fluids, low heat flow = recharge area) in an effort to 

document the effects of low-temperature basaltic alteration on the Sr budget. 

Unfortunately, although all three sites contained evidence for upwelling of fluids, only the 

Galapagos site showed strong evidence (Mg and F depletion, Ca enrichment) for 

interaction with basalts. Thus, within relatively large analytical errors, most samples had 

^Sr/^Sr ratios indistinguishable from seawater and only the deepest Galapagos samples 

had significantly lower ^Sr/^Sr ratios. Based on these Galapagos samples, the estimated 

average Sr concentration in low-temperature fluids is taken as 92 f/mol/kg with a ^Sr/^Sr 

ratio of 0.709143. To calculate the mass flux, an exit temperature of 30 °C and a' missing 

heat' flux of 20.9 * 1019 J/yr was used in the the entropy balance equation to calculate a 

fluid flux of 1670 * 10 12 kg/yr and a Sr mass flux (including seawater and basaltic Sr) of 

15.4 * 1010 mol/yr. Taking the seawater ^Sr/^Sr ratio as 0.70918 and the basaltic 

component as 0.7035, the flux of Sr due to the low-temperature alteration of basalt is 

calculated at 0.11 * 1010 mol/yr.

A second way of addressing the flux of low-temperature basaltic Sr is to look at the 

marine geochemical cycle of Mg. It is generally agreed that the only significant source of 

Mg to the oceans is river water. Taking an average 0.13 mmdl/kg for unpolluted river 

water (Meybeck, 1979; 1983) and a best-estimate 37,400 km3/yr for the flux of river water 

yields a total of 486 * 10 10 mol/yr Mg. There are two views as to the relative importance of 

various Mg sinks in the world oceans. At one extreme, Palmer and Edmond (1989a) 

assume that the only important sink for Mg in the oceans is mid-ocean ridge hydrothermal 

activity. At the other extreme, Drever et al. (1988) find that a large fraction of the riverine 

input can be removed by authigenic mineral formation in the sediments. All agree that other
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oceanic sinks for Mg are minor (Holland, 1984; Drever et al, 1988): a total of 67 * 1010 

mol/yr Mg is lost through cation exchange of Ca for Mg on river-borne clays (32 * 10 10 

mol/yr), burial of pore waters in sediments (9 * 1010 mol/yr), and the incorporation of Mg 

in carbonates and siliceous microorganisms (26 * 1010 mol/yr).

The predominance of the authigenic sink in the estimate of Drever et al. (1988) is 

based on the pore water data of Sayles (1979), which indicate that some 460 * 1010 mol/yr 

of Mg is removed into the oceanic sedimentary record. However, there are several 

problems with this estimate, including the use of diffusion coefficients that are probably 

inappropriate (Felmy and Weare, 1991), the fact that Mg is involved in exchange reactions 

that remove or add Mg to pore waters according to the breakdown of organic matter (von 

Breymann et al., 1990), and the fact that the calculated flux of Mg and other elements in or 

out of sediments (Sayles, 1979) produces serious imbalances in the cycles of several 

elements (Drever et al., 1988). Drever (1974) and Drever et al. ( 1988) use independent 

methods to arrive at a maximum removal rate of 135 * 1010 mol/yr for all sedimentary 

sinks of Mg. Subtracting the minor sedimentary sinks (67 * 10*° mol/yr) and the 

authigenic sink (0 - 68 * 10 l° mol/yr) from the total Mg flux of 486 * 10 10 mol/yr leaves 

(351 - 419) * 10 10 mol/yr of riverine Mg to be removed by basalt/seawater interaction.

All researchers agree that the major oceanic sink for Mg is the hydrothermal 

alteration of basalts. This consensus is based on the results of seawater/basalt experiments, 

which are unanimous in indicating that Mg is rapidly removed From solution during the 

hydrothermal alteration of basalt. At water/rock ratios less than 10, Mg is rapidly removed 

from seawater from at least 70 to 500 °C, and at temperatures greater than 150 °C Mg is 

quantitatively removed from seawater at all water/rock ratios less than 50 (Mottl, 1983). At 

lower temperatures and/or higher water/rock ratios, Mg is removed more slowly and/or less 

completely, but the process is still significant. Mg depletion is commonly observed during, 

and is in fact a useful indicator of, low-temperature alteration of volcanic material present in
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deep sea sediments or of the basaltic basement (e.g., Gieskes and Lawrence, 1981; 

Langseth el al., 1988; Egeberg et al, 1990; Hess et al, 1991).

A second characteristic of basalt/seawater interaction is that the depletion of Mg is 

directly related to an enrichment of Ca. Estimates of the stoicheiometry of the exchange 

vary between about 2/3 mole of Ca released for every mole Mg consumed (Drever et al., 

1988) to a mole-for-mole exchange (Mottl, 1983; Mottl et al, 1983; Langseth et al, 1988), 

to an excess of Ca over Mg (Mottl et al, 1985; Mottl and Gieskes, 1990). Recent 

experimental work designed to simulate high-temperature hydrothermal alteration is based 

on the premise that 'evolved' seawater solutions are depleted in Mg and that this Mg has 

been replaced on a mole-for-mole basis by basalt-derived Ca so as to maintain charge- 

balance and seawater salinity (e.g., Seyfried et al, 1988). However, not all of the Ca (and 

Sr) released during this step reaches the heart of the hydrothermal system. Seawater enters 

the basaltic crust with 10 mmol/kg Ca, 28 mmol/kg SO4, and 52 mmol/kg Mg. As the 

water descends into the crust it is heated and Mg begins to precipitate and is replaced in 

solution on a roughly mole-for-mole basis by Ca. This Ca is in turn removed by anhydrite 

precipitation until all seawater SO4 is exhausted. Thus,

(10 + 52) mmol/kg Ca - (28) mmol/kg CaSO4 = 34 mmol/kg Ca.

Accordingly, basal t/seawater experiments currently use Ca concentrations in the range of 

29 to 38 mmol/kg (e.g., Berndt et al, 1988; Seewald and Seyfried, 1990). Of the 34 

mmol/kg Ca that enters the high-temperature system, roughly <5ne third must be consumed 

by alteration minerals to produce the observed Cl-normalised average of 22 mmol/kg.

The dissolution of the Ca-bearing phases in basalt (largely plagioclase) also releases 

Sr into solution (Berndt et al, 1988). The amount of Sr released into solution may be 

calculated using the Ca mass flux and the average molar Sr/Ca ratio in basalts. The 

importance of this Sr with regards to the off-axis flux depends on how much Sr is carried 

in solution through the high-temperature alteration zone and vented as part of the axial flux
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term, and on how much Sr is permanently sequestered, along with Ca, in subsurface 

anhydrite deposits. Experimental work that avoids the problem of re-dissolution of 

anhydrite during quenching gives hydrothermal Sr concentrations of only 20 /<mol/kg 

(compared to quenched results yielding near-seawater concentrations of 80 - 90 /<mol/kg), 

indicating that the precipitation of anhydrite efficiently removes Sr from solution (Berndt et 

al., 1988). Thus, of a total Sr concentration of 80 /<mol/kg determined for Cl-normalised 

axial solutions, roughly 20 /^mol/kg may have derived from the downwelling Mg-for-Ca 

alteration of the oceanic crust. The flank Sr flux calculated below will be adjusted 

accordingly.

Although the co-precipitation of Sr in anhydrite removes most Sr from solution 

before the fluids enter the high-temperature portion of the hydrothermal system, this Sr 

(and Ca) is not thought to be permanently stored in the oceanic crust. Sleep (1991) 

considers the problem in some detail and cites the lack of seismic or physical evidence for 

major anhydrite deposits to suggest that most anhydrite dissolves as the system cools and 

moves off-axis. Thus, a large proportion of the Sr and Ca in hydrothermal anhydrite is 

returned to the sea.

The calculation of the low temperature Sr flux is now straight-forward. Assuming 

that the Mg-for-Ca exchange occurs on a mole-for-mole basis, the 351 - 419 * 1010 mol/yr 

of riverine Mg that is consumed through the alteration of basalt indicates the release of 351 

419 * 1010 mol/yr of basaltic Ca. This Ca flux, assuming an average molar Sr/Ca ratio of 

0.0007 for seafloor basalts (Berndt et al., 1988), implies an annual flux of 0.25 - 0.30 * 

10 10 mol/yr of basaltic Sr. If a maximum of one quarter of this flux is already included in 

the axial term, the estimated flux changes to 0.19 - 0.30 * 1010 mol/yr. This estimate is 

similar to the 0.11 * 1010 mol/yr that was obtained by Hess etal. (1991) based on the Sr 

flux measured largely from one site.
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The dissolution of the surface anhydrite deposits also serves to release seawater Sr 

back into the system. The magnitude of this flux may be calculated by determining the 

percentage of seawater Sr in the axial vent fluids, using this figure to calculate how much 

of the Sr that makes it through the anhydrite precipitation zone must be seawater Sr 

(assuming no near-surface mixing between the hydrothermal fluids and seawater), and 

using this figure to calculate what percentage of the Sr in the anhydrite deposits is of 

seawater origin. Assuming ^Sr/^Sr ratios of 0.7025 - 0.7030 for primary basaltic Sr, 

0.70918 for seawater, and 0.7033 for vent fluids, roughly 5-15% of the Sr in the final 

vent fluid is of seawater origin. Of a Sr concentration of 80 /<mol/kg for Cl-normalised 

vent fluids, roughly 4 - 12 /<mol/kg of the Sr must be of seawater origin. The results of the 

seawater/basalt experiments of Berndt et al. ( 1988) suggest that 20 ^mol/kg total Sr leaves 

the zone of anhydrite formation. At least 4-12 /<mol/kg of this 20 /<mol/kg Sr must be of 

seawater origin, suggesting that at least 20 - 60% of the total Sr in the anhydrite deposits is 

of seawater origin. Thus the flank basaltic flux of 0.19 - 0.30 * 1010 mol/yr is 

accompanied by 0.05 - 0.45 * 10 10 mol/yr of seawater Sr. The impact of this Sr on the 

geochemical cycle of Sr depends on how long the seawater Sr remains stored in the 

anhydrite deposits. The longer the storage, the larger the difference between the ^Sr/^Sr 

ratio of the stored Sr as compared to seawater Sr, and the larger the impact of this flux on 

the marine budget. Although anhydrite dissolution is likely to occur within a few million 

years of its deposition, for the purpose of this study the effect of this flux will be slightly 

exaggerated by assuming an isotopic composition equivalent to the diagenetic flux term 

(^Sr/^Sr = 0.7084 = 16 Ma seawater). 

6.5.3 Mass Balance Calculations

The purpose of this section is to reconcile the geophysical and geochemical 

constraints on the volume of hydrothermal fluid flow along the mid-ocean ridges. The 

geophysical and geochemical calculations offer independent, complementary constraints as
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to the importance of hydrothermal fluid flow, but each approach has its advantages and 

limitations. The geophysical calculations are useful in that they are relatively 

straightforward and robust. It seems difficult to see a way in which the parameters or 

calculations may be adjusted such that an axial fluid flux larger than 15 (6.7 - 27) * 1012 

kg/yr can be accommodated without violating firm geological constraints. However, the 

geophysical calculations are limited mainly in that they are not directly related to the 

temperature-dependent geochemistry of the fluids. On the one hand the calculations are 

useful in that they indicate the volume of fluids circulating through the axial systems 

assuming a given temperature for all axial fluids. On the other hand, because axial fluids 

are likely to span a range of temperatures and because the geochemical cycling of different 

elements is likely to be affected by different hydrothermal temperature ranges, it is difficult 

to relate a geophysically estimated fluid flux directly to the flux actually taking place within 

a given distance of a mid-ocean ridge axis or to the flux of hydrothermal fluids relevant to 

the cycle of a given element.

By contrast, the geochemical approach based on mass-balance calculations for 

various seawater elements is a more direct measure of the volume of fluids passing through 

given geochemical regimes. However, these calculations are limited by the uncertainties of 

the estimates used to quantify the various sources and sinks in the world's oceans and by 

the assumption that the oceans are in chemical equilibrium with respect to their inputs and 

sinks, i.e. that the modem-day concentration of a given demerit in seawater is currently 

determined by the relative inputs and outputs of this element. It is difficult to assess this 

validity of this assumption beyond fairly broad limits (Holland, 1984).

An upper-limit on the fluid flux through the mid-ocean ridges is provided by the Mg 

cycle. As discussed above, Mg is removed through reaction with basalt at temperatures 

from at least 70 °C up to the maximum temperatures expected in hydrothermal systems. Of 

the total 486 * 10 10 mol/yr Mg provided by the rivers, between 67 and 135 * 10 10 mol/yr
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are removed into sediments. Elimination of the remaining 351 - 419 * 1010 mol/yr through 

the alteration of basalt requires the quantitative removal of Mg from the equivalent of 66 - 

79 * 10 12 kg/yr seawater having a Mg concentration of 52.8 mmol/kg. This flux of fluids 

reaching temperatures of at least 70 °C is nearly a factor of 5 higher than the geophysically 

derived estimate of 15 (6.7 - 27) * 10 12 kg/yr for fluids limited to temperatures between 

320 and 390 °C. If Mg is partially removed from solution at temperatures less than 70 °C 

the calculated flux of seawater through the oceanic crust would be still larger. It should be 

noted that Palmer and Edmond (1989a) use the Mg mass balance to calculate the fluid flux 

through only the high-temperature (T = 350 °C) vents. Because they do not correct for any 

sedimentary sinks of Mg and because Mg is rapidly removed over a wide range of 

temperatures, their estimate for the axial high-temperature hydrothermal flux (70 - 130 * 

10 12 kg/yr) must be too large. That their Sr mass balance yields a similar range of values 

(90 - 150 * 1012 kg/yr) therefore indicates one of a number of possibilities: the 

geochemical exchange of Sr occurs over a similar temperature range as for Mg; their 

riverine Sr flux is too large or too radiogenic; there may be additional fluxes of relatively 

nonradiogenic Sr into seawater; or the modern oceans are out of equilibrium with respect to 

present sinks and sources.

A potentially more accurate means of calculating the high-temperature axial 

hydrothermal fluid flux is through a mass balance of seawater Sr isotopes. This balance is 

calculated by summing up the mass flux and isotopic composition of each input into the 

ocean and removing an equal mass of Sr with an isotopic composition of present-day 

seawater:

JrR, + J gRg + JdRd + J h R h + JbRfe + JltRlt + JaRa - (Jr + J g + Jd + ^h + Jb + J|t + J a)Rsw - 0,

where J and R represent the mass flux and isotopic composition of Sr from river water (r), 

groundwater (g), the diagenetic recrystallisation of marine sediments (d), Cl-normalised 

axial hydrothermal fluids (h), hydrothermal brines (b), low-temperature off-axis alteration
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of basalt (It), dissolution of anhydrite (a), and seawater (sw). All variables are estimated 

except for the high-temperature axial Sr flux associated with fluids that have not undergone 

phase separation. The flux of riverine Sr (J r) is estimated at 3.0 (2.1 - 5.7) * 1010 mol/kg 

with an isotopic composition (Rr) of 0.7114 (0.7112 - 0.7119); the flux of groundwater Sr 

(Jg) is taken to be 1.1 (0 - 2.2) * 1010 mol/kg with an isotopic composition (Rg) of 0.7087± 

0.0002; and the flux of diagenetic Sr from the recrystallisation of carbonate and non- 

carbonate sediments (Jd) is estimated to be 0.34 * 1010 mol/yr with a weighted average 

isotopic composition (R<,) of 0.7084. The average concentration of Sr in hydrothermal vent 

fluids is 124 ̂ mol/kg. Analysis of the vent data suggests that the high-temperature fluids 

may be broken into two components: a fluid of seawater chlorinity containing 80 ̂ mol/kg 

Sr and a brine containing 1210 /<mol/kg Sr (202 /*mol/kg when normalised to seawater 

chlorinity). While the fluid flux of the former (h) remains to be calculated, a Na/Cl ratio 

mass balance combined with a consideration of the vent data suggest that the phase- 

separated brines (b) vent some 0.04 (0.01 - 0.07) * 1010 mol/yr. Consideration of the Mg 

cycle indicates an off-axis, low temperature (It) basaltic Sr flux of 0.25 (0.19 - 0.30) * 10 10 

mol/yr. The isotopic composition of the Cl-normalised fluid, brine, and off-axis fluxes are 

all considered equal to the mean of the observed vent fluid "Sr/^Sr = 0.7033 ± 0.0004. 

The flux and isotopic composition of the seawater component released during anhydrite 

dissolution are poorly constrained; estimates of 0.25 (0.05 - 0.45) * 10 10 mol/yr and 

0.7084 ± 0.0006 may be appropriate The isotopic composition of modern seawater (Rsw) 

is 0.70918.

Solving the isotopic mass balance equation for the Cl-normalised fluid flux Jh yields

J h = [Rsw(J r + Jg + Jd + Jb+ 4+ J.) - JrRr - JgRg JdRd - JbRb - JuRit- JaRa ] / [Rh RswL 

The main opposing fluxes in this mass balance are the riverine and combined basaltic 

terms. The river term by itself requires 1.1 (0.82 - 2.6) * 1010 mol/yr of basaltic Sr 

(0.7033) to produce a mixture of seawater isotopic composition. The geophysical estimate
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of an axial fluid flux of 15 (6.7 - 27) * 10 12 kg/yr indicates a Sr flux of only 0.19 (0.08 - 

0.33) * 1010 mol/yr (assuming an average vent fluid Sr concentration of 124 /<mol/kg). 

The addition of each additional flux term in the Sr cycle helps reduce the amount of axial 

basaltic Sr required to balance the budget, but none really brings the estimate within the 

geophysical range (Fig. 6.10). The addition of the diagenetic flux has a minor impact, 

reducing the required basaltic flux from 1.13 * 1010 to 1.09 * 10 10 mol/yr. The 

groundwater flux has a relatively important impact, reducing the required combined riverine 

and diagenetic mass balance flux from 1.09 * 10 10 mol/yr to 0.998 * 1010 mol/yr. 

Unfortunately both the mass flux and isotopic composition of the groundwater term are 

poorly known. The addition of the flux of old seawater Sr associated with the dissolution 

of hydrothermal anhydrite deposits has a very minor effect, reducing the required flux only 

from 1.09 to 1.05 * 1010 mol/yr. All together the non-basaltic Sr flux terms have a 

relatively minor impact on the amount of basaltic Sr required to balance the budget, 

reducing the necessary basaltic flux of Sr from 1.13 * 1010 to 0.97 * 1010 mol/yr.

The inclusion of the brine and low-temperature off-axis fluxes acts to reduce the 

amount of material required from axial fluids that have not undergone phase separation. 

The brine term could be quite significant if the Na/Cl mass balance results are accurate 

(bringing a reduction from 1.09 to 0.70 * 10 10 mol/yr), but the most likely flux based on 

limited admixture of Von Damm's brine (0.04 (0.01 - 0.07) * 1010 mol/yr) results in a 

minor decrease from 1.09 to 1.05 * 10 10 mol/yr. The low-temperature flank flux (0.25 

(0.19 - 0.30) * 10 10 mol/yr) has the biggest single effect on the Sr budget, reducing the 

required basaltic flux from 1.09 to 0.84 * 10 10 mol/yr. Combined, the brine and off-axis 

fluxes reduce the required flux from 1.09 to 0.79 (0.41 2.4) * 1010 mol/yr. The 

minimum error limits do not overlap the maximum limits placed by the geophysically 

estimated 0.19 (0.08 - 0.33) * 1010 mol/yr. If the Na/Cl brine flux is used, the reduction is 

much more dramatic, from 1.09 to 0.45 (-0.08 - 2.4) * 1010 mol/yr, and the error estimates
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Figure 6.10: Calculation of the mass flux of basaltic Sr required to balance the marine 
geochemical cycle of Sr. The estimates moving from left to right successively include 
additional terms (x-axis labels) to the Sr cycle such that the relative importance of each may 
be seen. A comparison between a riverine ̂ Sr/^Sr ratio of 0.7114 and 0.7112 and 
basaltic isotopic ratios of 0.7030 to 0.7035 shows that differences in the calculated mass 
flux are relatively minor.
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easily include the geophysical limits (0.19 (0.08 - 0.33) * 10 10 mol/yr). The potential of 

the brine flux to affect the Sr budget significantly highlights the importance of further 

evaluating its relative magnitude.

Taking all flux terms together (Fig. 6.10), the required flux of axial Sr is reduced 

from 1.13 to 0.676 * 1010 mol/yr with error estimates (0.09 - 2.3 * 1010 mol/yr) covering 

the range defined by the geophysical limits ( 0.19 (0.08 - 0.33) * 10 10 mol/yr). 

Substitution of a riverine ^Sr/^Sr = 0.7112 or basaltic hydrothermal ^Sr/^Sr = 0.7030, 

07033, or 0.7035 does not significantly affect these results. Although the propagated error 

estimates associated with each flux term result in a final estimate that includes the 

geophysical limits, the best-estimate flux of Sr associated with axial vent fluids that have 

not undergone phase separation remains a factor of 2 higher than the highest geophysical 

limit. This is despite scrapping together every possible Sr term that may significantly affect 

the Sr budget. The difficulty of bringing the geophysical and geochemical estimates 

together implies either that the geophysical limits are too low, the measured riverine Sr 

concentration or isotopic composition data are biased towards unrepresentatively high 

values, the individual basaltic Sr fluxes are under-estimated, or that the modern riverine 

fluxes or isotopic composition are significantly higher today than in the past and thus are 

out of equilibrium with the balancing basaltic mass fluxes.

It seems most likely that the fault lies with the isotopic composition of riverine Sr. 

It seems unlikely that an over-estimated riverine Sr flux is the culprit because such a large 

reduction of the riverine flux is required to bring the geochemical cycle of Sr into balance 

with the geophysical constraints (from 3.0 to 1.7 * 1010 mol/yr). Such a large reduction 

seems unlikely from the point of view of either bias in the data set or increased global 

weathering rates over the late Cenozoic. A large bias in the riverine data set is not 

suggested by Figure 6.2a, which demonstrates that no single river or set of rivers strongly 

skews the weighted average Sr concentration toward higher values. An increase in
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weathering rates over the late Cenozoic has been postulated by several authors (Hess et al., 

1986; Raymo et al., 1988; Hodell et al., 1989, 1990), but an increase of nearly 100% over 

the last few millions of years seems unlikely to the present author.

By contrast, the isotopic composition of river water need only be changed from 

0.7114 to 0.7104 to bring the Sr cycle into balance with the geophysical constraints. 

Figure 6.2b and Section 6.3.2 have already demonstrated that two rivers, the Ganges and 

Brahmaputra, have an exceptionally large influence on the weighted average of the data set, 

raising it from 0.7109 to 0.7119. It is thus clear that a bias in the data set towards the more 

tectonically active regions of the world, especially focusing on the rivers draining the 

Himalayas, may have resulted in an estimated riverine ^Sr/^Sr ratio that is too high 

compared to the actual world average.

Alternatively, it may be that increased glacial activity during the late Cenozoic in old 

continental shield areas and along mountain belts has resulted in enhanced weathering of 

older silicate rocks and that this has resulted in average riverine ^Sr/^Sr ratios that are too 

high relative to an equilibrium between modern seawater ^Sr/^Sr ratios and the main 

riverine and basaltic Sr inputs. Recent work by Dia et al. ( 1992) has demonstrated that the 

^Sr/^Sr ratio of seawater appears to change on the time scale of 100 ka and that the most 

likely cause of these variations is changing riverine ^Sr/^Sr ratios. Although there was a 

marked increase beginning at roughly 25 ka, which would support the concept of riverine 

^Sr/^Sr ratios being too high relative to equilibrium with the* basaltic flux, the resolution of 

the data is not sufficient to determine a rising or lowering trend since 25 ka. However, if 

the pattern established by the previous 100 ka cycle is currently being repeated, the 

seawater ^Sr/^Sr ratio should be decreasing at present. This would suggest that the 

riverine terms are not presently too large relative to the basaltic flux and therefore that the 

lack of mass balance in the Sr cycle is due to bias in the riverine data set.
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In conclusion, the current understanding of the geochemical cycle of Sr does not yet 

provide strong constraints as to the volume of seawater that flows through the mid-ocean 

ridges each year. The uncertainties associated with the various terms of the cycle result in 

large error bars that overlap the mass fluxes constrained by geophysical estimates, but the 

best-estimate mass flux of Sr calculated by mass balance is still roughly a factor of 2 higher 

than the geophysical estimate. This suggests either, as suggested by Hodell et al. (1990), 

that the modern seawater ̂ Sr/^Sr is not at equilibrium with respect to its various Sr 

sources and sinks due to an excessive flux of radiogenic riverine Sr or, as seems more 

likely, that the riverine data base is biased towards relatively radiogenic rivers draining such 

tectonically active regions as the Himalayas. 

6.5.4 Alternative Geochemical Cycles

For the purposes of geochemical modelling it is useful, in the absence of a single, 

well-constrained model, to present several different mass balance calculations. This allows 

one to judge the generality of model calculations given a number of plausible scenarios. 

The first cycle (Table 6.6) uses the best-estimate parameters for each of the non-basaltic 

fluxes and assumes that the the combined basaltic fluxes are large enough to exactly balance 

the cycle and produce a modern seawater ^Sr/^Sr ratio of 0.70918. The second and third 

Sr cycles are designed to present maximum and minimum likely hydrothermal Sr fluxes. 

The second cycle is essentially that of Palmer and Edmond (1989). This cycle, as noted
•

earlier, implies an axial high-temperature fluid flux comparable to that of the Mg mass 

balance, which is appropriate for hydrothermal fluids circulating at temperatures down to 

70 °C or lower. The third cycle is that of Palmer and Edmond (1989) except for the 

removal of the Ganges and Brahmaputra rivers from the riverine data set. The result is a 

lowered riverine isotopic composition (0.7109 versus 0.7119) and an implied hydrothermal 

flux cut by 45%. This cycle is intended to provide a lowered total basaltic Sr flux 

consistent with the riverine data as they currently stand. Lowering the riverine isotopic
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composition still further to 0.7102 and taking into consideration the basaltic flank and brine 

fluxes results in an axial Sr flux of 0.19 * 10 10 mol/yr, which matches exactly the best- 

estimate geophysical Sr flux.

lame 6.6: Balanced Marine Geochemical Cycles of Sr. Terms identified as 'calculated' 
are estimated by Sr-isotope mass balance.

Cycle 1: Best-Estimate 

Sr Source Mass Flux (1010 mol/yr)

River Water
Groundwater:
Diagenetic Flux:
Anhydrite Rux:
Flank Basaltic Flux:
Brine Basaltic Flux:
Cl-Normalised Flux:
Total of 3 Hydrothermal Fluxes:

Weighted Average (Seawater):

3.00
1.10
0.34
0.25
0.25
0.04
0.67 (calculated)
0.96 (calculated)

0.7114
0.7087
0.7084
0.7084
0.7033
0.7033
0.7033

0.70918

Cycle 2: Palmer and Edmond (1989)

Sr Source

River Water: 
Diagenetic Flux: 
Hydrothermal Flux:

Weighted Average (Seawater):

Mass Flux (101U mol/yr)

3.34 
0.34 
1.50 (calculated)

0.7119
0.7084
0.7033

0.70918

Cycle 3: Palmer and Edmond (1989) without Ganges and Brahmaputra Rivers 

Sr Source Mass Flux (1010 mol/yr) ^Sr/^Sr

River Water: 
Diagenetic Flux: 
Hydrothermal Flux:

3.00 0.7109
0.34 0.7084
0.832 (calculated) 0.7033

Weighted Average (Seawater): 0.70918
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Chapter 7: Seawater Sr-Isotopes, Carbon-Burial Events, and

Hydrothermalism 

7.1 Introduction

Seawater 513C, 6180,634S, and ^Sr/^Sr curves are of fundamental importance for 

deciphering the history of oxygen and carbon dioxide on the earth's surface. In turn, the 

evolution of oxygen and carbon dioxide in the atmosphere and oceans has critical 

implications for the evolution of global climate and the history of life. A variety of 

approaches have been used to infer the history of atmospheric oxygen and carbon dioxide 

and to link the observed isotopic records to related events in the geological record, such as 

inferred climate shifts, carbon-burial events, and periods of accelerated evolution or 

extinction. For example, a number of authors (e.g., Lasaga et al., 1985 ; Walker, 1986; 

Berner, 1987; Kump, 1989; Lasaga, 1989) have used the combined record of seawater 

613C and 634S to model the history of oxygen and carbon dioxide in the atmosphere. A less 

model-based approach examines the occurrences of positive and negative 613C excursions 

in the stratigraphic record in an effort to understand the significance and causes of variation 

in marine organic productivity and organic matter burial and to explore the consequences of 

these events on climate and the history of life in the oceans (e.g., Arthur et al., 1987, 1988; 

Bralower, 1988; Jenkyns, 1988; Zachos et al., 1989; Kennett and Stott, 1991; Woodruff 

and Savin, 1991; Weissert and Lini, 1991; Wignall, 1991; Lini et al., 1992). Still another 

line of research, just recently yielding its first crop of papers', uses the seawater Sr-isotope 

curve as an index of continental weathering to model the effects of variable continental 

weathering on the global CO2 budget (Bemer and Rye, 1992; Francis and Walker, 1992; 

Fran9ois et al., 1992).

In this thesis I would like to follow a more empirical approach and present evidence 

for a correlation between periods of rapid increase or decrease in the seawater Sr-isotope 

curve, the occurrence of positive 613C excursions, and the eruption of major flood basalts.
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Following this presentation a number of simple model calculations will be used to 

demonstrate the plausibility of a predominantly hydrothermal control on the Sr-isotope 

curve during at least the late Cretaceous and early Cenozoic. Finally, I will discuss some 

possible links between flood basalts, hydrothermal events, the evolution of the Sr-isotope 

curve, and carbon-burial events. 

7.2 The 513C, 87Sr/86Sr, and Flood Basalt Record

The seawater Sr-isotope curve forms the basic template against which 613C 

excursions and major flood basalt eruptions are plotted. For the Jurassic the correlation 

between the Sr-isotope curve and the 613C events is extremely precise because both sets of 

data come from the same stratigraphic sections. The constraints on the timing of the flood 

basalt events over this interval are poor due to the difficulties of radiometrically dating 

basaltic rocks. Moreover, the absolute ages of the stage boundaries of the Jurassic time 

scale are subject to errors of at least ± 10 Ma (Harland et al., 1990). In the Cretaceous, 

correlation between the Sr-isotope curve and 613C events is complicated by the use of 

several different biostratigraphic schemes (different faunal provinces, different taxonomic 

groups) that are not always precisely intercalibrated. Thus I have applied generous error 

bars to the possible duration of the carbon-isotope excursions; the reader will see that the 

correlations nevertheless remain quite precise. Hood basalts are significantly better dated 

during the Cretaceous, but for some events significant errors still exist. The absolute ages 

of the Early Cretaceous stage boundaries are subject to fairly*large error estimates of ±5 - 

10 Ma, but by the Aptian/Albian boundary (112 Ma) the estimated errors are reduced to 

significantly less than ±5 Ma. In the Cenozoic, correlation between the Sr-isotope curve 

and 613C events is greatly facilitated by standard foraminiferal, nannofossil, and 

palaeomagnetic zones and by the fact that nearly all data are reported relative to the time 

scale of Berggren et al. (1985). For convenience the Harland et al. (1990) time scale is 

used for the Jurassic and Cretaceous whereas the Berggren et al. (1985) time scale is
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retained for the Cenozoic. With the exception of the Columbia River Flood Basalts, the 

dating of the Cenozoic flood basalts is poorer than in some of the Cretaceous examples.

The numerous ̂ -^Ar and ^Ar-^Ar dates constraining the age of each flood 

basalt province have been recently compiled in two papers. Rampino and Stothers (1988) 

combed through the literature and compiled histograms of dates (using 5-Ma bins) for each 

of the major flood basalt events. In some cases palaeomagnetic information is available to 

further constrain the duration of an event. The histograms typically show a few scattered 

older ages, then show a sharp increase in the occurrence of samples spanning a certain age 

range, and then tail away somewhat irregularly for the younger ages (Fig. 7.1). In addition 

to possible longer-lived volcanism, the scatter in the K-Ar dates (which are far more 

common than Ar-Ar dates) is caused by both loss of radiogenic ^Ar during weathering or 

metamorphism and by the gain of ̂ Ar released from older rocks (e.g., xenoliths) 

encountered by the rising basaltic magmas. Because the best-studied flood basalts seem to 

have erupted over less than a few million years (e.g., the Columbia River and Deccan 

Traps flood basalts), Rampino and Stothers have taken the start-up age of each province as 

the point at which the frequency distribution shows the fastest rate of increase towards the 

maximum. It is clearly difficult to be certain that one is actually dating a single main phase 

of a short-duration volcanic episode using this approach, but it is a consistent way of 

handling a large number of relatively scattered data points. The other recent compilation of 

flood basalt dates is by Baksi (1990). Baksi presents a mucn more critical appraisal of the 

data for selected events, but with the loss of systematic coverage. 

7.2.1 Early Jurassic

The Early Jurassic interval is one of the best for comparing the distribution in time 

of black shales, positive 613C excursions, and the features of the Sr-isotope curve. The 

abundance, wide distribution, and rapid evolution of ammonites during the Early Jurassic 

has allowed Hallam (1987) to recognise a number of ammonite zones that seem to be
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Figure 7.1 Histograms showing the distribution of ^-^Ar and ^Ar-^Ar dates for 
each of the major flood basalt provinces over the last 210 Ma. The initiation of each event 
is determined as the interval over which the histogram most rapidly rises towards the first 
maximum. Figure from Rampino and Stothers (1988).
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generally characterised by organic-rich shales at localities around the world. Although 

neither the stratigraphic observations of Hallam nor the d' 3C data of this study are entirely 

convincing on their own, together they allow the definition of those stratigraphic intervals 

that are most likely to host globally extensive carbon burial events.

According to Hallam (1987), the earliest candidate event is suggested by the thin 

but widespread organic-rich shales of Rhaetian (latest Triassic) to earliest Hettangian age 

found in northern Canada and throughout northwestern Europe. The data of Figure 7.2 

indicate 613C values as high as +4.2%o during the latest Triassic and confirm that a carbon- 

burial event may have occurred at this time. The 613 C data come from the White Lias 

(Campos and Hallam, 1979) and Ostrea Beds of the Dorset Blue Lias. The dating of these 

strata is somewhat uncertain due to the lack of ammonites and, in addition, the presence of 

the organic-rich Gotham Member immediately below the White Lias suggesting that an 

earlier timing may also be possible. For the purposes of the present study the White Lias 

and Ostrea Beds are taken as each representing one ammonite subzone unit of time (their 

stratigraphic thicknesses are comparable to those of the subzones of the lowest Jurassic). 

The best-estimate duration of the event therefore runs from approximately 2.5 subzone 

units before the Triassic/Jurassic boundary to roughly 0.5 subzone units after the 

boundary. Although the highest 613C values are located approximately 0.5 subzone units 

below the boundary, the nature of the oyster d 13C data does not allow the precise 

determination of the timing of a 313C "spike".

The next candidate carbon-burial event occurs during the Sinemurian lumen and 

obtusum zones. Hallam (1981) records these zones as marking an apparently global 

transgression characterised by a transition to shaley, frequently organic-rich deposits in 

eastern Asia, North and South America, and throughout Europe. The carbon-isotope data 

collected in this study suggest that the maximum possible duration of this event is from the 

brooki and birchi subzones of the turneri zone through to the end of the obtusum
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CO

Figure 7.2: d 13C data from belemnites and oysters collected from the Lower Jurassic of 
Great Britain. Abbreviations above stage names refer to the ammonite zones of Cope et al., 
(1980a) and time is measured in equal-duration ammonite subzones counting above the 
base of the Jurassic.
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subzone of the obtusum zone. Although the d 13C maximum appears to be centred in the 

obtusum subzone, the nature of the belemnite data actually preclude a precise determination 

of the timing of this peak (Fig. 7.2).

The next major feature is a negative shift apparently taking place in the basal 

Pliensbachian. Whether this shift is real or an artefact of diagenesis or belemnite biological 

fractionation remains to be determined by further work. The succeeding sudden shift 

towards more positive d13C values in the ibex zone (Fig. 7.2) probably does not represent 

a true carbon-burial event, both because no extreme d' 3C values were measured and 

because Hallam (1987) did not note this zone as being generally characterised by organic- 

rich shales. This positive shift is probably best interpreted as either a recovery from the 

negative excursion of thejamesoni zone or a return to belemnite samples largely unaffected 

by diagenesis.

The best-documented Jurassic carbon-burial events occur during the margaritatus 

zone of the latest Pliensbachian and thefalciferum zone of the early Toarcian. The 

margaritatus event is suggested by the transgressive organic-rich shales of davoei and 

margaritatus age found in Europe and especially throughout eastern Asia and North 

America (Hallam, 1981, 1987). The magnitude of this 613C excursion is relatively minor 

compared to thefalciferum zone event to follow, but it is documented in a number of 

sections throughout Europe (Jenkyns and Clay ton, 1986) and is confirmed by the data of 

this study (Fig. 7.2). The maximum duration of the event i5 constrained by the 613C data to 

be within the margaritatus zone and, although the data of this study suggest a 613C maxima 

near the end of the margaritatus zone, the much more extensive data set of Jenkyns and 

Clayton (1986) suggest that the acme occurs near the middle of the zone.

Thefalciferum zone event is exhaustively documented by the global distribution of 

black shales of this age (Hallam, 1987; Jenkyns, 1988). A major positive d 13C excursion 

during thefalciferum zone is suggested by a wealth of stable isotope data from a variety of
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European sections (Jenkyns and Clayton, 1986; Jenkyns, 1988) and confirmed by data 

collected in the present study yielding 613C values of up to +5.9%0. The maximum duration 

of this event is taken to be the entire falciferum zone with the acme occurring at the middle 

of the zone (exaraturnlfalciferum subzonal boundary). It is worth emphasising that the 

combination of the broad geographic distribution of ammonites throughout the Early 

Jurassic and the high-resolution 613C and ^Sr/^Sr data allows exceptionally precise 

correlation between carbon events recorded at different sections and between the 613C and 

^Sr/^Sr curves.

There are two known episodes of flood basalt volcanism during the Early Jurassic, 

and the constraints on the timing of the initiation these events are poor. The earlier event is 

represented by the Eastern North American basalt province associated with the rifting 

between North America and Africa. Rampino and Stothers (1988) have collected 104 dates 

from basalt flows, sills, and dykes scattered between Nova Scotia and North Carolina and 

estimate an initiation date of 200 + 5 Ma. Figure 7.1 indicates that the start-up date could 

be any time between 210 and 195 Ma. The initiation of the Karoo Province flood basalt 

episode, which is associated with rifting along the east coast of South Africa, is dated at 

190 ± 5 Ma by Rampino and Stothers (1988) and at 193 ± 5 by Fitch and Miller (1984). 

An estimate of 193 ± 7 Ma would cover the full range of probable start-up dates implied by 

the histogram of Figure 7.1. In addition to the uncertainty associated with the timing of the 

start-up dates, the geological time scale of Harland et al. (1990) has errors associated with 

the Early Jurassic stage boundaries that are not easily quantified, but which are on the order 

of ± 10 Ma. These errors dramatically reduce the confidence with which radiometrically 

dated events can be correlated to the biostratigraphically calibrated time scale.

The compilation of Sr-isotope data, carbon-isotope events, and flood basalt 

eruptions is presented in Figure 7.3. The late Rhaetian, margaritatus, and falciferum 

carbon-isotope excursions are each clearly associated with times of rapid change in the
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seawater Sr-isotope curve. There is no clear shift in the Sr-isotope curve during the 

turneri/obtusum carbon event, although a rapid downwards shift in the early obtusum zone 

is possible. In addition, the constraints as to the timing of the 613C maximum are not firm, 

and it is possible that the actual maximum occurred at the same time as a rapid shift in the 

Sr-isotope curve. Age-constraints on the flood basalts are extremely poor relative to the 

precision of the Sr and C data. It is thus entirely possible, but not yet proven, that the 

Eastern North American and Karoo basaltic provinces are associated, respectively, with the 

downwards shifts in the turneri/obtusum and margaritatus zones. Note that the late 

Pliensbachian and early Toarcian 613C events seem to be linked together by the Sr-isotope 

curve: one carbon event occurs during a downwards shift in the Sr-isotope curve whereas 

the next occurs during the succeeding upwards shift. 

7.2.2 Middle and Upper Jurassic

There is no evidence suggesting that the Aalenian, Bajocian, or Bathonian stages 

(Middle Jurassic) host any unusual accumulations of carbon. Moreover, the stable isotopic 

record, although quite incomplete over this interval (Chapter 5), does not suggest any 

positive 613C excursions. The Callovian, Oxfordian, Kimmeridgian, and Tithonian stages, 

by contrast, are generally characterised by relatively organic-rich strata (Hallam, 1987). 

However, there is no firm stratigraphic evidence supporting a narrowly defined, globally 

synchronous interval characterised by carbon-rich sediments and there are no well- 

documented carbon-isotope excursions. There are some d 13C data from oysters collected in 

this study and from Oxfordian pelagic carbonate sections in Italy and France (Jenkyns, 

1991, pers. comm.) that indicate a possible excursion in the early Oxfordian, but the timing 

of the event is not quite clear. The English data suggest a cordatum zone age (Northwest 

European faunal province) whereas the Italian and French data suggest a transversariwn 

age (Submediterranean province) that implies a separation of roughly one ammonite zone. 

Thus, while it is possible that the positive carbon-isotope excursions during the early
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Oxfordian are of global significance, the current data do not afford a clear resolution of this 

matter. Isotopic evidence presented for the Kimmeridgian and Tithonian (Weissert and 

Channell, 1989; Weissert and Lini, 1991; this study) do not suggest any positive d 13C 

excursions during these times. Thus, despite the generally organic-rich strata in the 

Callovian through Tithonian and with the possible exception of the early Oxfordian, there 

are no proven carbon-burial events during the Middle and Late Jurassic.

The Middle and Late Jurassic also host no known, clearly identified flood basalt 

events. Rampino and Stothers (1988) note that although the Ferrar Group dolerites and 

basalts of Antarctica and similar dolerites in Tasmania are regionally extensive, they may 

not in fact represent a true episode of flood basalt volcanism. The best-estimate eruption 

date for these Antarctic and Tasmanian rocks is 170 ± 5 Ma. Errors on the ages of the 

stage boundaries during the Middle and Late Jurassic are roughly ± 10 Ma (Harland et al., 

1990) and thus significantly reduce the confidence with which radiometrically dated events 

can be correlated to a biostratigraphically calibrated time scale.

Figure 7.4 compares the Sr-isotope curve with the timing of the Callovian- 

Kimmeridgian organic-rich strata, possible early Oxfordian 613C excursion, and the 

Antarctic-Tasmanian flood basalts. The organic-rich sediments are found during the broad 

minimum in the seawater Sr-isotope curve. However, without more information as to the 

importance of these and adjacent intervals as regards carbon burial, it is difficult to make 

anything of this correlation. The Antarctic-Tasmanian flood basalts occur during a time of 

general decline in the Sr-isotope curve. Although there is no known carbon event 

associated with these basalts, this interval of time lacks the data to prove that the Bajocian 

does not host a carbon-isotope excursion. Also, there is additional uncertainty as to 

whether the Antarctic-Tasmanian basalts and dolerites do in fact represent true flood 

basalts. Thus, the Middle and Late Jurassic do not support or detract from the proposed 

correlation between Sr-isotope shifts, carbon events, and flood basalts.
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positive 613C excursions, and flood basalt events. No events are well-enough proved to 
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7.2.3 Cretaceous

The carbon-burial events of the Cretaceous are in general much better documented 

due to the availability of extensive outcrop and DSDP/ODP drill cores. The earliest 

documented Cretaceous d 13C excursion occurs near the Valanginian/Hauterivian boundary 

(Weissert and Lini, 1991; Lini et al., 1992). A positive d 13C excursion restricted to the 

Calcicalathina oblongata nannofossil zone has been documented at five sites from the 

southern Alps of Italy and at one site each in the Gulf of Mexico, the western North 

Atlantic, and the central Pacific. In addition, a transition to organic-rich sediments has been 

observed at this time at a variety of other sites around the world. Thus, this excursion of 

approximately +1%0 appears to reflect a globally synchronous carbon-burial event (Lini et 

al., 1992). This event is roughly dated as occurring in the upper half of the Valanginian 

stage, which according to the time scale of Harland et al. ( 1990) indicates an age of 

between 138 and 135 Ma with a d 13C peak at roughly 136 Ma.

The timing, number, and duration of events during the Aptian and Albian are not 

yet clear. Arthur et al. (1990) argue for three separate events. The oldest occurs during the 

forbesildeshayesi ammonite zones, which are in part equivalent to the G. blowi 

foraminifera zone of the lower Aptian. Black shales of this age are known from around 

Europe and in the Pacific Ocean (Sliter, 1989) and Weissert and Lini (1991) present d 13C 

evidence from northwest Tethys, the Southern Alps of Italy, and the North Atlantic that 

confirms the beginning of the event in the mid-G. blowi zdhe. However, their data also 

suggest a rather complicated history of carbon burial at this time. In contrast to other 

carbon-burial events, which tend to be of very short duration (< 1 Ma; Schlanger et al., 

1987; Jenkyns, 1988), the G. blowi event seems to have continued through the S. cabri 

zone, peaked finally in the G. ferreolensis zone, and finally ended abruptly in the 

succeeding mid-algerianus zone. Their data also indicate that a second event began 

immediately again in the G. algerianus zone, peaked at the algerianus/trocoidea boundary,
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and ended in the succeeding T. bejaouaensis zone. These two events thus seem to have 

persisted over a considerable period of time. Correlated to the time scale of Harland et al. 

(1990), the zones of the first event indicate a duration from roughly 122 to 117.5 Ma, with 

a peak at 118.5 Ma, and the second event goes from roughly 117.5 to 113.5 Ma with a 

peak at 116.5 Ma.

Follow ing Arthur et al. ( 1990), the next event is thought to have occurred during 

the lower Albian tardefurcata ammonite zone, which corresponds to the upper portion of 

the long T. bejaouaensis foraminiferal zone (Harland et al., 1990). This event thus begins 

in the same zone that saw the end of the previously described event. A tardefurcata date 

gives a time-scale age of roughly 112.0 - 110.0 Ma. The final event of Aptian/Albian times 

is placed in the dispar ammonite zone and the R. appennica foraminiferal zone of the late 

Albian. This event, well-separated from adjacent events above and below, receives 

radiometric dates based on the ammonite zone of 97.7 - 97.0 Ma. The existence of these 

separate, discrete carbon-burial events during the Aptian/Albian is not universally accepted 

(Arthur et al., 1990), but it does seem clear that particularly the Aptian and early Albian 

were times characterised by high carbon burial rates.

The Cenomanian-Turonian Boundary Event is the best-documented interval of 

accelerated carbon burial in the Cretaceous. A large amount of work on this boundary 

(summarised by Schlanger et al., 1987; Bralower, 1988; Arthur et al., 1990) finds that 

organic-rich sediments characterise strata of this age from around the world and that the 

timing of the associated positive d'3C excursion is constrained to within a few hundred 

thousand years of the Cenomanian/Turonian boundary (within the W. archeocretacea 

foraminifera zone). Following Harland et al. (1990), this event is therefore precisely dated 

at 90.4 ± 0.5 Ma.

The next Cretaceous carbon-burial event, although not yet well-documented, is 

thought to have occurred during the Coniacian stage (Arthur et al., 1990). There is no
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published summary of the sedimentary or isotopic record covering this interval, but 

Jenkyns (1991), on the basis of unpublished data, places this event in about the upper 0.5 

Ma of the Coniacian. This implies a date of 86.85 ± 0.25 Ma. The final carbon-isotope 

excursion of the Cretaceous occurs some 0.2 Ma before the Cretaceous/Tertiary boundary 

and before the more famous negative excursion associated with the K/T boundary (Stott 

and Kennett, 1989; Zachos el al., 1989; Kennett and Barker, 1990). These workers report 

results from three sites (one each in the Atlantic, Pacific, and Antarctic oceans) that indicate 

the global nature of this event and that suggest a date of 64.9 ±0.2 Ma for the duration of 

this event.

The Cretaceous hosted a number of flood basalt eruptions both on land and under 

the sea. The Etendeka Province in southwestern Africa and the Parana Hood Basalts in 

southern Brazil are both dated at around 135 Ma, although there is some debate as to 

whether they are in fact contemporaneous. Rampino and Stothers (1988) estimate the 

initiation of the Etendeka eruptions at 135 ± 5 Ma as compared to 130 ± 5 Ma for the 

Parana". Baksi (1990) estimates an age of at least 131 Ma for the Etendeka based on the 

oldest offshore seafloor magnetic chron M4 and an age of 130 Ma for the Parana, although 

the histogram that he plots would argue for an age of 135 ± 5 Ma if the logic of Rampino 

and Stothers (1988) were followed. It seems reasonable to conclude that these events are 

nearly contemporaneous, erupting at approximately 132 ± 8 Ma.

The Rajmahal Traps of eastern India are relatively poorly dated. Rampino and 

Stothers (1988) estimate a starting date of 110 ± 5 Ma, but their frequency distribution 

(Fig. 7.1) is such that any time between 100 and 120 Ma seems plausible. The more recent 

work of Baksi (1988) demonstrates that the Rajmahal Traps formed rapidly at 117 ± 1 Ma; 

this date will be taken as marking the initiation of the event.

In addition to the continental flood basalt provinces, there is evidence for extensive 

basaltic eruptions on the sea floor. Larson (1991; personal communication) has recently
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tabulated the estimated ages and eruptive volumes for each of the major oceanic plateaus 

and finds that there is a major pulse of Aptian activity between 125 and 115 Ma, a second 

smaller pulse between 95 and 90 Ma just before the Cenomanian/Turonian boundary (90.4 

Ma), and a third pulse at 60 - 55 Ma spanning the Palaeocene/Eocene boundary (Fig. 7.5). 

The dating of these pulses is hampered by the long Cretaceous interval of normal polarity 

(C34 runs from 124 to 83 Ma) and the fact that dates are inferred from the oldest age of 

sediments on the plateau, dredged rocks that have been radiometrically dated, or from 

tectonic associations with features of known age.

The final episode of Cretaceous flood basalt volcanism is represented by the Deccan 

Traps. These are dated at 66 ± 2 Ma by Rampino and Stothers (1988) and at 65 Ma by 

Baksi (1990). In both papers it is concluded that the eruptions took place within 1 Ma of 

the Cretaceous/Tertiary boundary.

Figure 7.6 presents the temporal relationships between fluctuations of the Sr- 

isotope curve, carbon-isotope excursions, and flood basalt eruptions. The late Valanginian 

carbon-isotope excursion is not associated with an obvious sudden shift in the Sr-isotope 

curve, although the gap in Sr-isotope data does not entirely eliminate this possibility. 

Although the best-estimate age of eruption of the Etendeka/Parand provinces is somewhat 

younger than the Valanginian 613C event, it is entirely within the constraints of both the 

basalt data and the estimated stage boundary ages that the basalts are the same age as the 

613C excursion. Although the Aptian and early Albian Sr-isotope data are relatively poor, it 

is clear that the Aptian 613C excursions occur at the same time the Sr-isotope curve is 

rapidly declining. Moreover, Larson's (1991, personal communication) largest outpouring 

of seafloor basalts occurs at this time, as do the Rajmahal Traps flood basalts. By contrast, 

the early and latest Albian carbon excursions occur when the Sr-isotope curve is moving 

back towards more radiogenic values; they are not associated with flood basalt events. The 

latest Albian event coincides with what appears to be a rapid jump in the Sr-isotope curve,
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Figure 7.5 The relative generation rates of oceanic crust (by area) over the past 150 Ma. 
All rates are normalised to the present day. The finely-dashed line traces the relative 
generation rates of sea floor materials related to mantle plume activity. The resultant 
oceanic plateaus are analogous to the continental flood basalts. The three main pulses occur 
during the Aptian, Cenomanian, and Palaeocene. The heavy dashed line represents the 
relative generation rates for all mid-ocean ridge materials with the exception of the presently 
subducted Tethyan ridge systems. The solid line represents both the plume-related and mid- 
ocean ridge crustal generation rates and demonstrates the predominance of the mid-ocean 
ridge system in the total amount of oceanic crust generated.
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although it should be noted that this shift also marks the boundary between two different 

data sets. The next downwards shift in the Sr-isotope curve is also associated with a 

carbon-isotope excursion--the well-known Cenomanian-Turonian Boundary Event-and 

also with an accelerated outpouring of seafloor basalts. There is no known continental 

flood basalt dating to this time. The Sr-isotope curve recovers rapidly through the 

Coniacian and early Santonian, and another carbon-isotope event occurs during this rapid 

rise in the latest Coniacian. Finally, at the end of the Cretaceous, the latest Maastrichtian 

carbon-isotope excursion and Deccan Traps flood basalts occur within 1 Ma of each other. 

In contrast to most previously described events, there is no pronounced downwards shift in 

the Sr-isotope curve accompanying this episode of flood basalts. In this regard the latest 

Cretaceous events seem to mark a transition to the Cenozoic when the Sr-isotope curve no 

longer shows a pronounced negative excursion in conjunction with flood basalt eruptions.

It should be emphasised that, as in the case of the late Pliensbachian, the Aptian and 

Cenomanian portions of the Sr-isotope curve show strong downward shifts that correlate in 

time with major flood basalt eruptions. Moreover, each carbon excursion associated with a 

downwards Sr-isotope shift is paired with a second 613C excursion associated with an 

upwards Sr-isotope shift. For those flood basalt events not associated with large shifts in 

the Sr-isotope curve, there is only one 613C excursion occurring at the same time as the 

flood basalt eruption. 

7.2.4 Cenozoic

The first and strongest positive carbon-isotope excursion of the Cenozoic occurs 

during the Late Palaeocene, spanning roughly 56.5 to 60.5 Ma with a peak at about 59 Ma 

(Shackleton, 1986; Rea et al., 1990; Kennett and Barker, 1990). The second event of the 

Cenozoic is a minor 613C excursion near the end of palaeomagnetic chron C13R in the 

Early Oligocene dated at 35.2 + 0.2 Ma (Zachos et al., 1992). The third and final positive 

carbon excursion of the Cenozoic is the famous Middle Miocene Monterey Excursion
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Figure 7.6 Correlation of the seawater Sr-isotope curve, positive 6 13C excursions, and 
flood basalt events in the Cretaceous. Periods of increased oceanic plateau-building 
("Seafloor Events") are taken from Larson (1991; personal communication).
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associated with oil-producing rocks around the Pacific rim. This excursion is more 

protracted and complex than the "spikes" typically encountered in the Mesozoic and spans 

much of the Middle Miocene (-17 - 14 Ma; Berger and Vincent, 1986; Woodruff and 

Savin, 1991). The extensive data compilation of Woodruff and Savin (1991) allows this 

complex event to be more precisely dated and broken down into its components. The first 

613C occurs near the foraminiferal N7/N8 boundary and within the nannofossil zone NN4. 

This dates the initiation of the event as near 16.4 Ma. Following this initial excursion there 

are further pulses at about 15.8, 15.5, 15.1, 14.6, and 14.1 Ma.

The first flood basalts of the Cenozoic are those of the North Atlantic Tertiary 

Province. The 138 dates compiled by Rampino and Stothers (1988) form a well-defined 

frequency maximum indicating a starting date of 62 ± 3 Ma Baksi (1990) summarises data 

that suggest a somewhat younger date of roughly 60 ± 1 Ma. For this study a start-up of 

62 ± 3 Ma is assumed. The Ethiopian flood basalts are poorly dated relative to their young 

age. The compilation of 122 ages by Rampino and Stothers (1988) shows a large number 

of dates between roughly 20 and 40 Ma. Baksi (1990) considers a small number of dates 

clustering around 24 - 28 Ma, but the much more extensive data set of Rampino and 

Stothers (1988) suggests a start-up date of 35 ± 3 Ma The most recent flood basalts are 

those of the Columbia River Basalt Group. The detailed work reviewed by Baksi (1990) 

indicates that nearly all of the basalts erupted between 17 and 15 Ma, with the main phase 

starting at approximately 16.4 Ma. Rampino and Stothers (1988) estimate a less precise

starting date of 17 ± 1 Ma.

The Cenozoic differs from the Mesozoic in that the Sr-isotope curve shows no 

sudden, strong shifts towards either higher or lower ^Sr/^Sr ratios (Fig. 7.7). Instead the 

curve remains flat or slowly declining during the early Cenozoic and then begins a steady 

increase, with several changes in slope, moving towards the present. However, the good 

correlation between 613C events and flood basalt eruptions remains. The dating of the
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North Atlantic Tertiary Province and a pulse of sea-floor basaltic generation (Fig. 7.5) both 

overlap the Late Palaeocene positive carbon excursion. Although it is possible that these 

events are responsible for the decline the in the Sr-isotope curve from the 

Cretaceous/Tertiary boundary, it is also possible that this decline simply represents a 

recovery from an unusual event centred around the Cretaceous/Tertiary boundary (e.g., 

Macdougall, 1988; Javoy and Courtillot, 1989; Martin and Macdougall, 1991). There is 

also a good correspondence between the timing of the Ethiopian flood basalts and the minor 

Early Oligocene 613C excursion. However, the poor age constraints on the flood basalts 

weakens the strength of this correlation. If the Sr-isotope data of DePaolo and Ingram 

(1985) are more accurate than those of Hess et al. (1986) over this interval, it is possible 

that the flood basalts are associated with the temporary dampening of a rapid seawater 

^Sr/^Sr increase that began in the late Eocene. Finally, the time of initiation of the 

Columbia River Flood Basalts, which are unusual in that they are not associated with a 

successful continental rifting event, corresponds exactly with the first of the Monterey 

carbon-isotope excursions. Moreover, the timing of these events, although not clear from 

Figure 7.7, corresponds exactly to a distinctive reduction in the rate of increase of the 

seawater Sr-isotope curve (Hodell et al., 1991).

In summary, there appears to be a close link between events in the seawater Sr- 

isotope and 613C curves. Every rapid shift in the Sr-isotope curve, with the exception of 

the rapid rise between 6 and 4 Ma (Fig. 7.7), has a corresponding carbon-isotope event. 

This includes the events of the late Rhaetian, margaritatus, falciferum, Aptian, Albian, 

Cenomanian/Turonian, and Coniacian. Moreover, other positive carbon-isotope 

excursions may be associated with minor rapid shifts in the Sr-isotope curve (e.g., the 

turnerilobtusum event). In the Mesozoic the carbon-isotope events tend to be paired, with 

the first occurring at the same time as both a downwards shift in the Sr-isotope curve and 

the eruption of a flood basalt and the second corresponding to a rapid recovery to more
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radiogenic Sr-isotope values. In the latest Cretaceous and Cenozoic this pattern breaks 

down such that there are no negative shifts in the Sr-isotope curve and every carbon- 

isotope event is associated with a flood basalt. Over the last 70 Ma, the largest changes in 

the Sr-isotope curve possibly associated with flood basalts are an interruption of the late 

Cretaceous increase and the prolonged decline of the Palaeocene, a possible levelling off of 

a rapid increase at the time of the Ethiopian basalts, and a reduction in the rate of increase at 

exactly the time of the initiation of the Columbia River Basalts.

These observations suggest that positive carbon-isotope excursions are somehow 

linked to flood basalts and to the processes associated with the rapid negative and positive 

shifts in the Sr-isotope curve. Because the downward shifts in the Sr-isotope curve are 

associated in time with the eruption of flood basalts and because the likely effect of 

increased mantle interaction with the earth's surface is the introduction of nonradiogenic Sr 

to the oceans, it seems likely that the downward shifts in the Sr-isotope curve are the result 

of increased mid-ocean ridge hydrothermal activity and that this hydrothermal activity is in 

turn associated with the tectonic events that brought about the eruption of the flood basalts. 

One common link between the carbon and strontium isotope curves and the eruption of 

flood basalts could be hydrothermalism. Because there is a strong tendency in the literature 

to attribute the majority of changes in the seawater Sr-isotope curve to changes in the 

riverine inputs, it is necessary in the next section to demonstrate that a hydrothermal control 

on the evolution of the Sr-isotope curve cannot be ignored. 

7.3 Major Controls on the Seawater 87Sr/86Sr ratio

There seems to be universal agreement that although the hydrothermal flux of Sr is 

important in controlling the absolute value of the seawater ^Sr/^Sr ratio, it is variations in 

either the flux or the isotopic composition of river water Sr that must account for the mam 

fluctuations in the observed seawater curve (Palmer and Elderfield, 1985; DePaolo, 1986; 

Hess el al, 1986; Raymo el al., 1988; Hodell et al., 1989, 1990; Capo and DePaolo, 1990;
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Fran9ois and Walker, 1992; Berner and Rye, 1992; Richter et al., 1992; Krishnaswami et 

al., 1992; Francis et al., 1992). This conclusion is reached through a process of 

elimination. Because the Sr flux from the recrystallisation of sea-floor sediments is small 

and the ^Sr/^Sr ratio is not very different from seawater (Elderfield and Gieskes, 1982), it 

is also difficult to conceive of a mechanism that would cause changes of sufficient 

magnitude to affect the marine ^Sr/^Sr ratio. Because sea-floor basalts are relatively 

isotopically homogeneous with respect to Sr, it is difficult to conceive of a mechanism that 

would change this component of the hydrothermal flux. The fact that global sea-floor 

spreading rates have experienced only limited variation over the past 150 Ma plus the 

assumption that the hydrothermal Sr flux changes in direct proportion to sea-floor crustal 

generation rates suggests that the hydrothermal flux term has undergone only limited 

changes over the Cenozoic. Moreover, the possibility of short-term pulses of hydrothermal 

activity are eliminated under the assumption that the palaeomagnetic record of sea-floor 

magnetic lineations adequately rules out any short-term pulses in spreading rates (Hodell et 

al., 1988; 1990; Capo and DePaolo, 1990). In the end, the elimination of these two major 

terms in the Sr cycle leaves either the mass flux or the isotopic composition of riverine Sr to 

vary. Although changes in the average riverine Sr-isotopic composition seem likely 

(Palmer and Elderfield, 1985; Berner and Rye, 1992), the majority of authors focus on 

changing chemical weathering fluxes, perhaps in part because it is easier to find 

geochemical and sedimentological evidence that may be interpreted in terms of past 

chemical weathering rates.

The basaltic Sr flux is easily characterised due to the relatively homogeneous nature 

of the sea-floor basement basalts. Although it is difficult to characterise accurately the 

precise concentration and isotopic composition of hydrothermal fluid Sr and to partition the 

basaltic Sr flux into its various components (off-axis, axial brine, and axial Cl-normal; see 

Chapter 6), the problem is greatly simplified by the fact that the ^Sr/^Sr ratio is unlikely to
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vary significantly over time. Although different authors favour "Sr/^r ratios between 

0.7029 and 0.7035 for the basaltic Sr flux, within a single model one constant ratio is 

assumed. Thus, an increase in hydrothermal venting always tends to bring the seawater 

^Sr/^Sr down while a decrease in hydrothermal activity always tends to allow the ratio to 

move back up.

The hydrothermal flux of seawater through mid-ocean ridges is most simply 

modelled by assuming that the volume of seawater circulating through the global mid-ocean 

ridge system is directly proportional to the area of new crust extruded along the ridge 

system (e.g., Berner et a/., 1983). The production of more oceanic crust per unit time 

brings a proportionally larger quantity of heat to the ridge axis which, because the 

circulation of seawater through the sea floor is thermally driven, brings a higher flux of 

water to dissipate the heat. The area of new oceanic crust produced over the past 150 Ma 

can be calculated from the spreading rate and ridge length data compiled by Kominz (1984) 

for the world's spreading centres. Larson (1991) has recalculated the data of Kominz 

(1984) using the time scale of Harland et al. ( 1990) and has added to the data set the area 

of flood basalts and oceanic crust added by mantle plumes. According to the marine Sr 

budget presented in Chapter 6, the basaltic Sr flux is divided into the low-temperature off- 

axis flux and the high-temperature axial fluxes of phase-separated (brine) and nonphase- 

separated (Cl-normal) fluids. Changing the area of new crust produced each year should 

have an immediate effect on the axial Sr flux terms. It is assumed for the present that the 

relative proportions of the brine and Cl-normal components of the axial flux remain 

constant over the long-term. It is difficult to predict the variation of the off-axis flux 

because it is not known how this term varies as a function of distance from the ridge axis. 

If there is some sort of an exponential decline in Sr exchange as a function of increasing 

crustal age and decreasing crustal temperatures, then an increase in spreading rates should, 

after a relatively short time-lag, result in a larger area of hot, young crust able to support a
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higher off-axis Sr exchange. Hence the off-axis flux should also increase with increasing 

crustal generation rates, but with some time-lag behind the changes in the axial component. 

In the models to follow two end-member situations will be considered. In one end-member 

both the axial and flank terms are varied proportionally to crustal generation rates while in 

the other only the axial term is varied.

The model curves presented in Figure 7.8 show the evolution of the equilibrium 

seawater ^Sr/^Sr ratio as a function of time assuming that the hydrothermal Sr flux varies 

proportionally to changes in the area of new seafloor produced each year. The axial model 

(thin line) includes only the brine and Cl-normal fluids whereas the the solid line includes 

the off-axis term with the axial terms. In nature the response should lie in between these 

two curves, depending on how the off-axis flux varies with crustal generation rates. 

Comparison between the model curves and the isotope data indicate that over the Cenozoic, 

where spreading rate and ridge length data are most accurate, there is little correspondence 

between the model curve and the seawater Sr-isotope curve. The slight increases in the 

model curve brought about by slight decreases in the production rates of oceanic crust are 

no match for the rapid increase in the Sr-isotope curve from the Oligocene to present. For 

example, at about 20 Ma there is decrease in crustal generation rates that should accelerate 

the rate of increase of the Sr-isotope curve; instead, the curve abruptly slows its increase. 

It is the overall lack of correspondence between the model and observed curves that has 

forced the widely held conclusion that variations in the riverine term must be most 

important in controlling the variations in the seawater Sr-isotope curve.

Close examination of the curves of Figure 7.8 suggests that there is a certain degree 

of parallelism between the model and observed curves between 40 and 125 Ma. This raises 

the possibility that the Sr-isotope curve was controlled by hydrothermal variations from at 

least 125 Ma to 40 Ma, and that since 40 Ma the trend of the Sr-isotope curve has been
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Figure 7.8: Calculated effects of changing the hydrothermal Sr flux proportionally to the 
observed changes in ocean crustal generation rates. The rapid increase of the past 40 Ma is 
not duplicated by the model curve, suggesting that variations in hydrothermal activity are 
unimportant in determining the evolution of the seawater Sr-isotope curve.
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dominated by the riverine component. A test of the plausibility of this hypothesis requires 

that the riverine and hydrothermal components of the Sr-cycle be adjusted to what they 

were at 40 Ma While the hydrothermal Sr flux may be adjusted by reference to the relative 

rates of sea floor crustal generation, it is presently not possible to determine whether it is 

the mass flux or the isotopic composition of riverine Sr that was significantly lower before 

40 Ma. Thus, the model calculations were performed for both cases, one in which the 

riverine isotopic composition was lowered until the model curve matched the observed 

curve at 40 Ma and a second in which the riverine mass flux was reduced until a match was 

obtained. To evaluate the sensitivity of these results to the parameters chosen for the Sr 

cycle, four different cycles were used (Table 7.1): the best-estimate obtained in Chapter 6, 

where both the axial and flank are lumped together and the flank term is held constant; the 

cycle of Palmer and Edmond (1989) representing the maximum estimated hydrothermal 

flux; and a cycle in which the Ganges and Brahmaputra rivers are deleted so as to obtain a 

minimum estimated hydrothermal flux. In the model calculations the diagenetic flux is 

assumed be constant over the past 40 Ma but with an isotopic composition equal to 

seawater 20 Ma before the interval of interest. Before 40 Ma it is difficult to determine the 

nature of the diagenetic flux due to the decreasing importance of pelagic carbonates and the 

increasing importance of shelf carbonates prior to this time (e.g., Wilkmson and Walker, 

1989). Therefore, in order to focus on the ability of the changing hydrothermal flux to 

determine the shape of the Sr-isotope curve, the isotopic composition of the diagenetic flux 

is simply held constant prior to 40 Ma. For lack of better information, the isotopic 

composition of the groundwater flux term used in the best-estimate cycle is set equal to the

diagenetic term.

Figure 7.9 presents the model results for the case in which the isotopic composition 

of the river water is adjusted to obtain a match at 40 Ma. The key features of this model 

that support the hypothesis of hydrothermal control on the 125-40 Ma portion of the Sr-
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Table 7.1 Sr Cycles used in model calculations. Modern on left, Eocene on right.

Each Eocene cycle has the mass flux and isotopic composition of the riverine term 
independently calculated.

Modern Seawater = 0.70918 
___________Flux* "Sr/^Sr 
Best-Estimate, Axial + Rank lumped together

Eocene (40 Ma) Seawater = 0.70773 
Flux*

Hydrothermal 0.942 0.7033
Diagenetic 0.34 0.7084
Groundwater 1.1 0.7084
Riverine 3.0 0.7114

0.971
0.34
1.1

0.7033
0.70783
0.70783

1.133 (calc.)f 0.7114
3.0

Best-Estimate, Axial Only (Flank Sr flux assumed constant)

Axial
Rank
Diagenetic
Groundwater
Riverine

0.692
0.25
0.34
1.1
3.0

0.7033
0.7033
0.7084
0.7084
0.7114

0.7135
0.25
0.34
1.1
1.124(calc.)
3.0

Palmer and Edmond (1989): Maximum Hydrothermal Sr Flux

Hydrothermal 1.50 0.7033
Diagenetic 0.34 0.7084
Riverine 3.34 0.7119

1.55
0.34
1.638 (calc.)
3.34

0.709166 (calc.)

0.7033
0.7033
0.70783
0.70783
0.7114
0.709105 (calc.)

0.7033 
0.70783 
0.7119 
0.709776 (calc.)

Ganges and Brahmaputra Rivers Excluded: Minimum Hydrothermal Sr Rux

Hydrothermal 
Diagenetic 
Riverine

* 1010 mol/yr

0.832 
0.34 
3.0

0.7033 
0.7084 
0.7109

t Calc =

0.858 
0.34 
1.1 88 (calc.) 
3.0 %

0.7033 
0.7084 
0.7109 
0.708986 (calc.)

calculated values for riverine terms

isotope curve are the timing and relative magnitude of the calculated shifts. Hence at 125 

Ma the sudden increase in oceanic crustal generation (see Fig. 7.5) produces a model curve 

that duplicates the decrease in the Aptian Sr-isotope curve. Following this both the model 

and observed Sr-isotope curves gradually increase through to about 85 Ma, when both
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curves show an increase through to the Maastrichtian. There is a slight deviation near the 

Cretaceous/Tertiary boundary and through the Palaeocene, but the more radiogenic Sr- 

isotope curve may be a result of unusual events associated with that boundary (e.g., Martin 

and MacDougall, 1991). The curves again match through the Eocene until about 40 Ma 

when the Sr-isotope curve begins its rapid rise towards the present day. It is difficult to 

ascertain whether or not the deviation in the model and observed curves before 125 Ma is 

significant; it is entirely possible that the limited area of extant oceanic crust older than 125 

Ma is an unrepresentative sample of the total oceanic crust extruded at that time.

Comparison of the four curves in Figure 7.9 indicates the importance of certain 

terms in the Sr cycle. The largest difference is between the two best-estimate curves and 

the two maximum/minimum hydrothermal flux curves. The reason for this deviation rests 

on the inclusion of the large groundwater flux in the best-estimate cycles. The effect of this 

term is to buffer the model curve against large changes with the result that the best-estimate 

curves happen to follow the observed curve quite closely. A second observation is that the 

larger the hydrothermal term, the more responsive the model curve to changes in the crustal 

generation rates. Thus the Palmer and Edmond (1989) cycle produces significantly larger 

negative shifts than the minimum hydrothermal flux cycle. While it is gratifying that the 

best-estimate axial only and axial plus flank curves generally bracket the observed Sr- 

isotope curve, not too much weight can be attached to this given the uncertainty in the 

parameters of the Sr cycles.

For comparison, Figure 7.10 presents the model calculations assuming that the flux 

of riverine Sr was significantly lower at 40 Ma as compared to today. The most immediate 

observation is that a lowered riverine mass flux allows significantly larger model variations 

to occur. Although obviously the timing of the model curve shifts remains the same, the 

magnitude of each shift is significantly larger than what is observed in the geological 

record. Taken together, the results in Figures 7.9 and 7.10 suggest that the problem is not
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Figure 7.9: Comparison between the model and observed Sr-isotope curves over the 
past 150 Ma. The model curves are produced for each of 4 alternative Sr cycles (Table 7.1) 
by adjusting the riverine ^Sr/^Sr ratio such that the model and observed curves match at 
40 Ma. Then the hydrothermal flux is varied according to the observed sea floor crustal 
generation rates.
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how to stretch the calculations to make the hydrothermal flux strong enough to duplicate the 

observed data, but instead how to construct a Sr cycle that produces hydrothermally 

induced changes that are small enough to match the observed curve. Thus it seems a firm 

conclusion that the hydrothermal flux is perfectly capable of explaining the Sr-isotope curve 

from at least 125 Ma to 40 Ma. Without an adequate record of sea floor spreading rates 

prior to 125 Ma it is impossible to know whether the interval from at least 210 Ma to 125 

Ma is similarly dominated by variations in the hydrothermal flux. It is at least plausible to 

interpret the dramatic negative excursion that occurred in the late Pliensbachian as being due 

to a burst of hydrothermal activity.

If the Sr-isotope curve was controlled by variations in hydrothermal activity over 

much of the Cretaceous and early Cenozoic, what caused one or both of the riverine terms 

to come to dominance over the past 40 Ma? Although it is difficult to say for certain, there 

are several factors that could have contributed to this transition. First, over the past 40 Ma 

the oceanic crustal generation rates indicate that the hydrothermal flux underwent only small 

variations and thus was unlikely to leave a strong mark on the Sr-isotope curve. Second, 

Palmer and Elderfield (1985) note that there is a general shift from the Cretaceous 

dominated by rifting and volcanism to the Cenozoic becoming increasingly dominated by 

continental collision and orogeny. More specifically, Rona and Richardson (1978) 

document the late Palaeocene through Eocene as a time characterised by a reorganisation of 

tectonic stresses from predominantly N-S spreading to predominantly E-W spreading. 

During the course of this reorganisation the total length of divergent plate boundaries 

remained the same (at 50,000 km), the length of subduction zone boundaries increased by 

6000 km (to 55,500 km), and, most importantly, the length of convergent boundaries 

involving continent-continent or island arc-continent collisions increased from 2,500 km to 

19,000 km (total convergent boundaries after reorganisation = 74,500 km). These results 

indicate that the pre-Eocene world may have been relatively flat, with a large proportion of
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Figure 7.10: Comparison between the model and observed Sr-isotope curves over the 
past 150 Ma. The model curves are produced for each of 4 alternative Sr cycles (Table 7.1) 
by adjusting the riverine Sr flux such that the model and observed curves match at 40 Ma 
Then the hydrothermal flux is varied according to the observed crustal generation rates.
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the land area covered by sediments laid down during the Late Cretaceous sea-level 

highstand. With the onset of continent-continent or island arc-continent collisions, the post- 

Eocene world would have seen a large increase in orogenic activity. The resultant 

mountain belts would have allowed the exposure and rapid erosion of older granitic rocks 

that in turn would yield their radiogenic Sr to the world's rivers. Because this major 

tectonic reorganisation set the tectonic style of the rest of the Cenozoic (Rona and 

Richardson, 1978), it may have been responsible for the progressive exposure and 

increased erosion of older crustal rocks over the course of the Cenozoic and thus for the 

dramatic rise in the seawater Sr-isotope curve over the last 40 Ma. Seen in this light, the Sr- 

isotope curve highlights 40 Ma as an important moment marking a transition from one style 

of continental weathering and erosion to another. 

7.4 Linking Sr-Isotopes, Flood Basalts, and Positive 613C Excursions

The first section of this chapter demonstrates that flood basalts show a strong 

correlation in time with positive carbon-isotope excursions when the Sr-isotope curve either 

shows a rapid downward shift or no change from its long-term trend. Carbon-isotope 

excursions that are not associated with flood basalts show a strong correlation with sudden 

upwards shifts in the Sr-isotope curve. The second section of this chapter demonstrates 

that between at least 125 Ma and 40 Ma the Sr-isotope curve may be adequately explained 

simply in terms of a changing hydrothermal Sr flux driven by changing global rates of sea 

floor crustal production. Thus, for example, it is reasonable to interpret the negative 

excursions in the Sr-isotope curve that occurred during the Pliensbachian/Toarcian, 

Aptian/Albian, and Cenomanian-Coniacian as being due to pulses in hydrothermal activity. 

It is also possible that the broad minimum in the Sr-isotope curve spanning the Callovian 

through Kimmeridgian represents the largest globally integrated hydrothermal flux of the 

past 250 Ma. In this, the third and final section, it remains to outline possible ways in 

which flood basalts and hydrothermal events are related and the ways in which
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hydrothermal events may influence the carbon cycle so as to produce a short-term, global

carbon-burial events.

7.4.1 Flood Basalts and Hydrothermalism

By making a correlation between flood basalts and carbon-isotope excursions I do 

not wish to imply that the eruption of a flood basalt initiates a series of processes that leads 

to a carbon-isotope excursion. Instead, it seems more likely that flood basalts are an 

important symptom of wider tectonic processes that are accompanied by significantly 

increased levels of oceanic hydrothermal activity. One frequent objection to the importance 

of hydrothermal events in the evolution of the Sr-isotope curve is the assumption that the 

volume of the hydrothermal fluid flux changes only slowly because crustal generation rates 

change only slowly through geological time (e.g., DePaolo and Ingram, 1985; Hodell el 

al, 1989, 1990; Capo and DePaolo, 1990). Thus it would be difficult to generate the rapid 

downward shifts seen in the Pliensbachian/Toarcian and Cenomanian-Coniacian. 

However, a number of studies have recently demonstrated that large and rapid changes in 

the chemistry or volume of hydrothermal vents appear to accompany such tectonic 

disturbances as earthquakes, volcanic eruptions, ridge jumping, or changes in relative plate 

motions. At a small scale, Baker et al. (1987), Nojiri et al. (1989), and Baker and Lupton 

(1990) document transient "superplumes" that buoyantly rise more than 1 km above the sea 

floor (normal steady-state plumes generally rise only 200 - 400 m) and display greatly 

elevated 3He/heat ratios in addition to the more usual indicators of hydrothermal activity 

(e.g., hydrothermal particulates and elevated Mn and CH4 concentrations). These 

superplumes are thought to be the result of cataclysmic venting associated with a rapid 

access of seawater to fresh, hot rocks, caused either by tectonic stretching that allows a 

deeper penetration of seawater or by the eruption and/or shallow emplacement of new 

magma bodies.
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At a more regional scale, Lyle et al. ( 1987) have documented a good correlation in 

time between the rates of hydrothermal Mn accumulation at various sites near the East 

Pacific Rise (DSDP Sites 597, 598) and major regional tectonic events. Instead of 

showing gradual changes of mass accumulation through time, the rate of hydrothermal Mn 

accumulation shows sudden, short accumulation spikes registering 5 to 24 times the 

background levels at certain horizons. The largest spike at 18 Ma correlates exactly with 

the jumping of the Mendoza Ridge to its current spreading site at the East Pacific Rise and a 

spike at 25 Ma correlates exactly with the initiation of the Cocos-Nazca Rift. Based on 

these and other correlations, Lyle et al. conclude that anomalously high rates of 

hydrothermal activity (ejection of hydrothermal particulates into the water column) correlate 

with large-scale tectonic reorganisation events on the sea floor. More generally, Olivarez 

and Owen (1989) have examined the tectonic history and timing of a number of well-dated 

hydrothermal ore deposits from a variety of tectonic settings. They find that in each case 

the vast bulk of each deposit was created during a major reorganisation of tectonic stresses 

caused, for example, by large-scale changes in relative plate motions or by the initiation of 

new island arc-continent or continent-continent collisions. In no case is there evidence for 

major ore formation during times of such normal "background" tectonic processes as 

subduction, arc volcanism, and ocean ridge spreading.

Both Lyle et al. ( 1987) and Olivarez and Owen (1989) conclude, in concurrence 

with Baker et al. (1987), Nojiri et al. (1989), and Baker and Lupton (1990), that the 

extreme increases in hydrothermal venting and chemical exchange may be the result of a 

changing stress field profoundly affecting the spacing and depth of fractures in the crust 

and providing opportunities for the accelerated emplacement of magma bodies. These 

conditions give fluids much freer access to fresh, hot rocks and this results in a marked 

increase in chemical exchange and hydrothermal fluid flow. Of particular relevance to this 

study is the fact that such sudden access to hot rocks may result in the formation of the
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chemically distinctive brine component of the axial hydrothermal fluid flux (Von Damm, 

1990). A sudden increase in the flux of the Sr-rich axial brine fluids would result in large 

increase in the flux of basaltic Sr to the oceans, and this could help explain the sudden 

downward shifts observed in the Pliensbachian/Toarcian, Aptian/Albian, and Cenomanian- 

Coniacian portions of the Sr-isotope curve.

The correlations and calculations presented so far suggest that the downward shifts 

in the Sr-isotope curve are the result of hydrothermal activity associated with the 

emplacement of flood basalts. Coffin and Eldholm (1991) and Coffin (1992) suggest that 

the "emplacement of large igneous provinces may be linked to 'instantaneous' plate tectonic 

events such as changes in rate and direction of plate motion". A relationship between flood 

basalts and large-scale changes in tectonic stresses provides a link between flood basalts 

and major pulses of hydrothermal activity because the results of the studies quoted above 

suggest that a major regional or global realignment of tectonic stresses will produce a rapid 

increase in the flux of mid-ocean ridge hydrothermal materials into the oceans and 

moreover that this pulse of activity will continue until the new stress fields are established. 

If this link between changing regional tectonic stresses, emplacement of flood basalts, and 

major hydrothermal events is valid, the Sr-isotope curve appears to indicate that the 

magnitude of hydrothermal pulses, and therefore of tectonic reorganisations, has decreased 

since the Aptian. The Aptian Sr-isotope curve shows a strong downward shift lasting for 

several million years and is accompanied by several major*positive carbon-isotope 

excursions. There is a short but pronounced downward shift across the 

Cenomanian/Turonian boundary, accompanied by a single major black shale event. Since 

that time the Sr-isotope curve appears to show little or no response to the hydrothermal 

events inferred on the basis of flood basalt eruptions and carbon-isotope excursions.
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7.4.2 Previous Models for Carbon-Burial Events

The models attempting to explain the occurrence of carbon-burial events fall into 

two broad groups (Arthur et a/., 1990). In the first, marine biological productivity remains 

roughly constant, but lowered O2 concentrations in seawater lead to more organic carbon 

settling through the water column and getting incorporated into sediments. In the second, 

marine biological productivity greatly increases, requiring an influx of nutrients into the 

surface waters, and the enhanced rain of biological particles expands and intensifies the O2- 

minimum zone and thus allows for enhanced burial and preservation of organic carbon. 

During the Cretaceous and probably the Jurassic the development of an expanded O2- 

minimum zone would have been easier than in the modern day due to the fact that the 

wanner seawater of the Mesozoic would have held less dissolved oxygen than the colder 

oceans of today. The degree of oxygen depletion relative to today depends on the average 

temperature of the Mesozoic oceans, which in addition to depending on average surface 

temperatures, depends on the processes responsible for deep-water formation. If, instead 

of high-latitude deep-water formation, the Mesozoic deep ocean waters formed through 

intense evaporation in the hot tropical shelves and epicontinental seaways (Brass et al, 

1982), the oxygen content of deep waters could have been a mere 36 ^mol/kg, as 

compared to approximately 160/<mol/kg in the modern oceans (Arthur et al., 1990).

It is worth elaborating on several proposed carbon-burial models to provide a 

context for subsequent discussion. In the stagnant ocean model, the reduced temperature 

gradients in the notoriously warm and equable Cretaceous result in sluggish deep-water 

circulation. The longer a given packet of seawater remains out of contact with the 

atmosphere, the more the oxidation of the constant rain of organic particles acts to strip the 

water of its oxygen. If deep-ocean circulation was dominated by high-latitude cool water 

sources, the introduction of a burst of CO2, perhaps through volcanic activity, could initiate 

a global warming that would warm the polar regions enough to significantly reduce or even
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stop the rate of deep-water production. (Alternatively, gradually increasing CO2 levels 

could simply pass a threshold beyond which polar temperatures become too warm to 

stimulate deep-water production.) As a result of this sluggish circulation the deeper waters 

would tend towards anoxia and a much larger proportion of the settling organic particles 

would become incorporated into the sedimentary record and in this way produce the 

observed positive 613C excursion. This event would be self-limiting due to the removal of 

critical nutrient elements into the sedimentary record, the reduced upwelling resulting from 

sluggish deep-water formation, and the fact that the enhanced removal of organic carbon 

into the sedimentary record would remove excess CO2 from the atmosphere and thus bring 

the planet out of its greenhouse state. The cooling of the polar regions would then allow 

normal deep water formation to resume.

An interesting observation regarding carbon-burial events is that they generally 

seem to be associated with a rapid rise in sea level (e.g., Arthur et al., 1987; Hallam, 1987; 

Jenkyns, 1988; Weissert and Lini, 1991; Wignall, 1991). Accordingly, the model of 

Arthur et al. (1987) depends on the rapid transgression/regression inferred for the 

Cenomanian/Turonian boundary to explain the genesis of the Cenomanian/Turonian carbon- 

burial event. This model contrasts with the previous model in that it is based on the 

generation of deep-ocean water masses in tropical shelf and epicontinental seas (the Warm, 

Saline Bottom Waters (WSBW) of Brass et al., 1982). In this second model the normal 

conditions prevailing in the late Cretaceous are punctuatetfby a rapid sea level rise at the 

Cenomanian/Turonian boundary. This transgression greatly increases the area of tropical 

shelf seas and results in a greatly increased flux of WSBW into the deep oceans. This 

increased flux spurs more rapid rates of upwelling and nutrient cycling and hence results in 

a burst of biological productivity. The corresponding increase in the rain of organic 

particles to the sea floor results in a greatly expanded and intensified mid-water O2- 

minimum, and this allows for the accelerated burial of organic carbon. The sea-level
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highstand also allows the deposition of black shales in the shelf and epicontinental seas. 

By the mid-Turonian a rapid regression has reduced the area of highly evaporative tropical 

shallow seas, the rate of WSBW formation has returned to normal with a consequent 

reduction in the upwelling nutrient flux and biological productivity, and the system has 

returned to normal. The cause of the sea level changes is not specified, but it is possible 

that it is related to tectonic events in the ocean basins.

A third model is proposed by Weissert and Lini (1991). They propose that the 

trigger of the Aptian carbon-burial events was widespread Aptian volcanism and accelerated 

oceanic crustal production. This volcanic activity released enough CQ to trigger a shift to 

a new warmer greenhouse climatic state. The increased CO2 content of the atmosphere 

combined with wanner global temperatures increased the rate of chemical weathering, 

which consumes CO2 , and the volume of global runoff. The resultant increased flux of 

nutrient elements to the oceans stimulated and sustained biological productivity. The burial 

and preservation of this rain of organic carbon was facilitated by relatively sluggish deep 

water circulation, low concentrations of dissolved oxygen in the warm Aptian waters, and 

increased sedimentation rates associated with the increased weathering of the continents. 

The increased burial rates of organic carbon removed the excess volcanic CO2 from the 

atmosphere and thus brought the planet back to its pre-greenhouse state. The sea-level 

highstands associated with the accelerated carbon-burial events aided carbon-burial by 

providing a larger area for deposition, but are not genetically related to the initiation of the

event.

In the first and third models, increased volcanic activity is important in that it 

increases the flux of CO2 to the atmosphere, warms the planet, and thus initiates a series of 

events that produces a carbon-isotope excursion. In the second model sea-level change is 

seen as the driving variable in that it increases the rate of WSBW formation by increasing 

the area of shallow tropical seas. The rate of WSBW formation could also be increased
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given a constant sea level if volcanic CO2 warmed the planet sufficiently to increase the 

rates of seawater evaporation in the tropics. Thus, for all three models there is a possible 

link between volcanism, which could be expressed as increased hydrothermal activity along 

the mid-ocean ridges, and positive carbon-isotope excursions. The question is, are the 

observations regarding the relationships between the seawater Sr-isotope curve, positive 

613C excursions, and flood basalt eruptions consistent with one or more of these carbon- 

burial models? 

7.4.3 Constraints Imposed by This Study

The nature of the constraints imposed by the correlations outlined in section 7.2 

depends on how these correlations are viewed. On the one hand, the strong correlation 

between positive 613C excursions and flood basalts suggests that bursts of CC^ from 

continental volcanic and marine hydrothermal sources could have formed the driving force 

leading to accelerated organic carbon burial rates, as outlined in the 3 models described 

above. The carbon excursions of the early Toarcian, late Albian, and Coniacian are not 

associated with known flood basalt episodes but may nevertheless have been the result of 

global volcanic events that were expressed on land but not under the sea. Such a view 

stresses the importance of volcanic CO2 emissions in the development of earth history. On 

the other hand, a different picture emerges when the Sr data are fully incorporated into the 

picture. Because there is a strong suggestion that the variations in the Jurassic and 

Cretaceous portions of the Sr-isotope curve may be determined largely by variations in the 

hydrothermal input, the downward excursions in the Pliensbachian/Toarcian (Fig. 7.3), 

Aptian/Albian, and Cenomaman-Coniacian (Fig. 7.6) portions of the Sr-isotope curve may 

be interpreted as recording the initiation, duration, and termination of major hydrothermal 

pulses. For these major hydrothermal events, a carbon-isotope excursion occurs at the 

outset of hydrothermal activity, normal carbon-burial rates occur throughout the rest of the 

hydrothermal event, and a second carbon-burial event occurs at the end of the inferred
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hydrothermal pulse.

It is the presence of the second carbon event that presents difficulties for standard 

carbon-burial models. For example, although the initial pulse of volcanic CO2 emissions 

could produce the first event, what would cause a CO2 pulse at the termination of the 

hydrothermal event? Although it is possible that a major tectonic event on the sea floor 

could cause a sudden rise in sea level that may in turn produce a carbon-burial event, it is 

difficult to see how such a mechanism would produce a sea-level change that would rapidly 

rise and fall across the Cenomanian/Turonian boundary (Arthur et al., 1987). Moreover, 

what would produce the sea-level change required to produce the second carbon-isotope 

excursion at the end of a hydrothermal event? Because both the volcanic CO2 and sea-level 

mechanisms appear to be inconsistent with carbon-isotope excursions occurring at the 

beginning and end of major hydrothermal events, it is necessary to search for an alternative 

explanation for the genesis of carbon-burial events.

The most obvious impact of the hydrothermal springs is to add excess K, Ca, and 

Li to seawater while at the same time removing Mg and SO42 " (e.g., Von Damm, 1990). 

Of these elements, Ca is probably the most significant for this study because the 

precipitation or dissolution of CaCC>3 minerals can have a major impact on the global CO2 

budget. According to the reaction

Ca2+ + 2HCCV ** CaCQ, + CO2 + H2O,
•

the injection of volcanic CC^ into the ocean-atmosphere system results in the dissolution of 

CaCO3 minerals. The huge reservoir of carbonate minerals available for dissolution relative 

to the total mass in the atmosphere means that this carbonate buffer has considerable ability 

to absorb excess volcanic CO2 as it it produced. However, the injection of hydrothermal 

Ca into the oceans should have the opposite effect, causing the precipitation of CaCOj and 

releasing more CO2 into the ocean-atmosphere system (e.g., Owen and Rea, 1985). Thus 

the net flux of COj into the ocean-atmosphere system depends on the magnitude of the
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volcanic CO2 and hydrothermal Ca fluxes and the ability of the latter to prevent the oceanic 

carbonate buffer from absorbing the excess volcanic CO2 . In this way the sustained Ca 

flux throughout a hydrothermal event may help maintain elevated atmospheric CO2 

concentrations for the duration of the event.

A less widely recognised aspect of mid-ocean ridge hydrothermal systems concerns 

the effects of the hydrothermal particulates on seawater chemistry. Hydrothermal vents 

inject large quantities of reduced elements, largely H2S, Mn2+, and Fe2+, into the water 

column. While much of the H2S precipitates as metal sulphides immediately after leaving 

the vent system, significant quantities of Mn2+ and Fe2+ reach some 200 - 400 m above the 

seafloor during normal venting and some 1000 m during major hydrothermal events. The 

oxidation of these elements consumes seawater oxygen and produces detectible oxygen 

depletions in the hydrothermal plume (Charlou et al., 1991). The precipitated Fe and Mn 

oxyhydroxides exert an additional influence on seawater chemistry through their ability to 

scavenge a wide variety of elements. Although this scavenging mechanism removes a large 

percentage of many trace metals exiting the vent orifices (German et al., 1991), one of the 

more significant scavenging reactions for this study involves the removal of phosphorous. 

Feeley et al. ( 1990) document both a direct correlation of particulate P/Fe ratios and a 

corresponding depletion of dissolved P in the seawater surrounding hydrothermal vents 

and calculate that up to 12% of the riverine P input is removed on Fe oxides. During the 

major hydrothermal events postulated in this study, the greatly increased hydrothermal 

output of fluids could have injected dissolved Mn2+ and Fe2+ 1000 m or more into the water 

column, maximising the consumption of dissolved oxygen and the scavenging of dissolved 

P. As a result the combined effects of major hydrothermal events may be the depletion 

deep waters in both oxygen and the critical nutrient element P.

It is difficult to quantify accurately the possible magnitude of these depletions due to 

uncertainties in how much Fe2+, Mn2+ and H2S are introduced into the oceans via
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hydrothermal springs, what proportion of these fluxes are permanently precipitated as 

sulphides and thus not oxidised, and what oxygen concentrations existed at various depths 

in the Jurassic and Cretaceous palaeo-oceans. Assuming that roughly 0.1 * 10 10 moles of 

Fe +, Mn2+ and H2S are oxidised each year, that Cretaceous deep waters had dissolved O2 

concentrations averaging between 160 ^mol/kg (modern deep water) and 36 ^mol/kg 

(WSBW formed at tropics; Arthur et al, 1987) and that the oceans contain roughly 1.4 * 

1021 kg water, then in the normal course of 500,000 years (an approximate duration of a 

carbon burial event) roughly 0.5 * 1015 mol O2 is consumed out of a total of between 0.5 * 

10 17 and 2.2 * 1017 moles O2. Thus, if major hydrothermal events result in the ejection and 

oxidation of between one and two orders of magnitude more Fe2+ , Mn2+ and H2S, 

significant depletions of dissolved oxygen may occur at certain levels in the oceans, 

particularly if circulation patterns are such that deeper water masses remain out of contact 

with the atmosphere for significant periods of time.

The current flux of Fe oxyhydroxides in hydrothermal plumes consumes up to 12% 

of the riverine flux each year (Feely et al., 1990). An increase of one to two orders of 

magnitude in the output of hydrothermal Fe oxyhydroxides is unlikely to produce a 

similarly large increase in the removal of P because the rate of P removal by Fe-oxide 

scavenging decreases in direct proportion to the concentration of dissolved P in the water 

column (Feely et al., 1991). Thus, while it is possible that increased hydrothermal activity 

may result in relatively P-poor deep waters, it is unclear how efficient this process would 

be until more data are available regarding Fe-oxide scavenging of P in waters with lower P 

concentrations.

There are thus three possible effects of increased hydrothermal activity of relevance 

to the carbon cycle: increased atmospheric CO2 concentrations, O2-depleted deep waters, 

and P-depleted deep waters. Each of these effects is expected to persist for the duration of 

the hydrothermal event. Although there are several possible ways that a sudden injection of
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CO2 into the atmosphere could trigger a carbon-burial event (see the three carbon-burial 

models above), it is more difficult to envision how ending the CO2 flux at the end of a 

hydrothermal event will produce the second carbon-burial event of the pair. It seems likely 

that when the enhanced CO2 flux ends, the ocean-atmosphere system will gradually restore 

itself to the equilibrium CO2 concentrations that existed before the hydrothermal event. One 

way to produce a more rapid change is to assume that once the hydrothermal flux of Ca 

drops back to normal levels, the carbonate buffering equation will be tipped towards 

carbonate dissolution and CC^ consumption, thus leading to a relatively rapid drawdown of 

atmospheric CO2 .

Such a mechanism could operate under the "stagnant ocean" model. Under this 

model, the hydrothermal event causes a CCVinduced global warming that heats the poles to 

the point where polar deep-water production and deep-water circulation slow down. The 

initial carbon-burial event occurs when these slowly circulating waters become oxygen 

depleted. The burial of the organic carbon also removes a significant proportion of the 

nutrient elements from the ocean, leading to a new equilibrium between riverine input of 

nutrient elements and organic productivity such that carbon-burial rates return to normal. 

This accounts for the lack of carbon-rich sediments throughout the hydrothermal event. At 

the end of the hydrothermal event adsorption of CO2 by the oceanic carbonate buffer cools 

the planet and speeds up polar deep-water production. Although O2-depleted, the deep 

waters are likely to be nutrient-rich and thus the renewal of strong deep-water circulation 

and upwelling is able to stimulate enhanced biological productivity and thus produce the 

second carbon-burial event. This second event further draws down CC>2 levels in the ocean- 

atmosphere system, aiding the recovery to normal climate, rates of deep-water circulation, 

upwelling, biological productivity, and carbon burial.

A second model relies on the other possible effects of a major hydrothermal event: 

a reduction of oxygen and P concentrations in deep ocean waters. At the initiation of a
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hydrothermal event the increased flux of reduced material into the water column would 

begin to remove oxygen and phosphorous from the deep water masses. If the reduction in 

oxygen content of the bottom waters occurs more quickly than the reduction in P, 

biological productivity could carry on as normal, perhaps stimulated by higher atmospheric 

CO2 levels and raised sea-level, while the low-oxygen deep waters would facilitate the 

expansion and intensification of the O2-minimum zone. This expanded O2-minimum would 

in turn allow the enhanced preservation and burial of organic carbon as required for the 

production of the positive 613C spike. The accelerated burial of organic carbon is self- 

limiting, both because P continues to be removed by hydrothermal particulates but mainly 

because the accelerated burial of organic matter also buries essential nutrient elements. 

Thus, even though organic matter is more likely to be preserved in the low-oxygen deep 

waters, less organic matter is settling through the water column and the relative rates of 

production and oxidation in the water column can once again balance to result in carbon 

burial rates that are similar to before the hydrothermal event. This would account for the 

fact that the whole period of hydrothermal activity (e.g. during the Pliensbachian/Toarcian, 

Aptian/Albian, and Cenomanian-Coniacian) is not characterised by unusually organic-rich 

sediments. If at the end of a hydrothermal event nutrient levels recover faster than 

dissolved 02 concentrations, due to continued riverine input and biological cycling to 

deeper waters, the renewed biological productivity could result in a second episode of 

accelerated carbon burial in the still low-oxygen waters. "This would produce the carbon 

spike observed at the end of each negative Sr-isotope excursion. The weaker, single-pulse 

hydrothermal events that seem to be indicated by the correlation of flood basalts and carbon 

events and the lack of significant Sr-isotope excursions may have caused carbon-burial 

events simply by temporarily lowering deep-water oxygen levels.
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7.5 Summary and Conclusions

This chapter demonstrates that there is often an intriguing and well-constrained 

relationship between sudden shifts in the Sr-isotope curve, the occurrence of positive 613 C 

excursions representing accelerated carbon-burial events, and the eruption of flood basalts. 

Each major downward shift in the Sr-isotope curve during the Jurassic and Cretaceous is 

accompanied by a positive 613C excursion and the eruption of a flood basalt. During the 

Cenozoic the Sr-isotope curve shows no strong downward excursions, but nevertheless the 

relationship between 613 C excursions and the eruption of flood basalts still stands. Finally, 

there is a correlation between sudden upwards shifts in the Sr-isotope curve and positive 513C 

excursions, but not with flood basalts. Although the Sr-isotope curve is frequently interpreted 

exclusively in terms of the rate of continental weathering (changing the flux of riverine Sr), in 

this study it is proposed that variations in the hydrothermal flux provide a satisfactory 

explanation of the evolution of the Sr-isotope curve between 125 and 40 Ma. This, in 

combination with the occurrence of major flood basalts at the initiation of downward shifts in 

the Sr-isotope curve, suggests that the negative shifts in the Sr-isotope curve are the result of 

major hydrothermal events.

These correlations are of considerable importance to models attempting to explain the 

genesis of carbon-burial events. Of particular importance is the suggestion that the carbon- 

isotope excursions at the beginning and end of major downward shifts in the Sr-isotope curve 

are paired (i.e., the Pliensbachian/Toarcian, Aptian/Albian, and Cenomanian-Coniacian 

events) and genetically related to the initiation and termination of major pulses of hydrothermal 

activity. If each carbon-burial event was triggered independently then the correlations 

presented in this chapter could support a genetic connection between mantle CO2 outgassing 

and carbon-burial events. If, however, these carbon-burial events bracketing downward 

shifts in the Sr-isotope curve are genetically related to the beginning and end of major pulses 

in hydrothermal activity, then current models appear to be inadequate in explaining the genesis 

of these events and new models will have to be developed that focus on the transitions
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between normal and hydrothermal states. The two preliminary, qualitative models presented 

in this study are intended to illustrate the need for new thinking in the light of paired carbon- 

isotope excursions.

The possible pairing of carbon-burial events also has implications for future field 

work. It is possible that sediments hosting a 6I3C excursion at the initiation of a hydrothermal 

event may be geochemically distinctive compared to the sediments deposited at the end of such 

an event. For example, Brumsack and Thurow (1986) find that the trace metal chemistry of 

black shales from the Cenomanian/Turonian boundary (initiation of hydrothermal event) are 

most compatible with slow sediment accumulation rates. By contrast, the trace metal 

chemistry of lower Toarcian black shales (termination of hydrothermal event) are compatible 

with a elevated levels of biological productivity. The <3 13C signal of organic matter found at 

the Cenomanian/Turonian boundary also contrasts with that of the lower Toarcian. Arthur el 

al. (1988) find that the Cenomanian/Turonian d 13Corg positive excursion is of greater 

magnitude that the corresponding d 13C preserved in carbonate. This is interpreted to be a 

result of a significantly increased drawdown of CO2 during the carbon-burial event. The d13 C 

of Toarcian organic matter, by contrast, shows a pronounced negative excursion during the 

carbon burial event. It would be helpful for future work to concentrate on the sedimentary 

geochemistry of a signal pair of excursions, tracing the evolution of a given parameter from 

before the first event all of the way through the second event. For example, if the contrast 

between d13Corg and d13Ccaicite is related to the partial pressure of CO2 in seawater (e.g., 

Arthur et al., 1988), it may be possible to see if a low partial pressure is indicated before and 

after a hydrothermal event relative to a higher partial pressure indicated during the 

hydrothermal event. Comparisons as these may, in the context of the Sr-isotope data, yield 

significant insight as to the processes responsible for organic carbon burial and yield key 

constraints leading to a significantly improved understanding of the geochemical interactions 

between the lithosphere and biosphere.
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